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FOREWORD
The Arctic Climate System Study occupies a special place within the family of the
World Climate Research Programme components. First, ACSYS is in one sense narrowly
focused, being first and foremost a regional study. This contrasts with the more global
approach of other WCRP components. Second, however, the disciplinary span of ACSYS
is exceptionally large, despite the narrow regional focus. The desire to synthesize
atmospheric sciences, hydrology, oceanography, and sea-ice studies, all in an attempt to
understand the coupled polar climate system, is in its subject breadth unique within the
WCRP. This focused but cross-disciplinary outlook is very much in keeping with the
traditions of science in the north, and it is entirely appropriate to a relatively small
community (albeit one that appears to be growing rapidly at present), whose broad
contacts and interests have always spanned disciplines.
This first ACSYS scientific conference strongly reflects these traditions. It also
reflects two other aspects of modern Arctic science: a considerable growth in maturity
and sophistication, and a breaching of old walls that have separated us from our
colleagues in other lands. The first aspect will be evident from a comparison of the
present proceedings volume with, for example, the report of SCOR Working Group 58
some 15 years earlier. The second aspect is amply demonstrated by the list of attendees
at the conference, and indeed by the very existence of ACSYS.
The Scientific Steering Group for ACSYS, and surely all the people whose efforts
over many years laid the foundations for ACSYS, take great pleasure in seeing the
progress in understanding the Arctic climate system so evident in the conference
proceedings.

K. Aagaard
Chairman
WCRP ACSYS
Scientific Steering Group
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CONFERENCE SUMMARY
1.

Conference Objectives

The Arctic Ocean plays an important role in the Earth's climate
by exporting sea ice and fresh water to lower latitudes, and thus
influencing the strength of the global oceanic thermohaline
circulation. It also acts as a heat sink due to the high albedo of
the sea ice and its modification of the ocean-atmosphere heat
exchange.
Furthermore,
response
experiments
coupled
with
atmosphere-ocean circulation models using increased C0 2 show an
enhanced warming at high latitudes.
In order to investigate the role of the Arctic Ocean within the
global climate system, the World Climate Research Programme (WCRP)
has initiated the Arctic Climate System Study (ACSYS). The main
objectives of ACSYS are:
to
provide
a
valid
scientific
basis
for
the
representation of the Arctic region in coupled global
atmosphere-ocean models;
to develop an effective climate monitoring scheme in the
Arctic;
to carry out climate sensitivity studies with various
model formulations; and
to
carry out
scenario computations
for
specific
large-scale atmospheric conditions, in order to evaluate
possible impacts of climate change on the Arctic region.
To summarize the current state of understanding of the
interaction of the Arctic with global climate and to discuss an
Initial Implementation Plan for ACSYS, the World Climate Research
Programme held a Conference on the Dynamics of the Arctic Climate
System in Goteborg (Sweden) from 7-10 November 1994.
The
conference consisted of four sessions:
Hydrological Cycle,
Atmosphere, Sea Ice and Ocean. During each session observational
as well as modelling aspects were presented and discussed.
The conference was held at the Arken Conference Centre. Oral
presentations were given only by the invited speakers. All other
papers were presented as posters.

2. Reports of Rapporteurs
2.1 Session 1: Hydrological Cycle
(Summary report delivered by Dr E. Carmack)
The excellent talks of the invitees and the papers presented as posters
demonstrated the important interconnections between hydrology, oceanography, and
Arctic climate. Atmospheric effects on the Arctic Ocean extend far south of the Arctic
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boundary, and climatic data display strong teleconnection patterns that are important
to understand. At present the river discharge to the Arctic is considered known to
within 10-20%, and the flux convergence method for moisture transport promises to yield
estimates of net precipitation to a similar degree of confidence. Basin-scale hydrologic
models for north-flowing rivers are now being used to examine the possible consequences
of greenhouse gas warming scenarios.
The ACSYS hydrology programme focuses on the study of supply of fresh water
(run-off and net precipitation) to the Arctic Ocean. Process studies are deemed important
toACSYS only as far as they are required to increase data quality or model performance.
Specific questions along these lines include:
what is the variability of the fresh water input to the Arctic Ocean?
where is the supply of moisture to Arctic drainage basins derived and what
are the processes determining atmospheric teleconnection patterns?
how is fresh water stored within drainage basins prior to release to the ocean, and
how is it stored within the Arctic halocline prior to discharge into the North
Atlantic?
what are the scales of change (i.e., evaporation) that can be expected from changes
within Arctic drainage basins (i.e., vegetation, permafrost, etc.)?
do we know process interactions and feedbacks well enough to have confidence
in model predictions of watershed responses to C02 warming scenarios?
lt is highly recommended that watershed models for various basins (e.g. Mackenzie and
Pechora) be exchanged and intercompared and that GCM modelers be encouraged to
develop more sophisticated hydrologic components. It is also recommended that
additional attention be given to the "hydrological cycle" at the ocean boundary (i.e.
adjacent to river mouths, under Iandfast ice, atop drifting ice).

2.2

Session 2: Atmosphere
(Summary report delivered by Prof J. Walsh)

The "Atmosphere" session highlighted the potential importance of feedbacks
involving changes in Arctic cloud fraction and mean cloud dropsize; it was noted that
even the signs of these feedbacks are uncertain. Several papers suggested that the

-xvinclusion of leads may largely offset the cold bias apparent in many GCM simulations
of the Arctic. Poster papers described one-dimensional cloud/radiative formulations
that are superior to (but far more computationally demanding than) those now used
in GCMs, and a poster also showed how existing Russian data can be used to diagnose
decadal-scale variations in salinity, ice cover and atmospheric circulation over Arctic
seas.
The discussions included various comments and suggestions relevant to the ACSYS
Initial Implementation Plan. First, attempts should be made to provide better regional
balance in the ACSYS supporting programmes planned for the North American Arctic.
A German initiative for the European Arctic, use of Russian instrumented aircraft, and
exploitation of the BSRN site near Svalbard were suggested. It also became apparent
that ACSYS will need to play a strong and active role, including the provision of Arctic
data, in any Arctic regional re-analysis project. Key issues in the provision of data to
Arctic modelers were noted to be the formatting of data for accessibility; value-added
processing (and desriptions thereof) prior to provision to modelers; and assessments of
uncertainties. The need for atmospheric models to provide better simulations of the
occurrence of clouds in the Arctic will require efforts in atmosphere dynamics and
planetary boundary layer physics. Finally, questions were raised about the possible
importance to ice-ocean climate (and climate models) of extreme events, e.g., mesoscale
atmospheric cyclones. There is a need to determine whether these events are relevant
to ice/ocean climate and whether modelers will be able to obtain the data necessary for
adequate simulations of such events.
2.3

Session 3: Sea Ice
(Summary report delivered by Prof A. Thorndike)

Simulations of the behaviour of Arctic sea ice in today's climate have reached a
high level. The simulated fields of ice motion, ice thickness distribution, and ice
production agree so well with observations that there is little doubt that the important
physical processes are represented well in the models. The agreement between simulated
and observed ice extent reinforces this conclusion.
One interpretation of the success achieved by these simulations is that sea ice is
a rather simple component in the climate system - compared to the atmosphere, for
example. Ice forms when the air temperature falls below the freezing point and the
upper ocean cools to the freezing point. It is nearly white in the visible part of the
electromagnetic spectrum and nearly black in the infrared. Its density differs sufficiently
from the densities of air and sea water, so that its motion is confined to the ocean
surface. With no vertical degree of freedom, its dynamics are a nearly trivial response
to the surface winds and currents. So perhaps it is useful to regard sea ice as a strongly
forced, dissipative dynamical system, with no significant free modes of oscillation.

-XVI-

From this point of view, it is to be expected that the quality of a simulation of sea-ice
behaviour will directly reflect the quality of the forcing fields. If good winds and currents
and best fluxes are used to force the ice, the ice has no choice in how it responds.
The situation changes as we begin to consider models that couple the ice and the
atmosphere and ocean. In coupled models, the surface winds, temperatures, and heat
fluxes are not specified, but must be determined within the model. Experience with such
models is very limited at this time, but we can anticipate certain difficulties. First, our
good sea ice simulations won't survive unless the coupled models do a good job
simulating atmospheric surface pressure and temperature fields. Second,
parameterizations of processes that are adequate for the highly constrained ice-only
models, may not be adequate for coupled models.
These considerations motivate the increased attention to the physical mechanisms
that control the interactions of the ice and the air and ocean. A particular manifestation
of this was the attention recently devoted to the optical properties of melting ice and
melt points. This and other aspects of the melt season will continue to be a focus of
effort during ACSYS. Another area of concern is the evolution of the ice thickness
distribution. The ACSYS thickness measurements should provide important tests of this
theory. At the same time the concentrated thickness distribution observations in the
Fram Strait will document the sea-ice contribution to the fresh water flux from the
Arctic to the North Atlantic.
There was some discussion about sea-ice processes in near shore polynyas and at
the ice edge. These are regions of rapid ice production and presumably play an important
role in the thermohaline forcing of the ocean. It might be good to get a few works into
the ACSYS implementation plan emphasizing those areas.

2.4

Session 4: Ocean
(Summary report delivered by Dr B. Rudels)

The introductory presentations on the oceanographic session highlighted problems
that are important and unique to the Arctic Ocean but also relevant for the global
thermohaline circulation. These themes were further developed by the posters and they
all converged toward a coherent picture of the Arctic Ocean circulation.
The interaction between heat loss and river run-off over the large, shallow shelf
areas leads in summer to a low density surface layer that is exported into the interior
of the basin and constitutes the prerequisite for the formation and maintenance of the
Arctic Ocean sea-ice cover. In winter, freezing and brine rejection create water dense
enough to ventilate the deeper layers of the Arctic Ocean. The fresh water input and the
freezing and melting are subject to large annual and spatial variations caused
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and topographical features: islands, sills and canyons. The variations of the fresh water
content influence the production of high salinity bottom water on the shelves.
When and where conditions are favourable, dense water forms and crosses the shelf
break to sink as entraining boundary plumes down the continental slope. Results from
different dynamic models disagree about the depth to which such plumes may sink and
as yet no model plume has reached the bottom of the Canadian Basin. However,
observations of the deep water characteristics indicate that such communication between
shelf and deep basin does occur.
Observations also show that the circulation at all levels of the Arctic Ocean displays
several large gyres constrained by the topography. Two main advective sources exist for
the Atlantic, intermediate and deep layers: the Fram Strait and the Barents Sea. These
inflows meet and interact north of the Kara and Laptev Seas. The circulation is partly
confined to the Eurasian Basin and only a fraction crosses the Lomonosov Ridge. Large
injections of anomalously warm water, originating presumably from the Fram Strait
inflow, and anomalously cold water from the Barents Sea have recently been observed
in the Canadian Basin. These events suggest a large variability in the transport and in
the characteristics of the water that crosses the Lomonosov Ridge along the Eurasian
continental slope.
The anomalously warm and cold water bodies must be eroded by isopycnal mixing,
spreading the heat into the surrounding water. The predominant mode for the
redistribution of heat is, however, vertical and downward. Entraining boundary plumes
bring warm water from the Atlantic layer into the deep. The upward heat loss of the
Atlantic layer is small and becomes trapped in the halocline.
The halocline water is partly formed at the shallow shelves. However, the depth
and salinity of the mixed layer vary over the basins. Haline convection north of the
Barents Sea creates a saline, deep mixed layer that is advected eastward and becomes
overridden by low salinity water from the shelves. It then turns into the halocline below
the mixed layer, while the upper halocline from the Canadian Basin when it enters the
Eurasian Basin would be entrained into the mixed layer during winter where it is not
protected by a low salinity surface layer.
Most of the presented papers concentrated on the Arctic Ocean. The
communications with the surrounding seas were represented by estimates of fresh water
fluxes through the Fram Strait, by measurements of the transport in the East Greenland
Current and by observations of recent changes in the properties of the Greenland Sea
Deep Water. The relations to the global circulation were exemplified by modelling work
on the Arctic Mediterranean and on the North Atlantic - Arctic Ocean.
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3. Concluding Remarks of the Organizing
Committee
During the discussions of the rapporteurs' reports, the following points were
emphasized:
General issues:
ACSYS should produce a clear statement of requirements by season and region for
remote-sensing data, and an ACSYS implementation plan should include
information on how these data would be assimilated into the models.
ACSYS Operations and Data Management Plans based on expected
national/institutional commitments to the study should be prepared in the near
future.
An assessment of resources required to implement ACSYS observational subprogrammes and timeline graphs depicting milestones should be produced as soon
as possible.

Interfaces and linkages between ACSYS and other WCRP research programmes
and planned activities should be clarified.
Hydrological Cycle in the Arctic region:
ACSYS should take care of studying such important elements of the hydrological
cycle in the Arctic as run-off from Arctic glaciers and the Greenland ice sheet,
iceberg calving, precipitation over the Arctic Ocean.
Watershed models should be intercompared.
GCM modellers were encouraged to develop more sophisticated hydrological
components.
The hydrological cycle at the ocean boundary, under landfast ice and atop drifting
ice should be emphasized.
The role of permafrost in the hydrological cycle needed to be understood.
Arctic atmosphere processes:
ACSYS should play an active role in the re-analysis projects at NMC and ECMWF
(i.e. provide ice concentration).
Better regional balance of ACSYS supporting programmes was necessary.
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Atmospheric models should better describe occurrence of clouds.
Sea-ice studies:
Assimilation of data into sea-ice models should be promoted.
Data sets and model parameterization of optical properties of sea ice and small
ponds should be improved (temporal and spatial variability).
Sea-ice processes in near shore polynyas and at the ice edge should be represented
in the coupled models and their influence on the thermohaline forcing should be
clarified.
Artic Ocean circulation and its variability:
Implementation of the repeat hydrography sections were necessary in order to
provide data for the study of the evolution of the large-scale Arctic Ocean
circulation and the associated fluxes of fresh water, heat, and salt.
ACSYS should take care of studying the variability of water exchange through the
Canadian Arctic Archipelago.

1

EXTENDED ABSTRACTS OF THE
INVITED PAPERS

3

ACSYS AS A JOURNEY OF DISCOVERY
Knut Aagaard
Applied Physics Laboratory
University of Washington HN-1 0
Seattle, WA 98195
While models generally suggest that climate change will be
amplified in the Arctic, and while the Arctic has increasingly been
assigned a significant role in global climate, chiefly through its influence
on the large-scale thermohaline circulation of the ocean and on the global
heat budget, neither the observational base, nor our knowledge of the
controlling physical processes, nor our ability to model the role of the
Arctic in climate are presently sufficient to realistically and reliably
assess the principal issues linking the Arctic with global climate.
For these reasons, the World Climate Research Programme, building
on efforts begun in the 1 970s, established the ACSYS project, the
scientific steering group of which has recently issued the initial
implementation plan (WCRP-85). This plan lays out a draft practicable
program to over the next decade assess the role of the Arctic in global
climate. Five areas are emphasized: 1) the hydrologic cycle, 2) the arctic
atmosphere, 3) sea ice climatology, 4) ocean circulation, and 5) modelling.
lt is the hope of those who have helped to give ACSYS a start that
this Conference on the Dynamics of the Arctic Climate System will help
nurture and direct the ACSYS effort early in its life. In particular, our
purpose during this conference is threefold: 1) to discuss in some detail
the role of the Arctic in global climate, 2) to think together about how
ACSYS should proceed, and 3) to provide an opportunity to review and
amend the ACSYS Initial Implementation Plan.
With this brief programmatic summary as background, I want to
stress my belief that the success of ACSYS will most importantly depend
on the experiences of the individual investigator working with ACSYS over
the next decade. These experiences need to be ones that provide the
insight and joy inherent in a genuine journey of discovery. I therefore
want to briefly share with you some recent observations that I believe are
of import to ACSYS, that I certainly find fascinating, and that give me the
feeling of being on such a journey right now.
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The first of these deals with the inflow of Pacific waters through
Bering Strait, which we believe helps to regulate the density structure of
the Arctic Ocean. Figure 1 shows the volume flux measured during the
winter of 1990-91. While there is obviously a great deal of variability,
these and other data point toward a mean transport over many years very
close to 0.8 Sv. Models show that this is a flux large enough to provide a
control on the Arctic Ocean water mass structure. The more interesting
time series measurements, however, were those of water properties,
especially salinity. Figure 2 shows the salinity recorded in the eastern
and western channels of the strait, and also at a location 35 km to the
north. The winter salinity increase suggests an average ice growth rate
over the shelf to the south of about 5 cm per day. Note particularly that
the annual sa1inity signal in the eastern channel, which drains an area
largely void of coastal polynyas, is at least as large as that in the
western channel. Therefore, either winter salting of the water column is
not dominated by wind-driven divergence near the coast, or the local
products of ice formation are redistributed over the shelf with
remarkable efficiency. If the former is true, then we need to reconsider
our conceptualization of brine rejection as concentrated in preferred
coastal regions. Such a reconsideration will also have consequences for
our conceptualizations of winter water mass formation and spreading.
Another set of new observations highly pertinent to ACSYS is the ice
thickness measurements being made by a number of investigators using
upward-looking sonar. For example, in a paper in the ice session of our
conference, Vinje, et al. have calculated the 1 991-92 ice discharge with
the East Greenland Current. This is probably the key measurement for
determining the fresh water discharge from the Arctic Ocean to the North
Atlantic. Their result substantiates the earlier prediction that the ice
discharge from the Arctic Ocean is vital to the fresh water budget of the
North Atlantic. However, there are also intriguing and stimulating details
in these ice records that point toward a variety of other issues. For
example, we have made measurements of ice thickness at a location over
the Greenland continental slope in Fram Strait that show the thinnest ice
during 1 991-92 to have exited the Arctic Ocean in winter, a seemingly
counterintuitive result since it appears to negate thermodynamic effects.
Almost certainly this is an advective signal, for measurements during the
same year, but at another location on the slope, show very clearly during
July-August of both 1 991 and 1 992 that the thickness decreased about 1
cm per day, in very good agreement with thermodynamic ice models. This
thinning was in addition to the advective one during winter. I think it
likely that the accumulating body of ice thickness records will contain a

Measured Transport through Bering Strait
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Figure 1 - Volume transport through Bering Strait, October 1990-March 1991.
(submitted).
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great deal of fascinating information of this kind, and that some of it will
likely stimulate new ways of looking at ice climatology.
A third interesting observation is from the 1994 Arctic Ocean
Section (cf. the paper by Swift et al. in the ocean session of our
conference). In the Makarov Basin we found a large cold, low-salinity
anomaly in the upper deep water, with precisely the properties required
for giving the regional Theta/S correlation its non-linear shape. The
accompanying distortion of the density field extended over most of the
water column and suggested a huge anticyclonic eddy, perhaps as much as
100 km across. The eddy appeared to be embedded in a weak northeasterly
flow following the western flank of the ridge, and we think that it likely
has a shelf source and is ventilating the upper deep water with younger,
oxygenated water.
Other instances of recent exciting observations are readily at hand.
For example, we are presently witnessing a large change in the upper and
intermediate Arctic Ocean, exemplified by the remarkable warming first
detected during 1993 that will be discussed in the paper by Carmack et al.
in the ocean session of our conference. This warming was apparent all
through this summer's transarctic section and a brief discussion of it is
included in the paper by Swift et al., to which I have already referred.
Similarly, we have before us the remarkable recent changes in the
Greenland Sea, which for some years has been getting both warmer and
saltier, and where the convection is now much shallower than has been the
case in the past (cf. the paper by Meincke and Rude Is, again in the ocean
session of our conference). Indeed, at a station in the central Greenland
Sea taken at the end of the Arctic Ocean section, we had the strong
impression that in the absence of local convection, the deep hydrographic
structure in the Greenland Sea has nearly been destroyed by the outflow
from the Arctic Ocean. Meanwhile, convection in the Labrador Sea is
vigorous as never before in its observed history, and is now a major force
in changing the properties of the North Atlantic over a range of depths.
These few examples illustrate my conviction not only that we have
the opportunity for a continually fascinating stream of discoveries and
insights great and little, but also that it is now timely to act on that
conviction. My urging is therefore simple: Let us make ACSYS to be a
genuinely satisfying vehicle in our own journey of· discovery. Such will be
the key to genuine success for ACSYS.
References:
Roach, A.T, K. Aagaard, C.H. Pease, S.A Salo, V. Pavlov, M. Kulakov, and T.
Weingartner, submitted: Direct measurements of transport and
water properties through Bering Strait. J. Geophys. Res.
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THE HYDROCLIMATOLOGY OF NORTH-FLOWING HIGH LATITUDE RIVERS
By

R. G. Lawford
Research Manager
Climate Processes and Earth Observation Division
National Hydrology Research Centre
Saskatoon, Sask.• Canada

1.

lNTRODUCTION:

Rivers are an important source of freshwater for the Arctic Ocean. The
freshwater entering the Arctic Ocean controls its stratification and vertical
mixing, thereby influencing ice formation and the characteristics of shelf waters.
As part of continuing efforts to improve climate models there is a need to
develop a capability to model iarge-scale water and energy balances over the
Arctic. This capability must be based on a better understanding of the complex
interrelationships between all components of the hydrological cycle in the North
including snow processes and river inflows into the Arctic Ocean. This paper
examines the seasonal and annual links between climatological and hydrological
factors in the basins of north-flowing high latitude rivers that drain into the Arctic
Ocean. Examples of specific processes are drawn from the results of studies
carried out for the Mackenzie River Basin (shown in Fig. 1).

2.

THE ROLE OF RIVER FLOW INTO THE ARCTIC OCEAN

Although the earth's atmospheric circulation is symmetric about the equator (for
example, westerly wind maxima at mid-latitudes of both the Northern and
Southern Hemispheres) there are two major structural asymmetries that affect
the global climate, particularly at mid and high latitudes. The asymmetries are:
1) the presence of an ice-covered continent at the South Pole and an ice
covered ocean at the North Pole, and
2) a much larger land mass at latitudes between 45° and 70°N in the
Northern Hemisphere (land accounts for approx. 60% of the total area) and a
much larger water mass at these same latitudes in the Southern Hemisphere
(land accounts for approx. 15% of the total area).
The consequence of the first asymmetry is that water drains from the land to the
ocean reservoir at the pole in the Northern Hemisphere, while any liquid water
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occurring on the Antarctica continent drains equatorward and is dispersed over
the ocean surrounding the Antarctica. The second asymmetry results in a much
larger volume of water being generated on land areas in the Northern
Hemisphere than on land areas in the Southern Hemisphere. As a result, the
annual freshwater input to the Arctic Ocean expressed as a percentage of ocean
volume is approximately ten times larger than the proportionate freshwater inflow
to the world's oceans.
According to Aagaard and Carmack (1991 ), rivers supply an annual freshwater
input to the Arctic Ocean that is an equivalent of approximately 35 cm of
precipitation. As shown in Fig. 2a, most of the land draining into the Arctic
Ocean is located in Asia and North America. The moister European drainage
basins are more significant when the total annual runoff from each continent is
considered (see Fig. 2b).

3.

CHARACTERISTICS OF NORTH-FLOWING RIVERS

North- flowing rivers have a number of unique features. Melt begins in the
headwaters of these rivers before it occurs closer to the river mouth.
Consequently, as snowmelt and its associated flood wave proceed northward
they often bring local meltwater together with ice and runoff peaks from
upstream thus leading to a greater intensification of flood peaks near the mouths
of large high latitude rivers. The magnitude of spring peak flows can be further
enhanced by dynamic breakup processes.
River runoff is a significant factor in oceanic processes along the continental
shelves. In addition to transporting freshwater to the Arctic Ocean, north-flowing
rivers also transport sediments, contaminants and thermal energy to the ocean.
The degree to which a river transports these properties is dependent on the
climate, vegetation, soil regimes and human activities of the areas through which
it flows. For example, sediment transport is likely to be large when a river flows
through an area of high erosion and permafrost melt. River water temperatures
in the southern part of the basin would be expected to be warmer during summer
so that this heat energy would be transported by the river to its mouth and out
into the shelf area of the Arctic Ocean. The magnitude and significance of this
later effect are not well known due to the paucity of relevant temperature data.
Fig. 3 shows the percentage of annual runoff that is discharged each month by
the four largest rivers draining into the Arctic Ocean. The flow into the Arctic
Ocean reaches a maximum during June reflecting the importance of the factors
that enhance spring peak flows. The hydrographs from the Ob and Mackenzie
Rivers show several similarities because both peak in June at about 20% of the
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total annual flow and the percentage of flow each month remains higher in
September and October than for the Lena and Yenisey Rivers. In contrast, the
Yenisey and Lena Rivers have more than 35% of their discharge occurring
during June. The consequences of variations in the timing and magnitude of the
peak runoff for these rivers on coastal currents and the dynamics of the breakup
of coastal ice do not appear to be well understood.

4.

HYDROCLIMATOLOGY OF HIGH LATITUDE RIVER BASINS

4.1.

Brief overview of the hydroclimatology of major Russian rivers

Three Russian rivers (Ob, Yenisey and Lena) account for the majority of Asian
river discharge into the Arctic Ocean. The Yenisey generates the largest
amount of runoff per unit area (23.9 cm) while the Ob produces the least
(14.2 cm). [Data were obtained from UNESCO (1992)). For comparative
purposes it should be noted that the Mackenzie (measured at the Arctic Red)
produces 17.3 cm of runoff annually.
The Yenisey basin has an extensive region of hills and small mountains that
enhances precipitation production in the basin and results in higher water yields
than in the Ob or the Lena River Basins. The Ob River Basin is located in the
lee of the Ural mountains where precipitation amounts are below the regional
average. The northern part of the Lena basin is controlled by the Siberian anticyclone which forms each winter in eastern Asia. However, annual runoff in the
Lena basin is still 21.5 cm reflecting the importance of precipitation production in
the southern parts of the basin and the effect of permafrost on runoff generation.

4.2.

Hydroclimatic variables in the Mackenzie River Basjn

4.2.1. Temperature and Precipitation
The Mackenzie River Basin stretches from 54 o to 70° N with mean annual
temperatures in the headwaters ranging from 2° to 3° C and mean annual
temperatures at the river mouth of -7.5° C to -8.5° C. Temperature controls
freezing and breakup processes and the type of precipitation reaching the
surface. The average precipitation over the entire basin is approx. 410 mm/yr
(Fisheries and Environment, 1978) with values in the western part of the basin
being two to three times larger than in the eastern part. The proportion of
precipitation that falls in a solid form ranges from 30 to 35% in the southern part
of the basin to 55 to 60% in the northern part.
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4.2.2. Moisture Fluxes
The sources of moisture for air masses passing over the Mackenzie River Basin
are the Pacific Ocean to the west and, to a lesser extent, the Arctic Ocean.
Burns ( 1974} reported that cyclogenesis in the Basin was frequently associated
with baroclinic waves of Pacific origin. Based on an analysis of moisture
convergence into the Mackenzie region using radiosonde data for the period
from 1973 to 1990, Walsh et al. (1994} showed that moisture most commonly
enters the region from the west. They further reported that moisture
convergence has a distinct seasonal cycle reaching a minimum of near zero in
July and increasing to a maximum of more than 3 cm/month during October.

4.2.3. Cloud and precipitation processes
Clouds are critical for both precipitation and radiation regimes in high latitude
basins. The monthly distribution of clouds and precipitation in the Mackenzie
River Basin vary with latitude. During May and September in the northern part of
the basin overcast stratocumulus cloud decks persist for 30 to 35% of the time.
These persistent cloud decks continue to occur frequently over the Mackenzie
River Basin during the autumn although the zone of maximum frequency shifts
southward during October reaching the most southern parts of the basin in early
November.
Over most of the Mackenzie River Basin, precipitation is a maximum during the
summer and a minimum during late winter and early spring. Winter storms tend
to be most frequent in the southern part of the basin where they deposit
significant amounts of snow in November and December. Exceptions occur in
the northern part of the basin in September where moist air from the still
unfrozen Beaufort Sea moves southward and produces snow. Terrain also
affects regional precipitation patterns. In some mountainous areas the upslope
conditions amplify the amount of local precipitation produced in a given synoptic
situation.

4.2.4. Evaporative losses
Evaporation rates in high latitude basins are relatively small and most significant
in the summer months. Three sources of evaporation in the Mackenzie River
Basin include summer evapotranspiration from trees and other vegetation,
summer evaporation from open water surfaces in lakes and wetlands and
ablation of snow in winter and early spring. Net evaporation from the entire

12

basin is estimated to be 237 mm/yr or 58% of the precipitation input (Marsh and
Prowse, 1993). In permafrost areas the evaporation rate is controlled to a large
extent by the soil temperature and the flux of heat into the soil. Granger (1994)
suggests that as much as 30% of the available net radiant energy may be used
to heat the ground thereby reducing the energy available for evaporation.

5.

RUNOFF FROM NORTH-FLOWING HIGH LATITUDE RIVER BASINS

5. 1

Runoff Coefficients

Runoff coefficients derived for water years (September to August) in the
.Mackenzie River Basin illustrate the large scale linkages between hydrology and
climate. Fig. 4 shows that these runoff coefficients are highest for the
mountainous areas (0.85 or greater) and lowest for the more uniform terrain,
particularly in the southeastern portion of the basin. In some years these
coefficients exceeded 1.0 in the mountainous subbasins. This situation
suggests that hydrometeorological measurements may be non-representative in
some areas of this basin. Although summer streamflow values are usually quite
reliable at high latitudes, errors can occur in the flow measurements during
breakup and freeze-up due to uncertainties in the stage-discharge relationship
when ice is present (Gray and Prowse, 1992). Snow measurements have even
larger uncertainties. Problems in snow gauge measurements have been
described by Woo and Marsh (1978) and by Goodison (1978). Gauge
undercatch during strong winds and frequent trace events contribute to these
uncertainties. Recently, through a WMO study, considerable effort has been
directed to intercomparing snow gauge measurements.
Kite et al. (1994) also illustrated that many difficulties exist in deriving distributed
precipitation fields from the existing network. They suggest that numerical
models that simulate the physical precipitation processes may be a better
approach to the derivation of spatial precipitation fields. In addition, remote
sensing of snow water equivalent values may also offer a viable alternative.

5.2.

Variability of runoff and climatological factors

Short term trends of a decade duration exist in runoff records. According to
global runoff data sets from Korzun ( 1978) flows to the Arctic Ocean were higher
than average from the European continent in the 1923 to 1938 period, higher
from the Asian continent during the 1946 to 1953 period and higher from North
America between 1963 and 1968. These global scale runoff estimates are
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currently being updated through a project being undertaken by the State
Hydrological Institute in Saint Petersburg, Russia.
Longer term trends have been found in the temperature and snow accumulation
amounts for the northern part of the Mackenzie River Basin. Stuart et al. (1991)
reported that mean annual surface temperatures at climate stations in the
northern part of the Mackenzie River Basin (Norman Wells and lnuvik) have had
warming trends between 1960 and 1990. In addition, they found that snow
depths at these same stations have also been decreasing during the same
period.

6.

6.1.

PHYSIOGRAPHIC FACTORS AFFECTING HIGH LATITUDE BASINS

The role of wetlands and lakes

Runoff from high latitude river basins is influenced by the storage of water in the
basin. Freshwater is stored in the winter snow pack, wetlands, lakes and soils.
Wetlands and lakes are important in the Mackenzie River Basin where the three
largest lakes (Great Bear, Great Slave and Athabasca) cover an area of 65,779
km2. In addition, there are tens of thousands of smaller lakes and wetlands. As
indicated in Figure 4, runoff coefficients are lower in the flatter terrain where
wetlands are plentiful suggesting that wetlands may promote lower or delayed
runoff yields. These water bodies are also a source of moisture for evaporation
during the summer season.
Lakes act to stabilize the river flow because they tend to buffer the rapid
fluctuations in flow associated with springmelt and individual rainstorms.
Individual lakes are integrated into the drainage network differently. For
example, in the case of the Mackenzie River Basin, the seasonal variation in the
outflow from the Great Slave Lake is greater than for the Great Bear Lake.
Percentage of annual outflow by month from the Great Slave Lake is a maximum
in July when approximately 14% of the annual discharge occurs (in contrast to
February when only 3.5% occurs). This contrasts outflows from the Great Bear
Lake where 9.2% of the discharge occurs in August and decreases to a
minimum of 7.5% in April.

6.2 Permafrost
The presence of permafrost is expected to enhance runoff generation because
soil moisture storage is less effective in these areas than it is further south.
Gray et al. (1985) show that in permanent permafrost areas, there is restricted
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infiltration and the majority of melt water goes into evaporation and runoff. The
Mackenzie River Basin has a range of permafrost conditions with continuous
permafrost in the northern part of the basin and summer frost-free conditions in
the south. In permafrost areas in the summer, the upper layer melts and forms
an active layer of 0.2 to 0.8 meters in depth. The limited infiltration in permafrost
areas in the northern part of the basin partially accounts for the higher runoff
coefficients (0.4 to 0.6) in the northern part of the Mackenzie River basin
observed in Figure 4.
To properly account for permafrost effects in model computations of heat fluxes,
soil moisture and runoff, the distribution and effects of patchy permafrost areas
need to be effectively represented in climate and hydrologic models. Field
studies are also needed to gain a better understanding of the effects of the
spatial distribution of permafrost on boundary layer and runoff processes.

7.

SEASONAL VARIABILITY IN THE HYDROLOGICAL CYCLE

7.1.

Freezeup and its variability

River freezeup and ice breakup are important processes in high latitude rivers.
During autumn when the first seasonal snow cover forms and lakes and rivers
freeze, the radiative fluxes change and evaporation is reduced significantly.
Lake and river ice formation are correlated with the accumulation of freezing
degree days. To understand the effect of atmospheric circulation patterns on
freezing degree day distributions, composite 50 kPa hemispheric circulation
maps were developed for anomalously warm and cold winter months (defined in
terms of monthly degree day totals) during the period from 1973 to 1990 as
described by Lawford (1994).
Figure 5 shows the anomaly pattern associated with cold Januaries in the Liard
Basin and the upper part of the Peace River Basin. According to this map rapid
accumulations of freezing degree days and, by inference, rapid ice formation
occur in the western part of the Mackenzie River Basin when the average flow
has a larger northeasterly or northerly component than normal. This circulation
regime allows more air from over the cold continental areas to intrude into the
mountainous regions. For winter months that are anomalously warm, the pattern
is generally reversed. Agnew (1993) has developed composite charts for heavy
ice years in the Beaufort sea using anomalies in the 50-100 kPa thickness maps.
A comparison between his results and Figure 5 suggests that heavy ice years
will also be cold years in the northern part of the Mackenzie River Basin.
However, the relationships between simultaneous variations over land and
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ocean exposed to similar atmospheric circulation regimes and their possible
links to the Southern Oscillation Index (SOl} have not been studied in detail.

7.2.

Snow accumulation in high latitude basins

Snow accumulation in the Mackenzie River Basin is a major determinant of the
spring runoff regime. Snow begins to accumulate over most of the basin during
October and generally does not undergo any significant melt until April.
Composite 50 kPa geopotential height anomaly maps for the winter months
indicate that average circulation regimes that increase the moisture flux into the
basin from the west generally contribute to the augmentation of precipitation. In
the northern part of the basin, atmospheric flows that enhance the upslope
conditions also appear to amplify precipitation production during the coldest
months. However, these composite 50 kPa anomaly maps also suggest that the
flow patterns are not as uniquely defined for precipitation anomalies as they are
for temperature anomalies.

7.3.

The melt processes in high latitude basins

The period of spring melt has significant implications for energy availability and
river flow in high latitude basins. The melt of snow and ice in the spring
consumes large amounts of energy. Flood frequency reaches a maximum
during the melt period as a result of ice jams that cause river levels to rise
rapidly leading to the inundation of local towns and villages. These conditions
tend to be most dramatic when there is a rapid increase in temperatures that
persists for a number of days.
Spring river ice breakup is influenced by the heating of the ice surface, the
differential absorption of incident solar radiation and dynamic breakup
processes. Melting degree days represent the heat that is transferred from the
atmosphere to the ice surface. The absorption of incoming solar radiation by an
ice surface also leads to candelling and a general weakening of the ice cover.
When the force of the ice and water from upstream, representing the dynamic
forcing exceeds the resisting force of the ice cover, breakup occurs.
The date of the breakup and the associated spring peak flow for north flowing
rivers is later in the downstream portion of the river. For example, in the
Mackenzie River Basin it varies from April 26 (Julian Day 115) in the headwaters
(on the Athabasca River) to May 28 (Julian Day 148) near the mouth of the river
(hydrometric station above the Arctic Red}.
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8.

SUMMARY AND OUTSTANDING QUESTIONS

8.1.

Summary

Based on this overview the following preliminary conclusions can be made:

1. Runoff is likely to play a more important role in the coastal oceanography of
the Arctic Ocean than in any other world ocean.
2. North- flowing rivers provide their maximum freshwater input to the Arctic
Ocean during the month of June. Wetlands, reservoirs and lakes tend to smooth
out the June runoff maximum by retaining water and then releasing it to the river
later in the summer.
3. Streamflow and precipitation data networks are inadequate to fully describe
the hydrologic cycle over Arctic drainage basins nor can they accurately
characterize runoff into the Arctic Ocean. Application of new technologies and
remote sensing data (e.g. SSM/1 data) are needed to provide better information
on moisture inputs to high latitude river basins.
4. Mean monthly temperature distributions in the Mackenzie River Basin are
determined largely by the dominant atmospheric circulation patterns.
Precipitation anomalies tend to show more regional variability in their response
to certain monthly atmospheric circulation regimes.

8.2.

Outstanding Questions:

Based on the findings of this preliminary investigation it is possible to identify
some major gaps in our knowledge of the hydrologic processes in the Arctic.
Aspects of high latitude basins that require more study include:
- the consequences of the seasonal and interannual variability of runoff for the
dynamics of the Arctic Ocean.
- the role of teleconnection patterns and dominant atmospheric circulation
regimes in simultaneously forcing variability in the climatological, hydrological
and oceanographic parameters.
- the role of wetlands and lakes in the hydrology of high latitude basins.
- snow processes and their effects on snow accumulation and spring runoff.
- the role of rivers in transporting thermal energy.
-the potential effects of permafrost on local energy budgets, runoff generation
and cloud formation.
9.
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THE MACKENZIE RIVER BASIN

•

Figure 1. The Mackenzie River Basin and locations named in this report.
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ARCTIC OCEAN DRAINAGE AREA
BY CONTINENT (km*km)

ASIA (52.3%)

TOTAL DRAINAGE AREA: 22312000 km 2

ARCTIC OCEAN RUNOFF BY CONTINENT
1918-1967 {km*km*km)

AVERAGE TOTAL RUNOFF: 5133 km

3

Figure. 2. Charts showing the a) percentage of land draining into the Arctic Ocean from
each continent and b) percentage of the runoff entering the Arctic Ocean coming from
each continent. (lt should be noted that these land areas and runoff values for North
America include drainage into the Hudson's Bay which accounts for a significant
percentage of North America's total contribution).

I% NORMALIZED FLOW AS A FUNCTION OF TIME!

40.-----======================================~~----~

38

LENA

36
34

32

2

3

4

5

6

7

8

9

10

11

TIME (MONTHS)

I__....~ LENA

·····+·-··MACKENZIE-·*··· OB

---X--· YENISEY

Fig. 3. Percentage of runoff that occurs each month for the four largest rivers flowing into the Arctic Ocean.

12

22

MACKENZIE RIVEll SUB-BASINS
AVERAGEDISCHARGFIPRECIPITATIONRATIO (1973n4- 1989/90)
. 140...

·

.'

.

· · · · · 1so ....... l20
·. ...... . ~u · · · ·

. •. lOO.

. ..

LEGEND
•100

D 0.00-0.ll

0

... . . . ...

I

I

•

I

p

Figure 4. Runoff coefficients for the Mackenzie River Basin.

•
-

0.26-0j()
OJI-0.7~

-

>0.76

23

JANUARY
ZONE 11
ANOMALY--COLD

50-KPA HEIGHT (DAM)

'

1

30 w

.r.=::::;:;::K.-;;> ~

----- ~----::..d'r-+--~
MEAN PERIOD
ANOMALY YEARS: 46-91
MONTHS: 01·

'

• ·'~¥

ro·

w

CONTOUR INTERVAL:
to' w

Figure 5. Anomalies in the 50 kPa geopotential height field associated with
anomalously cold Januaries in the western part of the basin.

0.5 DAM

24

ATMOSPHERIC COMPONENTS OF THE HYDROLOGICAL CYCLE IN THE ARCTIC

R. G. Barry and M. C. Serreze
NSIDC/CIRES University of Colorado Boulder, Colorado 80309-0449 USA
John. E. Walsh
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ABS1RACT
A review is given of current knowledge of the major components of the hydrological cycle over the Arctic Ocean and
adjacent land areas. Estimates by Russian scientists of corrected precipitation suggest an annual total of 230 mm for the central
Arctic Basin and 360 mm for the whole Arctic Ocean. Empirical estimates of evapotranspiration are described; for ocean surfaces
70° - 80°N an annual value of 200 mm is suggested. Using an 18-year data base of atmospheric soundings, the moisture flux
convergence across 70°N is calculated. The annual flux convergence (equivalent to precipitation minus evaporation, or P-E)
averages 163 mm. The revised estimates of P-E and runoff into the Arctic, together with Bering Strait in flow, are in imbalance
(16 cm excess) with the calculated freshwater outflow, suggesting uncertainties in ocean estimates.
IN1RODUCTION
The hydrological cycle in northern high latitudes is poorly known due to the limited field data on precipitation and
evaporation over the Arctic Ocean and adjacent land areas. Runoff data are available only for the major river systems. The
freshwater budget of the Arctic Ocean plays an important role in the global climate system. The export of freshwater from the
Arctic, mainly as multi year sea ice transported through Fram Straight (Vinje and Finnekasa, 1986), strongly determines the
oceanic convective regime and deep water formation in the Greenland Sea-North Atlantic with important effects on the global
thermohaline circulation (Zaucker et al., 1994). The low-salinity upper layer of the Arctic Ocean, which depends on land runoff,
precipitation and summer melt, together with the inflow of Pacific water via the Bering Strait, also determines the existence and
stability of Arctic sea ice (Aagaard and Carmack, 1989). Changes in sea ice cover would have major consequences for surface
energy fluxes, cloudiness and cyclonic activity. This paper reviews the status of our knowledge concerning the principal
components of the hydrological cycle of the Arctic and their spatia-temporal variability. Particular attention is given to the
atmospheric transport of water vapor and its flux convergence, considered by Wang and Birchfield (1992) to be a key factor in
atmosphere-ocean coupling and in forcing changes in climate via the ocean thermohaline circulation. We begin by examining the
individual components of the hydrological cycle and problems of their measurement.
Precipitation
Gauge records of precipitation are available for fixed stations around the Arctic (Vose et al., 1992). Limited measurements
also exist from Arctic drifting stations. In addition, there are corresponding station measurements of snow depth, as well as
records collected on the Arctic Ocean ice from a Russian program of aircraft landings (Romanov, 1993).
Standard collection gauges catch only a fraction of precipitation in areas where wind-driven snow is common (Woo et al.,
1983; Dingman et al., 1980). Even in summer, estimates may be low due to occult precipitation (fog, dew) over tundra areas
(Dingman et al. 1980) and the neglect of trace values. Since most measuring stations are at low elevations, the tendency for
precipitation amounts to increase with elevation probably also results in an underestimate of station-derived regional averages.
Groisman et al. (1991) describe the effects of changes in instrumentation and in observational procedures on time series of
Russian data. The adjustment of monthly data and climatological atlas maps to allow for these biases largely remains to be
undertaken for North America (Groisman and Easterling, 1994) although it is included in Russian sources for the Arctic Ocean
and Eurasia.
Maps of annual precipitation over the Arctic Ocean have been published by Bryazgin (1976) and Burova (1983) who credits
Bryazgin with the corresponding maps in the Atlas of World Water Balance and Water Resources (Korzun, 1976) and
the World Ocean Atlas, Vol. 3 Arctic Ocean (Gorshkov, 1983). She reports that Bryazgin used data from 215 coastal and island
meteorological stations for 1916-73 that incorporated corrections for wind speed, wetting, evaporation and blowing snow. He
also used records from ships in the ice during 1890-1976 and drifting stations during 1937-74. Bryazgin's map (Figure 1), shows
minimum values ( < 150 mm) over the central and northern Beaufort Sea, with values from 150-400 mm over most of the
remainder of tile Central Arctic Ocean. Precipitation increases from the Barents Sea southward towards Iceland (to over 1000
mm) and from Baffin Bay towards Davis Strait. Burova (1983, Table 20) cites an annual average precipitation of 360 mm
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Figure 1 -Annual precipitation (mm) over the Arctic Ocean,
based on data for 1916-73 incorporating bias corrections (after
Bryazgin, 1976).

for the entire Arctic Ocean, with a further contribution amounting to about 8 percent (30 mm) from condensation on the surface in
the cold season. The central Arctic Basin receives a total annual precipitation of 230 mm. The advective component of Arctic
precipitation is about 58 percent according to Burova (1983, Figure 27) with the remainder due to local recycling of evapotranspiration. This compares with a contribution to annual precipitation from local recycling of only 11 percent in European Russia
(Brubaker et al., 1993), based on aerological data for 1963-73 from Peixoto and Oort (1992).
Evaporation
Evaporation in the Arctic has been estimated mainly by empirical methods and there are only limited measurements (Barry et
al., 1981). Estimates of monthly evaporation, based on a relationship between soil moisture and evaporation rate and combining
energy and water balance concepts are reported by Zubenok ( 1976) based on 110 stations located in basins draining into the
Arctic Ocean. Adjustments for altitude are incorporated based on vertical gradients of the climatic elements. In winter, evaporation from land areas is essentially zero. In early summer, most of the available energy goes into snow melt. Evaporation
typically peaks in July which may account for 60 percent of the annual total. Mean annual evaporation from the more southerly
land areas is typically 300400 mm, with values decreasing poleward. The mean for land areas in the zone 70°- 83° N, accounting for approximately 50 percent of the surface in this latitudinal belt, is about 90 mm (Zubenok, 1976, Figure 2a).
Khrol (1976) has calculated evaporation for the Arctic Ocean by a combination of methods using the bulk aerodynamic
approach for the ice-covered areas. In general the necessary data on surface and air temperature, moisture content and wind speed
were not available, so long-term means were used. For the majority of months an energy balance formulation is used, based on
the data of Marshunova and Chernigovskiy (1978). Allowance is also made for melt ponds and openings using ice concentration
data. Annual amounts in the central Arctic and Beaufort-Chukchi seas are 70 mm or less, but increase rapidly in the Barents Sea
and Norwegian Sea to 600 mm and higher (Figure 2b). For ocean surfaces in the zone 70°-80°N, a zonal mean annual value of
200 mm is determined and for the entire Arctic Ocean, 227 mm. Evaporation/sublimation from the Arctic Ocean has a double
maximum according to Khrol, peaking in May and September and having minimum in January to March and July.
Precipitation Minus Evworation
Precipitation minus evaporation (P-E) represents the net freshening or salination of the ocean through surface changes with
the atmosphere, and the net gain or loss of water by the land surface through exchanges with the atmosphere. Considering the
problems in accurately estimating P and E over the Arctic, P-E has the advantage in that its areal average can be estimated by the
"aerological approach". Briefly, vertically-integrated water vapor fluxes from station rawinsonde data are used to compute the
horizontal flux convergence as (e.g., Alestalo, 1983)

-V· F

=1/A f F · k dC
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Figure 2- Annual evaporation (mm) estimates for a) the Arctic land areas (after Zubenok, 1976) and b) for the Arctic Ocean {after
Khrol, 1976). The dash-dot-dot lines in Figure 2a delineate land areas draining into the Arctic Ocean.

where F is the flux, dC is the segment of a perimeter defined by rawinsonde stations (or from selected locations obtained from
interpolation of the station fluxes), k is a unit vector normal to the boundary and A is the area of the domain. Over annual time
scales, the flux convergence can be considered equivalent to P-E. Over shorter (e.g., monthly) time scales, the flux convergence
must be adjusted by the time-change in precipitable water (Q) in the domain (also calculated from rawinsonde data) such that

P - E = - V· F - aQta t.
The aerological approach ignores the atmospheric flux of water in the liquid and solid phases because the liquid/ice flux is
generally significant only in localized regions or for short time periods, for example, over warm ocean currents and in cumulus
clouds in the tropics.
Table 1 summarizes area-averaged estimates of annual P and E for different regions of the Arctic, P-E taken from the
difference in estimates of the two variables, the annual vapor flux convergence for the Arctic Ocean and Central Arctic Basin (all
from Burova, 1983), and for .comparison, the annual vapor flux convergence for the Arctic Ocean and Mackenzie drainage basin
estimated by Serreze et al. (1994a) and Walsh et al. (1994), based on analysis of 18-year (1974-1991 and 1973-1990) data sets of
Arctic rawinsonde stations, respectively.
Table I -Comparison of estimates of P.E. (P-E> and flux convergence -V· F (mm) for the Arctic
Ocean and its drainage basins (a) from Burovor. 1983 and (b) from Serreze et al .. 1994a and
Walsh et al .. 1994
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Adjusted for condensation on the surface and precipitation of water evaporated from within the Arctic.
Flux-convergence north of latitude 70° N.
Flux convergence for the Mackenzie River basin

P-E, calculated from Burova's estimates of each variable, ranges from 457 cm for the European drainage to about 140 cm for
the Arctic Ocean and Central Arctic. Her annual flux convergence estimate for the Arctic Ocean of 169 mm is about 20 mm
higher than that derived from the individual P and E estimates. Burova's aerological value is in very good agreement with that of
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Serreze et al. (1994a). Both, however, are considerably higher than the value of 120 mm reported by Peixoto and Oort (1992),
based on rawinsonde data from 1963-1973.
The annual vapor flux convergence into the region north of 70°N is strongly determined by large poleward fluxes across the
70°N latitude circle near the prime meridian, reflecting moisture advection associated with the primary north Atlantic cyclone
track. Large poleward fluxes are also found near Baffin Bay. The only area of net moisture outflow is over the Canadian Arctic
Archipelago, reflecting the mean position of the western North American longwave ridge (Figure 3). The flux convergence is
positive for all months, ranging from a low of about 10 mm for December through February to a high of 22 mm in September.
As precipitable water is strongly decreasing in September (Figure 4), P-E also obtains its annual maximum in this month, (26
mm), two months after peak precipitable water in July of about 14.0 mm (Serreze et al., 1994a).
Over the period 1974-1991, Serreze et al. (1994b) find that the annual flux convergence (and P-E) ranges from a low of
125 mm in 1978 to a high of 203 mm in 1981. For individual seasons, large flux convergences are favored by a more meridional
"winter type" circulation, characterized by strong eastern North American and East Asian troughs. In turn, this is associated with
a more pronounced north Atlantic cyclone track, with more cyclonic activity near the prime meridian and extending into the Kara
Sea (winter, spring and autumn) or in summer, local increases over the Arctic Ocean accompanied by sharp reductions in cyclonic
activity over the Eurasia and Canada. Small flux convergences are associated with essentially the opposite circulation pattern.
The hydrological balance of the Greenland ice sheet is of special interest in view of its potentially large contributions to
changes of sea level (Reeh, 1985). The distribution of mean annual precipitation has been modelled from an index of 500 hPa
geostrophic vorticity flux for 1963-88 combined with orographically-forced uplift by Bromwich et al. (1993). Amounts range
from less than 20 cm w.e. in the northern sector, north of 72 °N, to more than 100 cm w.e. in the far south. Calanca (1994) has
estimated the annual flux convergence from twice-daily ECMWF data for 1989-91. Overall, he obtains a value of 38 cm a- 1
which compares well with a precipitation estimate of 34 cm. In turn, Robasky and Bromwich (1994), using data from eight
rawinsode stations surrounding Greenland, provide an aerological estimate of annual P-E of 32 cm. The study of Bromwich et al.
(1993) suggests a decreasing trend of accumulation for 1963-1988.
Burova (1988) reports evidence of a general decrease in precipitable water in July from 1959-1980 at 20 out 25 circumpolar
Arctic stations, whereas in January a smaller positive trend was present at two thirds of the stations. Annual values show a
predominance of negative trend for the period. In contrast, Serreze et al. (1993)report an increase in Arctic cyclone frequency in
summer and winter during the period 1952-1989, which might be expected to cause increased moisture contents and flux
convergence. These trends merit further study.

Because permafrost is continuous beneath much of the land area surrounding the Arctic Ocean, and the depth of the active
layer is generally 0.5 m or less, most runoff occurs from surface rivers and streams. There is a paucity of data in the North
American Arctic where stream gauging programs are quite recent, 1970 in the coastal plain of Alaska, for example (Dingman et
al., 1980), or are almost entirely absent, as in the Canadian Arctic Islands (Wedel, 1990). For Eurasia, there are long records for
the major rivers draining into the Arctic Ocean.
Table 2 summarizes mean annual flows (km3) for the major rivers draining into the Arctic seas (Treshnikov et al. 1985). The
runoff into the Arctic seas is 98.5 percent from surface drainage, including 9 percent in the form of icebergs (Gorshkov, 1983),
particularly in Baffin Bay and the Greenland Sea. The Yenisei, Ob and Lena rivers together account for about two-thirds of the
total discharge from Eurasia. The Mackenzie River of Canada is the next largest contributor. By far the largest fraction of Arctic
drainage (48 percent) enters the Kara Sea, from the Yenisei, Ob and Pyasina rivers, with the Laptev, Barents and Beaufort seas, in
that order, receiving most of the remainder.
The runoff corresponds to a freshwater layer over the whole Arctic of about 33.5 cm (Gorshkov, 1983, p. 176). Aagaard and
Carmack (1989) estimate 34.6 cm for an area of 9.55 x 106 km2 . There are wide geographical differences. The freshwater layer
due to runoff is 80 cm for the Siberian shelf seas, versus only 59 cm for those off Canada. In the Kara Sea it amounts to 152 cm
(Gorshkov, 1983, p. 176). The overall coefficient of variation of runoff into the Arctic Ocean is only about 0.05, according to
Gorshkov (1983), and for individual sectors 0.06- 0.10. These values are much lower than ones cited by Cattle (1985) from
UNESCO data. However, records for 1918-1967 used by Cattle (1985) indicate that individual annual maximum values are 20
percent above the mean for the whole area and the Siberian shelf seas, but up to SS percent for the north European drainage.
Runoff tends to achieve maximum flows earlier (in June) in European Russia and later in Canada and eastern Siberia (McKay and
L!llken, 1974). The annual cycles differ according to snow melt contributions and the existence of storages. For example, 38
percent of the annual runoff from the Lena takes place in June, but only 13 percent of that in the Mackenzie due to the role of
Great Slave Lake in regulating the flow. Overall, the months of July and August provide about 56 percent of the annual total
runoff for the Arctic Ocean (Gorshkov, 1983, p. 176).
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Table 2- Ranked annual flows of the major rivers draining into the Arctic seas (a) by river basin:
(b) by sea. (mainly from Tresbnikov et al .. 1985)
River Basin
l Drainage
Area (lol km2) l Runoff (km3)
..................................................................
r········
. ······························-z:;·iia··r·················6·a3:o·
. . . . . T.
.............................................................r········.................................2:99a·r.................5.3a:5··
···········T··r:;~~ .. ···································································T··········································;::49a·T··· ...............5.2o:o·
..............................................i. . . . . . . . . . . . . . . . . . . . . . . 8'02"·1········...........3.4o:o··
. . . . . .T.
................................................................T. . . . . . . . . . . . . . . . . . . . . . .3.22·T········..·········i·3a:o··
...................................T. . . . . . . . . . . . . . . . . . . . . . .3.57.T...................i.i·a:;··
.......................................T. . . . . . . . . . . . . . . . . . . . . . .;64·T·················..i-o5:o··
. . . . . .T.
................................................T. . . . . . . . . . . . . . . . . . . . . . .647.T...................io2:o··

(a) .
............

r-·:y~~~~i

ob~~~h

············~···M~~k~~··············
p;~h:~;~

··--······T··N~-o~~~·······················-··
············r·K:h~~~······················
K.~i;;~················
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182 i
86.0
..........................................................T
..r···. . . . . . . . 56:7
..

......................................................................................-. ......... 1.........................................................1................................
All Arctic rivers in Eurasia and North America
!
12,245 !
2,840

....(b)··r··············.................s;;·A;;;...............................r···o~i;~~·A;;-·(103·k;z)···r··R;;;~iT·(k;3)..

•••••••••••• , ....................................................................................'! ......... - ..........................................- ••• 'f .............................. .

i Barents
i
1,386 !
478.0
i Kara
i
6,589 i
1347.4
•••••••••••• , ........................................................................................."! ........................................................"! ....................................
Laptev
3,643 1!..........................
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.............!i...........................................................................................
!!............................................................
_. ___ _

•••••••••••• , ...................................................................................'! .................................................- ••••• "! ................................ .

! E. Siberian

j
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!

213.4

i

!
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!
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............ , .........................................................................................'! ..................................................._ •••••., ....................................
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············r-8~~!~~
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............. , ........................................................................................"! ............................................................,.....................................

i

Canadian Archipelago (Sounds)

············ra;;~d·s;;;.:····················

i
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i

180.2

..······························T···················..························687·T·····..............i4o:o··

.............., ..........................................................................................."! .........................................................."! ...............................

!
!

Uncoln Sea

i
i
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i
!

17.8

•••••••••••• , .............. _ ..................................................................."! ............................................................, ..................................

Baffin Bay

···········r·:r~~-~ti~·o;~·····t····················

t
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245.5
..................T. . . . . . . . . . . . . . . . . . . .18:29o·r···············3887:3··

Excluding the Norwegian Sea, Foxe Basin and Hudson Bay

DISCUSSION
The calculated runoff (34 cm) and P-E (16-17 cm) together, substantially exceed the contribution to the Arctic Ocean
freshwater budget by the import of low salinity water through Bering Strait (18 cm) and the Norwegian coastal current (3 cm).
However, the outflow of ice and water through Fram Strait (38 cm) and the Canadian Archipelago (10 cm) together with saline
water import in the Barents Sea and West Spitsbergen Current (8 cm) (Aagaard and Carmack, 1989), now results in a larger
(positive) inbalance of 16 cm, compared with their 9 cm. The causes of this discrepancy are more likely to be in the oceanic
calculations now that the P-E term is better defined. The runoff contribution is unlikely to be less than what is measured in the
major rivers, although Gorshkov (1983, Plate 37) notes the paucity of measurements over much of the Arctic land area.
The dominance of the runoff term, the source of which is P-E over the continents, is the reason for the attention that has been
given to precipitation and runoff anomalies in Siberia and northwestern Canada in seeking causes of the irregular freshening of
the northern North Atlantic, like the Great Salinity Anomaly (Manak and Mysak, 1989; Mysak and Power, 1991). While it is not
yet clear that this forcing is the primary one, it merits additional investigation of the magnitudes of the relevant component terms
and of proposed alternative mechanisms involving anomalies in ice export due to antecedent atmospheric circulation anomalies
(Walsh and Chapman, 1990) as well as fluctuations in ocean thermohaline circulation (Yang and Neelin, 1993) and density
variations caused by anomalies of P-E.
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HYDROLOGICAL STUDIES IN THE ARCTIC ZONE OF RUSSIA
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Hydrological studies in the Arctic Russia were initiated during 1920s' when it
was decided to pioneer the Far North and the northern sea route, i.e. the
navigation way along the Arctic coast of Russia. Since 1930s a regular and
multipurporse investigation of the low reaches and mouths of navigable Arctic
rivers has been started.
1

Polar stations were organized that time; most of those stations make the basis
for the present operating network of the hydrometeorological service of Russia at
low reaches and in the mouths of theArctic rivers.
An intensive cultivation of the Arctic land, initiated after 1965, caused a
necessity to study water, channel, ice and thermal regimes of the Arctic rivers of
Russia and their lower reaches; it also requires a development of methods for the
computation and prediction of these events (Antonov, 1945, Ivanov, 1978).
Since early 1970s' new hydrological stations were mainly opened in the areas
of intensive man's activities and perspective construction for power generation
During the last ten-year period hydrological stations were opened to control the
ecology and water quality in the water bodies of the Arctic region. At present the
hydrological network density in the Arctic region (within its administrative
boundaries) is on average 1 station per 19,000 sq.km and 1 runoff station- per
46,000 sq. km.
To study water resources in the Arctic Russia, land and air-borne surveys were
made by field teams together with standard observations of the hydrological
regime at the hydrological network.
As a result of long-term multipurpose studies of water bodies in the Arctic
Russia, the following five trends of hydrological investigation have been
developed:
(1) studies of water resources and water balance in the Arctic;
(2) investigation of the laws for the formation of freshwater
inflow to the seas of the Arctic Ocean;
(3) studies of the peculiarities in water and channel regime
and water exchange in deltas and estuaries;
(4) investigation of ice and thermal regime in water bodies;
(5) studies of ecological situation and contamination of water
bodies and river deltas.
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Studies of Water Resources and Water Balance in the Arctic
In general, the Arctic water resources comprise not only water occurred on its
territory (local runoff) but the water contributed by the adjacent regions and
geographic zones through the channels of large rivers running there. Most
accurate assessments of water resources and water balance of the Arctic region of
the FSU and for the Arctic region as a whole were made during the IHD period.
According to updated assessments, the local runoff is equal to 1900 cu. km
(including 1430 cu.km of local liquid runoff and 470 cu. km of iceberg runoff) of
the total annualy resumed water resources of the Arctic land being equal to 5720
cu. km; transit runoff of large and mi-size rivers running from the southern
areas of Eurasia and North America equals 3820 cu. km (Ivanov, 1976).
Streamflow distribution during a year, is quite uneven, i.e. the major portion
of annual runoff is observed during three summer months (June, July and
August); in winter most of the rivers become completely frozen (Anon., 1978).
Besides the studies on the precision of water resources in the Arctic rivers an
important work has been done to evaluate freshwater storage in the mouth areas
of the largest northern and Siberian rivers of Russia, discharging to the Arctic
Ocean. A special methodology has been developed for the assessment of
freshwater storage in the mouths of the Arctic rivers, based on the use of
hydrographic and hydrometric data. A case-study of the Ob-Taz mouth area has
been applied for the computations of freshwater storage at present and a forecast
has been made on its future change under the effect of man's activity in the Ob
river basin (Ivanov, 1991).
As a result of water balance studies made for the Arctic territory of Russia and
for the Arctic region as a whole, it has been established that precipitation onto the
surface of land and glaciers, total surface runoff (liquid and iceberg runoff) and
evaporation from land free from icebergs are the main water balance components
of the Arctic land. During computation of annual water balance in the Arctic,
precipitation, surface runoff and evaporation were determined with he help of
interrelated maps of their annual values for bare land and for glaciers
individually. The results of water balance computations for the continent and for
the islands of the Arctic are given in Table 1.
During recent years, investigations have been made on more accurate values
of individual water balance components both for the whole Arctic region and for
the Arctic territory of Russia. Glacier runoff has been computed first, which
makes 701 cu. km per year, with iceberg runoff of 470 cu. km per year and liquid
runoff- 231 cu. km per year included (Anon., 1978).
Evaporation from different Arctic landscapes was studied on three experimental plots in the N adym basin and in the north and south of the Yamal
Peninsula. A typical distribution of evaporation during a season from the
surfaces of the Arctic land has been obtained.
Evaporation measurements from water surface were made by GGI-3000 pan
installed on the water areas of small lakes typical of the Arctic tundra. A typical
distribution of evaporation during a year has been established; a map of
evaporation from water surfaces in the Arctic zone of West Siberia has been
prepared (Novikov et al., 1988, Novikov et al., 1991).
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Extensive hydrometeorological information collected for the period of more
than 75-year long during observation in the Arctic Russia, the results of
experimental investigations on water balance stations in various Arctic regions,
progress in theoretical ideas in the field of water circulation, made it possible to
develop and test a number of mathematical models, describing water exchange
processes within the limits of river basins in the Arctic Region. The universal
mathematical "HYDROGRAPH' model with distributed parameters is most developed at present; the model is oriented to the use of standard meteorological
information (temperature and humidity deficit of the air, precipitation depth and
duration). Model computations were made for two watersheds in the Pechora
river basin. A good agreement between the observed and computed continuous
hydrographs for a 5-year period proved a stability of parameters and operational
capacity of the model (Vinogradov, 1988).
Investigations of the Laws for the Formation of Freshwater Inflow
to the Seas of the Arctic Ocean
These investigations are made to discover the role of river runoff, one of the
basic components in the Arctic climate system, for the formation of the water
regime in the mouth areas and in the seas of the Arctic Ocean basin.
The present river water disharge to the Arctic Ocean equals 5140 cu. km per
year, the freshwater discharge to the Arctic Ocean equals 7300 cu. km per year (
Ivanov, 1976 ). Data on the total water inflow are obtained on the basis of analysis
and generalization of long-term observation of runoff at the outlets of 39 large
Arctic rivers of Russia, Canada and USA and from the data on local runoff from
ungauged Arctic areas derived from water balance computations (Table 2.).
The problem of freshwater inflow variability to the Arctic Ocean was discussed
by Russian hydrologists connected with the assessment of possible changes in the
hydrological regime of Ob river caused by water transfers from the Ob river to the
Aral Sea basin. The analysis of long-term changes in water inflow to the Kara Sea
from the Ob and Yenisei rivers showed its slight variability from year to year
(with correlation coefficients of 0.12-0.14), in case of rather uniform disrtibution
of dry and wet years.
During recent years, studies were initiated on the role of seasonal glaciation for
a formation of freshwater inflow to the Arctic Ocean during different periods of
the year. Methodology has been developed for estimating the volume of river
water, involved for a seasonal glaciation every year. For the Arctic Russia this
volume is on average equal to 120 cu. km per year. In large river basins the
seasonal glaciation results in runoff decrease in winter. It was established that in
the basins of the Yana, Indigirka and Kolyma rivers ice events formation required
more water volume, which often exceeded the amount of winter discharge at the
outlets (Fig.1). In some Arctic basins the seasonal glaciation regulates up to 6070% of the annual underground runoff (Markov, 1994).
Proceeding to the problem of anthropogenic effect on freshwater inflow to the
Arctic Ocean, it should be noted that the present level of the economic
development in the Arctic river basins does not cause significant changes in the
Arctic water resources. This may be also noted about large transit rivers
discharging to the Arctic Ocean. According to updated assessments of the
scientists from Russia, annual runoff decrease within 2-3% was observed in the
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Ob and Yenisei rivers only which was mainly explained by temporary water
losses for the filling of large reservoirs in the basins of these rivers. No significant
runoff decrease in the northern and Siberian rivers discharging to the Arctic
Ocean is expected for the future. By the end of the century, a possible runoff
decrease there would not exceed 3-5%.
Another aspect of the problem of runoff changes in large Siberian rivers
discharging to the Arctic Ocean is connected with anthropogenic climate
variations. The Yenisei river basin was taken as a case-study for possible runoff
changes resulted from the global warming of the climate. Three scenarios of the
global warming development were studied: that is by 1 degree C before 2000, by 2
degrees C before 2020 and by 3-4 degrees C before 2050. To estimate the
influence of the climate warming on the Yenisei water regime, a water-balance
mathematical model was used with 10-day design time interval for
determination of basic hydrological cycle components from the data on air
temperature, precipitation and air humidity. According to the first scenario, it is
possible to expect a great increase of annual runoff all over the Yenisei basin,
from 20-25 mm per year in the south up to 55-60 mm per year in the north, with
evaporation increase by 15-35 mm per year (Fig.2). Streamflow would increase
during all the seasons. Water inflow to the Kara Sea discharged by the Yenisei
river should be greater by 90 cu. km per year (Shiklomanov, 1994).
Studies of the Peculiarities in Water and Channel Regime
and Water Exchange in Deltas and Estuaries
Investigations of the water and channel regime in multi-armed channels and
deltas of the Arctic rivers are mainly connected with the problems of a
hydrological validation of water projects and with predicting levels and depths in
bars and shoals preventing navigation. At present a multipurpose approach is
used which embraces the use of limited amount of observation data, physical
(mainly aerodynamic) modelling, methods of hydraulic computations and
numeric hydrodynamic modelling (lvanov, 1978, Ivanov et al., 1990b ).
Model investigations of the water regime in deltas provided data on
distribution of water levels and discharges in the arms of most deltas of the
Siberian rivers in case of characteristic regimes of water discharges in the rivers
and water levels in the sea, as well as on their possible redistribution in case of
water project implementation. The use of hydraulic computations made it
possible to solve problems on the estimation of distribution and redistribution of
water levels and discharges along the river arms and to get information on
boundary and initial conditions for numeric modelling of the propagation and
interaction of snowmelt water, flood water, wind setup and tidal waves in the
mouth areas of rivers.
In particular, numeric models were made for the water dynamics in the uni-

armed mouth area of the Yenisei river and in the multiarmed delta of the
Kolyma river. A comparison of the results of numeric modelling with
observation data showed a good agreement and prospects of the method to study
extreme cases of water regime in the lower reaches and mouth of the Arctic rivers
(lvanov, 1978).
At present a development of methodology for investigating water and channel
regimes of lower reaches and deltas tends to include channel processes to
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numeric modelling which corresponds to a great extent to the essence of channel
and flow interaction (Ivanov et al., 1990b ).
Investigation of river and sea water interaction has been made to evaluate
guaranteed freshwater storage in the mouth areas of rivers of the estuary type,
primarily, in the Ob bay, in the Yenisei bay and Yenisei gulf. These investigations
are based on the use of field data and numeric two-dimensional and threedimensional models of seasonal and year-from-year scales (Doronin et al., 1990).
Investigation of Ice and Thermal Regime in Water Bodies
Investigation of ice and thermal regime of the Arctic rivers is connected with
the problems of operational forecasts of the dates of ice break-up in rivers, river
freeze-up, prediction of ice pack thickness, increase in autumn-winter period as
well as data on ice events required for navigation purposes.
The long-term data processing on the dates of river freeze-up and break-up, as
well as on the duration of stable ice pack in the lower reaches and mouths of the
Arctic rivers was made. A comparative analysis of the obtained curves shows no
evident uniform trends in the ice regime changes for the lower reaches and
mouths of the study Arctic region in general.
A conclusion was made that in the near decades undirected changes of these
ice events would not occur in the study rivers. On this basis maps of meanannual dates of the floating ice appearance and dates of the starts of the spring ice
drift in the Arctic rivers were prepared (Ivanov et al., 1991).
Extensive field observation data on ice break-up and river freeze-up in the
delta areas of the Arctic rivers made it possible to classify these events on the
nature of ice-break-up and river freeze-up. According to this classification, three
types of ice break-up in the lower reaches and deltas of the Arctic rivers and two
types for the sea shore were established.
Studies of ice dam and ice jam formation, their effects on the regime of icebreak-up in the lower delta reaches and development of methods for ice jam
prediction are very important items in ice break-up and thermal investigations.
The ice jam formation is a very important problem for the Arctic rivers because a
very intensive ice break-up is accompanied by ice dams and jams quite often
producing high, even catastrophic, water level rise in rivers, often resulting in
flooding of vast areas. The collected data of air
reconnaissance surveys for all large Arctic rivers of Siberia made it possible to
make a general picture of ice jam distribution in these rivers and to prepare a
schematic map of spring ice jam distribution (Ivanov et al., 1990a).
As to studying the ecology and contamination of water bodies and river
mouths in the Arctic region, these studies have been intensified during recent
years. In general, they are aimed at the environmental monitoring of the Arctic
region, at a development of recommendations on a stable (ecologically sound)
evolution of the Arctic Russia for the remote future and at preventing possible
extreme situations due to man's impact.
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Table 1. Fresh water budget of the Arctic land.
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Table 2. Fresh run-off to the Arctic Ocean Seas.
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Forms of the surface- and subsurface water
accumulation in cold seasons and their water
yield in warm seasons:
1 - streamflow bydroqraph
2 - subsurface water ice mound
3 - ice hamp
4 - seasonal subsurface ice of the river
valleys
5 - river icing
6 - water accumulation in river beds and in the
aquifers of the freezing rivers, connected
with them.
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Fig.2

Annual runoff distribution (mm) in the Yenisei
basin: Biriusa at Fedino (a) and NizhniayaTungGska at Bolshoi Porog (b).
1 - observed runoff; 2 - model computer runoft;
3 - in ca~e of the global warming by 1 degree C;
4 - in case of the global warming by 2 degrees c;
5 - at the global warming by 3-4 degrees t.
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ON SENSITIVITY OF A SIMULATED HIGH-LATITUDE ATMOSPHERE TO
SEA-ICE FLUCTUATION AND TO PARAMETERIZATION OF CLOUD OPTICAL
PROPERTIES.

V. P. Meleshko, V. M. Kattsov and P. V. Sporyshev
Voeikov Main Geophysical Observatory, St.Petersburg, Russia
1. SEA-ICE FORCING
The role of the Arctic sea ice and its interseasonal variation is considered in maintaining
atmospheric dynamics over the middle and high latitudes .
. Series of numerical simulations were carried out using the atmospheric general circulation
model T21L9 developed at Voeikov Main Geophysical Observatory (MGO). An atmospheric
response was studied to both variations of sea-ice concentration and sea-ice extent anomalies
observed in the Arctic ocean in winter (Figure 1). The MGO GCM allows to compute heat fluxes
over open water and sea~ice simultaneously within a single grid box.
The seasonal simulations show that accounting for polynyas and leads (series ICEMIN)
results in an increase of net heat flux to the atmosphere by 10 W/m2 (as compared to
continuous-ice series ICEMINC). Surface air temperature increases by 3°C over the whole
northern polar cap bounded by 60-th latitude. Due to atmospheric stability in the polar region, the
heating does not penetrate too far up. The largest increase of the air temperature takes place in
the lower troposphere and does not extend beyond 50° N (Figure 2).
The atmospheric response to sea-ice anomalies was studie.d in the series of simulations
using observed sea-ice distribution ·during the winters 1958/59 (large . sea-ice extent, series
ICEMAX) and 1980/81 (small sea-ice extent, series ICEMIN). It was found that the thermal and
dynamic impact of the sea-ice composed anomaly on the atmosphere is comparable to that of the
open waters in sea-ice region (Figure 3 vs Figure 2). In the both cases the decrease of the sea-ice
area leads to an increase of the atmospheric eddy kinetic energy. However, the positions of
quasi-stationary patterns are different in the troposphere.
Statistical significance of the changes in the obtained thermal and circulation patterns were
also evaluated using sets of simulations in which different atmospheric initial conditions were
incorporated, the boundary conditions being the same as the above.
Because of large variability of the atmosphere in high latitudes, only air temperature ·
changes in the lower troposphere, adjacent to sea-ice forcing region, were found to be statistically
significant. The response of dynamic characteristics of the atmosphere is not significant. A
comparison with observation shows that the low frequency atmospheric variability simulated by
the model is underestimated. Heat fluxes over the polar region computed in the MGO GCM are
compared with those produced by other GCMs.
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180

180

Figure 1 - Geographical distributions: (a) sea-ice extent during the winter 1980/81 (ICEMIN);
(b) open water share during the winter 1980/81 (ICEMIN-ICEMINC); (c) sea-ice extent during
the winter 1958/1959 (ICEMAX); and (d) sea-ice concentration difference (ICEMAX - ICEMIN)
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2. CLOUD-RADIATIVE FORCING
A simulation with the MGO GCM was carried out aimed at evaluation of the impact of
cloud optical properties variability on regional climate. Two multi-year numerical experiments
were conducted with the model version T21L14 coupled to an upper mixed layer ocean. Two
different parameterizations. of the cloud optical properties were employed. In the first run (CMP,
i.e. "computed optics"), the cloud optics depended on the cloud water content, on the phase, and
on the effective radius of cloud drops, all varying seasonally and regionally. In the other run
(FXD, i.e. "fixed optics"), the cloud optical properties were taken uniform all over the Earth as
global and annual averages of the corresponding values obtained in the CMP. Among other
effects, as compared to the FXD, the net cloud-radiative forcing in the CMP cooled the
high-latitude atmosphere and the land surface (Figure 4a). This resulted in decreasing winter
sUiface temperature by 6°C in the northern polar region, and by 1ooc in Antarctica (Figure 4b).
The study shows that taking into account cloud optics variability is an important requirement for
proper simulation of regional climate.
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CHARACTERISTICS OF ARCTIC CLOUDS AND RADIATION
Judith A. Curry
Dept. of Aerospace Engineering Sciences
Campus Box 429, University of Colorado, Boulder, CO 80309, USA

An overview is given of what is known about arctic clouds and radiation. The following topics

are addressed: arctic cloud microphysical properties; direct and indirect radiative effects of
aerosols; cloud radiative properties, impact of clouds on surface radiation fluxes; and
formation and maintenance and dissipation of arctic clouds. Modelling efforts related to arctic
clouds and radiation are described, including prospects for improved parameterizations in
climate models. An assessment of the cloud-radiation feedback processes in maintaining the
stability of the Arctic Ocean pach ice. A summary is given of U;S. research plans to address
arctic clouds and radiation properties.
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PROCESSES OF AIR-SEA INTERACTION IN POLAR REGIONS
Makshta s A. P . , T imachev V . F . , Zachek A. S .
Arctic and Antarctic Research Institute, Russia
1. INTRODUCTION
At present a
large number of experimental and theoretical
studies have been made,
which are devoted to the description of
the physical processes at the atmosphere-sea ice-ocean
boundary
and their effect on regional and global
climate.
A review
of the achievements and objectives to be still addressed,
connected with this
problem,
is presented in the most concise
form in the WMO publication (WCRP 85,
1994).
Here we
shall
consider some questions,
which specify the problems presented in
the
indicated review basing on
the
results ·of
full-scale
experiments, carried out from the early 50s in the Arctic and the
Antarctic (drifting stations NP-2 - NP-31; Weddell-I, expeditions
in the framework of the "Transects'' Program and "The Greenland Sea
Project"}.
2. EFFECT OF ATMOSPHERIC AEROSOL AND CLOUD ON ENERGY EXCHANGE
BETWEEN THE ICE COVER AND THE ATMOSPHERE IN POLAR REGIONS
The studies of the features of seasonal variability of
the
radiation characteristics of the atmosphere,
aimed to reveal the
role of the arctic aerosol
in the formation of the radiation
balance of the ice cover surface were carried out at ·the drifting
station NP-28 from February to October of 1987 in the region with
coordinates 81-85 N,
140-170 E.
Measurements
of
incoming
/long-wave radiation were performed by means of experimental
long-wave pyrgeometers, developed at the AARI. The aerosol effect
on the formation of the radiation balance was evaluated by means
of comparing measured (Qd) and
calculated
(Qdc)
incoming
long-wave radiation.
To calculate Qdc the parameterization of
the transparency function,
suggested by Kovaleva E. D. , Shekhter
F.N. (1966) was used, and the aerosol component was not taken
into account.
The water vapour
concentration
was
estimated
from
data
of
upper-air soundings.
The
carbon
dioxide
concentration was assumed to be constant and corresponding to the
concentration
for
standard atmosphere.
The
following
characteristics were used for the analysis of aerosol effect on
the long-wave
radiation
balance: effective
emissivity
of
4-

real ( Em =Qd jo-T 4- )
measured and

and aerosol-free (Ec=Qd jaT:) atmospherei
cda.
calculated
long-wave radiation balances of the

atmospheric surface layer (Bd=aT:-Qd; Bdc=aT:-Qdc).
As is seen from Fig. I, the largest discrepancy between the
results of calculations and observations are recorded at the end of
polar night, the minimum - in July and August. It follows from Fig.
2, that the Bd/Bdc value changed from 0.6 in early spring to 1.0 in
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the summertime, which corresponds to a seasonal change of the
surface
sulphate
aerosol
concentration
at
the
Spitsbergen
Archipelago (Heinzenberg J. et al., 1986) and th~ calculated
aerosol concentration
from optical measurements, carried out at
the Barrow Point (Timothe K. et al., 1985).
As is seen from Fig.3, the decrease of aerosol concentration
significantly reduces Em in spring.
In summer, when moisture
content of the atmosphere increases, and aerosol pollution becomes
minimal, the values Em and Ec practically coincide. Thus, one can
conclude that aerosol pollution of the atmosphere results in the Qd
increase in winter, when its role in the formation of tJie heat
balance of the ice cover surface is maximum up to 15-20 W/m.
Considering the aforementioned, as well as evidence on the
increased aerosol pollution in the Arctic and a corresponding
increase of aerosol turbidity of the atmosphere by 0,2% a year from
the 1940 s to 1982 (Radionov V.F., Marshunova M.S., 1992) one can
suggest that it is the aerosol mechanism which is one of the most
probable mechanisms in the formation of a well-pronounced negative
trend of tne thickness of surface inversions during 1953-1989,
found by Bradley R.S. et al. (1993) from data of the North American
polar stations and a meaningful trend (up to 35%) from measurements
in the vicinity of the North Pole frbm 1963 to 1981 (Nagurny A.P.et
al., 1991).
Another result of the increased aerosol pollution is that Bd
and Qd parameterizations, developed in the 60s - 70s on the basis
of full-scale data,
available at that time,
appear to be
questionable. The results of comparing the Q and B values,
measured at the drifting station '"Weddell- I'" and calculated from
formulas of Marshunova M.S.
(1961) and Maykut G.A.
(1986),
especially in the presence of cloud (Tabl.1), serve as an evidence
of such parameters being non-universal.
Tabl.l.
The results of comparison the Qd and Bd values,
measured at the drifting station '"Weddell-1'" and calculated
from formulas of Marshunova M.S. and Maykut G.A .
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3. TURBULENT HEAT FLUXES AT THE ICE-ATMOSPHERE BOUNDARY
Quite a number of experimental and theoretical studies,
generalized in the papers of Maykut G.A. (1986} and Makshtas A.P.
(1984) have been devoted to the study of turbulent heat exchange at
the ice-atmosphere boundary. However, up to present the only annual
cycle of complex full-scale studies of the turbulent energy
exchange in the Arctic basin was carried out in 1956-1957 at the
drifting station "North Pole-4'" (Nazintsev J.L. 1964). To estimate
turbulent fluxes of sensible (H) and latent (LE) heat data of
gradient measurements of temperature and air humidit~ and wind
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speed were used. Fig. 4, taken from Nazintsev, illustrates a
seasonal variability of H and ZE.
Unfortunately, the stratification of the near-ice' air layer,
not taken into account,
governed a larger value of H in winter
and possibly,
of H and LE in summer than the actual ones.
A
comparison of the results,
obtained from data at the NP-4 and
NP-23 (Fig. 4) indicates appreciably greater values of H at the
NP- 4, notwithstanding
a
questionable
character
of
such
comparison.
Numerical experiments run on the thermodynamic model of
the
ice
cover have shown that taking into account the stratification
of the near-ice air layer radically changes the H and
LE
distributions over the area of the Arctic basin,
practically not
changing the ice distribution by thickness.
The
latter is
attributed to the compensation of the changes of H and LE by the
corresponding change of
long-wave and
short-wave
radiation
balances (Makshtas A.P., Timachev V.F, 1992). This effect was also
noted by Ebert E. E., Curry J. A., ( 1993), however, the H and LE
parameterization she used, did
not
probably allow for the
indicated compensation mechanism to be more evident.
Thus,
an
adequate
description
of
the processes of turbulent energy
exchange remains to be an important direction of the studies.
Here, we do not dwell
on the questions of turbulent heat
exchange through fractures and young ice in winter,
which have
been quite
in
detail
investigated
during the
full-scale
experiments
"Polex",
"AIDJEX"
and
"Lidex-92"
(Makshtas A.P.,
1984, Andreas E. L. , Murphy B. , 1986, Ruffeieux D. , Persson G. ,
1994). In our opinion the main difficulty to adequately take into
account the contribution of these
zones
of the
ice cover into
energy exchange and formation of the ice mass is related with the
problem of simulating their formation
in
the models and
experimental estimate of spatial distribution.
The main unsolved questions, connected with the inhomogeneity
of the ice cover (hu~nocks, puddles, fractures) are considered to
be the description of the processes of energy-mass exchange and
transformation of such inhomogeneities in summer. At present the
processes, related with such inhomogeneities,are believed to be the
main ones during the sea ice cover decay (Ebert E.E. Curry J.A.,
1993; Appel I.L., Gudkovich Z.M., 1991).
4. HEAT FLUX TO THE LOWER BOUNDARY OF THE ICE COVER
The heat flux to the lower ice cover surface (Fo) is
considered to be one of the most important and less investigated
interaction parameters in the atmosphere-sea ice-ocean system.
Beginning from the pioneer study of Maykut G.A., Untersteiner N.,
(1971) on the basis of estimates of the heat content of the water,
incoming to and outgoing from the Arctic Basin, it was ass!?-med that
the heat flux to the bottom ice surface is 2 W/m . Then,
Untersteiner W.(l988) on the basis of model estimates and Makshtas
A.P., Podgorny I.A. (~991) basing on experimental studies in Fram
strait obtained ~stimates of the Fo va~ue for the indicated region
equal to 300 W/m . and about 1000 W/m , respectively. A repeated
analysis of the data from every 10-day measurements of the upper
ocean layer structure at the NP-16, which drifted in the vicinity
of the North Pole,
has shown seasonal variability of Fo at its
mean value, close to 0, assuming the absence of water advection in
the study region.
A new outlook to
the melting processes at the bottom ice
boundary,
traditionally described
through the heat
balance
equation,
iPcluding a conductive heat flux through the ice cover
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and heat flux from the ocean is provided by data of a
unique
experiment at the NP-2, when at one part of
the first-year ice
floe snow cover was artificially maintained during all summer,
and the other part was left at natural conditions. As is seen
from Fig. 5, puddles were formed over the natural
part
of
the
ice cover and what is more important,
the bottom ice surface has
undergone radical changes,
possibly due to solar radiation
penetration through the puddles mentioned,
which governed the
heating of a
steady-stratified
desalinated
subice layer. An
estimate of the difference of the effective heat fluxes from th~
ocean between the two parts of the ice floe is about
15 W/m
during 2 summer months.
5. Conclusion
a) An analysis of the results of experimental studies of
optical characteristics of the polar atmosphere has shown an
important role of the aerosol component in the formation of the
long-wave radiation balance of sea ice cover surface,
which
governs the increase of incoming long-wave radiation by 10-20%. A
comparison of measured
long-wave
radiation characteristics and
calculated
by
means
of
parameterizations, used
during
modelling,
raises a
question
of
the
universal character of
parameterizations, especially in the presence of clouds.
b) To take into account the stratification effects of the
near-ice air layer is necessary to adequately describe turbulent
energy exchange in the uniform zones of the
sea ice- cover.
To
ignore these effects can result in the excess of the indicated
fluxes from 20-30% to 100% and more in mean monthly values,
as
compared with actual values.
c) Probably, the most important improvement of the ice cover
models is the parameterization of the melting of hummocks and
formation of puddles,
occupying up to 30% of the
ice cover
surface
(Nazintsev Ju.L., 1964) and radically enhancing the
processes of its decay (Appel I~L., Gudko~ich Z.M., 1991).
d) The heat flux from the ocean to the bottom of ~ce has a
well-pronounced spatial variability:
from 300 -1200 W/m . in the
marginal zone of the Greenland Sea up to
0 in the Central
Arctic (annual mean), where seasonal variability Fo is observed,
governed
by
a
summer heating of a steady-stratified freshened
sub-ice layer through puddles and fractures
and a seasonal
cooling due to a conductive heat exchange through the ice cover and
convective - through fractures.
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THE ACSYS ARCTIC ATMOSPHERE PROGRAMME
H. Cattle
Hadley Centre for Climate Prediction and Research
Meteorological Office, London Road, Bracknell, Berkshire RG12 2SY, United Kingdom

The current implementation plan for the ACSYS Arctic Atmosphere Programme will be
outlined, illustrated by results from state of the art modelling and observational studies.
Improved atmospheric datasets are needed by ACSYS, in particular for verification of
atmospheric circulation models over the Arctic and to he1p provide the observations necessary
to estimate the forcing fluxes for sea ice and ocean. To help achieve this ACSYS will promote
a re-analysis of historical data centred on the high latitudes of the northem hemisphere and
based on a state-'Of-the-art NWP assimilation system.
Provision of the optimum sutface climatok>gies• will require calibration of the results of reanalysis against high quality single field analyses, in particular of temperature and surface
pressure. These will rely heavily on maintenance of the current network of Arctic drifting
buoys and improved satellite retrievals of surface .properties. ACSYS will also develop a polar
clouds and radiation programme with particular emphasis on improved techniques for satellite
retrievals of cloud and radiation properties. These will require concurrent in situ and satellite
measurements, using both aircraft and- smface-based instrumentation, and improved modelling
of Arctic cloud and radiation fields.
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MODELING INTERACTIONS BETWEEN SHORTW AVE RADIATION,
PACK ICE AND THE UPPER OCEAN
by
Gary A. Maykut
Department of Atmospheric· Sciences
University of Washington
Seattle, Washington, ·USA

Variations in the amount of incoming shortwave radiation <Fr) are the primary cause of seasonal
changes in the state of the· polar ice pack and oceanic mixed layer. During late spring and summer, the
net input of shortwave radiation to the ice pack usually exceeds the energy lost through longwave
radiation and turbulent heat exchange. The result is melting which affects not only ice thickness,
concentration and extent, but also upper ocean structure and heat content. Modeling these effects,
however, is complicated by a number of poorly documented processes which control the distribution and
utilization of solar energy within the ice-ocean system. ·Although clearly important in predicting the state
of the ice pack, treatment of these processes is generally absent in large-scale climate and general
circulation models. In this paper we will review some key elements in the interaction of shortwave
radiation with the ice and upper ocean, discuss their magnitude, and examine their probable impact on the
system. In particular, we will focus on the role played by leads and melt ponds.
MELT PONDS
The albedo (a.i) of clean, melting sea ice is 0.60-0.65, however, measurements made from aircraft
and towers give areally-averaged albedo values (ne) in the 0.30-0.50 range (e. g., Langleben, 1968,
1971). Away from dirt-contaminated ice in the coastal regions, typical summer values of appear to be
in the 0.45-0.50 range. The primary reason for differences between a.i and
in the cleaner areas is the
presence of surface melt ponds. Depending on their depth and age, pond albedos can vary from 0.15 to
0.40, while the area covered by such ponds can vary from 20% to 90% depending on ice type and stage
in the melt cycle. Simple, one-dimensional, thermodynamic model simulations using a.i= 0.64 (Maykut
and Untersteiner, 1971) yielded sea ice thicknesses and temperatures in excellent agreement with
observations, while values of 0.45-0.50 caused perennial ice in the Central Arctic to disappear during the
summer. To explain this, Maykut and Untersteiner argued that melt water remaining at the end of the
summer does not represent a net mass loss by the ice pack, but rather that the ponds are like "surface
brine pockets", providing temporary storage for absorbed shortwave radiation in the form of latent heat
that returns to the atmosphere as the ponds freeze during the fall. More detailed analysis, however,
indicates that standing water on the ice only accounts for part of the extra energy absorbed by melt
ponds.

ne

ne

The difference in net shortwave input to the ice when a.i= 0.45 as opposed to 0.64 is nearly 200
MJ/m (or about 140 MJ/m2 when a.i = 0.50) during July and August. Nearly all this energy differential
must be utilized in some way by the melt ponds. Although the total volume of surface meltwater
remaining at the end of the summer is highly uncertain, it is estimated to be equivalent to a uniform layer
about 0.1 m in thickness (Untersteiner, 1961). This corresponds to a latent heat storage of about 35
MJ/m2 and indicates that standing water can only account for 17-25% of the extra energy absorbed by the
2
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ponds. Since ponds and bare ice have essentially the same surface temperature during the melt season,
· the remainder of the energy must go to internal heat storage in the underlying ice or be transmitted to the
ocean. This means that there will be major structural changes in the underlying ice and accompanying
changes in its optical properties which will affect light absorption, reflection and transmission. Such
changes are clearly evident in Figure 1 which shows progressive changes in the magnitude and spectral
dependence of pond albedos on multiyear ice over the course of the summer. Without brine volume
profiles or information on the relationship between optical and structural properties in the ice, we are able
to say little about the relative amounts of shortwave radiation that are stored in the ice and transmitted to
the ocean beneath the ponds. While we know that energy stored in the ponds and ice must ultimately be
returned to the atmosphere in the form of turbulent and longwave fluxes, long-term effects of ponded
areas on heat exchange and local thickness variations have not been evaluated.

In spite of their importance in the overall heat and mass balance of the arctic ice pack, melt ponds
have received surprisingly little attention. The most serious effort to model their evolution and regional
effects was made by Ebert and Curry (1993) who included a melt pond pararneterization that predicted
temporal changes in average depth and fractional coverage. Although sensitive to assumptions regarding
runoff fraction and other aspects of the pond parameterization, model predictions were reasonable when
compared with the small number of available observations. At this point there are few data on pond
coverage, depth, spatial variability or time-dependent evolution. Likewise, aside from sporadic albedo
surveys and a few transmission measurements beneath ponds, little is known about optical or structural
changes in the underlying ice. Further progress in modeling or parameterizing regional melt pond effects
will require systematic field observations to provide more detailed information and statistics, together
with small-scale models to investigate the structuraVoptical evolution of the underlying ice. Such
problems, of course, are primarily of concern in the Arctic as melt ponds rarely occur on the antarctic ice
pack (Andreas and Ackley, 1982).
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Figure 1. Spectral albedos of melt ponds on multiyear ice: (a) early-summer pond with white bottom,
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(c) late-summer pond, 30 cm deep, Up= .15 (after Grenfell and Maykut, 1977).
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LEADS
With an albedo of only about 0.10, leads admit substantial amounts of shortwave radiation to the
upper ocean during spring and summer. Solar heating in the ocean decreases exponentially with depth,
tending to stabilize the water column. Depending on cloudiness, 35-50% of Fr is deposited in the upper
meter of the ocean and 50-70% in the upper 3 m. Although some of this energy can be lost to the
atmosphere, most will ultimately be expended in melting ice, either on the bottoms or edges of the floes.
Lateral Meltin~ on Floe Edges
Field data suggest that lateral melting is a significant factor in the mass balance of the ice pack.
Lateral ablation measurements made on a 3 m floe in the Beaufort Sea during the Arctic Ice Dynamics
Joint Experiment (AIDJEX) indicated a total loss of about 10 m during the summer. Lateral melt rates of
up to 0.5 m day-1 were observed on a 1 m floe in the Greenland Sea (Maykut and Perovich, 1987), rates
that were nearly 5 times larger than those on the underside of the ice. The potential importance of the
positive feedback between decreasing ice concentration and increasing input of Fr to the water was first
recognized by Zubov (1945) who derived a simple equation for concentration as a function of time by
assuming that all solar energy entering the leads went immediately to lateral melting. This approach was
extended by Langleben (1972) to take into account surface ablation and was found to produce decay
times in good agreement with observations in seasonal ice. The most serious problem with the Zubov
and Langleben treatments is that roughly half of the shortwave input to the leads is absorbed beneath the
bottom of the ice where mixing and horizontal advection distribute it throughout the mixed layer. Only a
fraction of this energy will thus be directly available for lateral melting. In addition, laboratory studies
(Josberger and Martin, 1981) reveal that the rate of heat transport to floe edges is controlled by a
complex boundary layer adjacent to the vertical ice wall, allowing heat to accumulate in the lead rather
than going immediately to lateral melting.
A more realistic ice decay model was developed by Maykut and Perovich (1987) who formulated
an energy balance for the ice/ocean system, initially assuming water in the leads to be well-mixed with no
heat exchange between the lead and underlying water. Contrary to the Zubov-Langleben results,
calculations with this model showed that the disappearance of a seasonal sea ice cover occurs primarily as
a result of thinning rather than lateral melting. Large-scale simulations in the Central Arctic (Maykut,
1982) indicate that shortwave absorption in the top 3 m of the open water would be sufficient to decrease
summer ice concentration by 6-10%, if there were no heat loss to the mixed layer or atmosphere. At this
point, however, almost nothing is known about how solar energy absorbed in the leads is partitioned
between lateral melting, exchange with the underlying water and losses to the atmosphere. Improved
predictions of lateral melting require additional information on this vertical exchange and its relation to
lead size and dynamic activity, together with explicit treatment of the summer floe size distribution (e.g.
Perovich, 1983; Steele, 1992).
Oceanic Heat Flux
To maintain an equilibrium thickness of 3 m, undeformed ice in the Arctic must receive, on
average, a heat flux from the ocean CFw) of 2-3 W/m2 • Aagaard et al. (1981) have shown that little, if
any, of this· heat can come from the Atlantic layer. This leaves Fr as the probable source of the energy.
Substantial amounts of shortwave radiation enter the mixed layer, not only through leads but also through
areas of thin ice and melt ponds. At the height of the melt season, for example, fluxes through bare 1 m
ice and pond-covered 3 m ice are on the order of 5 W m-2. Maykut (1982) has shown that the regional
input of Fr to the upper ocean through leads and thin ice is more than sufficient to provide the needed
energy. There are, however, no direct measurements of Fw to support this hypothesis and surprising little
is known about Fw, even in densely sampled portions of the Arctic Basin.
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Recently we have been utilizing AIDJEX data to investigate the origin and magnitude of Fw in the
Beaufort Sea (Maykut and McPhee, 1995). Ice drift and STD data have been analyzed and combined to
produce daily estimates of Fw at 4 stations separated by about 100 km. The model used to obtain these
estimates (McPhee et al., 1987; McPhee, 1992) was developed from direct measurements of ice ablation
andturbulent heat flux in the marginal ice zone which showed that the rate at which heat can be removed
from the water column is dominated by molecular effects in thin sublayers near the melting ice-water
interface. Results from the AIDJEX calculations show that Fw is strongly time-dependent, reaching
values in excess of 40 W/m2 in late August. Values during October through April are close to zero.
Annual averages varied between 4.4 and 6.2 W /m2 • Ice growth data and conductive heat fluxes obtained
from a non-linear thermodynamic ice model were used to estimate the amount of energy actually reaching
the bottom ofundeformed ice. Temporal variations in Fw determined from the mass balance data were in
good agreement with those from the ocean data, although the magnitude was somewhat smaller during
July and August (Figure 2). To estimate the amount of shortwave energy entering the upper ocean, we
utilized ice strain data and the ice thickness distribution model of Thomdike et al. (1975) to calculate
daily amounts of open water and thin ice. When combined with the radiation data, the results indicated a
net shortwave input to the mixed layer of about 150 MJ/m2 during the summer~ This is very close to the
total energy loss calculated from the ocean data, but about 25% larger than the energy actually received
by the level ice. We suspect that much ofthe difference can be explained by higher melt rates and greater
energy utilization· in areas of deformed ice. The AIDJEX data also show substantial horizontal gradients
in mixed layer heat content, making it difficult to relate Fw to the local input of shortwave radiation.
These results support the idea that Fw in the Arctic Basis is derived almost entirely from Fr, and that Fw is
a complex, time-dependent function of ice deformation, mixed layer structure, melt processes and
advection..
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SUMMARY
Even if it becomes possible in the future to monitor changes in the net input of shortwave
radiation to the ice pack, predicting the response of the system will require a more complete treatment of
interactions between the ice, the ocean and Fr. Different assumptions regarding the disposition of solar
energy absorbed by ponds and leads can produce very different sununer decay predictions, even when the
total shortwave input to the system is the same. Improvements in modeling these processes depend on
the acquisition of new data that will provide a more quantitative understanding of the factors that control
their magnitude and subsequent impact on the ice pack. Observations planned during the upcoming
SHEBA Program are designed to provide such information.
This work was supported by NSF Grant DPP 9113981 and ONR Contract N00014-90-J-1075.
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1. WHY REMOTE SENSING OF ARCTIC SEA ICE
Models of the Earth system processes indicate an increase in global temperature due to the green house effect. The
effects are taking place over time scales of decades and early warning signs are important to identify as well as their regional
and seasonal variations. The models predict that effects due to a global temperature rise will be amplified in the Arctic
(Stouffer et al., 1989) due to the various feedback mechanisms associated with a strong coupling between the Arctic sea ice
cover, the atmosphere and the ocean. For the models we need data on the different processes in order to study the
atmosphere-ice-ocean coupling and the key issue of feedback mechanisms. In situ data are very important but very limited
from the Arctic area. Remote sensing provides a global view and is particularly useful for remote and hostile areas like the
Arctic. What can be provided by remote sensing however is depending on the sensor properties, sensitivity to processes of
interest and accuracy. So far only passive microwave technique has been used to routinely follow the Arctic area, and results
by (Gloersen and Campbell, 1991) demonstrated an ice cover decrease in the Arctic by 2.1% ± 0.9% during 1979- 1986 with
a decrease in open-water areas within the pack of 3.5 ± 2.0%. However, due to limitations of sensor properties we can not use
a single remote sensing sensor to study all the important properties of the Arctic ice cover but have to combine observations
from various sensors and develop new techniques to observe some of the properties. Of particular interest are the new ERS-1
sensors, in particular the SAR.
2. REMOTE SENSING - SOME GENERAL ASPECTS
The various sensors onboard satellites are working in the optical, infrared and microwaves regions and are sensitive
to different physical properties and have different resolution. The insensitivity to cloud cover and sunlight for low frequency
microwave sensors is an important feature for Arctic studies, but the optical sensors have higher resolution and can cover
many frequency bands resulting in high information content. So far the optical high resolution sensors have mainly been used
for control observations. Due to the availability of the NOAA AVHRR this sensor has a special role to play.
For large scale coverage and variations like the Arctic winter to summer ice variation, wide swath low resolution
data have an advantage and this is one reason for the success of passive microwave observations. Factors influencing sea-ice
emission include the physical temperature of the ice, the age-dependent salinity content of the ice, and the depth and state of
its snow cover, while factors influencing open water emission include the physical temperature, wind-roughening and foam.
The contrast between different surface types is affected by atmospheric water vapour and cloud liquid. The sensitivity also
means there are problems due to the effects of snow melt and melt ponds, and weather effects (wind, atmosphere). The
resolution is also too coarse for many applications of interest and some methods are under development to improve this
problem e.g. by using repeated observations assuming minor changes in between the acquisitions (Long et al., 1994).
Large scale microwave radar sensors like the ERS-1 SCAT (50 km footprint) (Gohin and Cavani~. 1994) and the
Russian Okean RAR (1-4 km footprint) also have a large swath and can be quite useful. Also the altimeter (2-6 km footprint)
(Laxon, 1993) can be used to sample wide areas.
A major step in utilising remote sensing data during the last few years is the analysis of SAR images provided by
ERS-1. The resolution is 25 m over a 100 km swath. The SARis sensitive e.g. to small and large scale roughness, to the
snow wetness and ice salinity as well as to scattering from air bubbles in old ice. The sensor offers independence of clouds
and sunlight and high resolution for detailed studies to complement the wide swath sensors. The ERS-1 SAR has operated
successfully since July 1991 and has a stable and accurate calibration. However it is a single channel sensor with a limited
swath and the interpretation can often be quite complex. The modelling of radar cross section for various ice parameters
helps to increase our understanding ofthe signal output (Askne et al., 1994). The next generation SAR represented by
RADARSAT (to be launched 1995) and ENVISAT (to be launched 1998+) will increase the swath to 500 km which is very
important for the Arctic coverage. At the same time the resolution will be reduced to 100 m. ENVISAT will also have a 1 km
resolution mode which should be a good complement to NOAA AVHRR.
Russian KF-1000 already provides optical data with high resolution and many new optical sensors are planned with
a resolution of a few meters. These sensors may play a useful role for detailed studies and support of wide swath sensors.
Each sensor has its possibilities as well as limitations, and combination of observations of different sensors is crucial
for increasing the accuracy of remote sensing observations.
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3. NUMERICAL MODELS AND REMOTE SENSING
A sea ice model includes a great number of
different physical phenomena. Information on the long
time variability of the Arctic is provided mainly by a
Heat flux
Wind stress
two-level dynamic formulation going back to (Hibler,
1979) and a thermodynamic formulation like
(Parkinson and Washington, 1979). Much effort is
ongoing to extend the models, see e.g. (Barry et al.,
1993, Chapman et al., 1994). Recently models have
been
presented with grid sizes down to tenths of km,
Ocean stress
Salt flux
.,.
.
.
.
.·
see e.g. (Preller and Posey, 1994), which stress various
·.: · -~· ,· Uatodim
dynamics,
..-·· · aspects on the ocean - sea ice - atmosphere
interactions, e.g. a dynamic - thermodynamic sea ice
Figure 1 Illustrating basic processes in the Arctic ocean/sea
model or a coupled ice - ocean model. This trend
ice/atmosphere interaction.
towards smaller scales also necessitates more
information by means of remote sensing.
Outputs from models may include ice mass, ice area, mean drift speed, and ice extent (winter to summer) as function
of various parameters such as the minimum lead fraction, turbulent exchange of latent and sensible heat, cloud depletion of
long wave flux, albedo etc. Model trends and input parameter values should then be compared with remote sensing results.
Sensitivity analysis like that by (Chapman et al., 1994) are important for strategies of observations. The ice mass
was found to be most sensitive to the minimum lead fraction, while the ice area is most sensitive to the turbulent exchange of
sensible heat, cloud depletion of longwave flux, the turbulent exchange of latent heat, and the snow albedo. The model
demonstrates a negative trend in the wintertime maxima of ice covered area, which decreases by approximately 5% from the
mid-1970s to the mid-1980s, consistent with observations by (Gloersen and Campbell, 1991). However it is warned that the
model can easily be adjusted to produce trends of either sign in the simulated ice mass or ice area and the model was indeed
tuned to give a temporally stable time series by varying the cloud depletion of solar flux. It is also stressed that the correlation
between simulated and observed variations of ice coverage in various parts of the Arctic is such that much of the observed
variance is unexplained by the model. The sensitivity analysis illustrates the importance of a large number of parameters,
only some of them may be possible to obtain by means of present day remote sensing techniques. Such properties include the
ice area, and drift speed and it should be possible to relate these properties to e.g. the minimum lead fraction. However the
modelling does not include a very detailed analysis of all possible phenomena and their variation by season, and there may be
other properties as well of interest to be determined by means of remote sensing.

layer

,Ocean

4. MEETING THE NEEDS
This presentation can not cover more than a few examples and they will focus on the possibilities offered by SAR as
well as SS M/I and A VHRR, in particular in combination.
4.1 Heat flux and wind stress
Heat flux through leads plays an extremely large role in the Arctic heat budget and it is important to determine lead
statistics and lead widths on the scales of tens to hundreds of meters. Passive microwave technique as well as optical/infrared
technique have a good radiometric sensitivity to the ice water contrast but suffer of limited resolution while the SAR has a
contrast depending upon the wind conditions. The various problems may be overcome by various techniques e.g. (Markus and
Burns, 1993) for SSM/1, (Key et al., 1994) for NOAA. The RADARSAT HH polarisation is expected to be more suitable than
the ERS-1 VV polarisation and VVIHH ratio from ENVISAT will offer interesting possibilities.
Ice surface temperature is important for estimation of radiative and turbulent heat fluxes and is studied by NOAA
AVHRR. Accuracy problems are associated with atmospheric properties, spectral characteristics of snow, ice and water
surfaces. The ice the surface within a pixel is also likely to be highly heterogeneous. Present uncertainties are estimated to be
1-4 K. This translates into upwelling longwave flux of the same magnitude as expected changes we need to detect (Steffen et
al., 1993).
Albedo values are important for the estimation of shortwave radiation balance. NOAA AVHRR have been used to
characterise albedo. The estimated accuracy of 10% is too large for climate sensitivity studies (Steffen et al., 1993).
The atmosphere/ocean coupling is related to heat flux and wind stress. The formation of leads is related to ice
dynamics. New ice formation in the leads is related to the wind. The wind scatterometer onboard ERS-1 with a resolution of
50 km is the sensor for wind on large scales, but for wind estimation on a small scale there are no sensors available. The SAR
may offer some possibilities, but there are many effects contributing to the SAR signature in small leads still to be
investigated. Combination of SAR and AVHRR may give.indications on heat flux related processes (Wade and Guritz, 1994)
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4.2 Ice dynamics
Ice dynamics is of importance for the momentum
balance for sea ice and the ice mass balance equation, for lead
formation and ice deformation, for new ice production and the
resulting brine flux to the ocean. Daily ice motions vary
between a few km and 10 or 20 km or even more, and
stretching of roughly 1 to 10 km per 100 km of spatial
separation. Remote sensing data should be quite useful besides
the traditional buoy data information.
Several sensors have been used for ice motion analysis
like the ERS-1 SAR and SCAT and NOAA data. The most
useful is the SAR with its high resolution and orbit accuracy.
The accuracy is estimated to be better than 1 km. Large number
of SAR images have so far been studied for various
applications, see e.g. (Stem et al., 1993). Figure 2 illustrates ice
deformation over the Yermak plateau partially attributed to
wind, partially to tidal motions and currents (Sun and Askne,
1994). The wider coverage of RADARSAT will be important
for ice motion analysis.
NOAA AVHRR is quite useful in many cases but
geolocation errors of 1-3 km due to geographic location are
combined with feature identification errors of 1~2.5 km (Steffen
et al., 1993)
Recently the ERS-1 scatterometer has been used to
Figure 2. Illustrating ice motion deformation from 28 Sept.
and 1 Oct. 1991 derived by automatic routines from SAR study sea ice motion by applying resolution enhancement by
images (Sun and Askne, 1994) The area covers 80x80 km 2 repeated coverage, (Long et al., 1994).
at the Yermak plateau
4.3 Ice properties - ice types. ice concentration. ice growth and
Ice concentration is a basic parameter obtained by SSM/1 With the present state of the art, total ice concentration
can be estimated with an accuracy of 5% to 10% during the dry period (fall winter, and spring) and 10% to 20% during the
wet period (summer) (Barry et al., 1993)
SAR as compared to Landsat TM showed in a study by (Steffen and Heinrichs, 1994) an error of 5 to 8% for high ice
concentration regions during winter time, mainly due to misclassified ice-free and smooth first-year ice areas. This error is
expected to increase for areas of lower ice concentration. Ice type classification from Landsat TM imagery is possible because
of the ice reflectivity is related to ice thickness. In the study by (Steffen and Heinrichs, 1994) ice type categories were
determined subjectively based on image spectra radiance values, as well as surface features, such as snow drift, rafting,
spatial characteristics (i.e., leads), and locations. The ERS-1 SAR and Landsat TM channels 2, 4, and 6 comparison with
SAR resulted in 90% agreement between seven classes consisting of ice free, nilas, grey ice, grey-white ice thin first-year ice,
medium and thick first-year ice, and old ice.
The melt period is of particular interest in studies of climate change due to the increasing albedo feedback
mechanisms associated with melt ponds and leads. During this period the passive microwave technique has problems to
determine the ice concentration, but the SAR sensor seems to have good potential, (Askne et al., 1993) with accuracies
estimated to a few percent (depending on ice/water contrast associated with wind). Figure 3 illustrates the 0° values for old
ice and open water leads where the 0° variations depend on several parameters characterising the lead properties on one
hand and the ice surface with its melt ponds and ice ridges on the other. In this case the leads were free from frazil ice and
small ice floes and the mean 0° values for open water is well related to the wind speed values derived for scatterometry
under fully developed sea conditions. By comparing two images taken over the same area from different orbits we obtain a
change in the wind direction relative to the look direction of the sensor and in the a 0 values caused by the wind roughened
open water leads and melt ponds. From such observations melt pond estimates seems possible (Askne, 1994). The wind
sensitivity of the SARin leads and melt ponds is essential and still to be established.
For ice concentration and ice characterisation the SAR seems vital during the late melt period when passive
microwave technique has problems with the wet surface and optical techniques with the high amounts of clouds. The SAR is
also extremely sensitive to the melt onset (Winebrenner et al., 1993} and to the end of melt period (Carlstrom and Ulander,
1993, Askne et al., 1992). Figure 5 illustrates the change when going from a region with temperatures above oo C and
covered by approximately 20% of melt ponds to an area with values below 0° C where the melt pond surface has frozen and
the scattering is increasing due to higher penetration into the uppermost weathered ice layer with scattering from air bubbles.
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identification of ice properties is during the freeze up period.
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Knowledge of wintertime distribution of open water and thin ice is
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important for the heat flux calculations. Current multi-channel
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radiometers are limited to the discrimination between open water and
~ -12
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have also been made to classify new, young, and FY ice when only
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such are present (Cavalieri, 1994). The new ice formation is
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Shuchmann, 1992). When frazil ice and· grease ice is formed in the
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leads during winter time the back.scattering from the leads is no longer
Figure 5. The backscatter coefficient of old ice characterised by the wind, but the values are expected to be less, cf.
over an area where temperatures change from (Steffen and Heinrichs, 1994). For ice thickness no satellite sensor is
available.
above to below 0 °C, from (Askne et al. 1994)
4.4 Salt flux
SMMR has been used by (Cavalieri and Martin, 1994), for a study in which the contribution of coastal polynyas to
the cold halocline layer was studied. This study is a an example on the combination of satellite data, oceanographic and
weather data The satellite data were used to determine the polynya area where the ice growth occurs as frazil ice under winddriven conditions. Open water areas, total heat loss and volume of ice productions, salt and dense water production are
calculated. The results were found to be most sensitive to ocean surface salinity, open water area, and air temperature. The
results are in good agreement with numerical models by (Bjork, 1990). The satellite sensor has some resolution problems as
the 18 GHz fteld of view is 55 km and the influence from land can be one or two image pixels. The technique to detect
polynyas will develop in various ways, see e.g. a recent SS M/I study (Markus and Bums, 1993).
It seems relevant to use SAR coverage over these limited important areas and follow the development of the
polynyas. Discrimination between newly formed ice and first-year ice (Cavalieri and Martin, 1994) causes some uncertainties
which may amount to a 14% reduction of the sum total dense water production.
5. CONCLUSIONS
Remote sensing technique should have an increasing role to play and probably mainly related to regional and
seasonal aspects. To increase the accuracy and usefulness it is important to combine observations with geophysical models of
interactions in the ocean-ice-atmosphere interfaces and oceanographic and meteorological data. So far we have few examples
on routinely observations of the Arctic by remote sensing and for most sensors we still have problems of reaching the
accuracy's necessary to detect the small changes associated with global change. It seems evident that combination of sensors
and then primarily SAR - SS M/I - NOAA is necessary to reach the wanted results. The use of ERS-1 SAR data goes back

64

only a few years in time and we see important complementary properties to the more established sensors like SSM/1 and
AVHRR. Remote sensing of the Arctic area has played an increasing role in spite of being a young science.
Passive microwaves has matured over a relatively long period of time, the SAR is a relatively new sensor and much
is still to do. Our present understanding of the influence of different phenomena on the sensor signature has to be improved
and we need combination with models in an intelligent manner. Further validation work aiming at clear statements of
accuracy's in the parameter retrieval is very important as part of a comprehensive long term climate program including
calibrated, quantitative data. As the final product should not be data but understanding interdisciplinary collaboration is
crucial.
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Forces due to gradients of internal ice stress significantly affect sea ice drift and ice buildup. In
extreme circumstances plastic ice interaction can also cause a total stoppage of ice flowing
through narrow passages, which can have significant climatic consequences. Because of these
considerations properly modeling of sea ice rheology is particularly relevant for atmosphereice-ocean models used in climate studies.
To examine these issues in more detail an exhaustive comparison of large scale (Arctic Basin)
sea ice model predictions with observed buoy drift has been carried out using data over the
period 1979-1985. A variety of rheologies were used in these comparisons ranging from plastic
rheologies with varying degrees of shear strength and different flow rules to free drift
comparisons. The results demonstrate conclusively that free drift unsatisfactorily predicts the
distribution of sea ice drift speeds and that some type of plastic rheology with significant shear
strength is needed for a realistic prediction. It was also found that the numerical closure of
typical plastic rheologies to a fixed pressure term plus a viscous term when a rigid state is
approximated, leads to an excessive amount of ice stoppage. In addition to these comparisons
an analysis of the phenomenon of ice arching was made on a smaller meso-scale with the same
rheologies employed in the seasonal investigations.
In this paper, the results of these investigations particularly relevant to climate modeling are
discussed. In addition, newly developed efficient numerical methods for use in modeling plastic
rheologies are described, and stability issues relevant to very high resolution models are
examined.
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1. Introduction
The polar oceans with their sea ice cover have received attention ,recently for two main
reasons. Firstly, the global "conveyor belt" circulation of the ocean is believed to be forced in
the North and South Atlantic through deep water formation. The sea ice export to lower
latitudes plays a major role for the intensity of this forcing mechanism. Secondly, C02 response
experiments with coupled atmosphere-ocean circulation models show an enhanced warming in
polar regions for increased atmospheric greenhouse gases. Whether this is due to real physical
feedback processes or to unrealistic simplifications of the sea ice model component remains to
be determined. Coupled climate models generally use thermodynamic sea ice models or sea ice
models with simplified advection schemes. The importance of the role of sea ice in the climate
system calls for an improved representation of sea ice in global climate models. In this paper
the status of present sea ice modelling is discussed as well as the availability of observations to
force, optimize and verify different models.

2. Background
On the geophysical scale sea ice is a thin, broken layer on the polar oceans which is modified in
thickness and concentration by dynamic and thermodynamic processes. Sea ice represents the
boundary between the two much larger geophysical fluids, the atmosphere and the ocean, and,
therefore, influences their interaction considerably. The details and consequences of the role of
sea ice in mediating between atmosphere and ocean are partly still unknown.
Sea ice plays an important role in the climate system since it modifies the surface radiation
balance due to its high albedo, and it influences the exchange of momentum, heat and matter
between atmosphere and ocean because of its insulating behaviour. During cooling periods the
freezing of sea ice initiates brine expulsion and subsequent convection with deepening of the
surface mixed layer and the formation of deep and bottom water. During the melting period
relatively fresh water stratifies the oceanic surface layers, i.e. the mixed layer retreats to
shallower depths. In contrast to low latitudes the mixed layer evolution in polar regions is
dominated by surface fluxes of salt or freshwater (positive or negative freezing rates).
The influence of sea ice on the ocean acts via momentum and buoyancy fluxes. The buoyancy
flux forcing of the ocean seems to be the dominating part of this interaction. Because of the sea
ice motion the melting generally occurs in places far away from the formation area. Averaged
over one seasonal cycle the net freezing rate in a certain area is therefore rarely zero, but
rather positive or negative depending on the divergence or convergence of the sea ice flow.
The net freezing rates represent strong non-stationary surface buoyancy fluxes which heavily
affect the density structure and therefore the baroclinic flow in the ocean. The characteristics
of the sea ice motion (especially convergence or divergence and therefore the net freezing
rate) depend on the rheological aspects of the sea ice as a plastic material, on the geometry of
coastlines and on the atmospheric forcing fields, in particular the wind.
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The influence of the ocean on the sea ice acts mainly through the oceanic heat flux into the
base of the mixed layer, which then enters the ice cover. It was shown that this heat flux has
large spatial gradients, with large values in early and mid-winter at the sea ice margin and in
divergent drift areas, mainly near coastlines, where new ice is formed and strong convection
occurs (Lemke et al., 1990). Relatively small values were obtained under the central part of the
ice pack. Experiments conducted with coupled sea ice - ocean models illustrate the importance
of ocean currents and oceanic heat flux on the simulated sea ice cover, especially in the
Greenland and Barents Seas (Hibler and Bryan, 1987).

3. Status
A variety of large-scale sea ice models have been applied to the Arctic and Antarctic sea ice
cover, ranging from very simple thermodynamic to highly sophisticated dynamic-thermodynamic models (Hibler, 1979; Parkinson and Washington, 1979; Hibler and Bryan, 1987;
Semtner, 1987; Aukrust et al, 1992; Hibler and Ackley, 1983; Lemke et al., 1990; Stossel et
al., 1990). These experiments suggest that the effects of sea ice dynamics cannot be omitted
for realistic simulations of the sea ice cover, i.e. thickness, concentration and motion. In order
to improve the results of the sea ice component of the model and to reduce computing time,
modifications and fine-tuning of process parameterizations within the surface energy balance,
the heat conduction and the dynamic codes seem to be necessary.
In dynamic sea ice models it is generally assumed that the sea ice can be treated as a twodimensional continuum, which is characterized by five variables, i.e. the fields of snow and ice
thickness, compactness and horizontal velocity. The prognostic equations are derived from
conservation equations for snow and ice mass and compactness, and from a momentum
balance, including internal ice stress. Dynamic-thermodynamic sea ice models consist of four
major components:
1. a surface energy balance which uses the atmospheric forcing (wind, temperature, humidity,

incoming solar radiation) and the heat conduction through the ice to compute the surface
temperature. This energy balance contains furthermore parameterizations of incoming and
outgoing long-wave radiation and sensible and latent heat fluxes.
2. a model which describes the heat conduction through the ice for given surface temperature
and oceanic heat flux into the ice. The difference between the conductive and the oceanic
heat fluxes determines the freezing (or bottom melting) rate. The surface melting is
calculated if the surface temperature is above ooc. Then the surface temperature is set to
zero and the net energy for this temperature is used to melt snow and ice.
3. a momentum balance including acceleration, Coriolis force, atmospheric and oceanic stress,
sea surface tilt and internal ice stress, from which the ice velocity is calculated. The internal
ice stress is determined from a particular rheology which relates the internal stress to the
deformation. A widely used approach is based on the viscous-plastic rheology first
introduced for sea ice by Hibler (1979).
4. and balance equations for snow and ice mass and ice concentration. These balance
equations use the sea ice velocity and the freezing/melting rate determined from the heat
conduction model together with the surface energy balance for ice and open water to
calculate the new ice thickness and concentration in each grid cell.
Although there are some differences in the thermodynamic part (1. and 2.) of the models,
especially in the modification of the sea ice compactness due to atmospheric and oceanic heat
fluxes, the basic difference between existing dynamic sea ice models lies in the treatment of the
internal ice stress.
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In polar regions the determination of the surface buoyancy flux forcing of the oceanic surface
· layer differs a little from the more straightforward calculation in the open ocean. In contrast to
lower latitudes, the pycnocline under polar sea ice is generally warmer than the mixed layer.
Therefore in ice covered oceans the interaction between the heat and salt budgets is essential.
When entrainment takes place due to enhanced winds or freezing (brine convection), warm
water is mixed into the upper layer. This heat is then used to melt sea ice, thereby modifying
the surface heat and salt fluxes; i.e. the surface buoyancy flux is partly determined through the
vertical oceanic heat flux into the surface layer.
In most investigations the forcing of sea ice - ocean models has been taken from atmospheric
climatologies. Recently, the daily output of numerical weather prediction (NWP) models has
been successfully used to drive sea ice models. These data represent the most coherent forcing
data set available, although there are still some problems in polar regions due to the low
density of observing stations.

Experiments with dynamic-thermodynamic sea ice models have shown that the results are
sensitive to changes in both its thermodynamics and dynamics. In particular the inclusion of a
snow layer and changes of the lead closing rate parameter reduce the ice thickness
significantly, while only slightly modifying the extent (Owens and Lemke, 1990). Changes of
the dynamic model parameters had little effect on ice extent. The volume, on the other hand,
was modified significantly. Changes of the ratio of bulk to shear viscosity have a smaller effect
on the model results as compared to modifications of the strength parameters. It appears that
the neglection of the shear viscosity- as in the "cavitating fluid model" -has little influence on
the performance of the model (F1ato and Hibler, 1992).
These experiments demonstrate that a proper modelling of the sea ice rheology is important,
not only to realistically describe the sea ice extent, thickness and compactness, but also in
order to provide the correct forcing fields for the ocean (salt and heat fluxes, net freezing rate),
which strongly depend on the nature of the applied dynamic sea ice model. The pronounced
freezing and melting pattern represents the dominant part of the oceanic surface buoyancy flux.
The pattern of ice motion and net freezing rate are rather sensitive to the rheological aspects
applied in the constitutive law characterizing the sea ice as a solid state material (Owens and
Lemke, 1990; Ip et al., 1991; F1ato and Hibler, 1992). It was shown that models with simple
sea ice dynamics used so far in coupled atmosphere-ocean GCMs do not produce a realistic
freezing and melting pattern, and consequently obtain a modified circulation in polar regions.
Furthermore, the experiments show that the dynamic-thermodynamic sea ice model is less
sensitive to short-time perturbations than the thermodynamics-only model. And from the
paleoclimate experiments it is evident that this is also true for modifications of the atmospheric
and deep ocean boundary conditions (Lemke et al., 1990). The reduced sensitivity can be
explained by the specific interaction between the dynamics and the thermodynamics of the sea
ice model. In regions where the thermodynamics reduces the ice thickness, the ice gets weaker
and the dynamics (under favourable conditions, i.e. convergence) can readily increase the ice
thickness (by importing ice into the region). In regions where the dynamics reduces the ice
cover (divergence), the thermodynamics (under favourable conditions, i.e. cooling) can easily
increase the sea ice thickness. These interactions produce a negative, i.e. stabilizing feedback,
which in previous C02 experiments was not included. The reduced sensitivity of a more
realistic sea ice model will obviously modify the large polar response that has been observed in
the numerical experiments with coupled circulation models.
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The most important sea ice variable for discriminating between different dynamical
parameterizations is ice thickness. Unfortunately only very limited thickness data are available.
Enhancing this data set is a first priority for model optimization. Nevertheless, the sea ice
thickness data set will remain small in the near future. Therefore, studies are presently
performed to investigate other sea ice observables such as the amount of ridged ice (surface
roughness) or the age of the ice (Harder and Lemke, 1994).

4. Forcing and verification data sets
In order to allow model comparison and optimization extensive sets of sea ice observations for
verification and of atmospheric forcing have to be established. A standard data set for forcing
and verification should be developed covering at least 5 to 10 years.
There are relatively long data sets on arctic sea ice velocity (Arctic Ocean Buoy Program) and
concentration (including ice extent, from passive microwave remote sensing) which can be
used for model verification. An optimization and validation of the various concentration
algorithms still seems to be necessary before the model tuning starts.
The most important sea ice variable is the sea ice thickness. Unfortunately only very limited
thickness data is available. Therefore, the thickness data set has to be improved considerably to
allow proper model optimization. This can be achieved through release of more submarine data
and the deployment of upward looking sonars on oceanographic moorings at certain critical
locations.
In addition to verification data, quite accurate atmospheric forcing fields are necessary to
obtain realistic model simulations. Although dynamic-thermodynamic sea ice models are less
sensitive to variations of atmospheric and oceanic boundary conditions than pure
thermodynamic models, the accuracy requirements are nevertheless quite high (Fischer and
Lemke, 1994). Table 1 shows the accuracy of atmospheric forcing data required for a less than
10% deviation from the standard run of the sea ice model. These numbers indicate a relatively
high sensitivity of dynamic-thermodynamic sea ice models to changes in atmospheric boundary
conditions. Experiments have shown that the sensitivity of purely thermodynamic sea ice
models is even higher (by a factor of nearly 2).
Air temperature
Cloud cover
Humidity
Incoming solar radiation
Incoming long wave radiation
Wind speed

0.6°C

0.2
16%
27W/m2
18 W/m 2
24%

Table 1: Accuracy of atmospheric forcing data required
for a less than 10% deviation from the standard run of
the sea ice model (from Fischer and Lemke, 1994).
The atmospheric forcing of sea ice and ocean in polar regions consists of the surface wind
stress, which represents the dynamic forcing, and the fluxes of solar and long-wave radiation,
sensible and latent ·heat, and precipitation and humidity, each of which contribute to the
thermodynamic or buoyancy forcing.
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The determination of the atmospheric forcing is required for
• driving sea ice and ocean models;
• verification of atmospheric boundary values in coupled circulation models, in which the
fluxes are determined internally;
• regional and global observational studies, for example the determination of the polar energy
balance.
In the past, surface conditions for integrations of sea ice models have been obtained by direct
specification of the fluxes based on available climatological data sets or in-situ measurements
and by specification of the appropriate atmospheric parameters from which the fluxes may be
derived using suitable flux parameterization schemes. Integrations of dynamic-thermodynamic
sea ice models require the second approach to be taken.
The dynamical forcing of sea ice models has, for some time now been sucessfully specified
from the output of operational numerical weather prediction (NWP) models. The fields of
surface temperature and humidity from these models have also been usefully utilised. At
present the quality of the dynamical forcing taken from NWP models (surface wind field) is
considerably higher than that of the thermal forcing (surface temperature and humidity). The
greatest uncertainty lies in the ability of the NWP models to determine the incoming surface
short and long-wave radiation fluxes.
The wind stress provides the primary driving mechanism for the sea ice motion field and, over
the surrounding open ocean, for the ocean currents. It also provides an important dynamical
input for the mixing of the upper layers of the ocean. The principal approach to obtain the
smface momentum flux is to derive it from NWP models which directly benefit from the
network of surface pressure data, including those provided by the International Arctic and
Antarctic Buoy Programmes. For future applications it is necessary that a minimum number of
buoys is deployed each year with real-time provision of the data to the GTS.
The use of NWP model results to determine the sensible and latent heat fluxes has been limited
in the past, but it has still proved to be useful after recalibration of the analyses (temperature ,
humidity) by using buoy/drifting station data. The necessity to apply such adjustments arises
because the models themselves do not generally assimilate surface temperature and humidity
data, so that these fields are entirely the product of the internal physics of the atmospheric
models. The calculated surface temperature is also dependent on the sea ice model used in the
analyses, which is usually a slab of constant thickness with no allowance for leads;· and on the
parameterization of clouds and radiation fluxes, which are not adequately represented in high
latitudes. Nevertheless, the output of operational NWP models provides the only practical
means of obtaining data on surface air temperature and humidity on a daily basis.
Improvements of models and assimilation schemes will help to rectify the defiCiencies in the
future.
The fields of downward short-wave (solar) and long-wave (atmospheric) radiation are
dominantly modified by the presence of clouds and haze. In polar regions the distribution of
clouds and haze layers can only be observed, and described with their optical thickness, by
remote sensing instruments on satellites. In order to improve the information on radiation
fluxes, there is a need to develop new cloud retrieval methods where satellite data are
assimilated into numerical model runs. Precipitation data is required for two reasons: Firstly, to
provide input to the surface fresh water flux, and, secondly, to determine the snow depth over
the sea ice, which strongly modifies the freezing rate due to its high albedo and insulating
effects.
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5. Strategy
Future work should include the following list of activities:
1. Produce a (preliminary) standard forcing and verification data set (first priority: Arctic).
Mter completion of the re-analysis activities at ECMWF and NMC an improved forcing
data set will be available.
2. Derive the optimal sea ice rheology from inverse modelling of the arctic sea ice with a sea
ice- mixed layer model.
3. Determine the response of large scale sea ice - ocean models (i.e. ice and fresh water export
through Fram Strait) as a function of forcing, model dynamics and numerics. Co-ordinated
experiments: after development of optimal sea ice model (see 2.)
4. Improve physics of small-scale and meso-scale coupled models; comparison to observations
(field experiments).
5. Improve process parameterization in large-scale models by using results of small scale
activities (see 4.).
Within the modelling program for sea ice as a single component, high priority should be placed
on sensitivity experiments running different sea ice model parameterizations on the same spatial
grids with the same forcing, initial values and verification data. These studies should
investigate:
• How many ice thickness categories have to be resolved by the model?
• Which shape of the yield curve is realistic?
• What is the optimal strength parameterization?
• Which is the optimal albedo parameterization, including the dependence on melt ponds, ice
thickness, snow cover, and snow temperature?
• How is the absorbed insolation disposed, including melting of the top, bottom or side
surface of the ice, heating of the ice, enlargement of brine pockets, storage in leads and
storage in the mixed layer beneath the ice?
The optimal model will be determined by inverse modelling techniques using all arctic data
available on sea ice concentration, thickness and drift.
Two sets of problems concerning the role of the Arctic in the climate system can be addressed
with coupled atmosphere - ocean circulation models which require an optimized sea ice
component: the influence of the Arctic on the evolution of natural climate variations and the
impact on the response of the climate system to modifications of the greenhouse gases. These
model investigations will be performed under CLIVAR (Climate Variability and Predictability)
of the WCRP. Investigations concerning the role of the Arctic on the natural climate variability
will address the Arctic fresh water budget and the influence of the fresh water export into the
North Atlantic on the global conveyor belt circulation.
The first priority will be placed on model optimization in order to describe realistically the
observed annual and interannual variability. Response studies will follow which address the
influence of the river run-off on the oceanic circulation, the dependence of the fresh water
export into the North Atlantic on processes in the Arctic Ocean, and the question to what
degree the high sensitivity of polar regions to C02 increase is due to inadequate model
components (inadequate descriptions of circulation or sea ice, for example) and to real positive
feedbacks.
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CLIMATIC VARIABILITY OF THE ARCTIC OCEAN CIRCULATION CONNECTED WITH
INTERANNUAL VARIATIONS OF ATMOSPHERIC PROCESSES

LA. Timokhov
Arctic and Antarctic Research Institute St.Petersburg,Russia

Dramatic events took place in Arctic in this autumn. Pack ice in the Siberian marginal
seas blocked the Northern Sea Route. Ice conditions were so heavy, that navigation
could be fulfilled only by icebreaker piloting. But even in this case one could not avoid
accidents at the sea. A few of vessels in the Aion ice massiff got damages of different
heaviness.
Let us remember the atmospheric processes in autumn of this year. Quick displacement
of cyclones happened in the western part of Arctic, which was accompanied by gales.
Cyclones trajectories mainly crossed water areas of the Norway, Barents and Kara
seas, as it was usual to the western type of circulati~n. Weather conditions of this year
differs from the situation of the year 1993, when blocking effect of high atmospheric
pressure crest was observed. Let us call attention to the fact, that the ice conditions
in the years 1993 and 1994 are quite different.
Regeneration of the western type of the atmospheric circulation should be expected in
modem epoch according to forecast of Vinogradov and his colleagues [ 1 ] . But this
suggestion is corresponds only to longterm tendencies of climate changes. Significant
interannual variations of hydrometeorological processes in Arctic are determined by
prevailing influcuce of other factors. Innerannual cyclic recurrence of atmospheric
processes and its influence on the Arctic ocean circulation will receive the bulk of
attention in present lecture.
The ice conditions in autumn are connected with hydrological type of thermohaline
characteristics distribution and they will reveal . themselves in surface fields of
temperature, salinity and density during the following winter season. For example ice
conditions of the during the first ten-day period of September of the years 1977 and
1980 correspond to the different salinity distributions at the 5 m depth in April and May
of the years 1978 and 1981, respectively. Abnormal spreading of freshened surface
water to the north off the Novosibirskiye islands in the year 1978 was preceded by
abnormal northern location of ice edge in autumn of the year 1977 in the Laptev sea.
Seasonal course of oceanographic processes, coming of ice periods and intensity of ice
phenomena depend mainly on seasonal course of solar radiation, innerannual
oscillations of meteorological processes, seasonal cycle of river and continental runoff.
We shall review peculiarities of ocean reaction on the atmospheric seasonal cycle.
Distributions of solar radiation balance and of turbulent heat exchange (and these are
the main factors determining ocean thermodynamics) are mainly latitudinal by their
character [ 2 ]. The Norway, Barents and Greenland seas and the Davis strait introduce
significant asymmetry in the spatial distribution, which can be traced practically in all the
seasons . Let us review, how this fact manifests itself in magnitudes of seasonal
oscillations of thermodynamic characteristics. Surface temperature differences of sea
water between summer and winter periods are presented in Fig.1. The maximum
annual magnitudes of the surface temperatures are abserved in the Pechora sea in the
Barents strait and in the Kara and Laptev seas in zones of Ob, Yenysey and Lena river
outflow.
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The magnitude of the heat capacity seasonal course of active layer has quite another
distribution. Variation of the heat capacity in the Norway sea from summer to winter
is of the order of200 kj /m2 . These variations in the Kara, Laptev and East Siberian seas
are 5 times smaller due to shallow character of these seas. This fact marks out the
leading role of the NorthEuropean basin in Arctic ocean thermodynamic and
predominant influence of this region on the atmospheric processes.
Now we want to call attention to contribution of the temperature and salinity
seasonal oscillations in variations of the surface layer density fields:

Ap = -a.AT +PAS
One can easily estimate this contribution for different regions of the Arctic ocean using
data of the Atlas [ 2 ]. The maximum seasonal oscillations of the water density are
observed in the Kara and Laptev seas near river mouths of Ob, Y enysey and Lena
(Fig.2.). Salinity influence oh the density variations is the predominant one.
The salinity oscillations in summer manifest themselve in the winter distributions.
Mean square deviations of the salinity at the 5 m depth for April obtained using results
of "Sever" expeditions in the years 1973-1979 are presented in Fig.3. Regions of the
maximum variations stretch themselve to the north off the Novosibirskiye islands, in
the north-eastern part of the Kara sea and of the Beanfort sea.
Now I want to adduce conclusions of Tryshnikov and et al. [ 3 ] on influence of the
atmospheric processes on the surface ocean circulation variations. We used the
following initial data:
• maps of dunamic topography from the 200 dbar surface, which had been made by
Gudkovitch and Baranov using data of the "Sever" expeditions and of "North
Pole" stations for for the years 1949-1973;
• atmospheric pressure fields in Arctic for spring, summer, autumn, winter.
Grids were chosen,in which decomposition of anomalies of the dynamic heights and of
the atmospheric pressure were fulfilled according to their natural orthogonal
components.
Itwas revealed, that the first four main components could be used for description of
anomaly fields of the dynamic topography and the atmospheric pressure, which
reflected ·the maximum large-scale variations of these fields.
For example, the first natural function U shows synchronous variation (increase or
decrease) of the dynamic heights in the whole Amerasian subbasin with two centers: at
the longitude 150 E and to the north off the Beaufort sea. Map of the second
eigenfunction U shows the dynamic neight variation (different by its sign) in region to
the north of the Laptev sea and in region to the north of the Beaufort sea. Field of
the third eigenfunction U is also characterzed by two regions which reflect in different
way the interannual variability of the dynamic topography: dynamic height increase to
the north off the Novosibirskiye islands goes on simultaneously with their decrease in
the polar region. Finally the fourth natural orthogonal component U reflects opposite
variations of the dynamic heights in regions near the eastern coast of Severnaya Zemlya
and to the north off the Wrangel island along the 180 E longitude.
It is evident that the described fields of the four eigenvectors of correlation matrix of
dynamic height anomalies, which reflect the most typical situations in the spatial
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variations of the dynamic topography, are subjected to significant temporal changes,
which can be seen in course ofthe four principal components Ti (i = 1,2,3,4). It turns
out, that character of the temporal variability of each of these components has its
temporal peculiarities. One can see in the course of the first and the third components
cycles, which are close to 7-8 years. The variability ofthe second component has cyclic
recurrence about 2-3 years and a longterm trend. It is pertinent to note, that this trend
is clearly traced in the dynamic heights differences D which characterize meridional
component of outflow drift at the northern boundaries of the marginal seas. Correlation
analysis revealed, that for the surface circulation in the Arctic basin the summer
atmospheric processes in advance of one or two years and partly of preceding autumn
or winter are the predominant ones.
Basic diagram of atmospheric circulation influence on formation of peculiarities of
vertical and horizontal structure of water masses in winter in the regions under
consideration was constructed by Nikiforov and Speicher on the basis of observations
data analysis [ 4 ] .
Movement of the surface water determines layer thickness changes and salinity
variations of the surface arctic water. It is common ·knowledge, that salinity variations
change freezing temperature of the sea water. Isostatic equilibrium is disturbed due to
the layer thickness changes of the arctic surface water. Upwelling or downwelling of
the deep atlantic water masses takes place and determines the temperature and salinity
variations. The surface water salinity variations causes increase or decrease depth of
convection spreading in winter period.
In the years, when the atmospheric processes of anticyclonic type privail, the surface
layer thickness correspondingly decreases, the salinity of the surface arctic water in
winter increases and their temperature decreases. Upwelling of deep atlantic water
boundary is accompanied naturally by increasing of temperature and salinity mean
values for the whole layer and this fact is supported by observations data.
All this undeniably should assist heat flux growth, which comes from the deep waters
to the surface ones.
In the years, when the atmospheric processes of the cyclonic type prevail, the surface
water layer thickness increases and their salinity decreases and amount of the heat
flux from the deep layer to the surface one decreases in spite of some increase of
the surface water temperature.
The heat flux from the deep layer to the surface . one decreases, therefore, in winter
for the cyclonic type of hydrological conditions and increases for the anticyclonic one.
Conclusions:

1. The Arctic ocean circulation variability with the period of 2-3 years is formed mainly
by the proceses in the marginal seas. These processes are mainly determined by the
innerannual cyclic recurrence of the atmocperic processes.
2.Progress in modelling of the Arctic ocean climatic vari-ability is connected with the
problem of adequate description of the seasonal variability of the oceanographic
processes in the marginal seas.
3. Special interest in the problem of Arctic ocean climate monitoring should receive the
problem of keeping track of parameters of the marginal seas hudrological conditions
including salinity characteristics.
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WATER MODIFICATION ON ARCTIC CONTINENTAL SHELVES: SEASONAL CYCLE AND INTERANNUAL
VARIATION

Humfrey Melling
Institute of Ocean Sciences, P.O. Box 6000, Sidney, B.C., Canada V8L 4B2
Our perception of the role of continental shelves in the
Arctic climate system derives from three sources: boundary
conditions, inferenee from observations in the interior of the
Arctic Ocean, and observations on the shelves themselves.
Because continental shelves occupy an abnormally large
fraction of the Arctic Ocean (1/3), and encompass most of
the area of the seasonal ice zone, their significance for ocean
climate is probably proportionately large. Inflow to the
Arctic from rivers is also Iarg1Jn rflation to the size of the
ocean, approximately 2.8 x 10 m annually (Aagaard and
Cannack, 1989); this freshwater is added at the surface on
the shelves, mostly during May-October. Water of low
salinity (~31.5) also enters the Arctic through Bering
12 3
Strait; each year approximately 25 x 10 m flow onto the
Chukchi shelf, again mostly during May-October
(Coachman and Aagaard, 1988). Sea ice is an important
re~sitoiY for freshwater in the Arctic, storing perhaps 40 x
3
1
10 · m in winter. The ice circulates within the Arctic
Ocean largely in response to the long-term mean wind field
(Colony and Thorndike, 1984). As a result, ice is
consistently driven off some shelves and onto others; the
former (Laptev, Chukchi andBeaufort) are net ice sources;
some of the latter (Barents and East Siberian) are probably
net ice sinks, white others (Canadian polar shelf, Lincoln)
are neutral
Within the Arctic basins, observations reveal
freshwater, traceable to both runoff and ice melt, to depths
exceeding 200 m (bstlund and Hut, 1984). Water from
Bering Strait appears as a warm layer near 80 m depth,
while a cold layer with high nutrient concentrations, centred
near 150 m, iS _probably derived from Bering Strait inflow
(Coachman and Barnes, 1961). A variety of time scales have
been estimated from tracer measurements in the basins: on
Siberian shelves the residence time of run-off is 3.5±2 y
(Schlosser et QJ., 1994); the residence time of ice within
much ofthe Arctic Ocean is 3-6 y (Rigor, 1988), while that
of waters in the Arctic halocline is about 10-15 y (Ostlund
12
3
and Hut, 1984). Perhaps as much as 78 x 10 m of nearfreezing water is supplied to the Arctic halocline annually,
mostly in winter (Aagaard et al., 1981). The supply
originates in at least 2 areas: entering the lower halocline at
s~34.2 is water with low NO; this probably comes from the
Barents Sea (Jo:nes and Anderson, 1986); entering the upper
halocline at s~33.5 is water which is probably coming from
the Siberian and American shelf seas (Jones and Anderson,
1986; Moore and Smith, 1986), but which has a high silica
concentration suggestive an origin in tile Bering Sea. Saline
waters (S:::::35.1) draining off Arctic shelves may also
replenish the deep basins of the Arctic (Aagaard et al.,
1985).
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Figure 1 - Av{lilable temperature-salinity profiles,
Beaufort Sea.
Killworth and Smith (1984) have attempted to simulate
the density structure of the Arctic Ocean using a filling-box
model. Their work demonstrates the significance to Arctic
hydrography of both cold dense run-off from the shelves_and
of inflow through Bering Strait, and suggests that the
seasonal cycles offorcing should not be neglected .
What do we actually know of the oceanography of
Arctic continental, shelves? Data have been acquired almost
entirely on an opportunistic basis, and infrequently. In the
Beaufort Sea, one of the better studied shelf seas, there are
virtually no observations over the months of October through
February (Figilre 1). An irregular distribution of data during
the last 4 decades reflects surges of military and industrial
activity.
The principal mechanisms driving the Arctic coastal
ocean are fluvial inflow, wind stress and ice growth/melt.
These mechanisms operate on annual cycles which are out of
phase with one another and with the established annual
cycle of oeeanograpliic observation (Figure 2).
Summer and early autumn conditions are those best
documented. Changes between winter and summer are most
pronounced at the surface, and accompany the disappearance
of sea ice through advection and melt, radiative heating of
tile upper ocean and fluvial inflow. Three overlapping
regimes are evident: a nearshore zone which lies beneath
landfast ice in winter, and is most strongly affected by runoff
in summer; a zone approximated by tile continental slope,
which is influenced by the presence of ice year-round; and a
shelf zone which is largely ice free in summer (Figure 3).
Nearshore waters are of lower salinity during the winter
period oflow runoff than they are during sUlllffier.
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Figure 2 -Annual cycles offorcing in Arctic shelfseas.

From year to year, there are large variations in
summertime conditions. In the ice cover, these have been
long recognized. The 40-year record from the Beaufort Sea
reveals a corresponding oceanic signal (Figure 4). Ice exerts
a major control: low surface temperature and salinity are
correlated with extensive ice cover. Apparently, the physical
presence of sea ice prevents a wide dispersion of river
inflow, and its radiative and thermodynamic effects greater
reduce warming of the ocean. The former effect is
demonstrated by observations from summers with sufficient
data to calculate a freshwater budget. When the ice-free area
is small, less freshwater is lost from the shelf. The surface
layer of low salinity, which is only 5-10 m thick, is
effectively dammed by deep ridge keels in the pack.
The stable ice cover and clear weather typical of late
winter have provided a second observational window to
Arctic shelf seas. In this season, the ocean surface is at
rt:eezing te~perature and has salinity typically 5-l 0 psu
higher than m summer. A significant volume of freshwater
30
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Figure 4 - Co-variation of ice & ocean conditions, Beaufort Sea.

continues to be delivered to the coastal ocean by river flow
. wmter
.
(:::::;8 x 10 10 m3 m
.
the Beaufort Sea). However,
dunng
this may be confined to the coastal zone by heavy ridges in
the landfast ice (Macdonald and Carmack, 1991). These
form in most winters when mobile pack is driven into the
landfast ice by storms. An appreciable fraction of the trapped
freshwater layer may be incorporated into growing ice.
Coastal and shelf regimes are effectively isolated .by this
mechanism.
In winter, as in summer, there are large interannual
variations in salinity. In the Beaufort Sea the range of
variation increases from about 1 psu in basin waters to over
6 psu at the outer edge of the landfast ice (Figure 5). Winter
~onditions on the shelf of the Beaufort Sea apparently fall
mto two classes: 1) The salinity at the surface is in the
low/intermediate part of the interannual range and
temperature beneath the surface mixed layer is above
freezing; this situation is normal for much of the Arctic
Ocean; 2) The salinity at the surface is high, and the entire
water column over the continental shelf is at freezing
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Figure 5 - Winter suiface salinity across the Mackenzie shelf.
Filled symbols denote ventilation events.
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temperature.
Waters in the second class have been observed to
ventilate the halocline of the Canada Basin, thereby
sustaining its low temperature (Garrison and Becker, 1976;
Melling and Lewis, 1982; Melling, 1993; Melling and
Moore, 1994). Observations of cold saline waters on shelves
have also been reported from the eastern Chukchi Sea in
1977 and 1982 (Aagaard et al., 1981; Aagaard et al., 1985).
In the latter year, cold saline waters were also observed by
current meter in Barrow Canyon, flowing northward to the
Arctic Ocean (Aagaard et al., 1985). However, during the
1986-87 winter when a specific effort was made to study
such waters, they were not detected (Aagaard and Roach,
1990). One concludes that cold, highly saline shelf waters
are not formed annually either in the Chukchi or the
Beaufort seas. In the seas within the Canadian Arctic
Archipelago, conditions are never conducive to the
formation of such waters, and the halocline is significantly
warmer (Melling et al., 1984). Observations of bottom
waters at freezing temperature have been recorded more
frequently in the eastern Barents Sea (in 1971-74, 1977,
1979 and 1981: Midttun, 1985). Since these observations
were made outside the freezing season (late August to early
October), however, it is not clear whether such waters are
created and flushed from the shelf annually, or whether they
reside in hollows on the seafloor for several years. All
observations of dense shelf waters appear to have some
association with lee-shore polynyas.
Aagaard et al. (1981) have estimat-ed the amount of ice
growth necessary in each of the Arctic seas to raise the
mixed-layer salinity to mid•halocline values by brine
rejection; Brine rejected from a winter's growth of sea ice (2
m) will raise the salinity of a 50 m layer by only 1 psu. Thus,
appr-eciable volumes of winter shelf water are probably not
produced on time scales shorter than seasonal. Shallow
regions, remote from rivers and beneath recurrent polynyas
(that is on lee shores) are those most likely to produce
ventilating waters. Pease (1987) has developed a theoretical
framework to show that the size of a wind-driven coastal
polynya depends principally on air temperature, so that the
rate of heat loss from the ocean (proportional to polynya
width times heat flux) is mainly a function of wind. Thus
windy weather in the stormy transitional months (October,
May), when air temperature is not exceedingly low, may
make an important contnbution to the annual ice production.
Existing oceanographic observations in winter are too
scarce to permit a direct calculation of the annual transport
of cold saline waters into the Arctic halocline. However,
Cavalieri and Martin (1994) have estimated the total
production of such waters around the entire periphery of the
Arctic Ocean for the period 1978-87. Using microwave
satellite data to map open polynyas, calculating ice growth
from the surface energy budget based on observed weather,
and using a simple mixing model to estimate the volume of
seawater produced at a salinity of 32.85, they derive a
production rate of 0.9±o.2 Sv. Values of 1.2 Sv obtained by
Bjork (1990) and 2.5 Sv by Aagaard et al. (1981) are
comparable. Unfortunately, the estimate of Cavalieri and

Martin (1994) is based on an eclectic set of oceanographic
data which establish the salinity of polynya waters at freezeup. Obtaining a better hydrographic data base for such
studies should be an important priority of ACSYS.
Some meteoric water is lost via outflows from the Arctic
Ocean as ice or as surface water. How does the remainder
find its way into the halocline? The depth of penetration and
residence time of meteoric water in the halocline are very
similar to those of freezing associated brines (Ostlund and
Hut, 1984; Schlosser et al., 1994). Perhaps this similarity is
an indication that the process of shelf drainage which carries
cold brines into the halocline is also the principal
mechanism for the downward transport of meteoric water.
The pathway followed by meteoric water might well be that
embodied in the mixing/freezing model used to interpret B
18
0-salinity data (Ostlund and Hut, 1984). A better
understanding of the ventilation of the halocline in winter
may well also elucidate the downward transport of meteoric
water in the Arctic.
Models provide some valuable insights to the production
of dense waters in Arctic seas. Whitehead (1993) has carried
out a series of rotating-table experiments which model the
effects of cooling over continental shelves (wind forcing is
neglected). In this laboratory model, a density front forms
over the continental slope where isotherms, descending in a
seaward direction, are closely packed. The flow over the flat
portion of the domain (the sheJf) is baroclinically unstable
and highly perturbed by eddies, but beyond the shelf break it
is apparently stabilized by the sloping seafloor. The density
difference across the front cannot increase without limit. Its
maximum value increases linearly with the aspect ratio
(width/depth) of the shelf and is weakly dependent on the
buoyancy flux; rotation is essential to the development of
strong fronts. For parameters representative of average
conditions the western Arctic (a shelfof 100 m depth and
100 km wid~ an average heat flux of 100 W m-2 ), the
maximum density contrast is predicted to be 1.5 kg m-3. This
implies a maximum salinity anomaly in shelf waters of 2 psu
relative to basin waters.
A numerical model has been used to simulate dense
water formation beneath a polynya over a sloping shelf by
Gawarkewicz and Chapman (1994). The model simulates
the development of a salinity front at the edge of the region
forced by a negative buoyancy flux. Within about 10 days,
the front becomes baroclinically unstable. The instability
precludes the development of a gravity current of dense
water, such as modelled by Melting and Lewis (1982).
Rather, eddy mixing processes transport the dense water
offshore. Again the density anomaly beneath the polynya
cannot exceed a maximum which is controlled by the
instability process at the front.
Melling (1993) modelled the dynamics of a dense water
mass on a sloping shelf using a modification of the steadystate frontal model of Csanady (1984). Since eddy
phenomena were not incorporated and wind effects are
suppressed by the ice, cross-frontal mixing in this model is
driven by convection. An upper limit to the size of the
density anomaly is again predicted, with a form similar to
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that of Whitehead (1993): dependencies on rotation and on
shelf aspect ratio are strong, while that on buoyancy flux is
weak. For the values used above, the prediction for density
anomaly is 2 kg m·3 (2.5 psu in salinity)
All three models show that the salinity of polynya
waters cannot increase without limit. This result is
important, since it implies that regardless of the quantity of
ice grown, it is the salinity of nearby surface waters, through
dynamical controls, which determine whether ventilating
water can be produced locally in a given winter. Do data
support this prediction? The four observations of cold dense
water on Arctic shelves show salinity anomalies of 1 [1977
in Chukchi], 2.5 [1982 in Chukchi], 2.5 [1981 in Beaufort]
and 1.6 psu [1988 in Beaufort]; all values are within the
maximum limits predicted.
The two time-dependent models of circulation beneath a
polynya predict highly unstable flows. However, the most
detailed observations (Melling, 1993) delineate a stable front
which extends several hundred kilometres along the shelf,
and maintains its hydrographic characteristics for at least a
month. Current meters near the shelf edge recorded several
storm-driven advances and retreats of this front past the
moorings; these were identifiable by changes in temperature,
salinity and vertical shear; eddy activity was not observed. In
the real ocean, fronts may stabilize at locations where
baroclinic activity is suppressed, perhaps by a sloping
seafloor.
Because the opening of polynyas to rapid ice growth is
storm-driven and sporadic, the thermodynamics of brine
production and the dynamics ofice and ocean circulation are
coupled. In 1981, the front responded to offshore movement
of the ice cover (opening polynya) by moving shoreward,
and conversely with shoreward ice drift. Components of the
cross-shelf circulation which accompany the formation of
dense shelf waters are summarized in a schematic by
Melling (1993). Future models must incorporate a stormforced circulation which is coupled to the surface buoyancy
flux. Also the forcing of models with average conditions is
probably inappropriate.
If the maximum salinity anomaly arising from ice
growth on open shelves is limited by baroclinic instability,
then the possibility of halocline ventilation is dependent on
the surface hydrography of entire seas, not solely on that of
coastal polynyas. High shelf salinity will be attained during
winter only if an increase in surface salinity is achieved over
a wide area prior to freeze-up. This implies that the
summertime accumulations ofice-melt and, on most shelves,
meteoric water must be removed. Again, observations from
the Beaufort Sea, the most estuarine of Arctic shelves, are
illustrative (Melling, 1993). During the autumn preceding
the observation of ventilation in 1981, drifting buoys tracked
a two-stage pre-conditioning of surface waters. Prolonged
northwest gales in late summer drove accumulated brackish
water against the coast, setting up a rapid baroclinic coastal
current which carried these waters off the shelf and far to the
east. During the following 11 weeks, strong east winds
pushed the existing ice far to the west, opening a vast area to
new ice growth, and forcing a flux of salt towards the
surface by the processes of upwelling and entrainment. An

almost identical meteorological sequence preceded the 1988
event (Melling and Moore, 1994).
Observations of surface salinity at freeze-up could close
18
the argument: none exist. However, analysis of
0 data
acquired during the 1988 event in the Beaufort Sea support
the pre-conditioning hypothesis: ice growth was apparently
initiated in the autumn of 1987 in water whose salinity was
higher by about 1.5 psu than in preceding years. And
interestingly, the amount of ice grown each year was much
the same.
Perhaps abnormally high cumulative ice growth is not
an important precursor of ventilation events? We have few
data on annual ice production over Arctic shelves. One
18
estimate uses the 0 0 signal imposed by ice growth on
remnant brines. In the Beaufort Sea, the signature of 23.3 m
of net ice growth was present in the water column in 1988
(Melling and Moore, 1994). At the North Pole, the signature
is half the size, and closer to the Barents Sea, the net growth
is negative, that is, melt dominates (Ostlund and Hut, 1984;
Schlosser et al., 1994). This signature represents an integral
over residence time and over the area contributing water to
the local halocline. Since residence is estimated at 10-15 y,
the annual net ice growth in the western Arctic is no more
than2 m.
The same type of analysis has been applied at locations
close to the recurrent flaw lead in the Beaufort Sea (Melling
and Moore, 1994). Here, the average production was about 3
m, both in the ventilation year ( 1988) and in the normal year
which preceded it. Even at this location, net growth is only
about twice the estimated regional average.
Sonar, moored to measure the draft and velocity of sea
ice adjacent to a lee shore, can provide a direct measurement
of the production of ice in a coastal polynya (Melling et al.,
1994). Total production of ice at any time is the sum of the
exported production (time integral of draft times the normal
component of velocity) and the standing production
remaining shoreward of the mooring. In the Beaufort Sea, in
the winter of 1991-92, the exported production ice by April
10 was 2.9 m, and the standing production, averaged over
the landfast zone (1.3 m) and the refrozen flaw lead (0.4 m),
was approximately 0.8 m (Figure 6). The total of 3.7 m is an
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overestimate, since it has been assumed that the ridged
component of the pack was fully consolidated. The sonar
18
measure may be regarded as agreeing with that from 8 0
analysis quoted earlier.
Residence on Arctic continental shelves may impart to
cold dense waters distinctive properties which are unrelated
to ice formation. Such could provide clues as to the place of
origin of waters observed in the basins. Jones and Anderson
(1986) argue that a regeneration of nutrients in waters
accumulating at the seafloor during the winter is implied by
the relative proportions of dissolved nutrient and oxygen in
the halocline. Moore and Smith (1986) see a signal in
dissolved and particulate 210Pb and 210Po in the central
Arctic which is also indicative of sediment interaction.
However, evidence of regeneration in dense waters on
shelves is hard to find: Jones and Anderson (1990) report in
situ incubation experiments yielding very low rates of
regeneration; nutrient concentrations observed in ventilating
waters in the Beaufort Sea were unchanged from those in
parent waters (Melling and Moore, 1994). In the latter
instance, waters carried a distinctive signal of depleted
nutrient into the halocline of the Canada Basin. Over
broader shelves, where waters reside longer, regeneration of
nutrient may be more evident.
Recommendations
• Studies must endeavour to resolve the temporal scale of
synoptic weather forcing. Storms play a pivotal role in the
annual cycle on Arctic shelves. In summer, their effects
dominate the sluggish mean circulation in the dispersion of
freshwater. In autumn, they force the entrainment and loss
of sensible heat from the shelf waters, and drive an
upwelling of more saline water to the freezing interface. In
winter they are responsible for the periodic opening and
closing ofcoastal polynyi: during opening, storms maintain
high rates of ice growth and buoyancy input to the upper
ocean; during closing, they generate the heavy ridging which
separates the coastal and offshore oceanic regimes.
• The seasonal cycles of run-off, ice growth, wind forcing
and Bering Strait inflow are out of phase on Arctic shelves.
At present they are poorly documented since observations
has only been practical in late winter and late summer.
Observations are required throughout the year, with
particular emphasis on the stormy October-December period.
• Large interannual variations occur in the coastal ocean,
evident in ice conditions, surface water properties,
inflow/outflow and ventilation. Significant oceanographic
events are not necessarily repeated on an annual cycle.
Programs of observation must be continued over periods of
years to catch such events.
• Direct observation in Arctic seas is expensive and very
difficult during most of the year. To meet the observatinoal
challenges posed, new moored instruments must be
developed to measure relevant parameters in Arctic seas; the
full potential of remote sensing must be exploited. There is a
particular need for better observations of ice and brine
production in shelf seas.

• Modelling of shelf processes in the Arctic must evolve
to incorporate mesoscale oceanic variability and the timevarying atmospheric forcing associated with storms. The
thermodynamics of polynya models must be coupled to
realistic wind-driven ice and ocean dynamics.
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1.

Introduction

The importance of dense waters produced in Arctic shelves has already been inferred from water
mass analyses of the Arctic Ocean (Aagaard et al. 1985, Rudels 1986). However, the integral
contribution of the shelves to the water mass formation in the Arctic Ocean cannot be estimated from
the few available direct observations on production and slope-convection of shelf waters (Schauer,
Weingartner et al., Macdonald et al. (all this volume) Quadfasel et al., 1988). Attempts to quantify the
contribution (Martin and Cavalieri 1989) by integral parameters derived from space-time statistics of
polar shelf polynyas may suffer from an insufficient knowledge of the T,S properties of shelf waters as
will be demonstrated below.
The intention of this paper is to demonstrate the potential of new, process-oriented models which
were applied to both convective formation and export of polar shelf water masses. They include water
mass formation on both a basin-wide and a very local scale and the fate of dense water that was
produced in a shelf polynya. Finally an example of the export of shelf bottom waters into the deep
ocean is given. The models presented here may, in combination with future observations, help to
estimate the integral contribution of the Arctic shelves to the total water mass formation in the Arctic
Ocean. In regard to ACSYS, which intends to quantify the role of the Arctic system in a global context,
this paper concerns the task to translate the integral effect of episodic cold air outbreaks into estimates
on the convective water mass formation in the ocean.

2.

Conceptual Sketch of the Formation and Export of Shelf Water Masses

The model simulations described in more detail below suggest three phases in the formation and
export of shelf water masses due to open ocean and slope-convection (cf. figure 1). The conceptual
picture described here is not in contradiction to already existing ideas on the formation and export of
shelf waters (citations in introduction) but it adds some new facets to our understanding of the
governing processes.
2.1

The Production Phase

In the course of a breakout of cold, dry polar air shelf polynyas form in the lee of islands,
headlands or other topographic obstacles. These episodes go along with extreme fluxes of momentum,
heat and moisture; the oceanic (latent plus sensible) heat loss may be in the order of 1000 W/m 2 (see
also: Moore, this volume). During such an event thermo-haline convection driven by the heat loss and
by brine release from freezing sea ice may account for a total homogenisation of the initially (weakly)
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stratified shelf water column (phase A, cf. fig.l ). The waters under the closed ice cover in the vicinity of
a polynya remain stratified because they are not exposed to the atmosphere; there oceanic convection
will be much weaker due to the insulating effect of the ice cover.
Wind
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Figure 1: Conceptual sketch of shelf water mass formation and export in three phases.
A) Convective production in lee-polynya; B) Re-stratification due to gravitational collapse of polynya
waters; C) Export: dense gravity plume leaves the shelf.

2.2

The Re-stratification Phase

At the end of an atmospheric cold air breakout the ice will close over the polynya. The polynya
waters form a convectively homogenised water body which is denser than the surrounding (weakly
stratified) shelf waters and which may initially cover the entire water column. This body will grossly
have the same spatial scale as the polynya which is generally larger than the local internal Rossby radius
of deformation (a few kilometres). The waters under the closed polynya will re-stratify because the
convectively formed polynya waters collapse under the influence of both gravity and rotation (phase B,
cf. fig. I). The progress of a plume of dense bottom water on an inclined shelf will largely be retarded
due to rotation. Therefore, in the absence of background advection, pre-conditioning of the water
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column by successive breakouts of cold air may result in a very effective but localised production of
dense shelf waters which is largely confined to and governed by the occurrence, position and scale of a
polynya.
2.3

The Export Phase

Once a slowly moving plume of dense bottom water has reached the edge of the continental slope it will
cascade down the slope (phase C, cf. fig.l) to an equilibrium depth which depends on both its initial
water mass properties and the entrainment of ambient water masses. In contrast to the slow motion on
the shelf the plume becomes more energetic due to gravitational acceleration on a steep continental
slope. This will lead to an increased entrainment and the plume acts as a 'transport vehicle' for
entrained intermediate ocean water. The penetration of a cold, saline boundary plume into warmer
oceanic waters may be influenced by the thermobaric effect.

3.

Large scale Water Mass Formation in Barents and Kara Seas

To study the water mass formation in winter in the Barents and Kara Seas a coupled ice-ocean
general circulation model (GCM) was applied (Harms, 1994; Harms, 1992). The three-dimensional free
surface model is based on the primitive equations; it was driven by six-hourly ECMWF atmospheric
fields of winds, air pressure and temperature and humidity and run over a number of winter seasons.
The model was initialised by climatological means of temperature and salinity (Levitus, 1982). Heat
fluxes were determined from standard bulk formulae. The applied thermo-hydrodynamic one-layer ice
model was kept simple; it ignores an ice-rheology and a snow cover but predicts both ice-thickness and
compactness (Hibler, 1979; Maykut, 1986; Semtner, 1976; Parkinson and Washington, 1979). The
model allows for the simulation of the water mass formation as a result of surface fluxes (winds,
cooling, ice formation and brine release) and the basin wide advection and mixing of water mass
properties. Convective overturning was parameterised by a combination of vertical swapping and
mixing of instable layers (Harms, 1994). Ocean and ice model communicate via fluxes of momentum,
heat and salt.
The simulations.suggest that the formation of dense bottom water is only possible in late winter
because it takes about two-thirds of a winter season to erode the pronounced shelf halocline by means
of the salt brines released from freezing sea ice (Harms and Backhaus, 1994). Both a fresher layer of
surface water caused by river run-off and ice and snow melt during summer and the advective import of
heat with the inflow of the North Atlantic Current may effectively inhibit deep reaching convection on
the European shelves. In late winter a solid ice cover has established which largely retards if not inhibits
any further convective water mass formation. Therefore, particularly in late winter, the episodic
occurrence of polynyas plays an important role in regard to the production of dense shelf water masses.
Polynyas in the lee of islands predicted by the GCM for late winter are depicted in figure 2; they appear
as regions with partly open water or with a only very thin ice cover. The export of shelf water through
the Svyataya Anna Trough towards the Arctic Ocean as simulated by the GCM is also given in figure 2.
Both the total outflow in Sverdrup units (1 Mio m3/s) and the transport of waters with salinities
exceeding 34.8 psu are shown. Clearly the latter commences only in late winter.

4.

Production Phase: Convection and Ice Formation in a Lee-Polynya

The grid size of the above described shelf sea CCM ranged between 11 and 20 km due to the
meridional convergence of the applied spherical grid. Vertical grid sizes were in the range of some
deka-meters. Hence, there is no hope to arrive at correct estimates of the convectively formed water
masses with the help of the GCM because the applied coarse model grid, simply by geometry, will
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Figure 2: Predictions of General Circulation Model for Barents and Kara Sea (HAMSOM)
toR-~ Ice-thickness (CI = 0.2 m) for December scenario 1988. Open water and regions with thin ice
cover are shaded. Note: lee-polynyas near islands.
bottom: Predicted shelf water mass export through the Svyataya Anna Trough in the northern Barents
Sea in Sv (1 Mio m3/s). Transports with salinities in excess of34.8 psu are indicated.
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inevitably lead to an artificial dilution of the water mass properties. Therefore a non-hydrostatic,
coupled ice-ocean convection model was applied to study in detail the convective water mass formation
within a lee-polynya (Backhaus et al., 1994). The 2.5-dimensional model works in a vertical plane; it
accounts for rotational (horizontal and vertical) accelerations but is unable to simulate a geostrophic
adjustment because it assumes vanishing gradients normal to the model plane. (Rotation was found to
be of minor importance for the production phase in view of the small scales in both space and time.)
With an isotropic grid size of 10 m the non-hydrostatic model covers a vertical ocean slice that is 6 km
wide and 250m deep. Hence, it works well below the resolution of the GCM and also well below the
internal Rossby radius of deformation.
The convection model was initialised by a T,S-profile in late winter that was predicted by the
GCM for a lee-polynya in the vicinity of the Franz Josef Land archipelago. It was forced by extreme
fluxes of momentum and sensible and latent heat, typically for only a couple of days in order to simulate
the result of a single breakout of cold polar air. The applied (latent plus sensible) heat fluxes were in the
range of 1000 W/m2 by assuming an initially ice free ocean surface. To study the effect of convective
pre-conditioning in a lee-polynya a second experiment was conducted with the same forcing but
initialised with a lateral spatial average of the final T,S-profiles of the previous experiment. This implies
the neglect of advection with the large scale flow in that the water masses formed during the first event
remain the same until the start of the second experiment. In the next section this assumption is further
investigated.
The results of the two model experiments (for details see: Backhaus et al. 1994) are depicted in
figure 3 by means of a T,S-diagram for selected simulation times. For the first experiment (fig. 3, top)
the heat content of the water column, temperatures at depth were about 0.6 K above the freezing point,
and the remnants of the shelf halocline prevent deep reaching convection. The freshet of the surface
waters allows ice to form already after about 50 hours of simulation time. However, the warmer waters
at depth which are brought to the surface by the convective dynamics hamper a further, effective ice
growth and the provision of additional negative buoyancy due to the release of salt brines. This negative
thermal feedback which inhibits a deep penetration of the convection is an important issue in regard to
the quantification of bottom water production from polynya statistics because the existence of a polynya
as such does not necessarily imply an effective, convective production of bottom waters.
In the second experiment (fig. 3, bottom) the initially much weaker stratified water column was
first homogenised in terms of salt by thermal convection. During this phase which lasted considerably
longer than in the previous experiment (about 80 hours) the ocean surface remained ice free for the
following reasons: a generally weaker stratification, the negative thermal feedback, higher surface
salinities as compared to the previous experiment. Until the onset of ice growth the entire water column
slowly approached the freezing temperature while the salinities remained at a constant value. Thereafter
haline convection due to the release of brine from the growing ice predominated and accounted for a
rapid increase in salinity for the entire water column.
The different history of the water mass formation in the two experiments also appears in the
patterns of the predicted ice thickness which are depicted by means of space-time diagrams in figure 4.
The applied wind forcing was directed into the ocean plane. A constant Ekman drift of an ice patch (in
the figures from left to right) will then appear as a diagonal streak. The apparent distortions of the
streaks are caused by the surface convergence of convection cells in the ocean (descending penetrative
plumes). In dependence of the underlying stratification convection leads to remarkable differences in the
ice patterns. For the already pre-conditioned water column of the second experiment the more energetic
haline convection causes very pronounced 'kinks' in the Ekman drift which may last for more than 10
hours. The experiments suggest that regions of active convection in polar polynyas might be detectable
by means of their distinct ice patterns, for instance in ERS-1 SAR images.
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Figure 3: T,S-diagrams predicted for convective water mass formation in a lee-polynya; simulation
hours as indicated.
top: Experiment I (warm water column);
bottom: Experiment 2 (pre-conditioned water column)
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5.

Re-stratification Phase: Gravitational Collapse ofPolynya Waters after a Convection Event

For the pre-conditioning of the second experiment on the production phase it was assumed that
the polynya waters remain at the location where they have been formed by the first outbreak of cold air.
This might be a wrong assumption in view of the effects of advection and mixing due to the general
shelf circulation (see also Weingartner et al., this volume). However, isolated lenses of dense shelf
bottom waters (Midttun, 1985) have been observed in summer, for instance on the top of Central
Banken in the Barents Sea (Quadfasel et al. 1992) which is directly exposed to the inflow of Atlantic
water. The existence of these features several months after their production suggests a high local
persistence of dense bottom waters.
To obtain an estimate for a typical export time scale due to the self-advection of dense bottom
water a numerical experiment on the re-stratification phase due to the rotational gravitational collapse
of polynya waters was conducted. The initial density contrast to the ambient shelf waters was taken
from the second experiment of the above described convective production phase. The simulation was
carried out with a hydrostatic reduced-gravity plume model which allows for the simulation of the
space-time evolution of an isolated body of dense water on an inclined shelf topography (assumed slope
angle of topography: 0.02 degrees). The model is a two-layer version of the plume model which is
further described in the next section (Rubino 1994). It was initialised by a cylindrical column of dense
polynya water with a diameter of 45 km that covered a water column of 100 meters from surface to
bottom. For this simple, schematic and qualitative experiment (applied grid size: 1.5 km) both the
entrainment of ambient water by the gravity plume and dynamical effects of the large scale shelf
circulation were neglected. The simulated collapse of the polynya plume is depicted in figure 5 for
selected times of the simulation. Evidently the model results support the assumption of a slow motion of
the polynya waters. The centre of the plume has moved for only about one polynya diameter in 45 days
which agrees well with the observed persistency of isolated lenses of dense bottom waters in polar
shelves.
In the Arctic breakouts of cold air occur roughly every 10-20 days. The re-stratification
experiment suggests a time scale of about the same order. Hence, the pre-conditioning assumed for the
formation phase might indeed take place, provided advection plays a minor role. The frequent
occurrence of a polynya in the same region could then account for a rather effective but localised
production of dense bottom water.

6.

Export Phase: Slope-Convection, the Storfiord Outflow

One of the few cases of observed slope-convection at high latitudes in the north is the outflow of
dense bottom waters from the Storfjord in Svalbard into the Norwegian Sea (Quadfasel et al., 1988;
Schauer, 1994 and this volume). These observations constitute an ideal case for testing a new model for
the simulation of slope,-convection which was previously applied to the much larger scales of the
Denmark Strait Overflow (Jungclaus and Backhaus, 1994). The hydrostatic, two-dimensional, nonlinear model predicts the dynamics of a transient bottom arrested gravity plume of arbitrary shape on a
realistic topography. It includes prognostic equations for temperature and salinity, a non-linear equation
of state and non-linear bottom friction. Entrainment is parameterised by means of a simple, diagnostic
turbulence closure scheme. The one-layer model considers a stagnant ambient ocean with a prescribed
T,S-profile to determine the entrainment of water mass properties into the plume.
The basic idea behind the dynamical core of the model was to replace the original air-water
interface of an existing vertically integrated, shallow water model by the internal interface to an ambient,
overlying ocean which leads to the well known reduced-gravity approach. The functioning of the model
can be visualised by a permeable membrane (to allow for entrainment) which initially is attached to the
sea floor in the entire model domain. The intruding plume lifts the membrane off the floor. This is
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achieved by the introduction of a movable lateral interface boundary which was adopted from tidal
models for simulations of the drying and flooding of very shallow coastal wetlands (Backhaus, 1976).
For the Storfjord simulation (Jungclaus et al., 1994) the model was used with a grid size of 2 km
and initialised with the observed T,S properties of the Storfjord waters (Quadfasel et al., 1988). An
outflow of 0.12 Sv (1 Mio m3/s) was prescribed. The predicted plume height for selected simulation
times is depicted in figure 6. On its descent on the shelf and down the continental slope the plume at
first entrains East Spitsbergen shelf water (ESW) then, after it has left the shelf, Atlantic water (AW)
and finally, at depths greater than 700m, Norwegian Sea deep water (NSDW). The entrainment of three
different water masses leads to distinct features in the simulated T,S diagram in figure 7 where it may be
compared with the T,S diagram obtained by Quadfasel et al. (loc.cit.). The latter have estimated an
increase of the plume size due to entrainment in the order of 500%; the model predicts a slightly lesser
value of 440%.
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Figure 7: T,S-diagrams of the Storfjord outflow.
left: RGPM simulation; right: adopted from Quadfasel et al. ( 1988)
A remarkable result of the model is that the plume splits at depth in the vicinity of a topographic
saddle point (cf. fig. 6). The southern branch of the plume follows a deep trench east of the Knipovitch
Ridge where indeed Barents Sea water masses have been found (Cascard, pers. corn. 1994). According
to the model results the slope-convection which originates from the Storfjord provides shelf waters to
the depth of both the Arctic Ocean (via Fram Strait) and the Norwegian Sea. An investigation of the
thermobaric effect (Jungclaus et al., 1994) yielded a retarded intrusion of the plume at depth because
due to the previous entrainment of warm AW it was warmer than the ambient NSDW. This illustrates
nicely the 'vehicle effect' of initially cold and salty shelf plumes in the Arctic: whenever they entrain
warmer (Atlantic or intermediate) water they account for a downward transport of both heat and salt.
This result is in contrast to convection in the open water column, for instance in the Greenland Sea,
which generally leads to an upward transport of heat and salt (Quadfasel and Rudels, 1991).
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7.

Final Remarks

This paper describes the results of some new, process-oriented models of formation and export of
shelf water masses. By future systematic applications the models could help to produce an estimate of
the total contribution of the polar shelves to the water mass formation within the Arctic Ocean.
However, as it became apparent for the Storfjord simulation, the quality of the model estimates will
depend on the availability of suitable observations. The possibility to detect (and discriminate) active
convection in polynyas by characteristic ice patterns constitutes an interesting task for both modelling
and remote sensing. Polynyas that are caused by extreme and episodic atmospheric events obviously
play an important role in regard to water mass formation on polar shelves which in particular holds for
the late winter season because only then the eroded shelf halocline permits a deep reaching convection.
It is interesting to note that the Eurasian shelf regions in the Arctic Ocean are much richer in
topographic obstacles in exposed positions (islands, archipelagos, headlands etc.) than the shelves of the
North American continent where the Canadian archipelago is blocked by the transpolar ice drift. These
conditions favour a higher abundance of atmospherically induced polynyas in the Eurasian part of the
Arctic. The expected feedback from the Arctic Ocean to the atmosphere through the release of heat and
moisture in polynyas will therefore primarily occur in the Eurasian Arctic where the present data
coverage is rather scarce.
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ARCTIC OCEAN WATER MASSES AND CIRCULATION: AN OVERVIEW BASED
ON THE 1991 EXPEDITION OF m ODEN
E. P. Jones, Department of Fisheries and Oceans, Bedford Institute of Oceanography,
P. 0. Box 1006, Dartmouth NS B2Y 4A2, CANADA

The Oden 91 Expedition has provided a data set (Anderson et al., 1994) from which it
is possible to deduce new and much more detailed ideas regarding the origin and circulation
of waters in the Arctic Ocean. Even though this expedition was confmed mostly to the
Eurasian Basin, new ideas regarding water masses and circulation were developed also for the
Canadian Basin.
Exchange of water of the Arctic Ocean with the North Atlantic takes place mostly
through Fram Strait and the Barents Sea, with a smaller amount flowing out of the Arctic
Ocean through the Canadian Archipelago. Exchange with the Pacific takes place through
Bering Strait. The Pacific Water has a high silicate concentration that acts as a tracer for the
water of Pacific origin and a signal that provides insight into Arctic Ocean processes and
circulation even where little Pacific Water is present. River run-off is third source of water,
significant in the Polar Mixed Layer and traceable because of its relatively high total
alkalinity.
The intermediate depth waters, the Atlantic Layer and water beneath it to a depth of
about 1700 m (the depth of the Lomonosov Ridge), have been most amenable to
interpretation from the Oden data set. In these waters, there is a sharp temperature front
coincident with the Lomonosov Ridge. The coldest intermediate depth water is found near
the Morris Jesup Plateau, north of Greenland. Interleaving of water masses, as shown in
temperature and salinity profiles, and changes in interleaving patterns, provide a major clue to
circulation. Interleaving and inversions are sharpest in regions of the cruise track nearest to
Fram Strait and towards the Eurasian shelf. They diminish in central regions of the Nansen
and Amundsen Basins and towards the North American continent, though remaining
somewhat sharper over the Nansen-Gakkel and Lomonosov Ridges. Interleaving observed in
the Makarov Basin bears little resemblance to that in the Eurasian Basin. A second clue to
the circulation and distribution of water masses is provided by transient tracers, exemplified
by CFC-12 and carbon tetrachloride. These materials, whose concentration is monotonically
increasing in the atmosphere, enter the ocean from the atmosphere, thus providing a measure
of the time that a water mass lost contact with the atmosphere and hence indicating its
relative age. The relative ages of the intermediate depth waters reflect the changes in the
sharpness of the interleaving: younger are waters nearest to Fram Strait, less young waters lie
over the Nansen-Gakkel and Lomonosov Ridges, and older waters are found in the central
Nansen and Amundsen Basins. A very sharp front between younger and older waters
coincides with the Lomonosov Ridge. The oldest waters of all are found at the Morris Jesup
Plateau. A third clue to circulation is found in the silicate distributions. Comparatively low
levels are found in most of the Eurasian Basin, higher levels in the Makarov Basin, and the
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highest levels are in a narrow strip at the Morris Jesup Plateau. The highest silicate values
and the lowest transient tracer concentrations are associated with the coldest water.
These clues lead to the following observations. Water flows into the Arctic Ocean by
two paths and results in two branches: the Fram Strait branch with relatively warm water
flows in by way of the West Spitsbergen Current, and the Barents Sea branch with water that
has been cooled and made more saline from ice formation in the Barents Sea. The two
branches meet north of the Kara Sea, creating interleaving and inversions that diminish along
their flow paths. The intermediate depth waters from these two sources may be further
transformed by sinking shelf plumes, water from the shelves made dense by freezing and ice
growth on the shallow shelves. The descending density flows cool the Atlantic Layer and
redistribute heat downwards. The interleaving patterns suggests that the intermediate depth
water in the Eurasian Basin flows in two loops associated with the Nansen and Amundsen
Basins, the sharper interleaving reflecting the more rapid flow over the ridges, and the overall
diminishing of the interleaving reflecting the length of the flow path. This picture is
consistent with the transient tracer distributions as described above. Some of the silicate and
transient tracer values at the Morris Jesup Plateau are similar to those found in the Makarov
Basin. The silicate and transient tracer concentrations at to the Morris Jesup Plateau hint at
the circulation in the Canada Basin. The narrow strip of coldest, oldest water with its highest
silicate concentrations that is nearest to Greenland at the Morris Jesup Plateau suggest an
origin closer to the Pacific, while the water with concentrations similar to those in the
Makarov Basin suggest that this water comes from the Makarov Basin. A circulation scheme
with two loops in the Canadian Basin similar to what is proposed in the Eurasian Basin could
produce these observations. The overall scheme is shown in Figure 1.
A simple model consistent with this proposed circulation pattern has been developed
to recreate the Makarov Basin salinity and temperature profiles from the presumed profiles of
the Fram Strait and Barents Sea branches of the inflowing Atlantic water. A shelf plume
calculation shows how the introduction of the dense shelf water penetrating the Atlantic Layer
can explain the characteristics observed in the Canadian Basin water column as represented
by the Makarov Basin. The model assumes that the descending plume doubles its volume by
entrainment every 150 m, so that most of the plume consists of entrained water, not shelf
water. With this entrainment, the adjustable parameters needed are the amount and salinity of
the shelf water reaching a particular layer.
Measurements in deeper water below 1700 m both need explanation and reveal clues
regarding the origin and circulation of the water masses. The following characteristics are
particularly noted: (1) Salinities and temperatures in the deep Makarov Basin are higher than
those in the deep Eurasian Basin. The density of the deep Makarov Basin corresponds to that
found at about 1800 m in the Eurasian Basin; (2) The 8-S curves from the Makarov Basin
show a small "hook" of colder water at the deepest levels associated with a 2000 m thick
isohaline bottom layer. This bottom layer is the most saline in the deep Arctic Basins. The
upper part of this layer has a weak temperature gradient leading into a colder 1000 m thick
isothermal bottom layer; (3) Silicate values below 1700 m are higher in the Makarov Basin
than in the Nansen and Amundsen Basins. fu the Makarov Basin, there is a silicate
maximum near 2500 m; (4) fu the Eurasian Basin, the deepest Amundsen Basin water is
colder and more saline (8 ~ -0.953 oc, S ~ 34.943) than the deepest Nansen Basin water (8
~ -0.942 oc, S ~ 34.940). fu both Eurasian basins there is a temperature minimum at about
800 m above the bottom on all sections except the one closest to Fram Strait, where the
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Armmdsen Basin temperature minimum is at the bottom. The temperature minimum is colder
(0 = -0.961 °C) in the Amundsen Basin than in the Nansen Basin (0 = -0.953 °C) and is
located at somewhat deeper levels. The temperature minimum is coldest on the sections
furthest into the basin, but the differences are small and not much larger than the precision of
the measurements; (5) There is a weak salinity maximum in the Eurasian Basin between 1700
m and 2000 m. Highest values are found close to the Morris Jesup Plateau, where the
salinity is greater than 34.93. The salinity maximum can be discerned on 0-S curves over the
entire Amundsen Basin except close to the Lomonosov Ridge. fu the Nansen Basin the
salinity maximum is absent. The highest salinity in both basins is found at the bottom; (6)
On the northern slope of the Yermak Plateau there is a cold core (0 < -0.980 °C) at depths
between 2000 m and 2500 m. The core is observed only at the slope, not elsewhere in the
basins, and its salinity and density are lower than those found in the temperature minimum in
the Nansen and Amundsen Basins; (7) fu the deeper water, the CFC concentrations decrease
with increasing depths. Low concentrations of carbon tetrachloride (but above the detection
limit) are found in the deepest parts of both the Nansen and Amundsen Basins, with
concentrations in the Amundsen Basin being higher than in the Nansen Basin. fu the
Makarov Basin below about 2500 m, concentrations are at or below the detection limit. CFC11 and CFC-12 concentrations are below our detection limit in the deepest parts of the
Amundsen and Nansen Basins and below about 1500 m in the Makarov Basin.
These observations lead to there being two likely sources for the deep water of the
Arctic Ocean: (1) density flows down the continental slope that are induced by the formation
of dense water by freezing on the continental shelves, and (2) inflow of Atlantic Water that is
transformed on the Barents Sea shelf and subsequently sinks down the St. Anna Trough into
deeper regions of the Arctic Ocean. The inflow of Norwegian Sea Deep Water through Fram
Strait appears to be less important. The Eurasian Basin communicates with the Canadian
Basin partly through the boundary current along the Eurasian continental slope, and partly
through a spill over across the Lomonosov Ridge through the deeper rifts found more towards
the center of the Arctic Ocean. The return flow from the Canadian Basin to the Eurasian
Basin takes place as a boundary current along the continental slope north of Greenland. fu
spite of the presence of the Lomonosov Ridge, the deeper waters of the Canadian Basin are
primarily ventilated advectively by water spilling over the Lomonosov Ridge, not by
convection from the shelves.
The Eurasian Basin communicates with the Canadian Basin through a boundary
current that enters the Canadian Basin north of Siberia and leaves it north of Greenland. The
fact that both the temperature and salinity are higher in the Canadian Basin than in the
Eurasian Basin at levels above as well as below the sill depth of the Lomonosov Ridge
indicates that slope convection is active in the Canadian Basin. The deepest layers have
constant salinity, but show a weak temperature decrease towards the bottom. This suggests
that these layers of the Canadian Basin are not primarily renewed by convection down the
continental slope but by a spill over of Eurasian Basin Deep Water across the central part of
the Lomonosov Ridge. What can be deduced about the deep water circulation from the Oden
data set is illustrated in Figure 2.
A model similar to the one that reproduces the characteristics of the of intermediate
depth waters in the Makarov basin is applied to reproduce the observed profiles of the
Canadian Basin and to establish the relative importance of these two sources. The model is
identical above 1700 m; however, at that depth the temperature of the plumes at 1700 m is
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-0.071 oc, much warmer that the Makarov Basin deep water. The observed temperatures can
be modelled with the addition of a cold water plume spilling over the Lomonosov Ridge in a
gap at a depth of 2200 m, with the salinity of the slope plume and the relative amount of
each plume being adjusted to give the observed characteristics. The silicate profile can be
reproduced in this way also, and by incorporating carbon-14 profiles into the model, estimates
of the exchange rates of water in these layers can be made.
Water in the halocline separating the Polar Mixed Layer and the Atlantic Layer has
two sources. Low "NO" values (NO = 0 2 + 9N03 .) associated with S ~ 34.3 are found at
most locations in the halocline of both the Eurasian and Canadian Basins. fu the Canada
Basin, the upper halocline exhibits a silicate maximum associated with S ~ 33.1. Low "NO"
water originates in the Barents Sea, high silicate water probably in the Chukchi Sea region.
The silicate maximum observed earlier in the Makarov Basin near the North Pole (Gorshkov,
1983; Moore et al., 1983) was not seen during the 1991 Oden Expedition. Transient tracers
associated with low "NO" values suggest a circulation pattern similar to the underlying
Atlantic Layer. In the Eurasian Basin, halocline salinities exceed S ~ 33.1 in most locations,
and the silicate maximum is absent in the Eurasian Basin except at the Morris Jesup Plateau.
The data set are thus not complete enough to suggest how water of the upper halocline
circulates except to note that it exits the Canadian Basin at the Morris Jesup Plateau and is
observed flowing out through the Canadian Archipelago and Fram Strait.
Our knowledge of the circulation within the Polar Mixed Layer remains vague.
Fresh water from river run-off and from sea ice melting can be recognized, and regions where
each dominates can be traced. The data are consistent with a very general circulation pattern
not dissimilar to the surface ice drift. An assessment of surface circulation that does not rely
on inferences from ice drift remains to be done
Winter mixing in some regions of the Polar Mixed Layer can penetrate to the
halocline, depending on how much advected fresh water is present at a particular location.
This introduces silicate from the upper halocline into the Polar Mixed Layer. Variability in
the amount of sea ice formed and/or the amount of fresh water advected to particular regions
may account for the "disappearance" of the silicate maximum previously observed in the
vicinity of the North Pole.
Anderson, L.G., G. Bjork, 0. Holby, E.P. Jones, G. Kattner, K.P. Koltermann, B. Liljeblad,
R. Lindegren, B. Rudels, and J. Swift. 1994: Water masses and circulation in the
Eurasian Basin: Results from the Oden 91 Expedition. J. Geophys. Res., 99, 32733283.
Gorshkov, S.G., 1983: World Ocean Atlas. 3, Pergamon Press, Oxford, 190 pp.
Moore, R.M., M.G. Lowings, and F.C. Tan, 1983: Geochemical Profiles in the Central Arctic
Ocean: Their Relation to Freezing and Shallow Circulation, J. Geophys. Res., 88,
2667-2674.
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The circulation of intermediate depth waters, to 1700 m.

Figure 2.
A circulation scheme consistent with the water mass characteristics observed during the Oden
91 ~dition and with data from the T3, LOREX, and AIWEX Ice Camps. The symbol® represents suggested
source regions for plumes that reach the deep water, including the Eurasian Basin plume. The shaded area
represents the penetration of Canadian Basin water into the Amundsen Basin (the salinity maximum) without
specifically designating a flow pattern.
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The circulation of intermediate depth waters, to 1700 m.

Figure 2.
A circulation scheme consistent with the water mass characteristics observed during the Oden
91 Expedition and with data from the T3, LOREX, and AIWEX Ice Camps. The symbol 0 represents suggested
source regions for plumes that reach the deep water, including the Eurasian Basin plume. The shaded area
represents the penetration of Canadian Basin water into the Amundsen Basin (the salinity maximum) without
specifically designating a flow pattern.
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CHARACTERISTICS OF WATER AND SEDIMENT DISCHARGE FORMATION
FROM SMALL WATERSHEDS OF THE ARCTIC ZONE UNDER THE IMPACT
.OF TECHNOLOGY
N.N.Bobrovitskaya, N.G.Vasilenko, K.M.Zubkova
State Hydrological Institute, St. Petersb urg
Investigations were aimed at studying hydrological regime
of small streams under the conditions of technogenic impact, in the
regions of gas deposits in particular. Therefore, reconnaissance
surveys were made in 1991 for 108 small watersheds in the central
part of the Yamal Peninsula, on the slopes of the Se-Yakha basin.
Large-scale air photographs were used. In 1992 and 1993 field
measurements of precipitation, water equivalent of snowpack, water
flow, sediment yield, sediment concentration in water etc., were
made on the watersheds of the Osnovnoy and Antropogenay brooks
flowing not far from Bovanenkovo settlement. Changes in the top
cover and state of the slopes were taken into account, too. Standard
and special equipment was applied for hydrological characteristics
measurements, in accordance with previously developed methodologies
(Anon., 1976; Bobrovitskaya, 1986; Markocheva, 1967). Measurements
were made at four gauging sites in the Antropogenny brook and at
tw.o gauging sites of the Osnovnoy brook (upstream and downstream
its confluence with the Antropogenny brook).
Some portion of the Osnovny brook basin (A=0.65 sq.km) is
under undisturbed conditions. In the upper part of the Antropogenny
brook basin (A=0.33 sq.km) there is a small settlement (Figure 1).
During the construction of·this settlement some top cover in the
brook basin was taken away. The vehicles produced tracks in the
ground. Under natural conditions (before the construction of the
settlement) the two basins were almost completely·covered with
different plants (ground willow, herbs, moss, etc.). The tundra
soils were humus-gleisolic. In general, erosion was not intensive.
The construction of the settlement and of the roads caused
a redistribution of the snowpack on the Antropogenny brook watershed
and the regime of water and sediment yield was changed. Areas with
re~oved top cover and tracks were subject to intensive erosion. In
winter severe winds stimulate accumulation of snow in eroded sites
and among crowded structures by the beginning of the snow.melt period
(from 25% up to 40% of the total water storage in the snowpack
are concentrated there, according to observation data).
During the warm season mean air temperatures are above 0°C;
this warm period is about three months long (June-August). Snow
melting and snowmelt floods in the brooks of the study region occur
late in May or early in June. Depending on the nature of spring,
the snowmelt flood may be extended (1992) or flash (1993). In spite
of the spring type,·however, the snow melting is initiated in the
snow-filled channel.
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Runoff from small watercourses begins after almost complete
snow melting from watershed-divide areas. It should be also noted
that infiltration during the snowmelt flood is·not intensive under
natural conditions, because the soil is frozen. As to watersheds
affected by man's activity (15-20% of the drainage area), i.e.
removal of the top plants, construction of roads and houses, etc.,
infiltration there may be mora intensive due to a higher rate of the
soil thaw or it may be less intensive due to surface flow redistribution when new·
lakes and channels are formed.as a result of
man's activity.
·
· Snowmelting and runoff formation are quite non-uniform by
nature. In 1992, due to variable temperature regime and abundant
precipitation, water discharge maximum was formed after snowpack
disappearance from 50% of the drainage area. Maximum specific discharge from the Antropogenny brook was 700 1/s per 1 sq.lan. and from
the Osnovny brook with its drainage area under undisturbed conditions the specific water discharge was equal to 1400 1/s per 1 sq.km.
In 1993 the main flood wave was observed during 10 days. Maximum
specific discharge from the Antropogenny brook was 1100 1/s per 1 sq.
km and it was 1900 1/s per 1 sq.km from the Osn9vny brook.
Maximum sediment yield in 1992 was formed simultaneously
with water discharge maximum; in 1993 maximum sediment yield was
observed during the flood recession. Maximum erosion rate was observed in the upper head of the Antropogenny brook on the reaches where
the basin surface was disturbed. On the reach from gauge-site 1 Up·
to gauge-site 2 the amount of soil eroded during the warm season
tended to increase; e.g. in 1992 from 78 up to 140 t/ha. Then, the
sediment yield was reduced
up to 109-50 t/ha at gauge-lines 3
and 4. This is explained by sedimentation of the reach from gaugesite 2 and gauge-site 4. Sediment·yield from the Osnovny brook basin
is much lower and it equals 1.7-1.4 t/ha (Figure 1)
In the zones of effective erosion rate the scour of soil is
much higher. E.g., the depth of the scoured soil from the drainage
area of the Antropogenny brook for the season of 1992 was 50-140t/ha.
If the value of the scoured soil is related to the ravine area in
the upper head of the Antropogenny brook, the depth of the eroded
layer would be 300-600 mm or 4500-9000 t/ha. These values are very
high.
Depending on the snowmelting conditions, the volume of water
discharge during the flood is about 80% of the annual discharge,
the volume of the scoured soils varies from 50% (in 1993) up to 90%
(in 1992). Water discharge and sediment yield for the period of rainfall floods were much lower if compared with the period of the spring
snowmelting. During the warm season the depth of the melted soils
and subsoils tends to increase. This leads to higher infiltration
and lower runoff coefficient: from 1 during snowmelt period (June)
to 0.30 at the end of the warm period (August).
The obtained data are applied for more precised parameters
in the methods for the computation of water discharge and sediment
yield from the watersheds of the Yamal Peninsula. The authors are
interested to proceed investigations and to jo.in efforts of other
scientists to make experiments in the Arctic zone.
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Table 1 -

R~noff

Waterco~se

Antropogenny
Antropogenny
Antropogenny
Antropogenny
Osnovny
Osnovny
Antropogenny
Antropogenny
Antropogenny
Antropogenny
Osnovny
Osnovny
Antropogenny
Antropogenny
Antropogenny
Antropogenny
Osnovny
Osnovny

Layer and

Amo~nt

of Soil

Gauge- Area, Period
site
sq.km
No.

1
2
3
4
5a
5
1
2
3
4

5a

5
1
2
3
4
5a
5

0.074
0.10
0.;14
0.;33
0.;65
0.98
0.074
0.10
0•14

0~33

0.65
0.98
0•074
0.;10
0.;14
0•33
0.65
0.98

Sco~ed

R~noff

depth,
mm

1992
286
306
spring
297
sno'Willelt
261
flood
366
rain floods 361
·1 Jul-5 Sept 75
8-30 June

summer
rain floods

84

82
70
126
94
8 Ju.n-5 Sept 366
387
the whole
377
period
331
492
466

from

th~

Specific
sediment
yield,
t/sq.km
67
114
91
42
1.1
19
11
25
19
7•9
0.;7
3.3
78
140
109
50
1.7
24

Osnovny and Antropogenny Basins

Period

R~noff

depth,

mm
4-30 June
spring
snowmelt flood,
floods from rains
9-19

Aug~st

st.mllller
rain floods
4 Jun-31 Aug
the whole
period

1993
260
305
328
224
343
308
26
51
45
37
27
38
286
356
374
261
386
361

Specific
sediment
yield,
t/sq.km
38
63
58
23
1.2
8.3
3.4
24
38·
8.8
0.2
3.0
42
92
97
35
1.4
11.2

.....

0
00
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ECMWF AND METEO-FRANCE GCM SIMULATIONS OF PRECIPITATION AND SURFACE
MASS BALANCE OF THE GREENLAND ICE SHEET

Christophe Genthon
Laboratoire de Glaciologie et Geophysique de l'Environnement (CNRS)
Domaine Universitaire BP96, F-38402 Saint Martin d'Heres Cedex, France

General circulation model (GCM) simulations indicate that the sensitivity of climate to an
additional greenhouse warming should be particularly high in the high northern latitudes and in the
Arctic. Among other parameters of interest, GCMs can estimate changes of the surface mass
balance {precipitation minus evaporation and melt water runoff) of the Greenland ice sheet, and
allow calculation of associated global sea level variations. However, GCMs performances at
simulating the hydrological cycle in general and regional scale precipitation in particular are often
poor. In addition, observations over ice sheets are scarce and the current surface mass balance
of Greenland is still uncertain, which to some extent hampers the validation of model results.
The European Center for Medium Range Weather Forecasting (ECMWF), like other major
weather forecasting centers, provides analyses of synoptically observed meteorological variables
(e.g. temperature, wind or atmospheric moisture), as well as short term predictions of other
variables (e.g. precipitation and evaporation) with global coverage and sub-daily time resolution.
Analyses and predictions are produced by an atmospheric GCM, the evolution of which is
constrained near the real state of the atmosphere by the observations periodically reported by
weather stations and by satellite data. The strongest observational constrain occurs near the
locations of weather stations.
In Greenland, most stations lie at the coasts so that the ECMWF circulation in the interior
of the ice sheet is largely a model product. In addition, the observational constrain on predictions
is through initialisation of the forecasting cycles only. On the other hand, the analyses and
predictions provide gridded data sets with full spatial and temporal coverage. Such a product, if
close enough to reality, is ideal for use as a climatology for the validation of climate models.
Unlike analyses and predictions, GCMs used in climate mode (no observational constrain
other than the boundary conditions) are only expected to reproduce the statistics of the
atmospheric circulation. High order moments (seasonal, diurnal, stochastic variance) are very
important diagnostics of the model versus real atmospheric dynamics. On the other hand, when
dealing with the impact ofthe atmosphere on the evolution of ice sheets (and consequent sea-level
changes), the long term means are of primary interest.
The annual mean precipitation and surface mass balance (precipitation minus evaporation)
over the Greenland ice sheet as predicted by ECMWF and simulated by the ARPEGE MeteoFrance model are presented here and compared with observation. The ECMWF and ARPEGE
GCMs use the same spectral formulation of the atmospheric dynamics, but the diabatic physics
are treated differently [Deque et al., 1994]. Results from 10 year AMIP (Atmospheric Models
lntercomparison Project) ARPEGE runs at three different spectral truncations are presented: T42
(horizontal resolution -2.8°), T79 (-1.5°) and T1 06 (-1.1 °). Version 0 of ARPEGE was used for the
T 42 and T79 experiments, whereas results for T1 06 were obtained with version 1. Deque et al.
[1994]) fully describe version 0 and summarize changes introduced in version 1.
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Figure 1 : Modelled surface mass balance. Unit : cm/yr.
ECMWF results reported here are from analyses and predictions carried out from May 1985
to April1991. Model truncation has remained T1 06 (T213 since September 1991) but model design
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has evolved continuously throughout this time period (See ECMWF [1994] and references therein
for a description of the climate model, the assimilation techniques, and their evolution in time).
Precipitation and evaporation are the daily cumulated difference between predictions 30 hours and
6 hours ahead in time [Braun and Deque, 1993].
Figure 1 shows the annual mean distribution of surface mass balance over Greenland as
reproduced by ARPEGE and ECMWF. Figure 2 displays a climatology by Friedmann et al. [1994].
The climatology was originally drawn by Ohmura and Reeh [1991] (OR henceforth) based on
gauge-measured solid precipitation in coastal regions and pits and cores determination of mass
balance inland. lt was recently revised towards lower accumulation in the north-eastern part of the
ice sheet by Friedmann et al. [1994].

Figure 2 : Observed mass balance over
Greenland (from Friedmann et al. [1994]).

Figure 3 : Location of coastal and inland
stations for Figs. 4-6.

Unit : mm/yr.
The importance of model spatial resolution can be readily apprehended by comparing the
three ARPEGE results (Fig 1a-c). This aspect is discussed at longer length in Genthon et al.
[1994]. A number of observed features are already fairly well reproduced a T79 truncation. Going
to T1 06 brings more of the small scale structure but no definite systematic improvement. In fact,
surface temperature is broadly correct in version 0 of ARPEGE (T42, T79), but it is several degrees
C too warm over much of the Arctic (and Greenland) in version 1 (T1 06). We will see next that
precipitation is more abundant in the T1 06 model, a result consistent with a warmer moister
atmosphere. Except in the coldest regions (north-east Greenland), evaporation is also higher so
that mass balance is often smaller than in the colder models.
Figure 3 shows the location of 8 coastal weather stations which have carried out
measurements of precipitation over a fairly long period, and 7 locations inland where reliable pit
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and core measurements of mass balance have been obtained. Figure 4 plots the total precipitation
reported by OR at the 8 coastal stations, along with precipitation interpolated from the gridded
uncorrected and corrected climatologies of Legates and Willmott [1989] (LW henceforth).
Corrections tentatively account, generally empirically, for gauge biases (wind, near-by obstacles ... ).
The agreement between the reported and gridded uncorrected data is good. Apparently, no
precipitation correction is taken into account in OR accumulation climatology, even though
corrections can have large relative contributions (stations 5, 7 and 8).
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Figure 5 compares the corrected LW and
modelled ECMWF, ARPEGE T79 and T1 06
precipitation at the 8 coastal stations, all obtained
using a linearly weighted spherical spatial
interpolation. ECMWF predictions are in good
agreement with observation at 6 out of 8 stations.
ARPEGE T79 simulation is about just as good,
although largest errors are not at the same stations.
ARPEGE T1 06 generally produces higher
precipitation than the two other models, which is
consistent with the fact that it is warmer. Yet, it does
not come out systematically better or worse than the
others. Comparing with uncorrected precipitation
would suggest that all models are two wet.

Figure 6 : Observed (Ohmura and Reeh
Figure 6 compares the mass balance
[1991], Friedmann et al. [1994]) and observed att~e 7 inl~nd stations (OR, Friedmann et
modelled inland mass balance. Unit : al., [1994]) With the Interpolated ECMWF, ARPEGE
mm/yr.
T79 and T1 06 precipitation minus evaporation.
Here, except at the southern-most station, ECMWF
and ARPEGE T79 are too dry. ARPEGE T1 06
expectedly fares better, yet it is also somewhat dry at stations 5 and 6 and too wet southward. lt
is possible that in the three models, the Atlantic air masses flowing from south and west,
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responsible for much of the Greenland precipitation, are too efficiently blocked by topography
ahead of the ice sheet summit (station 5), thus releasing too much moisture at station 7 upstream.
lt is not yet clear why, wether in prediction or climate mode, wether too warm or about
correct for temperature, the three models show this same discrepancy. Apparently, moisture
transport across the Greenland ice sheet is not adequately simulated, even though horizontal
resolution reaches close to 1°. Both ARPEGE and ECMWF models use the same spectral
advection for moisture. Spectral advection generates spurious negative values, particularly in
regions of steep moisture gradients like the ice sheets. The subsequent removal of negative
humidities is somewhat artificial and may result in unrealistic atmospheric dryness and
correspondingly low precipitations. At last, ECMWF itself warns that forecast precipitation fields
before 1991 are of doubtful quality because of "spin-up'' problems [ECMWF, 1994].
Since September 1991, the operational ECMWF model has finer horizontal resolution, it
uses a more performant semi-lagrangian advection scheme, and moisture biases associated with
forecasts "spin-up" have been reduced through improvement of the physics. Other changes have
occurred (i.e. parameterization for horizontal sub-grid diffusion) which are likely to improve
moisture distribution in the model as well. The ARPEGE GCM is also planed to use a semilagrangian advection in the future. Considering that precipitation in GCMs is a particularly sensitive
variable and that it has large interannual variability in the real world, the results presented here are
quite encouraging. Definitely, future ECMWF products are worth checking in the search for a
spatially and temporally comprehensive climatology of atmosphere and surface hydrology, a
particularly wanted data set over the ice sheets where observation is scarce. GCMs in climate
mode lfke ARPEGE also fare rather well and should be able to reproduce reasonably well the
current climate over Greenland in a foreseeable future, thus opening way to experiments of climate
change over ice sheets.
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RIVER \1/ATER INFLOW TO THE ARCTIC SEAS
V. V. Ivanov
The Arctic and Antarctic Research Institute
St. Petersburg, Russia
Section 1; Hydrological cycle
Fresh water of the continental run-off 1 significantly
differing from
salty sea water by its physical-chemical
properties, introduces changes into the pattern of oceanic water
mass movement not directly, but by mixing with salty water. Even
a comparatively small amount of fresh water results in the
formation of more light freshened water in the surface layer,
which 'prevents sinking of the entire water mass of the
supercooled surf~Je layer to the depth. The influence of fresh
water on the water balance and water exchange is particularly
strong in the regions of the fall of large northern and siberian
rivers. River water, incoming to the seas contributes to the
formation of consb:mt outflow currents. It should be noted that
the inflow of comparatively large volumes of river water to the
Arc~tic Sea is related,
first of all, with vast areas of their
~.'later catchment ba<sins and with the ratio of these areas and the
area of the corresponding seas. This ratio is most large for the
Kara (e.s) and Laptev (5.5) Seas and small for the East-Siberian
(L 5), Chukchi (0. 4) and Barents (0. 92) Seas, being on the whole
far the Arctio Seas 2.8, which is approximately twice as large as
such ratio for the Arctic Ocean (L 53) and exceeds almost by 6
times the ratio for the World Ocean on the whole (0.33). Thus,
the role of the water catchment ba<sins in the formation of the
run-off volume is different. The pattern of spreading· of river
water areals in the surface layer of the Arctic Seas in summer
(VIII-IX) is given in Fig. 1.
First estimates of the total inflow of river water to the
Arctic seas refer to 195? /1/. They were obtained on the basis of
pPJi::=essing; dat..a of measured water discharges at downstream
measuring· sections of large rivers for the period of 19;36-1950
ancl by IJsing the ma.p of mean annual run-off on the not
iroest.igated water catchment parts. After this such estimates
wer·? rna.de repeteadly, differing by the .peridd of . procession of
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measured discharges and using different maps of mean annual
run-off. The last most complete estimate is given in the study
with the procession period up to 19?0 /3f4/.
The data on the run-off of large rivers, accumulated in
recent years, as well ,~ the developed methods on indirect
estimates of the river run-off from the not investigated
territories allow one to obtain a mare reliable and detailed
evidence atout the volumes of fresh water incoming to the Arctic
Seas, which is important both for the studies of the Arctic
olimat.e and assessment of the freshwater balance of the Arctic
OceP.n.

ThB present-day coverage of the water catchment basins of
the Itussian Arctic Seas with regard to river run-off is
different. The are.ss of the territories, studied by run-off vary
from 28.8% for the Chukchi Sea basin to 88.9X for the Laptev Sea
Basin. A total coverage of all water catchments of the Russian
Arctic Sea:i is 85.1% (Table 1). It should be stressed that all
ter-ritories, where the systematic run-off observations are
absent, refer to the regions of water catchments of large rivers,
located lower than their downstream measuring sections and
.interfluves, located in tundra and forest-tundra zones.
The total inflow of river water in the Arctic Seas was
calculated on the basis of multiyear data on daily water
discharges at downstream measuring sections of 31 most large
rivers of the basins of the Arctic Seas for the entire work
W?.riod of the hydrolog-ical network up to 1990, inclusively. These
data are published in Hydrological Year Books since the 30s and
in cmrrent publ ioation of the State Water Cadastre, and are also
stored in the a.rohi ves of the AARI. For the regions, located
l JWer than downstream measuring sections, as well as for
int.erfluves of larg·e rivers and islands the run-off was estimated
e-n the basis of the mean annual run-off map, plotted from water
ba.la.nce calculations /2/. The estimates of the inflow were made
in detail for some b.9.Sins of the rivers and the seas, as well as
for the seas of the Russian Arctic on the whole.
The characteristics of the mean annual inflow of river water
to the Arctic Seas are presented in Table 2. As follows from the
Table, mean annual inflow of river water·to the Arctic seas of
1
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the Russian Arctic for the period up to 1990 inclusively
constitutes 28'JO km. with an exceptionally small variability
(Cv=0.05). This is related with different conditions of the
run-off formation in the water catchment areas of the seas. The
largest mean 8~nual river water inflow is to the Kara Sea (1350
km. 0) and the smallest one is to the Chukchi Sea ('?8 km .. ). At
the same time if the river water inflow is referred to the area
af river water spreading areal , then the largest layer of fresh
water occurs in the Laptev Sea (525 cm) and the smallest one - in
the Chuckchi Sea (140 cm)
Mult.iyear variations of the annual river water inflow to the
Arctic Seas are given in Fig. 2. As is seen from the Figure,
multiyear fluctuations of the river water inflow to some Arctic
Seas do not have any visible relationships. The periods with
large water volume in some basins are compensated by the periods
of small water volume in the others. However, fluctuations of
total river inflow to the seas of the Russian Arctic for the
period from 1936 to Hmo had three cycles with small water volume
(1946-1951, 1958-1962 and 1973-1988) with total duration of 26
years and three cycles with large water volumes (1946-1951,
195·9-1@52 and 19?3-1.988) with total duration of 27 years.
As to the multiyear variability of the inflow to the sea, it
ha'":J the largest value for the basins of the East-Siberian
(C\r::O. 21) and Chu.kohi · (Cv=O. 22) Seas and a much less one for the
K.::!ra ~.Cv::0.08), Barents (Cv=0.09) and Laptev (Cv=0.10) Seas. Such
difference in multiyear fluctuations of the river water inflow to
the se.gs is attributed to the location of their water catchment
areas in different climatic regions and to the difference of the
dimensions of the water catchment areas of these these. A small
variability of the inflow to the Kara Sea is additionally
explained by the fact that the water catchment areas of the
largest. rivers Db' and Yenisey are also in different climatic
regions.
The data presented on the annual inflow of river water to
the Arctic Seas are averaged by the shore contour and do not take
into account a concentrated character of the river water inflow
from large rivers to t.he sea, and also the interaction processes
of river and sea waters i.n the estuar:ies and deltas.
o
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In the estuaries of large rivers (Ob', Yenisey, Pyasina,
Taimyr, Khatan~:a and Anabar) the channel lag of river water from
t.he downstream measuring· sections to the sea is, depending an the
season of the year, from one to several months and the water
exch.!3Ilge conditions between the estuary and the sea are affected
by t.he location of the halooline, which changes its position
by hundred kilometers during the year in different mouth areas.
At the conditions of strong storm surges the halooline destroys
far a very short time. This results in the shook outflow of river
water during these periods.
In the delta:~ with many channels (Olenek, Lena, Yana,
Kol\,rma) the inflow of river water to the seas is through the
delta channels, thus governing the need of knowledge of the
run-off distribution by delta channels. This is particularly
import.3nt for estimating the Lena run-off to the different
regions of the Laptev Sea.
To take these factors into aocount is necessary during the
studies of fresh river water areals in the seas when addressing
the climatic and ecological problems.
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THE INITIATION OF ICE SHEET GROWTH, MILANKOVITCH.SOLAR
RADIATION VARIATIONS, AND THE 100 KYR ICE AGE CYCLE
Tamara Shapiro Ledley and Shaoping Chu
Department of Space Physics and Astronomy and the
Earth Systems Division ofthe Energy and Environmental Systems Institute
Rice University, Houston, TX, USA

ABSTRACT: A study of the mechanisms that produce the initiation oflarge scale ice sheet growth has lead
to the identification of the summer solstice solar radiation, as opposed to the summer caloric half-year
radiation, as being of major importance in producing the 100 thousand year ice age cycle found in the geologic
record. Experiments with a coupled climate-thermodynamic sea ice model indicate that this is because the
summer solstice solar radiation occurs at the time of greatest melt, controlling whether or not snow will
survive the summer season, and thus determining whether ice sheet growth can be initiated. The importance
of this relationship is examined further through a statistical study of the summer solstice solar radiation. caloric
half-year radiation, and the geologic record. It was found that the correlation coefficients between the summer
solstice solar radiation and the rate of change of the oxygen isotope record is always greater than that between
the caloric half-year radiation and the rate of change of the oxygen isotope record. These correlation
coefficients are significant at the 99% level, however, the stronger correlation between the summer solstice
radiation and the geologic record is consistent through all time intervals and all geologic records examined,
indicating that it is more important than the caloric half-year radiation in producing glacial/interglacial cycles
on the 10 to 100 thousand year time scale.

INTRODUCTION
Understanding the causes ofthe large scale ice ages over the geologic past has been of interest to the
scientific community ever since the existence of ice ages were established in the late 1800's and early 1900's.
The orbital theory of the ice ages was developed during this period and was published by Milankovitch in
1941, however, the theory could not be tested because of the lack of a continuous geologic record and the lack
of computing power. In the early 1970's both ofthese deficiencies began to be eliminated with the recovery
of deep ocean cores which revealed large scale glacial/interglacial variations in the climate system with
periodicities on the 100, 41, and 23 kyr time scales, and the development of high speed computer which made
the modeling of the climate system, and thus an examination of the impact of changing solar radiation regimes
on the climate system, possible.
There has been much work since that time that has gone into deciphering the causes of the large scale
glacial/interglacial variations in the climate system over the last 700 kyr. While variations on the 41 kyr and
23 kyr time scales seem to be linearly linked to the variations in the distributions of solar radiation at the top
of the atmosphere, Milankovitch solar radiation variations, the causes of the dominant 100 kyr cycle in the
geologic record are still unknown. One of the aspects of this cycle that is not well understood is how large
scale ice sheet growth is initiated.
In this study we examine the question of ice sheet initiation through 1) the use of a coupled energy
balance climate-thermodynamic sea ice model that includes a hydrologic cycle, which computes precipitation,
and a land surface energy balance which determines the net accumulation of snow and ice, and 2) a statistical
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examination of the relationship between the summer solstice solar radiation at 75°N and the oxygen-isotope
record. We also examine what this might mean in terms of a possible cause ofthe 100 kyr ice age cycle.
THE CCSI MODEL
The coupled energy balance climate-thermodynamic sea ice (CCSI) model used in this study treats four
parts of the climate system: the atmosphere over land, the atmosphere over ocean, a mixed layer ocean, and
a ground layer. Energy fluxes are computed at the top of the atmosphere, at the atmosphere-surface interface,
and between latitude zones over land and sea, and are specified in the ocean. The model computes 336 time
steps per year and employs a 10° latitude grid. A detailed description ofthe CCSI model may be found in
Ledley (1988, 1991). The sea ice model (Ledley, 1985a, 1985b) is a three layer thermodynamic model, which
includes conduction within the ice and snow, penetration of solar radiation into the ice, surface energy
balances, leads and sea-ice transport.

In each of the simulations done in this study the minimum land ice albedo is set to 0.53. This is higher
than the observed average value of0.4 (Robock, 1980). However, a higher minimum land ice albedo, as might
be representative of local conditions where ice sheet growth would begin, is necessary to achieve ice sheet
growth. An albedo of0.53 is in the range ofobserved values of surface land ice albedo, and under the present
solar radiation regime ice sheet growth did not begin in the CCSI simulation (Ledley and Chu, 1994a) .
The hydrologic cycle was developed from the thermodynamic energy equation, from which the
moisture transport through the system is computed; and a parameterization of zonally averaged precipitation
rates (Chu, 1993; Chu and Ledley, 1994). The inclusion of the hydrologic cycle and the snow/ice
accumulation and ablation rates in the CCSI model are necessary in this study because they provide a method
by which to identify the mechanisms that either allow or prevent the initiation of ice sheet growth under
varying solar radiation regimes.
ICE SHEET INITIATION EXPERIMENTS WITH THE CCSI MODEL
Simulations of the climate system were performed with the CCSI model where the solar radiation
regimes were chosen to be the present and at times of maximum and minimum summer caloric half-year solar
radiation over the past 160 kyr at 75~. The times of maximum summer caloric-half year solar radiation are
-10, -50, -94, and -12& kyr, and the times of minimum summer caloric half-year solar radiation are -25, -70,
and -115 kyr. (In this study the summer caloric half-year radiation is given as a change from present (1950)
(S)'(t) =(S(t))- (S(O))).
While the times chosen to be simulated by the model were based on the variations in (S)', the model
used the seasonal cycle of solar radiation in each latitude zone to force the modeL It was found that ice sheet
growth could be initiated at times of extremely low summer solstice solar radiation, and that these were times
of maximum ice sheet growth over the past 100 kyr (Ledley and Chu, 1994b). (Summer solstice solar
radiation is also given as a change from present, S'(t) = S(t)- S(O)). To identify the mechanisms by which the
ice sheet growth could be initiated we examined the impact of the various solar radiation regimes on the
simulated surface air temperature and the subsequent impact on the hydrologic cycle. In the following
discussion the we will restrict our comments to the times of ice sheet growth, -25, -70, and -115 kyr, and for
contrast two times ofvery highS', -10, and -128 kyr.
The table shows the impact of the different solar radiation regimes on the surface air temperature for
each ofthe different solar radiation regimes at 75~. The effect of higher S' is to increase temperatures and
thus produce longer periods of ice free conditions, increasing that period by 3 weeks and 5 weeks at -10 kyr
and -128 kyr respectively over the present ice free period. The lowerS' regimes, however, eliminate the ice
free period and allow land ice to grow to 20 m, 23 m, and 23.4 m at -25 kyr, -70 kyr, and -115 kyr respectively
after 120 simulated years (Ledley and Chu, 1994b).
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Month ofMaximum
Change from Present
at 75~

Change in Mean Annual
Surface Air
Temperature From
Present at 75~, K

Time of Solar
Radiation Regime

Maximum Change in
Surface Air
Temperature From
Present at 15~, K

-10 kyr

+4.8

mid July

.+0.8

-25 kyr

-2.8

early July

-0.8

-70 kyr

-2.0

early July"

-0.7

-115 kyr

-3.3

early July

-0.7

-128 kyr

+7.9

early June

+1.1

*Note: At -70 kyr there is a second maximum decrease in the surface air temperature in mid August.
The process by which ice sheet growth is initiated can be seen by examining the changes in the
accumulation and ablation rates, caused by the changes in temperature. Changes in the accumulation rates from
the present for all the solar radiation regimes under investigation here are small, with decreases ranging from
0.001 to 0.025 m yr· 1 averaged over the year.

In the highS' regimes the changes in accumulation rate are small for most of the year with the largest
changes, of about 0.2 to 0.3 m yr·I, occurring during the spring and summer. In the lowS' regimes the changes
in the accumulation rates from the present are again small during the fall, winter and early spring. They then
decrease with respect to the present, on the order of0.02 m yr·1 for the late spring and early summer at -25
kyr, and for early summer at -70 kyr, and -115 kyr. In late July through mid August the accumulation rate
increases, by about 0.02 m yr· 1, with respect to the present under all three lowS' regimes.
The ablation rate of the ice does not differ much from the present for most of the year; however, during
the month of July there is a large decrease in the ablation with a maximum of 3. 7 m yr· 1 for both the low and
highS' regimes. The reason for the difference in the case of highS' is that at -10 kyr and -128 kyr the ice and
snow melt away earlier in the summer
season. Thus the decrease in ablation is
~----~-----------------------.100
the result of there being nothing else to
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These results and the timing of the
large decreases in S' and rapid large scale
increases in ice volume followed by
relatively small changes as seen from the
o180 record (Figure 1) suggests that once
ice sheet growth is initiated, the
sawtoothed nature of the 100 kyr ice age
cycle is produced by periods of relatively
slow changes in ice volume punctuated by
periods of rapid growth at times of
extremely lowS' (Ledley, 1994)
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Figure 1 Comparison of ice volume, a18 0 normalized from Martinson
et al. (1987); and the change in the summer solstice solar radiation, S',
and caloric half-year solar radiation, (S)', from present in W m·2 at

75°N
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SUMMER SOLSTICE SOLAR
RADIATION AND THE GEOLOGIC
RECORD
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The relationship between the
initiation of ice sheet growth and S'
found in the modeling study led to the
question of whether it held up through
the geologic record. In order to address
this question a series of statistical tests
were carried out with S', (S)', and
various 6 180 records. The records used
were SPECMAP (lmbrie et al., 1984),
ODP 677 (Shackleton and Hall, 1989;
Shackleton, Berger, and Peltier, 1990),
and a chronology developed by
Martinson et al. (1987).
Figure 1 shows the stacked
oxygen-isotope record ( o18 0, thick
solid line) (Martinson et al., 1987,
Pisias, 1984), which is a proxy for ice
volume, sampled every 2000 years over
the past 292 kyr, S' (thin solid line),
computed every 2000 years over the
past 292 kyr at 75°N, and (S)' (dotted
line) computed every 2000 years over
the past 292 kyr at 75~. This picture
indicates that times of extremes in S' are
times of rapid change in the o18 0
record. This can be seen more clearly
in Figure 2 which shows S', (S)', and the
change in o18 0 from its value 2000
years before (~o 180(t+1) =o18 0(t+1)o180(t)) over 292 kyr. Here we find for
each maximum (minimum) inS' the rate
of decrease (increase) in the ice volume
is a maximum.
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Figure 2. Comparison of the rate of change of ice volume, fl5 18 0 from
the smoothed normalized Martinson et al. (1987) record; and the
change in the summer solstice solar radiation, S', and caloric half-year
solar radiation, (S)', from present in W m·2 at 75°N
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Figure 3 Correlation coefficients between tl5 180 and S' (solid colored
bars) and between tl5 18 0 and (S)' (hatched bars). Three tl5 18 0 records
are used, SPECMAP (lmbrie et al., 1984, first pair of bars), ODP 677
(Shackleton and Hall, 1989, second pair of bars), and Martinson et al.
(1987, third pair of bars). Correlation coefficients are for 1) total
record, 2) 0-158 kyr, 3) 160-320 kyr, 4) 322-484 kyr, 5) 486-646 kyr,
and 6) 646-782 kyr. Martinson et al. (1987) record extends to 292 kyr.

The relative importance of S' and (S )' to the !:::. o180 record was examined by computing the correlation
coefficients between S' and ~ o18 0 and between (S )' and !:::. o180 over the length of the records and over time
intervals within the records. The correlation coefficients and the 9911/o significance levels are shown in Figure
3. All correlation coefficients between ~6 18 0 and S', regardless of the source ofthe record or the time
interval over which the correlation coefficient was computed, are statistically significant at the 99% level. In
addition, the correlation coefficients between ~ o18 0 and (S )' are always smaller than between ~ o18 0 and S'
for the same ~ o180 record and time interval, and in two cases the correlation coefficient between the ~ o18 0
record and (S )' are not significant at the 99% level. This indicates the greater .importance of S' as compared
to (S )' in controlling large scale ice volume.

Acknowledgments: The authors would like to thank P.H. Reiff, G. Matteucci, R. Dunbar, and A. Droxler for
useful discussions during the course of this work. This work was supported by the National Science
Foundation under grants ATM93-14730, ATM92-14650, and OPP93-16633.

129

REFERENCES
Chu, S., 1993: A study of the impact of doubling carbon dioxide and solar radiation variations on the climate
system. PhD thesis, Rice University 146pp
Chu, S. and Ledley, T.S., 1994: A hydrologic cycle parameterization for energy balance climate models,
submitted to J.Geophys. Res. -Atmospheres.
Imbrie J., Hays, J.D., Martinson, D.G., Mclntyre, A, Mix, AC., Morley, J.J., Pisias, N. G., Prell, W.L., and
Shackleton N.J., 1984: The orbital theory ofPleistocene climate: support from a revised chronology
of the marine o180 record. AL. Berger et al. editors, Mi/ankovitch and Climate, D. Reidel, Dordrecht,
269-305
Ledley, T. S. , 1985a: Sensitivity of a thermodynamic sea ice model with leads to time step size. J.
Geophys. Res., 90, 2251-2260.
Ledley, T.S., 1985b: Sea ice: multi-year cycles and white ice. J. Geophys. Res., 90, 5676-5686.
Ledley, T.S., 1988: A coupled energy balance climate-sea ice model: impact of sea ice and leads on climate.,
J. Geophys. Res. 93, 15,919-15,932.
Ledley, T.S. 1991: The climatic response to meridional sea-ice transport. J. Climate, 4, 147-163.
Ledley, T.S., 1994: Summer solstice solar radiation, the 100 kyr ice age cycle, and the next ice age, submitted
to Science.
Ledley, T.S., and Chu, S., 1994a: Global warming and the growth of ice sheets. Climate Dynamics, 9, 213219.
Ledley, T.S., and Chu, S., 1994b: The initiation of ice sheet growth, Milankovitch solar radiation variations,
and the 100 kyr ice age cycle, submitted to Climate Dynamics.
Milankovitch, M., 1941: Canon of Insolation and the Ice Age Problem, Beograd, Koninglich Serbische
Akademie. 484pp.
Martinson, D. G., Pisias, N. G., Hays J.D., Imbrie, J., Moore, T.C., and Shackleton, N.J., 1987: Age dating and
the orbital theory of the ice ages: development of a high-resolution 0 to 300,000-year
chronostratigraphy, Quaternary Research, 27, 1-29.
Pisias, N. G., Martinson, D.G., Moore, T.C., Shackleton, J.J., Prell, W., Hays, J. and Boden G., 1984: High
resolution stratigraphic correlation ofbenthic oxygen isotopic records spanning the last 300,000 years,
Marine Geology, 56, 119-136.
Robocl<, A, 1980: The seasonal cycle ofsnow cover, sea ice and surface albedo. Mon. Wea. Rev., 108, 267285.
Shackleton, N.J., and Hall, M.A, 1989: Stable isotope history of the Pleistocene at ODP Site 677,
Proceedings of the Ocean Drilling Program, Scientific Results, Vol Ill, 295-316.
Shackleton, N.J., Berger, A, Peltier, W.R., 1990: An alternative astronomical calibration of the lower
Pleistocene timescale based on ODP Site 677, Transactions of the Royal Society of Edinburgh: Earth
Sciences, 81, 251.

130

RESEARCH RESULTS FOR EVAPORATION FROM DIFFERENT
LANDSCAPES IN THE ARCTIC ZONE
S.M. Novikov & S.A. Trofimov
State Hydrological Institute, St.

Petersburg,Russ~a

Cultivation of oil and gas deposits in West Siberia in the
middle of 1960s' initiated multipurpose heat and water balance investigations in this vast area, the Arctic zone included.
Evaporation is one of the main heat and water balance components for the Arctic land. Up to early 1980s' evaporation was not
studied in polar regions. Multipurpose investigations of that very
important heat and water balance component were organized. in 1981
when a field team was formed at the State HYdrological Institute
(SHI). Evaporation measurements were made at three permanent stations
located in different pbysiographic regions of the permafrost zone
in West Siberian Lowland. One of the stations {"16th km") was in the
Nadym river basin, the other two stations ( "lfovoportovsk:y" and
"Severny") were located in the south and in the north of the Yamal
Peninsula, respectively.
Palsa bogs are most typical of the landscapes in the south
of the permafrost zone of West Siberia; in the north, the Yamal
Peninsula included, polygonal swamps are most wide-spread. Clalsification developed at the SHI (Novikov & Usova, 1979, 1987) was used
for selection and description of swamp micro-landscapes; classif'ication of VSEGINGEO (Anon., 1983) was used to characterize the landscapes of localities and tundra faeies.
Equipment for observations at "16th km" station was installed on different palsa-bog micro-landscapes composed of' low (flat)
peat hillocks and moistened depressions or lakes. Palsa bop are
described in details in (Anon., 1976; Novikov & Usova, 1979).
According to the above classification (Anon., 1983), "Novoportovsky" station was located partly in the coastal area and partly
in the lacustrine-swamp locality of the South Yamal landscspe, on
3rd coastal lowland. This area is characterized by a variety of
poorly drained low hillocks with bushes, moss and herbs and gentlesloping hillocks vli th spots of bushes, moss and lichen tundra f'aeies.
Swamps are presented by groups of polygonal micro-landscapes and
lowland thawed non-complex micro-landscapes covered by herbs and
moss.
"Severny" permanent station was located among hills and
ouvals of the North-Yamal landscape, on the 3rd coastal lowland.
Tundra facies are predominant here {more than 90% of the area),
where hummocks with herbs, bushes, moss and lichen prevail. Swamps
in the region of the station are polygonal with pools arranged in
the form of terraces; on watershed-divide areas polygonal and
fractured micro-landscapes occur. Swamps of non-complex structure
are characterized by lowland moss-herbs and moss-herb-bushes microlandscapes.
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Evaporation from land was studied by the method of evaporimeters and by the energy balance method.
Evaporimeters GGI B-1000 (with monolith surface area of
1000 sq.cm) were placed on typical elements of the morphological
structure of the study swamp micro-landscapes and tundra faeies.
At "16th km" station evaporimeters were placed on a flat hillock
and in a mire; at '*Novoportovsky" station - on a moss-bush-lichen
polygon, in a sedge-moss pool and in a moss-herb fracture of the
polygonal-pooled micro-landscape, as well as on the bush-moss-lichen
and bush-moss-herb facies of the complex tundra area. In the north
of the Yamal Peninsula ("Severny" station) evaporation was observed
on a moss-herb swell and in the sedge pool of the polygonal-pooled
micro-landscape, as well as in the herb-moss facias of the tundra
landscape.
Evaporation measurements by gravimetric evaporimeters were
made on pals a bogs during .3 years, on polygonal swamps - during 7
years. The advantage of this method is a possible assessment of
space evaporation variety not only in case of another landscape type
but in case of changes in the landscape with a complicated morphological structure. Evaporation from the whole swamp micro-landscape
or tundra facies is determined as mean-weighted value with account
of the area in per cent, occupied by individual elements of their
morphological structure.
The energy balance method with hourly actinometric, energybalance and gradient observations during particular days (Moskvin &
Kanavina, 1980) makes it possible to determine evaporation from the
total micro-landscape or facies. In the south of the Yamal Peninsula
this method was applied for evaporation measurements from polygonalpooled swamp micro-landscape and from bush-moss-lichen mosaic tundra;
in the north of the Yamal Peninsula observations were made on polygonal-fractured and polygonal-pooled micro-landscapes. More than 70
daily series were made for the observation period.
On the basis of the obtained experimental data some laws were
established for evaporation from land; a mathematical model of water
and energy regime in palsa bogs (Moskvin & Novikov, 1984) and design
dependences to determine evaporation from different types of landscapes of the Arctic zone were developed from standard meteorological
information of the type:
where: E - evaporation (mm); ~ - empirical coefficient depending on
the rate of moisture content in the underlying surface and on the
transpirating capacity of the plant cover; B - radiation balance
(k joule/sq.cm); C - evaporation due to heat advection from the
adjacent area (mm).
As the experimental data analysis shows, the role of the
advective energy during evaporation from flat moistened landscapes
in the permafrost zone is quite insignificant. Therefore, when evaporation is computed for rather long intervals (10-day, month,
season) the value of 0 is neglected.
Moisture content in the underlying surface and transpirating
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capacity of the plant cover :are the fac;tors which determine a space
variability of evaporation, except radiation balance. When evaporation is computed, these factors are taken into account by coefficient
derived from experimental data.
The values of coefficient
landscape elements are given below.

(mm sq.cm/k joule) for various

Zone of palsa bogs
Micro-landscapes with flat hillocks: hillocks with predominant moss cover- 2.63; hillocks with predominant lichen cover- 2.37.
Zone of polygonal swamps
South Yamal landscape. Micro-landscapes: polygonal-fractured
- 1o72; polygonal-pooled- 2.21; flat-hillock-mired- 2.29; mossherb (thawed}- 2.10. Tundra: bush-moss-lichen- 1.08; bush-mossherb - 1.43.
North Yamal landscape. Microlandscapes : polygonal-fractured
- 1.72; polygonal-pooled- 2.67; herb and moss-herb - 2.63. Herbmoss-bushed tundra - 2.34.
Analysis of the observation data and computations made it
possible to discover some laws and peculiarities in the regime of
evaporation from the arctic land. It was established that evaporation was distributed during a season in the following way: June-30%,
July - 40%, August - 20%, September - 10% of the total seasonal
evaporation. Maximum evaporation is observed from thawed herbs and
moss-herbed swamp landscapes {264 mm on average for the warm period),
the minimum evaporation is from polygonal-fractured (108 mm) and
bush-moss-lichen mosaic (106 mm) tundra micro-landscapes. This great
difference in evaporation is explained by the fact that the former
micro-landscapes occur in lowered more moistened areas, while the
latter ones occur on more drained areas with lichen cover. In the
southern part of the Yamal Peninsula evaporation from polygonal
swamps is higher by 30%, if compared with tundra facies evaporation;
in the north of the Yamal Peninsula it is higher by 12%. Evaporation
may also differ within the same locality, if the types of tundra
landscapes are different. For example, evaporation from flat mosaic
tundra usually located on raised terrain is 20-30% less than from
hillocked poorly drained tundra.
Evaporation frpm water suTfaces was studied by GGI-3000 pans
installed on the water areas of small lakes typical of the region.
Observations were made during 2-3 years on four lakes in the basins
of the Pur-Pe, Tydyotta and Hutta rivers and in the southern Yamal
( "Novoportovsky" permanent station).
Experimental studies of evaporation from water surfaces
resulted in a more precise basic design dependence (Anon., 1969)
for .the conditions of the permafrost zone (Novikov & Moskvina,1988).
Using this dependence, mean long-term evaporation from the lakes
of the northern West Siberian Lowland was computed from meteorological observation data. The computation results were mapped. When
analysin~ the obtained dataJ it is possible to see great changes in
evaporat~on over territory lfrom 385 mm in the south up to 99 mm
in the north) •
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Distribution of mean long-term evaporation by months in per
cent of the total evaporation for the warm season is as follows:
for the southern part of the region in June - 24%, in July - 39%,
in August - 24%, in September - 12%, in October - 1%; for the north
of the region (northward the Polar Circle) in June - 3%, in July 32%, in August - 41%, in September - 23%, in October - 1%.
Evaporation from lakes is about the same as from lopygonalpooled swamp micro-landscapes.
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INTERANNUAL VARIABILITY IN PRECIPITATION MINUS EVAPORATION OVER THE
ARCTIC, 1974-91
Mark C. Serreze 1, Roger G. Barry 1, Mark C. Rehder 1, John E. Walsh2
1cooperative Institute for Research in Environmental Sciences
Division of Cryospheric and Polar Processes
University of Colorado, Boulder, CO USA
2Department of Atmospheric Sciences
University of lliinois- Urbana-Champaign
Urbana, IL USA
The characteristics of atmospheric water vapor over the Arctic are examined using an 18yearrecord (1974-1991) of soundings for all land stations north of 65°N, nearly 17,000 soundings
from the "North Pole" series of drifting ice station (1954-1990) and a roughly equal number made
from ships (1976-1991). Mean annual and seasonal aspects of the spatial and vertical distribution
of water vapor and vapor fluxes are examined for the entire Arctic Basin, as well as for zonal
means. Fluxes across 70°N illustrate the major transport pathways of water vapor into and out of
the Arctic. Precipitable water vapor, integrated to 300mb, has winter values ranging from 3.8mm
for 65-70°N and 1.8mm for 80-90°N, with July maxima of 18.2mm and 12.5mm, respectively.
The largest winter zonal and meridional transports are found over the Atlantic sector, representing
the primary transport pathway of water vapor into the Arctic Basin. Large transports reflect the
position of the primary North Atlantic cyclone track. Alaska and western Canada is the only
region with equatorward, time-mean flow consistent with the western North American Ridge.
The mean vapor flux convergence averaged over the region north of 70°N ranges from 9.6
mm in January to 22.1 mm in September, two months after the peak in precipitable water vapor in
July. Summed over all months, the flux convergence corresponds to an excess of precipitation
over evaporation of about 163 mm. This value is up to 36% greater than previous estimates. P-E
shows large variability on monthly to annual time scales. Annual totals range from a low of 125
mm during 1978 to a high of 203 mm during 1981. Year-to-year variations in P-E are largely
determined by variability in the meridional flux from the prime meridian to about 140°E; years
with high values of P-E correspond to strong poleward fluxes along this sector. This suggests a
significant role played by variability in the North Atlantic cyclone track and, during summer, the
influx of cyclones from Eurasia generated along the climato1ogical Arctic front. No trend in
annual P-E is apparent over the 1974-1991 period.
material published in:
Serreze, M.C., R.G. Barry and J.E. Walsh, 1995: Atmospheric water vapor characteristics
at 70 degree N, J. Climate 8:719-731.
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SUBSURFACE INFLOWS INTO THE ARCTIC SEAS
B.L.Sokolov,M.L.Markov
State Hydrological Institute, St.Petersburg, Russia
In the formation of water balance and hydrological river regime in the Arctic sea basin, especially in its Asian sector, the role
of the water seasonal phase transformation is quite essential. These
transformations are accompanied by the annual formation of ice of different types, both on the surface and under the surface: subsurface
ice, river ice, the aufeis of the subsurface water, aufeis of the river-,lake- and snow water. All combined, they represent seasonal freezing (SF), characterized by an accumulation of ice in winter and its
practically complete melting in warm seasons.
At the State Hydrological Institute, investigations that have taken many years have been completed on the spread, formation, and hydrological role of SF in the North-East of Russia, South Yakutia and in
the Transbaical area. Observations were made at the experimental proving grounds and in permanent expeditions; various route researches,
aerial survey and catalogues of aufeises were made.
Generalization of the experimental data and employment of a series of specific computation methods, elaborated at SHI, enabled a rough
determination of the volume of water in nature which is annually involved in seasonal freezing (SF) on the territory of the Arctic basin
of Russia. It makes about 120 ckm of water of which the aufeis of
subsurface ice makes 50 ckm, the aud'eis of the river water makes 45
ckm, the river ice makes 15, and the seasonal: subsurface ice makes
10 ckm. This volume is almost 5 times greater than that of the ice
discharge in the mountaineous regions of the UIS (Union of Independent
States).
Seasonal freezing (SF) results in the transformation of the inflow into the seas: in the redistribution of a considerable part of interrelated atmospheric, surface- and subsurface water in time - in the
annual and long-standing cycles.
The transformation of the runoff into the Arctic Seas takes place
on account of two processes. The first process is connected with the
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accumulation of the winter runoff in the above listed types of SF and
in its redistribution for the warm period. The second type of the runoff transformation is connected with the winter decrease of the discharge capacity of the geofiltering medium and river beds when their
freezing is fast. Then there is an additional resistance to the flow a kind of a specific cryogenic barrage. It is manifested more clearly
on small streams where the subsurface water discharge in winter is
less intensive than in warm seasons. While on the large rivers there
is a great reduction in flood retention capacity when there is no inflow of small rivers, or when the inflow is rather small. In some cases
these capacities cannot provide the streamflow until the end of the
winter period and large rivers get intermittent. There appears a state
of non-equilibrium in the streamflow rate within the basin, characterized by a greater decrease of water resources in the lower links of
the hydrographic network, compared to the higher links. During the
winter thaw or by the end of winter the non-equilibrium state is levelled. Then there may occur a natural discharge of the water that had
been detained in the zone of the formation of cryogenic barrage. That
can often be observed during a period of critical water content. As a
result of that there may be a 1.5-2 months shift of the discharge minimum on small and medium sized rivers of the cryolithozone from the
end of winter towards its middle. The values of the discharge minimum
increase too,and winter floods may occur.
Results of the investigations have shown that from 1-3%. up to
10-15% of the annual streamflow is controlled in the Arctic zone by
SFJ which affects the winter runoff most strongly. Only a small part
of the subsurface outflow from the drain layer aquifers that flows into the rivers is registered in the discharge sites. The bulk of the
water is spend on forming the ice sheet. For example, in the Yana, Indighyrka and Kolyma basin the volume of water that goes on forming ice
exceeds that of the winter discharge in the estuary control site by
11; 2.8; 0.7 times (see the table).
exerts a considerable, sometimes even decisive influence on
river alimentation. In some basins of the North-East of Russia,SF
controls about 60-70% of the annual subsurface discharge.
SF
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The space-time transformation of the base flow by cryogenic barrage goes on like this: in small river basins the inflow of subsurface
water to river valleys in winter is retained by gravity. As a result
of the cryogenic barrage, these waters are imperfectly drained by the
river, and there is redistribution of the mass of water in the basin
from the watershed divide to the channel. To hold in the mass of water it is necessary to preserve and even strengthen the cryogenic
barrage, which is facilitated by the fall of temperature in the first
half of winter. In the second half of the cold season the temperature
of the air rises, and inste~j of freezing a process of melting in taliks and river sets in. As early as late February the ice on the lower
surface of the cryolithozone rivers begins to melt. According to the
assessment of SHI, the cryogenic barrage weakens, and the stream of
the water that had been stored in the valleys near the river bed increases 2-3 times and flows into the river. Partly spent on forming the
aufeis, this water runs down both on the ice and through the subglacial channels. Reaching the lower links, it fills the depleted aquifers,
connected with the rivers. After the riverein subsurface part of the
catchment area of large and medium-sized rivers have been filled, their drainage provides positive values of the subsurface inflow, levelling it and at the same time increasing its share in the annual value
of both large and small rivers during the summer months that follow.
Results of the investigations have shown that SF affects greatly
the thermal and hydrochemical regime of rivers, the sediment discharge
and the evolution of river bed.

Characteristics of seasonal freezing of some Arctic rivers
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HYDROLOGICAL CYCLE MODELLING FOR ARCTIC RIVER BASINS

Yu.B.Vinogradov
State Hydrological Institute, St. Petersburg, Russia
T.A.Vinogradova
Arctic and Antarctic Research Institute,
St. Petersburg, Russia
The
operation experience of
the
"HYDROGRAPH"
universal
mathematical model of runoff formation developed by (Vinogradov,
1988) for specific conditions of the Arctic zone is described. The
"HYDROGRAPH"
model
is
a
sufficiently
complicated
physically
justified system with distributed input and parameters. During the
recent years
the model has been greatly improved to simplify
unjustified complexities, to eliminate a number of algorithmic and
program shortcomings and to systematise parameters.
By its essence and algorithmic content, the "HYDROGRAPH" model
differs greatly from many existing models. The model is free from
enormous and unjustified computations which take the major portion
of time in many similar models. I mean some erroneous ideas on the
adequacy of the applied equations of water flow in the basin to
actual natural processes.
The model is oriented to the simplest network meteorologic
information (air temperature and humidity deficit, precipitation
depth, duration of rainfalls) with a simultaneous use of methods
stimulating a higher efficiency of the model~ These methods include
the use of effective temperature and humidity deficit of the air
which differ from the usual values by an additional addend
proportional to the direct solar radiation computed for particular
conditions
(latitude,
longitude, slope, exposure).
It is very
important to note a specific purpose of input meteorological
parameters at representative (design) points (nodes of space grid)
for the air temperature with the account of climate altitudinal
gradients, and for precipitation by interpolation of not direct
values but of those related to the annual sum, which is estimated
independently.
In fact, all the parameters are specified from a priori data.
This is achieved by the following:
( 1) Generalisation of information on numeric values of the
parameters which have a clear physical sense, which are determined
under laboratory or field conditions and which are related to the
type of landscapes as runoff-forming complexes (RFC) located in
various
physiographic
conditions.
These
are
mainly
physical
properties of the soil-plant column (litho-pedo-phyton).
(2)
Correction
of
individual,
specially
selected
few
parameters at the model simulation in the optimisation mode. Model
calibration in its pure way, when a simultaneous assessment is made
for a number of parameters, i.e. quite impossible method which leads
to uncertain results. Assessment of some parameters by means of
solving inverse problems at minimisation of the appropriate quality
criterion is possible and reasonable not only by comparing the
computed and observed runoff hydrographs but by using data on water
equivalent of the snowpack,
snowpack density,
temperature and
moisture contend of soil.
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(3)
Normalising
(use of relative values)
of parameters.
Distributed model parameters are possible over area and over soil
depth.
A regulated system of representative points
(RP)
is
arbitrarily combined with the map of the river basin. The points are
located in the centres of equal
circles
distributed as dense as
possible
on
the
plane
{hexagonal
package) .
Meteorological
information is either interpolated at RP (Interpolating weather
model) or generated in the simulation mode according to appropriate
algorithms {Stochastic weather model). Since the
RPs
fall within
some RFC, its parameters are given to these RPs.
All computations for each RP are repeated in several versions
according to space heterogeneity of water equivalent of snowpack
over the slope. Runoff values for design time interval are averaged
for all versions. This approach is explained by a desire to take
into account the space heterogeneity of snowpack depths and it is in
an agreement with the so-called "mosaic" snow landscape.
According to the depth, the soil is divided into ten design
layers {DL) usually (non obligatory) of similar depth of 0.1 m.
The model output is a continuous hydrograph of runoff at the
outlet during the required number of years. Simultaneously certain
variables of the state of the model system are computed, i.e., soil
temperature and moisture content; a continuous ratio of water
balance components is checked.
Any design time interval can be selected, but a 24-hours
interval, or shorter, is most suitable.
Different numeric coefficients are present in the model
algorithm. These are: constants (of density, specific mass heatbearing capacity, coefficients of heat conductivity of water and
ice, etc.) , conventional constants, basin characteristics {length,
area, slope), characteristics of RFC {depth of the moss-lichen
cover,
depth of organogenic layers, etc.), parameters of RFC
{density, specific mass heat-bearing capacity, coefficient of heat
conductivity of soil particles; porosity, maximum water-bearing
capacity, coefficient of DL filtration, amount of water intercepted
by the top cover; parameters of evaporativi ty; phenological dates;
runoff transformation parameters; ravine area, etc.).
A parameters is a numeric coefficient in the algorithmic model
system, specified relative to particular object as a constant but
varying from one RFC to another RFC and from one basin to another
basin. Thus, parameters contain information on the geographic
peculiarities of the terrain.
Some brief information on the number of different values
included into the "HYDROGRAPH" model is given below:
Constants
7
Conventional constants
29
Meteorological variables:
input
4
derivatives
15
Parameters:
runoff-forming complexes
29
regulating capacities of underground outflow
2
representative points
5
Characteristics:
representative points
8
design layers of soil
1
river basin
2
Variables of the state:
snowpack
4
land surface
2
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design layer of soil
5
regulating capacities of underground outflow
1
Variables in algorithms
more than 100
Number of design layers of soil
10
Number of regulating capacities of underground outflow
up to 15
The total number of values in the computing system available tends
increase proportional to the number of DLs, regulating capacities of
underground outflow, representative points.
In case of the Arctic zone, the model blocks where phase
transitions of soil moisture are computed become very important.
Operation of the model under the condition of long-term frost and
seasonal soil thaw for tundra landscapes was quite effective.
Runoff hydrograph modelling was made for the Sula river and
its tributary - Nyashenny brook at Kotkino (Pechora basin).
The Sula river: drainage area - 8500 sq.km, maximum elevation
- 160 m, elevation at the outlet - 16 m, number of RPs - 18, birch
and spruce open woodland - 30%, bush and moss tundra - 70%.
The Nyashenny brook: drainage area
16.1 sq. km; maximum
elevation - 71 m, elevation at the outlet - 16 m, number of RP - 1,
tundra area - 100%.
Continuous runoff hydrograph for 1979-1983 were obtained for
the above two rivers. A good agreement between the computed and
observed hydrographs shows a stability and efficiency of the model
algorithm. It should be noted that this agreement was achieved only
after multiplying the precipitation depth by coefficient 1.2 during
snowfalls
which
corresponds
to
a
popular
viewpoint
on
the
underestimation of solid precipitation measured in the Arctic
tundra. The accuracy of maximum discharge computation, dates of
maximum discharge occurrence and annual runoff depths are given in
the Table below. Most of the model peaks correspond to the observed
ones. In some cases there is a shift in the date. It is explained by
non-account of the time of precipitation fall, which is always
related to the beginning of the design time interval.

Table.

Comparison of Observed and Computed Characteristics
of Annual and Maximum Discharges
from the Sula River and the Nyashenny Brook at Kotkino
for 1979-1983

-----Sula river

Year

1979
1980
1981
1982
1983

Maximum water
discharge,
cu. m/s

Nyashenny brook

I

Date of the
maximum

Annual runoff
depth,
mm

Maximum water
discharge,
cu. m/s

---

Date of the
maximum

Annual runoff
depth,
mm

comp.

obs.

comp.

obs.

comp.

obs.

comp.

obs.

comp.

obs.

comp.

obs.

1353
1166
1637
1118
919

1280
1020
1420
1320
1020

14.05
31.05
02.06
16.05
16.05

14.05
31.05
03.06
10.05
15.05

368
284
420
362
394

359
293
466
353
447

5.95
2.63
4.55
5.56
3.79

6.22
2.97
3.80
4.83
3.67

05.05
13.05
01.06
01.05
11.05

06 . 05
11.05
01.06
01.05
10.05

368
274
366
375
364

358
255
372
378
391

--
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During the spring snowmelt flood the missing of small peaks
preceding he major maximum or any delay in the rising limb of the
hydrograph are related with the computation of mean daily air
temperature.
During flood recession the computed peaks are systematically
lower due to thaw delay in the model which is explained by a poor
know-ledge of the properties of the moss-lichen cover.
These
shortcomings are to be corrected.
The authors expect a new progress if the "HYDROGRAPH" model is
combined with another climate model of similar capacity into a
single hydrometeorological model system.

Reference

Vinogradov Yu.B. 1988. Mathematical modelling of runoff formation. A
critical analysis. Gidrometeoizdat, Leningrad, 312 pp.
(in Russian) .
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ATMOSPHERIC WATER V APOR CONVERGENCE AND RIVER RUNOFF
IN NORTHERN HIGH LATITUDES
John E. Walsh, Diane Portis, and Xin Zhou

University of Illinois
Urbana, IL 61801, U.SA.
1.

INTRODUCTION

This study is an evaluation of atmospheric water vapor convergence over the Arctic Ocean
and a large high-latitude river basin (the Mackenzie). The specific objectives are to
(1)
(2)
(3)

evaluate the interannual variability ofregionally-averaged precipitation minus evaporation in
northern high latitudes,
compare the seasonal cycles of regionally-averaged precipitation and evaporation over
terrestrial and maritime domains, and
use the results to obtain inferences about the linkages between precipitation, evaporation and
runoff over monthly to interannal timescales.

The study is motivated by the fact that the hydrologic cycle of the Arctic Ocean is critically
dependent on precipitation over the Arctic Ocean and on runoff derived from precipitation over
northern land areas. Unfortunately, the distribution of precipitation in the polar regions is poorly
known. Existing measurements from surface stations may be inadequate for computing areal
means because (a) the station distribution is sparse, (b) the topography of many high latitude land
areas is complex, and (c) gauges generally "catch" only a fraction ofthe precipitation in areas where
wind-driven snow is common.
While precipitation is the most commonly measured hydrologic variable, one can argue that a
hydrologically more relevant quantity is the net difference between precipitation (P) and evaporation
(E). P - E represents the net gain of water by the surface through exchanges with the atmosphere.
It has the additional advantage that its areal average can be estimated by the so-called "aerological"
approach, in which vertical profiles of atmospheric humidity and wind are used to compute the net
convergence of moisture into a particular region. This approach is summarized in Section 2.

2.

METIIODOLOGY AND DATA

The aerological approach to the estimation of P - E is based on the expression for the rate of
change of water vapor, W, in an atmospheric column:

aw

~

..

dt+v·Q=E-P

v.

(1)

where
is the horizontal divergence operator and Q is the vertically integrated product of the
humidity (q) and the wind (\1) . According to (1), the vapor convergence or divergence (corrected
for the temporal change of W) is equivalent to the areal-time mean of P - E. Over long time
Q and P-E. For an area A, the flux divergence
periods, ()WJ()r is usually much smaller than
term in (1) can be rewritten using Gauss' theorem.

v.
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where dC is a segment of the domain boundary and fi is a unit vector normal to the boundary.
Estimation of the regional P - E then reduces to a summation of the cross boundary flux over all
segments of the boundary.
Figure 1 shows the Arctic Ocean (A) and Mackenzie River Basin (M) domains used for the
The results reported here are based on twice-daily (00 UTC and 12 UTC)
computations of V .
rawinsonde reports tOr an 18-year period, 1973-1990. The number of twice-daily soundings over
the 50-90.N region was typically 200-250 (see Fig. 1). The vertically integrated fluxes for each
latitude-longitude grid, and monthly means of
Q
launch time were interpolated to as· x
were evaluated by averaging the twice-daily values.

n.

w·

3.

v.

RESULTS

v.

Figure 2 shows the monthly and annual time series of the moisture flux convergence (
Q)
over the Arctic Ocean domain. The monthly time series is dominated by the strong annual cycle, as
the equivalent areal averages typically range from 0.5-1.0 cm mo-l during winter to 2--4 cm mo-l
during summer. The flux convergence tends to peak in September, although the peak can occur a
month or two earlier or later in individual years. The net convergence is positive in every month of
the 18-year period. The maximum monthly values, as well as the annual values to which the
maximum monthly values contribute strongly, show some indication of a multiyear cycle during
the 1970s and 1980s, with minima in 1977-78 and 1987-88. The 18-year annual mean of the time
series is approximately 17.3 cm yr-1; the annual values range from 12.8 cm to 22.5 cm. This range
implies that, in an areally-averaged sense, the Arctic Ocean's annual net gain of fresh water from
the atmosphere can vary by nearly 10 cm(± 25-30% of the annual mean) over a period of
approximately two decades. The percentages are considerably larger for monthly and seasonal
departures.
For comparison with the derived values of V. Q , we have evaluated the monthly areal
means of precipitation over the Arctic Ocean from the charts of Gorshkov (1983, World Ocean
,AW, Yol. 3: Arctic Ocean). As shown in Fig. 3, the annual cycles of moisture convergence and
Gorshkov's precipitation amounts are quite similar. Figure 3 also shows that 18-year mean
monthly values of areally-averaged dW/dt and, by the use of (1), residual estimates of E. These
estimates of E range from approximately zero during September-April to approximately 0. 7 cm
mo-l in July and August. The four-month period (May-August) of largest E corresponds well
with the strongest insolation and the occurrence of melt in the Arctic Ocean. The small negative
values of E in February and September are probably not real but are indicative of the uncertainties
in the estimates of E as residuals. Nevertheless, Fig. 3 shows that the atmospheric component of
the Arctic Ocean's hydrologic cycle is dominated by the convergence of atmospheric moisture flux
rather than by evaporation from the surface. However, the corresponding plot for the Mackenzie
domain (Fig. 4) shows that local evaporation is comparable in magnitude to precipitation during the
summer months: E/P exceeds 0.85 in June, July and August. The corresponding fractions for the
Arctic Ocean are less than 0.25 (Fig. 3). Thus, the summer peak of precipitation over the
Mackenzie domain corresponds to a peak of regional evaporation. The atmospheric water vapor
flux convergence into the Mackenzie domain is a minimum during the months of maximum
precipitation. Figure 4 also shows negative values of E (0 to -1 cm mo-l) during the winter
months. If water vapor deposition is indeed negligible, then the results imply that station
measurements underestimate the monthly P by 0--1 cm mo-t, or by about 15%-35%, during the
winter months.
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Finally, the atmospheric components of the Mackenzie hydrologic budget were compared
with the Mackenzie River discharge data provided by the Canadian Atmospheric Environment
Service's Hydrometeorological Processes Division in Saskatoon. These data are monthly values of
the Mackenzie River flow at Arctic Red River, approximately 150 km from the Mackenzie's mouth
at the Beaufort coast. Figure 5 shows the annual time series of May-September discharge as well
as the time series of flux convergence and area-weighted station precipitation for May-July. The
years of largest flux convergence (1977, 1988) are years of above-normal discharge, although
other years of above-normal discharge (1974, 1975) are not years of anomalously large moisture
convergence. The correlation coefficient, r, obtained from the annual values of discharge and
May-July flux convergence is 0.51 (r2 =0.26); the corresponding correlation (r) between discharge
and area-weighted station precipitation is 0.54. Nearly identical correlations (0.50-0.54) were
obtained when the discharge at Norman Wells (approximately 700 km from the mouth of the
Mackenzie) was used in place of the discharge at Arctic Red River. As the period of flux
convergence and station precipitation is lengthened by the inclusion of additional months prior to
May, the correlations increase slightly to approximately 0.6. While these correlations are
statistically significant, substantial fractions of the interannual variance of the May-September
discharge are not explained by the time series of moisture flux convergence and precipitation as
evaluated here. There is a need for further experimentation with the temporal averaging and
phasing, with the use of station data to estimate regional precipitation, and with the computation of
the moisture flux convergence.

•

I •

-'o-•
- - - . J _•.
JOW

Fig. 1. Rawinsonde stations in the Northern Hemisphere. [Adapted from Oort, A. H., 1974, L
GeQpbys. Res., 1!l. p. 1254.]
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Fig. 2. Monthly time series and yearly totals (solid circles) of water vapor flux convergence over
the Arctic Ocean. (Monthly values have been converted to equivalent areal averages, cm
yr-1.)
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Arctic Ocean domain. All values are 18-year means.
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Fig. 4. As in Fig. 3, but for the Mackenzie domain.
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Fig. 5. Yearly values of May-July precipitation (broken line) and water vapor flux convergence
(solid line, open circles) over the Mackenzie domain. Also shown are yearly values of
Mackenzie River streamflow at Norman Wells during May-September (solid line, filled
squares). All quantities are plotted as equivalent areal averages (cm yr-t).
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AN INVESTIGATION OF THE ATMOSPHERIC EFFECT ON SNOWMELT
IN THE ARCTIC AND SUBARCTIC
T. Zhang, K. Stamnes and S.-A. Bowling
Geophysical Institute, University of Alaska Fairbanks
Fairbanks, AK 99775-7320, USA

INTRODUCTION
The melting of seasonal snow cover is one of the major land surface processes in the Arctic and subarctic. This
process has a significant feedback to the atmosphere and climate mainly due to changes in surface albedo and exchange
of water between the atmosphere and the surface. Observations show that inter-annual variations in the timing of
snow disappearance can exceed one month in the Arctic (Kane et al., 1991). Since the incoming solar radiation at
the top of the atmosphere is basically unchanged from year to year, the variation in the timing of snow disappearance
must come from variability in the characteristics of the atmosphere. Most studies of snowmelt to date, however, have
concentrated on the energy balance at the snow surface, snow cover statistics and an occasional case study (see Zhang
et al., 1994). The source of the energy consumed during the snowmelt and its inter-annual variability have received
little attention.
The goal of this paper is to investigate the atmospheric effect on snowmelt through a surface energy balance
approach using a state-of-the-art atmospheric radiative transfer model (Stamnes et al., 1988; Tsay et al., 1989) in
the Arctic and Subarctic. Primary attension is on the contribution of those variables - atmospheric temperature,
water vapor content (WVC) and clouds- on two results- energy balance and snowmelt. In addition, we will also
investigate which layers in the atmosphere are actually providing the energy transferred to the snow surface.

MODEL DESCRIPTION AND DATA SOURCES
The energy balance a snow surface can be expressed as:

R.. + F, + Fi + Fg +F., = Fm

(1)

where Rn is the net radiation balance, F, and F, are fluxes of sensible and latent heat, respectively, F9 is the flux of
heat into the snowpack and soil, F., is the flux of energy gained by the other vertical advective processes (e.g., rain),
and Fm is the energy stored in the snowpack and/or utilized in the fusion processes. All these quantities are taken to
be just at the air-snow interface and all fluxes toward the air-snow interface are defined as positive while all the fluxes
away from the air-snow interface are defined as negative.
The atmospheric radiative transfer model is applied to calculate the radiative fluxes at the snow surface. The
meterological characteristics of the atmosphere are referred from the average sounding data during the snowmelt
seasons for the period from 1980 through 1991 at Barrow, Alaska (Zhang et al., 1994). At the snow surface, the
turbulent heat and moisture fluxes are parameterized using bulk aerodynamic formulae. The bulk formulae do not
explicitly model the intermittent turbulence that may occur in the very stable atmospheric boundary layer which
is common in high latitudes. Effects of the stable atmospheric boundary layer may be approximated by using a
stability-dependent transfer coefficient (Louis, 1979) and modified by Ebert and Curry (1993). Air temperature, wind
speed and relative humidity were obtained from the National Oceanic and Atmospheric Administration (NOAA). Heat
fluxes into the snow layer and the soil underneath were estimated using Fourier's Law of conduction. The thermal
conductivities of 0.35 wm- 1 J{- 1 and 3.0 wm- 1J(- 1 were used for snow and soil layers, respectively. The lower
boundary was set at 1 m below the snow /soil interface with a constant temperature boundary condition. F., was
assumed to be zero. The thickness of the snow cover was set to 0.35 m which is the average v:J.lue at Barrow, Alaska
(Zhang, 1993). The melting point of snow was set to 0°C. When Fm > 0, the rate of snowmelt was calculated using:
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(2)
where the density of snow, p., is assumed to be 350 kg m- 3 and the latent heat effusion, Lm, is 0.334 X 10 6 J kg- 1 .
xis the thickness of snowpack. The onset of snowmelt was defined as dxjdt ~ 1 mm day- 1 .

RESULTS
Impact of the Atmospheric Turbulent Fluxes
Turbulent processes allow the the overlying atmosphere to interact with the surface, the interaction being modulated
by lapse rate, wind speed and relative humidity. Based upon the meteorological measurements at Barrow, Alaska,
the average wind speed over the past 40 years is about 5.5 m s- 1 and relative humidity is about 86% during the
period of snowmelt. In this case, with a variation of the lapse rate ( -{}T J{}Z) from -0.20°Cm- 1 to 0.01 °C m-1, the
sensible heat flux varies from about 7 wm- 2 to -1 wm- 2 and latent heat fluxes varies from -10 wm- 2 to about
-17 Wm- 2 , which can only evaporate about lmm day- 1 of snow. Field measurements in high latitudes show that
turbulent heat fluxes account for less than 20% of snowmelt during the entire snowmelt period (Weller et al., 1972).
According to Bengtsson (1980), for northern areas, the total amount of evaporation during the whole snow covered
season accounts only to 10- 20 mm. This indicates that transfer of sensible and latent heat between the atmosphere
and the snow surface plays a very limited role during the snowmelt period in high latitudes.
Impact of the Atmospheric Moisture Conditions
The proportion of water vapor varies within rather wide limits in the atmosphere as a result of evaporation,
condensation, and precipitation. A linear temperature profile of the atmosphere was applied with a lapse rate of
0.0065 °Cm- 1 and snow surface temperature of 0°C. Five different profiles of water vapor content (WVC) were used
as shown in Figure lA. The results show that snowmelt starts earlier with higher atmospheric WVC than with lower
WVC (Figure lB). For very low Atmospheric WVC (the short and long dashed lines in Figure lA), snow does not
start to melt even after the end of May (Figure lB). This can be explained as follows. The net solar radiation at the
surface decreases slightly as the atmospheric WVC increases since the atmosphere with lower WVC absorbs less solar
energy and allows solar radiation to reach the surface directly. The net longwave radiation budget at the surface is
more strongly affected as the atmospheric longwave radiation to the surface is monotonically with the atmospheric
WVC. The combined effect of the atmospheric WVC on the all-wave net radiation balance is positive. In our model,
near-surface relative humidity was proportional to atmospheric WVC, so The atmospheric WVC also has a significant
impact on the latent heat flux.
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Figure 1: Effect of the atmospheric water vapor content on snowmelt. {A} input profiles of the atmospheric water
vapor content, {B) melting rate of snowpack with time.
Impact of the Atmospheric Temperature Inversion
Temperature inversions occurring close to the surface are a common feature of the Arctic regions, particularly
in the period when the ground is snow-covered. Figure 2A shows the input atmospheric temperature profiles. The
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thickness of the inversion layer is set at 950 m with the base at the snow surface. A constant relative humidity profile
was used to calculate the WVC profiles (Figure 2B) coresponding to the input temperature profiles. As shown in
Figure 2C, a strong temperature inversion could make snowmelt start about two weeks earlier compared with the no
temperature inversion case. This indicates that changes in the atmospheric temperature and WVC have significant
impact on the surface energy balance and snowmelt. Additional calculations with a constant WVC profile show that
the date on which snow starts to melt varies by almost a week as the temperature at the top of the inversion layer
increases about 11.4°C.

-E

.Y.

5
4
3

.s::.
0'1
"i)

2

J:

1

5

A

0
-4(}-3(}-2(}-1 0 0 10
Temperature (oc)

..........

-E

.Y.

.s::.
0'1
"i)

4
3
2

J:

8

G)

0

c

125

c
~
::I 120
-,
-~
G)

E

0

130

0

i=

0 1 2 3 4 5 6
Water Vopor Content (gm- 3 )

1 15
110
-4-2 0 2 4 6
Lapse Rote (°C km-')

Figure 2: Effect of the atmospheric temperature inversion with constant relative humidity profile on snowmelt. (A}
input temperature and (B) water vapor content profiles, (C) timing of the onset of snowmelt, where the lapse rate is
for layers below 950 m, the lapse rate above 950 m is 0.0065 °Cm- 1 .

Impact of Cloud Layers
Of all climatic parameters, clouds have the largest possible effect on the radiation field (Webster and Stephens,
1984). Consequently, they may have a very significant impact on snowmelt. Based upon measurements (Curry and
Ebert, 1984), for low Arctic clouds, the equivalent radius (re) was set at 7.5 J.lm with the cloud base at 700 m and a
cloud thickness of about 300 m. Liquid water content (LWC) of clouds was varied from 0.01 g m- 3 to 0.40 g m- 3 .
Figure 3 illustrates the impact of such clouds on the surface radiation budget and snowmelt at high latitudes. The
net surface solar radiation increases with time of year but decreases significantly with increase of liquid water path
(LWP) as shown in Figure 3A. The net surface longwave radiation increases rapidly for lower LWP values (Figure 3B).
Changes of the net surface longwave radiation is very limited when cloud LWP is high. Figure 3C shows the surface
radiation balance (.R,.) with LWP and time. The maximum values of Rn at a given time occur at LWP:::::: 25 g m- 2
during the early period of snowmelt and at LW P :::::: 20 g m- 2 during the late period of snowmelt. As a result, the
onset of snowmelt follows the similar pattern since the radiation is the driving force for snow melt in high latitudes. The
onset of snowmelt under low clouds conditions happens earlier than under a clear sky (LWP=O). The timing of the
earlier onset of snowmelt due to the effect of low clouds cloud range from a few days to over a month depending upon
the cloud LWP (Figure 3D). Additional calculations show that changes in height of clouds and cloud base temperature
also have a great impact on snowmelt at high latitudes.
Origin of the Atmospheric Longwave Radiation to the Snow Surface
At all levels the atmosphere emits longwave radiation to the surrounding atmosphere and the surface. A few
different calculations were carried out show which levels in the atmosphere are actually providing the energy transferred
to the snow surface (for details, see Zhang et al., 1994).
The calculations indicate that the majority of the atmospheric longwave radiation to the snow surface originated
from the lower atmosphere. The total contribution of the atmospheric longwave radiation to the snow surface from
above 2 km is less than 1% (Figure 4A). The contribution of each layer increases exponentially ~moving downwards.
More than 60% of the atmospheric longwave radiation to the snow surface comes from the lower 500 m of the
atmosphere; about 45% from the lower lOOm; about 20% from the lower 10 m; and about 10% from the lowest 2
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m. This can be explained by the following reason. The thermal energy emitted by high levels of the atmosphere is
re-absorbed by the lower atmosphere and attenuated when it reaches the snow surface. The thermal energy emitted by
the lower atmosphere has a relatively short distance to reach the snow surface and therefore contributes more energy
to the snow surface.

SUMMARY
An atmospheric radiative transfer model was applied to investigate the effects of variations in the lapse rate,
moisture content of the atmosphere and cloud layers on snowmelt in high latitudes. The primary results illustrate
that the atmospheric turbulent fluxes play a very limited role on snowmelt in the Arctic. Variation in the atmospheric
longwave radiation down to the snow surface is a dominant factor which controls the date when snow starts to melt.
Snow melts earlier when the atmospheric absolute humidity is relatively higher. Temperature inversions, which are
common in the Arctic, have a significant impact on snowmelt. During early spring, snowmelt starts earlier in the
presence of low clouds than under clear sky conditions. The timing of the earlier onset of snowmelt under low clouds
can range from a few days to over a month depending upon the cloud LWP. More than 60% of the atmospheric
longwave radiation to the snow surface comes from the lower 500 m of the atmosphere.
This study suggests that field measurements of cloud properties, atmospheric temperature and moisture conditions,
surface and near surface radiation, wind, humidity and soil conditions are required to improve our understanding of
the physical transfer of energy, momentum, and mass between the atmosphere and the land. Better knowledge of
these interactions over land as well as over the ocean in the Arctic is a prerequisite for improved comprehension of the
Arctic climatic system.
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A valuation of possible changes in glacio-hydrological characteristics under
global warming: South-Eastern Alaska glaciation.
N. V.Davidovich, MDAnanicheva,
Institute of Geography, Russian Academy of Sciences, Moscow.
ABSTRACT

Scenario of climatic evolution made by S.Manabe and R.T.Wetherald (GFDL-model) for
doubled carbon dioxide in the atmosphere was transformed into isoline maps for mountain
glaciation in the south-eastern Alaska. Model data of monthly air temperature and
precipitation were recalculated to values of annual solid precipitation and mean summer air_
temperature reduced to the level of 1000 meters above sea level with the help of
contemporary vertical gradients of air temperature and solid precipitation. The altitude
distributions of ablation and accumulation for 12 regions of the studied territory were
obtained. Predicted values of melt runoff obtained from empirical-statistical relationships
with these climatic characteristics were calculated after substitution of scenario values for the
same regions. New altitudes of the main glacial levels were also calculated together with_
corresponding ablation and accumulation in the condition of doubled C02.
INTRODUCTION
The South-Eastern Alaska has the greatest concentration of mountain glaciation in the
temperate zone that consists of various forms, the majority of them are glacier fields, reticular
glaciers and valley glaciers . The reaction of the glaciers to a global temperature increase in
the beginning of XXI century is considered by authors [Ananicheva ... 1993]. Anthropogenic
climatic changes caused by the C02 - contents increase in atmosphere will be probably go on
all first half of next century in case of natural fuel usage keeping the same rate. First results
of glaciologic prediction for the mentioned territory for doubled COz - contents are presented
in this paper.
SCENARIOS/METHOD
Among existing scenarios for climate evolution we have chosen those made by S.Manabeand R.T.Wetherald, GFDL-scenario [Manabe, Wetherald, 1980,1988] due to the following
reasons. In comparison with other GCM scenarios it has taken into account the maximum
climate generated factors and seems more suitable for regional applications due to rather
small grid (7.5°x4.5°) for modelling results. Our choice was also justified by the scenario
distribution of summer temperature for lxC02 (the authors consider that time period to be
referred to the end of 1950s) situation appeared to be the closest to that picture we hadobtained in the process of compiling the analogous climatic maps for the World Atlas Snow
and Ice Resources ( WASIR, in press).
The mean monthly grid point data of the scenario was recalculated in order to obtain
isoline distributions of the most important for glacier regime and runoff climatic parameters.
Mean summer (June - August) temperature (Tsum) in every grid point was reduced to a
constant level of 1000 meters a.s.l. and a series of maps for lxC02 and 2xC02 as well as fortheir difference was compiled. The maps of isotherms on the constant level represent the field
of air temperature without altitude influence. But they reflect the effect of slope exposition,
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orography, distance from the ocean, and oth.er macro- and mezoscale factors, i.e. they show
the temperature gradient change in any horizontal direction. Temperature maps on the
constant level provide the opportunity to extrapolate the air temperature up to the necessary
altitude with the help of calculated vertical gradients, as well as to obtain vertical·
temperature profiles in any point of the map.
The vertical temperature gradients, determined by existing meteorological and air
measurement stations, were used for the adjustment. These gradients are known to have great
variability in mountain regions. However in summer the variability is less than in other
seasons; that is why mean values of determined gradients have a small error, mean deviations
of the gradients do not exceed 0.05°C/100 m in the Pacific Ocean influenced regions. Mean·
square error of air temperature determination by these gradients is not more than 0.5°C/100
m if the difference of heights is 1000 m. The average values of the gradients were obtained
both for oceanic, continental and transitional climate types. For the regions of oceanic climate
(see Table 1), the gradients average 0.5 °C/100 m up to 1500 m a.sJ., and 0.6- on the higher
levels; for continental climate regions 0.6 and O.tlC/100 m accordingly; for transitional type 0.6°C/100 m for the whole diapason of altitude.
Fig.1 shows that the greatest increase ofTsum (till 4oc and more) will occur in the northeastern part of Alaska gulf and neighbouring areas, i.e. in regions of maximum glaciation.
Summer increasing of air temperature reduces with the latitude enlargement till2.0°C in the
Canadian Arctic archipelago. Such temperature distribution corresponds with ideas of russian
climatologists. They consider warming of air in high latitudes to be caused by intensification
of the atmosphere circulation, and therefore it reaches the maximum in the regions of great·
cyclonic activity. The GFDL -scenario data of mean temperature and precipitation at every
grid point of the territory considered was a basis for calculation of annual solid precipitation
(Xsol) with the help of an original method of Bogdanova (1976), based upon within month
correlation of different precipitation types dependent on air temperature, absolute altitude
and degree of oceanity of climate. The calculated annual sums of Xsol for 1xC02 and 2xC02
situations allow us estimate and compile the map of its ratio (Fig. 2). In comparison with total·
precipitation that increases 12 -13 times in the Alaska mountains according to the scenario,
Xsol practically does not change with the exception of the Alaska Range and the areas
situated to the North, where Xsol increases 1.1 times on average.
Based upon the maps of T sum in the 2xCOz situation, taking into account a relative
change of X501 in this condition and assuming that the vertical gradients of these
characteristics vertical gradients are the same as modem, it is possible to derive altitude·
profiles of Tsum and X501 for every region of the Alaska mountains. We have allocated 12
mountain-glacier basins which reflect various climate and glaciation types. The altitude
distributions of mean ablation (Abl) and accumulation (Ace) for lxC02 and 2xCOz were
calculated for these regions (Fig. 3).
The values of Tsum for a glacier surface were estimated according to one of the authors'
method (Davidovich, 1984). The degree of air cooling effect glaciers in summer period is
evaluated by a temperature difference between glacier and free of ice territory (beyond
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glacier influence) surfaces at the same altitude. It is the so-called temperature jump that varies
in different locations of a glacier and reaches its maximum value in the upper part of the
ablation area, near the equilibrium line (ELA). The cooling glacier effect on the periglacial
part of the valley does not exceed the boundaries of the glacier wind influence. That is why air
temperature in the glacier terminus areas insignificantly differs from the those of surrounding.
territory free of ice. We accepted the jump to be equal to 02° C in our further calculations.
The air temperature on ELA is calculated by its relationship with temperature over offglacier surface according to a regression equation: T gl = 0.85Tng - 120, where T gl - air
temperature over the glacier surface, Tng - air temperature over off-glacier surface,
determined on the same altitude by the vertical temperature profile. The temperature curve in
the upper part of glacier above equilibrium line was delineated to T ng = - 4 oc (the condition.
of absence of positive mean day temperature).
RESULTS
The calculation of ablation (Abl) was done by the improved Krenke - Khodakov formula:
Abl=133(Tsum+9.66f·85 (Krenke.-,1966). Accumulation (Ace) was assumed to be equal to
X 501 for glacier fields and it was enlarged by the coefficient of snow concentration (it
averages 12 -1.4). The latter was defined as a ratio: Ace on ELA (from the glacier regime.
map of WASIR) / Xsol (from the same altitude of the vertical profile). Intersection of the
Abl and Ace curves (Fig. 3) gives the possibility of determining the altitude of the glacier
equilibrium line and the components of mass balance for this level (Table 1).
The glacier terminus altitude (GTA) seems to be more sensitive to climate change,
particularly air temperature, than other glacier levels. For the estimation of GTA change
GTA) we assumed that glacier levels would change only under the influence of.
(
temperature variations and in future conditions of 2xC~ temperature near glacier terminus
area will be the same that in modern conditions. Under that assumption we determined new
terminus altitudes (the example is on Fig. 4) of those glaciers for which we have modern
observation data. Then we calculated the ratio
GTA/
ELA. It is estimated as we
expected to be more in oceanic regions (1.1), than in continental ones (1.07). We obtained
predicted values of GTA by applying the ratio (Table 1).
According to the table, ELA and GTA by the GFDL - scenario will be significantly
displaced upward resulting in a rather big increase nf Tsum and negligible increase of Xsol·
That is why the maximum change of these glacier levels will occur on the southern slope of
the·St.Elias mountains, the Fairwater Peak region and Muir glacier basin. ELA values and
their amplitude in continental climates are less, than in oceanic ones. In spite of the
significant rise of ELA in the 2x2C02 condition, predicted Tsum on ELA is higher than now,·
reaching 6.0 - 7.5 oc in the area of the Pacific Ocean influence. Such a high temperature on
ELA is not observed on the Earth at present. Naturally the ablation is to be increased 1.151.59 times (column 5 of Table 1). Under the predicted warming, glacier melt runoff should,
consequently, increase as well.
Glacier melt runoff (Rgl) was estimated by a relatively independent method
(Ananicheva, ...1993). In the multiple regression equations Rgl = f(T sum• Xsoi) for the same 12-
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regwns
of the South-Eastern Alaska climatic parameters of the scenario were substituted. The
equations were made on the basis of previously obtained relationships: Rgl = f(Habs), T sum =
f(Habs), Xsol = f(Habs), where Habs - absolute altitude of basin (for the calculation the
observation of 1950-1975 was used). As a result, the ratio Rgl in 2xC02 and in modern time
period can be compared with those for ablation (columns 11 and 7 of Table 1), that points to
the reliability of obtained (Ananicheva,..1993.) results. We should note that application of this
method seems to be not quite correct for calculation of absolute values of melt runoff for the
predicted period. That is due to considerable changes of parameters used in the relationship
equations, in particular mean summer air temperature (the values of Tsum are beyond the_
"trust intervals"), so we consider these data to be only appraisal.
CONCLUSIONS
As a result of the transformation of the climatic evolution scenario made by S.Manabe and
R.T.Wetherald (GFDL-model) for doubled carbon dioxide in the atmosphere mean summer
temperatures (June- August), (Tsum) scenario and solid precipitation (Xsol) were estimated
for the South-Eastern Alaska mountains. The maps of the difference between Tsum in the_
2xC02 and lxCOz situations on the level of 1000 m a.sJ. and ratio: Xsol in 2xCOz /Xsol in
lxCOz. Basing upon that maps it is possible to calculate T sum at any chosen altitude both
over glaciers and over off-glacier surface as well as to obtain the values of Xsol in any
locations of the estimated territory. According to the GFDL - model predicted maximum
increase (till 4 °C) of T sum occurs in the north-eastern part of the Alaska gulf and adjacent
areas, where glaciation has its maximum development. Unlike the total precipitation which by_
the GFDL scenario increases 12 -13 times on the region under consideration, Xsol in the
2xC02 condition practically does not change except the Alaska Range and situated to the
North from it inner areas, where Xsol enlarge 1.1 times in average.
As a result of the noticeable increase of Tsum and practically the same Xsol• ELA and
GTA (glacier terminus altitude) will displace significantly upward. The biggest shift will occur
on the Southern slope of St.Elias mountains, Fairwater Peak and Muir Glacier area. Values_
of ELA and its amplitude in oceanic regions are more (350 - 760 m), than in continental
ones (300 - 400 m). Predicted Tsum at ELA ( 6.0 -7.5°C) in oceanic regions is higher than
those in modern conditions. Such a high temperature on ELA is not observed on the Earth at
present. Ablation is higher accordingly, it will rise 1.59 times in the estimated region. Glacier
melt runoff (Rgl) will increase as well though it was estimated by another method. The ratio
Rgl in 2xCOz and in modern time period can be compared with those for ablation
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Table.1 Glaciers-hydrological characteristics of Sou~iastem Alaska: changes under global warming (GFDL- model).
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Fig. I Difference between Tsum on the single
level o:f 1000 m a.s.l. in 2xCOz and
lxC02 situations.
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Fig.2 The ratio between Xsol in 2xCOz
and lxCOz situations.
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MODELLING THE ATMOSPHERIC 'TRANSPORTATION OF DUST TO 1HE ARCTIC
Katrine K. Andersen
Department of Geophysics
University of Copenhagen, Haraldsgade 6, DK-2200 Copenhagen N., Denmark

The seasonal and climate induced variations of the amount of airborne dust in the Arctic region
are studied by means of an atmospheric general circulation model (AGCM). Results are
compared to measurements of the dust content of the atmosphere and especially to results
from ice cores drilled in the Greenland Ice Sheet
Measurements show a strong spring peak in the amount of atmospheric dust in the Arctic
region. The climate induced variations of the dust content in ice on a longer time scale shows a
strong negative correlation with the mean annual temperature, as given by o180. This means
that the amount of dust in the ice increases very sharply, by a factor of 5-20, in connection with
climatic shifts from warm to cold periods.
The modelled spatial and seasonal variations of the uplift of dust from the source areas
compare fairly well to observations. Nevertheless the expected behaviour of the atmospheric
dust content in the Arctic is barely reproduced. For the warm (modem) climatic scenario of the
model dust transported to Greenland mainly derives from North America. For the cold (ice
age) scenario dust sources in North America are inhibited due to the presence of the
Laurentide Ice Sheet and the amount of dust in the atmosphere above Greenland is decreased
as compared to the warm scenario. The altered atmospheric circulation in the model for the
cold scenario is incapable of transporting sufficient amounts of dust from other source areas to
Greenland in order to account for observed changes.
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MECHANISMS OF FORMATION AND PREDICTABILITY OF THE INTERMEDIATE AND
HIGH LATITUDES ATMOSPHERIC BLOCKINGS.
R.V.Bekryaev

Arctic and Antarctic Research Institute,
38 Bering Str., St.Petersburg, 199397, Russia,
Fax: (812) 352-26-88, E-mail: aaricoop@sovam.com
1. The modern views on the atmosphere as an open non-linear
dissipative system connect limited predictability of thermobaric
formations with exponential scattering of initially close phase
trajectories. It is known, though, that temporal forecast limits
differ for different spatial scales (Shukla, 1981). It is obvious
that such differences may be observed in various circulation
regimes. The plural number of such regimes or primary conditions
of the large-scale atmospheric dynamics are confirmed by analysis
o£ modelling results and observation data (Mo, Ghil, 1988).
They usually connect mechanisms responsible for appearance of
large-scale atmospheric anomalies with getting of phase trajectory
into vicinity of stable manifold of a saddle singular point, where
motions become relatively slow (Legras, Ghil, 1985). such hypothesis seems to be quite realistic and according to fulfilled
analysis (Dymnikov, Filatov, 1990) it can explain at any rate a
part of observed blockings. But a number of circumstances,
specifically, statistics of large-scale anomalies continuance
(Dole, 1983), allows to have some doubts about correctness of such
conclusions for large-scale atmospheric structures, the life-time
of which exceeds 8-10 days. Besides, oscillations of ultra-long
atmospheric waves, which were found in a small-component model
(Galin, Kirichkov, 1986) and were revealed by observed data
analysis (Vlasova et al, 1989}, have relaxation behavior connected
with alternation of fast and slow motions. Certainly, period of
the slow oscillations may be interpreted as a motions at a saddle
stationary point. But precise division of these two kinds of
motion forced to assume existence of some other mechanisms. In
this work, we put forward another hypothesis. We assume that the
multiplicity of dynamic regimes in the atmosphere reflects the
stationary state - chaos intermittency. We demonstrate that the
laminar stage of intermittency resulting from a saddle-nodal
bifurcation is characterized by a local violation of exponential
divergence of phase trajectories.
2. Let us consider a quasisolenoidal modification of a model
of a horizontally baroclinic atmosphere (Bekryaev,1992). Using the
Cartesian coordinate system, we can write the equations of the
considered model in the ~ - plane,

~t~~ = ~[wzJ(~,T)
BT
at

=

J(T,~)

+ gJ(T,H 5

+ k~T + Q ,

)]

-

J(~,~~)

-

~~!

+

v~~~

,
(1)
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Here, ~ and T are vertically weighted averages of the current and
the temperature, respectively; A~ = n is the vertical component of
the relative velocity vortex; g is the gravitational acceleration;
Hs is the altitude of the surface; wz is the Coriolis parameter
(w =10- 4 s- 1 ) ;
v is the coefficients of horizontal turbulent
z

momentum exchange; k is the thermal diffusivity; A is the Laplace
operator; J (A, B) is the Jacobi operator; T is the temperature
averaged over the area; (3=5•10- 12 (m·s)- 1 (f3=<aw z jay>); and Q is
the heat source. We assume that the x-axis is directed to the east
and the y-axis is directed to the north.
Within the linear approximation, equation (1) describe two groups
of oscillations; barotropic Rossbi waves with a strong dispersion
and baroclinic waves propagating at a speed close to the speed of
the zonal flow.
To analyze predictability of various dynamic regimes, we will
consider a
simple model of large-scale circulation,
which
reproduces a nonlinear advection of the velocity vortex and the
temperature. We assume that the temperature and the current
function have linear stationary profiles in the direction from
equator to the pole with time-dependent variations T • and ~ •,
a'T
aii
T (X , y , t ) = T0 + ay y + T • (X , y , t ) ,
~ ( x , y , t ) = ay y + ~ • (X , y , t ) ,
Where T0 is the average temperature on the south boundary of the
area. In the atmosphere of intermediate latitudes, the westward
transfer is mainly determined by a termal equator - pole contrast.
Therefore, we can write the velocity of the corresponding flow as
-U = - R ay
a'T = - aii
ay , wh ere R 1s th e gas cons t ant o f a d ry a1r.

w

0

0

z

Let us consider the above-specified process in the zonal channel.
We assume that periodicity conditions natural for earth atmosphere
are satisfied along the x-axis. Furthermore, along the y-axis,
T.(x,o,t)=T.(x,nh,t)=~.(x,o,t)=~.(x,nh,t)=A~.(x,o,t)=A~.(x,nh,t)=o,

where nh is the width of the channel and 2nf is the zonal length
of the channel.
In what follows, we restrict our consideration to the spectral
representation

~.=

(5k/2){vz[x sin(I)sin(*) + G cos{I)sin(*)]2

T.wza /T = k {vz(Fsin(I)sin(t) + Ycos(I)sin(t)] Hsg

=

wz125kv'2' {Bcos(I)sin(t) -

(c sin(I)

+.A

Hsin( 2 ~)}

(2)

Zsin( 2 ~)}

(3)

cos(I)]sin( 3 ~) }·

(4)

Here, f=a/2 and h=a/4, where a is the radius of the Earth.
Correspondingly, the zonal length of the channel is about 20000 km
and the meridional length of the channel is about 5000 km.
The above-specified spectral representation allows one to describe
a nonlinear interaction of a zonal flow and a thermobaric wave of
the planetary scale.
3. Relying on equations (2-4) and using the Galerkin procedure,we can write a set of ordinary quadratic differential equations
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for dimensionless harmonics of the current and the temperature,

:~ = 2,2GH +

5 ~(ZG-HY)

5~

U0 Y - Pr X + AZ +

(5)

a-r = -2,2XH - 50 (ZX-HF) + BeX - SO U0 F - Pr G + CZ,

(6)

:~

(7)

~

- BeG +

1

!

= 1 0 (XY-GF)- PPrH-

1

~((A+B)F

aF = ZG - HY + U Y - UTG - F + QF ,
0
a-r
aa;~ = -ZX + HF - UUF + UT X - Y + QY

az =
ar

+ CY)

( 8)
(9)

'

(XY - GF) - PZ

(10)

where -r is the dimensionless time, -r=20ktja

-u
where U =
T

2

wza

4 RTk

3

Ua

_ ~ a3
Ba- 200 k, Br

, U0 = lOk'

=

2

,

P=3.2,

(Ba-U0 ) ,

Be = Br+U /50.
T

Condition of homogeneity of the underlying surface (A=B=C=QF=QY=O)
allows only simple attractors to be derived in the set (5)- (10).
For low velocities U; we deal with an unperturbed zonal flow
(X=G=H=F=Y=Z=O). The inequality
4U - 500(Ba + U /50)
T

2

T

> 2000 •

(11)

implies that, at Pr=1, this singular point becomes unstable and
the Rossbi regime with a constant-amplitude running wave is
implemented.
4. Dynamics of a system with an inhomogeneous underlying
surface is rather complex. Numerical simulations using equations
(5)-(10) demonstrated that, within a sufficiently broad range of
parameters, pronounced intermittency oscillations are implemented.
Above the threshold,oscillations become stochastic and the lengths
of laminar segments decrease. Intermittency is characterized by a
regular phase with a slow motion, which allows us to refer this
phenomenon to the stationary state - chaos type. Note that periods
of laminar motion are accompanied by blocking of the zonal
transfer. In this regime, waves are virtually stationary and the
wave amplitudes are relatively high.
Analysis reveals that, at H=O, stationary states of set (5)-(10)
can be determined as the roots of a third-order polynomial.
Consequently,
such
stationary
states may
form Whithney-set
singularities in the generalized space of parameters and phase
coordinates. Thus, the above-formulated problem involves at least
two parameters. The expression for the z-coordinate of the
stationary state can be written as
3

2

2

Z [V + P((A+B) +C
+ Z { S ~ + ( S + VU

2

2

2

)]

+ Z {-2VS 2 -

T) 2+ PU~ B ( B

where S 1 = 3,2(BrU u + Pr),

2

2

ur[2V + P((A+B) +2B(A+B) +c

2

2

+ 2 (A+ B ) ) } - PB U; = 0 ,

)]}

+

( 12 )

S 2 = 3,2(Br- PrU u ), and V=16/250.

Calculation of the discriminant of cubic equation {12) allows one
to determine conditions when set ( 5)- ( 10) corresponds to one or
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three motionless points. Figure 1 displays the bifurcation diagram
in the plane of the parameters A and B. The region bounded by
lines 1 and 2 includes three stationary states. In the rest of the
plane, there is only one singular point. Application of the
Hurwitz's criteria allowed also to show in the plane of the
parameters the Hopf bifurcation, which corresponds to the less of
stability in the stationary state. Thus, the point F 1 corresponds
to a bifurcation with a codimensionality equal to two, where the
Hopf bifurcation boundary of the Whitney set. The boundary of the
Hopf bifurcation necessarily passes along the internal surface of
the set, separating the points with dimensionalities of an
unstable manifold equal to one and three.

2

A

6

I

Figure 1. Bifurcation
boundaries in the plane
of parameters A and B of
·set (5}-(10} at Hso: (1}
and (2} lines of saddlenodal bifurcations and
(3) the Hopf bifurcation
curve.
U=20 m•s -1 ,
k=3•10 5 m2 •s -1 ,
Pr=1,
12
-1
(3=5•10(m • s) ,
-4

a=6370000 m, wz =10
s
C=D=Q F =Q y so.
T=242 K,

-1

Stable
stationary*--point

Intermittency

5

Chaos

4

3

,
-1

l

0

B

Note that, in a dissipative dynamic system, such a bifurcation
pattern can be observed only if the dimensionality of the phase
space ~~4 because one of the eigenvalues should always be negative.
With a variation of parameters along the w·1 direction, periodic
oscillations originating from the Hopf bifurcation become unstable
and acquire properties of chaos via a cascade of period-doubling
bifurcations. Therefore, a motion along the W direction in the
2

plane of parameters implies a direct transition from the stable
point to self-sustained oscillations at the intersection of the
saddle-nodal boundary 1. Laminar stage of intermittency corresponds
to the area of the phase space that previously contained this
singular point. Thus, formation of the laminar phase is associated
with an attraction of the trajectories to a phantom of the
stationary state.
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Analysis of initial six-component set (5)-{10} is more complex. We
can show that an orographic excitation (when harmonic c~o) gives
rise to three singular points. Stability of the first singularity
(X=G=H=F=Y=Z=O) is determined by inequality {11}. The second and
third stationary states can be described by the expressions
H = (sa -

(Pr+1)Uu + Ur/50)

11 (~r+ 1 )

,

F = F.fC, where F.= P{(H- Uu)((BaPr- Ur/50)/(Pr+1)) + Pr},

[P( 5 ~)

2

[P 5 ~

(13)
(14)

~F!

2
2
2
2
3
2 2
+ c
PrH + urc
+
+ P Pr H = o.
(15)
If the discriminant d of equation (15) becomes negative, the
second and third stationary states vanish, which corresponds to
the saddle-nodal bifurcation. Obviously, for two-parameter system,
nonzonal thermal forcing (QF ~a or Qy ~o) gives rise to the Whitney
set and is favorable for intermittent oscillations.

Jz

Jz

5. The original cause of intermittency in set (5)-(10) is the
saddle-nodal bifurcation. Therefore, we can expect violation of
exponential divergence of trajectories in the laminar zone. To
examine this assumption, we performed numerical simulations. As
the trajectory approached the attractor, we set a small variation
in the phase coordinate. We introduced perturbation in the beginning of the laminar phase. Next, we considered dynamics of the
initial and perturbed systems. Simulations show that trajectories
exponentially diverge only in the regime of chaotic oscillations.
Results of the above consideration indicate that exponential
divergence of trajectories is an integral property of the strange
attractor. In certain regions, such divergence may be violated.
The considered effect is a consequence of a saddle-nodal bifurca~
tion associated with a confluence and subsequent annihilation of a
stable nodal point and a saddle singular point or stable and
unstable limiting cycles. In particular, local violation of divergence of the trajectories implies a theoretical possibility of
forecasting the evolution of separate formations in the atmosphere
for time intervals exceeding the mean period of predictability.
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1. INTRODUCTION
Data analyses and global circulation studies of the atmosphere indicate that the Arctic is a region of high climatic sensitivity.
The arctic heat sink determines the strength of the atmospheric
circulation in the global climate system and drives the baroclinic
instability processes and cyclone activity due to the temperature
gradient betwen polar and middle latitudes . The complex interactions
between sea-ice and snow cover, sea surface temperatures, radiative
processes, convection, clouds, turbulent energy fluxes in the
atmospheric boundary layer, vertical and horizontal propagation of
planetary and baroclinic motion systems and their interaction with
mesoscale systems in the tropo- and stratosphere are only poorly understood.
The treatment of horizontal and vertical energy exchanges in general
circulation models is resolution limited due to the neglection of
atmospheric scales beyond the grid resolution. In commonly accepted
general circulation models with a truncation at T 42 a grid distance of
approximately 2.8° has been used and mesoscale processes have to
be parametrized. We are configuring a regional climate model of the
arctic tropo- and stratosphere with a horizontal resolution of 0.5°
(50 km) to describe mesocale structures explicitely. This approach
allows a much more accurate description of the arctic orography and
coastlines and involves atmospheric scales from the long planetary
and baroclinic wave systems to mesoscale waves. The development of
regional climate models was started by Dickinson et al. , 1989 who
applied a regional model to the Western United States.
Current atmospheric circulation models contain significant biases as
discussed in Walsh and Crane, 1992. The hope is that such biases
and climate drift can be reduced by increasing the horizontal
resolution and specifying the boundary conditions. For this reason the
regional climate model will be forced by ECMWF analyses at the
lateral boundaries . We validate this regional climate model against
analyses and observations, to diagnose model deficits and to determine the quality of the model. Further we will investigate the model
Corresponding author address: Dr. Klaus Dethloff, Alfred-Wegener lnstitut,
Telegraphenberg A43, D-14473 Potsdam, e-mail: dethloff@awi-potsdam.de
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sensitivity to changes in model parameters and initial conditions to
determine the influence of internal processes on the model results.
Later we will use it as a framework for experiments with alternative
arctic process parameterization packages and different forcings at the
lateral, lower and upper boundaries.
2.MODEL
The regional climate model HIRHAM has been developed by
Christensen and van Meijgaard, 1992. lt combines the dynamic
package of the Limited Area model HIRLAM, Kallberg, 1990, with the
physical parametrization package of the climate model ECHAM3,
Roeckner et al. , 1992. We apply HIRHAM over an arctic integration
area north of 65°N with a horizontal resolution of 0.5° corresponding
to grid elements of about 50 km by 50 km and 19 vertical hybrid levels
in the tropo- and lower stratosphere from the ground up to 10 hPa. We
shortly resume the dynamical and physical properties of the model.
dynamical properties:
* primitive equations; 100 latitude points by 110 longitude points grid;

rotated coordinates
* prognostic variables: wind, temperature, specific humidity, surface
pressure, liquid water content
* finite difference scheme; centred second order accuracy; semiimplicit Leapfrog time stepping scheme; time step of 5 minutes
* 10 grid points wide boundary zone with Davies relaxation
* lateral boundary values from ECMWF analyses updated every 6
hours at 3 by 3 degrees resolution
* linear fourth order horizontal diffusion scheme on pressure surfaces
physical parametrizations:
* radiation module contains four spectral intervals in the solar part,
six in the terrestrial part and includes the diurnal cycle; prescribed
carbon dioxide, ozone and aerosole
* vertical diffusion module represents a first order local diffusion
scheme; in the surface layer vertical fluxes depending on surface
roughness and local stability;
above the surface layer mixing length theory;
* gravity wave drag module uses an orographic forcing prescribed by a
sub-grid scale orographic variance
* convective cloud scheme; mass flux scheme for deep, mid-level and
shallow convection
* stratiform cloud scheme; budget equations for water vapour and
cloud water
* surface processes are described by five soil layers; hydrological
budget equations include rain, snowfall, evaporation, runoff
and snow melt
* temperatures over land and snow pack over land depend on the
energy balance of this soil-atmosphere system
* over ice only the energy balance due to atmospheric and oceanic heat fluxes at the ice surface determines the temperature
* oceanic heat flux is parametrized as function of the ice thickness
* sea surface temperatures are taken from ECMWF analyses and sea
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ice is diagnosed from sea surface temperatures at temperatures of
-1.8 oc with a constant prescribed ice thickness.
3.EXPERIMENTS
Our main interest concerns the description of monthly mean
atmospheric structures of the arctic tropo- and stratosphere for a winter and a summer month. We present here results for January 1991
and July 1990. In the experiments climatological sea surface temperatures for January and July have been used. Figure 1 presents the
monthly averaged 850 hPa temperature for January 1991 and Figure
2 for July 1990 assuming a prescribed ice thickness of 1 m.
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In both months a good agreement between model and analyses has
been obtained. During January the largest difference occurs over the
arctic ocean where the model is colder than the analyses by 4°C . In
July the model is also 5 oc colder over the arctic ocean. Here we have
to remind that also the analyses over the Arctic ocean are based
mainly on model results.
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Figure 3 shows the temperature differences "model minus analyses" in
dependence from pressure averaged over the integration area
excluding the boundary zone for all points, land-, sea- ice and ocean
points in January 1991 with an ice thickness of 1 m . This figure
represents the large scale error of the model in comparison with the
analyses.
The temperature differences in the lower troposphere can be
decreased by increasing the ice thickness from 1m to 2m as shown in
Figure 4. The increase of the ice thickness diminishes the oceanic
heat flux into the atmosphere
and decreases the temperature. In
comparison with analyses the model is warmer in the lower tropo- and
lower stratosphere in both experiments and in both months and colder
in the mtddle troposphere.
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Changes in the ice thickness influence the atmosphere only up to 700
hPa as can be seen by comparing Figures 3 and 4.
The agreement between model results and analyses is quite good also
in the lower stratosphere. Figure 5 presents the model temperature at
30 hPa during January 1991. The differences "model minus analyses"
are in the order of 2 oc. In comparison with analyses the model is
warmer over the arctic ocean but it accurately describes the structure
of the polar vortex during January.
A better dynamical understanding of the interaction between large and
small-scale processes in the stratosphere is needed to separate the
dynamical and chemical causes of the arctic ozone depletion.
4. SUMMARY
The experiments illustrated the capability of our regional
climate model in simulating the monthly mean atmospheric structures
of the polar tropo- and stratosphere during a winter (January 1991)
and a summer (July 1990) month with good accuracy. The agreement
with analyses has been improved by increasing the ice thickness from
1 m to 2m. Experiments with daily updated sea surface temperatures
are under progress.
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WINTERTIME COLD-AIR OUTBREAKS FROM THE ARCTIC ICE
Burghard Brummer
Meteorological Institute, University ofHarnburg
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1.

INTRODUCTION

Wintertime outbreaks of cold air from the Arctic sea ice over the adjacent open oceans belong to
strongest events of air-sea interaction. Because ofthe magnitude ofthe air-sea heat exchange involved and
the frequent occurrence of cold-air outbreaks in winter they are of climatological relevance. When the cold
air mass moves over the open water it is immediately transformed with respect to temperature, moisture,
boundary layer depth, cloudiness etc. The air-mass transformation depends decisively on the initial
conditions over the ice, the conditions at the bottom and top of the boundary layer and on the conditions of
the large-scale flow. For the first time, the air-mass transformation and all three conditions influencing it
cold be measured simultaneously during the field experiment ARKTIS 1993. The experimental results are
presented in this paper.
2.

EXPERIMENTAL APPROACH

The international field experiment ARKTIS 1993 (see Briimmer, 1993) took place around the ice edge
of the Fram Strait northwest of Spitsbergen and the ice edge between Spitsbergen and Bear Island during
the period 1 to 25 March 1993. The observational plattforms involved were: three land stations (Bear Island,
Danmarkshavn, Ny Alesund), two research ships (Valdivia, Prof Multanovsky) in the open water, one
research icebreaker (Polarstern) in the pack ice where an ice camp was installed, six automatic Argos ice
buoys, and two research aircraft (Falcon, Dornier) operating from the airfield Longyearbyen on Spitsbergen.
The results presented below are mainly based on the aircraft measurements. The typical flight pattern
of both aircraft during a cold-air outbreak mission shown in Figure I. The pattern consisted of vertical
profile soundings and horizontal flight legs placed at different levels depending on the depth of the
boundary layer. The area covered by an aircraft mission typically extended from about 50 km over the ice
to about 300 km over the open water. In total, ten cold-air outbreak missions were flown.
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Figure 1:
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Typical flight patterns of research aircraft Falcon-20 and Domier-128 during a cold-air
outbreak mission.
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3.

BOUNDARY LAYER MODIFICATION

The boundary layer modification between the pack ice and several hundred km downstream over the
open water as measured by aircraft during ten cold-air outbreaks is presented in Figure 2. As characteristic
boundary layer parameters the depth h of the boundary layer, the temperature T, specific humidity q and
wind speed FF at the lowest flight level of90 m, and the temperature and humidity difference A TinV> Aqlnv
over a 300 m deep layer at the top ofthe boundary layer are displayed. The depth h increased from 100 to
300 m over the ice to values between 900 and 2200 m at about 250 km distance from the ice edge. In all
cases cloud development began right at the ice edge. Here, sea smoke and clouds were not distinguishable
from each other. Between 50 and 100 km distance from the ice edge cloud base became discernible. At
about 250 km distance cloud cover was between 5 and 8 octas. Over the ice, T ranged between -32 and -22°
C and q between 0.2 and 0.7 g/kg and increased to values between -15 and -5° C and between 0.7 and 1.5
g/kg, respectively, at 250 km distance from the ice edge. The water temperature increased from -1.8 to
about 2° C over the same distance. The strong temperature contrast between ice and water surface caused
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Figure 2:

Boundary layer depth h, temperature T, specific humidity q and wind speed FF at 90 m
height, and temperature increase AT Inv and humidity increase Aq 1nv across a 300 m thick
layer above the boundary layer as function of the distance Ax from the ice edge during ten
cold-air outbreaks. Numbers at the h curves mark the day ofMarch 1993.
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an ice-sea breeze circulation superimposed on the mean flow. In 8 of 10 cases FF increased downstream or
had a maximum within the first 100 km over the water. The stability !::. T Inv of the stable layer above the
boundary layer varied between 0 and 15 K over the ice and generally decreased downstream due to
boundary layer heating. In 6 of 10 cases t::.qinv had positive values over the ice (moisture inversion), but
became always negative further downstream due to boundary layer moistening .
The measurements show two types of boundary layer modification called encroachment and
entrainment. An example for each type is shown in Figure 3. The encroachment type of boundary layer
modification occurred in 8 of 10 cold-air outbreak cases.
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INITIAL CONDITIONS OVER THE ICE

Vertical profiles measured at the beginning of each flight mission and representing the initital
conditions of cold-air outbreaks over the ice are presented in Figure 4. The boundary layer over the ice was
always shallow and topped by a stable layer of different stability (isothermal or strong inversion) and
different depth. As can be seen from Figure 2 the stability !::. T Inv above the boundary layer controlled
mainly the boundary layer modification. When !::. Tinv was large, the increase ofh was small and vice versa.
Strong stable layers were often connected with high moisture values. This resulted from the advection of
warm and moist air from the open water as can be concluded from the wind profiles on 16, 17 and 19 March
1993 which show southerly wind directions DD in the stable layer.
5.

SENSIBLE AND LATENT HEAT FLUXES

Sensible and latent heat fluxes were calculated by the eddy correlation technique using the gust probe
measurements of the aircraft. The results from the horizontal flight legs of the aircraft FALCON at 90 m
height are displayed in Figure 5. Over the ice, the sensible heat flux H varied between 2 and 20 W/m2 and
2
the latent heat flux E between 1 and 10 W/m depending on ice cover and ice type. The largest values ofH
were found at some distance from the ice edge and ranged from 120 to 400 W/m2 (at 90 m height). The
latent heat flux E is clearly smaller than H in this region. E increases further downstream and reaches the
magnitude ofH at about 200 to 300 km distance from the ice edge. The maximal total heat fluxes amounted
2
to about 600 W/m . The actual heat losses of the ocean are somewhat larger because both, Hand E, increase
towards the sea surface. Shortwave and longwave radiation fluxes from above and below were also
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Initial Conditions over Ice during March 1993
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measured. Over the water, the net radiation flux RN is negligible compared to H and E, but over the ice RN
is negative and is the dominating term in the surface heat budget.
6.

LARGE-SCALE FLOW DIVERGENCE

Divergence is an important parameter of the large-scale flow concerning its influence on the boundary
layer modification during a cold-air outbreak. Six-hourly analyses of the European Center of Medium
Range Weather Forecast (ECMWF) which include the additional radiosondes launched during ARKTIS
1993 were used to estimate the divergence of the mean flow. In 8 of the 10 cold-air outbreak cases studied,
the large-scale flow at 1000 hPa was divergent over the ice (exceptions 16 and 19 March 1993). Further
downstream over the open water divergence decreased and the large-scale flow become convergent at
distances of 100 to 300 km from the ice edge.
The influence of the large-scale flow divergence at 1000 hPa, Vv 1000, on the development of the
boundary layer depth h is demonstrated in Figure 6 for three cold-air outbreak cases. On 10 and 24 March
1993, when Vv 1000 was roughly similar, the differences in h were caused by the extreme differences in
inversion strength AT Inv· On the other hand, on 10 and 25 March 1993, when the stabilities ATInv were
approximately the same, the smaller increase in h on 25 March compared to 10 March is in agreement with
a stronger divergence on 25 March than on 10 March. ·
2

h[km)

- - 10 March 93
- - 24 March 93
----- 25 March 93

I

10

AT1""[K)

' - -:;-_-:::::"".:":-_-:::..-

o~~~~~~~~~~==T===~~~--~-~

0

100

200

300

1.00

Distance from Ice Edge llx [km)

Figure 6:

7.

Boundary layer height h, temperature increase AT Inv across a 300 m thick layer above the
boundary layer, and divergence Vv 1000 ofthe large-scale flow at 1000 hPa taken from ECMWF
analyses as function of distance Ax from the ice edge for three cold-air outbreaks.

CONCLUDING REMARKS

During the field experiment ARKTIS 1993 ten wintertime cold-air outbreaks from the Arctic pack ice
in the Spitsbergen region over the adjacent open sea were documented by aircraft, radiosondes and ice
buoys. In all cases the boundary layer modification was observed as a function of the initial conditions over
the ice, the conditions at the bottom and top of the boundary layer, and the conditions of the large-scale
flow. With respect to completeness the measurements represent a unique data set.
8.
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INTERNATIONAL ARCTIC CLOUDINESS-AEROSOL-RADIATION PROJECT
(lACARP)
AA. Chernikov and LP. Mazin

Central Aerological Observatory
Dolgoprudny, Russia
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Institute of Atmospheric Physics
Russian Academy of Sciences
Moscow, Russia
A.I. Voskresensky
Arctic and Antarctic Research Institute
St. Petersburg, Russia

The preliminary program of the International Arctic Cloudiness-Aerosol-Radiation Project
(IACARP) of studying the polar clouds, aerosols, and radiation fluxes is discussed. It was
proposed by lAP, CAO and AARI in 1993 and discussed with scientists of Canada, USA,
France, Germany, Japan and other countries. The main objective of this project is to improve
our knowledge of the polar radiation energistics, coudiness and aerosol (pollution) structure
and its evolution in the Arctic, due to humen activity, thus promoting a better understanding of
polar climate and its role in global change. It should help to analyse the origin of differences in
polar cloudiness, using data from various satellites and from ground-based observations and
improve the modeling of polar effects on the general circulation of atmosphere and ocean.
A significant part of IACARP should be a special subsatellite experiment, in particular in
winter during the polar night and in summer during the polar day. It is proposed to organize
coordinated surface measurements based on a sufficiently representative network of polar
stations, and to make estimates for and conclusions about the Arctic as the whole. It is planned
to use in this project the actinometric, meteorological and aerological observational data with
additional information from meteoradars and lidars at some Arctic stations. It is important to
use the aircraft measurement in the active phases of the subsatellite experiment to obtain new
data and to reach better understanding of phase state and microstructure of clouds. Modelling
of cloudiness and aerosol effects in polar regions is proposed, with the use of climatic models
with different resolutions and detailed cloudinesss-radiation-aerosol feedbacks.
An IACARP workshop is planned to be hosted by AARI in St. Petersburg. The preliminary
date of this workshop has been postponed until April 1995. The cooperation with various
international programmes and projects, including ACSYS, SHEBA, ARM ISCCP, GEWEC
etc. is anticipated.
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THE IMPORTANCE OF THE LOW LEVEL INVERSIONS UPON
THE ARCTIC WEATHER AND CLIMATE.
by Kari Wilhelmsen, The Norwegian Meteorological Instit~te.
Vervarslinga for Nord-Norge, Tromsoe.

ABSTR../\CT
Over the Barents Sea a low level inversion is common most of
the year at about 850 hPa. (W.S. of Clima. 1970). The low level
invertion seems to be formed at the poleward side of a range of
mountains by moving fronts crossing snow-covered land and mountains.
The main cyclonic track runs over the Norwegian Sea towards the
Barents Sea, and the fronts have to cross the montains along the
border of
North-Norway. The altitude of these mountains corresponds
to the level 850 hPa.
In the Arctic the main wind direction at surface is from
northeast, from the ice towards the open sea where cumulus clouds will
develop. A low level inversion over the sea will prevent the comulus
clouds to grow to full height. The unused instability energy may cause
unexpected strong winds.
1.

HURRICANE OVER THE OPEN SEA NEAR THE ICE-BORDER.

The night 11.-12.01 .93. At the Norwegian Coastgard ship
"Nordkapp" in the open sea south of Bear Island and 100 km south of
the ice-border they observe northeast gale. Six hours later the wind
has increased to hurricane. This strong wind lasts for about 6 hours,
and then returns to gale. Table 1.
Figure 1. In the same period at
Bear Island (in the ice) the wind force is steady gale.

Figure

1 - Surface maps.

a)

11'.01.93

18 UTC.

b)

12.01.93

00-UTC.
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The wind at the ship, well north of the front,
increases 4
Beaufort, from gale to hurricane, while the occlusion crossing the
northern Scandinavia is moving northwards. When the front returns to
nearly the first posision, the wind decreases to gale again.
The ship
moves from east towards west while the pressure falls. Why does the
wind at "Nordkapp" increase, and not the wind at Bear Island? Does the
movement of the front alone explain this strong wind forces at the
ship?

Table 1. Observations from "Nordka:QQ" 11.-1 2. January 1993.
Time UTC
11

1800
21{)0

12 0 O{) 0
0300
0600
0900

Tendence

TemQ.

Wind m(s

965,6
96319

-31 1
-1 1 7

- 0, 4

-

070
070

20
25

oossis:i.on.
north east
7312 20,4
18,0
7310

963, 1
9651 1
missing
91016

-018
+210

- 01 3
- 01 4

050
050

33
33

7310
7 31 1

1710
1 7 17

+---

- 012

050

33

7 31 1

18, 4

Pressure

1 11

2.

THE CLIMA IN THE ARCTIC.

2.1

The surface inversio-n over ice or snow-covered land.

In polar nights and in spring, from about October to May, most
of the Arctic is covered with ice and snow. In periods with calm
weather and clear sky the surface temperature over the ice or
snow-covered land may fall quickly, and a surface inversion will be
created. At upper levels, 500 hPa or higher, in the Arctic the
atmosphere is relatively cold too. Then over the ice in the Arctic the
atmosphere is usually stable. The main wind direction in the Arctic is
from northeast, from the ice towards the open sea.
After a few days
with clear sky the off-ice-wind around Bear Island will blow steadily
from east or northeast, from the ice towards the open sea.
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2.2

The climatological conditions over the open sea near Bear
Island.

Even in the coldest month the highest sea surface temperature
in the Barents Sea is usually about +4 to +6 degrees and in the Fram
Strait +2 to +4 degrees. When there is off-ice-wind at the surface,
the air above will be stable over the ice and conditional unstable
over the open sea. Figure 4. Over the sea the air will be heated from
below and cumulus clouds will develop. The clouds grow higher with
increasing sea surface temperature and distance from the ice-border.
rn the beginning the sky is clear and the cloud-streets will be seen
clear and clean at the satellite images. Figure 2.
2.3

The low level inversion in the Artic.

The low level inversion may be created when a front has to
cross snow-covered landskape and mountains to reach the Arctic area.
Behind these mountains the air temperature is relatively low, and the
advected warm air migh run over this cold surface layer.
Sometimes
the warm air is observed far ahead of the front and therefore it will
look more like an inversion. This explanation of the creation of the
low level inversion is based on what is really going on. Vorwinke and
Orvig (W.S. of Clima. (1970) sems not to give any definition.
Over Jan Mayen the inversion is observed at about 700 hPa.
Figure 3b.
and the corresponding mountains might be the Greenland
plateau, at about 3000 metres a.s.l.
Over the Barents Sea the
inversion is often observed at about 850 hPa. Figure 3a. The
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Upper air observations at a) The Bear Island January 1993.
The low-level inversion is clearly seen at about 850 hPa.
b) Jan Mayen
October 1967. The low-level inversion at
about 700 hPa.
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corresponding mountains are the mountains along the border between
North-Norway and the northly parts of Sweden or Finland, at about 1000
- 2000 metres a.s.l.
In the beginning in the off-ice~wind field the cumulus clouds
will not be able to penetrate the inversion layer. This unused
instability energy, from the inversion up to the expected top of the
cumulus clouds, may therefore be transformed into wind energy over a
distance from where the cloud top first touch the inversion and
towards the place where the heated air penetrates the inversion.
Figure 4 and s.

Figure 5 -

The inversion prevents the
cumulus clouds from growing.

Figure 4 - The transformation from stable air
over the ice to instabil air over
the open sea near the ice-border.

Similar examples of extremely strong winds south of the
ice-border in the the Barents Sea, may be more common than until now
known, because surface observations from ships near the ice-edge is
seldom received. There are also too few upper air registrations in the
Arctic, even over open sea.
3.

LOW LEVEL INVERSIONS AND OTHER UNEXPECTED DEVELOPMENTS IN
THE ARCTIC.

3.1

Development of strong winds in the Fram Strait.

At November the 15th, 1985 when a front passed over the Fram
strait, the pressure suddenly dropped, 19,9 hPa in 9 hours, follew~d
by a steep rise, 18,0 hPa in the next 6 hours. Table 2. The follow1ng
storm caused great damages in Longyearbyen at Spitsbergen, Svalbard.
This development satisfy all the requirements for a "bomb". (Sanders,
1 9 8 0)
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The Fram Strait is nearly surrounded by snow-covered land or
ice-covered sea. The advection of warm air over the Fram Strait seems
therefor to bring the pressure over the open sea to fall more steeply
than usually expected. When the warm air has passed the open sea, the
pressure will rise quickly.
Table 2. Observations Longyeg,rbyen 1 5 . November 1 9 85.
Time UTC

Pressure

Tendence

TemQ.

Wind m{.s

1 5 0000
0300
0600
0900

10 0 7 14
1 0 0 01 6
9911 6
99918

-41 1
-6,8

-

0' 9
31 7
1 '4

130
140
19 0
220

07
05
t0
27
17
16

12 0 0
1 50 0
1800
2100
1 6 0000

3.2

1 0081
1 0 0 91
1 0121
1 01 81

6
7
8
5

1 0 2 41 7

-

-910

21

5

+812

-

+918
1' 1
31 1
+51 7

-

-

-

2' 3
1, 1
11 4
3,2

260
240
270
270

18

+612

-

3' 8

250

T1

+
+

Qossision.

17

Marked Qressure fall over the Barents Sea far ahead ot
the front.

Sometimes when
cyclones are moving eastwards, over the
£Norwegian Sea, the pressure over the Barents Sea begin to fall
several hours before expected. The front may have pushed the warm air
ahead over Scandinavia and further over the cold air over the Barents
Sea.
3.3

DeveloQments of QOlar lows.

If a small low, develop below a low-level inversion, is moving with
the off-ice-wind,
the circulation around the low will increase until
the surface air is heated enough to penetrate the inversion. If at the
same time the air above the inversion is absolute unstable too, the
whole air-cloumn will be unstable from near surface and up to 500 hPa
or even higher. (T (500 hPa) < -38 degrees and T(1000) +2 degrees.
Figure 4 and 5.)
"A real polar low" or "a polar low of third degree" is created.
(Wilhelmsen, 1994 or 1995.)
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ON THE IMPACT OF SUB-GRID SCALE SEA-ICE DISTRIBUTION ON
ATMOSPHERIC CLIMATE AND AIR-SEA FLUXES
Anselm Grotzner1, Robert Sausen2 and Martin ClauBen 3
1

2
3

Meteorologisches Institut der UniversiHit Hamburg, BundesstraBe 55, 20146 Hamburg, Germany
DLR Oberpfaffenhofen, Institut ftir Physik der Atmosphare, 82234 WeBling, Germany
Max-Planck-Institut ftir Meteorologie, BundesstraBe 55, 20146 Hamburg , Germany

Sea-ice is an important component of the global climate system. The ice caps of the polar oceans
act as obstacles for the air-sea exchanges of heat, momentum and mass and have a great influence on the
oceanic and the atmospheric climate. Therefore, sea-ice has to be included properly in models of the
atmospheric general circulation. The ice cover of the polar oceans is not a continuous surface. It is often
intersected by zones of open water called leads and polynyas. The coupling surface fluxes are substantially
influenced by the extremely heterogeneous distribution of the ice and therefore of the static stability of
the boundary layer, the surface roughness etc. Since GCM's are not able to resolve the spatial scales of
these inhomogeneities, up to now sea-ice has been generally treated as a continuum. But since the
exchange processes over sea-ice and open water are so different, the sub-grid scale sea-ice distribution
should be included by a proper parameterization. In order to do this, a model grid cell has to be divided
into an ice-covered and an ice-free part with totally different surface characteristics. A straight forward
procedure would be to calculate effective surface parameters representative for the whole grid cell by
weighted averaging of the individual local parameters. These grid averages would be used to calculate the
surface fluxes. But the surface fluxes are nonlinear dependent on the surface characteristics and the
boundary layer structure. Moreover, the surface properties of the sea-ice and the open water are governed
by totally different physical processes. Thus, the definition of effective surface parameters is quite
problematic. It would be better to consider grid averages of the fluxes themselves and not of the surface
parameters. This can be achieved by applying the so called "blending-height concept" (ClauBen 1991).
It can be assumed that the state of the air near the surface is determined by the individual local surface
properties. More above the heterogeneities of the surface are not visible individually anymore and the state
of the atmosphere comprises the effective surface characteristics of a larger area. The height where both
conditions merge is called blending height. Thus, the fluxes over ice and open water can be calculated
separately according to the individual surface-layer structure of each surface type. Afterwards these local
fluxes are weighted averaged at the blending height to obtain fluxes representative for the whole grid cell.
Both procedures, the aggregation of surface parameters and the aggregation of the surface fluxes,
have been incorporated into the boundary layer scheme of the Hamburg atmospheric general circulation
model ECHAM3 (Roeckner et al., 1992). A number of perpetual January experiments with a prescribed
realistic sub-grid scale sea-ice distribution have been compared with a control experiment with a
continuous ice cover in order to examine the sensitivity of the atmospheric climate and the surface fluxes
to the parametrization of the inhomogeneous ice surface (Grotzner et al., 1994).

The results for the Northern Hemisphere show, that a fractional sea-ice distribution causes a
significantly enhanced heat input into the atmosphere compared to the control experiment, if the flux
aggregation is applied. The turbulent heat fluxes and the thermal radiation at the surface are
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Figure 1: Horizontal distributions of the sutface
sensible heat flux [W/m 2 '] for the control experiment (a) and their changes in the experiments with
parameter aggregation (b) and flux aggregation (c).
The contour intervals are ±5, ±10, ±20, ±50, ±100,
±150, ±200 and ±250 W/m 2·• The light and dark
shadings show those areas, where the changes are
significant at a 95% and 99% level, respectively,
according to a local t-test.

45E

substantially enhanced. If parameter aggregation is used for parameterization the sensitivity is considerably
weaker. Figure 1 shows as an example horizontal distributions of the sensible heat flux at the surface. The
strongest modifications are found near the ice margin in the Northern Atlantic, the Labrador Sea and the
Bering Sea. In those areas with a rather low ice density, the changes of the sensible heat flux amount up
to 100 W/m2 for both parameterizations. But in the Central Arctic and the Hudson Bay, the parameter
aggregation causes only small modifications. On the other hand, flux aggregation results in significant
changes of more than 20 W/m2 in those areas. In some places, the orientation of the flux has even
changed and is directed upwards now. This result is remarkable since the icecover is typically rather dense
in the Central Arctic. It can be explained by the dominance of the strong turbulence under unstable
conditions over the leads over the stable stratification over the sea-ice. This effect can only be considered,
if flux aggregation is applied, since it takes into account the nonlinear dependencies of the surface fluxes.
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Linear aggregation of surface parameters is not able to reproduce that phenomenon. Southwards of the
ice-margin, the sensible heat transfer between ocean and atmosphere is reduced, since the warming over
the polar regions causes a reduced advection of cold air from the ice covered regions.
The enhanced transfer of sensible and latent heat and thermal radiation causes substantial
modifications of the polar atmosphere. In the case of flux aggregation a strong warming of more than 5 K
is simulated in the boundary layer. But the warming is not confined to the lower levels. It extends over
the whole polar troposphere, in 700 hPa the air is still 1 K warmer than in the control experiment. The
ice temperatures, which are usually too low in the ECHAM model increase up to 8 K. If parameter
aggregation is applied, the warming is quite small and confined to the boundary layer. The ice
temperatures are almost unmodified. The enhanced latent heat flux through the leads causes a significant
increase of total cloud cover. In the control experiment the cloud cover amounts 0.6 on average over the
Arctic. It increases by 0.05 in the experiment with parameter aggregation and by 0.15 when flux
aggregation is applied.
The strong warming in the case of flux aggregation over the Arctic causes a weakening of the
meridional temperature gradient resulting in a reduction of the zonal winds in the mid-latitudes by more
than 10%. The large scale modifications of the pressure field as a result of the enhanced heat transfer
through the leads can be seen in Figure 2, which shows the sensitivity of the 500-hPa geopotential height
field. As could be expected, the parameter aggregation causes no significant changes of that variable. In
the case of flux aggregation, considerable differences relative to the control experiment occur. All over
the Arctic down to 60.N the geopotential height is increased. Since the maximum of the tropospheric
warming is located over the Labrador Sea, the geopotential height is significantly enhanced by 12 gpdm
in that area. This leads to weakening of the Northern American trough and the Islandic low. The pacific
sector is not that much affected by the sea-ice modifications. Thus, no clear enhancement of the
geopotential height can be found in that area. The significant reduction of 4 gpdm over the midlatitude
Pacific is caused indirectly by redistribution of atmospheric mass.
The strong warming in the flux aggregation experiment over the western part of the Northern
Atlantic, the region of atlantic cyclogenesis, is connected with a reduction of baroclinicity. This causes
a weakening of the transient eddy-activity and the large scale turbulent heat transports. There seems to
be a reduction in cyclone frequency and the tracks of the atlantic cyclones seem to be shifted southwards.
Nevertheless, the modifications of the cyclonic activity are only very weak and should be regarded with
great caution.
These and other results clearly show, that a sub-grid scale sea-ice distribution, which represents
the effect of leads and polynyas, has a substantial influence on the surface fluxes and the state of the
atmosphere at high latitudes in an atmospheric general circulation model. The modifications are in the
same order of magnitude as those, which were obtained in a similar experiment with a total removal of
the sea-ice. Nevertheless, such results can only be obtained, if the more physically justified flux
aggregation method is applied. By applying the more technical motivated method of parameter aggregation
the effect of leads in the sea-ice on the atmosphere seems to be underestimated. Especially for the purpose
of coupling with an oceanic circulation model, we recommend to apply the flux aggregation method for
parameterization of the atmospheric surface layer over heterogeneous covered sea-ice regions.
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Figure 2: Horizontal distributions of the 500 hPa
geopotential height [gpdm] for the control experiment (a) and their changes in the experiments with
parameter aggregation (b) and flux aggre-gation (c).
The contour interval in Fig. a is 8 gpdm. In the
difference plots contours are shown for ±1, ±2, ±3, ±4,
±6, ±10, and ±12 gpdm. The light and dark shadings
show those areas, where the changes are significant at
a 95% and 99% level, respectively, according to a
local t-test.

References:
Claussen, M. 1991: Estimation of areally-averaged surface fluxes, Boundary-Layer Meteorol. 54, 387-410.
Grotzner A., R. Sausen and M. Claussen 1994: The impact of sub-grid scale sea-ice inhomogeneities
on the performance of the atmospheric general circulation model ECHAM. Max-Planck-Institut
ftir Meteorologic, Report No. 143, 42 S., Hamburg ISSN 0937-1060
Roeckner E., K. Arpe, L. Bengtsson, S. Brinkop, L. Diimenil, M. Esch, E. Kirk, F. Lunkeit, M. Ponater,
B. Rockel, R. Sausen, U. Schlese, S. Schubert and M. Windelband, 1992: Simulation of the
present-day climate with the ECHAM model: Impact of model physics and resolution. MaxPlanck-Institut fiir Meteorologic, Report No. 93, 171 S., Hamburg ISSN 0937-1060.

189

INTERACTION OF THE MODERN CLIMATIC CHANGES
OF ATMOSPHERE,OCEAN AND ICE COVER IN THE ARCTIC
Z.M.Gudkovich, V.F.Zakharov, E.O.Aksenov, S.P.Pozdnyshev
As known, rather sufficient climatic changes have come over
the XX century. These changes have affected atmosphere, ocean and
particularly sea ice that is the important component of the
climat.l.c system.
The most sufficient climatic changes have taken place in the
near Atlantic Arctic - in the North-European Basin of the Arctic
Basin. Thus§ the contribution of the changes in ice cover area in
the Greenland and Barents seas to the total dispersion of the
mean yearly ice cover area of the ocean was more than 80%. Fig.1
shows the multi-year variation of the mean yearly ice cover area
in lhe North-European Basi.n for the period of more than 90 years.
Before 1960 the data were reconstructed using the regression
equations which correlate the mean yearly ice cover area values
with the summer ice cover area values in the following period. To
construct the curve the ice data from the ship, airborne and
satellite observations generalized at the Danish Meteorologtcal
Institute as well as the collections of the ice charts from
AARI,Russia were used.
The main feature of the considered changes in the ice cover
area is the general decrease in the ice cover area from the
beginning to the end of the century that is equal to 1 ooo 000
sq.km. However, in spite of this decrease in the ice cover area
one can reveal the periods when this decrease was more intensive
(from the late 1910's to the late 1930,s) and the periods with
the sufficiently increased ice cover area (e.g. from the late
J950,s t.o the late 1960's).
Unfortunately, analysis of the reasons to the changes in the
ice cover area is limited due to the absence of the data from the
regular oceanographic observations and the rare system of the
Arctic meteorological stations.
one can reveal two characteristic periods in the changes of
the ice cover area that have taken place during the second half
of the XX century. The first one was characterized by the
exceptional decreased ice cover area (1954-1960) and the second
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oneby the relatively :increased ice cover area valu~. (1963-1969).
Let. us call the first period a.s "warm" one and the second period
- as "cold" one. The difference between the ice cover area values
averaged for these two perlocls is about 400 000 sq.km, i.e. equal
t.o ~10 % of the amplitude of the year-to year ch.anges for the
pertod of more than 90 year~~.
Bv the present time, the main reasons to the changes in the
ice cover area in the Arctic seas are studied in detail. These
processes depend j_n each moment. on the atmospheric and ocean
conditions and are also affected by the interaction of these
environments with the ice cover. The main features of the
atmospheric and ocean conditions are good reflected in the
distributions of the atmospheric pressure, air temperature and
water mass structure.
To reveal the features of the thermal and dynamical
processes during the "warm" and .. cold" periods, the corresponding
mean fields of atmospheric pressure and air temperature in the
Arctic and the mean fields of water salinity and temperature in
the Barents and Kara seas obtained from the oceanographic
stations' observations in August were compared.
Pig.2 demonstrates distribution of the differences of the
sea level atmospheric pressure tJ. P=Pc-Pw ( where Pc, Pw - t.he
mean at.mospheric pressure for the "cold" and "warm" periods,
correspondingly).
When tran.siti.ng from the "warm" period to the "cold" one,
t.h(~ changes in the atmospheric pressure are characterized by the
decreased pressure over the greater part of the Arctic, except
for the Greenland and adjoining it regions. The most considerable
changes have taken place over the Arctic seas and over the
northern regions adjoining Eurasia. The result of these changes
in the atmospheric circulation is the increased ice influx from
the Arctic Basin into the Greenland and Barents seas.
One should note, that the above-mentioned changes in the
atmospheric processes also cause the increased ice cover area
values in the Kara sea in the summertime. The year-to-year
changes in these values are in a good agreement with the changes
in the ice cover area values in the North-European Basin.
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The results of the calculations of the ice drift.· using the
mathematical model (I.L.Appel~ Z.M.Gudkovich, :1990) show that the
mean ice drift veloctty for the period of 7 years has become in
the "cold" period '1. 5 times as high as compared to the "warm"
period.
Correspondingly, the ice quantity in the
conside/Ted seas has also increased. When calculating.· the mean
monthly atmospheric pressure fields, averaged over the "warm 11 and
"cold" periods and the mean patterns of the constant. surface
currents were used.
The changes in the atmospheric circulation were accompanied
by t.he sufficiently decreased air temperature when transiting
from the "warm" period to the "cold" one. Thus, the mean air
temperature in the northern Barents sea and in the Kara Sea in
the winter period has decreased more than by 4°C, which was
accompanied by the increased ice growth and, consequently, by the
increased ice cover area not only in the wintertime, but also in
the following summer period. Together with the Increased ice
influx into the seas of the Nort.h-European Basin the increased
influx of the relatively fresh surface water also takes place in
this region. This fact leads to the freshening of the halocline
zone.
As was shown (V.F.Zakharov, 1977,1981), it is the presence
of halocline (the zone of the sharp increase in water salinity
with depth under the boundary of the surface mixed layer) that.
determines t.he features of t.he ice cover formation when t.he air
temperature decreases below the freezing point.
During the "cold" period the halocline zone becomes wider
due to the decreased influx of the relatively warm and saline
Atlru1t.ic water into the Barents and Kara seas through the branch
of the Nordkapp current. Such decreased water influx is caused by
t.he influence of the opposing wind. This fact. can be confirmed by
t.he distribution of the summer salinity and temperature
differences averaged over the "cold" and "warm" periods.
The maximum salinity differences (up to 1°\oo ) are in the
eastern Barents sea. whereas in t..he Kara sea those ones (more
t.han 10°\00 ) are in the the latitudinal zone from the south-west
of the Kara Gate strait to the north-east off the Severnaya
·
·
the zone of transition. from the fresh river
Zem 1ya
1.e.
1n
runoff to the saline sea waters.
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D1stribut.Jon of the saUnit.y differences shows.that in the
Kara sea t.he transport. of the ~:iurface waters to the northeast
lncreClSes during the "warm" period, whereas during the "cold"
pertod Lhis transport is directed to the north-west. This fact is
in a ~;rood agreement with t.he revealed features of the air
transport..
The river runoff into the Arctic Basin has a particular
sl.gnificance for the halocline's formation. Year-to-year ehanges
in the r1ver runoff volume are in a good agreement with the ice
cover area values for the North-European Basin (correlation
coefficient r=0.45) with the delay in ice cover area values of
2-4 years.

ThH considered changes in t.he atmospheric circulation, when
tra.nsiting from the "warm" perlod to the "cold" one allow one to
assLUne that the above-mentJoned empirical correlation not only
reflect.s the influence of the rl.ver runoff but also conf1rms
svnchrony of the nature processes which depend on the atmospheric
circu1at.ion.
Thus. the .:.move-mentioned changes
in
the atmospheric
processes ( in the fields of the air pressure and temperature )
cause the corresponding changes ln the ice drift, water mass
dJst.ribut.ion, precjpitation values in the basins of the Siberian
rtver·.s and runoff into the Arctic Bas]n. All these changes have
the same effect on t..he ice growth and melting that leads to the
sufficient chanches i.n the ]ce cover area of the Arctic seas
adJoining the Arctic Basin.
The response of the atmosphere to the changes in the ice
cover together with the relatively steady t.hermohaline structure,
.in it:.s Lurn~ creates the conditions for the maintenance of the
corresponding anomalies during the several yeCU's, which leads t.o
the climatic variations in the atmosphere, ocean and ice cover.
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Fig. 1 The changes in the mean yearly ice cover area in
North-European Basin for the period of the XX century.
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Fig.2 The differences between the mean yearly atmospheric
pressure in the "cold" and "warm" periods.
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Airborne Measurements of Turbulent Transfer of Momentum and
Heat related to Floe Field Structure in the Fram Strait
Jorg Hartmann, Ernst Augstein* and Christoph Kottmeier*

Alfred-Wegener-Institut for Polar- und Meeresforschung, Bremerhaven, Gennany
*Universitiit Bremen, Bremen, Germany
Low-level measurements with a highly instrumented aircraft were made in late summer and late winter in
the marginal ice zone of Fram Strait. The instruments allowed simultaneous measurements of the vertical
turbulent transport of momentum and heat, high resolution information on the sea ice concentration
and typical floe size and the floe freeboard heights. It is found that the aerodynamic drag coefficient
cdnlO = u;ju 2 , reduced to neutral stratification and referenced to lOm height shows a linear dependency
on a dimensionless floe form parameter, defined as F = hre with F being the freeboard area per surface
area in a floe field, h is the freeboard height and re the length of floe edges per surface area. If only the
ice concentration is known, the parameterisation CdnlO = Cdwater + a1 Cice + azCfe can be used. The transfer
coefficient for turbulent heat flux decreases with increasing ice concentration from its average open water
value of eh = 1.2 to eh = 0.3 at closed ice cover. This decrease is primarily due to the stability dependence
of the transfer coefficient.

1. Introduction
In recent years investigations of air-sea interactions in the marginal ice zone have related the
aerodynamic roughness of sea ice to qualitative descriptions of the state of the ice floes (e.g.
Anderson, 1987, Guest and Davidson, 1991). Quantitative measurements of sea ice structure and
turbulence are rare. With the growing interest in global climate modelling, parameterisation of
the air-sea interaction in the marginal ice zone becomes more important. This paper aims at
determination of the air-sea momentum exchange as a function of sea ice structure from airborne
measurements.

2. Measurements
During the experiments REFLEX I and REFLEXII in September/October 1991 and March 1993, respectively, a large number of low-level flights were carried out in the marginal ice zone of the Fram
Strait region. The aircraft instrumentation allowed simultaneous measurements of the vertical
turbulent transport of momentum and heat, high resolution information on the sea ice concentration and typical floe size and the floe freeboard heights. A total of 2500 km of low-level flight legs
is available for this analysis. Figure 1 shows the area of the experiments and a typical flight path.
2.1. Line scan camera
~ l~e scan camera provided two-dimensional high-resolution pictures of the ice coverage in the
v1s1b~e spectral ra~ge. The camera has an opening angle of 56° and records every 30 milliseconds
?ne_lme of 10~4 piX~ls orthogonal to the flight direction. Each pixel has an eight-bit value which
md1cat~s the mtens1ty of the reflected sunlight in the range from 400 to 900 nm. The spatial
re~olution of the system depends on the flight velocity and on the height of the aircraft. At a

height of lOOOm and a speed of 70ms- 1 ice floes of about 2m2 can be resolved.
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Figure 1: Flight path of Polar2 on 17 March 1993. Start and landing was in Longyearbyen, Svalbard.
Dot-dashed lines indicate the ice concentration, reproduced from maps of DNMI and NOAA weekly ice

charts.
From the line scan pictures floe edges are identified. The total length of edges per surface area
is calculated by
(1)

with n = the number of ice-pixels in each scan line with a water-pixel as a neighbour in flight
direction, N is the total number of pixels in the scan line (1024), ox the pixel size orthogonal to the
aircraft track and Ap the area represented by one pixel.
2.2. Laser altimer

Floe freeboard heights were measured with a laser altimeter. From the typical aircraft height of
30 m during measuring runs the instrument has a horizontal resolution of 11 cm and a vertical
accuracy of 1.7 cm.
2.3. Turbulence

Polar 2 is equipped with a Turbulence probe (Meteopod) mounted under the right wing. A deiceable five-hole-probe is used for flow measurements. Positioning and attitude information is
provided by a fuselage-bound inertial navigation system (INS) and an additional Attitude and
Heading Reference System (AHRS) inside the Meteopod. Humidity fluctuations are measured by
the aircraft-version of the A.I.R. Lyman-alpha instrument and by a dew-point mirror for absolute
reference. A very fast, open wire PtlOO in a reverse-flow housing measures the temperature
fluctuations.

3. Drag coefficient
Turbulent flux measurements require horizontal homogeneous conditions and long sampling
intervals to obtain representative covariances. Therefore, in this analysis only flight sections were
used that fulfilled the following conditions:
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Figure 2: Drag coefficients from 2 experiments in the marginal ice zone of Pram Strait. The data are
based on flight legs with homogeneous ice and atmospheric conditions for at least 10km length. A total
of 2500 km of flight legs in 20 to 40 m height were used. In all Figures cd is referenced to 10 m height. The
values in Figures b and c are corrected for stability and bin-averaged, the vertical bars are the respective
standard deviation.
a:

cdw versus bulk Richardson number Rib. This lines show the stability dependence of cd for different
roughness parameters zo.

b:

cdniO

c:

as a function of the floe form parameter F
edge length per square metre.

as a function of ice concentration.

CdnlO

= hr er h is the free board height and re the total floe

o length at least 10 km
o height between 20 m and 40 m
o similar ice characteristics over the entire length
o GP5-based wind speed measurements available
The drag coefficient cdz is determined for the height z by

.;-2
u'w' + -2
v'w'

(2)

u2

2

with u, v and w the components of the wind vector and U the wind speed measured at the flying
altitude z.
For general comparison CJz is reduced to the 10m level (cd1o) with aid of a one-dimensional
numerical modeL The model (Raasch, 1988) uses Monin-Obukhov similarity in the surface layer,
and further upwards eddy diffusivities calculated by a Prandtl-Kolmogorov approach as a function
of turbulent kinetic energy. For non-neutral density stratification the drag coefficients are reduced
to neutral conditions with the aid of the bulk-Richardson number Rib and the profile relationships
suggested e.g. by Brutsaert (1982). Figure2a shows Cd 10 versus Rib.
The drag coefficient can be parameterised as a function of the ice concentration
dimensionless floe-form parameter F by

Cice

and a

(3)
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Figu_re 3_: Parameterisation of the d~ag coefficient as a function of ice concentration and flow form parameter.
The 1sohnes represent 1000 CdnlO, giVen by cdnlO = Cdwater + a1 Cice + azC~e + bF. The coefficients are found
by a least-squares fit to the data points marked by black dots. Each data point represents a flight leg of at
least lOkm length.
shown in Figure 3. The floe-form parameter F is defined by
(4)

with h= floe freeboard height and re the length of floe edges per surface area. Our measurements
yield Cdwater=1.18·10- 3 , a1=2.3·10- 3 , az=-2.5·10- 3 and b=15·10- 3 • If only the ice concentration is
known, the parameterisation
(5)
CdnlO = Cdwater + a1 Cice + azCtee
with cdwater=l.07·10- 3 , a1=4.6-1Q- 3 and al=-4.22·10- 3 can be used (Figure2b).

4. Heat transfer coefficient
The transfer coefficient for turbulent heat flux

eh

is defined as
H

Ch=--=----

CppU(To- Twm)

(6)

with H the turbulent heat flux, cp the specific heat of air at constant pressure, p the air density,
To the surface temperature and Ttom the air temperature at 10 m height. The surface temperature
is measured by a radiation thermometer. Since the temperature difference in Equation 6 is based
on measurements with two different instruments the error of the result becomes large for small
temperature differences. Furthermore, the instrumental error of the turbulent heat flux is of the
order of 5 W /m2 (the statistical error may be larger !). Therefore, eh is calculated for the same
flight legs as for the drag coefficient with the exception that legs with very small heat fluxes
(\HI < SW /m2 ) and small temperature differences (\8T\ < O.SK) are not used. The heat transfer
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Figure 4: Transfer coefficient for turbulent heat flux

= cpp ucffo- T

The data are based on the same
flight legs as for the drag coefficient with the exception that legs with very small heat fluxes and temperature
differences are not used. Shown are bin-averages, the vertical bars are the respective standard deviations.
eh

10m

).

coefficient is plotted versus ice concentration in Figure4. The transfer coefficient decreases with
increasing ice concentration from its average open water value of eh = 1.2 to eh = 0.3 at closed ice
cover. This decrease is primarily due to the stability dependence of the transfer coefficient.
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HEAT AND WATER BUDGETS OVER THE NORTHERN POLAR REGION AS
ESTIMATED FROM 14 ATMOSPHERIC GENERAL CIRCULATION MODELS.
V.M.Kattsov, T.V.Pavlova and V.A.Govorkova
Voeikov Main Geophysical Observatory, St.Petersburg, Russia

Within the framework ofthe AMIP- Atmospheric Model Intercomparison Project (Gates,
1992), Diagnostic subproject No.8 (Polar Phenomena and Sea Ice), an intercomparison and
comparison against observation (Orvig, 1970; Korzun, 1974) are undertaken of the characteristics
determining the thermodynamic forcing of the sea ice and land snow cover. These are
downcoming fluxes of solar and terrestrial radiation, sensible and latent heat, as well as
precipitation, evaporation and snow mass accumulation. For 14 AGCMs (Table 1), participating
in the project, two regions are chosen to perform the diagnostic analysis: the Arctic ocean
bounded with the 70th latitude, and the isle of Greenland. For the 10-year period (1979-1988) of
the AGCMs integration under AMIP, the SST and sea-ice distributions being prescribed from
observation, an analysis is performed of the above characteristics' variability on seasonal and
interannual scales.
The analysis shows (Figures 1-4) that all the models more or less overestimate
precipitation and evaporation in the both regions, especially in winter. Some models simulate
seasonal cycles leading or lagging behind those of the observations. In simulations of sensible heat
flux over the Arctic ocean, some models demonstrate discrepancy with observed annual means
not only in magnitude, but also in sign. In the Arctic ocean, around 1984-1985, good deal of
models show pronounced extremes in annual mean heat fluxes, as well as in surface air
temperature. It is noteworthy that this period is characterized by large and persistent negative
sea-ice anomalies in the North Atlantic subarctic.
Table 1.
GCMs under consideration
Mode ling Group

Model f Resolution

Grid

Bureau of Meteorology Research Centre
Canadian Climate Centre
Commonwealth Scientific & Industrial Research Organization
Colorado State University
Department ofNumerical Mathematics
European Centre for Medium-Range Weather Forecasting
Geophysical Fluid Dynamic Laboratory
Goddard Laboratory for Atmospheres
Goddard Space Flight Center
Main Geophysical Observatory
Max Plank Institute for Meteorology
Meteorological Research Institute
National Meteorological Center
State University ofNew York at Albany

BMRC I R31L19
CCC I T32L10
CSIRO I R21L9
CSU I 4x5L17
DNM/4x5L7
ECMWF I T42L19
GFDL I T42L18
GLA I 4x5L17
GSFC I 4x5L20
MGO IT30L14
MPI/ T42L19
MRI I 4x5L15
NMC /T40L18
SUNYA/R15Ll2

96x80
96x48
64x56
72x44
72x45
128x64
128x64
72x46
72x46
96x48
128x64
72x46
128x64
48x40
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Figure 1 - Seasonal cycles of evaporation (a) and precipitation (b) over the Arctic ocean.
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Figure 2- Annual means of evaporation (a), sensible heat flux (b), precipitation (c), and
precipitation minus evaporation (f) over the Arctic ocean.
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Figure 3 - Same as Figure 1, except for Greenland.
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Figure 4 - Same as Figure 2, except for Greenland.
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ON THE VARIABILITY OF SURFACE HEAT FLUXES AT HIGH LATITUDES
G. W.K. Moore
Department of Physics
University of Toronto
Toronto, Ontario
Canada

1.

Introduction

Outbreaks in which cold polar air streams out over the relatively warm waters of the Arctic Ocean's
marginal ice zones are a ubiquitous occurrence during the winter months. The strong winds and large airsea temperature and humidity contrasts associated with these outbreaks result in large fluxes of sensible
and latent heat. Their magnitude can exceed 700 W/m2 • The most obvious atmospheric manifestation of
these fluxes is the development of extensive fields of cloud streamers over the open water. One often
observes the development of small and short lived mesoscale vortices or polar lows in these outbreaks.
The acceleration of the wind within these vortices can lead to even larger fluxes, on the order of 1000
W/m2 • The occurrence of these outbreaks is often triggered by the passage of synoptic-scale extra-tropical
cyclones. As a result, their occurrence and severity is coupled in with the variability of synoptic scale
storm tracks.
It is by means of these fluxes that the atmosphere plays an important role in the water mass
transformations that are an integral component of the thermohaline circulation of the ocean. Enhanced
fluxes that occur during intense atmospheric cyclones may be the trigger that initiates high latitude deep
convection in the ocean. In this regard it is interesting to note that cold air outbreaks and polar lows have
been observed in both the Labrador and Greenland Seas, two regions in which the it is known that abyssal
water forms . The modification of the atmospheric boundary layer by these fluxes has also been shown
to accelerate the deepening rate of synoptic and mesoscale cyclones. The heat, moisture and momentum
transport by these systems are important components of the atmosphere's general circulation. Indeed it
has been suggested that improvements in medium range forecasts will only be attained once a better
representation of the fluxes between the atmosphere and ocean are developed and implemented in
numerical weather prediction models.
It is therefore clear that a better characterization of these fluxes is required before one can assess
the role that they play in the Arctic climate system. Apart from several field experiments that have
provided us with limited spatial and temporal information on these outbreaks and their associated heat
fluxes, there is at present very little that is known about them. With regards to the magnitude and
variability of the surface fluxes, conventional climatologies that are based on ship observations do not
have enough data at high latitudes to provide one with an estimate of either quantity. One also cannot at
this time retrieve these fluxes from satellite based observations.
In this paper, we will make use of the ECMWF/WCRP Level ill-A advanced surface and upper-air
analysis to estimate the magnitude of the fluxes associated with cold air outbreaks at high latitudes. At
present. one ha~ al~ost 10 ~ears wort~ of 6 hou~ly .~ata in this archive. This is sufficient to provide one
both with detruled mformatwn regardmg the vanabihty of these fluxes on both fast and slow timescales.
We will focus our attention on the winter months as this is the time of year when the largest fluxes are
observed to occur.
2.
2. 1

Results
Mean Climatology of the Surface Heat Fluxes

To begin, the ~ean total surface heat flux field is shown in Figure 1. This field was derived
.
directly from the 24 .wmt~r months of flux data that is contained in the ECMWF/TOGA archive. In this
figure and all ~thers m t~I~ paper, th~ convention that will be followed is that fluxes from the ocean to the
atmo~phere Will be poslti~e and VIce-versa. With regards to the mean total heat flux field and its
constituents,. t~e m~~ se~sible an~ latent heat flux fields, a comparison with earlier works show a great
deal of qualitative snrularity. All fields shown in this paper are produced at the full resolution, i.e. 1.125
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degree, of the ECMWF analysis. In and of itself this is important in resolving small scale features in the
fields that have been smoothed by the much coarser horizontal resolution employed in previous studies.

Figure 1: The Climatological Winter Mean of the Total Surface Heat Flux Field (W/m2)
From this figure, one can see that the North Atlantic in winter is characterized by a net cooling of
the ocean with the most dramatic cooling occurring along the Gulf Stream near 40oN, 60°W. There is also
strong cooling of the surface waters occurring at high latitudes within the Labrador, Greenland and
Barents Sea. These latter regions are of course known as locations where significant air-sea interaction
and water mass transformation occurs. However, for the reasons discussed above, there has been little
known about the mean (or for that matter the variability) of the fluxes in these regions.
In this regard, the Labrador Sea is particularly interesting in that the maximum mean winter total
heat flux in this region is on the order of 340 W/m2 • This value can be placed in its proper perspective by
noting the the maximum mean winter total heat flux in the Gulf Stream region is, according to this
analysis, on the order of 405 W/m2 • The strong gradient in the fluxes across the ice-edges at high latitudes
are also apparent. The variability in the location of the ice-edge from month to month and from year to
year results in a certain ambiguity in the fluxes in the vicinity of the ice-edges.
2.2

High Frequency Variability of the Surface Heat Fluxes

The strong cooling that occurs along the periphery of the North Atlantic basin is linked to the
outflow of cold and dry air over its relatively warm surface waters. Although the outflow occurs, in a
time-mean sense, throughout the winter months, it is in actuality a highly episodic phenomena that is
modulated by the passage of synoptic scale baroclinic waves. One should therefore expect to see some
variability in the fluxes themselves. As discussed above, the data analysis techniques used in this paper
allow one the opportunity to, for the first time, document this variability over the entire basin in a
uniformly valid way.
The standard deviation of the total surface heat flux field about the climatological mean is shown in
Figure 2. Consideration of Figures 1 and 2 shows that ove~ t~e entire basin, the air-sea interaction is a
highly variable process with the mean and the standard d~viation about the mean of the s~me orde~ of
magnitude. This observation implies that the mea~ valu~s m an? of th~mselves ?o not provide suffic1~nt
information to adequately describe the process of ~r:sea mterac~10n that Is .occurn?g. To fully charactenze
this interaction, one also needs to consider the statist1cal properties of the t1me senes of these fluxes.
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Figure 2: The Standard Deviation of the Total Surface Heat Flux Field during Winter (W/m2)
A histogram of the total surface heat flux during the 24 winter months at a location within the
Labrador Sea is shown in Figure 3. This graph provides further evidence as to the high degree of
variability that characterizes the air-sea interaction at higher latitudes. It is also apparent that the
distribution is very non-Gaussian in character. Its marked asymmetry combined with the shift between the
mean and most probable values suggest that it is Poisson in nature. However a Poisson distribution has a
standard deviation equal to the square root of the mean. This is clearly not the case in the present context
where the standard deviation is of the same order as the mean.
One can see that extreme events occur in which the fluxes are very large. For example, in the
Labrador Sea approximately 3% of the time (one 12 hour period per month) the total surface flux of heat
from the ocean to the atmosphere exceeds the value of 800 W/m2• For the Greenland and Barents Seas,
the corresponding values are 1.5 and 1 % respectively. It may be the case that it is during these extreme
events that the mixed layer is destablisized to such a degree that convective overturning occurs. The actual
threshold required to initiate overturning is of course a function of the stability of the mixed layer prior to
the onset of the sudden cooling. The above thresholds were chosen only to highlight the fact that events
in which a large amount of heat is extracted from the ocean are not uncommon.

Mean: 266 W!d
Standard Deviation: 210 W!d

Figure 3: Histogram of Total Heat Flux in the Labrador Sea

207

2.3

Low Freguency Variability of the Surface Heat Fluxes
The magnitude of the surface heat fluxes are strongly modulated by the underlying variability in the
location and intensity of cyclogenesis events. Numerous studies have documented the low frequency
variability in both the intensity and tracks of cyclones over the North Atlantic and how this is manifested
in the location and strength of the the Icelandic Low and/or the Azores High. Given the strong coupling
that exists between the cyclonic activity and the fluxes, one would also expect to see some low-frequency
variability in flux fields. For this paper, a very simple characterization of this variability has been selected
that is based on monthly mean sea-level pressure anomalies at a point in the center of the mean position of
the Icelandic Low (68°N, 25°W). During months in which the Icelandic Low was anomalously strong,
one would expect a well defined cyclonic circulation over the North Atlantic that would provide one with,
in a mean sense, a steady and strong flow of cold and dry Arctic air out across the Labrador Sea. In the
Greenland and Barents Seas, the flow would be, again in a mean sense, from the south-west and would
import extensively modified maritime air into these areas. One would therefore expect to observe
anomalously high heat fluxes in the Labrador Sea and anomalously low fluxes in the Norwegian,
Greenland and Barents Sea. During those months during which the Icelandic Low was anomalously
weak, one would expect a much weaker cyclonic flow across the basin with a much reduced flow of cold
Arctic air out over the Labrador Sea. The weakening of the Icelandic Low would allow for the increased
probability of the flow of cold air from the Eurasian Arctic out over the Norwegian, Greenland and
Barents Sea. One would therefore expect to observe anomalously low heat fluxes in the Labrador Sea and
anomalously high fluxes in the Norwegian, Greenland and Barents Sea.
In order to see if this indeed occurs, composite total surface heat flux fields were computed from
all those months during which the Icelandic Low was either anomalously strong or weak. Figures 5 and 6
show the deviation of these composites from the climatological mean field. Areas in which the deviation
from climatology is statistically significant at the 90% confidence level are shaded.

Figure 4: Deviation in W/m2 from the climatological mean of the c~~posite to~al heat flux .fie~d for those
months during which the Icelandic Low is anomalously strong. Pos1t1ve (negat~ve) valu~s md1cate that the
fluxes during the months in the composite are higher (lower) than the climatolog1cal mean.
From these Figures, one can indeed see.a bimo~~signal.in ~he deviations fr?ID: the climatological
mean field. In the Labrador Sea region, there 1s a stat1st1cally s1gmfic";llt 210 ~/m d1ffference between
the typical fluxes observed during those months in which the .Icela~dic.L?w 1s anomalously strong as
compared to the typical fluxes that occur during those months m wh1ch 1t 1s anomalously weak. In the
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Greenland and Barents Sea, the differences are on the order of 100 W/m2 and 250 W/m2 respectively.
Unfortunately, not all of these later differences are statistically significant. This ma~ be the r~sult of the
small number of months included in each composite. With a total of only 24 months m the entire sample,
the numer of months included in each sample is small. The statistical significance of the results would of
course been more compelling with more samples included in the composites. The. resol~ti?n as t<? w~ether
or not the low-frequency varaibility in the fluxes in Greenland and Barents Sea IS statistically sigmficant
will unfortunately have to wait until more months of data are available.

Figure 5: As in Figure 4 but for the months during which the Icelandic Low is anomalously weak.

3.

Results

Knowledge regarding the mean and the variability of surface heat fluxes at high latitidudes is
important if we are to improve our understanding of role that heat exchange across the air-sea interface
play in the Arctic climate system. The lack of marine ship reports in these areas has restricted our ability
to gain such knowledge.
By making use of the objectively analysed fields from the ECMWF, we have, for the first time,
been able to provide basin scale estimates of these quantities. This work described in this paper has
shown that in the marginal seas of the Arctic Ocean during winter, the average total heat flux from the
ocean to the atmosphere is on the order of 200-300 W/m2 What is perhaps more interesting is the result
that the variance about the mean in these regions is of the same order as the mean itself. This implies that
the air-sea interaction in these regions is a highly episodic phenomena that is characterized by large
excursions from the time mean value. Extreme events during which the total heat flux in these regions
exceed 800 W/m2 are not uncommon. It is possible that it is these extreme events that trigger the onset of
deep convection in the ocean.
It has also been shown that there is a significant variability of the fluxes on much longer timescales
that correlates well with the low frequency variability in the position and magnitude of the Icelandic Low.
~ithin the Labrador, Greenal~d ~d ~arents Se~s, this variability is on the order of 200 Wfm2. Although
It h~s yet t? be demonstrated, It IS entlr~ly possible that the number and magnitude of the extreme events
dunng which the fluxes are very large IS also modulated in a similar manner. If this is indeed the case
then this would provide one with an explanation as to the why there is a significant low-frequency
variability in deep water formation in these regions.
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TEMPERATURE INVERSIONS IN ARCTIC ATMOSPHERE
A.P. Nagurny, Alekseev G.V.

Arctic and Antarctic Research Institute, st.Petersburg, Russia
Rozanov E.V.

Main Geophysical Observatory, St.Petersburg, Russia
1. INTRODUCTION
A characteristic feature of the Arctic atmosphere appears to
be the presence of deep inversions (air temperature increase with
height) in its lower layer. The inversion layer influences the
change of the radiation regime and moisture content of the surface
and boundary layers, plays a significant role in the cloud cover
and sea ice formation in the Arctic and affects the intensity of
pollution in the surface atmospheric layer (Budyko and Izrael,
1987; Timerev, 1986; Bergwolter et al, 1983; Shaw, 1979). Although
a number of the studies have been devoted to polar inversions
(Sakunov et al, 1990; Nagurny et al, 1991; Serreze H.C. et al,
1992), up to recently the quantitative spatial-temporal characteristics of inversions in the boundary layer of the atmosphere of
the Arctic basin are still insufficiently investigated.
2. DATA RECORDING AND ANALYSIS
As initial data for the study of spatial-temporal variability
of surface inversions, the results of daily upper-air radiosonde
assents in the layer up to 3 km at the "North Pole" (NP) drifting
stations were used from 1954 to 1987 at o h GMT and for 12 h at
the NP-10 for 1962. The data of upper -air atmospheric soundings
of 9 Arctic, 10 sub-Arctic Russian and 20 foreign stationary
stations from 1961 to 1970 are used. The methods for the regioning
of the Arctic basin for the upper -air data analysis are presented
by Voskresensky and Karimova (1974).
The upper boundary of the Arctic surface inversions varies from
0 . 3 to 0 . 9 km in the summer and from 0 . 6 to 1 . 4 km in the
wintertime. As is seen from Figure 1 in January and July mean
monthly occurrence frequency (P) and intensity of the lower inversion boundary in the layer from 0.1 to 0.49 increased to 1983-1985
by 1.5-2.0 times with regard to 1963-1965. The increase of P and ~
at the lower boundary of inversions over the period under consideration is observed in all months to be at the levels up to 3 km.
To address the meteorological and hydrological objectives the
evidence on spatial-temporal distribution of surface inversions is
required. From December to March (Figure 2a) the largest occurrence frequency of inversions (more than 80%) is noted over the
Arctic basin and in the north of the Asian part of Russia and the
least one (less than 30%) - over the non-freezing Norwegian sea.
With the increase of the intensity of solar radiation during the
polar day and the change of the state of the active surface in
April-August the destruction of radiatio~ inversi?ns and increase
of the inversions as affected by warm a1r advect1on occurs.
The
increase of the number of the exit of cyclones into the central
Arctic in May-August,
particularly frequent i~ its eastern
regions,leads to the formation of the area of a max1mum occurrence
surface inversions in the re ion of 65-72 N from 140
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E to 170 W (Figure 2b). In June and August the value P, however,
does not exceed 4 0%. In the summertime the minimum values (less
than 10%) are observed over the water surface of the Norwegian and
the western Barents Seas, and in May and June - respectively, in
the regions to the south of 65 N between 70-150 W and from 74 to
76 N between 80-120 w.
Above the sub- ice inversion layer the increase of the inversion
intensity re~ults in the decrease of the vertical stability of the
troposphere in the Arctic, which should lead to increased vertical
turbulent heat fluxes in the middle and upper troposphere and,
respectively, to the elevated height of the lower tropopause boundary. Figure 1 indicates the increase of the lower tropopause
boundary in the Arctic (Alekseev et al, 1994 ). These tendencies
appear to be closely connected with each other.
3. RESULTS OF MODEL STUDIES.
To estimate a contribution of purely radiation processes into
the observed increase of thickness and frequency of temperature
inversions, as mentioned above, a one-dimensional non-stationary
radiation-convective model was used.
Such model was developed on the basis of a radiation block (Karol'
et al. 1 1986, Rosanov and Frolkis, 1990), which allows one to
calculate fluxes and influxes of solar and thermal radiation in
the atmosphere with a high accuracy.
The convective processes were taken into account on the basis of a
modified method of convective adaptation. The heat influx equation
was integrated with a one day spacing up to the determination of
stationary annual variations with an accuracy up to 0.01 K.
The results of modeling the background state of the atmosphere
indicate a significant influence of the radiation processes on the
formation of surface inversions in the wintertime, while during
the warmer period of the year the inversion profiles are not
simulated by the model. It follows from this that during the
warmer period, as aforementioned, the formation of inversions is
governed by advective processes.
To estimate the effect of anthropogenic aerosol, calculations of
thermal structure of the atmosphere in the presence of soot
aerosol with an optical thickness 0.2 in the visual range in the
layer 1-4 km were carried out (Rosanov, Dolgin, 1986). Figure 3
presents temperature changes in the troposphere for winter conditions (December) . Due to a significant optical thickness in the
infrared range, the effect of soot aerosol results in the tropospheric heating in the layer up to 4 km and cooling of the overlying troposphere. And the maximum heating occurs at a level of
500 m and contributes to the thickness increase of the surface
inversion layer formed by the radiation processes.
Similar
effects, ~ut a li~tle less by amplitude are also observed during
the exper1ments w1th elevated levels of carbon dioxide and other
greenhouse gases.
Thus, the ~od~l studies performed allow the following conclusions:
1) the rad1at1on processes play significant role in the formation
of surface inversions during polar night·
2) an anthropogenic gaseous and aero~ol contamination of the
atmosphere contributes to the thickness increase of ~inter surface
inversions;
.··
·
3) a comparison of experimental and model data allows one to
conc;=lude t~at an increased thickness of surface inversions in high
lat1tudes 1s one of the indication~ of the greenhouse effect in
the climatic s st
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4. DISCUSSION AND CONCLUSION
The study made has allowed one to find out that from
1963-1965 to 1983-1986 an increase of occurrence frequency and
inversion intensity in the lower layer of the Arctic atmosphere
from 0.01 to 3.0 km was observed. The largest changes were noted
in the layer up to 0.49 km, which could attenuate the convective
transfer of the surface aerosol to the higher atmospheric layers
and increase the intensity of polar haze (Shaw, 1979), especially
in the eastern Arctic by antropogenic reasons. The relationship of
the strength and intensity of surface inversions with the
coefficient of the atmospheric transparency is noted (Marshunova
and Mishin, 1988).
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Figure 1 a) Multiyear variations of mean monthly occurrence
frequency (1) and intensity P (2) of lower boundary of inversions
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from data
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measurements at the Russian NP stations. 1 c) Multiyear variations
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FIGURE CAPTIONS
Figure 1 a) Multiyear variations of mean monthly occurrence
frequency (1) and intensity P (2) of lower boundary of inversions
over the Arctic basin in the layer from 0. 01 to o. 49 km; a January, b - July. 1 b) A multiyear change of mean annual heights
of
the
lower
tropopause
boundary
from
data
of
upper-air
measurements at the Russian NP stations. 1 c) Multiyear variations
of meanmonthly height of surface inversion in January (I) and July
(VI~ of regions: 1 - 75-80°N, 150°E - 160°W; 2 - 80-85°N, 120°E 160 W; 3 - 85-90°N, 0-360°E.
Figure 2. Occurrence frequency of mean monthly values of
surface inversions in the Arctic; a - January, b - July.
Figure 3. Change temperature in convective-radiation model by
inject antronogenic aerosol to boundary layer at december's
conditions.
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PHYSICAL AND OPTICAL/RADIATIVE PROPERTIES OF ARCTIC AEROSOLS:
POTENTIAL EFFECTS ON ARCTIC CLIMATE
R.F.PUESCHEL AND S.A.KINNE
NASA Ames Research Center, Moffett Field, CA 94035-1000 USA

ABSTRACT
The abundance of light-scattering sulfuric acid (H2S04/IhO) and light-absorbing black carbon
aerosol (BCA) in the Arctic atmosphere was determined in Spring 1992 by airborne in situ
sampling with irnpactors and subsequent analysis by scanning electron microscopy. The mass,of
BCA in the Arctic troposphere is one percent of the total aerosol, reduced to one part in 104 in
the stratosphere.
A Mie algorithm permits the calculation of the optical properties of the various aerosol
components. Single scatter albedos of the combined system are roo=l.O in the post-Pinatubo
Arctic stratosphere, and as low as 0.94 in the troposphere. The aerosol has the potential to
regionally wann the earth-atmosphere system, because of the high surface albedo of the snowcovered Arctic.
INTRODUCTION
Man-made sulfate particles, once thought to have significance only near their urban sources,
are now recognized to have global radiative effects (Charlson et al., 1992; Kiehl and Briegleb,
1993); these may have significantly offset the warming induced by the greenhouse gases released
since the industrial revolution (IPCC, 1990). Soot, another class of anthropogenic aerosols of
interest to climate, has a radiative forcing effect opposing that of sulfates (Clarke and Charlson,
1985).
The parameter that distinguishes between absorption and scattering by atmospheric aerosol is
its single scatter albedo, CO(). Pollack et al. (1976) conclude that impurities reducing CO() to 0.98 or
less in the stratosphere would change the sign of climate forcing from cooling to heating. Lacis et
al. (1992) show that a 2% change of roo from 1.0 to 0.98 would result in an increase of ambient
stratospheric temperatures by ""4°C. Such a heating would have consequences for stratospheric
dynamics and would affect temperature-sensitive chemical reaction rates. For the troposphere,
Hansen et al. (1980) show that rooz0.85 is the critical value that separates heating from cooling.
Charlock and Sellers (1980) estimate that, assuming the global average optical depth is 0.125,
aerosol albedo changes from 0.95 to 0.75 would change the radiative effect of the aerosols from a
net cooling of -1.2°C to a net warming of +0.50C. This high sensitivity of roo to impurities
requires a high degree of accuracy in determining soot concentrations.
MEASUREMENTS AND RESULTS
Aerosol Sampling and Analysis
Impactors, exposed to the free airstream outside an aircraft's skin layer for a prescribed length
of time, collect particles by inertial deposition on cylinders of carbon-coated gold or palladium
wires (Farlow et al., 1979). Sampling time required to collect a representative sample typically is
under 2 minutes, corresponding to a spatial resolution of less than 25 km at a nominal jet aircraft
speed of 200 m sec-1.
Mter collection, the _Particles .are ~etained in airtight modules and exposed to ammonia vapor in
order to convert volatile sulfunc acid droplets to neutral (Nlf4)2S04 particles of sufficiently low
vapor pre~sure to p:eserve them i1_1definitely. The samples are brought back to the laboratory
where, us~ng scanmng e!ec!J'on_ rmcroscop~ techniques, particles are photographed, counted,
shaped, sized and the distributiOns of particle numbers versus size of both types determined.
Physical Aerosol Characterization
In orde~ to represent BCA abun~ance as ~ size distribution, it is necessary to estimate the size
of an eqmvalent sphe~e t? ~pproximate the Irregularly shaped soot particles, which are in fact
made ~~ of scor~s of I_ndividual 10 nm rad!us spherules. Our procedure is to average maximum
an~ mmim~m ~mens10ns of the BCA particles and to compute the size of a sphere of equivalent
radms. ~bile ~Is procedll!e probably underestimates the actual surface area and overestimates
volu~e, It provides a consistent method of comparing BCA size distributions among themselves
and with those of the mixed sulfuric acid-water aerosol.
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Table 1 shows the lognormal characteristics of size distributions of a sulfuric acid-water
aerosol and of a BCA sample, both derived from a collection of 14 March 1992 aboard the DC-8
at 10.1 km MSL in the lower stratosphere above the northpole. The BCA size distributions are
for the total concentration and of the fraction that is interstitially mixed with HzS04/lf20. The
total BCA concentration was determined after evaporating the (Nll4)2S04 aerosol at 300°C,
leaving only refractory soot and mineral particles.
Table 1: Lognormal characteristics, and particle surface area and volume, for the aerosol and
soot size distributions.
BCA Aerosol

HzS04 /HzO Aerosol

Mode 1

Mode2

Mode3

External Mix

Total

No (cm-3)

24.9

3.2

0.6

0.02

0.2

rg QJ.m)

0.08

0.3

0.7

0.05

0.06

crg
A (J.Lm2cm-3)

1.5

1.4

1.2

1.4

2.8

4.0

4.1

7.9x10-4

1.6
2.1x1Q-2

V(gm2cm-3)

0.1

0.5

1.0

1.7x10-5

7.5x1Q-3

It follows from Table 1 that BCA is but a small fraction of the total aerosol. In the example
chosen, the BCA concentration is 8x1Q-3 (0.8%) by number, 2.0x1Q-3 (0.2%) by surface area,
and 4.7xi0-3 (0.5%) by volume of the total aerosol. It further follows from Table 1 that the
fraction of soot that is externally mixed is only 3.76x1Q-2 (3.8%) by surface area and 2.27x1Q-3
(0.2%) by volume of the total soot aerosol concentration. That means that almost all the soot is
internally mixed with sulfuric acid droplets; nucleation of sulfuric acid on soot particles is a
possible mechanism to incorporate soot particles into acid droplets.
Translating the volumes in Table 1 into aerosol mass results in average aerosolloadings of 5.4
J.Lg, and soot loadings of up to 3.2 ng per standard cubic meter. Thus it follows from Table 1 that
approximately one part in 1Q3 was BCA in the Arctic stratosphere at a time when the
HzS04fHzO aerosol volume was enhanced at least 67-fold by the 1991 Pinatubo volcanic

eruption (Pueschel et al., 1994).

Light Scattering and Absorption
Optical properties of the aerosols can be calculated via Mie theory with the lognormal
characteristics of Table 1 and representative refractive indices for HzS04/H20 mixtures and
BCA, respectively (e.g., Van deHulst, 1957). Single scatter albedo determines the amount of
light scattered in relation to the absorbed fraction of radiation, and thus is an important variable
that determines aerosol climate effects. It is defined as the ratio between the solar energy
scattered by the aerosol and the total incoming radiative energy from the sun, namely
000

= ~sca/(~abs+~scat)

where ~abs' ~scat' ~ext=~abs +~scat are, respectively, the absorption, scattering and extinction
coefficients of the stratospheric aerosol. Table 2 shows, for a mid-visible wavelength A-=0.55 J.Lm,
the optical properties of the sample collected on 14 March 1992 at 10.1 km altitude.
Table 2: Optical properties at A.=0.55 J.Lm of a sulfuric acid aerosol and its soot component
shown in Table 1.
Total Soot
External Soot
HzS04/H20 Aerosol
Refr. Index
~ext (m-l)
~scat (m-l)

5.81x10-6

2.0-0.6i
4.72x1Q-10

2.0-0.6i
4.25x1Q-9

5.81x1Q-6

1.68x1Q-10

1.60x1Q-9

1.43-0.5x10-8i
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~bacscat (m- 1)
~abs (m- 1)

2.10x1Q-7

7.47x1Q-10

5.56x10-ll

3.49x1Q-13

3.04x1Q-10

2.65x1Q-9

g

0.69

0.33

0.40

O>o

1.00

0.36

0.38

From the extinction and single scatter albedos in Table 2 we can calculate the single scatter
albedo of the total [H2S04/H20 plus BCA] aerosol mixture as
~tot=

<OoAXEXtA + ffioBCAX~extBCA

~extA+~extBCA
where the subscript A refers to the H2S04/H20 aerosol and the subscript BCA to the soot aerosol
fraction. Thus, the single scatter albedo of the total aerosol mixture is motor 1.0. This high
albedo is, however, due to excess sulfuric acid aerosol resulting from the June 1991 eruption of
Mount Pinatubo. The relative importance of the strongly absorbing soot component will become
greater as volcanic aerosol diminishes, with an expected e-folding time of about one year. If, for
example, mode 1 of the particle size distribution chracterized in Table 1 were the background
aerosol during volcanic quiescence, and if the internally mixed soot aerosol (difference between
total and externally mixed soot in Table 1) were mixed within this mode only, the aerosol single
scatter albedo would be significantly reduced, as Table 3 shows.

Table 3: Optical characteristics of an internally mixed sulfuric acid/soot aerosol with the soot
distributed in the core or shell, respectively, of the sulfuric acid/water mixture.
Soot in core
Soot in shell
~~~~~------------1.43-0i
2.0-0.6i
mshell
2.0-90.6i
1.43-0i
fficore
1
7.60x1Q-9
1.22x1Q-8
~ext (m- )
3.58x1Q-9
5.24x1Q-10
~scat (m- 1)
9.61x1Q-10
1.19x1Q-10
~bacscat (m-1 sr-1)
4.02x1Q-9
6.96x1Q-9
~abs (m-1)
g
0.46
0.48
0.47
0.43
~
Higher soot particle concentrations, and consequently lower single scatter albedos, were
encountered on 14 March 1994 at lower altitudes in the troposphere. The results are summarized
in Table 4.
Table 4: Altitude variability of aerosol characteristics on 14 March 1992 near theN-pole.
optical properties are for midvisible light.
Altitude (km)

1.5

6.1

10.1

(~)2S04 (Jlg m-3)

0.7

1.19

11.0

BCA (ng m-3)
~scat (m- 1)

12.1
9.8x1Q-7

0.93
1.4x1Q-7

1.33

4.6xi0-8
Specific ~scat (rn2 g-1) 1.4
Specific ~abs (m2 g-1) 3.8

1.8x1Q-9
0.1
1.9

0.6

~

0.98

1.0

~abs (m- 1)

0.94

6.6x10-6
1.7x1Q-9
1.3

.
CLIMATIC IMPLICATIONS
Atmosph~nc aerosols at~enuate solar radiation which reaches the earth's surface by
backscattenng and a?sorbmg fractio~s ?f the in~ident radiation. The absorption of solar radiation
by the aerosol layer mcreases the radiative heatmg of the atmosphere, while the fraction of
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scattering that leaves the atmosphere decreases the total amount of energy available to the earthatmosphere system.
Chylek and Coakley (1974) examined the effect of aerosol in the solar domain on heating or
cooling of the earth-atmosphere system using a two stream approximation. They have shown that
the sign of primary forcing of the climate depends on the surface albedo, a, and the single scatter
albedo or, more precisely, on the aerosol absorption-to-backscatter-ratio, (1-COQ)/uroo, where u is
the fraction of scattered light that is directed into the upward hemisphere away from the earthatmosphere system. Relative heating or cooling is determined by a-r', where r' is the albedo of
the earth-atmosphere-aerosol system, and the critical transition point is where a-r'=O, whereupon
1-<oo (1-a)2
(O()U

=2a·

Values of (1-ro0 )/roou above this critical value correspond to heating, while those below indicate
a cooling effect of the aerosol on the column surface-atmosphere system.
We have used the following procedure to obtain values for the atmospheric cooling/heating
potential of the aerosols in Table 3. First, the single scatter albedo and the asymmetry factor of
the aerosoVsoot mixture were calculated. Next, for each asymmetry factor in Table 3 we
determined u(Jlo) from Table 2 in Russell et al. (1979) by a simple search-and-interpolation
routine. Then we computed the absorption-to-upscattering ratio,

1

-roo, which is plotted against

U(O()

the surface/atmosphere albedo in Fig.1 and compared to the critical ratio of the absorption cross
section to the average upscattering cross section for (1) a cloudless atmosphere or a situation
where the aerosol is distributed above the clouds (Chylek and Coakley, 1974, solid curve); (2) a
cloudy atmosphere where the aerosol is dispersed between the cloud and the earth's surface
(Wear et al.,1974, dotted curve), and (3) a cloudy atmosphere where the aerosol and cloud
particles are well mixed (Wear et al., 1974, dashed curve).
Fig. 1 expresses the fact that a diffusing aerosol layer over a dark surface like that of the oceans
increases the reflectivity of the system (cooling effect), while an absorbing aerosol over a bright
snow surface reduces the reflectivity of the surface-atmosphere-aerosol column (warming effect).
It also follows from Fig.1 that the the soot-contaminated Arctic aerosols that we measured at 1.5
km and 6.1 km altitudes have the distinct potential of heating the earth-atmosphere system for
high earth-atmosphere albedoes , i.e., snow and ice covered surfaces that are typical for the
Arctic, even at an aerosol single scatter albedo as high as 0.98. This finding agrees with model
calculations by Emery et al. (1992) who show an increase in surface temperature when haze is
present, due to an increase in the absorbed radiation near the surface. We conclude from Fig.1
that this same aerosol that potentially heats the Arctic earth-atmosphere system will result in
cooling when dispersed over continents or the oceans which is most of the globe.
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CALCULATION OF HEAT FLUXES FOR
ARCTIC REGIONS DEPENDENT ON SEA ICE
DISTRIBUTION
Christof Liipkesl, K. Heinke Schliinzen\Gerit Birnbauml,
Knut von Salzen2

1

Introduction

The arctic climate is strongly influenced by the heat exchange between the ocean and the
atmosphere. Heat fluxes mainly depend on atmospheric stability and sea ice concentration
(SIC). Both are taken into account in large scale climate models. However, such models
have a spatial resolution of at least 100 km whereas SIC varies on a much smaller scale.
The purpose of our present study is to investigate whether different distributions of sea
ice for a given mean value of SIC influence the mean heat fluxes. For our investigation
we use an atmospheric mesoscale model whose total domain is in the range of a single
grid cell of a climate model. We choose an area mean value of 55 % for the SIC and
concentrate on off-ice wind conditions. Under these conditions a convective atmospheric
boundary layer (ABL) develops south from the area of total ice cover, and heat fluxes of
several100 W /m 2 occur.

2

The mesoscale model METRAS

The evolution of the ABL is studied by use of the mesoscale model METRAS. It is based on
the fundamental conservation principles of fluid dynamics, namely those of momentum,
mass and energy. A model description can be found in Schliinzen (1990). The model
is three-dimensional, non-hydrostatic, anelastic and uses a terrain-following coordinate
system. However, for the present model calculations flat terrain is assumed. Turbulent
fluxes are calculated in the Ekman layer by a first order non local closure scheme, which
is based on a scheme proposed by Holtslag and Moeng (1991). This parameterization
takes into account counter-gradient heat fluxes allowing the characteristic structure of
potential temperature profiles for convective conditions to be modelled. The scheme has
for Polar and Marine Research, Am Handelshafen 12, D-27568 Bremerhaven
2Meteorologisches lnstitut, Universitiit Hamburg, BundesstraBe 55, D-20146 Hamburg

1 Alfred-Wegener-Institute
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been carefully tested and compared with observations from arctic regions (Liipkes and
Schliinzen, 1995). In the surface layer Monin-Obukhov similarity is assumed. For a
partial ice cover within one grid cell the surface fiuxes are averaged according to Claussen
(1991 ).
We do not take clouds into account in this study. For consistency radiation is
neglected as well and consequently we assume a constant value of the surface temperature,
only depending on the specific type of surface (ice or water). This may be justified by
the fact, that under off-ice wind conditions the evolution of the ABL is dominated by
the large temperature difference between ice and water. On the time scales of hours, we
consider here, small temperature variations due to radiation may thus be neglected.
The model resolution for the present case studies is 2 km in horizontal direction. In
the vertical we use a high resolution of 20 to 50 m within the mixed layer. Above 1500 m
the grid length increases by 15 % at each level up to the' upper boundary at a height of
13000 m. Due to the well resolved ABL the model takes into account entrainment fiuxes
at the top of the ABL.

3

Lower boundary conditions and initialization

All the model simulations are initialized with the same stationary profiles of wind, temperature and humidity, obtained by a one dimensional version of METRAS. These profiles
are similar to those observed during spring (March 1993) north of Svalbard in a region
of nearly 100 % SIC. The surface temperature of the initial profile amounts to 236 K, a
value which was taken to be the ice surface temperature over the whole model domain.
This assumption is restrictive, because in nature the ice temperature is a function of
ice thickness and geographic position. Our assumption allows, however, the influence of
the ice pattern to be studied isolated from other effects. Also the water temperature is
prescribed to be constant (271.5 K). The geostrophic wind is 10 m/s from the north.
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Figure 1: Patterns of grid averaged SIC, values in %.
Fig. 1 shows our model domain of 100 X 100 km 2 with three different types of grid
averaged sea ice concentration patterns, each with the same domain mean value for SIC
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of 55 %. For case a) we assume total ice cover in the northern part and open water in the
southern part of the model domain. Case b) is based on observations near Svalbard. In
case c) a total ice cover is assumed in the northern part, 60 %in the western part and 28
% in the eastern part of the domain.

4

Results and. conclusions

Fig. 2 to 4 show model results after 10 hours of simulation. At this time the meteorological
variables are quasi stationary. The 3-dimensional structure of the ABL for the three
investigated patterns of SIC differ considerably. This concerns wind, temperature and
humidity fields. The different 3-dimensional structures result in large differences in the
mixed layer height h, which is shown here for simplicity as an east west average as function
of the distance y to the southern boundary (Fig. 2). For model run a) h starts rising
30 km south of the point where h increases in case c). In the latter case, however; the
gradient of increase is smaller than for run a) which leads to a slightly lower mixed layer
height at the southern boundary compared with cases a) and b).
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Figure 2: Evolution of east-west averaged mixed layer heights as function of distance y to the
southern boundary for the SIC patterns of Fig. 1

These differences are due to the different patterns of SIC which cause surface heat fluxes
as shown for the model runs b) and c) in Fig 3. They clearly reflect the SIC distributions
of Fig. 1. The surface fluxes increase with decreasing ice concentration to the south. In
a region with constant SIC, heat fluxes decrease slowly with increasing distance from the
northern boundary. This is caused by the warming of the ABL which leads to decreasing
gradients between water and air temperature in the direction of the mean flow.
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Figure 3: Surface heat fluxes for the SIC patterns b) and c).
Fig. 4 shows the profiles of domain averaged values of potential temperature and
wind velocity as well as latent and sensible heat fluxes. A comparison of the profiles
for the three different case studies reveals the surprising result that the domain averaged
heat fluxes are remarkably similar, at least near the surface. Only few differences exist
between the entire profiles of cases a) and b), larger differences can be seen by comparing
these with the profiles of case c). This mainly concerns the absolute wind values within
the lowest 100 m, which are in case c) about twice the values of a) and b). The potential
temperature in this part of the ABL is about two degrees higher for case c) than for case
a).
From the presented results we draw the following conclusions. Although differences
are small for the domain averaged heat fluxes at the surface, the fluxes may differ by
about 30 % within the upper part of the ABL due to the specific pattern of grid averaged
SIC. Despite the small differences among the surface fluxes, considerably different values
of wind speed and potential temperature in the lowest part of the ABL can occur.
A second result being important for climate models can be derived from the domain
averaged flux profiles and the temperature profiles. In climate models normally only one
temperature profile is calculated per grid cell. This might show the low inversion as seen
in the profiles of Fig. 4. However, with this profile the heat fluxes in upper layers would
be significantly underestimated. To generate more realistic results the SIC has to be taken
into account for the calculation of heat fluxes not only at the surface, as done by most
climate models now, but also in the whole ABL.
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CARBON EMISSION FROM THE NORTHERN ECOSYSTEMS
AND CLIMATIC CHANGES
I.P. Semiletov
Pacific Oceanological Institute
S.A. Zimov, Yu.V. Voropaev, and S.P. Daviodov
North East Science Station
At present, the interhemispheric gradients of C02 and CH4 and the highest seasonal amplitudes
show that high-latitude natural environments are a major contributor to the formation of global
C02 and CH4 maxima and seasonal signals with wintertime ·maxima in the Northern Hemisphere.
Taking into account the fact that the Arctic region is a comparatively closed cyclonic center
below the tropopause during the winter season, we assume that there is no air exchange in the
atmosphere between the northern area and mid-latitudes. Then we estimate the wintertime
atmospheric C02 incoming from northern soils (in Tundra and Northern Taiga zones) as about
0.5Gt C or more. This suggestion is based on three years of year-around C02 flux measurements
from the Kolyma Lowlands (-69 N), where most of the northern landscapes were represented in
the sample. Initial analysis of experimental and litel\tture data shows that, in the North, aerobic
oxidation of organic matter( OM) in the soil active layer(SAL) is the major contributor of C02 to
the atmosphere. The existence of a similar seasonaJ/source in the C02 and CH4 distributions is
also a very intriguing problem, because C02 an9- t:H4 are originated in opposite environmental
conditions. Based on direct CH4 flux ~ements and dissolved CH4 profile study, and
literature data, we suggest that -signifiCailt year-round CH4 emission to the atmosphere might be
provided only by aquatic ecosystems, which maintain positive temperature and anaerobic
conditions in the sediment during the entire year. Crude estimations show that thaw lake
sediments play a significant role in the formation of the CH4 maximum.
We suggest also that the foregoing sources of C02 and CH4 to the Arctic/Subarctic atmosphere
were significant in past. Ice core reconstruction of atmospheric C02 and CH4 concentrations for
the past climatic cycle, based on literature data and our own, obtained jointly with the Arctic and
Antarctic Research Institute, from the Vostok ice core samples, show large natural variations
associated with different climatic periods. During the two main glacial-interglacial transitions,the
C02 value increased from -180-200ppm to-280-300ppm and the CH4 value from -350-360ppb
to -650-750ppb. The current atmospheric C02 and CH4 burdens are -750Gt C-C02 and -3.6Gt
C-CH4. Hence, it could imply that -190Gt C-C02 and -0.8t C-CH4 moved into atmosphere
during the last glacial-interglacial transition (18-9kyr BP). Also, ice-core measurements from
Greenland and Antarctica show that during the last interglacial optimum and penultimate warm
interstadials the atmospheric concentration of CH4 was higher by -10% in Greenland. It is similar
to the present difference. But, during most cold stages such as the Late Wisconsin or Younger
Dryas event, the difference was absent. Note that during these time spans soil respiration and
thaw lake origin also ceased. For C02, the difference is less, but the tendency is similar. Analysis
of the stock of carbon in the soil and permafrost shows that the total northern carbon pool is more
than the current atmospheric C burden. Hence, changes in soil respiration and thaw lake evolution
induced by clim_atic watming might "pump" significant amounts of C from carbon pools (including
CH4-hydrates) m the form of C02 and CH4 into the atmosphere. The whole process behaves as a
positive feedback system.
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THE ATMOSPHERIC RADIATION MEASUREMENT (ARM) PROGRAM
NORTH SLOPE OF ALASKA/ADJACENT ARCTIC OCEAN (NSA/AAO)
CLOUD AND RADIATION TESTBED (CART):
SCIENCE ISSUES
K. Stamnes, Geophysical Institute, University of Alaska, Fairbanks, Alaska
B. D. Zak, Sandia National Laboratories, Albuquerque, New Mexico

1. INTRODUCTION
At high latitudes, it is sufficiently cold that ice is the predominant form of condensed water much of
the year both in the air (ice clouds, diamond dust and snow) and on the surface. Ice and snow scatter,
transmit and absorb visible and IR radiation much differently than liquid water. In addition, at high
latitudes, the annual average radiative energy input is negative - that is, more energy is radiated to space
than is received from the sun. The difference is made up by energy transported from lower latitudes by the
atmosphere and the oceans. Thus, high latitudes serve as the 'heat sink" for the global climate engine.
Furthermore, because it is so cold, there is little water vapor in the atmosphere during much of the year. As
a result, the so-called dirty window (the 16-28 micrometre wavelength region) plays a strong role in surface
and near surface radiative cooling at high latitudes, but not at mid and low latitudes where the window is
essentially closed. The lower temperatures at high latitudes also shift more of the radiant energy distribution
(Planck function) into the spectral region of the dirty window. The surface energy balance is affected in
other ways by the fact that the dirty window is largely open at high latitudes.

2. MAJOR SCIENTIFIC OBJECTIVES FOR THE NSA/AAO SITE
The major scientific objectives for the NSA/AAO site are to provide:
•

improved treatments of the radiative effects of mixed phase and ice phase clouds, aerosols, and cloudaerosol mixtures

•

improved description of basic cloud microphysical properties and how they are influenced by
atmospheric thermodynamics and aerosol characteristics

•

better understanding of the relative importance of surface and advective fluxes of moisture in the
formation of clouds and the sensitivity of the boundary layer clouds to large-scale vertical motion

•

better understanding of the interactions among turbulence, radiation, and cloud microphysical processes
in the evolution of the cloudy atmospheric boundary layer

•

improved treatment of radiative transfer in the coupled atmosphere/snow/ice/water column system
including horizontally inhomogeneous clouds over the horizontally inhomogeneous, melting snow/ice
surface.
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3. SELECTED ONGOING WORK RELEVANT TO THE NSA/AAO
3.1 Cloud- Microphysics and Climate Sensitivity
Clouds influence climate by their strong interaction with solar and thermal infrared radiation. In the
Arctic, clouds tend to be stratified and persistent, which implies that the role of cloud micophysics may be
somewhat more important there than at lower latitudes. A simple way to investigate the role of clouds in the
climate system is to use a one-dimensional radiative-convective model. Such a model captures the main
features of the climate problem: the heating of the planetary surface by solar radiation, which leads to the
onset of convection and transport of heat away from the surface, and the emission of thermal radiative
energy to space to balance the incoming solar energy. To quantify the importance of cloud microphysics in
climate it is useful to compare the effects of changes in cloud particle size, cloud water amount, and cloud
height on equilibrium surface temperature to the corresponding change caused by the doubling of carbon
dioxide in the model. Results of such a comparison shows that the surface temperature is indeed very
sensitive to cloud microphysical parameters, as well as the optical thickness of the clouds. In the Arctic,
where relatively thin clouds frequently overlie highly reflective surfaces, the climate feedback from
increased pollution may be positive instead of negative as expected at lower latitudes. It is important to treat
the infrared radiative effects of clouds properly, because it may be misleading to assume that thin clouds are
black, especially in the Arctic where thin clouds may occur more frequently than at lower latitudes (Hu et
al., 1994).
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Figure 1 -Equilibrium state surface temperature as a function of cloud optical depth.
Upper panel: Cloud top height 4 km, surface albedo for solar radiation 0.1
Lower panel: Cloud top height 3 km, surface albedo for solar radiation 0.8.

Figure 1 shows the equlibrium surfac_e temperature as a function of cloud optical depth for a surface
albedo of.O.l a~d 0.8. Wh~n clouds are optically thin, the equilibrium surface temperature increases with
cloud optical thickness until the cloud becomes essentially black with respect to longwave radiation after
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which the temperature starts decreasing with optical thickness. For a highly-reflecting surface the surface
temperature increases with increasing cloud optical thickness until the cloud optical thickness becomes as
thick as 8 (lower panel of Figure 1). Thus, an increase in cloud condensation nuclei in the Arctic might
have a net warming efect if the optical thickness of arctic clouds is less than 8, which is close to the average
cloud optical thickness of arctic stratus according to available observations (Curry et al., 1993).
3.2 Arctic Cloud Properties Detennined from Broadband Radiometric Measurements
At Barrow, Alaska, completely overcast skies exist frequently throughotu the year. The most usual
cloud types under such conditions (as determined from surface observations precluding observations of
upper layer clouds) are low stratus and fog. The NOAA/CMDL station at Barrow is equipped with Eppley
pyranometers that measure downwelling solar irradiance (broadband) as well as shortwave albedo. These
measurements may be used in conjunction with a radiative transfer model to estimate cloud optical depth by
varying the optical depth in the model until computed downward irradiance agrees with the measured value
(Leontieva and Stamnes, 1994). For the period from April through August 1988 at Barrow, 68 cases of
complete overcast conditions were identified when hourly-averaged solar irradiances at the surface
(downward and upward), as well as cloud observations and sounding data were available. From these data
the seasonal behavior of the cloud optical depth was determined. The results, summarized in Figure 2,
show that there is considerable seasonal variation in cloud optical depth with significantly thinner clouds in
April as compared to August.
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3.3 The Need for Spectral Radiation Measurements Covering the "Dirty Window"
The identification of longwave radiative transfer problems ~at. are unique to the N~A C:ART site c~
be accomplished by examining the basic physics that control the radmuve transfer ~ explamed m more de~
elsewhere (Ellingson et al., 1994). The opening of the window and the sp~tral s~ift of the Planck functwn
are easily seen in the model spectral distribution of the vertically down:wel~ng radmnce at ~e surface shown
in Figure 3. Regions of low radiance correspond to low spectral opacity (I.e. one sees partially to space) or
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to a small Planck function. The smooth, continuous, portions of the curve show the envelope of the Planck
function for local temperatures. It is easy to visually extrapolate these across the transparent portions of the
spectrum and locate the window regions.
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Conditions at the planned CART site at and near Barrow, Alaska differ frequently from the subArctic atmosphere as is illustrated in Figure 4. For the Barrow sounding of 28 February 1986 used in the
calculations, the 400-600 crn-1 window has opened substantially, thereby allowing the identification of
spectral features to v < 400 cm-1. Such conditions are extremely rare for mid-latitude sites.
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Those interested in the surface energy budget should note that the portion of the spectrum for 400600 cm-1 which is not filled in Figure 4 represents about 45% of the unfilled portion of the spectrum from
800 to 1200 cm-1. Thus, as the sky becomes overcast, about 45% of the increased energy that the surface
receives will come from the dirty window. Therefore, the absorption parameterizations in this region are
important for both heating rate and surface energy budget considerations.
Absorption and emission in the 400 to 600 cm-1 portion of the spectrum is dominated by strong
water vapor lines. The parameterization of the absorption of this portion of the spectrum requires not only
the specification of the strengths of the local lines, but also the shapes of the lines away from the line
centers. Laboratory measurement errors in this portion of the spectrum translate directly to errors in the
magnitude and altitude of the cooling rate.
In summary, the lower temperatures and water vapor burdens typical of sub-Arctic and Arctic
conditions open the 400-600 cm-1 window region of the spectrum to study that is infrequently available in
mid-latitudes. This portion of the spectrum contributes strongly to the cooling of the middle-troposphere at
middle and tropical latitudes, and it is a significant contributor to the near-surface cooling and surface
radiation budget of the Arctic. Results from SPECTRE and ARM indicate that models have significant
deficiencies in this portion of the spectrum. Furthermore, the current design of the AERI instrument being
used at the SGP CART site prohibits this instrument from seeing the entire dirtt window.
In view of the fact that spectrally detailed observations at v < 500 cm- are required to validate and
improve models of water vapor absorption, it appears that ARM can make a substantial contribution to
improving the situation by extending the range of sensitivity of instrumentation planned for the NSN AAO
site to about 350 cm-1. It should be noted, however, that along with such spectral observations must come
ACCURATE observations of the vertical profile of water vapor. Such observations appear to be possible
only with precision frost-point hygrometers or with Raman lidar.
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1. Radiative Transfer Model
Using the discrete ordinate method, we have developed a comprehensive radiative transfer model
pertinent to the atmosphere-sea ice-ocean system [Jin et al., 1994]. The main features of the newlydeveloped radiative transfer model include: (i) The atmosphere, sea ice and ocean are each represented
by a sufficient number of layers to resolve the change in the optical properties of each stratum. (ii) Art
appropriate quadrature structure is adopted to take into account the refraction and the total reflection
at the air-ice or air-water interface, as well as to solve the radiative transfer equation in the coupled
system consistently. (iii) Based on the optical properties in each stratum which may be tailored to the
computational accuracy desired, the model employs a different number of streams (quadrature points)
in the atmosphere, ice and ocean.
Within the atmosphere, we consider the absorption and scattering by atmospheric gases [Tsay
et al., 1989]. The gaseous absorption over a spectral region containing many absorption lines is
parameterized and implemented by a suitable band model [Wiscombe and Evans, 1977]. The optical
properties of clouds are parameterized in terms ofliquid water content and equivalent radius [Slingo,
1989].
The optical properties of snow are obtained through Mie computations, based on the method
developed by Wiscombe and Warren [1980]. In the ice, the processes considered include the pure ice
absorption, scattering and absorption by brine pockets and air bubbles [Grenfell, 1991]. The volume
amounts of the trapped brine and gas in the ice are linked to the temperature, density and salinity of
the ice [Cox and Weeks, 1983]. The optical properties of the inclusions in the ice are then obtained
through Mie computations, whereas the absorption coefficient of pure ice is based on the data sets
compiled by Warren [1984].
Justifications for the spherical assumption have been put forward by Warren (1982) who argued
that a snowpack of spheres having the same total surface area of'particles' and the same total volume of
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ice per unit area is the best way to mimic the spectral albedo of a snow pack consisting of nonspherical
particles. Then the spheres in the medium have the same surface-to-volume ratio as the nonspherical
particles in the real medium, but the number of particles is greater. Grenfell et al. (1994) quote Craig
Bohren who provides further reasons why the errors invoked in the assumption of spherical shapes
are small: "The orientationally averaged cross section of a convex particle that is large compared with
the wavelength is one-half the surface area. The absorption cross section of a large, nearly transparent
particle is proportional to its volume almost independent of its shape. The closer the real part of the
index of refraction is to 1, the more irrelevant the particle shape. The asymmetry parameter of large
particles is dominated by near-forward scattering, which does not depend greatly on particle shape."
In the ocean, scattering and absorption coefficients of seawater are taken from Smith and Baker
[1981], who provide values applicable to the 0.2 pm to 0.8 pm region. For wavelengths larger than 0.8
pm, only absorption is considered, because the scattering is weak and the absorption is dominant.
2. Model Computation
In the following computations, the profiles of air density and gas concentrations are taken from the
McClatchey atmosphere model [McClatchey, 1972] for the subarctic and the atmosphere is divided into
25 layers. The sea ice thickness is specified to be 2 m unless otherwise indicated, and the ice surface
temperature is specified to be -l0°C and the interior temperature is assumed to linearly increase with
depth to -2°C at the ice base. In the ocean, we neglect the vertical variation in the properties of sea
water and consider it as one homogeneous layer. The solar radiation is integrated over the 24 spectral
bands across the wavelength region between 0.25 pm and 4.0 JLm. The solar elevation is specified to be
30° unless otherwise indicated.
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Figure 1: The surface albedo as a function of snow thickness and ice thickness respectively.
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Figure 1 shows the surface albedo as a function of snow thickness (left panel) for snow covered
ice surface, and as a function of ice thickness (right panel) for snow-free ice surface. The cloud used
here is assumed to have an equivalent droplet radius of 7 J.Lm and a liquid water content of 0.2 g/m3 .
The cloud base is at a height of 700 m and the thickness is 300 m. The ice density is specified to be
0.9 Mglm3 and the salinity to be 5%0 • Figure 1 indicates that the surface albedo rapidly increases as
the ice or the snow thickness increases, especially when the snow or the ice is thin and under cloudy
conditions, then the albedo approaches a constant value as the thickness of snow or ice continues to
increase. Apparently, the clouds will increase the sensitivity of the surface albedo to the snow and ice
thickness variations. Because of the smaller grain size, new snow efficiently scatters light back to the
atmosphere. Therefore new snow has a higher albedo. Of all the cases, the combination of new snow
and cloudy sky conditions yield the highest surface albedo.
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Figure 2: The surface albedo as a function of cloud liquid water path (LWP).

Figure 2 shows the albedo as a function of the cloud liquid water path (LWP). Increasing LWP
means increasing cloud optical depth or cloud thickness. The left panel shows that the surface albedo
increases as the cloud thickness increases both for snow covered surface and snow-free surface. The
right panel is the cases for different solar elevations. For clear sky conditions (LWP=O) or thin
clouds, the surface albedo is sensitive to the solar elevation and this sensitivity decreases as the cloud
thickness increases. For high solar elevation conditions, the surface albedo increases simply as the
LWP increases. However, for low solar elevation conditions, the surface albedo will first decrease,
then increase as the cloud optical depth increases. All these effects can be explained by the different
reflection properties of the ice surface to the direct and diffuse incident radiation. The direct albedo
depends on the solar elevation, whereas the relative ratio of the direct and the diffuse radiation
reaching the surface is dependent on the cloud thickness.
3. Comparison With Observation
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Figure 3: Comparison of observed spectral albedo with model calculations for melting multiyear white
ice (left panel) and for melting first-year blue ice (right panel).

Figure 3 show the comparison of the model with observations for the melting multiyear white ice
(left panel) and melting first-year blue ice (right panel) respectively. The observed spectral albedos
are from Grenfell and Maykut [1977]. Unfortunately, the data needed to specify the model uniquely
were not obtained, so the comparison is only approximate. In the computations, because melting ice
is being considered, we have specified the average ice temperature as -2°C. The same models for the
atmosphere, cloud and ocean as in Figure 1 are used here. For the multiyear ice considered in Figure
3, recently parameterized profiles of salinity and air volume developed by W. F. Weeks (unpublished
field data from ice station Crystal, 1986) are used. The salinity is expressed as

S

= 2.785Z + 1.984Z4
0

< z::;

1.0

(1)

(2)

where Z in the formula is the normalized ice thickness, and z and h; are the actual depth in ice and
actual ice thickness, respectively. The air volume for the multiyear ice is parameterized as
Va

= 18.55 -

7 .6Z + 257.1 exp( -46.3Z).

(3)

For the first-year blue ice we have assumed a density of 0.94 Mg/m3 , which means that the air volume
is negligible, as it usually is for the first-year blue ice. The comparisons shown in Figure 3 are in
quite good agreement, particularly with respect to the wavelength dependence. For multiyear ice the
model predicts a little higher albedo at shorter wavelengths and a little lower at longer wavelengths
than observed. For the first-year ice the model predicts a little lower albedo overall. However, the
agreement could be improved by adjusting one or more of the input parameters, for example, the
salinity prof:tle. At present, it is not possible to determine whether the differences between the model
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results and observations are the result of inaccurate representations of the ice properties and/or the
inappropriately assumed parameters in the Mie calculations ofthe optical properties of the ice.
4. Conclusion
A coupled radiative transfer model for the atmosphere, sea ice and ocean system has been used to
calculate the ice surface albedo. The results show that sky conditions, snow type and thickness, ice
thickness, as well as solar elevation all influence the surface albedo in important ways. Surface albedo
is determined by approximately 10 cm of the uppermost layer of snow for snow covered surface and
by about 50 cm ofthe uppermost layer of ice for bare ice surface. Generally, surface albedo increases
as cloud optical depth increases, unless the solar elevation is low and the cloud is thin. Effect of solar
elevation on the surface albedo is small if the cloud is thick. Of all the cases, new snow type plus
thick clouds yields the highest surface albedo. Comparison with observation for two selected ice types
showed good agreement, but realistic simulation and more meaningful comparison require accurate
specification ofthe ice properties, such as profiles ofsalinty, density and temperature.
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and
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INTRODUCTION
The National Space Development Agency of Japan in collaboration with NASA and the European
Space Agency is planning to launch in early 1996 the Advanced Earth Observing Satellite (ADEOS) into a
sun-synchronous sub-recurrent orbit. This space platform carrying a set of advanced spectral and
spectral/imaging instruments is designed to extract quantitative information about surface and atmospheric
structural and chemical composition parameters in the Arctic (and Antarctic) Region. We are develoiping
approaches to use muptiple-sensor data to study cloud/radiation interactions, ozone chemistry and solar
UV-radiation in the Arctic. The rationale behind this study and the methods adopted are explained below.
1. CLOUDS
1.1. ARM. SHEBA. and FIRE Ill Pro~ams
The role of clouds in the climate system constitutes the highest priority of the U.S. and World
Climate Research Programs. Small changes in global cloud amount or cloud brightness are sufficient to
offset or amplify the global warming due to increased concentrations of "greenhouse" gases. Also, the
polar regions of the Earth emit more thermal radiative energy to space on average than they receive from
the Sun. Thus, these regions play an important role in the overall thermal regime of the Globe, including
maintainance of the latitudinal temperature gradients which drive the global atmospheric circulation.
However, there still exist considerable uncertainties in establishing a cloud climatology for the Arctic due
to lack of data, caused in part by the remoteness and harsh climate in this region which make it difficult to
conduct observational studies.
To remedy this deficiency in our knowledge, as well as to advance the study of climate evolution
and feedback mechanisms, three large-scale programs have been initiated in the U.S.: the Department of
Energy's Atmospheric Radiation Measurements (ARM) program, the multi-agency Surface Heat Budget of
the Arctic (SHEBA) led by the National Science Foundation and the Office of Naval Research, and Phase
Ill of the multi-agency First ISCCP Regional Experiment (FIRE Ill) led by NASA. These three major
initiatives coincide in time with the ADEOS mission.
The focus of ARM is on long-term observational studies of cloud/radiation interactions with the
goal of improving parameterizations of cloud formation/dissipation as well as the interaction of clouds with
radiation in Global Climate Models. To reach this goal ARM will establish three major research sites
world-wide: one in the southern Great Plains of the US (already in operation), one in the tropical Western
Pacific (under construction), and one in the northernmost region of Alaska. The alaskan site will focus on
cloud/radiation interactions over land as well as over the Arctic Ocean. This North Slope of Alaska/
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Adjacent Arctic Ocean (NSN AAO) ARM site will provide unique data, characterizing the chemical
compositon and physical behavior (including aerosol-cloud-radiation interactions), as well as
thermodynamic properties of and radiative interactions between the arctic atmosphere and surface. The
beginning of ARM operations in the Arctic is scheduled for early 1997.
The main focus of SHEBA is on energy balance processes both in the atmosphere and ocean, that
affect the melting/freezing of sea ice in the Arctic, and govern the extent and thickness of the perennial ice
pack. The observational program of SHEBA will be carried out during an approximately 18-month-long
Ice Camp Campaign in the Beaufort Sea.
The FIRE Ill sub-satellite observational program will be carried out as an aircraft campaign
interacting with SHEBA and ARM. These observations will provide cloud microphysics and atmospheric
thermodynamics data over spatial scales (order of a few to 100 km) which permit scaling of ground-based
and aircraft observations to satellite footprints.
The above observations will provide indirect and direct characterization of the scenes observed
from the ADEOS satellite for a variety of conditions, and thus provide data required to initialize and apply
appropriate models.
1.2. Use of ADEOS Instruments for Cloud Studies
There are a number of instruments onboard the ADEOS satellite which will be used for cloud
studies, although some of them were not specifically designed for such studies. The use of instruments
such as the OCTS, AVNIR and IMG is valuable since they can cover scales and conditions which are not
available from the POLDER instrument. For example, OCTS and A VNIR provide spatial resolution of
approximately 900 m and 16 m respectively, while POLDER's highest spatial resolution is about 6 km.
1.2.1. The AVNIR instrument provides high spatial resolution (8 and 16 m) data over a footprint
of 80 km by 80 km. The data will be used in conjuction with high resolution cloud modeling and aircraft
observations. They will also be used to investigate the relationship between the radiative fluxes obtained
from sub-satellite aircraft measurements and the radiances measured by instruments onboard ADEOS.
Radiative transfer modeling will be used to help clarify this relationship.
1.2.2. The principal purpose of the OCTS instrument is to observe the low-reflecting coastal zone
and the open ocean. The instrument will'saturate' if the light-levels are too high. Computational estimates
show, however, that the observed radiances of reflected solar radiation are expected to be within the
dynamical range of the instrument for low sun conditions. The OCTS can provide data about cloud
reflectances for solar zenith angles greater than 75 degrees when the POLDER is not operational.
1.2.3. POLDER is considered to be the main cloud remote sensing instrument onboard the ADEOS
satellite. This instrument will provide data for the Arctic during summer seasons for solar zenith angles
smaller than 75 degrees. Its special feature -the capability of measuring radiances from the same scene at a
number of observational angles- is particularly suitable for testing ofradiative transfer theory.
1.2.4. The IMG instrument will provide high spectral resolution observations of IRradiation at the
top of the atmosphere. It will be used for testing of longwave radiative transfer computations and for the
inference of cloud properties from outgoing IR radiation. The IMG instrument provides low spatial
resolution. Thus, analyses of the data will require classification of subsatellite scenes to determine the level
of heterogeneity due to snow cover extent, sea ice lead fraction, broken cloud decks, etc.
1.2.5. Data from the NSCAT instrument on near-surface winds over the open sea will be used to
initialize the mesoscale and LES models.
1.3. Use of SAR Data
Radiative transfer computations require lower boundary conditions. High spatial resolution data on
the state of the surface will be obtained using Synthetic Aperture Radar (SAR aboard RADARSAT JERS1, ERS-2) images received at the Alaska SAR Facility.
'
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1.4. Cloud and Climate Modelin~
There is a number of tasks which can be accomplished by combining modeling and ADEOS data.
1.4.1. Large Eddy Simulation (LES) Model of Cloud-Capped Boundary Layer. The LES model
with detailed microphysics generates self-consistent input (liquid water content, drop and aerosol size
distributions, or effective radius of drops) for radiative transfer computations at very high spatial
resolution of a few tens of meters. Although direct comparison with A VNIR data is impossible, the
comparison of statistical properties of reflected radiation can shed light on cloud formation processes.
1.4.2. Arctic Region Climate Model. Initialization of the model with correct climatology,
development of cloud parameterizations, and studies of the links between mesoscale weather patterns and
cloud properties all will benefit from good data sets such as those expected to be available through the
ADEOS mission. The development and testing of regional climate model and mesoscale models are
activities currently pursued by the Climate Modeling Group of the Geophysical Institute (A. Lynch, J.
Walsh, G. Weller) and by the group of Dr. Judith Curry at the University of Colorado at Boulder.
1.5. Radiative Transfer Modelin~
We will use a radiative transfer model which specifically matches illumination conditions in the
Arctic such as low sun elevation requiring corrections for the sphericity of the atmosphere. This model will
be used to perform a feasibility study and to develop cloud retrieval algorithms appropriate for the ocrs
and AVNIR instruments. Radiation packages (deterministic as well as Monte Carlo codes) are also
available to us that account for polarization which is relevant for interpretation of the POLDER data. The
high spatial resolution of the AVNIR instrument makes it suitable for use in conjunction with 3-D radiative
transfer modeling over horizontally inhomogeneous scenes. The problem at this level of detailed
comparison concerns specification of appropriate input for the radiative transfer model. Resources
permitting, we plan to pursue 3-D radiative transfer modeling in conjunction with detailed cloud modeling
which makes the high spatial resolution of the AVNIR instrument valuable.
Also, the radiative transfer models will be used to infer radiative budget implications of the data
received from the ADEOS instruments. This will include the integration over solar and thermal
wavelengths to assess the radiative energy balance as well as studies of the relationship between radiance
(intenstity) and irradiance (flux) in various spectral ranges covered by the ADEOS instruments.
2. OZONE CHEMISTRY
Recent observations in the Arctic have shown the presence of both Polar Stratospheric Clouds and
elevated concentrations of clorine species (such as ClO) which are believed to be responsible for the ozone
hole formation over Antarctica. Thus, the situation calls for the monitoring of the stratospheric chemical
environment in the Arctic. The situation in the Arctic is different from that in Antarctica due to stronger
planetary wave activity in the north during the winter/spring season compared to austral winter/spring and,
therefore stronger inter-latitudinal exchange.
2.1. Use of ADEOS Instruments for Ozone Studies
Ozone abundance in the Arctic is determined by a complex interaction between chemical, dynamical
and radiative effects.
2.1.1. The ILAS instrument. We will use data sets on vertical profiles of temperature, pressure,
aerosol concentration, ozone, nitrogen dioxide, and a number of "reservoir" gases to initialize and test a
photochemical model of the stratosphere. At the same time, the photochemical model can be useful for
obtaining correct retrievals of nitrogen dioxide, which has a strong diurnal variation. The nitrous oxide
concentration will be used for diagnosis of transport processes in the Arctic.
2.1.2. The IMG instrument. Data on spatial distibution of ozone and other greenhouse gases
including water vapor, and thermal structure will be used both in photochemical and radia~ve models. The
ozone and nitrous oxide data will apparently be complementary to the data from the ILAS mstrument. The
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use of a photochemical/transport model will allow us to perform a cross-check of the ILAS and IMG
datasets.
2.1.3. The TOMS instrument. Total ozone data for summer seasons will be used to test the
photochemicaVdynamic/radiative model and for UV-radiation calculations. The "albedo" channel will be
used to obtain auxiliary information about cloud/surface reflection.
2.2. Ground Truth Measurements at Poker Flat Research Ran~
A FfiR spectrometer of the University of Denver will be installed at the Poker Flat Research
Range, Fairbanks to provide measurements of vertical profiles of a number of species in the upper
troposphere/lower stratosphere. These measurements will serve as ground-truth for and provide an
extension of the ILAS measurements.
2.3. Photochemical Modelin~
The 2-D photochemical model developed at the National Center for Atmospheric Research
(Brasseur et al.) will be used for comprehensive diagnosis of ozone chemistry and its dependence on
radiative, and dynamical effects. The model explicitly incorporates planetary waves driven by the
disturbances of the geopotential in the troposhere and latitudinal transport based on the concept of residual
circulation. The model will be used prognostically to study the time evolution of the measured species,
predict concentrations of non-measured radicals, and fill-in the gaps in the ILAS measurements. It will be
used diagnostically to test the consistency of the vertical profiles of the reservoir species with the adopted
dynamics and transport coefficients of ozone with nitrogen dioxide, as well as the consistency of the
thermal structure of the stratosphere with the radiative processes determined by radiatively active species.
3. SOLAR UV RADIATION: OZONE AND CLOUD EFFECTS
While total ozone is measured on a regular basis both from the surface with the world-wide
Dobson Ozone Network and from space (TOMS, including TOMS onboard ADEOS) relatively little is
known in a quantitative sense about the influence of clouds (and aerosols) on UV radiation fluxes at the
ground surface. The data on cloud radiative properties, ozone abundance, aerosol loading, as well as
ground-based measurements of UV radiation fluxes will be used to study variability and trends in solar
UV radiation. Total ozone abundance is available from Barrow, Alaska from a ground-based Dobson
instrument as well as from the National Science Foundation UV/visible monitor, which is a double
monochromator that measures ultraviolet and visible irradiance with a spectral resolution of about 1 nm in
the ultraviolet. Data from both of these instruments will be valuable for ground-truthing of data obtained
by instruments onboard the ADEOS satellite.
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ABSTRACT
During the winter of 1989, drastic temperature change occurred over Alaska. Record
breaking severe cold with its temperature lower than -40°C took place at the interior
Alaska for two weeks in mid January. This severe cold was replaced by above freezing
warm temperature within a week after the cold spell. This warming was seen not only at
t:Pe ground level but also throughout the troposphere. The phenomenon may be referred
to as 'tropospheric sudden warming' owing to the abrupt warming by more than 40°C
within a week occurred in the troposphere. A comprehensive heat budget analysis was
conducted by Tanaka and Milkovich (1990) to explain the rapid temperature variation in
and around Alaska.
In this study, the work by Tanaka and Milkovich is extended for this warming event
to investigate the conservative quantities, such as potential temperature Band isentropic
potential vorticity Q. Spatial distributions of vertical motions and the Q-map are extensively examined. The analysis results indicatethat the sudden warming has occurred
in response to the intense downward motion which has migrated from the west. The
results are consistent with the conclusion by Tanaka and Milkovich in that the sudden
warming is caused first by the increased adiabatic compression, which is then followed
by an intensified warm air advection of subtropical air mass from the south. We found
in this study that the intense downward motion is associated with the front edge of the
explosive cyclogenesis developed at the Far East and migrated toward the Golf of Alaska.
It. is suggested by prE>sent. analysis that the strong downward motion over Alaska is closely
linked with the strong upward motion due to the explosive cyclogenesis in the west.
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METHODS FOR ESTIMATING THE CHARACTERISTICS OF THE ATMOSPHERIC
BOUNDARY LAYER IN POLAR REGIONS.
A.P.Makshtas, V.F.Timachev
Arctic and Antarctic Research Institute
St.Petersburg, Russia
1. Introduction.
The problem of estimating the parameters of air-sea (sea ice)
energy exchange and the height (h) of the atmospheric boundary
layer ( ABL) is very important in climate studies ( Garrat, 1993).
Zilitenkevich S.S. and Chalikov A.V.(1977) and Yamada T.(l976) had
developed relative simple parameterization of ABL for calculations
of surface turbulent sensible (H) and latent (LE) heat fluxes and
wind stress (<) using meteorological data at ~he isobaric surface
850 hPa and at sea level. Danard M.et al(1983) had modified Yamada
parameterization, included in it as internal parameter h and using
for calculations the distributions of potential temperature (e),
humidity (q0 and wind velocity (V)
in lower layer of atmosphere
from radiosoundings.
A new algorithm was worked out for h and turbulent fluxes
estimations using synoptic information on the 850 and 700 hPa
isobaric surfaces and at sea level. The gradients of temperature,
humidity and wind velocity in the 700-850 hPa and 850 hPa -surface
layers were used for reconstruction of profiles of meteorological
parameters. Then the Danard method was applied.
Here we review some results of comparison H, LE, < and h,
calculated on the basis of standard meteorological data in surface
layer and soundings with its values obtained by above mentioned
parameterizations.
2. The description of the parameterizations.
The simplest method for calculations of H, LE and < based on
the Ekman theory of ABL was developed by Zilitenkevich S. S. and
Chalikov A. V. ( 1977). In this method the turbulent fluxes are
calculated by formulas:
2
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H

= -p·c·V
p

LE

8!50

·c

T

9!50

= -L·p·V

'

(e 8!50 - eo

8!5o

(q 8!5o -

)·c

H

( 1)

q o ) ·cE '

where c H ,
number:

cE, c,- semiempirical functions of integral Richardson
Ri = [g;ece 8!50 -e)
+0.61·g·(q 8!50 -q 0 )](fV8!50 )-~and of
0
nondimensional external parameter P ; P
g/(fV ~ ) - analogy of

=

8 0

243

Rossby 2 number, where
z 0 -u jg used.

C harnok

formula

for

roughness

parameter

The well know semiempirical Monin-Obukhov of ABL is the
background of the Yamada T. (1976) parameterization. The main
characteristics of ABL are described in this parameterization by
closed system of algebraic equations:
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h -the height of 850 hPa isobaric surface, u -dynamic veloL- Monin-Obukhov parameter, A(~-J), B(~-J), C(i-J), D(~-J) - empifunctions of the internal parameter ~-J=h/L,
-empirical coefficients (=1.35).

In algorithm of this parameterization empirical functions,
proposed by Yamada T.(1976) for A(~-J), C(~-J), B(~-J) and Brutsaert W.,
Chen F.(1978) -for D(~-J) were used.
The system of the equations was solved by iteration procedure
by Land z 0 (Charnok's formula for open sea) and by L (z0 =0.0015 m)
for sea ice cover. The equation for module of the geostrophyc wind

(G) was used instead of the first two equations of (2):
u

I GI = ~ • { [ ln ( ~ ) - B ]
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t/2

2

+ A

}
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In third parameterization, proposed by Danard M.et.al (1983)
the equation for height of ABL, described by Ekman scale:
h = 0.3·u*/f was included in the system of equations (2,3).
The iteration procedure by L, z and h together with radiosoundings data was applied for calcu~ations of u*, H, LE and h.
At last in the modification of Danard parameterization we
used the same equations and iteration procedure but meteorological
parameters for each step were calculated from its value on 700 and
850 hPa isobaric surface and sea level by linear interpolation.
3.Discussion
For validation of· all methods we used the data of standard
meteorological observationns and radiosoundings, executed in north
-west part of Greenland sea in the period of the expedition on the
R/V "Pr.Multanovsky" (Fig.1) and radiosounding data, received <?n
the drifting station "North Pole -16". Turbulent heat fluxes 1.n
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surface layer had been calculated using the algorithm described by
Makshtas A.P.(1991). For estimations the ABL height was used the
method proposed by Mahrt L. ( 1981) who defined h as the height
where a critical bulk Richardson number
Ri

= -~-

h-~i~l=-~iQl
8(h)
IG(h)l 2

is exceed Ricr =0.4
The results of the compar~s~on H and h calculated for Greenland sea are shown in Fig.1,2. For period Julian days 72-82 hRiand
h,mod ( modified Danard method ) show good agreement in opposite to
the first period of observation (Julian days 65-71), when hRi was
approximetely twice more. On the whole the correlation coefficient
between h.
Rt. and h mo d was equal 0.75, between hR.\. and h 0 anar d- 0.64
The mean heights of ABL, estimated for all period ware:
h Rt.. = 876±449 m, h mo d = 645±305 m, h Danar d = 640±365 m and
h 850 h Pa = 1201±73 m.
The comparison of temporal variability H shows that the best
agreement between estimations of H carried out on the basis of
standard meteorological measurement (Hst) with calculated by above
mentioned methods was in the firs:t period of observations (Fig.2).
In the same period h Rt.. had the maximum values and wind blowed from
south-east, passed long distance above open sea (Fig.1). On our
opinion in this case air mass was adjusted to homogeneous sea surface and well mixed up to great heights.
in the second period wind had a north direction from sea ice,
ABL was restricted by pronounced inversion and moving air mass was
not adjusted to open sea surface. On our opinion it is the reason
of the different accuracy in the description H and h for both periods of observations.
The comparison of the estimations of h in Central Arctic calculated for four seasons using all methods shows a best agreement
between hR.\. and h mo d both in month-average and actual values
(Tabl.1 and Fig.3).
Tabl.1
Seasonal variability the ABL height in Central Arctic
(Drifting station "North Pole -16")

-----------------------------------------------------------------Month

Method

-----------------------------------------------------

---------------~!~~~---- -- -~Danard'm
hmod'm
h850hPa'm
----------------------------~--------January
April
July
October

125±107
189±133.
368±216
191±137

359±150
416±203
451±212
417±190

163±111
228±146
332±215
245±195

1329±65
1369±61
1383±92
1284±92

------------------------------------------------------------------
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4. Conclusion
The analysis of the estimations the turbulent sensible heat
flux and the ABL height had shown that modified Danard method,when
meteorological information on standard isobaric surfaces used only
gives the best agreement with estimations of H received on the base of standard meteorological observations in surface layer in
case of homogeneous surface (open water, Fig.2) and with estimations of h in Central Arctic (Fig.3) or in air masses with well
pronounced layer (Fig.1).
The last circumstance allows to hope for fruitfull utilization this method in climate investigations at polar· regions. The
preliminary comparision of seasonal variability of h in Central
Arctic with seasonal variability of median inversion depth for
this region described by Serreze M.C.et.al.(1992) shows its quite
different behavior during the year (Fig. 4). It is important because on our opinion the ABL height is the more informative parameter from point of view the investigation air-sea interaction
processes and air pollution redistribution.
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THE ATMOSPHERIC RADIATION MEASUREMENT (ARM) PROGRAM
NORTH SLOPE OF ALASKA AND ADJACENT ARCTIC OCEAN (NSA/AAO)
CLOUD AND RADIATION TESTBED (CART): AN OVERVIEW
B. D. Zak, Sandia National Laboratories, Albuquerque, New Mexico, 87185-0755, USA
K. Stamnes, Geophysical Institute, University of Alaska Fairbanks, Fairbanks, Alaska, 99775-0800 USA

INTRODUCTION
The Atmospheric Radiation Measurement Program is the USDOE's (US Department of Energy's)
flagship climate change research effort ARM primary Cloud and Radiation Testbed sites are planned for
the Southern Great Plains of the US (currently operational), the Tropical Western Pacific (initial research
operations, 1995); and the North Slope of Alaska and Adjacent Arctic Ocean (initial research operations,
1997). It is planned that each primary CART site operate for about 10 years. Research operations may
also be conducted at up to six identified supplemental CART sites. CART Sites will be used for
development and validation of the algorithms which describe formation and dissipation of clouds, and
radiative transport through clouds as well as clear sky in General Circulation Models (GCMs). The
behavior of clouds as the composition of the atmosphere changes, and how those changes will impact the
energy balance of the earth have been identified as perhaps the greatest uncertainties associated with
atmospheric GCMs. The present paper serves as a summary of the current thinking regarding the
development of the ARM NSNAAO CART site. The companion paper by Stamnes and Zak delves more
deeply into the relevant high latitude science.

RATIONALE FOR A HIGH LATITUDE (HL) CART SITE
The rationale for a high latitude CART site can be summarized as follows:
o Fundamentally different atmospheric and surface physics are important at high latitudes. Here the low
temperatures mean that condensed water occurs predominantly in solid, rather than liquid form, and that
little water vapor is present in the atmosphere. This dramatically affects HL radiative transport.
o High latitudes strongly influence global climate. Major pumps for the global ocean currents are located
at high latitudes (thermohaline circulation). Coupled ocean-atmosphere GCM results suggest that the
operation of these pumps, which depend upon HL radiative and other processes, and the currents they
drive will be seriously affected by the ongoing changes in the composition of the atmosphere (Delworth,
Manabe and Stouffer, 1993). Ocean currents are known to have profound climatic influence. The impact
of the "Atlantic Conveyor" on the habitability of Northern Europe is a case in point. Changes in the
strength and distribution of ocean currents are a mechanism for global propagation of the influence of HL
climate change. Although the ocean currents themselves are not within the scope of ARM, the changes in
radiative transfer phenomena which may give rise to ocean current changes through effects on the HL
pumps definitely are.

NSA/AAO PRIMARY SCIENTIFIC FOCUS:

HIGH LATITUDE PHENOMENA

The primary objective of the NSNAAO is the elucida~on o~high latitude_processes so that their
mathematical description can be accurately and cost-effectrvely mcorporated mto GCMs.
o HL Atmospheric Radiative Transfer
The melting of snow and ice results in a sharp change in surface albed?, and this chang_e triggers a
whole family of feedback mechanisms. The initiation and rate of melting 1s most strongly mfluenced by
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downwelling long wave radiation (LWR), which at high latitudes is itself dominated by the extent and
character of cloud cover, and influenced to a lesser extent by the water vapor profile (Ellingson et al,
1994). Hence, clouds play a critical role in nearly all HL feedback mechanisms as a modulator of the
timing and rate of change of surface albedo.
o

HL Cloud Formation, Evolution and Dissipation

Modeling of cloud formation, evolution and dissipation processes is at least as important as modeling
radiative transport in the presence of clouds. At high latitudes, the fact that much of the year, ice and
mixed phase clouds predominate complicates the problem of modeling cloud behavior.
o

Behavior of HL Surface Radiative Characteristics

Surface albedo has a pronounced impact on radiative transfer through the atmosphere under both clear
and cloudy sky conditions (Jin et al, 1994), but high surface albedo has a striking impact on the effects of
clouds. Since the albedo of snow is typically greater than the albedo of cloud, clouds over snow-covered
surfaces may decrease the fraction of short wave radiation reflected to space (Tsay et al, 1989), which is
just the reverse of their effect over lower albedo surfaces.
o

HL Aerosol Direct and Indirect Radiative Effects

Contrary to intuition, the arctic atmosphere is polluted, especially in late winter. The reason is that,
although the total output of arctic pollutant sources is modest, pollutant removal from the arctic atmosphere
by natural processes in winter is very slow. Thus, significant accumulation and direct perturbation of the
radiation budget occurs (Shaw et al, 1993). Aerosol also influences cloud condensation, evolution and
evaporation, and hence, cloud optical properties (Twomey et al, 1984).
o

HL Satellite Remote Sensing Algorithm Validation

Satellite remote sensing plays a crucial role in understanding energy flows over large areas, and in
extending what is learned at CART sites to the earth as a whole. Furthermore, satellite remote sensing
depends critically upon an accurate understanding of atmospheric radiative transfer. Hence, improvement
of HL satellite remote sensing is a relevant and important scientific objective of the NSN AAO CART site.
Snow and ice greatly complicate satellite remote sensing data interpretation (Jeffries and Dean, 1994).

NSA/AAO SECONDARY SCIENTIFIC FOCUS:

OTHER RELEVANT PHENOMENA

It has been recognized that the NSNAAO CART site offers attractive opportunities to study certain
phenomena which are believed to be important to the achievement of ARM goals, but which are not
specific to high latitudes. These phenomena form a secondary focus for the NSNAAO.
o

Generic Marine Stratus

. On av~rage, marine stratus covers 18% of the earth's surface. Since it occurs mostly over open water,
It great.ly mcreases the albedo of most of the regions of the earth it covers. The importance of this fact was
recogmzed by the Locale Recommendation Team (LRT) in recommending that an Eastern Ocean Margin
Locale be developed as one of five primary CART sites (DOE, 1991). Now that ARM is limited to three
primary CART sites, it is important that these three sites address marine stratus issues. Because stratus is
common over the NSN AAO throughout the year, it is well-positioned for this task.
o

Ice Phase Clouds

Ice phase cloud~ are imp<?rtant t_hroughout the world. However, at lower latitudes, ice phase clouds
occur almost exclusively at high alutudes, where they are much less accessible to researchers.
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o

High Heat and Water Vapor Fluxes

The LRT felt that the high latent and sensible heat fluxes and their resulting effects in the Gulf Stream
merited special study. At the NSNAAO in winter, leads and polynyas locally do exhibit extraordinarily
high fluxes. Thus, especially in connection with lee polynyas which occur conveniently close to shore,
the NSN AAO offers an attractive opportunity for studying these phenomena.
o Transition Zones
Sharp transitions offer special challenges to all models, especially spectral models (Budd, 1994). The
LRT had suggested that a secondary CART site be selected to address these challenges (DOE, 1991).
Because the NSNAAO includes the arctic coast, it is appropriate for this task.

NSA/AAO SITING STRATEGY: PHASED IMPLEMENTATION
For practical reasons, the NSNAAO CART site needs to be implemented in a phased manner. The
phasing described here seeks to take maximum advantage of opportunities for interagency synergism, as
well as to make optimum use of work done for earlier CART sites. It is designed so that each phase is a
building block for successive phases, but also so that each phase produces results of independent value.
o

Phase I: Radiative Transfer- the Perennial Arctic Ice Pack vs Coastal Environments

We propose to focus initially on radiative transfer rather than cloud behavior experiments because the
instrumentation requirements are more modest. One can thus begin acquiring one class of needed data at a
lesser cost while building towards the capability of acquiring the more expensive class of data as well.
The other element of the strategy recognizes the need to accurately model and measure HL radiative
processes over both HL land and HL sea, as well as the transition region in between. The proposal is to
acquire radiative transfer experiment data (in which both radiative energy flows and the surface and
atmospheric characteristics which influence them are measured) within the perennial arctic ice pack as part
of the SHEBA (Surface Heat Budget of the Arctic Ocean) experiment, and simultaneously in the coastal
environment of Barrow. SHEBA is an interagency effort led by the National Science Foundation and the
Office of Naval Research focusing on climate-relevant processes in the perennial Arctic ice pack over a
full annual cycle, beginning in spring, 1997.
o

Phase II: Radiative Transfer, HL Coastal vs HL Inland Environments

Once SHEBA ends, the phase ll proposal is to move the ARM instrumentation which was part of
SHEBA, augmented as necessary, to a site approximately 100 km inland from Barrow in the vicinity of
the Village of Atqasuk (Figure). This inland site has a much more continental character than Barrow.
With phases I and II taken together, a radiometric transect from perennial ice to inland will have been
acquired which should go a long way towards providing the needed understanding of radiative transfer in
the Arctic as a whole.
o

Phase Ill: Cloud Formation, Evolution and Dissipation

In phase ID, it is proposed to broaden the focus of the NSN AAO CART site to include HL cloud
behavior. Cloud behavior experiments must take into account the fact that clouds move. To understand
how clouds evolve in time, it is necessary to have multiple instrumentation sets spread over a large area.
That will involve the extended CART site: Additional boundary facilities on the west near Wainwright,
and perhaps on the east somewhere between Cape Simpson and Nuiqsut; augmented automated weather
stations over the enclosed area; and very likely some number of data buoys deployed offshore.

NSA/AAO CANDIDATE OBSERVATIONS AND INSTRUMENTATION
Although the NSN AAO instrumentation complement is not yet fixed, the list of candidate observations
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(left column) and instrumentation (right column) gives the reader a fairly complete idea of what the authors
currently envision. Instrumented aircraft will also occasionally be used.
surface radiative fluxes:
broad-band
spectral
direct
diffuse

solar and IR radiometers
IR thermometer(s)
rotating shadowband radiometer
total, diffuse, direct radiometers
sun tracking photometer
extended spectral range AERI*

o cloud properties:
location, structure, phase,
sky coverage, optical
depth, emissivity

elastic scatter lidar
millimeter radar
whole sky imager
rotating shadowband radiometer

o

whole atmosphere:
water vapor, liquid water,
temperature, wind speed
and direction profiles,
column densities

microwave radiometer
rawinsonde
extended spectral range AERI
915 &/or 449 MHz wind profiler w/RASS**

o

aerosols:
optical depth, vertical
profiles, near-surface
character

sun tracking photometer
rotating shadowband radiometer
elastic scatter lidar
aerosol collection and sizing
multi-wavelength nephelometer
aethelometer

o

boundary layer structure:
temperature, wind,
humidity and turbulence
profiles

915 &/or 449 MHz wind profiler w/RASS
rawinsonde
multi-level instrumented tower
sodar

o

surface meteorology:
wind speed and direction,
temperature, pressure,
humidity, precip rate and
integrated precip

surface meteorological station w/tower

o

o surface characterization:
surface temperature,
moisture, snow depth,
albedo (BDRF), heat and
water vapor fluxes, snow
cover, sea ice cover

* AERI:
** RASS:

IR thermometer(s)
thermistor array
moisture sensors
snow depth gauge array
albedo/BDRF sensor set
eddy correlation system

Atmospheric Emitted Radiance Interferometer
Radio-Acoustic Sounding System

CONCLUDING NOTE
It is of importan_ce to not~ th~t ARM Cloud and Radiation Testbed sites are essentially user facilities
(altho~g~ not techmcally fallmg mto that category). Arctic climate researchers are encouraged to respond
to penodtc USDC?E/ARM proposal solicitations to gain access to future NSA/AAO data streams, and for
support for assoctated research.
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MODELLING CONVECTION IN A MELT POND
Peter V.Bogorodsky
Arctic and Antarctic Research Institute,
38 Bering St.,
199397 St.Petersburg, Russia

Interest in convection in a melt pond is defined by obvious
influence of mixing processes on a rapidity of the Arctic sea ice
melting {Appel and Gudkovich 1979, Moritz et al. 1993). Physical
basis for this phenomenon consists in increasing of the melt water
density by heating near freezing point. At positive heat balance
of the surface this effect results in hydrostatic instability.
l.Let us consider a horizontal layer of a two-component fluid
bounded by free upper and hard lower surfaces. Axes x and y are
horizontal,origin of coordinates is on the lower boundary. By wind
action fluid is moving stationary at the x-direction with typical
velocity U and profile f(z) (Figure la).
Peculiarity of the task
can be expressed by the equation of state in a form

p =

p

0

(1+aT+~S)

where p is the water density, T the temperature, S the concentration (salinity), a and~ are the thermal expansion and the density
concentration coefficients.
Convection equations in Boussinesq
approximation in a dimensionless
linear form are following
(afa~-u

2

I

+Refajax)v =-Up-Ref v 3 e -(RaT+RsS)e 3
1

2

(PrB/B~-U +RePrfB/Bx)T = v 3
(Scaja~-U +ReScfajax}S

2

= v3

(1}

div(v} = 0

Ra=ga~Th fxv, Rs=g~~Sh /Dv, Re=Uh/v, Pr=vfx, Sc=vfD
3

3

v = (v ,v ,v
1

2

3

),

(

}

1

= dfdz, u = (ajax,ajay,ajaz}

Here Ra and Rs are the usual and the concentration Rayleigh numbers, Pr and Se the usual and the diffusion Prandtl numbers, Re is
the Reinolds number, ~T and ~s are the overfall of temperature and
salinity, h is the layer thickness, v is the kinematic viscosity,
x and D are the molecular diffusivities of heat and salt, v is the
fluid velocity, p the pressure, g the gravity acc~leration, ~ ~he
time e and e
are the basis vectors of axes x and z. Introduc1ng
I

1

3

small periodic disturbances of velocity, temperature and salinity
proportional to exp(-w~)exp(ikx}
were w is the complex-valued
decrement,
i the imaginary unit, k the wave vector, x the radius
vector, we obtain amplitude equations
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Here w, e and u are the vertical components of velocity, temperature and salinity,respectively. Boundary conditions for layer cooling from below are following:
'
/ Sh<r
(3)
z=o: w = w/ = e = u = o, z=l: w = w// = o, e / = B1e,
<r =
Bi = ah/~ Sh = bh/D
were Bi is the Biot number, Sh the Sherwood number, a, K and b
are the coefficients of heat-transfer, thermal conductivity and
mass-transfer, respectively. At given movement of fluid the directions x and y are disparate. Therefore the equations (2) are unsymmetric relative to wave numbers k 1 and k.
At k 1 =0, k*O
compon2
2
ents containing nonperturbed velocity fall out of equations. Hence
the disturbances are independent on x-coordinate and represent the
infini ti vely long cylinders extended along x-axis ( "x-rollers",
Figure lb).
The
critical Rayleigh number
for "x-rollers"
disturbances
is
independent
on
current
velocity
and
coincides with the critical Rayleigh number for fixed layer. This
is correct for
any function f ( z) .
At k *0, k =0 disturbances
1
2
represent the same cylinders
but
already extended
along
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y-axis

("y-rollers" 1 Figure le).

2.Let us be restricted to case k 1 = o. For the melt water produced by the upper layers of ice with the salinity value close to
zero (Moritz et al.l993) the decrements may be considered as real
(Gershuni et al. 1989). Equality of decrements to zero define the
stability threshold. In this case left parts of equations (2) vanish. We will investigate longwave modes (k~O} which are extremly
significant for a single layer (Gershuni et al.1989). Form of equations (2} for neutral monotone disturbances (w = 0} allows to
present the disturbances amplitudes
and the
critical
Rayleigh
numbers
as
power
series expansion by the even powers of
dimensionless wave number k:
( 4)
( w, e 1 u 1 Ra 1 Rs) = (w 1 e I u 1 Ra I Rs) w>+ k 2 ( w I e I u, Ra , Rs ) <1l + o ( k 2 )
For elements of the order zero
w< 0 >= ew> 11= u< 0 >11= o.
When satisfied (3} we get e< 0 >= u< 0 >= const,
which are supposed
2
to be equal to unit.When we neglect elements of o(k ) order due to
smallness of k, the equations for elements of the first order are

w(1) IV = - R ae(0 l
(B,u) <1l 11 + w<ll= 1

(5}
f
t
th
ff
t.
wh ere th e parame t er Rae = Ra
+. Rs
1s 1n ac
e e ec 1ve
number of Rayleigh. Boundary conditions for expansion elements of
first and following orders coincide with (3). When integrate (5)
with (3} we obtain
w<ll = -Ra~ 0 > ( z 4 I 24-5z 3 I 48+z 2 I 16)
( 0 )

(O)

{e , u} <1l =
0

( 0 )

•

4

•

Ra~ OJ ( z 17 2 o- z 119 2 + z 119 2 ) + z 12 6

5

2

(6)

0

- ( 4 (Bi, Sh) Ra~ l +144 (Bi, Sh} -9Ra~ 2.288 0) z I 2 88 0 ( 1- ( Bi, Sh) )
Substitution (6)
in (4) and further0 in (2) gives conditions for
searching of the critical numbers Ra~ >, which define the instabi
lity level for longwave disturbances
4
5
6
Ra~ol =1440 [ ( 2- (Bi, Sh)) z+ (Bi, Sh) -1] I [ ( 1- (Bi, Sh)) ( 4z -15z +15z ) +
+(4(Bi,Sh)-9)z]
(7)
.
d e f 1ne
. d b y th e
f ormu 1 ae ( 7) d epen d s on
Form o f func t 1on
Rae(O)
the parameters Bi and Sh. Numerical calculations show that the
polynomial of the sixth order in denominators (7) can have real
roots in the interval O<z<l. However the necessary values of
dimensionless
parameters
are unreal for the problem under
consideration. At z~l the numbers Bi<~pd Sh fall out from the
expressions (7) at all and therefore Rae = -280.
3.When the instability processes in upper layer o~ flui~ ~re
the same by heating and cooling, the
parameters of 1nstab1l1ty
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can be evaluated by experimentally verified relations and by the
obtained Rayleigh number. At cycle regime of the growth and collapse of a boundary layer (Howard 1966} the collapse period (Fedorov
and Ginsburg 1988} is
t

•

=

12.1(vpcpjgaq)

1/2

where Cp is the heat capacity (at constant pressure). The boundary
layer critical thickness (Howard 1966) is
h·= (rrxt •) tn
the critical temperature overfall
•

(0)

•

!J.T = Rae V;;t:jga (h )
the plume velocity (Scorer 1978)
•

•

•

3

1/2

w = 1.2(ga!J.T h )
If heated water outflux from a free surface is uninterrupted in a
laminar convection (Fedorov and Ginsburg 19138) we have a typical
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size of a sinking particle
h•= (Ra~ 0 l;t'vjga:AT•) 1/3
Deep z• and sink velocity w• of the small laminar element follow
from the Stokes law (Turner 1973)
z

•

=
•

W

•

•

4

ga:AT (h ) /XV

=

(0)

Rae

X/h

•

Parameters of the longwave Rayleigh instability calculated by the
adduced
ratios
for the melt water molecular
coefficients
(Kukulka 1981) are shown in Figure 1. The estimates calculated by
both schemes are sufficiently close to each other except the
vertical velocity w that can be explained by the turbulent
movement of fluid in a plume. For a typical rate 2 of air-sea
heat exchange in the Arctic being equal to 30-40 Wtm- (Moritz et
al.1993) these estimates are noncontradictory to the phenomenological scheme of the process.
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AN OPERATIONAL ICE-OCEAN COUPLED MODEL OF THE NORTHERN
HEMISPHERE
AbeCheng
Sverdrup Technology, Inc. Stennis Space Center, Mississippi
and
Ruth H. Preller
Naval Research Laboratories, Stennis Space Center, Mississippi
Abstract: The Polar Ice Prediction System version of the Hibler ice model, called PIPS
[Hibler, 1979 and 1980; Preller and Posey, 1989], and the Cox ocean model [1984] have
been coupled and modified into spherical coordinates to include most of the sea ice-covered
areas in the Northern Hemisphere [Cheng and Preller, 1992, 1994]. The coordinate
transformation is required to avoid the numerical singularity at the North Pole and numerical
instability in high latitudes. The coupled model has been spun up for five years with a 0.5hour time step for the ocean model and with a two-hour time step for the ice model. An
important improvement by increasing spatial resolution was to increase the accuracy of the
ice thickness and concentration in marginal ice zones. Other changes to bottom topography,
Arctic river outflow, climatological data, model parameters and variables of the coupled
model from Cheng and Preller's work were also made. In this study, we showed the March
modeled ice characteristics for 1986.
1. PIPS2.0 Domain And Spherical Coordinates
To avoid the numerical singularity at the North Pole and the possible numerical instability
in high latitudes, the standard earth-oriented coordinates were rotated 190° counterclockwisely or eastward in longitude along the Equator and with respect to the North Pole. Then,
on the 100°E meridian, we rotated the North Pole by 90° clockwisely in latitude toward the
Equator. Therefore, the transformed coordinates have the 170°W-1 0°E great circle as the
new "Equator" passing through the North Pole. The new "North Pole" is located at the
intersection of the 100°E meridian and the Equator. The PIPS model domain was extended
from the Arctic Ocean south to approximately 30°N to include most sea ice-covered areas in
the Northern Hemisphere. The new model, called PIPS2.0, has a grid dimension of 360 by
360 squares with an arc length z0.285° for both "longitude" and "latitude".
2. Data
The Cox ocean model [1984] contains 15 levels in the vertical ranging from the surface to
approximately 5700m deep. Similar to Cheng and Preller [1992, 1994], bottom topography
for the PIPS2.0 domain was interpolated into a cubic spline function from the ETOP05
bathymetry data. Since the bottom topography used by the Cox ocean model must be
smoothed in order to avoid numerical problems, the cubic spline function is integrated and
averaged over n~ne adjacent grid squares to represent the center-square topography.
Therefore, small Islands have been changed from land to sea grid points because the ninepoint averaging technique smoothes the islands with nearby deep trenches. However, in this
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study, the Kuril Islands and the Aleutian Islands were placed back artificially to model ocean
currents through straits between the islands. Lancaster Sound Channel between the Arctic
Ocean and Baffin remains open in the new interpolated bottom topography. Other small
changes in straits and along coasts could also be found in this study. Monthly outflow of
eight major Arctic rivers were interpolated from annual and monthly data of Aagaard and
Carrnack [1989] and Shiklomanov and Skakalsky [1993]. Atmospheric forcing, which is
the same as Cheng and Preller's work [1992, 1994], is based on the 1986 daily fields of the
Naval Operational Global Atmospheric Prediction System (NOGAPS). The forcing fields
were averaged into monthly means and then interpolated into the fine-resolution PIPS2.0
domain. In this study, monthly climatological data of ocean temperature and salinity were
extrapolated from the Levitus seasonal and annual data [1982].
3. The Cox Ocean Model And An Ice-Ocean Coupled Model
According to Cheng and Preller [1992, 1994], we intended to maintain the independent
integrities of the PIPS2.0 ice model and the Cox ocean model, and simply coupled both
models by exchanging necessary information.
In the ice model, the mixed-layer
temperatures, the variable freezing temperatures, the oceanic heat fluxes and the ocean
currents are provided from the ocean model. The freezing temperature in Celsius depends
on the mixed-layer salinity and is computed based on the formula, -54.4S, where S
represents the salinity. Two equations for computing water temperature and salinity in
Cheng and Preller [1992, 1994] were used except for two terms related to atmospheric
heating or cooling: fAo(z)R 0 9(T-T1)/Zmix in Eq. (1) and 0.035S 1o(z)/Zmix in Eq. (2).
The variables are defined as follows: o(z) is one in the mixed-layer and zero otherwise,
e(T-T1) equals one when the mixed-layer temperature T is greater than the freezing point
Tf and zero otherwise, fA is the ice growth/melt rate in open water due to atmospheric forcing
only, R0 a ratio of the latent heat of fusion of sea ice to the heat capacity of water, Zmix the
mixed-layer thickness (i.e. 30m in this study), and 8 1 the total ice growth/melt rate of the grid
cell when the sea ice exists.
4. Results And Discussions
Figure 1 shows modeled results of ice concentration and drift velocity, similar to Cheng
and Preller's estimate [1992, 1994], for March 1986 after a seven-year spin-up of the
PIPS2.0 ice-ocean coupled model. The dark, thick dashed line indicates a mid-March ice
edge as defined by weekly ice concentration analysis of National Joint Ice Center (NIC) from
1986. The NIC analysis is derived from satellite passive microwave measurements, visible
and infrared imagery, aerial reconnaissance and conventional field observations. Note that
the NIC data define the ice edge location at a particular time of the month which may
represent a transient state of the ice conditions in that month, and may not be equivalent to the
monthly-mean solution of the modeled results. In the central Arctic and the Barents Sea, the
modeled ice edge is consistent with the mid-March NIC weekly analysis. No sea ice exists
in the southwestern Barents Sea where the water, part of the warm and salty Norwegian
current, prevents any sea ice from growing. Off the eastern coast of Greenland, the strong
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ice advection which is dominated by both East Greenland Sea current and geostrophic winds
moves the sea ice from the Pram Strait through the Denmark Strait to the southern end of
Greenland (i.e. from 82°N to 60°N). Note that the water temperature south of the Denmark
Strait is about 4°C; however, the sea ice, due to the strong ice advection, can still survive.
As a result, the modeled ice edge agrees well with the NIC weekly analysis. Also note that
the ice concentration of the central Arctic, the Barents Sea and the Greenland Sea reaches
100% in a short distance inside of the ice edge. Baffin Bay and Hudson Bay were covered
by sea ice, consistent with the NIC weekly analysis. In the southern Labrador Sea, the Gulf
of St. Lawrence, the Bering Sea and the Sea of Okhotsk, the computed ice edge locations
agreed well with those of the NIC data. Three exception regions, where geostrophic offshore winds blow from land to sea and advect sea ice away from coasts, were located east of
the Bering Sea and east of the Sea of Okhotsk. Note that the modeled results were calculated
based on the Levitus climatological data and the monthly NOGAPS forcing. Therefore,
some differences from the NIC weekly analysis were expected. After implementation at the
Fleet Numerical Meteorological and Oceanographic Center (FNMOC) for daily prediction
purpose, the coupled model results should be improved using three-hourly NOGAPS forcing
and updated daily by satellite ice concentration of Special Sensor Microwaves/Imagery.
In the central Arctic, the modeled ice thickness distribution shows packed thick ice north
of Canada and Greenland (between 3.5m and 8.5m). Then the sea ice becomes thinner
toward the North Pole (3- 4.5m) and the Laptev Sea and the Kara Sea (2m or less). This
modeled ice distribution pattern in which the thickness varies according to the seasons
remains more or less the same throughout the year and agrees with the submarine sonar data
(Hibler's Fig. 18 [1979]). In the Barents Sea, ice thickness reaches a maximum of 2m in the
northwest and ice drift is dominated by cyclonic geostrophic winds. Note that, in summer,
the warm river outflow melts sea ice outside of the river months and changes coastal ocean
currents because of fresh water.
In the Baltic Sea and the Yellow Sea, river runoff (not presently included in the model)
may play in important role in ice growth. The accuracy of the estimated ice drift velocity
and ice thickness might also be restricted by the coarse grid resolution of the 1986 NOGAPS
atmospheric forcing fields. The forcing fields cover the entire Northern Hemisphere with a
dimension of 63 by 63 grid squares. The grid square length is approximately 380 km and is
about the scale of the widths in Baffin Bay, the Sea of Okhotsk, and the Labrador Sea.
Therefore, only a few NOGAPS data points cover the open water regions of small seas and
bays, and the forcing fields when interpolated to the PIPS2.0 grid in these areas might be
contaminated by land. These contaminated surface stresses and heat fluxes would then affect the estimated ice thickness, ice concentration and ice drift velocity.
5. Summary
The PIPS2.0 model has been designed to forecast sea ice conditions for most of the
Northern Hemisphere.
The results presented in this paper are examples from the
de~el~p~ental testing of this coupled ice-ocean model. Without the use of any type of data
assimilatiOn, the modeled ice edge location agrees remarkably well with observations.
PIPS2.0 is presently being implemented for operational testing. In an operational mode, the
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ice-ocean coupled model will be initialized either daily by ice concentration data from the
SSM/1 or weekly by the NIC analysis. Operational testing of PIPS2.0 will commence in the
fall of 1994.
Acknowledgment: This project has been funded through the Navy Ocean Modeling and
Prediction (NOMP) Program by the U.S. Space and Naval Warfare Systems Command
(program element 64207N-X0513). This paper is NRL contribution number
NRL/pp/7322--95-0048.
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Figures
Fig. 1 The modeled ice drift velocity plotted at every fourth grid point, and the modeled ice
concentration distribution for March 1986. The dark, thick dashed line represents
the mid-March NIC weekly analysis of ice concentration in 1986.
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PATIERNS OF MONTHLY WIND AND ICE MOTION IN THE ARCTIC BASIN
Roger Colony
Polar Science Center
University of Washington, Seattle, WA, USA
Monthly fields of surface atmospheric pressure, geostrophic wind, and ice motion have been
analyzed for the years 1979 through 1993. We apply a principle component analysis
(PCA)(also known as empitical orthogonal function analysis) to the aggregate of the 180
monthly fields of ice motion. This type of analysis extracts the spatial pattern most resembling
the aggregate of monthly fields. By continuing the analysis, a sequence of patterns, P; (x), may
be detetmined such that each monthly field can be constructed as

U(x,t) =~>~;P;(x).t;(t)
i

Our analysis shows that only three spatial patterns are required to capture 96% of the variance
of monthly fields of ice motion in the central Arctic Basin. Applying the same analysis to the
monthly fields of geostrophic wind, we find that another three patterns capture 97% of the
variance of the monthly tields. Fmthermore, the patterns of ice motion and wind bear a
remarkable resemblance and are temporally con·elated.
Borrowing from recent research in the atmospheric sciences, we apply the single valued
decomposition (SVD) method to the pairs of monthly wind- and ice-motion patterns. The SVD
analysis identifies pairs of patterns which explain the covariance between spatial patterns of
wind and spatial patterns of ice motion. This analysis vetifies that monthly wind anomaly
patterns are primarily responsible for the monthly anomalies in large-scale ice motion. Initially
used in forecasting and predictability studies, the PCA and SVD analyses are powerful tools in
identifying the large-scale spatial patterns of several variables and in synthesizing particular
realizations.
The findings are relevant to the design of a buoy an·ay to monitor monthly wind and ice
motion. We conclude that relatively few buoys are required to charactetize the monthly
patterns in the central Arctic Basin.
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WIND-DRIVEN ICE MOTION AND SURFACE OCEAN CURRENTS
IN THE ARCTIC BASIN
Roger Colony
Polar Science Center
University ofWashington, Seattle, WA, USA
Many researchers have found it convenient to partition ice motion, U, into three components,
where U = Uw + C + £.The wind-driven motion, Uw, is taken as that motion related to the
immediate frictional forces of the wind; the most common form is as a linear function of the
local surface or geostrophic wind. The upper ocean current, C, is usually regarded as the
stationary cmTent at the bottom of the ftictional layer. The third ice motion term, £, is simply
the balance and may be attributed to a number of physical processes, e.g., boundary-layer
stratification, internal ice stress, transient ocean cmTents, and small-scale behavior.
For this study we analyze the seasonal and regional response of ice motion to the local
geostrophic wind. Expressing vector wind and vector ice motion as points in the complex
plane, the wind ddven ice motion is modelled as U = AG, where A = A(x,t) = IAI exp(i8).
Separating A(x,t) into an areally averaged seasonal cycle and a stationruy spatial pattern, we
come to two main conclusions: (1) Most of the seasonal cycle of A(x,t) can be understood in
terms of changes in the stability of the atmospheric boundary layer; the seasonal cycle of ice
strength plays a secondruy role; and (2) The stationary spatial pattern suggests an important
regional vadability of the etl"ect of intemal ice stress; the Arctic Basin is relatively
homogeneous with respect to planetary boundary variability.
By subtracting the immediate frictional effect of wind and then averaging, the stationary
underlying residual ocean current can be estimated. This technique was used by the navigators
of sailing vessels to detetmine the "set of the ocean." The spatial patterns of the upper ocean
current qualitatively agree with published charts and dynamic height analyses. The seasonal
analysis of the residual ocean cun·ent suggests a very small seasonal cycle. For this analysis we
choose to aggregate the seasons, trading infmmation on the seasonal cycle for spatial
resolution. The mean annual tield of the upper ocean current, together with vorticity,
divergence, and shear, have been analyzed on a 110-km grid.
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Surface Melt Puddles on Multi-year Sea Ice in the Eurasian Arctic
Eicken, H.l, R. Gradinger2, B. Ivanov3, A. Makshtas3, R. Pacl
1 Alfred Wegener Institut for Polar and Marine Research, D-27515 Bremerhaven, Germany

2 Institute for Polar Ecology, D-24148 Kiel, Germany
3 Arctic and Antarctic Research Institute, St. Petersburg, Russia

Abstract
During two expeditions to the Eurasian sector of the Arctic Ocean with RV "Polarstem" in the
summers of 1991 and 1993, a field program devoted to the study of ice surface and melt-puddle
characteristics was carried out. Work comprised ( 1) helicopter overflights with a video camera
to assess coverage and sizes of melt puddles, (2) measurements of puddle depth and ice
thickness, (3) measurements of total and spectral albedo, and (4) hydrographic, biological and
chemical measurements. On average, puddles covered 16 and 19 % of the ice surface with
average surface areas of 100 and 142m2 in 1991 and 1993, respectively. The depth of puddles
averaged at 0.26 m. Salinities were mostly below 2 %o, with values exceeding 20 %o for
puddles in hydraulic communication with the ocean. In conjunction with albedo measurements
over different puddle and ice surfaces, the evaluation of the aerial survey data allows the
assessment of an areally averaged albedo of multi-year ice. For the 1993 study this value
amounts to 0.52.

Introduction
One of the major characteristics of the Arctic Ocean's sea-ice cover is the ubiquitous formation
of surface meltwater puddles during the summer months. Owing to their low albedo which is
smaller than that of bare sea ice by a factor of 2 to 4, persistance of melt puddles greatly
increases the amount of surface ablation and hence is a critical factor in determining the extent
and thickness of the Arctic sea-ice cover as well as its role in the climate system. Despite their
importance, melt puddles have not been studied in great detail in the past (see Maykut, 1986,
and Barry et al., 1993, for a general overview of the climatological importance of ablation
processes). Field studies have been generally difficult to carry out due to the inaccessibility of
the interior Arctic. Satellite remote sensing mostly fails to resolve individual puddles and
requires further ancillary data to discriminate between leads, puddles and ice soiled by sediment
inclusions.
Two international, multi-disciplinary expeditions in the Eurasian sector of the Arctic Ocean
carried out during the summer of 1991 (ARCTIC 91) and 1993 (ARCTIC 93) onboard the
icebreaker "Polarstem" provided the unique opportunity for a detailed field program devoted to
the study of the summer-time ice surface and melt-puddle characteristics. Here, we briefly
present results from ground measurements and helicopter overflights to estimate the areally
averaged albedo of multi-year ice.

Study area and methods of investigation
The expeditions took place during the months of August and September m the years of 19? 1
and 1993 onboard the icebreaker "Polarstern". A map of the general study area along the cruise
track is shown in Figure 1. Work comprised (1) helicopter overflights with a video camera ~o
assess coverage and sizes of melt puddles, (2) determin~tion ?f puddle morphology and genesis
from ice coring and measurements of puddle depth and Ice thickness, (3) measurements of total
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Figure 1. Map of study areas along cruise track of RV "Polarstern" in 1991 and 1993.
and spectral albedo over bare ice and puddles, (4) in-situ hydrographic measurements (T, S)
and (5) sampling for detailed chemical and biological analysis (Eicken et al., 1994).
A total of 8 helicopter flights covering 50 to 100 km track each was analysed. Flying altitude
varied between approximately 380 and 1200 m, corresponding to a swath width of 230 to 710
m (see Figure 1 for location and time of flights). A total of 249 frames was digitized from the
video data at 512 by 512 pixels and 256 grey values resolution. Each image was digitised by
interactively defining grey-value thresholds separating melt puddles from bare ice and open
water. The areal coverage of melt puddles and the average size of individual puddles (i.e.
interconnected puddle surfaces) was determined from the digitized data.
Ground measurements comprised determination of puddle depths along and across puddles at
0.5 m spacing and ice thickness profiles drilled through puddles and bare ice. Furthermore,
total albedo (spectral range 0.39 to 0.78 J.tm) was measured with a handheld pyranometer PP-1
over puddles of different depth, bare ice and ice containing surface sediment inclusions (Ivanov
and Alexandrov, 1994).

Results
The aerial survey data indicate that on average melt puddles cover between 5 and 50 % of the
ice surface and are mostly tens of meters in size (Figure 2). The average areal coverage
amounted to 16% during ARCTIC 91 and 19% during ARCTIC 93, with average surface
areas of 100 and 142m2 , respectively (Table 1). Individual puddles reached sizes of several
thousand ~quare ~ete~s, however. As is evident from Figure 2, for higher coverage puddles
ge~erally mcrease m size. From three representative flights within the ARCTIC 93 study area
(Figu~e. 1) and augmented by ~round observations, the areal distribution of dirty ice, i.e. ice
contammg enhanced c~mcentrat~ons of sediments at the surface, was assessed. On average, 5 %
o! the surf~ce were lightly sotled and 3 % affected to a larger degree (medium to strong
d1scolouratwn).
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Table 1. Mean key parameters of meltwater puddles on Arctic multi-year
sea ice (A91/93 - ARCTIC 91/93)
Samples
A91, "blue"

Ar. cov.,%

Area, m2

16

100

Salinity, %o
0.4 ± 0.8

A91, "green"

Depth, m

23.5 ± 12.1

A93, "blue"

18

2.2 ± 5.9
0.26 ± 0.15

142
A93, "green"

4.2± 9.0

1

0

• • •
I
•
• • •
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Figure 2. Areal coverage and average size of melt puddles derived for individual airborne
video frames (of few hundred meters lateral dimensions, see text for details).

A clear distinction could be made between "blue" puddles of low salinity and "green" puddles
which - due to water exchange with the ocean - exhibited elevated salinities and were discoloured by growth of microalgae (Table 1, see also Eicken et al., 1994). During ARCTIC
1993 such "green" or saline puddles accounted for approximately 5% of the total puddle area.
\Vhile the average puddle depth amounted to 0.26 m (Table 1), a distinction has to be made
between the depth of the uncontaminated, clean bottom (average depth 0.22 ± 0.12 m) and the
depth of holes (commonly referred to as cryoconites) or zones covered by a layer of sediment
or organic detritus (average depth 0.44 ± 0.18 m).
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Albedo measurements were carried out over different ice and puddle surfaces (Table 2). Depth
did not play as great a role in determining albedo as the amount of sediment distributed across
the puddle bottom. As puddles began to freeze over by a thin crust of ice in the second half of
August, albedos rapidly increased to values exceeding 0.4 in some cases (Table 2). Both,
measurements of total and spectral albedo indicate a distinct dependence of these parameters on
sediment content and biological activity within individual puddles.

Table 2. Albedo of melt puddles (ARCTIC 93)
Puddle type
clean, <0.3 m deep
clean, ~0.3 m deep
dirty
w. ice rind -5 mm thick
w. ice rind -10 mm thick

Albedo
0.30 ± 0.05
0.26 ± 0.03
0.14 ± 0.06
0.34 ± 0.05
0.38 ± 0.06

In conjunction with the albedo measurements carried out over different surfaces, the .
distribution of different surface types allows for an areally averaged estimate of the albedo of
multi-year ice towards the end of summer 1993 in the study area (Table 3). The estimate of
0.52 agrees quite well with that of 0.53 cited by Shine and Henderson-Sellers (1985).

Table 3. Areally averaged albedo of multiyear ice as derived from
measurements carried out during ARCTIC 93
lee surface type
clean bare ice
clean puddles, <0.3 m deep
clean puddles, ~.3 m deep
dirty puddles
dirty ice (slightly)
dirty ice (medJstrong)

Albedo

Ar. fraction

0.59
0.30
0.26
0.14
0.55
0.24

0.73
0.14
0.04
0.01
0.05
0.03

Average albedo

0.52

Conclusions
This. st~dy was mean~ to provide some information on a previously largely neglected topic. It
also mdicates that the Importance of melt puddles on Arctic multi-year ice exceeds their effect on
ice albedo, since other sea-ice processes are also affected by melt ponds.
The data set prese~t~d here als~ showe~ that different key parameters (such as puddle size,
areal cove~age, salimty etc.) vaned considerably within the study area. Since one would also
exf'ect regwnal trends (e.g. a dependence of depth and size on shortwave fluxes and hence on
latitude), more work devoted to the determination of geographic and interannual variability is
needed.
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SENSITIVITY OF A LARGE-SCALE SEA-ICE-UPPER-OCEAN MODEL
TO UNCERTAINTIES IN THE ATMOSPHERIC FORCING
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Universite Catholique de Louvain
Institut d'Astronomie et de Geophysique G. Lemaitre
2, chemin du Cyclotron
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INTRODUCTION

Sea ice is a critically-important element of the world climate system, one that both affects
present-day climate and responds sensitively to climatic changes. There are three principal
processes by which sea ice acts upon climate. First is the direct effect it has upon the Earth's
surface albedo, since snow-covered ice can have albedo as high as 0.9 compared to 0.1 for open
water. Se.condly, the ice cover acts as an insulating blanket, interfering with free heat, moisture,
and momentum exchanges between ocean and atmosphere. The third process is the change of
surface-water salinity that occurs whenever the ice either melts, resulting in a fresh-water lid
that enhances the stability of the water column, or freezes, thus increasing the surface salinity
and density, often to the point of convective overturning and the production of oceanic deep
or bottom water. In view of these effects, it is clear that a realistic simulation of high-latitude
sea ice is a prerequisite for meaningful experiments with global climate models. This is why
one of today's priorities in global climate modelling is the inclusion of dynamic-thermodynamic
sea-ice models into coupled atmosphere-ocean general circulation models (GCMs).
Considered in isolation, current models of the atmosphere and ocean sub-systems have
significant limitations. Over the Arctic Ocean, deficiencies in atmospheric models include the
simulation of surface temperature and pressure fields (e.g., Walsh and Crane, 1992), clouds
and radiation (e.g., Curry and Ebert, 1992), precipitation, and boundary-layer processes. The
components of the modelled surface heat, momentum, and fresh-water budgets in this region
are thus likely to have serious errors. An issue of particular concern for sea-ice dynamics
is the absence of the Beaufort Sea anticyclone during the cold portion of the year in many
atmospheric models (e.g., Walsh and Crane, 1992). Given these problems, a desiderable step
prior to the introduction of a comprehensive sea-ice model into a global climate model would
be the evaluation of the sensitivity of the ice model to inaccuracies of the atmospheric forcing.
Such a sensitivity study is performed here with a large-scale sea-ice-upper-ocean model.
MODEL DESCRIPTION

The model used here is made of a sea-ice model coupled to a one-dimensional mixed-layerpycnocline model extending to a maximum depth of 300 m in the ocean .
.T~e sea-ic.e model has representations of both ice thermodynamics and dynamics. The
vanat10ns of Ice compactness due to thermal processes are determined as in Hakkinen and
Melior (1990) ..Snow. thickness is computed by a 0-layer model, while a 2-layer model simulates
the changes of Ice thickness and heat content in response to the surface and bottom heat fl.uxes
(Fichefet and Gaspar, 1988). A heat reservoir parameterizes the inclusions of brine within
the ice t.hat, by. melting or freezing,, sl?w down any heating of the ice pack during spring or
any cooling durmg .fall. Ice dynamics Is calculated through a momentum equation including
the forces due to rur and water stresses, the Coriolis force the force from the tilt of the sea
surfac~, and ~he internal _ice resi~ta~ce. Follo~ing Hibler (i979), the ice is considered to have
a nonlinear Vl.scous-plastic constitutive law w1th the strength proportional to the ice thickness
and exponentially related to the compactness. The physical fields that are advected are the ice
compactness, the snow and ice masses, the ice thermal heat content and the brine reservoir.
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The temperature, salinity, and depth of the mixed layer are predicted by the integral mixedlayer model of Gaspar (1988) that was specifically designed for simulations at the seasonal time
scale. In the pycnocline, variations of temperature are due to the absorption of solar irradiance,
to the vertical diffusion of heat, and to the convective adjustment that occurs whenever the water
column becomes statically unstable. Salinity is only affected by the vertical diffusion of salt and
by convective adjustment. This upper-ocean model allows to determine the oceanic heat flux,
Fb, at the ice-ocean interface, but, being one-dimensional, it does not provide the contributions
to Fb due to the horizontal transport of heat and salt. To account for this transport, the
temperatures and salinities of the water column are relaxed to observed annual mean values
(Levitus, 1982). Oceanic forcing under the ice also includes annual mean geostrophic currents
estimated from Levitus {1982).
The model domain is global. Its spherical grid is identical to the one used in the spectral
T42 atmospheric GCM ARPEGE of Meteo-France (Deque et al., 1994). The resolution is
Gaussian in latitude and uniform in longitude. At the equator, the grid cells are squares of
about 2.8° x 2.8°. In the ocean, the vertical temperature and salinity profiles are stored on a
12-layer grid.
CONTROL RUN

A control run was first conducted with the model. In this experiment (and in the others
discussed later), the integration domain was limited to the Arctic Ocean and peripheral seas.
The surface thermal forcing (net shortwave radiation, incoming longwave radiation, sensible
and latent heat fluxes) and the surface wind stress over open-water areas were determined from
empirical parameterizations described in Fichefet and Gaspar (1988). The stresses at the air/ice
and water /ice interfaces were calculated using quadratic bulk formulas (Overland and Colony,
1994; Hibler, 1979). Input fields consisted of monthly climatological surface air temperatures
and dew points (Crutcher and Meserve, 1970), surface geostrophic winds (Crutcher and Meserve,
1970), precipitation rates (Jaeger, 1976), and cloud coverages (Berliand and Strokina, 1980).
The fraction of precipitation falling as snow was derived from the parameterization proposed by
Ledley (1985). Starting from realistic initial conditions, the model was run until an equilibrium
seasonal cycle was established. This equilibrium was reached after 10 years of integration.
Figure 1 shows the March and September ice thickness and velocity fields for the last year of
the control run. The simulated geographical variations of ice thickness are in general agreement
with submarine sonar estimates (e.g., Bourke and McLaren, 1992). The overall pattern, in both
the simulation and observations, is very thick ice off the Canadian Archipelago and the north
coast of Greenland with thinner ice off the North Slope and Siberian coast. The model does also
reasonably well in simulating the ice edge position during winter months. In summer, however,
the modelled ice extent appears slightly overestimated in the Greenland Sea and significantly
underestimated in the Kara, Laptev, and East Siberian seas. Regarding the ice drift, the model
is able to reproduce the well-known Beaufort gyre and the transpolar drift stream flowing away
from the Siberian coast , through the Fram Strait, and down to the east coast of Greenland.
The maximum ice velocities ("' 10 cm s- 1 ) are found in the Greenland Sea, in accordance with
observations (Colony et al., 1991).
SENSITIVITY EXPERIMENTS

In order to quantify the model sensitivity to uncertainties in the atmospheric forcing, a series
of23 experiments were carried out. Table 1 succinctly i~dicates the.changes II_lade.~n the control
run environment for each experiment. With the exception of expenments 7bl, 7bn, and 7c, the
experiments consisted in increasing or decreasing a forcing ~ompone~t throughou.t the year by a
spatially uniform amount or percentage. In experiments ~b1 a~d 7bn, we respect_1vely mcreased
and decreased the turning angle between the geos~roph1c wmd an_d s~rface wmd stress over
ice by 25°. Finally, in experiment 7c, daily an~malies o~ geostroph1c wmd from the ~C~WF
analysis for the year 1989 were added to the climatolog1cal monthly mean geostroph1c wmds.
In each case, the model was integrated for 5 years, starting from Dec~mber 3~ of the lOth :year
of the control run. Table 2 allows to appreciate the impact of the vanous forcmg perturbat10ns
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Figure I. March (left) and September (right) ice thickness distribution (top) and ice drift
(bottom) for the last year of the control run. The thick line corresponds to the observed 15%
ice concentration (Gloersen et al., 1992). The contour interval for ice thickness is 0.5 m. Units
for ice drift are m s-1
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Table 1. Description of the experiments conducted with the model
description

experiment \

control run
surface air temperature and dew point increased by 4 K
surface air temperature and dew point increased by 2 K
surface air temperature and dew point decreased by 2 K
surface air temperature and dew point decreased by 4 K
incoming shortwave radiation increased by 15%
incoming shortwave radiation increased by 10%
incoming shortwave radiation decreased by 10%
incoming shortwave radiation decreased by 15%
incoming longwave radiation increased by 15%
incoming longwave radiation increased by 10%
incoming longwave radiation decreased by 10%
incoming longwave radiation decreased by 15%
cloudiness increased by 0.2
cloudiness increased by 0.1
cloudiness decreased by 0.1
cloudiness decreased by 0.2
precipitation rate increased by 50%
precipitation rate decreased by 50%
geostrophic wind speed increased by 20%
geostrophic wind speed decreased by 20%
turning angle between geostrophic wind and geostrophic wind stress increased by 25°
turning angle between geostrophic wind and geostrophic wind stress decreased by 25°
daily variable geostrophic wind

1
2a
2b
2c
2d
3a
3b
3c
3d
4a
4b
4c
4d
5a
5b
5c
5d
6a
6b
7ai
7aii
7bi
7bii
7c

Table 2. Maxima and minima of ice area and ice volume and date of their occurrence for the various
experiments listed in Table 1. The numbers in parentheses represent the relative differences between
an extreme value in a given experiment and the corresponding extreme value in the control run (in
percentage of the control run value)
ice volume (10 3 Ion3)

effective ice area (10 6 Ion2)
experiment
maximum
1
2a
2b
2c
2d
3a
3b
3c
3d
4a
4b
4c
4d
5a
5b
5c
5d
6a
6b
7ai
7aii
7bi
7bii
7c

14.1
12.6
13.4
15.2
16.2
13.9
14.0
14.3
14.3
13.3
13.5
15.0
15.5
14.0
14.0
14.1
14.2
14.3
14.0
14.2
13.9
14.2
14.0
15.3

( -10.6)
(-5.0)
(+7.5)
( +14.9)
(-1.4)
(-1.0)
(+1.1)
( +1.8)
(-5.5)
(-4.1)
(+6.3)
(+9.9)
(-0.8)
(-0.4)
(+0.1)
(+0.7)
(+1.5)
( 0.7)
(+0.6)
( -1.3)
(+0.9)
( -0.9)
(+8.4)

date
66
79
77
71
80
75
73
68
71
75
76
68
73
65
63
58
65
67
64
68
79
63
65
65

I

minimum
4.4
0.4
2.3
6.2
8.1
3.4
3.8
4.9
5.2
0.7
1.9
6.5
7.7
4.5
4.5
4.4
4.3
4.3
4.6
4.5
4.3
4.1
4.6
3.4

( -90.7)
(-47.6)
(+40.1)
( +84.5)
( -22.1)
( -14.5)
(+12.2)
( +17.7)
( -84.9)
(-55.8)
(+48.0)
(+75.5)
(+1.7)
( +1.8)
(-0.1)
( -1.3)
( -1.3)
( +3.4)
(+2.6)
(-2.5)
(-7.1)
(+4.8)
( 21.8)

date
252
251
250
256
255
253
252
254
254
250
250
254
255
252
252
250
251
252
252
251
252
253
253
243

maximum
35.9
23.7
28.5
44.4
51.1
32.8
33.9
38.1
39.2
25.6
28.1
46.0
49.6
35.4
35.8
36.2
36.4
34.4
38.1
37.7
34.2
33.9
38.1
35.8

(-34.1)
( -20.6)
(+23.6)
(+42.4)
( -8.5)
( -5.6)
(+6.1)
(+9.1)
(-28.7)
( -21.7)
(+28.1)
(+38.3)
( 1.3)
(-0.3)
(+0.8)
( +1.3)
( 4.2)
(+6.0)
(+5.0)
(-4.7)
( -5.5)
( +6.2)
( -0.3)

date
122
113
116
117
115
120
120
121
122
115
117
116
116
121
122
120
121
119
122
119
121
118
123
111

I

minimum
15.5
0.7
5.9
26.9
36.6
10.7
12.3
18.6
20.1
1.3
4.6
29.7
35.7
15.4
15.6
15.4
15.3
14.6
16.6
17.1
13.8
12.5
18.1
10.1

( -95.6)
( -61.8)
(+73.3)
( +136.4)
( 30.8)
( -21.0)
(+20.0)
(+29.7)
( -91.6)
( -70.5)
( +91.4)
(+130.2)
( 0.5)
( +o.4)
( -0.6)
( -1.4)
( 5.7)
(+7.1)
(+10.4)
( -11.3)
(-19.3)
(+16.5)
( -34.8)

date
257
251
253
261
261
256
256
260
262
251
253
262
262
258
258
257
257
258
259
259
256
258
259
247

276

applied on the modelled maximum and minimum effective ice areas and ice volumes, and on
the date of their occurence.
DISCUSSION

From Table 2, it can be seen that the model is highly sensitive to simultaneous changes in
surface air temperature and dew point. Note that these modifications affect all the components
of the surface thermal forcing. Uniformly increasing both :fields by 2 K leads to a reduction in
the maximum and minimum ice areas by about 5% and 48%, respectively, and in the maximum
and minimum ice volumes by about 21% and 62%, respectively. When the air temperature and
dew point are increased by 4 K, the ice pack almost completely disappears from the Arctic Ocean
during summer months. The model response is clearly nonlinear, being in general larger for a
cooling than for a warming. Table 2 also indicates that a change in downward longwave flux
has a much greater effect on the ice area and volume simulated by the model than an equivalent
fractional. change in downward shortwave flux because the former flux acts throughout the year,
whereas the latter is important mainly during spring and summer, and a large percentage of the
incoming solar flux is lost through surface reflection. Nevertheless, it is noteworthy that an error
o£+10% (-10%) in the computation ofthe incoming shortwave radiation is sufficient to cause a
decrease (increase) in the minimum ice area and volume of"' 15% and rv21% (,.... 12% and rv20% ),
respectively. Another important :finding is that the present model appears quite insensitive to
modest changes in cloudiness. This relative insensitivity, which is in contradiction with the
results obtained by Shine and Crane (1984) with a thermodynamic-only model, is presumably
due to a negative feedback between the dynamics and the thermodynamics of the sea-ice model
as described in Owens and Lemke (1990). It is also worth stressing that changes in snowfall rates
as high as 50% have only a minor impact on the simulated seasonal. cycle of ice area and volume.
The reasons for this behaviour are given in Maykut and Untersteiner (1971). Modifying the
magnitude of the surface geostrophic wind by 20% or the turning angle between the geostrophic
wind and the air-ice stress by 25° alters moderately the characteristics of the modelled ice pack.
For instance, reducing the turning angle by 25° yields a decrease in ice area of about 1% in
winter and an increase of about 5% in summer. The ice volume is also appreciably affected by
this change, since it increases by about 6% in winter and by about 17% in summer. Finally, it
should be noted that the inclusion of daily variability in the wind forcing :field has a significant
effect on the modelled ice area and volume.
The dynamic-thermodynamic sea-ice model used here is generally less sensitive to perturbations in the atmospheric forcing than thermodynamic-only models (e.g., Ebert and Curry,
1993}. Nevertheless, its sensitivity still remains large. Our results give an idea of the forcing
accuracy needed for meaningful applications with comprehensive sea-ice models. It is clear that
such a~curacy cannot be reached by ~urrent.atmospheric GCMs (e.g., Walsh and Crane, 1992).
There IS therefore an urgent need for 1mprovmg the performances of these models over the polar
regions.
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PARAMETERIZING THE STRENGTH OF ARCTIC SEA ICE
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Canadian Centre for Climate Modelling and Analysis
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INTRODUCTION
Realistic modelling of sea ice dynamics requires some prescription of the ice rheology.
This is usually accomplished by assuming a mathematically tractable shape for the plastic yield
curve and a parameterization of the geophysical strength of the ice pack. The shape of the yield
curve defines the relationship between onset of plastic failure and strain state, and its effects were
discussed, for example, by Ip et al. ( 1991 ). Here we are concerned with the size of the yield curve,
which determines the magnitude of stress that can be sustained before the onset of irrecoverable
plastic deformation, and is meant to represent the mechanical properties of a region of pack ice
much larger than an individual floe. A natural scale for the size of the plastic yield curve is the
two.;dimensional hydrostatic compressive strength which we will hereafter refer to simply as
'strength'.
The most widely-used parameterization of ice strength is-that due to Hibler (1979), viz
P

=

P*liexp

1-K (1

-A)]

(1)

where: Pis the ice strength (kN m- 1); P* is a parameter (kN m-2); 1i is mean ice thickness (m); K
is a dimensionless parameter; and A is the ice compactness (also called concentration- the fraction of area covered by ice). This parameterization was developed for the so-called two-level
model wherein the only state variables available to describe the ice cover are Ji and A. The parameter K was assigned a value of 20 by Hibler (I 979) based on the empirical notion that ice with
compactness less than about 90% should have little strength. Hibler and Walsh (1982) estimated
the parameter P* by comparing modelled and observed ice station drift and obtained a value of
2
27.5 kN m - . This value was supported by the buoy drift comparisons of Plato and Hibier ( 1992).
A second parameterization, due to Rothrock (1975), is based on the idea that energy losses
during ridging are the primary sink of deformational work. This parameterization is based on the
ice thickness distribution theory ofThorndike et al. (1975) and in particular, on the redistribution
of ice thickness during ridging. The ice strength in this case is obtained from

c
et v .pft J'V (h)h2 dh
00

P =

(2)

0

where: Cfis.the strength param~ter to be discussed below; CP = I /2 (P/Pit') g (pw- p) is a
consta~t ~~Ich d~pends o~ the Ice and sea water densities, pi and p 14 , , and the gravitational constant, g; u IS the Ice velocity vector; his ice thickness; and 'V (h) is the ridge redistribution func-
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tion in the ice thickness distribution equation (Thorndike et al., 1975),
ag =-V. (ag) _j_(Jg) +'I'

at

ah

(3)

where: g(h) is the thickness distribution function (the probability density of ice thickness); andjis
the thermodynamic growth rate. '\jl (h) itself contains several parameters and we use here the
'standard' version of Flato and Hibler (1994). The integral in (2) is proportional to the change in
potential energy of a region of ice pack due to the mdistribution of ice thickness during ridging.
COMPARISON OF PARAMETERIZATIONS
A model based on the thickness distribution theory of Thorndike et al. (1975) has been
developed by Hibler ( 1980) and Flato and Hibler ( 1994) and was used to simulate the Arctic ice
cover using observed atmospheric forcing from 1979-85 (details of the model and this simulation
are available in Flato and Hibler, 1994). This model uses the strength parameterization of equation (2), with a value of c1 = 17 obtained by requiring mean monthly modelled ice velocity to be
the same as that observed at three buoy locations over the period June, 1981 to October, 1982.
This value implies that the total energy losses during ridging are 17 times the change in potential
energy, and is at the upper end of the range of values obtained by Hopkins (1994) via direct particle simulation of individual ridging events.
Figure 1 shows the strength calculated by (2) during this model run as a function of thickness at those model grid cells whose compactness was greater than 0.98 or between 0.94 and 0.96.
In order to reduce the number of points but still provide a representative sample, we have plotted
only values from the last day of April, July and October for each year of the model run. Also plotted for comparison is Hi bier's (1979) two-level model parameterization, equation (1 ), calculated
for the midpoint of the compactness ranges indicated above. The thickness distribution model
exhibits a strong seasonality in ice strength -for a given thickness and compactness range, the
'thin' ice available for ridging is thicker (and hence more resistant to ridging) in late winter than
in fall and so the overall strength is higher. The sparsity of points in Figure 1b is due to the fact
that it is rare to find ice in July whose compactness is greater than 0.98; similarly in Figure 1d,
there is relatively little ice in April with compactness less than 0.96. Except in fall, the two-level
parameterization performs reasonably well, although of course both parameterizations have been
'tuned' to produce realistic ice drift and so the strength must on average be similar. There is an
indication that a parameterization in which strength is proportional to n2 rather than n, as proposed by Overland and Pease (1988), would more closely reproduce the present model results.
Figure 2 shows a similar comparison, but in this case strength is plotted as a function of compactness for thickness ranges of 1.5 - 2.5m and 3.5-4.5m. In most cases the strength decreases faster
with decreasing compactness than is implied by the exponential term in equation (1).
To illustrate the integrated effect of differences in strength parameterization, Figure 3
compares the mean ice thickness field for March, 1985 computed by the standard thickness distribution model (with strength determined from equation 2) and by a modified version of the model,
identical in every way except that the strength is computed from equation (1). Although both
parameterizations produce mean ice drift patterns similar to those observed, the differences in
strength (which determine local deformation) are sufficient to produce substantial differences in
the ice thickness buildup pattern. At this point, ice thickness observations are inadequate to determine which parameterization is 'better', however, more detailed comparisons between observed
and modelled ice drift statistics may be valuable in this regard. Detailed ridging models like that
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of Hopkins (1994) do indicate that equation (2) reflects rather well_ the contrib~tion of ridging to
geophysical-scale ice strength, at least during convergent deformatiOn. More direct measurements
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of the forces involved in floe-to-floe interactions are needed to refine the strength parameterization used in both thickness distribution and two-level models, and to examine the partitioning of
energy losses between ridging and sliding friction during shear deformation.
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Figure 3 -Mean ice thickness at the end of March, 1985 computed by the Flato and Hibler ( 1994) model: (a) using
Rothrock's (1975) strength parameterization, equation (2), with c1 =17; (b) using Hibler's (1979) two-level model
strength parameterization, equation (I). Contour interval is 0.5 m.
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RUSSIAN HISTORICAL MATERIAL ON SEA ICE AS A PART OF
GLOBAL DIGITAL SEA ICE DATA BANK
Frolov I.E., Smolyanitsky V.M.
Arctic and Antarctic Research Institute, St.Petersburg, Russia

ANNOTATION
Under the auspices of the World Meteorological Organization (WMO)
and
on
the basis of national data sources and international
collaboration information on sea ice properties is prepared at Arctic
and Antarctic Research Institute (AARI) for subsequent inclusion into
the Global Digital Sea Ice Data Bank (GDSIDB) planned to be exploited
simulteniously at AARI and WDC-A for glaciology/USA National Snow and
Ice Data Center (NSIDC).
At AARI
data processing technique includes digitization of
Russian 10-days period ice condition charts, transformation of digital
data to SIGRID format (WMO recommended for submitting data on sea ice
for international exchange) and archive management of data including
information received in SIGRID format from NSIDC.
By the end of 1994 AARI part of GDSIDB includes national data for
Arctic with 10-days interval for 1967-1990, data from NSIDC with
7-days interval for Arctic for 1972-1991 and Antarctic for 1973-1991.
AARI activity under the GDSIDB project includes preparation .of
software for user access, data quality estimation, intercomparison of
data submitted from different sources, sea ice climatology. Future
work also inludes extension of bank historical and quality contence on
the basis of national data sets for 1950-60s.
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1.

INTRODUCTION

Development of high quality and extensive in time and space
database on sea ice is of basic interest for the fruitful work in the
frames of scientific (e.g. Global Change Program) and
applied
projects. In order to provide creation of such historical archive WMO
initiated a project for the development of a Global Digital Sea· Ice
Data Bank (GDSIDB). At present GDSIDB is represented by two data banks
which are simulteniously exploited at Arctic and Antarctic Research
Institute (AARI) and WDC-A for glaciology/USA National Snow and Ice
Data Center (NSIDC) and are characterized by mainly the same data
archivation format and contence.
In general AARI activity on GDSIDB concerns (1) submitting to
international exchange initial data on sea ice in SIGRID format (WMO
recommended for submitting data on sea ice for international exchange
/WMO CMM-X, 1989/) and corresponding metadata,
(2} research work in
the field of polar regions data management including improvement of
SIGRID format, development of technique and carrying out quality check
and intercomparison of data provided from different sources, and (3)
preparation of historical material in SIGRID format for database
extension.

2.

INITIAL MATERIAL PROPERTIES AND PROCESSING TECHNIQUE

Technique for creation and applied work with historical GDSIDB
database at AARI involves following steps.
Firstly, integrated
{complex) 10-days period charts of ice
conditions
prepared
for
operative
needs
at
the
AARI
Hydrometeorological Information Center as a hardcopy on paper /Guide
to ... , 1981/ are digitized and database containing information in
national vector archivatio~ format CONTOUR is formed. Secondly, data
transformation from national vector format to the
format
for
international exchange SIGRID is carried out. Thirdly, for provision
of intercomparison and climate analysis data sets in SIGRID format (at
this step involving material of two origins - AARI and NSIDC) are
transformed to equiareal grids. Main features of data provided by AARI
and NSIDC are as follows.
Initial AARI
integrated
ice
charts
represent both basic
parameters (ice concentration, extent, stages of development, forms of
floating ice) and such parameters as - surface features (stages of
melting, snow on ice), navigation features (leads, flaws, polynyas),
dynamic processes (hummocks, ridges), thus depicting practically all
recommended scope of sea ice parameters /WMO, 1989/. Charts are
compiled on equiangular stereographic and mercator projection forms on
the basis of visual and instrumental aircraft survey and satellite
data gathered during the 10-day periods. Resolution capacity is 0.1 1an
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for aircraft survey and less than 4 km for satellite means. Boundaries
are accurate to 2-10 km under typical conditions and up to 50 km under
the worst. National vector format CONTOUR provides coding accuracy for
ice zone position of 1 geographical minute. On the second step of
preparation technique data are provided in the standard WMO format
SIGRID.
Preparation of NSIDC data is carried out at the USA Navy
NOAA
Joint Ice Center (JIC) at Suitland by digitazing weekly ice charts
compiled on azimuthal equidistant projection mainly on the basis of
multispectral microwave satellite measurements. The spatial resolution
of the satellite mapping system is less than 20 km under typical
conditions and 40 km under the worst with boundaries accuracy less
than 20 km under typical conditions /Knight, 1984/. Provision of data
for GDSIDB is also in the form of standard SIGRID format.
Let us note that both AARI and NSIDC (JIC} use the optimal
spatial resolution provided by SIGRID format, that is with mesh
latitude size equal to 15 minutes.
We must note also that, though SIGRID is capable to incorporate a
complex of sea ice properties (similar to CONTOUR), at present only
information
on ice total and partial concentration, stages of
development and sign of fast/drift ice were archived both at AARI and
NSIDC.
3.

DATABASE CONTENCE

At present AARI part of GDSIDB involves following sea ice data in
SIGRID fo.rmat:
1/ Total concentration, partial concentrations and stages of sea
ice development (ice age} for Arctic Basin and boundary seas with
10-days interval for 1972-1990 period originating from AARI. Data set
has a number of temporal gaps (occured due to absence of aircraft
surveys);
2/ Total concentration, partial concentrations and stages of sea
ice development (ice age) for Arctic Basin including boundary seas and
adjacent parts of the Atlantic and the Pacific oceans extending to 45
degrees north with 7-days interval for 1972-1991 period originating
from NSIDC. Data set has no temporal gaps.
3/ Total concentration, partial concentrations and stages of sea
ice development (ice age) for Antarctic extending to 45 degrees south
with 7-days interval for 1973-1991 period originating from NSIDC. Data
set also has no temporal gaps.
In addition for providing quality and climate analysis data on
sea ice total concentration (sea ice extent) and sea ice stages of ice
development, namely for initial (ice thickness less than 30 cm),
first-year (ice thickness is more than 30 cm and less than 150 cm) and
multiyear (ice thickness is more than 150 cm) stages are extracted
from SIGRID format datasets and are stored in rectangular grids with
spatial
resolution
25
km
corresponding
to
equiareal polar
stereographic projection.
Figure 1 gives an outlook of ice condition charts in SIGRID format
for sea ice total concentration (NSIDC) and oldest observed sea ice
stage of development (AARI).
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(a)

(b)

Figure 1. Examples of ice condition charts in SIGRID format,(a) -sea
ice total concentration on 10 March 1987 (NSIDC), (b) -oldest observed
sea ice stage of development on 19 March 1973 (AARI).

Figure 2. Multiannual estimations for sea ice total concentration
minimum and mean values in Arctic, March, based on AARI data for 19721990 period.
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4.

DATA QUALITY ESTIMATIONS

4.1

Difference between actual GDSIDB data and SIGRID standard
Let us note following differences from WMO standard and coding
errors (at present mostly significant) occuring in AARI and NSIDC
data:
1/ AARI information contain the same indicator for points on land
as for the absence of data. To solve the problem a fixed pattern of
land points extracted from NSIDC data may be used what however results
in appearance of 1-2 false points with absence of data near coast due
to differences between used in AARI and NSIDC (JIC) blank forms.
2/ Initial integrated ice charts at AARI do not have constant,
rectangular data collection limits, what is inherited by SIGRID data,
therefore accurate intercomparison of data from the described two
sources is complicated.
3/ Stages of fast ice development are totally absent in NSIDC
data, a number of errors in coding ice age is present /WMO, Final
Report .. , 1993/. Errors are planned to be eliminated by means of
redigitizing data in 1994.
Intercomparison of AARI and NSIDC data
Intercomparison was carried out on a basis of a single year
therefore we consider results only as
information for 1982,
statistical
of
Analysis has been made by means
preliminary.
procession
of
spatial
characteristics
of zones occupied by sea
ice with definite features within selected test areas /WMO,
Final
Report of the Steering Group ••. , 1993/, and in general reveals:
1/ A good consistency in temporal tendencies and sufficiently
good in actual values between the AARI and the NSIDC data in the
generalized
gradations,
namely
"ice-free",
"open",
"close",
"new-nilas-young", "first-year","old".
2/ Total concentration in AARI data tends to be less than in
NSIDC data, significant discrepancy in actual values is for intervals
90-100 and 100%, that is, most likely the ice cover is described as
fast ice in AARI data and pack ice in NSIDC data.
3/ Development stages in AARI data excluding old ice tend to be
less than in NSIDC data.
The observed differences may be attributed to (1) an applied
character of the AARI data and a climatic character of the NSIDC data,
and (2) prevailing use of airborne and shipborne
data sources at the
AARI and satellite data for the NSIDC.
4.2

5.

UTILIZATION PERSPECTIVES. POSSIBILITIES OF DATA CONTENCE EXTENTION

The described AARI data are a part of a vast historic archive
starting from the 1930-s. At present datasets for the 1960-s as well
as other ice parameters (e.g. stage of melting} undergo processing
into SIGRID format.
It is clear that a high quality study on GDSIDB data must be
proceeded after a thorough data check similar to procedures carried
out in the National oceanographic Data Center,
USA /Levitus,. 1982/,.
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that is, a profound joint analysis of AARI and NSIDC data for the
whole covered time period is obligatory in order to reveal:
1/ Statistical differences in mean, dispersion, distribution law
and etc. in datasets in relation to time and space, including
dependency on the share of visual and spaceborne information in
initial data.
2/ Actual spatial patterns for distribution laws for different
sea ice characteristics.
Bearing in mind features of preparation techniques at AARI and
NSIDC (JIC) one may assume that both for climate analysis and for
applied work (e.g. for ice conditions estimations within Northern Sea
Route)
joint management of data from AARI and NSIDC is expedient,
development stages and partial concentrations being more accurate in
AARI data and total concentration (sea ice extent) being more accurate
in NSIDC (JIC) data. Definite future work should be done
in
incorporating SIGRID data from other countries, that is Japan, Canada
Norwey.
Following guidelines for GDSIDB data usage at present may be
proposed:
1/ Browse of ice condition history for 1972-1991 period.
2/ Using GDSIDB data within Global Change and other programmes.
3/ Estimation of sea ice climate features within navigation
routes with high temporal and spatial resolution.
4/ Using GDSIDB data as initial and test data patterns in
numerical modelling.
An example of climate application of GDSIDB data is given on
figure 2 where multiannual statistical estimations for sea ice total
concentration for March based on AARI data for 1972-1990 period are
shown.
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A LARGE-SCALE SIMULATION OF ARCTIC SEA ICE 1986-1992
Markus Harder
Alfred-Wegener-Institut fiir Polar- und Meeresforschung
Bremerhaven, Germany

1

ABSTRACT I INTRODUCTION

The Arctic ice cover is simulated by a large-scale dynamic-thermodynamic sea ice model using seven
continuous years of ECMWF forcing data. In this context, three aspects are presented:
• The simulated age of the ice is introduced as an additional prognostic variable. Its spatial and temporal
evolution is described by an additional continuity equation.
• Lagrangian trajectories of simulated ice drift are derived from the model velocities in Eulerian
formulation and are compared with observed trajectories of IABP ice buoys. This comparison shows good
agreement between observation and simulation and suggests that the full set of several hundred observed buoy
trajectories provides a means to test different models and parameterisations.
• The ice export through the Fram Strait is shown as an example for the interannual variability of the
model response to seven different years of forcing. In the long-term average 1986 to 1992, the simulated ice
export is 0.1 Sverdrup.

2

DESCRIPTION OF THE MODEL

Sea ice is considered as a two-dimensional continuum described by the four variables: mean ice
thickness (ice volume per area), h; ice concentration (areal coverage), A; drift velocity vector, u; and age of the
ice, a. For h, A und u, this model follows the approach of Hibler [1979] with some modifications. The evolution
of ice thickness h and ice concentration A is given by the continuity equations

ah
at

-=-V ·(hu)+Sh

aA
at

-=-V ·(Au)+SA

(1)

where Sh and SA are the thermodynamic growth terms. Sh is determined from an energy budget at the
ice surface following Semtner [1976] and Parkinson and Washington [1979]. The oceanic heat flux is
determined from a coupled one-dimensional prognostic mixed layer model [Lemke et al., 1990], and a
prognostic snow layer according to Owens and Lemke [1990] is also included. SA is described as a function of
Sh [Hibler, 1979]. The ice drift velocity u is determined from the momentum equation
(2)

where p is the density of sea ice, t a , t w , t c , t s are the forces per area due to atmospheric forcing (wind
stress), oceanic forcing (water stress), Coriolis term and surface tilt, and F represents the internal forces per
area. A viscous-plastic rheology with an elliptical yield curve [Hibler 1979] is used to describe the internal
forces F. The major differences to the Hibler [1979] model are: a) A modified upstream scheme with a single
forward time step is used for the numerical solution of the advection, b) no explicit diffusion enters the
3
continuity eqs. ( 1), cd the drag coefficient for the atmosphere is 2. 3 ·1 o- , and d) the ice strength parameter p*
is set to 15,000 N/m .
The age of the ice is introduced as a prognostic model variable. It is used as an additional variable
(tracer) describing the properties of the ice suitable for comparison with observations. Observation methods like
ice core drilling and remotes sensing techniques allow at least a distinction between first-year and multi-year
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ice, and may provide even more information about how many years an ice floe lived. The basic assumptions tor
the simulation of the age of sea ice are: a) The age is described by one scalar number a for each grid cell,
representing the volume-weighted mean age of all ice in this model grid cell, both horizontally and vertically
averaged. b) New frozen ice has an age of zero. c) All existing ice is growing older by a rate of 1, i. e. it is
'aging' one day per day. d) Freezing in ice-covered regions adds new, young ice to the already existing, old ice,
and thus reduces the average age in the grid cell. The new mean age is calculated as an average of the old and
the new ice, both contributing to the mean according to their relative fraction of the total ice volume in the cell.
e) Advection mixes ice volumes from different grid cells, usually of different age. Again, the new mean age in a
cell after the advection is calculated as a volume-weighted average of the contributing ice volumes. Based on
these assumptions, the prognostic equation for the age a of the ice is

D(ah)
--=-V·(ahu)+h+aMh
Dt

(3)

where the melting term Mh is identical with the (then negative) growth rate Sh in eq. (1) for melting
conditions, and zero for the freezing case. The terms on the right hand side of (3) represent the effects of
advection, aging, and thermodynamic freezing. A detailed description of the age of the ice as a prognostic
variable is given in [Harder and Lemke, 1994] and [Harder, 1994].
For the simulated trajectories of ice drift, the starting position of observed buoys was used as the initial
position of the model buoy. Then, for each time step, the velocities from the four nearest model grid points were
interpolated to the actual position of the simulated buoy, and used to calculate a translation of this model buoy.
Except for the starting point, no observations enter the calculation of the simulated trajectories. A detailed
description of the numerical techniques can be found in [Harder, 1994].
The model is run on a rotated spherical grid with a resolution of 110 km. Daily forcing with ECMWF
data at the surface level (2 m resp. 10 m above ground) for the seven years 1986 to 1992 is used. A line of four
grid points represents the transect through Pram Strait at 80° N.
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Figure 1 -Simulated ice export [Sverdrup] through Pram Strait at 80° N
for the years 1986 through 1992, based on monthly mean values.
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3

RESULTS AND DISCUSSION

Figure 1 gives the simulated export of sea ice through Fram Strait at 80° N in Sverdrup
(1 Sv = 106 m 3s- 1) Shown are the monthly mean values, where the fluctuations on short time scales of a few
days are eliminated. Important results are:
• A pronounced seasonal cycle can be identified, with significantly more sea ice export in winter.
• The interannual variation of the ice export is important, reaching from 0.08 Sv in 1987 to 0.15 Sv in
1990, i.e. the annual means vary by afactor of 2 in this period.
• The long-term average ice export for all seven years 1986 to 1992 is predicted to be 0.11 Sv.

Simulated Age of Sea Ice [years] March 1992
-180"
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Figure 2- The simulated age [years] of sea ice for the winter situation in March 1992.
The simulated age of arctic sea ice in winter is shown in Figure 2, here taking the month March 1992 as
example. A characteristic pattern can be found, which is due to both the general circulation pattern and to the
spatial distribution of thermodynamic active freezing zones. The oldest ice, on (horizontal and vertical) average
up to five years old, occurs north of Greenland and Canada, while the youngest ice with an age of less than one
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year exists in the major freezing zone on the Eurasian shelf. A tongue of 2-year old ice extends from the northeastern Canadian Archipelago westwards to Alaska and the Bering Strait, resulting from the advection of old
ice in the Beaufort Gyre. Ice in the Transpolar Drift Stream has an intermediate age of one to two years,
showing the mixing of first-year ice from the Eurasian shelf with old ice north of Greenland and Canada. This
winter situation shown here is typical for all years 1986 to 1992. It should be noted that these model results
were obtained after 20 spin-up years, allowing the model to reach a cyclostationary equilibrium state where the
average age of the ice does no longer increase with further years of integration.

Simulated and Observed Trajectories of Ice Drift
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Figure 3 - Simulated (thick lines) and observed (thin lines) trajectories of ice drift.
~igure 3 s~ows simulated trajectories, compared with the drift of observed buoys, deployed by the
Int~rnatwnal Arctic Buoy Program. The model reproduces the observed drift reasonably well, even over a
~eno? of s~veral months. ~orresponding observed small scale features as loops or changes in direction can be
Identified m the comparison between simulated and observed trajectories. This comparison allows the
conclusions:
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• This sea ice model is able to reproduce trajectories over long time periods.
• The ECMWF surface wind field is an appropriate forcing data set.
• Trajectories of drift buoys are a useful means to test sea ice models.
The next step will be to use the full set of some hundred drift buoys, to define a numerical error function
measuring the deviation between model and observation, and then to test different models and different
parameterisations with the aim to find the optimal sea ice model.

REFERENCES
Harder, M., and P. Lemke [1994] Modelling the extent of sea ice ridging in the Weddell Sea, JGR,
Nansen Centennial Volume
Harder, M. [1994] Erweiterung eines numerischen dynamisch-thermodynamischen Meereismodells zur
Erfassung deforrnierten Eises, AWI Berichte aus dem Fachbereich Physik, Report 50, Alfred-W egener-Institut
fiir Polar- und Meeresforschung, Bremerhaven, Germany
Hibler, W. D.,

m [1979] A dynamic thermodynamic sea ice model, JPO 9(4)

Lemke, P., W. B. Owens, and W. B. Hiler, m [1990] A coupled sea ice- mixed layer- pycnocline model
for the Weddell Sea, JGR, vol. 95(C6)
Owens, W. B., and P. Lemke [1990] Sensitivity studies with a sea ice- mixed layer- pycnocline model
in the Weddell Sea, JGR, vol. 95(C6)
Parkinson, C. L., and W. M. Washington [1979] A large-scale numerical model of sea ice, JPO, 84
Semtner, A. J., Jr. [1976] A model for the thermodynamic growth of sea ice in numerical investigations
of climate, JPO, 6

ACKNOWLEDGEN.rnNTS
Thanks for valuable discussions are due to P. Lemke and H. Fischer. The atmospheric forcing data were
provided by ECMWF, and the IABP buoy data processed· by R. Colony and I. Rigor were obtained through

NSIDC.

294

ON COUPLING A DYNAMIC-THERMODYNAMIC
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INTRODUCTION
The purpose of this paper is to describe an efficient and flexible dynamic-thermodynamic snow sea-ice
model suitable for coupling to a wide variety of atmospheric and oceanic models. The historical development
of models of the physical climate system has favoured the development of the atmospheric and oceanic
components of the system much more so than the sea-ice component. As pointed out by Fichefet et al. (1993),
the last decade has seen much activity in the coupling of various component models in an effort to form a
coupled model which hopefully describes the basic behaviour of the real climate system. Unfortunately, such
coupled models generally do not provide a very satisfactory treatment of the sea ice as they generally lack a key
component such as ice dynamics, snow cover, or ice rheology. These coupled models are used in 'enhanced
greenhouse' experiments in which they generally indicate that the largest response of the climate system to
increased levels of greenhouse gases tends to be in the polar regions. To have confidence in the results produced
by these models it is necessary that they include a sophisticated treatment of sea ice.
This paper describes the details of coupling a sea-ice model to an atmospheric and oceanic model. The
present work differs from that of Fichefet et al. ( 1993) in that they describe only the coupling between interactive
oceanic and ice components, whereas in this paper we also discuss the coupling between the atmosphetjc and
ice components.
Furthermore, because of the substantial difference in surface properties between the icecovered and the ice-free fractions of a grid cell, we propose that calculations for each of the heat, freshwater,
and momentum fluxes be carried out separately over each fraction. This two-stream flux calculation approach
differs from the one-stream approach taken by Lunkeit (1993). In other respects though, we follow a similar
strategy as described by Lunkeit in the coupling of a sea-ice model (with viscous-plastic rheology) to an
atmospheric and oceanic general circulation model.
In the present work, the sea-ice model is coupled only to a simplistic atmospheric and oceanic model.
However, as most major issues relating to the coupling of a sea-ice model to atmospheric and oceanic models
are dealt with using the simple atmosphere and ocean models, the sea-ice model described herein can readily
be coupled to sophisticated atmospheric or oceanic models using exactly the same strategy as described. The
model described is made available to the modelling community.
COMPONENT MODELS
The climate model used for this study consists of general circulation models (GCM) of the atmosphere
(AGCM), ocean (OGCM) and sea ice (IGCM). We refer to the coupling of two or more GCMs as a climate
general circulation model (CGCM). Although the simplistic atmospheric and oceanic models employed in this
study do not qualify to be called GCMs, we nonetheless retain this nomenclature to emphasize the modular
nature of the coupling proposed in this study. The present CGCM is set up in such a manner that it is
straightforward task to insert different AGCM or OGCM modules. Future work could allow for the additional
coupling of biospheric and land-ice components, but for the moment these are ignored. The following is a brief
description of the essential features of each of the models used in this study. As the focus is on the IGCM, only
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brief descriptions of the AGCM and OGCM components are given.
Atmosphere Model
The atmosphere model contains prognostic equations for the near surface (i.e. 1000 to 900mb layer)
air temperature and for the surface skin temperature. All other fields of the atmospheric model are specified.
This model is basically that described by Kleeman & Power (1994). While the model is simplistic it is suitable
to the present study. It does allow for the positive feedback between sea-ice extent and atmospheric temperature
that may occur through changes in surface albedo. It also includes a negative feedback between the temperature
contrast between the equatorial and polar regions and the poleward transport of sensible heat. The coupling of
a sophisticated AGCM would proceed exactly along the same lines as those described later in this paper for this
simple atmospheric model.
Ocean Model
The ocean is a thermal slab which has a prognostic equation for its mixed-layer temperature. All other
oceanic fields are specified. The model is similar to that described by Colman et al. (1992). The inclusion of
a more sophisticated ocean model would not involve any extra complications and thus would interact with the
sea-ice model exactly in the same manner as does the present ocean model.
Sea-Ice Model
The sea-ice model used is thoroughly described by Oberhuber (1993), Holland et al. (1993), and
Oberhuber et al. (1993). It includes both dynamic and thermodynamic processes as well as a snow cover. The
dynamics include the full viscous-plastic rheology of Hibler (1979). The thermodynamics keeps track of the
melting and freezing of the ice, the melting of the snow, as well as the heat content of both the ice and snow.
Other features of the model include the parameterization of the transformation of snow into ice which occurs
when the snow mass is sufficient to submerge the ice and cause the snow-ice interface to be flooded. There is
also a transformation of snow into ice due to the weathering and aging of snow which lead to its density
increasing and ultimately approaching that of ice.
The prognostic ice variables are the snow and ice thickness, the ice compactness, the temperature at the
snow surface, the temperature at the snow-ice interface, and the velocity of the ice. Conservation equations are
solved for each of these prognostic variables. The processes that cause changes in the snow and ice quantities
are described by advection-diffusion type equations with additional source and sink terms arising from
thermodynamic forcing from the atmospheric and oceanic models.
An important aspect of the present sea-ice model is that it solves the sea-ice equations using an implicit
numerical technique which allows the choice of a relatively large time step (i.e. generally one day). This is
despite the convergence of the meridians in the vicinity of the north pole which is known to cause unrealistic
time step constraints when explicit numerical techniques are employed (Hibler, 1979). A particular difficulty
with the sea-ice momentum equations is that the usual viscous term of atmospheric and oceanic models is
replaced by a more complicated viscous-plastic term which now couples the two component equations for
momentum. The present scheme treats this viscous-plastic rheology term implicitly.
· The sea-ice equations are solved using a line-relaxation method in which all the unknowns on a given
latitude circle are solved for directly, and then an iteration is carried out over all the latitude circles. The direct
solver is fast because the sea-ice equations are discretized using a second-order centred finite-differencing
scheme, which allows for the use of a tridiagonal solver as opposed to a more cumbersome general matrix solver.
To avoid instability it is necessary to perform this direct calculation at every second latitude circle as one travels
from south to north through the domain. A second sweep of the domain is made in which all the unknowns at
the latitude circles that were missed during the first sweep. This sweeping is iterated until the solution obtained
meets a desired accuracy criterion.
In terms of CPU time, it is generally true that an OGCM will require an order of magnitude more CPU
time than that of the IGCM, and an AGCM will in turn require an order of magnitude more CPU time than that
of an OGCM. These order of magnitude estimates are based on component models which each employ the
the OGCM, the prese~t
same grid spacing. Even if used at a relatively higher resolution than the AG~~
IGCM would still remain inexpensive. Because it is inexpensive, greater sophtstlcation could be employed m
the IGCM without overly taxing the overall CPU time. For instance, it presently resolves only two temperatures,
namely that at the snow surface and that at the snow-ice interface. While the 38 levels employed by Maykut
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& Untersteiner (1971) may be excessive for the purposes of a climate simulation, it may nevertheless be
reasonable to increase the number of temperature levels in the present model to get a more realistic vertical
temperature profile throughout the snow-ice layer. Likewise, it presently uses only two ice-thickness categories,
namely the average ice thickness over a grid cell, and the ice of zero thickness (i.e. the leads). Several
categories of ice thickness could be used to address the fact that the growth rate of ice varies greatly depending
upon the thickness of the ice. For instance, Plato (1991) used up to 28 ice thickness categories. We feel that
the present IGCM is adequate for climate studies, however, if either greater resolution of the snow-ice vertical
temperature profile or the number of ice thickness categories is required, then it can easily be done by modifying
the existing code and without placing too large a burden on the CPU time requirements of the CGCM.
The ability to verify CGCMs, and in particular the IGCM component, is severely limited by the lack
of observational data, and in particular global data that is readily available in digital format. The greatest
amount of observational data available for sea ice is that of the ice compactness. Using the satellite data of
Gross (1986), the IGCM simulated compactness can be compared to observations. This monthly data set, at a
relatively high resolution of 0.25 degrees, is include with the IGCM here and provides important validation oil
the quality of the simulation by the IGCM. It is hoped that similarly ice and snow thickness as well as ice
velocity data sets will become available in the future for incorporation into the IGCM.

COUPLING STRA:1EGY
The strategy used to couple the AGCM, OGCM, and IGCM components into a CGCM is similar to that
described by Power et al. (1993). A series of two-dimensional grids is defined that covers the entire surface
of the Earth. One grid is defined for each variable that may be passed from one component model to another.
For example the OGCM places the sea surface temperature onto a coupled grid so that the AGCM may access
it and then carry on with its atmospheric calculations. Likewise the AGCM computes the surface heat flux over
the globe and places this flux onto the coupled grid so that both the OGCM and IGCM can access it. The
coupled grid defined in this study is uniform with latitudinal spacing of 5.6 degrees and latitudinal spacing of
3.2. Generally, in a coupled model each component model operates internally with a grid that is quite distinct
from the other component models and that of the coupled grid. This arises because the various component
models are generally written with different numerical techniques (e.g. spectral, finite difference, or finite element)
or even when the same technique is used but the grid discretization is different (e.g under finite differencing the
choice of B, C, orE grids is available (Arakawa, 1966)). The result is an awkward communication between
model components. It is then necessary to interpolate the model quantities to get them onto the coupled grid, and
then to interpolate once again to get them off the coupled grid. As the interpolation can be done efficiently this
does not cause an excessive tax on CPU time; however, there may be some concern justified over the loss of
accuracy due to interpolation errors. Nevertheless, a positive aspect of this strategy is that by requiring any
information passing between any two components of the CGCM pass first through the coupled grid, it does allow
one to treat each component model as a black box with respect to the other components. This greatly facilitates
the coupling of the component models. Conceptually, this means that different AGCM, OGCMs, or IGCMs may
easily be plugged into or removed from the CGCM to allow flexibility in the types of numerical experiments
that can be performed.
Another point worth raising is that of the order in which the component models are integrated. This
CGCM operates by integrating, at one particular discrete time step, the AGCM, then the OGCM, and finally the
IGCM. When any particular component is being integrated, it uses the most recent integration results as
produced by the other component models. The cycle is then repeated in the same order for each subsequent time
step. Many other possible strategies could be envisaged, for instance, during a particular time step, each model
could be integrated using only the results of the previous time step of the other component models.
Ideally, one might imagine that all three models would be simultaneously integrated. This is the major
drawback of the modularization approach. That is, each model integrates forward while the fields of the other
model components are held fixed. The use of a coupling strategy, such as the one outlined above, is necessitated
because of the individual way in which the various models of the climate system have evolved. To overcome
this would require that a single model be written for the entire climate system and at present this is not feasible.
In such a model, each of the component models could be simultaneously stepped forward. It is not known
whether the accuracy of the simulation obtained by a CGCM critically depends on the order in which the models
are integrated, but numerical experiments should be carried out to determine if this issue deserves greater
concern.
. A~other question worth pursuing is that of asynchronous integration. The most severe time step
constramt m a CGCM comes form the AGCM which generally requires a time step of less than 20 minutes,
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whereas an OGCM and IGCM can use a time step on the order of one day (provided they are solved using an
implicit numerical technique). Often, the AGCM is integrated for many time steps while the OGCM and IGCM
fields are held fixed. The OGCM and IGCM are then integrated for one time step using the average AGCM
fields over its last several time steps. Alternatively, the models could be integrated synchronously at every
atmospheric time step but this would place a significant overhead on the total CPU time. It is necessary to carry
out numerical experimentation to determine if the present strategy of asynchronous coupling, which is in wide
use by many modelling groups, does impact the accuracy of the simulation.
Heat Flux Calculation
Another issue raised by coupling the AGCM, OGCM, and IGCM relates to which model is given
responsibility for computing a field that is shared equally by any two or more component models. Take for
instance the skin temperature at the surface of the earth. Typically, an AGCM computes skin temperatures over
land by doing an extensive surface energy balance which involves an expensive and sophisticated treatment of
the atmospheric radiation as well as many other processes. Typically, an IGCM computes its own snow surface
and snow-ice interface temperature based on knowledge of the atmospheric heat flux occurring above it. Thus
a decision has to be made as to which model controls the skin temperature. Since AGCMs have a more
sophisticated treatment of surface thermodynamics than IGCMs, the snow surface temperature and the snow-ice
interface temperature are computed by the AGCM.
Another field, over which control is shared by two component models is that of the sea-surface
temperature. The OGCM is the principal component in control of the sea-surface temperature, however the
IGCM also requires the ability to modify these temperatures. This arises because the IGCM applies the heat,
freshwater, and momentum from the AGCM and OGCM and redistributes ice vertically and horizontally. This
may result in ice occurring in water of temperatures above freezing or below freezing (supercooled) and thus
the IGCM must make sure that the ocean temperature is in phase equilibrium with the ice. The IGCM updates
the OGCM temperatures and passes on these temperatures to the OGCM via the coupled grid.
The coupling of an IGCM to an AGCM is in one respect more complicated than that of the coupling
of an OGCM to an AGCM. This is because the ice cover has leads and thereby presents two vastly different
surface types to the AGCM, and all within one grid cell. For example, while the skin temperature of the snow
or ice cover may be -30 Celsius with an albedo of .8, the skin temperature over the leads will generally be about
-2 with an albedo of .08. The drastic contrast in surface properties suggests that the fluxes of heat, moisture,
and momentum should be carried out twice, once over the snow or bare-ice cover and then once over the leads.
Simmonds & Budd ( 1991) implemented such a strategy in their study of the Antarctic pack ice, except they did
not carry out the radiative part of the calculations separately over each surface type. They treated the two
surface types as being 'well-mixed' in terms of radiative processes. The present study differs in that the radiative
fluxes are carried out separately over each surface type as we feel that the difference in albedos between the
snow (or bare-ice) cover and the leads may justify such a treatment. Another approach is to compute a grid-cell
effective temperature as an areal-weighted average over the two surface types and then to employ a Taylor-series
expansion to account for the difference in surface types (see Oberhuber 1993, Oberhuber et al. 1993, for details).
In such an approach, the surface fluxes are computed only once thus saving CPU time. It is not known which
of the above approaches is ultimately most suitable. Again, this is another area where extensive numerical
experimentation would be invaluable.
Freshwater Flux Calculation
Many of the details of the coupling between the IGCM and the OGCM have already been described
elsewhere in the literature (see Fichefet et al., 1993, for a discussion of these). One of the IGCM-OGCM
coupling details of great concern is that of the freshwater flux. During growth, brine rejectio~ leads to incr~ase
of salinity for the mixed layer, while during melting the sea ice provides a large fresh water mput to the mtxed
layer. The amount of freshwater (or salinity expressed as an equivale~t amo~nt of freshwater) that must be
passed on to the OGCM is determined and placed onto the coupled gnd. This freshwater flux represents an
important negative feedback between the IGCM and the OGCM. The more ice growth that ~curs, then the
greater the salinity flux into the OGCM which eventually cause the OCGM t? ~?nvect and bnng _heat to the
surface from the deeper waters melting ice and counteracting the process that m~ttated the convection.
Since the sea ice presents two different surface types to the atmosphenc model, the freshwater flux
calculations must be carried out separately over each surface type. Each calculation ~s wei?~ted_ by the
percentage of ice coverage or open water as appropriate. Over the sea ice, the atmosphenc prectpttation falls
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and accumulates as snow which is then advected horizontally by the ice motion. Thus, it does not immediately
contribute to the freshwater flux into the ocean. Sublimation at the snow (or bare-ice) surface is also accounted
for but does not directly impact on the freshwater flux into the ocean from the sea-ice. However, if the surface
of the snow or bare-ice is at the melting point, then the precipitation is immediately converted to rain and goes
directly into the ocean. Thus, the direct freshwater flux from sea-ice portion of a grid cell comes from the
growth of existing sea ice or the melting of the sea ice or snow.
The freshwater flux calculations over the ice-free fraction (i.e. leads) of a grid cell is quite different
from that of the ice-covered fraction. Over the leads, the atmospheric precipitation immediately enters the ocean
as a freshwater flux. Evaporation occurs over the leads and subtracts from the freshwater flux. When the heat
flux over the leads is such that the ocean is losing heat (e.g. winter), then new ice growth occurs over the leads
and contributes to the freshwater budget. By contrast, if the heat flux over the leads is such that the ocean is
gaining heat (e.g. summer), then there is no contribution to the freshwater flux.
The transformation of snow into ice due to either the aging of the snow or the flooding of snow by sea
water, does not contribute to the freshwater input to the OGCM as these processes do not involve a conversion
from the solid to the liquid phase.
Momentum Aux Calculation
The sea ice is forced by both the surface stress from the atmosphere and the bottom stress from the
ocean using the usual non-linear drag law parameterization. The ocean is also forced using such a
parameterization, with stress contributions coming from both the ice-covered and ice-free fractions of a grid cell.
Although the present drag coefficient used in the momentum flux calculations has a dependence based
on atmospheric stability over the sea-ice (Oberhuber, 1993), it does not have a stability dependence based on
the contribution from the both the ice-covered and ice-free fractions of a grid cell as used by Stossel & Claussen
(1993). Furthermore, the large-scale roughness length of the present sea-ice model does not depend on both
skin and form drags as in Stossel & Claussen (1993). They include the effects of both ice-plus-snow freeboard
Their more detailed
and ice concentration in the determination of their large-scale roughness length.
parameterizations of atmospheric stability and roughness length will be employed in future simulations.
SNOW AND ICE SIMULATION
Limitations of space do not allow us to present extensive results of the simulations obtained using the
coupling strategy outlined above. The details of the simulation will be reported elsewhere in the literature.
CONCLUSIONS
Overall, this paper has presented an IGCM suitable for coupling into a CGCM. The CGCM can
ultimately be built up using a variety of AGCMs or OGCMs. The black box approach taken here allows one to
easily substitute different types of models with different grid resolutions without difficulty. This modular
approach means that more sophisticated AGCM and OGCMs than used here may be coupled into the present
CGCM in a systematic fashion. It also facilitates the testing of the interaction between, as well as the
development of, the individual component models.
The IGCM part of the CGCM described is efficient in terms of CPU time requirements, as it uses an
implicit technique to solve the sea-ice equations, and flexible in that its numerical grid may be easily changed.
The IGCM resolves the temperature profile of the snow-ice cover using two temperature levels and the ice
thickness using two thickness categories. This level of sophistication is felt to be appropriate and in line with
the analogou~ level ~f sophistication of state-of-the-art AGCMs and OGCMs used in climate modelling studies.
An mnovative feature of the present coupling strategy is that it employs a separate calculation of heat
flux, freshwater flux, and momentum over both the ice-covered and ice-free (leads) fractions of grid cells. This
double-calculation procedure adds an additional computational cost; however, the distinctively different heat,
freshwater, and momentum fluxes that occur over the ice-covered versus ice-free fraction of a grid cell warrant
the use of such extra calculations.
The horizontal resolutions typically employed in GCMs is of order 100 km. By contrast, an ice floe
may have a horizontal extent of I km with leads of only 100 m between the floes. Clearly, there will be many
such floes and leads occurring within one model grid cell, and we are not resolving these sub-grid scale features.
In effect, at present we are assuming that the we can lump all the floes within a grid cell together (and likewise
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the leads) into one larger equivalent floe (equivalent lead) and then carry out the separate flux calculations.
While the limitations of this approach are evident, we do note that as the horizontal grid resolution of models
becomes finer, the present approach will tend to become more realistic. It does in any case, even at the coarse
resolutions presently used, seem more appropriate than lumping all the floes and leads together to obtain an
'averaged' surface from which single fluxes are computed.
The overall snow and ice simulation obtained here Wa$ in fact encouraging considering the crudeness
of the AGCM and OGCM components enlisted in the present CGCM. To investigate the impact of including
a state-of-the-art sea-ice model into more sophisticated AGCM and OGCM, the IGCM described in this paper
is presently being coupled to the Bureau of Meteorology Research Center (BMRC) AGCM and the Geophysical
Fluids Dynamics Laboratory (GFDL) OGCM.
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A MESOSCALE SIMULATION OF THE ARCTIC ICE PACK
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INTRODUCTION
Large-scale dynamic processes in the Arctic ice pack depend on the granular nature of
the pack, particularly on the size and distribution of areas of thin ice and open water surrounding multiyear ice floes. Ice-ocean models of the Arctic Basin use continuum formulations to
describe the rheology and the morphology of the ice pack. The internal strength of the pack is
characterized by an assumed plastic yield curve (Hibler, 1979). A state of stress on the yield
curve is associated with a strain vector by an assumed flow rule. More sophisticated ice-ocean
models (Flato and Hibler, in review) use an ice thickness distribution developed by Thomdike
et al. (1975). The movement of ice from one thickness category to another category in the thickness distribution is modeled by an assumed ice thickness redistribution function.
To obtain better estimates of continuum approximations characterizing the ice pack, a
mesoscale (10- to 100-km) numerical model of the central Arctic pack has been developed. The
mesoscale model is based on a dynamic particle simulation in which individual, multiyear ice
floes and surrounding areas of first-year ice are explicitly modeled as discrete, convex polygons
in a two-dimensional domain. Deformation of the domain produces regions of localized failure
and areas of open water. The failure mechanisms modeled are ridging of first-year ice and
crushing between multiyear floes.
DISCUSSION OF THE MODEL
A particle simulation is a computer program that models the dynamics of a system
consisting of a large number of discrete particles. The shape, position, orientation, and velocity
of each particle are stored in arrays. At each time step the contact and body forces on each
particle are calculated and the particles are moved to new locations with new velocities that
depend on the current forces. A description of the general mechanical details of the simulation
technique, as applied to sea ice problems, is provided by Hopkins (1992).
The model ice pack shown in Figure 1 is composed of convex parcels of ice in a square,
periodic domain. The domain is periodic in that a parcel that leaves the domain through one
bound~ simultaneously. reenters the domain through the opposite boundary. Opposing
bound.anes are connected m the sense that parcels on one boundary interact with parcels on the
opposite boundary. Deformation of the domain is accomplished by imposing a uniform strain
field. This type of simulation technique was developed by Cundall and Strack (1979) to create a
mean deformation field in a material, without the use of solid boundaries that cause
inhomogeneities. Although the mean motion of the ice parcels is constrained, their velocities
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fluctuate in response to contact and body forces.
.
Comp~ess~ve interaction between parcels begins with elastic loading followed by plastic
fallure. Plastic fallur~ occurs t~rough crushing, if the thickness of both parcels is greater than the
aisumed threshold thickness h , or as pressure ridging, if the thickness of one parcel is less than
h . Crushing forces are proportional to compressive strength, while the ridge building force,
based on the results of pressure ridging simulations (Hopkins, 1994), is (in newtons per meter of
ridge width)

F

= h (928 V+ 26126)

(1)

where V is the volume of the ridged ice. Relative tangential motion between parcels in contact
gives rise to Coulombic frictional forces.
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STRAINS AND STRESSES
Three samples of the model ice pack were created containing 75% multiyear ice. The firstyear ice parcels were assigned thicknesses according to the initial distribution shown in Figure 2.
The parcels were chosen at random and assigned thicknesses beginning at the thin end of the
distribution. The thickest first-year parcel was about 1.6 m thick. The remainder of the initial
thickness distribution was distributed over the floes. Each sample was uniformly compressed in
three stages, reducing the area to 99%,98%, and 97% of the initial area. Compressing the samples
has the two-fold effect of reducing the areas of unridged thin ice and increasing the amount of
ridged ice at each ridging site. The effect on the initial thickness distribution is shown in Figure 2.
Each of the three samples, at each of the three stages of compression, were deformed
using a range of strain fields from one state of pure shear (e1 =-e2, e1 <0) through pure
convergence (e =e ) through the opposite state of pure shear (e1=-e2, e2<0). The strain fields
1 2
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e1

were created by varymg the principal strain rates
invariant

and

e2

while holding the strain rate

(2)

constant. Divergent states are not investigated because tensile forces are not modeled.
Each experiment was begun in a relaxed state with motion stopped and residual elastic
deformation removed. A uniform strain field was applied to the sample. Figure 3 shows the
increase in the principal stresses as a function of strain measured from the onset of deformation.
Initially, the stress level rises quickly as the elastic loading at each contact increases. The rate of
increase then decreases to a steady-state value as the number of contacts undergoing plastic
failure grows. A least squares fit of the data in the steady-state period, extrapolated back to the
y-axis, was used to estimate the values at the beginning of an experiment to eliminate the
effects of concentration changes that vary with the principal strain rates.
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Figure 4 - Plastic yield curves in principal
stress space. The three curves correspond to
the the three stages of compression. The short
lines on the largest curve indicate the strain
rate vectors.

A yield curve is a plot in stress space showing the state of stress in a material undergoing
plastic failure. A family of curves is shown in Figure 4. The data points are the average of the
values obtained with each of the three samples. The axes in the plot represent compressive
stresses. The short lines attached to the largest curve indicate the strain rate vector associated
with a given stress state. The growth of the yield curves shows the increasing strength of the
model pack due to the reduction in the area of unridged thin ice and the increase in the amount
of ridged ice at each ridging site. The slight asymmetry of the curves reflects some anisotropy in
the model pack. Other experiments which are not reported here examined the sensitivity of the
magnitude and shape of the yield curves to variations in the friction between ice parcels, the
elastic modulus of the ice, and the ridging threshold thickness.
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ICE THICKNESS REDISTRIBUTION
.50

The initial ice thickness distribution
shown in Figure 2 is changed by the
destruction of thin ice pushed into ridges
and by piling ice rubble on and under
intact floes and thin sheets. The destruction of thin ice is determined by calculating
the areas of overlap between ice parcels.
However, rubble piling is not explicitly
modeled.
Instead the changes to the
thickness distribution caused by rubble
piling are estimated from the results of
ridging simulations (Hopkins, in review).
The change in the ice thickness distribution
in the model pack under various deformation states is shown in Figure 5. The
amount of open water created is shown by
the delta functions in the small box. The
results are normalized by the magnitude of
the strain rate invariant e(2).
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Abstract
The sea ice model developed for simulating Arctic ice cover by Hibler is coupled with the
ocean general circulation model developed by Bryan and Cox and is used to examine the
seasonal ice cover over the Labrador Shelf as well as dynamic and thermodynamic roles of the
shelf water. The model covers the area between 40°N and 65°N, extends nearly to European
coast and has realistic bottom topography. The model is initialized with the fresh and cold shelf
water imbedded in the basin-scale field compiled by Levitus and then forced by observed
atmospheric data. Simulation is carried out for 6 months from December 1 of 1970 as a typical
example of the seasonal ice cover. Several case runs are carried out with uncertain parameters
varied within their possible ranges. The model solution is analyzed quantitatively for examining
contribution of each component in heat and salt balances.
General characters of the seasonal ice growth and decay are duplicated in the model: ice
grows over the shelf in the early part of the simulation and decays in the later part. However,
some discrepancies are observed, including the maximum ice cover about 20 days earlier in the
model than in the observation. The earlier start of ice decay is related to a rapid ice melting in
March, which is found to be eliminated only by increasing albedo for open water. This
modification is judged to be reasonable, because thin ice, which could reflect short-wave
radiation, is immediately crashed against thick ice in the present two-category ice model. Heat
flux to the shelf area due to advection of the warm offshore water is also responsible for the
excess of ice decay in spring.
1. Introduction

The Labrador Shelf is one of the lowest-latitude ice covered areas in the global ocean. The
ice cover exceeds 50°N southward in every winter and extends to nearly 46°N in some years.
Ice growth is induced by cold air and supported by strong salinity stratification in the shelf
water. Sea ice is transported by prevailing northwesterly winds as well as the Labrador Current
flowing southward over the shelf area. The ice cover retreats completely from the Shelf in
summer and fall. This seasonal evolution of the ice cover varies from year to year and is an
indicator of climate change. Offshore exertion of sea ice and fresh shelf water is considered to
be an important factor in deep water formation in the northern North Atlantic. Thus, this
coupled ice-ocean system should receive much attention in terms of prediction and
understanding of climate change.
The ice cover over the Labrador Shelf was studied using numerical models. Ikeda et al
(1988) applied Hibler's ice model to the Labrador Shelf, suggesting that sea ice is formed over
the northern shelf and advected southward, and the southern ice cover is controlled
the~odynamicall.y. Yao and Ikeda (1990) added a mixed-layer model to the ice model,
sh~wmg that vert~cal. hea~ flux associated with convective mixing actually suppresses ice growth.
l!smg a mo.del With t?eahzed geoi?etry (the straight continental shelf) and forcing (heat flux as a
hnear functiOn of honzontal coordmates) as well as limited circulation dynamics (cross-shelf
g~ostro~hy), Iked? (1991) poin~ed out that along-shelf currents and cross-shelf secondary
cuculat10~ could n~fluence the IC~ cover. Follo~ing these studies, we now need to investigate
seasonal Ice evolutiOn and oceamc processes usmg a full 3-D ocean model with realistic
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geometry and real atmospheric forcing; i.e, coupling Hibler ice model and Bryan-Cox ocean
model (Hibler and Bryan, 1987).
2. Coupled ice-ocean model
The ice model is essentially same as the dynamic and thermodynamic ice model developed
by Hibler (1979) and has been used in Ikeda et al (1988). Only one modification is to convert
the governing equations from rectilinear to spherical coordinates. This modification is necessary
for matching grid points between the ice model and the ocean model.
The ocean model is exactly identical to the general circulation model developed by Bryan
and Cox. The model domain is from 40°N to 65°N and extends from Canadian east coast to
nearly European coast with four closed boundaries. Realistic bottom topography is implemented.
The latitudinal grid scale is uniformly 0.25°, and the longitudinal grid scale varies from 0.25°
(west to 45°W) to 0.5° (east to 45°W). The vertical coordinates are descritized into 15 levels
(thicknesses of 30, 46, 67, 95, 128, 171, 222, 284, 7 x 356 in meter).
The model water is initialized for December with the global data compiled by Levitus: the
fall (Nov.-Jan.) salinity and the December temperature are used. Since Levitus data was
smoothed horizontally, the initial water is modified to be fresher and colder over the Labrador
Shelf (6 levels or less) by (1 °C, 2ppt), (0.75, 1.5), (0.5, 1) and (0.25, 0.5) for levels 1, 2, 3 and
4, respectively. All velocities are set zero, and no ice is given initially. The model is forced by
observed atmospheric data in the manner similar to that in Ikeda et al {1988). The winds are
geostrophic winds calculated from atmospheric pressure field measured at the sea surface every
6 hours. The thermodynamic forcing terms are short-wave radiation, long-wave radiation,
sensible heat and latent heat. Daily data (air temperature, humidity and cloudiness) are used for
the thermodynamic terms. Precipitation is fixed all over the domain.
Coupling between the ice model and the ocean model is designed with the idea that each
model retains its original form as much as possible. The procedure within one time step is as
follows: ice receives wind stresses, and its velocity is calculated following Hibler's rheology.
Here, ocean velocity is kept as the value one time step early. Stresses between ice and water is
then calculated. Heat flux from the atmosphere is included along with advection effects on ice
thickness and concentration, producing changes in ice volume. The changes are combined with
advection effects on water temperature and salinity, and the condition of a thermodynamical
equilibrium between ice and water is applied to: excess (shortage) of heat relative to the freezing
point is used to melt (form) ice. Fresh water or brine is given to the top ocean level
corresponding to melting or formation. The discrepancy in the time stepping between the ice
model (2-step forward difference) and the ocean model (3-step centered difference) is taken
into account here: effects of ice melting and formation is added to the ocean model at two (latest
and middle) time steps. Baroclinic and barotropic velocities are calculated before and after the
ocean tracer calculation, respectively, in the manner similar to the original ocean model.
3. Results
Simulation is carried out for 6 months from December 1 of 1970. This period is chosen
from the years with typical ice cover. Basic tests of the model are done first: (1) generation of
the basin-scale barotropic circulation and (2) thermodynamical coupling between the ice model
and the ocean model. The barotropic streamfunction reaches quasi-equilibrium in 20 days and
is shown for Day 20 from the initial state in Fig.1 along with the temperature structures at the
top level, where the shelf water is not modified initially, and no atmospheric forcing is given.
The horizontal density gradient in the eastern part interacts with the bottom topography,
producing the cyclonic barotropic circulation upto 3~ Sv along the Labrador S~elf. The
thermodynamic coupling is carefully checked by takmg heat and salt balances 2m the coupled
system with fixed atmospheric cooling (40/h; wm-2 through ice and 200 wm- through open
water, where h; is ice thickness).
.
.
.
After these basic tests are done, the reference case IS carried out next. The smaller domam
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along Labrador is chosen for close analyses of solutions. The bottom topography in this domain
is shown in Fig.2 along with the initial temperature and salinity. The front set by the
modification ofT and S is clearly indicated over the shelf break. The solution at Day 90
(March 1) is shown in Fig.3, representing the ice cover and the ocean current field consistent
with the general features over the Labrador Shelf: the ice cover is constrained over the shelf, and
the ocean current flows along the Labrador shelf break. The temperature field at Day 90 in
Fig.4 demonstrates seasonal cooling, which has reduced the top level T to the freezing point and
penetrated downward through convection to the second and the third levels over the southern
and the northern shelf, respectively.
The ice cover is integrated south of 54.5°N to represent the time evolution over the southern
shelf. The model results are compared with the observations, whose ice types are combined into
thin ice and thick ice. In Fig.5 are shown the observed ice cover and the ice volume, which is
the sum of thin ice (thickness averaged to be 0.1 m) and thick ice (1 m). The quantities shown
from the model are the area with presence of ice (integrated over all grids at the freezing point)
and the ice volume. The integral of the concentration is not taken as the ice area here, because
the concentration corresponds to the thick ice in the present two-category ice model, in which
thin ice is crashed to thick ice within one time step. The model values are comparable with the
observations for both magnitudes and evolution.
Although the overall evolution is well duplicated in the model, some discrepancies are seen.
The peak of the ice present area occurs around Day 70 in the model, while the maximum ice
area was observed around Day 90. The most clear discrepancy is rapid ice melt in March: the
ice present area reduces by a factor of 114 from Day 90 to 120. The parameter expected to be
important is short-wave radiation, which should be mostly reflected once ice is present, whereas
it is absorbed through open water. Since the ice covered area is biased in the present model, we
examine the effects of albedo, which is increased from 0.1 to 0.75 for open water (case A). The
evolution shown in Fig.5 experiences much slower melting, demonstrating importance of this
parameter.
Several case runs are carried out with the other uncertain parameters varied within their
possible ranges. Sensitivities are examined for
case B: minimum ice thickness is reduced from 0.5 m to 0.2 m
case C: precipitation is increased from 0 to 4 X w-s m s-1
case D: atmospheric boundary layer model to determine air temperature is simplified from
Venkatrum with the seaward warming scale dependent on an air-sea temperature difference to
the fixed scale (200 km e-folding) model
case E: initial salinity is changed from fall data to winter data
None of these cases shows an effective change in the rapid ice melting in March.
A heat balance can indicate important processes occuring in the coupled system during ice
formation and melting. The balance is discussed without figures here for the average between
Day 60 and 90 as an example. A major balance offshore of the shelf break is between
atmospheric cooling and vertical flux due to convection. Ice forms near the coast and melts
offshore. Heat advection, including both horizontal and vertical, is important for ice melting
over the shelf break. The salt balance also suggests that the advection effects increases salinity
over the shelf break.
4. Conclusion
J?le. c~up~e~ ice-o~ean model is capable of simulating the ice cover over the Labrador Shelf,
?nee It IS mihahzed With the global T and S data modified to the shelf water. Sea ice formation
IS suppr~ssed offshore of th~ ~helf br~~ b~ convective mixing, while ice can grow over the
shelf ~emg supp~rted by sahmty stratificatiOn. Cross-shelf exchange associated with water
advection seems Imp?rtant for i.ce m.elting? in particu.Iar over the ~helf break. The shortcoming
of the two-category Ice model IS evident m the meltmg season with excess of short -wave
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radiation absorbed through open water.
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A Study on the Relation between the Sea-Ice Extent in the
Arctic and Runoff into the Arctic Ocean
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ABSTRACT
This study investigates the relation between the arctic sea-ice extent and the amount
of runoff into the Arctic Ocean. The data used in this study are SIGRJD data for the
sea ice compiled by satellite observations and GRDC dataset for runoff into the Arctic
Ocean. Correlation coefficients are computed for the monthly runoff from Lena, Yenisei,
and Ob rivers and the monthly mean sea-ice coverage within the discharge areas from
these rivers. Although the Arctic Ocean is covered by sea ice during the most of the year,
the sea ice begins to melt in June and freeze in October. The open water is maximized
in September.
The result of the correlation analysis shows that the area of the open water in September is highly correlated with the amount of the runoff from the rivers into the Arctic
Ocean. Namely, the sea ice melt more when more fresh and warm water flows into the
Arctic Ocean by the runoff from the rivers. This correlation is especially evident in Lena
and Ob rivers and their discharge areas.
Generally speaking, the fresh water supply by the runoff is anticipated to promote
freezing the Arctic Ocean during the cooling season. According to our results of the
correlation analysis, this speculation is not supported. It is suggested by our analysis
that the runoff from Lena, Yenisei, and Ob rivers supplies considerable amount of heat
into the Arctic Ocean, causing the interannual variation of the Arctic sea-ice extent during
the summer.
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DEVELOPMENT OF SEASONAL ICE COVER IN THE BEAUFORT SEA:
A VIEW FROM BELOW
Humfrey Melling
Institute of Ocean Sciences
PO Box 6000, Sidney, B.C., Canada, V8L 4B2

An ice-profiling sonar deployed in the Beaufort Sea has provided an intriguing record of the
evolution of first-year pack ice through an arctic winter. Almost 1 million observations ofice
draft were acquired over 1000 km of survey track during a 6-month deployment. Initial
freezing of the sea surface occurred on October 15; level ice formed at this time had thickened
to about 2 m by mid-April. Level ice of lesser draft was observed during subsequent months,
but only at specific modes whose origin was traceable to storm-driven openings of the existing
ice cover in late November, late December and late February. The initial rate of ice growth did
not exceed 5 cm/d, a value substantially less than estimates based on the surface-energy
balance.

The effect of regional spatial gradients in the ice cover were evident in the record; a dramatic
thinning of the ice at the mooring was seen in mid-January when ice formed recently in the
nearby flaw lead (the mooring was only 60 km from shore) drifted over the site. An
exponential distribution in the draft of deformed ice was observed by mid-winter, but it
developed gradually over a period of about 2 months; thick ice categories in the immature ice
field were significantly under-populated. The average draft of the pack ice at any time was
about 1.5 times that of the original level-ice mode. The rate of ice production inshore of the
mooring has been estimated by integrating the product of ice thickness and the cross-shelf
component of ice dtift. ERS-1 SAR is effective in distinguishing young ice forms, but
comparison with subsea ice profiles shows it to be unreliable for the detection of the significant
component of the ice volume incorporated into ridges.
J. Geophys. Res. (in press)
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MEASUREMENT, ANALYSIS AND PARAMETERIZATION
OF MELT POND ALBEDO
M.P. Morassutti and E.F. LeDrew
Earth-Observations Laboratory, Institute for Space and Terrestrial Science
University of Waterloo, Waterloo, Ontario, Canada, N2L 3Gl

1. INTRODUCTION
When sea ice in the Arctic commences its decay in May and June, melt ponds form,
covering significant expanses of the sea ice surface. Increased areal coverage of melt ponds reduces
the overall sea ice albedo and allows for an intensification of solar absorption at the surface. The
well-known definition of the ice albedo feedback states that a reduction in surface albedo raises
surface temperatures and accentuates melt, with the net effect being an areal regression of the
cryosphere. Realization of this climatically-important feedback necessitates sound knowledge of
melt pond formation and properties, including its associated effects on the total reflective power of
sea ice, and therefore on both its thermodynamic and hydrologic regimes.
Unfortunately, hydrological processes on sea ice are still inadequately understood. Over
recent years, however, there has emerged an increasing interest in the hydrology of sea ice.
Knowledge of sea ice hydrology (in connection with radiative processes) is important because both
ice properties and snowmelt dictate the extent and occurrence of surface water and, therefore, melt
pond formation. Even though information on sea ice albedo and the areal coverage of melt ponds
are readily available to the cryoclimatologists, data on individual melt pond reflectances and depths
are still quite deficient. There have been relatively few published measurements of the spectral
reflectance of single melt ponds and even a lesser number of pond depth measurements (cf.
Chukanin, 1954; Grenfell and Maykut, 1977; Grenfell and Perovich, 1984; Perovich, 1994). The
paucity of these data suggests the need for further study. In this light, a research project was
undertaken in which the spectral reflectances, depths and other physical properties of individual
melt ponds were measured on Arctic sea ice.

2. FIELD PROGRAM AND METHODOLOGY
This study is one part of the Seasonal Sea Ice Monitoring and Modelling Site (SIMMS) field
experiment which, since 1990, has worked out of various sites within the Lancaster Sound/Barrow
Strait region, Northwest Territories, Canada. During the SIMMS 1994 field season an investigation
of melt ponds was undertaken, having three aims: a) to analyze and assess measured spectral
reflectances of individual melt ponds in connection with concomitant pond properties and
atmospheric conditions; b) to investigate the statistical nature of melt pond depth data; and c) to
derive a series of empirical functions which relate melt pond band albedo to pond depth for the
purposes of implementation in sea ice model simulations.
The study period was one month (27 May to 26 June). This time frame was selected in the
hope of following the commencement of melt pond formation through to the mature melt pond
stage. Measurements were performed on three sea ice surface types: landfast ice, first-year ice ~d
multi-year ice (respectively hereafter LFI, FYI and MYI). LFI measurements v:ere ~ade o? 1c~
affixed to the northeastern shore of Sornerville Island (approx. 74oN 96oW). Ice m this location IS
extremely rough, characterized by large broken ice ~labs an~ bits of rubble. Melt ponds in ~he midst
of this ice type were regularly very dirty (from aeohan debn~ blown off~coast). Two F~ sites ~e~e
also selected for pond measurement (on black and whit~ I~~). Ice ~hicknesses remamed w1thm
2.o±0.1 m at both sites for the entire month and, before a s1gmf1cant ramfall event on 20 June, snow
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depths ranged from 10 to 30 cm. Both ice surfaces had relatively flat topographies. Measurements
were also made over a rather small MYI floe (diameter"" 750 m). Ice thicknesses ranged from about
2.5 to 6.0 m. Topographical variations on the floe were pronounced. Hummock sizes ranged from
around 1 m to more than 2 m. From the beginning of the study period up until mid-June the floe had
a very deep snowpack (30 to up to 90 cm). Later, the snowpack ablated to a hard crust of less than 5
cm by the end of June.
Reflectance measurements were made with the ASD Portable Personal Spectrometer II. The
ASD uses a silicon photo-diode detector and a fibre optic cable to estimate the magnitude of "light"
within the spectral range 341.5-1066.3 nm. The ASD is also equipped with a detachable palmtop
computer. This is connected on top of the spectrometer housing and permits for real-time display of
reflectance curves. The device is also outfitted with a carrying case that can be easily strapped to
the waist. This feature, and the portability of the ASD, with the protection of rubber waiters, plus a
little dexterity, made it possible to enter into, and traverse through, rather expansive and deep melt
ponds. After each sampling, other parameters were recorded into a log book (e.g. ice type, pond
depth, pond colour, underlying pond texture, aeolian debris, ice layers, surrounding surface
conditions, solar disk obscuration, cloud cover).

3. MELT POND BAND ALBEDO
Our research is showing that different parts of the pond reflectance spectrum vary
significantly depending on factors other than ice type. Reflectance spectra, measured within the
range of 400-1000 nm, were subdivided and averaged into six bands of 100 nm (e.g. blue, green,
red, near-infrared bands). Grouping band values according to a specified surface or atmospheric
condition has provided some useful information. A few of these results are given below in Table 1.
Table 1- Band albedos for selected surface and solar conditions.

-------------------------------------------------------------------------------------------------------------------------Green - band 2
Red- band 3
NIR- band4
Surface/Solar Condition

[500-600 nm}

[600-700 nmJ

[700-800 nm]

FYI
LFI

0.34
0.43

0.24
0.28

0.11

yes
no

0.49

0.33
0.25

0.13
0.08

0.09
0.07

------------------------------------------------------------------------------------------------------------------•Ice type
MYI
0.45
0.25
0.06
• Ice layer

•Textme
•Solar disk

0.42

0.09

rough
smooth

0.41

0.26

0.48

0.27

full
occluded

0.45

026

0.08

0.54

0.38

0~18

----------------------------------------------------------------------------------------------------------These preliminary re~ults show that the presence o~ an ice layer at the top of a pond increases its
reflectance by approxrmately 6-8%; a rough underlymg pond texture will have a lower albedo in the
green b~~ than that of a smooth pond bo~tom; and a solar disk partially or totally occluded by a
cloud wtll mcrease pon~ al~edo ~y approxtmate!y 10%. Overall, pond albedo is highest in the blue
band (4~0-500 nm\ while 1t raJ?td1y decreases m the green and red bands, and it finally becomes
lowest m the near-mfrared regwn. Our main observation on the spectral nature of melt ponds
follows that ofMaykut (1986, p. 406):
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"Because water in the ponds is relatively transparent at shorter wavelengths, values below 500
nm are determined primarily by the scattering properties of the underlying ice. The transition
zone (500-800 nm) represents a region where aA. becomes increasingly insensitive to the
underlying ice as absorption by the water becomes the dominant factor. Above 800 nm
absorption by the water is so large that aA.is determined only by Fresnel reflection from the pond
surface. Thus most of the albedo difference between individual ponds occurs in the visible
where it is readily apparent to the naked eye."

4. MELT POND DEPTH
With more than 500 measurements of melt pond depths, a statistical analysis of pond depths
on Arctic sea ice is for the first time possible. Only a brief synopsis is given below.
Table 2 lists the corresponding univariate statistics for frequency depth distributions of
MYI, FYI and LFI illustrated in Figure 1. The MYI mean is large because ponds which are not
permitted to drain by the end of the melt period are refrozen repeatedly over subsequent years. At
each successive spring-summer season, temperatures increase and thereby re-melt the perennially
frozen ponds. This process, plus the meltwater which is channeled to ponds from the current year's
snowpack depletion, adds to, and sustains deep ponds. The formation of a smoothly-shaped, largehummocked topography over the years (as was observed on the quite old MYI floe in this study),
allows for more efficient routing of meltwater through the hummock matrix, and is, to a great
extent, conducive to maintaining deep ponds on an already very thick ice-pack.
Table 2- Univariate statistics for melt pond depths (27 May to 26 June, 1994).

Parameter

FYI

LFI

MYI

Mean

13.0
8.0
0.58
-0.32

31.0
19.6
0.55
-0.42

27.4
12.6
0.91
0.77

STDV
Skewness
Kurtosis

MULTI-YEAR ICE so

n=220

HRST-YEAR

LANDFAST

n=88

n=196

40

30

25

20

15

25
20

20

10
15

10

10
5
100

Figure 1- Frequency distributions of pond depths (x-axes, in 5 cm classes) for three sea ice types.

LFI has the largest mean value of pond depth. This can ~e expla~ned by three factors.
Firstly, ice rafted against the coast creates ice ridges and rubble fields wh~ch run parall~l. to the
shoreline. A greater and sharply-edged topography results hen~e producmg lar~e cavities !or
potential meltwater storage. Secondly, its very rough topography will be more effective at ~ap~unng
wind-blown snow. It should be recalled that snow accumulation in the Arctic results pnncipally
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from wind-drifted snow rather than from snowfall events. More snow along the coastline will
accumulate between rafted ice and rubble where they will act as large meltwater reservoirs before
the snow melts. Thirdly, the necessary consequence of LFI formation is the development of ice
cracks. These cracks act as conduits for seawater flooding and contribute greatly to pond depth on
LFI. These features, coupled with the effects of a refluxing tide, also produced narrow and
ephemeral stream channels which flowed over the ice pack.
The mean pond depth on FYI is the smallest for two reasons. Firstly, snow depths at the FYI
sites were observed to be lower than those at the MYI and LFI sites. Less snow means lower
amounts of meltwater available to accumulate in ponds. Secondly, the topography of the FYI sites
is relatively flat. An effective Oo slope does not permit for the efficient routing and ponding of
meltwater. FYI melts inter-annually and is unable to evolve into a rough or hummocky topography
as is characteristic of LFI and MYI surfaces.
Measures of dispersion for the three populations show that they are heteroscedastic.
V ariances in Table 2 for LFI, MYI and FYI are respectively large, intermediate and small. This
observation can be related directly to the topographical nature of the ice types. Values of kurtosis in
Table 1 and a look at Figure 1 indicates that MYI and FYI depths are leptokurtic whereas LFI
values are mesokurtic. Positive skews for all three distributions are also observed, showing that the
majority of depths measured fall below approximately 30 cm.
A visual examination of the frequency distributions of depth indicate that pond depths over
each of the three surface types apparently exhibit their own distinctive features. The computation of
the nonparametric Kruskal-Wallis H statistic is used to determine if the differences between the
three sample populations are indeed statistically significant. Application of this test gives
H=91.963, which is much greater than its critical value (16.17) at the 0.001 significance level.
Therefore, for our data, the differences between the sample populations are representative of real
depth differences between each of the ice types.
5. PARAMETERIZATION DEVELOPMENT
To assist sea ice modellers in the simulation of melt pond processes, a series of decaying
functions were regressed in the form ap = b + exp( -c h - d), where ap_ is the band albedo, hp is the
depth of the melt pond (cm), and b, c and d are calibration coefficients. This model form was
chosen because pond albedo decreases exponentially with depth, particularly in the near-infrared.
Table 3 shows some preliminary results of our regression analysis.
Table 3- Empirical regression coefficients for~= b + exp(-c hP- d) (clear sky conditions).

-----------------------------------------------------------------------------------------------------------------------------------Visible
(400-700 nm)

Ice Type

Near-infrared
(700-1000 nm)

b

c

d

0.231
0.342

0.412
0.105

1.085
-0J)42
0.983

------------------------------------------------b
c
d

-----------------------------------------------------------------------------------------------------------------------------------LFI
0.336
0.202
FYI
MYI

0.037
0.042
0.020

0.209
0.405
0.142

0.972
0.395
0.952

-----------------------------------------------------------------------------------------------------------------------------------------. Ou~ investigat~on is showing that pond albedo can be better approximated and characterized
by cahbratmg re&res_s~on parameters for various surface and solar conditions. We are finding that
parameters vary sigmfi~antly not OJ?-lY by ice type (i.e. FYI, MYI, LFI), but also by the specification
of th~ degree of so~ar disk obscuratwn (f~om clouds), pond colour, underlying pond texture, aeolian
debns and frozen Ice layers. More detailed results of this analysis are to appear in an upcoming
paper.
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6. APPLICATIONS OF MELT POND DATA
The results of this ongoing investigation will hopefully provide a greater understanding of
the role that melt ponds play in the Arctic climate system. The insights garnered here on the
interrelationships between the albedo, depth and physical properties of melt ponds can be employed
in future studies. Some of these studies would include: a) the derivation of a theoretically-based
radiative-hydrological melt pond model; b) the development of realistic formulations of melt pond
processes for implementation in thermodynamic seaice models (cf. Ebert and Curry, 1993); c) the
refinement of computationally-efficient, empirical parameterizations for use in sea ice modules of
global climate models; and d) the construction and validation of satellite retrieval algorithms for the
marine cryosphere.

Acknowledgments. This work was supported by a grant from the Natural Sciences and Engineering Research Council
(NSERC) of Canada to Prof. Ellsworth LeDrew and by an Institute for Space and Terrestrial Science (ISTS) grant from
the Centre of Excellence Program of the Province of Ontario. The staff and logistical support of the Polar Continental
Shelf Project (PCSP) and the Earth-Observations Laboratory (EOL), University of Waterloo are greatly appreciated.

REFERENCES
Chukanin, K. 1., 1954: Aerometeorology, In: Observational Data of the Scientific-Research Drifting
Station of 1950-1951, v. ITI, American Meteorological Society, NTIS Document AD117139
(trans. E. R. Hope).
Ebert, E. E. and Curry, J. A., 1993: An intermediate one-dimensional thermodynamic sea ice model
for investigating ice-atmosphere interactions, J. Geophys. Res., 98, 10085-10019.
Grenfell, T. C. and Maykut, G. A., 1977: The optical properties of ice and snow in the Arctic Basin,
J. Glacial., 18, 445-464.
Grenfell, T. C. and Perovich, D. K., 1984: Spectral albedos of sea ice and incident solar irradiance
in the Southern Beaufort Sea, J. Geophys. Res., 89, 3573-3580.
Maykut, G. A., 1986: The surface heat and mass balance, In: The Geophysics of Sea Ice, (N.
Untersteiner, ed.), pp. 395-463, NATO ASI Series, Series B: Physics, v. 146, Plenum Press.
Perovich, D.K., 1994: Light reflection from sea ice during the onset of melt, J. Geophys. Res., 99,
3351-3359.

316

CHARACTERISTICS OF SURFACE ENERGY PARTITIONING OVER SNOWCOVERED FIRST-YEAR SEA ICE IN THE CANADIAN ARCTIC ARCHIPELAGO
DURING THE SPRING TRANSITION
T.N. Papakyriakou and E.F. LeDrew
Earth-Observations Laboratory, Institute for Space and Terrestrial Science
University of Waterloo, Ontario, Canada, N2L 3Gl

1. INTRODUCTION
Regardless of the fact that virtually all surface/atmosphere interactions over sea ice occur on
and within the snow volume, the effect of snow over sea ice on the partitioning of available energy is
poorly understood, and consequently not well represented in sea ice models. Our understanding of the
manner in which the terms of the radiation and energy balances are linked to surface characteristics and
atmospheric state is improving however, and will continue to improve through in-situ and remotely
sensed observation. Previous research has highlighted links in the snow volume between energy
flow, physical properties and the interaction of electromagnetic radiation in bands conducive to remote
sensing (Barber et al., 1994a,b). Here, we continue this line of investigation, this time focusing on
relationships among the physical properties of the snow volume, aspects of the ambient climate, and
the surface energy balance of snow over first-year sea ice. The object of this paper is to introduce
characteristics of the surface energy balance of snow-covered first-year sea ice (FYI) during the spring
transition of the Canadian Arctic and to identify features of both the ambient atmosphere and the
surface snow/ice volume which strongly influence the net available energy at the surface.

2. METHODOLOGY
The data used in this study were measured between 28-April and 26-June, 1992 and 4-May
and 21-June, 1993 at micrometeorological stations (74° 38' N. Lat., 94° 59' W. Long.) as part of the
Seasonal Sea Ice Monitoring and Modeling Site (SIMMS; LeDrew and Barber, 1994) near Resolute
Passage, NWT, Canada (Papakyriakou, 1992; 1993).
In absence of advective heating, the net (all-wave) radiation Q* is a measure of available energy
at the snow surface. Energy at the surface is partitioned following:

[1]
where QH, QE, Q0, Qw Qabs• and 12 represent the turbulent sensible and latent heat flux, conductive heat
flux at the snow surface, and solar radiation absorbed within the snow pack and that transmitted
beyond the snow volume,_ respe~tively. E~ergy gains to the surface are considered positive. Qabs' and
12 represent energy not Immediately avrulable to the surface, hence are considered energy sinks.
Hourly QH val~es were computed by application of the flux-profile technique (Arya, 1988) using
profile da~a of~ temperature and wind velocity. Q0 was derived using the heat conduction equation
for one-dimensiOnal heat flow, and Qabs was computed following Warren and Brandt (1993). In the
comput_ation, incident solar radiation was partitioning into nine spectral bands between 0.4 and 2.4 f.Lm
for w~ch the snow sp~ctral albedo and spectral extinction coefficient were explicitly modeled
followmg Warren and Wiscombe (1980). QM was estimated using measured snow ablation rates and
QE was computed as the residual in [1].
,
The period enc~mpassed by the S~S spring measurement programs incorporates Jacobs et
al ~ (19~5) seasonal e1:n~odes: pre-m~lt: meltmg s~ow, pu?dl~ form~tion, and thaw hole development.
This not1~n of ~at~g~nzmg stages Within the ablatiOn penod IS carried over into this study· however
the g~oupmg cntena IS based on observed similariti~s with respect to the energy terms Q* ~d Q and
0
the rur temperature and not the surface morphological state. These variables were analyzed using
a
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cluster analysis (Johnson and Wichem, 1982) to delineate four categories: Early, Transition A,
Tran~ition B and A?vanced spring. conditions w~thin each year's spring data set. Four categories are
considered appropnate based on visual observatiOns of temperature and energy flux time series. The
timing and duration of each period vary between years. During these four stages, the snow physical
properties and energy fluxes in [1] are similar and result in the most part from similarities in
atmospheric state (cloud coverage, air mass trajectory, etc.). The relationship between Q* and (a) its
constituent fluxes [ 1] and (b) indices of the ambient climate and the surface morphological state are
examined using a multiple regression analysis for the combined 1992-93 data set. In each instatJ.ce, Q*
was use~ as the dependent variable and either the flux terms [1] or environmental parameters (Table 1)
are predictors.

3. RESULTS AND DISCUSSION
The local average of Q* experiences a monotonic increase as the season progresses from winter
to summer (Figure 1). Early in the season, Q* is typically negative owing to the combination of low
solar elevation, high surface albedo and large surface infrared losses. Later in the season Q* is larger,
a consequence of: the approaching summer solstice, lower surface albedo and smaller infrared losses.
Large inter-annual differences exist between the 1992 and 1993 record with respect to the timing of the
exponential increase in Q* associated with observed surface melt. Observed surface melt occurs nearly
two weeks later in 1993 than in 1992.
The partitioning of available energy (Figure 2) within each of the seasonal categories varies
over the spring period. During the early spring, conductive heating from energy originating at the
ice/ocean interface partially offsets radiative losses to the atmosphere. The magnitude of conductive
heating at the surface decreases as the season progresses at which time the effect of turbulent and solar
radiative heating on the snow and ice volume increases. The form of energy partitioning is similar
throughout the four stages during the 1993 spring (not shown), however, the magnitude of the fluxes
are shown to differ. The spring of 1993 was warmer (average air temperature is -4.0° C in 1993, and
-9.3° C in 1992) and received less snow than that of 1992 (snow depth ranged between 0 and 33 cm in
1993, and 8 to 54 cm in 1992).
All constituent fluxes of Q* explain a significant proportion (95% level of confidence) of the
observed variability in Q* using the combined 1992-93 spring data set. Q* appears strongly coupled
to the atmosphere with Qabs' Iz, and QH combining to explain most of the variation in Q* (Figure 3).
The two volume terms Qco' and QM explain only a modest proportion of the variability in Q*. With
respect to environmental parameters, those parameters describing atmospheric state (down-welling
infrared, Ld, Monin-Obukhov stability parameter, z!L, and wind azimuth, Azim.) play a major role in
influencing Q* (Figure 4). This should not be entirely unexpected since Ld is used as a proxy
indicator of sky condition (cloud coverage and height), atmospheric stability affects the turbulent heat
exchange and wind azimuth indicates the general airmass trajectory. Variations in Q* appear most
strongly related to variations in Ld. Conspicuous in the figure is the lack of influence imparted by air
temperature and snow density, and the small influence of surface albedo on Q*. The parameters,
snow depth, albedo, and salinity at the snow base were the only characteristics of the snow volume
which explained a portion of the variation in Q*, of which snow depth appears the most significant.
The environmental parameters which affect Q*, and the degree of influence varies between years, and
within any of the four seasonal episodes.

4. SUMMARY AND CONCLUSIONS

Down-welling infrared radiation (a proxy for cloud coverage) and atmospheric stability are two
atmospheric parameters which explain a large proportion of the variation i~ Q*. Chan~es in the snow
depth and the snow base salinity appear the most significant surface attributes affectmg Q*. These
aspects of the surface and atmosphere appear most important in influen~i~g the timin~ ~nd duration of
Jacobs et al's (1979) morphological classification. In ligh~ o~ this prehmmary wo~k It IS necessary to
continue efforts: (a) to relate these variables/parameters to md1ces of the surface V.:htch may be acqmred
through remote sensing so they may ~e mo~itored. at various temporal and spatial scales, and (b) to
improve the representation of these vanables m sea 1ce models.
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Table 1 - Environmental parameters considered as predictor variables for Q* in
multivariate analysis.

Variable
Down-Welling Infrared
Air Temperature
Wind Velocity
Albedo
Boundary Layer Stability
Wind Direction
Snow Depth
Size of Hoar Layer
Salinity at Snow Base
Density at Snow Base
Salinity of the Snow Interior
Density of the Snow Interior
Salinity at the Snow Surface
Density at the Snow Surface
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Figure 1- Daily average net radiation, Q*, as measured over first-year sea ice during

SIMMS'92 and SIMMS'93.
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The Interaction of Solar Radiation with Summer Sea Ice

Donald K. Perovich and Waiter B. Tucker Ill
USA Cold Regions Research and Engineering Laboratory
72 LymeRoad
Hanover NH 03755 USA
Phone: 603-646-4255 Fax 603-646-4644
Internet: perovich@hanover-crrel.army.mil

INTRODUCTION
Understanding the interaction of solar radiation with the ice cover is critical in determining the
heat and mass balance of the Arctic ice pack and in assessing potential impacts due to climate change.
Of particular concern is the ice-albedo feedback mechanism, where the positive feedback between ice
conditions and albedo may help to amplifY small changes in climatic forcing. During the onset of
summer melt the sea ice cover undergoes profound changes in its physical, and therefore optica~
properties. As the incident solar radiation increases and air temperatures warm, the ice cover evolves
from a highly reflective snow-covered medium to a darker combination ofbare ice, melt ponds and
leads. The importance of solar radiation in this process has long been recognized (Zubov, 1943;
Untersteiner, 1961; Maykut and Untersteiner, 1971). Summer ice melt is controlled by the albedo,
which in turn decreases as the melt season progresses, creating a positive feedback. While the existence
and significance of the ice-albedo feedback are known, a better quantitative understanding of the
processes and mechanisms is needed.
The 1994 Summer United States/Canada Arctic Ocean Section (AOS) afforded an opportunity
to investigate these processes. The AOS was a ship transect across the Arctic Basin involving the
CCGS Louis St. Larent USCGC Polar Sea. The route was from the Bering Sea north to the pole and
south to the Fram Strait. During this cruise we made a series of measurements investigating the optical
and physical properties of the sea ice cover. The cruise duration was from 25 July to 6 September,
encompassing the height of the summer melt season and the onset of fall freeze-up. The focus of our
work was on investigating the temporal and spatial variability of ice conditions and albedos (Grenfel and
Maykut, 1977; Perovich, 1991 ). Surface based measurements of albedos and ice physical properties
were made of the wide range of ice types encountered during the cruise. In addition, helicopter surveys
flights, with photographs and video, were made to relate the surface-based measurements to large-scale
conditions. These airborne surveys were used to generate estimates of ice concentration, pond fraction,
and areal albedo.
MEASUREMENT PROGRAM
Our investigations of the temporal and spatial variability of ice conditions and albedos were
conducted on a local scale through surface-based observations at individual floes and on a regional scale
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through aerial reconnaissance. We were able to make optical and physical properties observations at
over forty sites during the course of the transect. These sites encompassed a representative sampling of
ice types including snow-covered ice, bare ice, melt ponds, refrozen melt ponds, and open water.
The optical observations included measurements of spectral and wavelength-integrated albedos.
Spectral albedos were measured using a Spectron Engineering SE590 spectroradiometer (Perovich,
1991, 1994). The spectroradiometer uses a diffraction grating with a silicon photodiode array to
measure simultaneously light at 200 wavelengths between 400 nm and 1000 nm. A full set of incident
and reflected scans typically takes less than one minute to complete. A cosine collector is mounted on
the detector to measure irradiance. Wavelength-integrated albedos, from 300 nm to 3000 run, were
measured using a pair ofKipp radiometers; one looking upward to measure the incident irradiance and
one looking downward for the reflected.
To supplement the optical measurements a complete set of physical properties measurements
was made characterizing the ice surface conditions and internal structure at each site. The ice properties
measurements included a description of the surface conditions and vertical profiles of temperature,
salinity, brine and air volume, and crystal structure (Tucker et al., 1987). In addition, thin section
photographs were made for later analysis to determine the size distribution of air and brine inclusions. If
a snow cover was present, it was characterized in terms of its depth, grain size, density, and
stratigraphy. Particular attention was paid to measuring the snow grain size because of its importance
to albedo (Warren, 1982).
An important component of our program was placing the local-scale measurements into a
broader regional-scale context. This was done by making a series ofhelicopter surveys, in a grid
pattern roughly 50 km on a side. These surveys were oriented towards determining ice concentration
and melt pond fraction, and size distributions for ice floes and melt ponds: Ice conditions were mapped
using video and photographic cameras mounted on the helicopter. The photographs were analyzed
using image processing techniques on a personal computer (Maykut et al., 1985; Perovich and Hirai,
1988; Eicken, 1993).

RESULTS
To illustrate the results of this study we will examine selected data from a local site and the
helicopter surveys. Figure 1 summarizes albedo measurements for five ice types found on a single floe
within a few hundred meters of one another. The measurements were made on 5 August at 80° 00' N,
2
174° 17' W. The sky was completely overcast and the incident irradiance was roughly 100 W m· . The
ice concentration in the area was 80-90% and was primarily first-year ice. The measurements were
made on 1. 7 m second-year floe located within a first-year ice matrix. The floe surface was covered
with slightly wet coarse-grained snow or deteriorated ice. Melt ponds and drainage channels covered
about 15- 20% of the ice surface. Some shallow ponds had a 1- 2 cm skim of ice on the surface.
Wavelength-integrated albedos ranged from 0.09 for a deep melt pond with a rotten bottom to
0.64 for ice with a granular surface layer. Spectral albedos for the granular surface were near 0.8, and
were fairly constant, at visible wavelengths giving the surface a whitish appearance. ~e ~o the
presence of contaminants, albedos were smaller for the discolored ice. Al~edos "":ere significantly
smaller for the melt ponds and had a noticeable wavelength dependence With maXIIDum values near 500
nm giving them a bluish appearance.
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Figure l. Spectral albedos measured on a single floe on 5 August at 80"N.
Though the ice cover was a variegated mixture of many different ice types, as a first step we
assmned that was composed of three components: bare or snow-covered ice, ponded ice, and leads.
We analyzed aerial photographs taken at 74"N, 78'N, and 88"N to determine the relative areas of these
components. The results summarized in Table 1 show a steady decrease from 0.19 to 0.02 in the pond
fraction as the ship moved northward. At 88~ only 2% ofthe area was covered by open ponds,
though there were many frozen ponds evident in the photographs. We used a two-stream radiative
transfer model (Perovich, 1990) to estimate for each of the three components how the incident solar
radiation was distnlmted between reflection (albedo), absorption in the ice or in the top few meters of a
lead, and transmission to the underlying water column. Because leads and melt ponds have small
albedos, significantly more energy is input to the ice cover by them than by a similar sized area ofbare
ice. To get an areally averaged estimate of the distribution of the solar radiation, the values for the
individual components were weighted by their relative area and combined. Absorption in the ice and
transmission to the water column decreased moving northward and the pond fraction and the ammmt of
open water decreased. The presence of a 2 cm thin layer of new snow at 88'N increased the albedo to
0. 76, reducing the input of solar radiation to the ice cover.
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Table 1. Fractional area of ice. ponds and leads and calculated estimates of area-averaged albedo,
absorption. and transmittance.
Fractional area
Area-averaged
Date
Ice
Position
Ponds
Leads
Albedo
Abso tion Transmittance
74N, 170W
29July
0.71
0.19
0.11
0.37
0.065
0.57
0.81
3 August 78 N, 177 W
0.10
0.09
0.61
0.33
0.057
0.93
0.02
19 August 88N, 142W
0.05
0.76
0.21
0.024

CONCLUSIONS AND FUTURE WORK
The observations showed that there was a general increase in albedos heading northward as the
pond fraction decreased and the amount of snow-covered ice increased. Large amounts of melt ponds
and sediment laden ice were observed in the early (southern) part of cruise. These regions had
significantly lower albedos than clean bare ice or snow-covered ice. Significant variability was evident
in melt pond albedos. We believe that this variability was due to differences in pond depth, levels of
sediment and biogenic material, and the physical properties of the underlying ice. In general deeper
ponds were bluer in appearance, while ponds with biogenic material had a greenish hue. Albedos were
increased sharply by the presence of even a few centimeters of new snow. This suggests that the first
snowfall of autumn is a significant thermodynamic event, causing a sharp increase in albedo and
corresponding decrease in solar input to the ice cover. Results obtained by combining helicopter surveys
with a simple radiative transfer model indicated that the the solar input to the ice cover was strongly
influenced by the fractional area ofleads and ponds.
We plan to continue our analysis of the aerial photographs to determine large-scale ice
conditions and estimate the regional input of solar radiation. We hope to relate results from the
helicopter surveys to satellite remote sensing products from visible and infrared (AVHRR, SPOT) and
in microwave (SSMI, SAR) sensors. Further field and theoretical studies are needed investigating the
distribution of solar radiation between reflection, absorption, and transmission for different ice types.
Modeling and observational investigations examining the impact of pond depth, sediment levels,
biogenic material, and the physical properties of the underlying ice on melt pond albedo would also be
of interest (Ebert and Curry, 1993).
REFERENCES
Ebert, E.E. and Curry, J. A, 1993: An intermediate one-dimensional thermodynamic sea ice model for
investigating ice-atmosphere interactions. J Geophys. Res., 98, 10085-10019.
Eicken, H., 1993: Automated image analysis of ice thin sections-instrumentation, methods, and
extraction ofsterological and textural parameters. J Glaciol., 39, 341-352.
Grenfell, T.C., and Maykut, G.A., 1977: The Optical Propertis oflce and Snow in the Arctic Basin. J
Glaciol., 18, 445-463.
Maykut, G.A. and Untersteiner, N., 1971: Some results from a time dependent, thermodynamic model
of sea ice. J Geophys. Res., 76, 1550-1575.

326

Maykut,G.A. Perovich, D.K., and Grenfell, T.C., 1985: Photometric Determination of Sea Ice
Concentrations and Melt Pond Coverage from Airborne Sensors. EOS, Trans. Amer. Geophys.
Union.
Perovich, D.K., 1994:Light reflection from sea ice during the onset of melt. Journal ofGeophysical
Research, 99, 3351-3359.
Perovich, D.K., 1991: Seasonal changes in sea ice optical properties during fall freeze-up. Cold Regions
Science and Technology, 19, 261-273.
Perovich, D. K., 1990: Theoretical estimates oflight reflection and transmission by spatially complex
and temporally varying sea ice covers. J Geophys. Res., 95, 9557-9567.
Perovich, D.K. and Hirai, A, 1988: Microcomputer based image processing system Journal of
Glaciology, 34, 249-252.
Tucker, W.B. Ill, A.J. Gow and W.F. Weeks, 1987. Physical properties of summer sea ice in the Fram
Strait. Journal ofGeophysical Research, 92, 6787-6803.
Untersteiner, N., 1961. On the mass and heat budget of Arctic sea ice. Arch. Meteorol. Geophys.
Bioklim., Ser. A, 12, 151-182.
Warren, S.G., 1982. Optical Properties of Snow. Review ofGeophysics and Space Physics, 20, 67-89.
Zubov N.N., 1945: L'dy Arktiki (Arctic Ice), Izdatel'stvo Glavsevmorputi. Moscow, 491 p.

327

RELATING ARCTIC PACK ICE STRESS AND STRAIN AT THE 10KM SCALE
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James E. Overland and Sigrid Salo
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INTRODUCTION
An ability to accurately model the process of ice deformation in the Arctic ice pack is an essential
ingredient of studies directed toward assessing the role of the sea ice cover in global climate change. The
heat, mass and momentum balance of the ice pack are all significantly influenced by ice dynamics, given
its importance in determining the ice thickness distribution. Fundamental to any ice dynamics model is a
definition of the ice rheology which relates ice stress to deformation on the geophysical scale. A largescale ice rheology ideally should be established by analyzing data that directly relates the stress and strain,
or deformation, of the ice pack. Field measurements to do this are currently lacking. As an alternative,
yield surfaces and yield strengths are established by comparing model results of ice concentration and
motion to data collected from buoy drift studies (Hibler, 1986; Ip et al., 1991).

The recent development of sensors designed to measure ice stresses in situ has provided the
opportunity to make coincident measurements of pack ice stresses and deformation. Studies employing
this capability consistently report maximum stresses on the order of250-300 kPa and associate these
stresses with significant deformation events (Tucker et al., 1991; Comfort et al., 1992). These values
compare well with the yield strength used in geophysical models to obtain a good correlation between
model results and buoy drift tracks (Sanderson, 1988). Little success has been achieved, however, in
developing a large-scale constitutive law based on these results due to limitations in the areal coverage of
the stress and deformation arrays and longevity of the programs.
In the recent Sea Ice Mechanics Initiative (SIMI) field program, sponsored by the Office ofNaval
Research, we deployed an array of stress sensors and position buoys designed specifically to quantify the
relationship of ice stress and strain at the scale of 10 km. The work reported here presents early results
from that effort. Our ultimate goal is to use these direct measurements of geophysical stress and the
associated strain field to provide important information that can be used to test the validity of ice
dynamics models. In particular, they can be used to assess the impact of scale on these models. The data
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can also be used to identify the relationship between ice stress and strain during periods of divergence,
convergence and shearing ofthe ice pack. This is done by comparing the relative magnitude and principal
direction of the internal ice stress in the floes as an event travels through the instrumented area.
APPROACH
The SIMI stress and deformation array consisted of two 6-buoy rings, with each buoy placed in
the center of a multi-year floe spaced relatively evenly around the ring (Figure 1). The rings were located
at a 5 and 10 km radius from an instrumented central floe. Position of the buoys was measured using the
Global Positioning System {GPS) and ARGOS. Stress sensors were coincidentally located with the
position buoys on the center floe and around the inner ring. A station to measure winds, temperatures
and currents was also placed on the cent er floe. Installation of the array took place in late September
1993 approximately 170 km offshore in the Alaskan Beaufort Sea. The stress sensors were removed
from the array at the end ofMarch 1994, providing stress and deformation data through much ofthe fallwinter-spring season. During this time the central floe moved easterly approximately 370 km, from
75'N1470W to 74'Nl550W. Most of the longitudinal motion occurred during December and January.
The regional context (50 km) of this data set will be established using SAR imagery and the large context
(500 km) by AVHRR.
The in situ ice stresses were measured every five minutes using the cylindrical, vibrating wire
sensors described in Cox and Johnson (1983). The sensor consists of a stiff steel cylinder that is 25 cm
long, 6 cm in diameter and has a wall thickness of 1.6 cm. The magnitude and direction of the principal
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Figure 1- Initial layout ofthe SIMI stress and deformation array.
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stresses in the plane of the wires, which coincides with the horizontal plane of the ice, are determined
from measurements of the radial deformation of the cylinder. Inside the cylinder, three tensioned wires
cross the diameter. They are separated by 60°. Deformation is determined by plucking these wires with a
magnet/coil assembly and measuring changes in the resonant frequency of each wires. Extensive
calibration tests done on these sensors indicate an accuracy ofbetter than 15% in measuring the
magnitude of the principal stress and 5° for the direction. The sensors are also instrumented with an
internal thermistor to measure the gauge temperature. This allows us to make temperature corrections to
the stress data.
The GPS position of the buoys was determined using the 6 highest GPS satellites above the
horizon. They were programmed to search for that position from 2 minutes before the hour until the top
of the hour to optimize the chance that they would all use the same satellite. By choosing same-satellite
readings the position accuracy is better than 20 m and as low as 3 m. For the other 58 minutes of the
hour the buoys transmitted the data to the NOAA TIROS satellites. For redundancy, the NOAA
satellites also determined the buoy positions by measuring the Doppler shift in the frequency of the
ARGOS transmission. The accuracy of the ARGOS positions ranges from 350 to 150m.
RESULTS AND SUMMARY
A sample of our results, from Julian day 300 to 340 (27 October 1993 to 6 December 1993), is
presented in Figure 2. The internal ice stresses reported here were measured on the center floe at a site
on the edge of the floe. Over the duration of the experiment the stresses at this site typically ranged from
0 to 250 kPa, reaching a maximum of 400 kPa. These magnitudes are consistent with pack ice stress
measurements reported in other studies {Tucker et al., 1991; Comfort et al., 1992). The ice strain for
each floe represents the cumulative deformation along a line drawn from the middle of the center floe to
the location of the position buoy on the outlying floe; (L-Lo)ILo. where Lo is the original line length and L
is the line length at the time of measurement. In general, the strains measured in the smaller, 5 km inner
ring were larger than in the 10 km outer ring. A similar observation was made by Hibler et al. (1975)
when comparing the net divergence of overlapping triangular deformation arrays ranging in size from 5 to
16 km. The frequency of the events we measured was dramatically higher in the outer ring.
During the 300 to 340 day period, several major stress events occurred (Figure 2a). These events
are not apparent in the strain measurements from the buoys lying on the 5 km, inner ring (Figure 2b). A
good correlation between the stress and strain is evident, however, in the data from the buoys in the 10
km, outer ring (Figure 2c). This was typical of our results, where a weak correlation of stress and
deformation was seen at the 5 km scale and a strong correlation was apparent at the 10 km scale.
Interestingly, the 10 km scale is referred to in a number of papers as the lower boundary for considering
the ice pack as a continuum (Hibler, 1977; Thorndike, 1987; Overland et al., in press). At smaller scales,
the ice exhibits an behavior that is better explained as aggregate.

FUTURE WORK
Analysis of the SIMI data will continue with a focus on quantifying the relation~hip bet~een ice
stress and strain on this relatively local scale. Specifically, we will apply cross-correlatiOn techmques to
the stress and deformation data to confirm the scale effects, examine lead and lag functions, and establish
the role oflocal meteorology. We also plan on extending our study to cover larger regions of the Arctic
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Basin. This will first require the development of a stress sensor data set that is suitable for satellite
transmission. allowing the deployment of remote sites that do not need to be recovered for data retrieval.
Once this capability is established we anticipate deploying a stress and deformation array that covers a
lOOxlOOkm grid in the Alaskan Beaufort Sea. These measurements will be made in conjunction with
other investigators who plan to measure ice thickness variability and ice deformation from satellite-borne
SAR over the same area.
The results of our investigation will be used to gain insight on the deformation processes that
govern changes in the thickness distribution of the ice pack. By studying the relationship between ice
deformation and stress in collaboration with colleagues who are developing ice dynamic models, we hope
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to establish a constitutive law for pack ice that is based on actual field measurements of stress and strain
in the ice pack. As we described in the introduction, current tests of the validity of a proposed ice
rheology are indirect. Model results of changes in ice concentration and motion are compared to data
from ice motion buoys. The yield function is not chosen for its ability to represent the observed
constitutive behavior ofthe ice. Hence, achievement of this goal will provide us with ice dynamic models
that are more satisfying in a scientific sense, giving us more confidence in the predictions of changes in
the ice thickness distribution derived from them. The fact that our early results indicate that at the 10 km
scale there is a strong correlation between stress and deformation encourages us to believe that this goal
is indeed tangible.
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MODELLING THE SEASONAL VARIABILITY OF THE ARCTIC OCEAN USING
A THERMODYNAMIC MODEL OF THE SEA ICE - OCEAN SYSTEM
V.A.Ryabchenko
St.Petersburg Branch, P.P.Shirchov Institute of Oceanology,
Russian Academy of Sciences
30 Pervaya Liniya, 199053 St.Petersburg, RUSSIA
A prognostic thermodynamic model of the Arctic Ocean is
coupled to a thermodynamic sea ice model. The coupled model
simulates the seasonal variability of thermodynamic state of the
Arctic Ocean and allows one to estimate water and ice transport
between the basin and the North Atlantic. The model suggested can
be used as
part
of
a
global
climate
model
of
the
atmosphere-ocean-sea ice system.
!.DESCRIPTION OF THE MODEL
The model describes the budget of heat, salt and fresh water
in the deep-water part of the Arctic Ocean (without the shelf)
covered by the sea ice. The following three layers are separated
in the basin: the upper mixed layer <UML), halocline and the deep
layer (DL~. The m~del is forced by runoff, Bering Strait inflow.
inflows FAI and FAD of the Atlantic water through the Fram Strait
and from the Barents Sea in the intermediate layer (200,800m) and
in the DL, respectively; outflows F:u' F:1 and
F:0
through the
Fram Strait and the Archipelago from the UML, intermediate layer
and DL. respectively; atmospheric forcing (solar radiation at the
ice surface, air temperature and relative humidity, cloudiness and
wind velocity).
Unlike ideologically similar one-dimensional
Bjork·s (1989) model for the vertical structure of the upper
Arctic Ocean, the model proposed describes not only the freshwater
and salt budget, but also heat budget in the basin as a whole
including the ocean deep layers. Besides, the production/melting
rate and export of the sea ice
are
considered as prognostic
rather than prescribed variables.
The sea ice is described by means of a simple one-layer model
without lead parameterization and prognostic snow cover (Kagan,
Ryabchenko and Safray, 1986). The initial model is generalized to
allow for non-stationary changes of temperature in the ice. The
ice thickness h1 is determined from the equation for ice mass Mi •
taking into account production and melting of ice at the lower and
upper edges and ice export F1 from the basin. The ice export is
considered to be proportional to M1 , i.e. F1=~
M /p 0 , where t-"
A
is
1·'1
a constant, P 0 is the average sea water density. Heat fluxes at
the ice edges are expressed in terms of the mean ice temperature
~m using the assumption about self-similarity of temperature
profile in the ice cover. The temporal evolution of T.
is
1 m
calculated using the heat transfer equation.
Ocean model is a further development of the integral upper
ocean model of Kagan, Ryabchenko and Chalikov (1979) which is
deneralized to take into account salinity and sea ice effects. It
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is assumed that temperature and salinity are depth-independent and
equal to T1 and S1 in the UML, change in jumps AT=T zh -T1
and
AS=Szh -S1 at the UML lower boundary z=h(t) and depend on vertical
coordinate z in the halocline and DL. According to observational
data, the salinity profile S2 <z,t) in the halocline can be
considered as a self-similar one. In other words, non-dimensional
salinity
S2 n=<S 2 h-S 2 (z,t))/(S2 h-S 2 H)
depends
only
on
the
given
non-dimensional coordinate C=<z-h)/(~-h) and
is
as
<Kitaigorodskii,1970)
8

82 n (C)

= 3C - 2C

1

+

3C

4

(1)

According to (1), the gradient dS 2 /dz decreases monotonically
from a maximum at the upper halocline boundary z=h to zero at its
of difference
lower boundary z=~- If jump As is a fixed part as
<s 2m -s1 > <sZm is the depth-averaged halocline salinity),then
salinity value S2h at z=h is s2 h =S1 + as <s2m -s1 >. Salinity value
Sz 8 at z=l\-. is determined from (1) as S2 H=S2 h+15/11 (S2 m-S2 h).
Temperature is nearly constant in the upper part of the halocline
and increases gradually beginning from a depth about of lOOm.
Therefore this distribution cannot be described by formula {1).
However, for purposes of this work, it is sufficient to express
boundary values T2 h and TzH in terms of
Tzm
Here, we
assume that T2 h = T1 +aT <T Zm - T1 ), T2H = T2m . Finally, salinity
S (z) and temperature T3 (z) in the DL are linear with depth.
3
The above formulas allow one to express salt and heat fluxes
at the UML - halocline and halocline - DL boundaries in terms of
average (within the limits of the layer under consideration)
salinity and temperature, vertical velocities w1 and w2
at the
boundaries and the entrainment velocity at the base of the UML.
This permits one to close the salt and heat budget equations for
average salinities S1 , S2m , S3m and temperatures T1 , Tzm , T3m in
5

the UML, halocline, DL,respectively. Salt flux Q0 at the ocean-sea
&
ice boundary is given as Q0 = ( S1 - S.l ) ::: P.l , where S.1 =2. 5 - /oo is
~

the sea ice salinity, P.l =dh1 /dt+~hl

is the ice

production/melting

rate, and c:=p.l /p 0 , P.l is the sea ice density.
Because the UML temperature is set constant (at the fre¥zing
point), the equation for T1 is used for finding heat flux Q0
at
the ocean-ice boundary. The entrainment velocity we and the UML
thickness h are determined from the equation for turbulent energy
integrated within the limits of the UML, an assumption on full
dissipation of mechanical turbulent energy within the Ekman
boundary layer being used. To find h one needs to know the
friction velocity u
in the water just below the lower ice edge.
*w
It is calculated from the stationary equations of i:e motion us~ng
prescribed wind velocity and
known_
dep7ndenc~es
of
w~nd
coefficient and ice drift angle on the ~ce th~ckness.
The velocities w and w are found from the water budget
1

2

equations for the halocline and DL, respectively. The water budget
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equation for the UML is used for calculating outflow F:u .
2.SIMULATING THE SEASONAL VARIABILITY
OF THE ARCTIC OCEAN
Atmospheric forcing. The absorbed solar radiation at the
atmosphere-sea ice interface is calculated using
prescribed
incident solar radiation Qa1 and albedo a.1 of the ice cover. The
net long-wave radiation, sensible and latent heat fluxes are
considered as linear functions of temperature difference <Ta. -Ts )
between air and ice. All necessary information on Qa. 1 , ai , Ta.,
relative humidity, cloudiness and wind velocity is borrowed from
World Ocean Atlas (Gorshkov,1983) and Atlas of the energy balance
in the Northern Polar area CKhrol,1992).
Water exchange ~ ~ lateral boundaries. Seasonal variations
in the volume transport Fp and in temperature and salinity of the
Bering Strait water were taken, respectively, from Coachman and
Aaggaard (1988) and Bjork (1989). Seasonal variability of the
runoff volume transport Fr was reconstructed using mean monthly
data of the Arctic and Antarctic Institute (St.Petersburg). The
tem;§Jerature ,~nd salinity of river water were constant and ~qual to
0.5 C and 1 -/::Jo. Poorly known volume transport values FA 1 • FAD
and F, FA.l
AD for waters inflowing from, and outflowing into the
Atlantic are considered as free model parameters, their seasonal
variations being not allowed for. The mean annual tempera~ure and
salinity of Atlantic inflowing waters w&re equal to
1 C
and
35 ° /oo in the intermediate layer
and
-1
C
and
34.91°
/oo
in
the
DL.
+
+
In a control~. values FA 1 , FAD' FA1 , and FAD were taken to
3
be equal to 2.8, 0.9, 2.5 and
1.9 }:d" ,m /s. The area and depth
of the Arctic Ocean were set at 6 · 1d
mand
2500 m.
The
equilibrium solution in the control run
was
obtained
by
integration of model equations for 500 years.
The calculated seasonal evolution of climate characteristics
in the Arctic Ocean is in qualitative agreement with observational
data. The largest discrepancy between calculated and observed
characteristics is that in the seasonal changes of the UML
salinity. The amplitude of its seasonal oscillations is equal, on
the one hand, to ~ 1.5% in the control run and, on the other
hand, not greater than ~~ 0. 9° /c o
( Levi tus, 1982)
or ~ 1. 25° /o o
(Gorshkov, 1983). The discrepancy is likely to be connected with
the assumption on inflowing of the entire melt water into the UML
trough leads. In reality, part of the melt water remains at the
ice surface as melt ponds throughout summer freezing in autumn and
does not contribute to the UML salinity changes.
The above model limitation does not introduce large errors in
the ~alculated mean annu~l yalues. In particular, the calculated
sea 1ce export C0.087 10 m /s) 6 i~ in good agreement with an
independent estimate of 0.08 10 m /s <Rudels, 1987). Comparison
of ~a~culated and observed mean annual values of temperature and
sal1n1ty for the UML, halocline and DL is given in Table 1.
Agreement of calculated salinity values with data from World Ocean
Atlas CGorshkov,1983) turned out to be very good and with Levitus
(1982) data, somewhat worse, especially in the UML. An opposite
situation takes place for temperature. In any case, discrepancies
between calculated and observed values are approximately the same
as those between the two above data-based estimates.
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3.SENSITIVITY ANALYSIS. ESTIMATION OF INFLOWS AND
OUTFLOWS AT THE BOUNDARY WITH THE ATLANTIC
According to results of numerical experiments, variations of
forcing parameters controlling thermal interaction between the
atmosphere and the sea ice lead to large changes in the ice
surface temperature T5 and ice thickness h 1 and to much smaller
changes in ocean characteristics. Because the seasonal variability
of Ts and h_1 is well simulated by the model , it is worthwhile to
consider only results of solution sensitivity to variations of
inflows and outflow~ at_ the+ lat~ral boundaries of the basin
(transport values FAI , FAI , FAD , FAD at the boundary with
the
Atlantic, the Bering Strait transport FP and runoff transport Fr ),
all other factors being the same.
The strongest response of the most important characteristics
( the UML thickness, temperature and salini~y in the UML,
halocline and DL) takes place for variations of FAI , Fand Fr ,
AI
the weakest one for variations of Fp . It should be emphasized that
with even large variations of transport values, changes in h 1 , T2
and T turn out to be small. The most sensitive element of the
3

system investigated is the maximum UML thickness which responds
especially strongly to runoff variations.
The model proposed is good in simulating the mean annual
state of the Arctic Ocean, first of all, the vertical salinity
structure (see Table 1 ) which mainly determines the density
stratification in the basin and is well known from av~ilab!e da~a.
This allows one to estimate poorly known transports FAY, FAY, FAD'
F AD using results of the sensitivity analysis for S1
S2m and
S

3m

. To this end, sensitivity diagrams determining absolute change

8Y=Y - Y0 of variable Y as a function
of

X ( Y0 and X0

parameter

are

of relative change a = X/X0

the values of

X and Y

in

the

control run) were plotted. Assume that the mean annual values of
S ,S
and S
lie within the ranges (31.78~0.5), (33.95 ~ 0.25)
1

Zm

3m

and (34.87 ~ 0.05) 0 /oo, respectively (Cf.Table 1). Then, using
sensitivity diagrams for s1. s2m and s3m and the above limit
salinity values, one can find limit transport values.
In
particular, the limit transport values of FAY turn out to be equal
6

3

to 2.4 and 3.9, 2.6 and 3.0, 2.7 and 3.1 10 m /s with the aid of
diagrams for S .S .S , respectively;
it follows that optimal
1·

zm·

3m

values of F+
providing for the best agreement of calculated and
AI
6
3
observed salinities are 2.4-2.9 10
m /s. Other mean annual
transport values characterizing water exchange with the Atlantic
are calculated in a similar way and are given in Table 2. The mean
annual values of outflow Ffrom the UML (prognostic model
AU

b

3

variable)_ turned out to be equal to 0. 2-0.4 10 m /s.
The author would like to thank G. Alekseev for
discussions. The work has been supported by the Russian
of Science and Technical Policy.

valuable
Ministry
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Table l
Calculated and observed mean annual values of temperature
and salinity in the UML halocline and DL of the Arctic Ocean
'
Control
Characteristic
So:urQ~ of data*
Levitus (1982)
run
Gorshkov {1983)
0

Temperature, C:
-1.26
-0.60
-1.8
UML
-0.89
-1.20
-0.14
halocline
-0.12
0.20
-0.16
DL
0
Salinity, /oo:
32.22
31.78
31.41
UML
33.72
33.96
33.95
halocline
34.85
34.89
DL
34.87
-*The data were averaged over the area of deep-water part of
the Arctic Ocean within the limits of layers (0,50 m),
(50,250m)
and <250m,bottom) representing the UML, halocline and DL.
Table 2
Model estimates of mean annual values of transport characterizing
water exchange of the Arctic Ocean with the North Atlantic
Ocean layer
Intermediate
layer ( 200 , 800m) :
.
+
1.nflow FA~
outflow FAI.
Deep layer +(800m,bottom):
inflow FAD
outflow F-AD

6

3

Transport,10 m /s
2.7-2.9
2.5-2.6
0.8-1.0
1. 9-2.0
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A SEA ICE CLIMATIC MODEL

Sergey V.Shoutilin, Julia M. Afanasyeva
Arctic and Antarctic Research Institute,
38 Bering St., 199397 st.Petersburg, Russia
Fax: (812} 352-2688,E-mail:aaricoop@sovam.com
Sea Ice Climatic model is necessary component for Global Ocean
-Atmosphere Circulation Model, because interaction between ocean
and atmosphere in Arctic largely defined by thermodinamical and
dinamical characteristics of sea ice.
The present model was elaborated in laboratory of the airjsea
interaction AARI and the first version was described by Makstas
(Makstas et al. , 1988) . The model elaborated in the framework of
large particles method. Model basis are steady-state equations of
impulse balance including sea level slope (H), Coriolis force (f),
innerice ineraction force and friction stresses of upper (r a ) and
bottom (r w) ice surfaces.
r + r -mg BH + tmu + F
= o
ax

r

ay

wx

+ r

wy

BX

Xint

y

tmu + Fyint = o

-mg BH ay

( 1)

X

Along with ice cover moving equations were used mass balance
and conservation of energy equations described thermodinamical
growth and melting of ice. Ice cover in each point was defined by
following values : h - mean ice thickness; h - hummock thickness
l,J
T
(in this context fixed value); N
-relative area ·covered by mean
1l'

thickness

ice;

N

21 ,

J

-relative

J

area

of

hummocks;

N

Ol ,

J

relative

area of open water; h
-snow cover thickness.
si, j
Ice masses per unit of space in system of equations (1),
was supposed equal
m

i j

(N

oi J

+N

1l J

)p

i

hi J

+ N

2i J

p h
i

T

To calculate friction stress on the upper

(2}

ice surface
a
from Aidj ex field

parameterisation suggested R.Brown (Brown,1981)
data processing was used
a =U /G= 0. 037; 9=24°
spring/summer:
•
0
(3)
a =U./G= 0.022; 9=30
fall/winter:
where G - geostrophic wind speed; u.- dinamical speed,
angle from geostrophic wind direction to ra.

9

-
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To calculate
based

on

the

L

was used McPhee parameterisation (McPhee,1979)

w

•

steady-stratified

boundary

layer

theory

u.

when

components described action of ice cover on upper oceanic level are
written as

u'~=-c1-

[

(Ux - U ) cos/3 -

L

u'~= c1-Uoq ,

level slop, c

=

wx

P·w
2

J

~

{4)

)sin/3 + (Uy-v~ )cos/3]
geostrophic current component
~

Voq

due

to

oq

[cu -voq )sin/3y

(U

layer

influence

-u·og )cos/3]/

x

(U

on

the

-v o q )
y

2

+(U

ice

x -u o q }

cover

is

2
(5)

CL

-r: wy= Pw2

sea

= 13.5; 13 =24° ( from (U-U ) vector contrclockwise )

L

- empirical coefficient.
Top oceanic boundary
derived by change 13 to l3+rr
L

y

[cux - u

L

where

(U -V ) sin/3

~

[cu-voq )cos/3+
y

(Ux

-uog )sin/3]/ (U -v o q ) 2 +(U x -u o )
y

2

g

CL

Exprssed
I

(U -u ) =U ;
x

erg

sea

level

(U -V ) =V

x

y

oq

I

of Uoq , Vog and designed
obtain nonl~near~ng equations system for
slope

in terms
,

y

calculation of relative drift speed:
I

p

I

I

,

I

1

1

2

2

+ lmU +-2 (U sin/3 - U COS/3) U + U = 0
ax
y
CL
y
x
x
Y
1
I
p
I
I
r '2
2
L
- lmU + - 2 ( U COS/3 + U S in/3) V U + U
= 0
L

ay

X

C

L

y

X

(6)

Y

X

Viscous boundary sublayer where allowed the
inner ice
interaction forces adding to equations (6) in the coastal zones.
Boundary conditions are non leak and stik
condition at the
coast, free drift velocity on the external of the boundary sublayer
and full leak condition for liqid boundaries of bassin.
Thermodynamical part of model constructed on the basis of the
quasistationary zerodimensional Arctic Ice Model elaborated by
Makshtas and Ivanov (Ivanov,Makshtas,1990}, allowed to calculate
growth and ablation of ice in fixed point when the atmosphere and
ocean boundary layer influence on the ice is determined. The
background of considering climatic ice cover model is the heat
balance equations of the upper and lower surface of ice. Heat flux
through the ice is described by the heat conductivity equation with
the internal source conditioned by the solar radiation absorbing
and the phase conversions within the ice. Turbulent heat fluxes is
defined by bulk formulas. Longwave radiation balance is determine
by Brent's formula. The cloudiness influence on the effective
emission is taken into account using additional factor (1-cn).
Shortwave
surface
radiation
balance
is
calculated
by
F=-Fo (1-a} (1-t), where a
surface albedo; L
coefficient of
0
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shortwave radiation passing into the ice. Incoming
shortwave
radiation is calculated by Zillman formula. Model account heat flux
forming due to phase conversion of ablation and accretion of ice
and snow. The temperature changes of open water are f inded from
heat balance equation for the fixed thickness mixed layer.
First version of the model did not account the stratification
changes of surface layer in the calculations of sensible and latent
heat fluxes in t~~ ocean - atmosphere system. It was supposed
St= Da=(1,8 ±0.2)x10 =const (Makshtas,1988). However as well known
Stanton and Dalton numbers have strong depending on stratification.
For new version of the model was used obtained based on Monin Obukhov similarity theory of turbulent regime in the stratified
media the evident expression for the temperature and wind velocity
profiles in the stratified atmospheric surface layer as a function
of local criteria of hydrostatic stability (=z/L

when (>0
when -0,07::s(::so

(7)

when (<-0,07
u.=v'T:jp ' T.=

IC

H
C p

g
U

p

'

{3=

'!''

•

were u. - friction velosity; T. - scale of the temperature ;

IC

-

Karman constant; {3 - buoyancy parameter; B - empirical coefficient.
For latent turbulent heat flux Bowen ratio was -used
H

Bo fE

C

p

T(z

1

) -T 0

f q ( Z 1) -qo '

(8)

where q(z 1 ), q 0 -relative humidity of the observation levels
z1
and z . From above we receive the system of equations for
0

calculations the fluxes in the surface layer.
The influence of
stratification on the turbulent regime of surface layer is showed
on the Figure 1. Stratification close to neutral and unstable lead
to some increasing of H as compare to it calculated by integral
aerodinamic formula. In case of stable stratification its role is
very noticeable and essentialy decrease H in areas of low wind
speed. The ignore of stratification leads to mistakes in the
estimate of turbulent flux more then 100%.
2
Model was integrated with fixed.oceanic heat flux of 2 Wjm and
real daily air temperature and pressure data f~r 1976 ~ using the
200 km square grid. Also was used average mult1year da1ly data of
cloudiness, precipitation, relative humidity. Roughness para~e~er
z of upper ice surface was taken fixed and equal 0.01 cm. In1t1al
0
ice thickness distribution was taken from (Hibler Ill, 1979-1989)
and ice concentration was obt~ined from observations. Results were
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averaged taking into account ice
and
hummock concentration and
quantity of opened water.
After that we made number of experiments to examine the
sensitivity of the sea ice model on the few external parameters.
The presence of ice is strongly change the albedo and therefore
first experiment was made in supposing that albedo change between
0.80 and 0.83, as the characteristic value of snow albedo in early
spring. This experiment shows the weak depending of the ice
distribution at the end of simulation year from albedo changes at
this rank, but if we take the albedo equal to 0.85, we have big
rising in the thickness
Its appear necessary of the correct
parameterization of albedo because the ice usually covers by snow,
especially in spring time when the melting changes the albedo and
so said about the pollution's influence.
Next experiment was be made to define the oceanic heat flux
influence on the change of sea ice distribution during the year. As
a rule
in the modeling the ocean heat flux is suppose equal to 2
2
W/m , but a few models use the change of this flux as a critical
parameter for to set the marginal zone and in this case for same
zones heat flux is _suppose about 10-20 Wjm 2 • D~ring numerical
experiment we take the ocean heat flux equal 2 Wfm and then made
simulation when it's absent. At the second case we have full closed
Arctic ocean eastward as far as Bering Strait in September, which
as supposed is the month of the most amount of opening water and
the freezing beginning.
Next supposing was be in the using of semitransparency or
semi leak boundaries in the Canadian sector. This is obstacle to
unreal accumulation of ice in this sector.
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g

Figure l.Sensible heat flux in January (a) and July (b), ice thikness
in September with (c) and withowt (d) ocanic heat flux, and
in April (f), and the depending of vertical turbulent heat
flux on atmosphere surface layer stratification and roughnes
parameter (g): a) AT-3K; b) 3K; 1) Zo=f(u); 2) Charnak form
of Zo; 3) Zo=const.
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MELT POND EVOLUTION ON SUMMER SEA ICE
Waiter B. Tucker ID and Donald K. Perovich
US Army Cold Regions Research and Engineering Laboratory
72LymeRoad
Hanover, New Hampshire 03755
1.

Introduction

Melt ponds on summer sea ice play a major role in enhancing the absorption of
shortwave radiation by the ice (Ebert and Curry, 1993; Moritz et al., 1993). The decrease in
the albedo of the ice surface resulting from melt pond formation causes a positive feedback
which intensifies the decay cycle. A dimatological increase in incident radiation or surface
air temperature will tend to increase melting, likely enlarging melt ponds, and further
reducing albedo. It is estimated that melt ponds cover as much as 60% of the ice surface
during the early summer (Maykut, 1985). As summer progresses, the ponds deepen and
establish drainage systems such that the areal coverage is reduced to 10 to 30%.
Given the importance of melt ponds, there have been surprisingly few detailed
investigations of the physical characteristics of ponds, or measurements of the albedos of
melt ponds. This is partly because melt ponds have only recently been included as explicit
physical variables in numerical thermodynamic sea ice models (Ebert and Curry, 1993).
Additionally, melt ponds are inherently difficult to study. Most Arctic field programs take
place prior to the melt season, due to the logistics requirements involving aircraft
operations. The few investigations of melt ponds have taken place primarily from
summer shipborne expeditions. An example of this is the work on ice thermodynamics in
the marginal ice zone reported by Maykut and Perovich (1985), in which daily estimates of
pond coverage were made.
We recently participated in the U.S./Canada Arctic Ocean Section (AOS- 94), in
which U.S. and Canadian icebreakers completely traversed the Arctic basin, entering the
Arctic at the Bering Strait and exiting at the Fram Strait. A major part of our ice program
on this expedition involved the documentation of physical characteristics and albedos of
individual melt ponds. We also conducted routine aerial photography regional surveys
using helicopters. The overall goal is to use the small scale measurements to obtain
regional albedos, and to quantify the spatial and temporal variability in albedos as well as
ice conditions. Here we describe the measurement program and present some of the
preliminary observational results obtained on this expedition.
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2.0

Measurement Program

The USCGC Polar Sea and CCGS Louis S. St. Laurent entered the ice on 26 July 1994
at 70° N in the Chukchi Sea. Until 29 August, the ships remained in ice of 60%
concentration or greater when they exited the ice north of Svalbard. The route of the
expedition is shown in Figure 1.

Figure 1. The route of the AOS-94 expedition with locations of the helicopter aerial
photography surveys. Numbers are Julian Day of 1994.
The ice program involved on-ice measurements and sample collection. Most
germane to the surface energy balance problem were albedo measurements of various ice
surface types and the relation of the measured albedos to the small scale surface properties.
Integrated albedos were obtained by measuring irradiances from 300 to 3000 nm with Kipp
radiometers mounted to record incoming and outgoing radiation. Spectral albedos were
obtained with a Spectron spectroradiometer, which measures irradiances over 200 discrete
channels from 400 to 1000 nm. This instrument required manual rotation to measure
incoming and outgoing radiation. Instrument deployment is quite straightforward on the
ice as both instruments are configured on tripods. When making the irradiance
measurements on melt ponds, however, the tripod was set on the ice at the edge of the
pond with the radiometer extending 1.0 to 1.5 m over the pond. In cases where this was
not practical, the radiometers were hand held above the melt pond.
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Albedo measurements of melt ponds were obtained at 7 sites. At each site,
additional physical measurements included pond size, depth, temperature, and salinity.
Pond color was noted and samples were collected for biological measurements at most
locations. Plans for measurements at additional locations were thwarted by the rapid
freezing of most ponds in early August.
In attempting to relate the ice surface albedo measurements to larger scales, we
made use of the helicopters on board Polar Sea to conduct aerial photography surveys. A 35
mm camera along with an 8 mm video camera were mounted outside the helicopter.
Square patterns of 200 km total distance near the ship were surveyed. The frame interval
was set to obtain photographs at spatial intervals of 1.0 to 1.5 km. Ground coverage
depended on altitude, which varied from 100 to 500 m as dictated by the height of the
overcast. Locations of aerial photography flights are shown in Figure 1.

3.0

Results

Melt ponds were ubiquitous early in the expedition. With northward progress,
ponds became fewer in number. Table 1 contains statistics derived from image processing
of several of the aerial photographs. This table demonstrates the net loss in melt pond
cover with increasing time and latitude. The reduction in number of ponds was partially
due to simply fewer ponds in the north, and, additionally, to the freezing of the ponds. We
observed that smaller ponds began to develop a surface skim of ice on 2 August, at about
77° N. This freezing was no doubt enhanced by nearly continuous low overcast, which
plagued us for most of the expedition. By 9 August at 81° N, nearly all ponds had a 2 cm
thick surface layer of ice. At 90° N, melt ponds were frozen enough to support walking on
the surface, and these frozen melt ponds had 2 - 5 cm of snow cover. This trend continued
throughout the Eurasian Arctic. The only ponds which remained unfrozen were those
which were visibly thawed completely through to the sea, those which were especially
large(> 100 m) and thus contained a large thermal mass, and those which were heavily
contaminated with biogenic or sediment material.
Table 1. Statistics on melt pond size and density obtained from aerial photographs.
Date
Position
Photo Ground Size
Melt Pond Fraction
Mean Pond Area
Pond Density

29 July 1994
75° N, 170°W
667m
27%
65m2
4000 krn-2

31 July 1994
76°N, 172°W
425 m
17%
75m2
2200 krn-2

16 August 1994
87°N, 160°E
210 m
2%
48m2
400 krn-2

Figure 2 shows the variation of melt pond albedos. All ponds for which these results
apply were open ex~ept the si~gle frozen, s~o~ ~overed pond which has a dramatically
larger albe~o. The di~fere~ces m albedos of mdividual ponds can be explained by pond
depth, sediment or biOlogical content, and state of ice on the bottom of the pond. We
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sampled both fresh and saline melt ponds. Saline melt ponds (6 out of 19 sampled) were
always highly stratified, being near 0 o I 00 on the surface and 25 to 30 o I 00 on the bottom.
While salinity had no direct effect on albedo, saline ponds were indicative of a hydraulic
link to the sea, usually very rotten, permeable ice on the pond bottom. This bottom
condition could slightly reduce albedo. Usually, green ponds had higher biological activity,
and lower albedos, than blue or gray ponds. We found both blue and green ponds which
were saline, thus at this point we are unable to establish a direct relationship between
biological activity and pond link to the ocean. Finally, pond albedos are influenced by the
condition of the ice on the pond bottom. The more deteriorated, candied ice has a lower
albedo. Thicker ice beneath the pond is "whiter", as is formerly rafted ice or a healed crack.
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Figure 2. Albedo versus wavelength for a variety of melt ponds on AOS-94.
4.0

Conclusions

We are able to draw the following preliminary conclusions from our observations and
measurements on the U.S.ICanada Arctic Ocean Section:
• Melt ponds without a visible ocean connection can be saline, caused by the permeability
of the ice beneath.
• The magnitude of the albedo of the po~ds is.determined by d~J?th, biological activity,
presence of sediment, and pond bottom Ice thickness and condition.
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• Melt pond color is determined by depth and biological activity. Green is indicative of
higher biological activity.
• On the northward transect we experienced a very rapid (several days) transition from
open to frozen melt ponds which was enhanced by the constant cloudiness.
• Correspondingly, the pond areal fraction diminished significantly with northward
progress.
• During summer, ponds are in a delicate thermodynamic balance, and may be sensitive to
small changes in energy balance.
• The near-consistent cloudiness reduced the incident shortwave radiation, much more
than it increased the net longwave.
• The reduction in incident radiation is greatest at longer wavelengths, where over 90% of
the radiation is absorbed in the top few centimeters of the pond. The net effect is to
accentuate the reduction in incident solar radiation deposited in the surface layer on a
cloudy day.
• Clean ponds begin to freeze before ponds contaminated with sediment or biogenic
material.
• Initial surface ice skim increases albedo, so solar heating of the pond is less. Snow causes
a large increase in albedo with a corresponding reduction in heating.
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Fram Strait ice draft series

Torgny Vinje and Nina Nordlund.
Norwegian Polar Institute, Box 5072-Majorstua, Oslo

Background
As by far the majority of the ice that leaves the Arctic Ocean passes through the Pram
Strait, this passage can be considered as a key area for estimation of the net production of
ice in the Arctic Ocean. As this ice export in turn represents the major part of the net
production of sea ice in the Northern Hemisphere, it becomes an important climate signal.
The ice export from the Arctic Ocean represents also the major input of fresh water to the
Greenland-Norwegian, and Icelandic Seas, where a variable input of melt water may affect
the stability, and thereby be of conditional importance for the maintenance of the large
scale ocean circulations.
As the residence time of the ice in the Arctic Ocean is of the order of 10 years (Colony and
Thomdike 1985), it is necessary to study long term observation series of the ice export to
estimate average conditions and possible trends.
The Fram Strait ice draft monitoring which started in 1990 under the Greenland Sea
Project, has later been adopted as a part project ofthe Arctic Ice Thickness Project (AITP)
under the Arctic Climate System Study (ACSYS) of the World Climate Research
Programme, and has since 1993 been supported by the Commission of European
Community.

Methods
The first successful, year-long ice thickness series using an upward looking sonar (ULS)
attached to the top of a deep water mooring was obtained in the East Greenland Ice Drift
Stream in 1987-88 at 75°N (Vinje 1989). The first deployments in Fram Strait proper were
made in 1988, but it is only since 1990 that annual series have been obtained regularly
from this latitude using a similar, improved device.
The ULS prototype (ES-300), developed in cooperation with the manufacturer Chr
Michelsen Research, Bergen, measures the ice draft, emitting four 300 mHz sound pulses
every 4 min from a nominal depth of 50 m. Of the four pulses the two most equal ones are
stored resulting in a series of about 10800 twin measurements per month. With an aperture
angle of 2o the sonar beam covers a foot print on the underside of the ice of about 2 m.

The ES-300 is equipped with a pressure transducer to monitor the depth of the sonar head,
and a tilt meter to record the direction of the sonar beam. The instrument is very well
balanced as the tilt generally is less than 2°.
As the speed of sound is dependent upon the temperature and salinity structure between
the sonar head and the surface, and as we do not measure these parameters in this water
column, we have to use the frequently passing open water areas as a reference level to
obtain a corrected draft. This is done by an interactive method screening through the
observation series. In addition we have to adjust for the variable air pressure effect on the
pressure transducer in the sonar. The error in the final ice draft series is assumed to be of
the order of 10 cm.
Tile mode

The ice draft frequency distribution observed in the Fram Strait reflects the effects of
thermodynamic and dynamic processes on the ice fields in different part of the Arctic
Ocean.
The observed annual march of the MY ice draft mode (Fig. 1) shows extreme monthly
mean values of 1.69 and 3.08 m, corresponding to a modal ice thickness variation between
1.92 m and 3.50 m with a four year annual average of 2. 75 m. (Ice thickness = draft value
x 1.136). On an average, the mode varies between a maximum in May-June and a
minimum in September, with an interannual variation range of close to one metre for all
the individual months.
A comparison between different observations of the MY ice thickness mode (Table 1)
indicates that the MY ice thickness mode as observed in the Arctic Ocean over a relatively
long time span is in fair accordance with the series recorded with moored ULS in the Fram
Strait, 1990-94. (Where the modal draft has been given in the referenced literature, we
have multiplyed by 1.136 to obtain the corresponding modal ice thickness).
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Fig. 1
Monthly mean MY ice draft mode (m) as observed in the Fram Strait, 1990-94.
Altogether 102 monthly values are given.
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Table 1: The MY ice thickness mode (m) observed by different methods. AO=Arctic
Ocean, FS=Fram Strait, BS=Beaufort Sea.
Mode

Area

Method

Author

2.41-3.10
3.1
2.3-3.4
1.6-3.2
2.44
2.88 mean
2.87 mean
2.75 mean

AO
FS
Arctic Basin
CentralAO
BS
CentralAO
CentralAO
FS

Drillings
Submarine
Submarine
Model
Model
Model
Model
MooredULS

Romanov (1993)*
Wadhams (1992)
Bourke and Garrett (1986)* *
Thomdike et al. (1975)
Flato (1995)
Maykut and Untersteiner ( 1971)
Semtner (1975)
Present

* Based on observations 1972-1990, from Table 3.6 in Romanov (1993).
** Based on 17 submarine transects during different seasons 1960-1982.

The observed temporal and spatial variation of the modal ice thickness in the Arctic Ocean
(McLaren et al. 1992) as well as the variability of the ULS series in in the Fram Strait,
underlines further the necessity of long series to obtain a reliable estimate of mean
conditions and possible trends.
Extreme drafts
All the monthly draft distributions have long tails with monthly maximum ice ridge drafts
between 12 and 38 m (Fig. 2). A seasonal cycle seems also to be present in the maximum
ice keel observation series. Disregarding keels deeper than 30 m we observe an approch to
an average maximum of about 25 m towards the end of the freezing season and an average
minimum draft of about 20 m during the height of the melting season. If it takes about 10
years or more for a ridge to reach equilibrium (Plato and Hibler, in press), the present
series is presumeably to short to draw definite conclusions. The ULS series indicate,
however, that a considerable melting of the deepest ice keels may take place in the
outskirts of the Arctic Ocean, and particularly in the Fram Strait due to occasional keel
stirring in returning warmer water from the West-Spitsbergen Current.
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Fig. 2
Monthly maximum ice draft (m) as observed near 79°N in Fram Strait, 1990-94.
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Bourke and Garrett (1986) consider altogether 17 submarine sonar observation series from
the Arctic Ocean from 1960 to 1982, and they conclude that keels greater that 20 m are not
a common occurrence, and that the most frequent maximum lies between 15 and 20 m with
a markedly higher frequency of occurrence during winter as compared with autumn. The
ice draft about 450 km downstream from Fram Strait was recorded by a moored ULS at
75°N l2°W in 1987-88 (Vinje 1989) showing a maximum draft of 38 m and an average
maximum keel depth of20-25 m. The altogether five year long draft observation series in
the East-Greenland current seems accordingly to reflect fairly well the maximum draft
range observed in the Arctic Ocean over the last tree decades.

The seasonal cycle of the multi-year ice draft mode
Irrespective of season, the ice fields passing the Fram Strait comes from various part of the
Arctic Ocean where they have been subject to different thermodynamic and dynamic
effects over variable periods of time. This is presumeably reflected in the somewhat
irregular seasonal cycles observed in the time series of the MY ice draft mode (Fig. 3, left).
The four year average (Fig. 3, right), indicates a mean maximum MY ice draft mode of
2.77 m in May and a mean minimum in September of2.14 m. This corresponds to an
average maximum and minimum modal MY ice thickness of 3.15 m and 2.43 m, with an
average seasonal variation range of 0.72 m.
These average figures are in good accordance with the results of the standard model run for
a thermodynamically equilibrium ice thickness as obtained by Maykut and Untersteiner
(1971) for the central Arctic Ocean. An oceanic heat flux of 1.5 kcal cm- ~ear- ~nd a
fractional penetrating radiation of 8.5% were assumed for the standard run, which gave an
annual average ice thickness of2.88 m with a seasonal variation range of0.40 m between
a maximum thickness of3.14 m in June and a minimum of 2.71 m in October-November.
These results are also very similar to the figures obtained from the 3-layer model of
Semtner (1975), showing slightly higher/lower maximum/minimum values but the same
annual average for the same forcing as above. While the Fram Strait maximum MY ice
thickness mode is similar to that of the above standard model result, the minimum value is
0.28 m lower. A difference in this figure should be expected due to the higher melting rates
in the outskirts of the Arctic Ocean. The modelled annual melt in the central Arctic Ocean
of 0.40 m, and the higher one, 0.72 m, observed in Fram Strait, corresponds with the
average annual melt observed from long term Russian, ocean-wide observations (Romanov
1993).
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The average march of the monthly mean MY ice draft mode August 1990-August 1994
(left), and the average seasonal variation.
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TRACING THE CIRCULATION OF THE LOW "NO" WATERS
IN THE EURASIAN BASIN OF THE ARCTIC OCEAN
L. G. Anderson
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Analytical
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University of Goteborg, S-412 96 Goteborg, Sweden
E. P. Jones
Department of Fisheries and Oceans, Bedford Institute of Oceanography,
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Institut fiir Meereskunde, Universitat Hamburg,
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The sources of halocline water can be
distinguished by two different distinctive
tracers. Water from the Pacific Ocean
modified in the Chukchi-East Siberian Sea
region is characterized by a silicate
maximum at S = 33.1. Water from the
Atlantic Ocean modified in the Barents
Sea is characterized by a "NO" minimum
(NO = 9N03 + 0 2) at S = 34.3. In the
Eurasian Basin, halocline salinities exceed
S = 33.1 in most locations, and the high
silicate halocline water seems to be
confined largely to the Canada Basin. In
contrast, the low NO halocline water has
been observed in all of the four basins of
the Arctic Ocean. The circulation pattern
of the low NO halocline water in the
Nansen Basin was previously sketched in
general terms (Jones et al., 1991). Tracer
data from the 1991 Oden Expedition
(Figure 1), nitrate, oxygen, silicate, and
CFC-12, together with salinity and
temperature allow the circulation pattern of
the low NO water in the Eurasian Basin to
be more clearly delineated and a
hypothesis for its circulation pattern in the Figure 1. Locations of Stations of the 1991 Oden
Expedition.
Canadian Basin to be proposed.
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Low NO water permeates much of the Canadian and Eurasian Basins. Jones et al. (1991)
noted that low NO water flows east from the Barents Sea into the Eurasian and Canadian
Basins. The low NO waters in the Eurasian Basin exhibit variable concentrations of other
tracers, particularly silicate and the transient tracer CFC-12.
Silicate (Jlmol/kg)

In the central regions of the Eurasian
Basin,
the silicate concentrations in the
7
6
4
5
3
o
low NO layer are fairly constant (Figure
Stns. 8-23, 29-35 & 49-60
0
2), but CFC-12 concentrations show
1:.
Stns. 24-28, 36-39 & 45-46
considerable variation (Figure 3). The
<> Stns. 40-44
lowest CFC-12 values are found roughly
50
I!.I!.
in the center of the Amundsen Basin.
A
OCJJO
0
Slightly higher values are found
0
A
<>
somewhat to the south of the Nansen
0
tt:>. 6.6.1:.
<>
Gakkel Ridge, and highest values appear
~
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0
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,.c
near the Lomonosov Ridge. The NO
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o&w:o
od> ~ ~:.~:.
0..
0
0
distribution shows no strong front near
11)
0 150
the Lomonosov Ridge, nor is there a
OCDCI9 t!tf;l./:>1:;.
<>
strong front in salinity and temperature in
oA
this layer as there is in the Atlantic Layer.
There is, however, a clear front in both
200
CFC-12 distributions (Figure 3) as well as
Figure 2. Silicate concentrations in the low NO
in silicate (Figure 2) coinciding more-orlayer (NO < 400, 34.0 < S < 34.5).
less with the Lomonosov Ridge. Nearthe
Morris Jesup Plateau, the low NO water
has higher silicate values (Figure 2) than are found elsewhere in the Eurasian Basin. The
highest silicate values are at Stations 40 to 44. Values at Stations 36 to 39 and at Stations 45
and 46 are similar to those in the Makarov Basin at Stations 24 to 28 .
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Basin, and into the Makarov Basin.
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The fairly constant silicate concentrations in the low NO water of the Eurasian Basin away
from the boundaries suggests that one part of the flow of this water is confined to the Eurasian
Basin. This is supported by the front in the CFC-12 and carbon tetrachloride distributions near
the Lomonosov Ridge. In the Eurasian Basin, the CFC-12 and carbon tetrachloride
concentrations mimic, with slight differences, the distributions found in the Atlantic Layer, ie,
higher values near the Lomonosov and Nansen-Gakkel Ridges and lower values in the central
Amundsen Basin. This suggests that the flow pattern of the low NO water is similar to that of
the Atlantic layer, with two return flows roughly coincident with the Nansen:-Gakkel Ridge and
the Lomonosov Ridge.
The higher silicate values in the low NO water near the Morris Jesup Plateau demonstrate
the influence of Pacific water, indicating that these waters flow from the Canadian Basin, ie, are
the return flow of low NO water that has entered the Canadian Basin from the Eurasian Basin
and has had its silicate concentrations increased through interactions with the higher silicate
concentration water of the Canadian Basin. The relative concentrations of silicate in the
outflowing Canadian Basin low NO water indicate the existence of two distinct classes of
Canadian Basin low NO water, similar to what was found in the returning Atlantic Layer. We
hypothesize that these differences in the outflowing low NO water show that the water at
Stations 40 to 44 comes from the Canada Basin, and the water at Stations 36 to 39 and at
Stations 45 and 46 comes from the Makarov Basin. A hypothesized flow scheme for the low
NO water in the Arctic Ocean is shown in Figure 4.
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Figure 4. A hypothesized flow scheme for the low NO halocline water.
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Finally, we note that the low NO water returning from the Canadian Basin has higher CFC12 and carbon tetrachloride concentrations than are found in the underlying returning Atlantic
Layer. In the central Eurasian Basin, the low NO water has lower concentrations of these
transient tracers than are found in the underlying Atlantic Layer. Thus, while the low NO water
appears to have a circulation pattern similar to that of the Atlantic Layer, the flow rates are not
the same.

Jones, E. P., Anderson, L. G. and Wallace, D. W. R., 1991: Tracers of near-surface, halocline
and deep waters in the Arctic Ocean: Implications for circulation. J. Mar. Systems, 2, 241-255.
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HYDROGRAPHIC OBSERVATIONS
DURING THE "ARCTIC 194" EXPEDITION
K. Aagaard
E.C. Carmack
E.P. Jones
R.W. Macdonald
F.A. McLaughlin
R.G. Perkin
J.H. Swift

University of Washington
lOS Patricia Bay
Bedford Institute of Oceanography
lOS Patricia Bay
lOS Patricia Bay
lOS Patricia Bay
Scripps Institution of Oceanography

The icebreakers CCGS Louis S. St. Laurent and USCGC Polar Sea
carried out the first scientific crossing of the Chukchi Abyssal Plain and
Makarov Basin of the Arctic Ocean during the Arctic 194 Arctic Section
expedition. Objectives of our water column work were to study the origin and
circulation of the waters of the Arctic Ocean and nearby seas, to determine the
surface-to-bottom distributions and sources of the physical and chemical
characteristics, the location, origin, and structure of subsurface boundary
currents, and to contribute to studies of the response of the regimes to
environmental forcing. The water column program provided the trans-Arctic
section a complete program of CTD and Small volume .. hydrographic
measurements meeting WOCE parameter and quality recommendations. This
work was supported by the US National Science Foundation and the Office of
Naval Research, and the Canadian Panel on Energy Research and
Development, the Arctic Climate Greenplan, the Arctic Environmental Strategy
of Indian and Northern Affairs and Department of Fisheries and Oceans.
11

The Louis S. St. Laurent is well-equipped for high-latitude CTD/rosette
work. On the starboard side of the vessel there was a small CTD/computer van
and a large double-van rosette room. The rosette was launched through a large
A-frame. Drawbacks were few: the winch operator had no shelter (this will be
added) and the launch site is ea. 10 meters above the water. The latter is not a
problem for in-ice operations. The Louis is outfitted with a full suite of
laboratories for the analytical equipment. Accommodations for 26 scientists are
provided; additional berths are sometimes available.
The icebreakers departed Nome, Alaska, on 24 July beginning on the
Chukchi shelf a section of 35 hydrographic stations across the Chukchi Abyssal
Plain and Makarov Basin, then down the Eurasian side of the Lomonosov Ridge
to the North Pole, which was reached 22 August. Water column work was cut
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short at that point because the Polar Sea developed. mechani~al proble:n:s: Both
ships exited the Arctic together through Fram Strait, occuppng an additwnal4
stations enroute. (See cruise track in Figure 1.)

Arctic Ocean Sedion 1994

r..-..
for
SOo
ondCCGS l - S. Sll.annl
USCOC Palor

Sc:lonco - . . ...

CCGS ~ S. SI. lMnnl
24 ~"' t2 s.s-. ,_

Figure 1 - Track of the Arctic '94 Arctic Section Expedition.
The US/Canadian water column measurement team on the Louis S. St.
Laurent carried out full depth CTDO profiling with a Neil Brown Mark Ill CTD
probe and 36-level rosette sampling using low-contamination 10-liter
ODF/Bullister bottles. Water samples were collected for CFCs, helium, oxygen,
C02 system components, AMS 14 C, tritium, 18 0, nutrients, salinity, trace
metals, radionucleides, and organic contaminants. CTD and water sampling was
carried out at 39 stations, and was remarkably trouble free.
.
We examined sections of potential temperature, salinity, sigma-0, and
s1gma-2 from the CTD data for our section from the Chukchi shelf to the North
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Pole. We observed multiple warm cores in the Atlantic Layer (depths of about
200-400 meters) near 1.0°C along the Chukchi boundary, and warmer than
1.5°C on the Eurasian side of the Lomonosov Ridge (see Figure 2). Earlier data
from the Makarov Basin showed no water in this layer warmer than 0.5°C. In
1993 the IOS group found water warmer than 1oc on the Makarov slope just
north of the Chukchi Sea. The Arctic •94 data extend this finding, showing the
Atlantic layer near both the Chukchi and Lomonosov ridge boundary areas onehalf degree warmer than measured before 1993. In some places the insulating
fresh, cold upper layer was somewhat eroded, though far from completely. One
of the important issues facing us now is to place this warming in context. Such
sub-decadal variability is important to climate models.
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-0.5000
-0.3000
-0. 1000
0. 1000
0.3000
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1. 1000
1.

Figure 2 - Potential temperature section from the Chukchi shelf (left)
to the Eurasian flank of the Lomonosov Ridge (right). Pressure axis
is 0-4000 db full scale. The warm cores show at· ea. 200-400
decibars above each primary bathymetric feature.
There is a weak deep horizontal salinity gradient across the ChukchiMakarov sector, with higher deep salinities near the pole on the Canadian side of
the Lomonosov Ridge. At station 22 in the SE Makarov Basin we saw
deflections in the salinity isopleths due to the presence of a bolus of relatively
fresh, cold, young deep water (see below).
Isopycnals generally slope slightly down from pole-to-shelf across the
domain covered by this section, with more significant deflections associated with
each principal bathymetric feature, and circulation associated with the bolus of
young deep water found at station 22 (see below). Sharp iso~ycna~ slopes over
the Lomonosov Ridge (stations 30-34) showed geostroph1c adJustment to
relatively strong upper-layer flow along the ridge crest. The most intense deep
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deflections in sigma-2 were found on the Eurasian flank of the Lomonosov Ridge
and, to a lesser extent on the southeast flank of the Makarov Basin.
We found the central Canadian sector of the Arctic Ocean to be an
oceanographically active environment, not a "dead end" isolated from any active
role in the global circulation by the shallow sill through Bering Strait, the
Lomonosov and other ridges, and its sheer distance from the North Atlantic
Ocean. Instead, the Canadian sector is importing water, modifying it, and
exporting it in ways which have important effects and consequences.
For example, biological activity on the Chukchi shelf is so high in
summer that phytoplankton photosynthesis can supersaturate oxygen in the
surface waters there by almost 50% in places (see Figure 3), yet the debris left
behind by those organisms and their predators sinks and decays, regenerating
nutrients and using up oxygen on the bottom of the shelf. These shelf-bottom
waters can get rather dense, due partly to brines released from ice formation
above, and then flow off the shelf, carrying regenerated nutrients and,
potentially, contaminants into the central basin.
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Figure 3 - Oxygen percent saturation versus pressure for Arctic '94.
stations over the Chukchi shelf.
Winter shelf waters ?-ave been thought to reach rather high densities.
Although there are observatwns of this, establishing a direct connection to the
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deep waters, which seems essential to models of deep water formation in the
Arctic, has been elusive. We found during Arctic '94 what is perhaps an
important new piece to this puzzle: At station 22, on the periphery of the
Makarov Basin, we saw a bolus of water dense enough to be centered at 1000
meters with unique characteristics that could have come only from the shelf.
Relatively high CFC concentrations confirmed its recent origin. This bolus has
entered the Makarov Basin, and now slowly freshens the deep water. This may
be the first direct observation of "new" high density shelf water actually in the
deep basins.
On their own the Arctic '94 CTD/hydrographic/tracer/contaminant data
are a unique, well-placed, and important data set, providing the first reference
quality section across the Chukchi Abyssal Plain and Makarov Basin, and a
careful, synoptic section of closely-spaced stations across the Eurasian flank of
the Lomonosov Ridge near the North Pole. The Arctic '94 section also joins to
the Oden 1991 section in the Makarov Basin near the Lomonosov Ridge, and
these in turn can be joined to the Polarstern 1987 Nansen Basin section to form
a nearly complete, shelf-to-shelf trans-Arctic section of high quality surface-tobottom multi-tracer stations.
Arctic '94 data from all bottle sampling programs are being brought
together and redistributed to expedition participants. For information about
Arctic '94 CTD, salinity, oxygen, and nutrient data (available to the general
community approximately October 1996) contact:

J ames H. Swift
UCSD/810, 0214
9500 Gilman Dr.
La Jolla, CA 92093-0214
USA
tel: (619) 534-3387
fax: (619) 534-7383
email: jswift@ucsd.edu
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Residence Times in the Upper Arctic Ocean
Peter Becker
CCPO, Old Dominion University, Norfolk, Virginia
GOran Bjork
University of GOteborg, Department of Oceanography, S-400 40,
Goteborg, Sweden
Abstract
There is increasing interest in the role of freshwater in ocean circulation and climate change. Since the Arctic Ocean rec~ives over 10% of
the global runoff and is a major source of freshwater to the North Atlantic, the residence times for freshwater in the Arctic Ocean assumes
increased importance.
The most frequently cited estimate for the residence time of a substance in the Arctic upper layers is (~ 10 yr.). Estimates are derived
from volume exchange calculations, radioactive tracer mea.Surements,
river discharge data and naturally occurring stable isotope ratios"{Aagaard and Coachman, 1975; Ostlund and Hut, 1984; Schlosser et al.,
1993]. However, these estimates have a large range and are made under
many different assumptions.
As an example, the residence time Tr, of a substance in a system
with volume V. is defined as Tr = V./Q, where Q is the flux of water
into the system (volume is assumed conserved and mixing complete
within the volume). This time scale is identical to the "e-folding" time
scale which is the time it takes to reduce the initial concentration of the
substance in the control volume to 1/e times the initial concentration
when flushing it with water of zero concentration of the substance at
flux rate Q.
If one utilizes a volume exchange model and assume all of the freshwater is river runoff (est. 3.3 x l0 12 m 3 yr- 1 Aagaard and Carmack
[1989] and the volume of the Arctic mixed layer plus the halocline is
1.41 x 10 15 m 3 (7.0 x 10 12 m 2 (area) x 200m(average depth)), we get
a residence time of::::::: 400yrs. While this is significantly larger than
the published residence times, it represented the theoretical maximum
residence time for freshwater in the Arctic mixed layer and halocline:
the fully mixed volume exchange time. The order of magnitude difference between the observations and modeling indicates the residence
time of freshwater in· the Arctic requires some further investigation.
We utilize passive tracers in a one-dimensional numerical model of
the Arctic (see Bjork {1989}, {1990} for details), to clarify the various
components that determine the overall time constant for freshwater
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residence and to determine the "best possible" values of the residence
time as a function of depth in the Arctic mixed layer and cold halocline.
The model time constants are validated against independent tritium
data [Ostlund and Grall, 1993]. The darification occurs in at least
three aspects:
1. The model successfully reproduces most of the observed distribution of salinity; temperature and tritium in the Arctic above the
Atlantic layer (Fig. la,b). Comparison of model calculated tritium
ages with actual data indicates that the model physics are correct
and that vertical mixing of water masses by thermohaline driven recirculation of about 0.8Sv over the continental shelves must also occur
in the Arctic ( Fig. le).
2. Thermohaline driven re-circulation is the factor that creates the
errors in age calculations. under "freight car" paradigms. The model
can help us understand the observed range of ages of tracers in the Arctic water column. The model residence times for tritium labeled water
in the mixed layer are 0(10 yrs), and at depth they are 0(100 yrs)
(Fig. 2).
3. The model results, utilizing dynamics that correctly reproduce
Arctic mixed layer and cold halocline vertical structure in salinity,
temperature, density and various tracers, also indicate that these same
dynamics act to filter out interannual fluctuations in the freshwater
influx from runoff and Bering Strait flow with amplitudes of 0(10%)
and periods of $30 years by the time they reach Fram Strait. This
would suggest, in accord with other investigations, that such short term
Arctic freshwater fluctuations are not. the direct cause of freshwater
anomalies in the northern North Atlantic (Fig.3).
A natural way to define the residence .in this type of system is to
inject a certain amount of tracer in the model at different levels and for
each level calculate the time it takes to reduce the total tracer content
to 1/e times the initial value. This will give a meas1.1re of th(l residence
time as a function of depth as shown in Fig. 2~ The residence time,
Tre•; increases quite dramatically with depth, from about 25 years in
the mixed layer, to about 200 years at 200m.
Also plotted in Fig. 2 is the outflow time scale, Tout; which is simply
the volume of each depth interval divided by the outflow, qi, from each
level. The two time scales Tre• and Tout follow each other quite closely
which can be explained by the fact that, in spite of the relatively large
vertical spreading of the tracer by the shelf circulation, the main bulk
of the tracer is removed by the outflow over a rather narrow depth
interval close to the level of injection. Tres is slightly longer than Tout
at the surface as a result of the shelf circulation which re-distributes
the tracer to deeper levels where the outflow is weaker. At deeper
levels, below about 75m, Tre$ is shorter than Tout because the upward
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motion generated by the shelf circulation (see Fig. le) advects the
tracer upward to levels with generally stronger outflow.
The Arctic Ocean pool of freshwater has recently been the subject
of a great deal of interest as the potential source for salmity anomalies
in the Nordic Seas and the North Atlantic {Aagaanl and Carmacl,
1989]. Thus, it is of interest to investigate the dynamical time scales
of our model andsee how these will affect the transmission through
the system of a dynamical active ''tracer" such as freshwater. The
main question will be to find out what fraction of variations in the
freshwater infiow show up as variations in the freshwater outflow. In
order to compute the transfer function for freshwater ftuctuations the
standard river inflow was modulated by a low frequency signal with
a period of 5 to lOO yrs and an amplitude 0 10% of the maximum
inflow. The rate of transfer of this variation was determined as the
ratio between the river How fluctuations and the ftuetuation in the total
freshwater outtlow (water plus ice). The transfer function indicates
that the model strongly damps out variations with periods shorter
than several decades. In order to get more than half of the signal
through, the period must be longer than 30 years~· The reason for this
strong damping is that it takes time to fill tbe freshwater pool in the
model to a level where the' inflow matches the outflow.
The impact of the transfer function on realistic fluctuations in the
freshwater supply is shown in Fig.3 where time series of river runoff
along with Bering Strait How and salinity between 1943-1987 has been
used as forczing for the modeL As can be expected, very little of the
fluctuations in the influx show up as fluctuations in the outflow. This
result shows dearly that it is unlikely that Uifiow anomalies could be
the direct cause for the observed freshwater anomalies in the seas which
are the freshwater recipients for the Arctic Ocean.
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VENTILATION TIMES OF THE DEEP WATERS IN THE ARCTIC
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ABSTRACT
A14C and 39Ar data collected in the Nansen, Amundsen and Makarov basins
during two expeditions to the central Arctic Ocean (RV Polarstern cruises ARK IV /3,
1987, and ARK Vlll/3, 1991), are used, together with published A14C values, to describe
the distribution of A14C in all major basins of the Arctic Ocean (Nansen, Amundsen,
Makarov and Canada Basins), as well as the 39 Ar distribution in the the Nansen Basin
and the deep waters of the Amundsen and Makarov Basins. From the combined A14C
and 39 Ar distributions, we derive ~nformation on the mean 'isolation ages' of the deep
and bottom waters of the Arctic Ocean. The data point toward mean ages of the bottom
waters in the Eurasian Basin (Nansen and Amundsen Basins) of ea. 250- 300 yr. The
deep waters of the Amundsen Basin show slightly higher 3H concentrations than those
in the Nansen Basin, indicating the addition of a higher fraction of water that has been
at the sea surface during the past few decades. Correction for the bomb 14C added to the
deep waters along with bomb 3H, yields isolation ages for the bulk of the deep and
bottom waters of the Amundsen Basin similar to those estimated for the Nansen Basin.
This finding is in good agreement with the 39 Ar data. Deep and Bottom waters in the
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Canadian Basin (Makarov and Canada Basins) are very homogeneous with an isolation
age of ea. 450 yr. Based on ~14C and 39 Ar data and a simple inverse model treating the
Canadian Basin Deep Water (CBDW) as one well-mixed reservoir renewed by a
mixture of Atlantic Water (29%), Eurasian Basin Deep Water (69%), and brine-enriched
shelf water (2%) yields a mean residence time of CBDW of about 300 years.
DESCRIPTION OF THE DATA SET
The data set used in this paper consists of three parts: 1) A 14C section collected
during the 1987 crossing of the Nansen Basin by RV Polarstern (Fig. 1). These data, as
well as the methods used for collection and measurement of large volume (LV) 14C,
accelerator mass spectrometry (AMS) 14C, and 39 Ar samples have been described
previously (Schlosser et al. 1990, 1994a); 2) 14C profiles and 39Ar samples collected in
the Nansen, Amundsen and Makarov Basins during the ARCTIC 91 expedition on
board RV Polarstern (Fig. 1). The 14C data from this cruise are exclusively high-precision
LV measurements performed in the 14C laboratory of the University of Heidelberg.
Sample collection and measurement procedures are identical to those used for the LV
samples collected during the 1987 expedition and are described by Schlosser et al.
(1994a); 3) Three published 14C profiles from the Canadian Basin (Makarov Basin: one
profile (Ostlund, Possnert and Swift 1987); Canada Basin: two profiles (Macdonald and
Carrnack 1991; Jones et al. 1994a)). The 14C data from the Makarov Basin are from the
1979 LOREX (Lomonosov Ridge Experiment) ice camp and LV measurements were
made at the University of Miami. The data published by Macdonald and Carmack

(1991) and by Jones et al. (1994a) are AMS data collected during the 1989 C.C.G,S. Sir
John Franklin cruise (SJF) and the 1992 U.S.C.G. Polar Star cruise (PS 92). They were
measured at the IsoTrace AMS laboratory of the University of Toronto and at the
Woods Hole Oceanographic Institution National Oceanographic AMS facility,
respectively. Figure 1 summarizes geographical positions of all stations.
The 3H measurements used to indicate the penetration of bomb 14(: into the water
column were measured at the University of Heidelberg (ARK IV) and at the University
of Miami (ARK VIII and Canada Basin station SJF; Fig. 1). It is evident from Figure 1
that presently we have the best coverage for the Nansen and Amundsen Basins,
whereas the database for the Canadian Basin is still fairly sparse. However, the new
data from the ARCTIC 91 expedition presented below allow us, for the first time, to
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compare 14(: data from all major deep basins of the Arctic Ocean. Additionally, it
provides the first 39 Ar data from the Canadian Basin.
CONCLUSIONS
The data set presented above of all the major basins of the Arctic Ocean, allows
us to draw the following conclusions:
1. The deep and bottom waters of the Eurasian Basin (Nansen and Amundsen

Basins) are significantly younger than those of the Canadian Basin (Makarov and
Canada Basins). The mean isolation ages of the deep and bottom waters in the Eurasian
Basin range from about 160 yr (about 1500- 2600 m depth) to ea. 250 to 300 yr (bottom
waters below 2600 m depth). These results are based on a pre-bomb surface ~14(: value
of -55%o (Ostlund, Possnert and Swift 1987) and are in agreement with box-model
calculations tuned by transient tracers (3H, CFC-11, CFC-12, 85Kr). They further agree
with estimates of the isolation age based on 39Ar measurements (Schlosser et al., 1994a).
2. The Lomonosov·Ridge is an effective barrier for exchange of deep and bottom
waters between the Eurasian and Canadian Basins of the Arctic Ocean. This results in
significantly higher isolation ages of the deep and bottom waters in the Canadian Basin.
3. There is no measurable 14C gradient between the deep waters of the Makarov
Basin (depth~ 2000 m) and the southern Canada Basin (depth~ 2500 m). There is also
no detectable vertical gradient in the deep waters of the Canadian Basin. A
straightforward estimate of the isolation age of the deep Makarov and Canada Basins
yields values of about 450 years (pre-bomb surface ~14C value: -55%o).
4. 3H concentrations in the deep Canadian Basin are very close to or below the
detection limit. If the renewal of deep water in the Canadian Basin were continuous, we
would expect 3H levels of ~0.05TU. From this observation, we conclude that the renewal
of deep water in the Canadian Basin might be variable in time and that it might have
been reduced during the past few decades. Variability in deep water formation has been
observed in other parts of the coupled system Greenland-Norwegian Seas and Arctic
Ocean (see, e.g., Schlosser et al. 1991; Rhein 1991; Meincke, Jonsson and Swift 1992). An
alternative explanation of our observations is renewal of deep water through narrow,
confined boundary currents that have not yet been sampled for transient tracers. Input
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of CC14 to the oceans reaches further back in time. CCI4 data from the Canadian Basin
should therefore provide a better test of the hypotheses outlined above.
A detailed discussion of the results summarized in this contribution is give by Schlosser
et al., 1994b.
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Anomalous warm Water in the Canadian Basin of the Arctic Ocean
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Abstract.
Potential temperature {9) and salinity (S) data
were obtained from the southern Canadian Basin north of the
East Siberian Sea in 1993 aboard the CCGS Henry Larsen.
These data show a thermal front along the East Siberian
Shelf break and Mendeleyev Ridge that separates the cooler
Atlantic waters of the Canada Basin from those of the
Makarov Basin. This front is further characterized by a
change in the 9/S slope of Arctic thermocline water, and by
pronounced thermohaline intrusions {9 and s reversals)
within the core of Atlantic Water. Our suggestion that
these waters have arrived recently from the Eurasian Basin
is supported by higher levels of anthropogenic CFC-11.

It has become common in recent years to refer to the Arctic
region as a possible bellwether of climate change (ACSYS, 1994).
This view has come from GCM-type models which predict changes
resulting from increasing the atmospheric concentrations of
greenhouse gases (cf. Walsh and Crane, 1992). Aagaard and
Carmack (1989) proposed that climate perturbations could also be
effected by inter-basin advection of water, such as the export of
fresh water components from the Arctic to convective sites in the
North Atlantic, and later suggested (Aagaard and Carmack, 1994)
that the basic structure of the Arctic interior could also be
subject to re-arrangement.
In this paper data obtained from the
Canadian Basin in September, 1993, aboard the CCGS Henry Larsen
are used to document what appears to be a large-scale influx of
unusually warm water of Atlantic origin into the Canadian Basin.
Past work in the Arctic Ocean has led to the very general
picture that the upper half of the water column holds two basic
water mass assemblies (cf. Mclaughlin, et al., 1994): one in the
Eurasian Basin characterized by a cold mixed-layer and halocline
underlain by warmer water of Atlantic origin; and one in the
Canadian Basin in which nutrient-rich water of Pacific origin
spreads between the surface layer and a cooler, more dilute
variety of the Atlantic Water (see Carmack. 1990, for review).
From earlier North American data obtained at T3 (Kinney et al.,
1970); LOREX (Moore et al., 1983), CESAR (Jones and Anderson,
1986), and AIWEX (Anderson and Swift, 1990), and from Russian
historical data (see Gorshkov, 1983) it appeared that the
Canadian Basin assembly extended fully to the Lomonosov Ridge
where a e;s front separated the two basic domains (see Pounder
1986). Our data below suggest that a front does separate the two
a~semb~ies, but that in 1993 it was located near the Mendeleyev
R1dge 1n the southern Canadian Basin.
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Figure 1 is a map of e x within the Atlantic Layer drawn by
Treshnikov (1977) upon whic~ values of e~x observed at deep
stations during Larsen-93 have been addea. The Russian
historical data reveal no water warmer than about 0.7°C east of
the Lomonosov Ridge in the Canadian Basin, whereas Larsen-93 data
show water in the southern Makarov Basin above 1.4°C. Figure 2
compares potential temperature profiles from LOREX, T3, CESAR,
and AIWEX with those of Larsen-93. The maximum potential
temperature within the Atlantic layer is almost 1.0°C warmer in
the anomalous water from Larsen-93 than previously observed, and
the ema~ core is much shallower (less than 250 m) than in the
histor1cal data (below 400 m). This means that the new warm
water occupies that part of the water column previously occupied
by halocline water of Pacific origin. The transition region is
marked by the occurrence of inversions (9/S reversals) near the
core of Atlantic Water. Similar features have been observed in
the Eurasian Basin by Perkin and Lewis (1984), and Rudels, et al.
(1994). Figure 3 compares the vertical distribution of the
transient tracer CFC-11 at Al with that at El; from this it is
seen that within the intermediate layers both the concentrations
and penetration depths of CFCs are greater in the Makarov than in
the Canada Basin.
In summary, we think that a major thermohaline disturbance
is occurring in the Arctic Ocean, one that began to develop
within the past five or so years (cf. Quadfasel, et al., 1991).
The cause and scale of this disturbance is presently unknown.
The significance of the intrusion of new Atlantic water is that
it represents a direct and rapid transport pathway of water from
the North Atlantic, along the continental margin of the Eurasian
continental shelf, and into Canadian Basin; such a pathway may
carry tracers other than temperature (e.g., radionuclide and
organochlorine contaminants).
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MODEL. Non-stationary, three-dimensional, baroclinical model of circulation, based on
fult equations of ocean hydrotermodynamics, has been constructed for investigation of
interannual variability of currents of the Barents Sea during summer season. Method of
splitting problem according to physical processes has been used for realization of the
model. lt simplified original system appreciably and application of effective numerical
methods for its solution became possible.

Results of three of numerical diagnostic adaptive experiments on calculation of water
circulation are submitted. In first experiment mean fields of temperature (T) and salinity (S) for August-September 1980-1992 have been used. In second and third ones
fields of T and S observed in August-September 1984 and 1987 have been used.
The design-basis area was approximated by uniform horizontal grid with step 50 km.
Along vertical line the area was approximated by 9 levels: 0, 30, 50, 75, 100, 150,
200, 250, 300 m. Integration time step in all three numerical experiments was 6
hours.
Conditions of execution of adaptive
numerical experiments were the following. Using initial distribution of
temperature, salinity and values of
velocities on contour of the designbasis area, diagnostic calculations
(wind was absent) were performed
without the equations of transfer of
heat and salt. The computations
were done till transition to a steady
state ( 20 days). Then the calculated
field of currents and initial fields of
temperature and salinity were used
as initial approximation in forecast
model. The computations forecast
model were done till reaching of
"initial" stationary mode (Sarkisyan,
Demin, Brehovskih, 1986). The time
of adaptation was equal to 10 days.
DATA. Deep-water temperature and
salinity observations during AugustSeptember 1980-1990 and AugustSeptember 1984, 1987 were used.
Distances between them were about
50 km in 1984, 1987 and 30 km ap-

Fig. 1. Position of deep-water temperature and
salinity observation in August-September 19801990.
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Branches of the North-Cup current
were pronounced in mean multi-year
circulation and in circulation calculated for 1984. Velocities of the mean
multi-year currents near sea surface
reach 5 cm/sec in both branches. In
August-September 1984 velocities in
the South branch and in cyclone
above Central depression reached 9
cm/sec.
In August-September 1987
characteristic values of currents near
surface were not more 3-5 cm/sec.
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In north part of the sea mean multiyear currents were 0. 5-1 cm/sec,
currents in 1984 and 1987 were 1-2
cm/sec and less 0. 5 cm/sec correspondingly.
Fig. 2. Undersurface currents (cm/sec): mean
multi-year ones (a), in August-September 1984
(b) and 1987 (c).
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Structure of currents on different
depths remains identical for all the
sea. The west part of sea is exclusion.
There
is anti-current under
North-Cup current from depth 150 m.
lt is directed into the Norwegian sea,
velocities
near
bottom
reach
4
cm/sec. This anti-current were pronounced most on mean multi-year circulation and least on circulation for
1987.

-10 U'I/C

15

60

As structure of currents on different
depths is identical we can say about
large contribution of barotropic parameter into circulation of the Barents
sea. lt is verified by high coefficient
of correlation between the streamfunction and ratio "Koriolis parameter I
depth of sea". lt points to determining influence of topography of bottom
into generation of the Barents sea's
permanent currents. In particular the
anticyclone
south-westwards Zemlya
Frantsa-losifa, mentioned above, is
caused by height with difference of
depths 300-350 m (average depth of
the Barents sea is 222 m).

10

30

45

Fig. 2. Continuation .

.b

Fig. 3. Anomalies of heat capacity (kcal/cm2) of layer
(b).

m in 1984 (a) and 1987
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Analysis of temperature and heat capacity for whole sea has shown that
the 1984 was warm (almost neutral)
and the 1987 was cold year. Fig. 3
shows that there are zones of heat
capacity extremums in layer 0-200 m.
In 1984 very warm zone with anomalies of heat capacity up to 24
kcal/cm 2 was in north-north-west part
of the sea round White (Kvitoya) island ( 80°10 N, 32° E). In 1987 very
cold zone with anomalies of heat capacity -24 kcal/cm 2 was above north
slope of Central bank. So we had
possibility to study circulation of the
sea for years very differentiating in
temperature conditions.
Field of currents in the warm year
1984 correlates quite well with currents in cold 1987 (fig. 2 and 4).
Coefficient of linear correlation of the
streamfunction for the whole sea for
these years was 0. 86. The correlation
coefficients of values and directions of
vectors of currents were about 0. 7
(the coefficients were calculated separately for values and directions of
vectors).
lnterannual variability of circulation is
perfectly pronounced
in
areas
of
strong current: in large-scale eddies
and jets of warm currents. There was
substantial moderation of the currents
in these areas in cold 1987 in comparison with climate currents and currents in warm 1984. So, for example,
rate of water flow in cyclone above
the Central depression was 0. 6 Sverdrup (Sv) in August-September 1984,
0. 3 Sv for climate circulation and 0. 2
Sv only in August-September 1987.
Rate of water flow in anticyclone in
north part of the Barents sea was
changed from 0.1 Sv in 1987 to 0. 3
Sv in 1984 (fig. 4). lnterannual variability of water circulation in southwest part of the sea was displayed in
displacement
of
anticyclone
along
g eo graphic a I p aralle Is . Bec au se of it
reverse flow of warm atlantic water
from the Barents to Norwegian sea
was weak (about 0.1 Sv) in 1984 and
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Fig. 4. Streamfunction (the tenth parts of
Sverdrup): mean multi-year (a) and for August-September 1984 (b) and 1987 (c).
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very pronounced
1987.

(about

0. 5

Sv)

in

c·

For decision of question what character of circulation
corresponds
to
"warm/cold" year in the Barents sea,
difference between zonal (along parallel) component of vector of current in
1984 (1987) and its climatic value was
calculated
for
each
design-basis
node. Similar differences were calculated also for meridian (along meridian)
component.
Calculated
differences were called anomalies of
currents.
Weighted averaged values of anomalies of zonal components of currents
for the whole sea were 0. 2 cm/sec
in 1984 and -0.1 cm/sec in 1987. For
the south-west part of the sea that is
main area of inflow of warm water
(southwards 74°30 N, between 25-35°
E) the value was 0. 7 cm/sec in 1984
and -0.2 cm/sec in 1987. So more
high-rate transfer of water along parallels from the Norwegian sea corresponds warm 1984 and weak transfer
defines cold 1987.

15

60

30
Fig. 4. Continuation.

Weighted averaged values of anomalies of meridian components of currents for whole
sea were 0. 2 cm/sec in 1984 and -0.3 cm/sec in 1987. lt displays that in cold year
meridian transfer of warm water from south to north is weak by comparison with average multi-year value. In the warm year it was close to norm. At the same time anomaly of meridian component near White Island was -0.3 cm/sec in 1984. Comparison of
plot of heat capacity anomalies (fig. 3) with anomaly of meridian component of current
shows inflow of warm atlantic water passed northward off Shpitsbergen (Svalbard) Islands into the Barents sea in 1984.
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Olafur Eggertsson

·Driftwood as an indicator or relative changes in the influx or Arctic and Atlantic Water into the
Snlbard area
-

A total of 276 driftwood samples from Wijdefjorden on the northern coast of Spitsbergen were
dendrochronologically analysed and compared with results from a similar study on driftwood from lsfjorden.
The composition and origin of the driftwood from the two places differ, Larix is almost absent in the
Isfjorden driftwood, whereas it comprises 25% of the Wijdefjorden collection. The lsfjorden driftwood has
its main origin (78%) in the White Sea region and the dates of the driftwood concentrate around the period
from 1950 to 1979, with only a few dates from the period 1910 to 1950. The Wijdefjorden driftwood has
two main origins: Siberia and the White Sea region. Of the White Sea components in the Wijdefjorden
driftwood, 73% of the dates are concentrated in the period 1910-1950 whereas only 20% are younger. It
can by argued that during the time period from circa 1910 to 1950 the activity of a warm northerly flowing
current along the western coast of Spitsbergen was stronger, transporting White Sea driftwood all the.way
to the Wijdefjorden area. However, after circa 1950 the input of White Sea driftwood decreased, and the
relative importance of the Siberian component increased. These results fit well with the climatic records from
Svalbard, showing a warm regime during the first half of this century due to increased activity of the
Atlantic warm current along the western coast of Spitsbergen. After circa 1950, the influx of Atlantic Water
became weaker, the climate became colder and the relative importance of Siberian driftwood, that is of the
Transpolar Current, increased on the northern coast of the Svalbard archipelago.
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MOORED CURRENT METER MEASUREMENTS IN THE EAST GREENLAND CURRENT
E. Fahrbach*, Ch. Heinze+, G. Rohardt* and R. Woodgate*

* Alfred-Wegener-Institut fiir Polar- und Meeresforschung,
Postfach 12 01 61, D-27151 Bremerhaven, Germany
+ Max-Planck-Institut fiir Meteorologie
Bundesstr. 55, D-20146 Hamburg, Germany
Between June 1987 to July 1994 current meter moorings have been deployed in the East
Greenland Current at approximately 75° N. At any time three to four moored arrays span the
continental slope in water depths between 400 m and 3400 m. Alltogether 19 moorings have been
recovered with 64 instruments with records ranging between 6 and 24 months.
The time series reveal significant average currents superimposed to which are important
fluctuations of various time scales from tides to long term trends. Variations with a time scale of a
week to a month reach velocities of up to 30 cm/s. Seasonal variations are obvious in most
records. Normally the currents are stronger in winter than in summer. In some years, the winter
maxium is split into two well separated maxima in autumn and spring.
The longterm mean currents determined as averages over the duration of the time series reveal a
current core with maximum velocities of up to 30 cm/s in a distance of about 45 km from the shelf
break and a water depth of approximately 2400 m. From the core the velocities decay towards the
centre of the Greenland Sea gyre to 6 cm/sat 110 km distance from the shelf break. Towards the
coast a secondary maximum is found at 1200 m water depth with 21 cm/s. On the shelf mean
currents of 10 cm/s were measured. The volume transport towards south across 750 N over a
distance of 140 km results in 24 Sv.
A primitive equation model with variable resolution of up to 10 km in the centre of the Greenland
Sea (Hamurg Ocean Ptimitive Equation Model) is used to study the structure and the variability
of the Greenland Sea gyre circulation. It is run for the time period January 1987 to December
1989 driven with daily ECMWF winds. The seasonal variations obtained in the model show
similar features as the observations, however the volume transport of the model is about half of
the one observed.
published in the
Extended Abstracts of the
Arctic Ocean Sciences Boad and Sonderforschungsbereich 318 "Processes Relevant to Climate"
Conference "Nordic Seas", Hamburg, March 7-9, 1995.
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The freshwater component in the Arctic Ocean outflow
through the Fram Strait
Hans J. Friedrich1>, Marie-Noelle Houssais2>,
Detlef R. Quadfasel1> and Bert Rudels 1>
t> Institut fiir Meereskunde, University of Hamburg
z> LODYC, University of Paris

Extended Abstract:
The popular picture of the conveyor belt - illustrating the teleconnection
between the circulation of the North Atlantic and the North Pacific usually leaves out one important detail, the shortcut flow across the Arctic
Ocean. A net flow through the Bering Strait feeds relatively low salinity
North Pacific Water into the Arctic freshwater lens with a negative
feedback potential for the ventilation of the North Atlantic Deep Water. We
associate this net flow with a mass flux Mp and a salt flux Spo Another net
inflow occurs from the Norwegian Sea (MM SN), across the Barents Sea
shelf into the Arctic. In contrast to the Bering Strait, here enters a
relatively haline water mass of Atlantic origin and works towards a salt
balance of the Arctic Ocean.
The Fram Strait between Greenland and Svalbard serves as the main exit
for low salinity water into the Greenland Sea. We associate the net outflow
through the strait with fluxes MGJ 8 0 . Particularly these fluxes may be
monitored by observations, and they are the focus of this investigation. A
second, less well documented net outflow occurs through the Canadian
Archipelago into the Labrador Sea (Mu SL).
Oceanic ventilation is intimately coupled to the Earth's heat balance. Thus,
the Arctic freshwater lens - reinforced by seawater fractionization in
perpetual freezing/melting cycles and by a large continental runoff, R, plus
some net precipitation, P - occupies a key position in the global climate
system. It is not surprising that several efforts have been made to estimate
rates of processes maintaining the freshwater lens or the underlying
halocline, respectively (e.g. Baumgartner and Reichel, 1975; Aagaard and
Carmack, 1989).
We assume steady state conditions and zero salinity for sea ice:

Mp + MN + M 0 + ML + P + R - IB = 0
Here, lE gives the mass of sea ice exported (primarily through Fram Strait).
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Usually, the freshwater component of seawater has been estimated in
reference to a water type of some (arbitrarily) specified salinity. On
principle, for the sake of uniqueness and in order to avoid bias and
confusion, we suggest to refer to the (volume-)mean salinity of the world
ocean, Swo = 0.03473 (Levitus, Burgett and Boyer, 1994). With this reference
value it is immediately obvious that the intermediate and deep layers of the
central Arctic contain anomalously haline waters.
Another aspect has been pointed out by Wijffels et al. (1992): for a given
volume, dv, of seawater at salinity, S, the freshwater content is actually
given by the difference between the total mass of that volume and the mass
of salts dissolved therein: JJI p(l - S) dv . With this definition, the difference
in seawater and associated freshwater content amounts to only 3-4%.
Here, we try to estimate in particular the rate of freshening the inflowing
haline water of Atlantic origin experiences before it leaves the Arctic basin
again through the Fram Strait. Our approach is as follows:
Given a pair of sections with CTD-profiles crossing the Fram Strait
approximately parallel at different latitudes, we calculate shear velocities
between the stations from the thermal wind equations 3>:
pfv = Op

gp = Op

«

c3x
Pfav + fvap =

«

&p

=

« axaz

8

ap

ax

av _ 1 ap
- - - - - v- ap
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p

We integrate numerically with pressure intervals of 1 or 2 decibars,
respectively (pk < z < Pk+1; CTDi < x < CTDi+ 1):
Pt•l

vk - vk+l

=

;1(f

Pt•l

6i+Idp -
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f 6,dp)
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We account for a bottom slope according to the method of Jacobsen and
Jensen (1926). At the deeper of 2 stations (here CTDi) we add:
a) above the deepest common level ~+ 1 :

~v

=

~H(tJ.o+ Jr_·-,•1
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-
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a)all symbols have their conventional meaning

)
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b) below this level:

To this baroclinic part of the flow velocity we add a barotropic correction
detennined by an inverse method imposing a number of constraints on the
total flow field 3):
0

fv<x>

f y.(x,z.)tkdx = - r"
1(z)

0

r.

=

f f y.(x,z.)V(x,z.)tkdx
~)

rn
'Yn

n=l:
n=2:
n=3:
n=4:
n=5:
n=6:
n=7:

:the imbalance of constraint n, n=l, .. ,N
: the property associated with constraint n
total salt conservation
deep heat conservation
deep mass conservation
deep mass conservation in the Sofia Deep
mass conservation below sill depth (-2600m)
heat conservation below sill depth
salt conservation below sill depth

In this variational problem, we minimize the kinetic energy of the deep
(total) flow. At shallow stations (cr8 :::; 28.05), however, we only minimize
the kinetic energy of the barotropic correction. The idea is thus to account
implicitly for a higher sea level north of the Fram Strait not considered in
the geostrophic balance but pushing water and sea ice out of the Arctic.
With the flow velocity calculated, and salinity (and density) given from
the CTD-profiles, it is straightforward to evaluate the appropriate mass
fluxes. We have done so for two cases observed during MIZEX84:

case A:

a joint campaign ofRVs POLARSTERN and VALDIVIA
during June/July 1984 (42 profiles)

case B:

a cruise of RV LANCE during August 1984 (47 profiles)

We carried out a series of experiments to study the sensitivity of this
method. A comprehensive manuscript of the investigation is under
preparation (Houssais et al.). In the terminology of Wijffels et al. (1992)
our analysis gives a freshwater outflow from the Arctic through the Fram
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Strait of 50 000- 60 000 km3yr· 1 • This outflow, however, is largely
compensated by an opposite flow across the Barents shelf. Since we
assumed that the sum of all fluxes maintains a salt balance for the Arctic
Ocean, we now introduce a mean value SN = S~MN for the salinity of this
haline inflow from the Norwegian Sea onto the Barents shelf. In this
context, we only discuss one aspect of our investigation, the resulting
freshwater function P + R ·lE= (Sp + SL + Sa)/~· (Mp + ML + Ma),
given in the table below.
To close the problem, we have taken data for the Bering Strait and for
the Arctic Archipelago from the literature (Rudels, 1987). The net effect of
these openings are the sinks4):
Mp + ML = -195.0

We show results for three different values of SN, spanning the range of
plausible values, and for the northern as well as for the southern section
of the two cases.

I

I

I

case A

case B

:; ~.85

34.95

35.05

34.85

34.95

35.0

north

15.8

21.0

26.2

0.4

6.3

12.2

south

21.7

26.9

32.1

30.4

36.3

42.2

SN

Table 1: the freshwater function P + R - lE in 106kg/s
With reference to the southern section the freshening function is of the
order 103km 3yr·\ and is of the same order of magnitude as a similar
previous estimate by Aagaard and Carmack (1989).
The difference between the values for the northern and for the southern
section may be interpreted as freshwater input from the melting of sea
ice within the control volume. The figures correspond to melting rates of
a few centimeters per day. Note that the melting rate is larger later in
the summer (case B).
acknowledgement: this work has been supported at the University of
Hamburg by the research project SFB 318-B3 of the German Research
Foundation, DFG.
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ATLANTIC-ARCTIC EXCHANGE IN A LARGE SCALE OCEAN
CIRCULATION MODEL
Riidiger Gerdesl
Alfred-Wegener-Institut, Bremerhaven, Germany

Introduction

The Arctic Ocean receives warm and saline water from the Atlantic while
cold and fresh water exists the Arctic Ocean with the East Greenland Current.
This fresh water is an important ingredient of the fresh water balance of the
European Polar Seas. Fluctuations of the fresh water export from the Arctic can
affect water mass formation in the European Polar Seas and possibly the deep
circulation in the Atlantic Ocean. The warm inflow on the other hand provides
one of the major heat sources for the Arctic Ocean. It influences the sea ice distribution and thickness and thus air-sea interaction over the Arctic. The salt input influences the stratification in the interior of the Arctic Ocean as well as
mixing processes at its margin.
Here I present results from a large scale circulation model concerning the
pathways of Atlantic water in the Arctic Ocean.

Model

The numerical model is intended for studies of Arctic- North Atlantic interaction. It is based on the GFDL ocean general circulation model (Pacanowski
et al., 1991, 1993) with modifications concerning the advection of potential temperature, salinity, and other tracers (Gerdes et al., 1991). The model domain
covers the whole Atlantic north of approximately 2QOS. To avoid numerical
problems at high latitudes the model is formulated on a rotated spherical grid
with the equator running along geographical latitude 3QOW. The horizontal resolution is 1Oxl 0 in this grid and there are 60 (unevenly spaced) levels in the ver1
Dr. R.Gerdes, Alfred-Wegener-Institut, Am Handelshafen 12, D-27570 Bremerhaven, Germany.
Tel. +49 471 4831 471 827, Fax +49 471 4831 425, e-mail: rgerdes@awi-bremerhaven.de
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tical. Due to the rather coarse grid the bottom topography is rather smooth and
some of the important passages are too shallow (Fig.1).
The model is forced by annual mean wind from Hellerman and Rosenstein
(1983). Thermohaline forcing is provided by prescribing surface temperature
and salinity winter distributions from Levitus (1982). The initial temperature
and salinity fields are also taken from Levitus. The model ocean is integrated
for 10 years from an initial state of rest.

Results
The model flow field at 200 m depth {Fig.2) exhibits the West Spitsbergen
Current and the Barents Sea inflow, the two major branches of Atlantic water
that enter the Arctic Ocean. The Barents Sea branch leaves the shallow shelf sea
through the St.Anna Trough. Both branches enter a cyclonic recirculation in the
Latitude

Section

60N

BOW

50W

20W

lOE

Fig. 1. Detail of the model bottom topography in t~e Arctic Ocean. Note
that Pram Strait is rather shallow due to the smoothmg of the topography
onto the approximately 100 km grid. The deep basi~s in _the interior of the
Arctic Ocean are divided by a single (Lomonosov) ndge m the model.
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interior of the Arctic Ocean that leads back to Fram Strait. The interior circulation seems to be steered by the major topographic features that are resolved
on the model grid.
The Atlantic water that flows northward through the upper 200 m of a
section in the Norwegian Sea has been marked by means of an artificial conservative tracer. The concentration of this tracer indicates the relative amount of
initially present water that has been replaced by the such defined Atlantic water
(Fig.3). Most of the Atlantic water recirculates within the European Polar Seas-..
The Atlantic water that enters the Arctic ocean does so mostly via the Barents
Sea branch. The volume transport in this branch amounts to 3 Sv while the
Fram Strait branch transports less than 1 Sv.
Latitude

60N

BOW

50W

20W

lOE

--c::::(

11.38 )

~ig. 2. Flow field at 200 m depth. Although the West-Spitsbergen Current

present at this level it carries little Atlantic water into the Arctic Ocean.
The main inflow of Atlantic water takes place through the Barents Sea.
IS
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Latitude

60N
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50W

20W

lOE

Fig. 3. Tracer concentration at 200 depth. The source for the tracer lies in
the upper 200 m of a section through the Norwegian Sea.

Modified Atlantic water can be found along the rim of the Eurasian Basin.
A salinity section (Fig. 4; position indicated in Fig.l) east of the St.Anna Trough
reveals the water mass structure that is imposed by the two branches of Atlantic
water. The inflow from the Barents Sea is visible as a fresh layer inshore and below the more saline Pram Strait branch. The fresh water mass is associated with
a distinct eastward current of around 1.5 cm/ s. The fresh surface layer of Arctic
moves westward with several cm/ s. Comparison with Polarstern cruise ARKIX/ 4 section G (Pig.5; data kindly provided by Ursula Schauer, AlfredWegener-Institut, Bremerhaven, Germany) confirms that the model captures the
basic structure of the salinity distribution. However, the salinity maximum of
the Pram Strait branch is too low in the model as is the temperature (not
shown).

394

r------

-500

-1000

-1500

-2000

-2500

2

3

4

5

6

7

8

Latitude

Fig. 4. Salinity distribution at the section indicated in Fig. 1. The Fram
Strait branch (high salinity, centred around 500m depth) and the Barents
Sea branch (relatively fresh, between 500m and lOOOm at the continental
margin) are clearly distinguishable.
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Fig.S. The salinity distribution on the Polarstern section G downstream of
the St.Anna Trough shows the same qualitative features as the model
section (Fig.4). The observed salinity in the core of the Fram Strait branch
is higher than in the model.
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Summary and Outlook

The properties of the Atlantic inflow through the Barents Sea are strongly
modified. A relatively cold and saline water mass meets the warmer and more
saline water of the Fram Strait branch at the St.Anna Trough. The transport of
the Barents Sea branch is 3 Sv which seems to be too high by around 50%
(Loeng et al., 1993). On the other hand, from its low temperatures and salinities
we can conclude that the Fram Strait branch is too weak in the model. It appears
that the representation of the topography in the Pram Strait area is too coarse to
allow a more realistic division of the two branches. Also, mixing between
Atlantic and Arctic water masses in the northwest corner of Spitsbergen is very
intense and the properties of the Atlantic water in the West-Spitsbergen Current
are perhaps too strongly modified.
Many model deficiencies can probably be addressed with a better representation of the bottom topography of narrow passages and interior ridges. This
can be achieved with a relatively modest increase in horizontal resolution.
Therefore, we plan to increase the horizontal resolution in the Arctic Ocean to
around 30 km in future model experiments. The ocean model will be coupled
with a dynamic/thermodynamic sea ice model in order to include water mass
modification over the shallow shelves in a more realistic manner.
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SOME CORRELATES OF THE DEVEWPMENT OF PREillSTORIC WHALE-HUNTING
AND CLIMATE CHANGE IN BERING STRAIT
R.K. Harritt
Environment and Natural Resources Institute, University of Alaska, Anchorage, 707 A Street, Anchorage,
Alaska 99501 U.S.A.
The present discussion focuses on two whale species that were most important to prehistoric and
traditional historic cultures of the area, and on the period when open water whaling techniques were
developed, AD 0-1500.
CETACEANS IN BERING STRAIT. The Gray whale (Eschrichtius robustus) and the Bowhead
(Balaena mysticetus) are baleen, or whalebone whales. The Gray whale is a benthic-feeding whale, it
dredging algae, amphipods and crustaceans from the bottoms of lagoons and other shallow coastal waters.
The Bowhead is restricted to skimming, open-mouthed, through schools of copepods, euphausids and
amphipods and straining the organisms from the sea water with its baleen plates. Both species begin migrating
northward by March and by May, most have arrived in northern feeding grounds; by late September both
species begin their southward migrations (Figure 1). Gray whales give birth before their northward spring
migration, while at their southern feeding grounds; the Bowhead give birth during the time of their spring
migration. Environmental and climatic factors that effect the distribution of whales in Bering Strait are the
positions of open leads in sea ice in the spring months, and the absence of sea ice in the fall; Bowheads tend
to be much farther from shore in the fall than in the spring, preferring the deeper, cooler water of the open
sea (Figure 1).
THE PREIDSTORIC DEVELOPMENT OF ESKIMO WHALING. The initial development of
open water whaling techniques that eventually resulted in the historic form began on the Siberian side of
Bering Strait and can be traced to Okvik/Oid Bering Sea culture dating to 300 BC with its focus on walrus,
seals and whales. The development of techniques for walrus hunting and pursuit of small, young Gray whales
found in shallow water was undoubtedly a critical step in the evolution of open-water whaling; specific
elements of hunting the large whales can be found in aspects of teamwork required in taking these smaller
animals. Historically, Native hunters commonly shot at the animals from the shore and then retrieved those
that were actually killed. Punuk emerged as the next stage in the Siberian continuum at ea. AD 700. Punuk
site locations in Bering Strait reflect a pattern of proximity to whale and walrus migration routes; specific
examples are sites on mainland coastal promontories on Siberian shores, St. Lawrence Island, and the Punuk
Islands. The development of whaling in northwest Alaska is related to the evolution of Birnirk culture.
Although Birnirk culture appeared in Bering Sea at around AD 300 and prec~ded the appearance of Punuk
culture by approximately 300 years, there is ample evidence that the two entities were contemporaneous
during parts of their respective tenures in the area. Changes that occurred after AD 600 in Alaska did not
substantially alter the basic technologies that had been developed by Birnirk people. The appearance of
Punuk art and tools at Wales dating to around 600 AD, and the Punuk forms of whaling harpoon heads in the
vicinity of Point Barrow at around AD 800 marks the appearance of Siberian whaling techniques on Alaskan
shores.
Important factors that must be considered especially with regard to bowhead hunting include the
sustainability of villages in coastal locations near the whale migration routes. A recent study by Braund and
Morehead demonstrates that another key element in whaling village sustainability is the location of the village
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in relation to the southward, fall migration of the whales; in this regard, on the Alaskan side of the Strait,
only Point Barrow is presently sufficiently close to the fall Bowhead migration for successful fall hunts to be
conducted (Figure 1). Gray whale hunting is apparently less dependent upon the closeness of migration routes
because these whales do not travel as single groups, and their feeding habits brings them into shallow, nearshore waters.
CLIMATE CHANGES OF THE PAST 2,000 YEARS. Changes in sea ice distribution, and
the locations of perennial polynyas in Bering Strait directly affect spring whale migrations to their feeding
areas in northern waters. A recent analysis of climatic change indicators attempts to synthesize soil
development on unstable accretional landforms, glacial histories, variability in developmental regimes of
beach ridge sequences and tree-ring data (Table 1). It is assumed that Mason and Gerlach's periods of
increased storminess correlate with lowering temperatures and possibly earlier formation of sea ice, or a
longer persistence of the ice during the spring. (The persistence of sea ice in the spring undoubtedly has the
effect of delaying whale migrations along the near-shore open leads on the eastern side of Bering Strait, at a
time that coincides with low food reserves for the human inhabitants of the coasts). The clear result of this
condition would be a need to replace whales with other foods such as seals or caribou; a prehistoric example
of this circumstance is described by Anderson that occurred sometime around AD 1400, the time of the
climatic cooling designated as the Little Ice Age. Conversely, a climatic warming trend would have the
opposite effect on whale migrations, by opening the leads earlier in the spring, a condition that would not
change the near-shore migration of the animals, but would ensure their presence in the area at a time when
they were badly needed to replenish food supplies. A long-term effect of a warming trend that occurred
sometime around AD 1000-1200 is described by Dumond, who suggests that a climatic warming trend at this
time opened new leads in the spring in Beaufort Sea ice enabling whale migrations further eastward than had
occurred previously; as a result, Western Thule people migrated eastward as well, finding new areas of the
northern coasts where whales could be easily hunted. Polynyas and Prehistoric Coastal Settlement Patterns.
Simply stated, polynyas are " ... mesoscale areas of open water or thin ice that are found at predictable,
recurrent locations in sea ice-covered regions at times and under climatic conditions where one would expect
the water to be ice covered." The importance of polynyas to prehistoric humans are their concentrations of
nutrients, which in turn attract concentrations of various fauna including sea mammals. On the basis of his
analysis, Schledermann suggests that this association may in some cases indicate the persistence of some
polynyas in the eastern Arctic for 2000-3000 years. In a recent study of polynyas in the Bering and Chukchi
Seas, Stringer and Groves point out that two types of the phenomenon may be distinguished on the basis of
the types of factors that result in their formation: latent heat polynya formation is related to factors of wind
direction and strength, and sensible heat polynyas are formed by advection of warmer water to the surface
from depth. Although Stringer and Groves do not specifically address the matter, there is also a loose
correspondence of some polynyas with near-shore deep water trenches (Figure 2). This relationship seems
consistent with the formation of the sensible heat polynya type, insofar as deep water trenches would have
convection cells that would both maintain the water at near~freezing temperature as well as aerating it.
Therefore, it is likely that polynyas that correspond with the locations of near-shore deep water trenches are
long term phenomenon that may have persisted for as long as 2,000 years, if not longer. Examples shown in
Figure 2 include those near Cape Prince of Wales and Point Hope on the Alaskan coast, and those along the
southeastern Chukchi Peninsula coast. It is notable that there is no deep-water trench in the vicinity of Point
Barrow, a condition that contributes to the importance of wind direction patterns in opening and closing of the
ice leads at this location.
SYNTHESIS AND CONCLUSION. The main points of the preceding are as follow: 1.) Of the two
types of polynyas in the Bering and Chukchi Seas described by Stringer and Grove (1991) the sensible heat
type associated with deep water, near-shore trenches appear to be long-term, stable feature's, as suggested by
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the presence of whaling villages on the adjacent shorelines. The best examples of these correlations are the
southeastern coast of the Chukchi Peninsula, the southwest coast of St. Lawrence Island, and the western end
of the Seward Peninsula coast at Wales. 2.) In the case of the Siberian coast, whaling has been carried out
over the past 2,000 years, a time during which sufficient whales and alternative resources must have been
present for sustained periods in order to support the populations in a relatively stable fashion. Although
Anderson suggests that whaling ceased on the coastal Chukotka Peninsula at around AD 1400, the time of the
Little Ice Age, Krupnik, et al. stress the continuity of whaling in this area from AD 1-19th century. In this
regard, it can be suggested that the whaling sites most sensitive to climatic change-- i.e. temperature and
wind direction - such as those in the vicinity of Cape Krusenstern were temporarily closed by the advent of
the Little Ice Age. In contrast sensible beat polynyas associated with deep water, near-shore trenches such as
that adjacent to Wales may have been remained, at least during the smaller climatic shifts. An exception to
this may be the whaling villages located at Point Barrow; in this particular case, the proximity of both spring
and fall Bowhead migrations may explain the persistence of this location over time, even though the nearshore, deep-water trench - sensible heat polynya - whaling village correspondences are not present in this
case. In the case of the Siberian sites, the presence of Gray whales feeding in shallow water near the shores
occurred annually from late spring through the summer; this sustained presence would provide ample
opportunities for hunting, provided late spring food shortfalls did not require complete abandonment of the
coast. 3.) The reasons for the relatively late acquisition of Siberian whaling techniques by Alaskans at around
AD 800 is a problem that is not presently resolved. The best evidence for Old Bering Sea-Okvik culture on
Alaskan shores is limited to a single fragmentary harpoon head found by Giddings in the vicinity of Lopp
Lagoon on the western Seward Peninsula, and a single Punuk house located at the Nunagiak site near Barrow.
The appearance of a characteristic Punuk type of harpoon head at the Walakpa site near Barrow at
approximately AD 800 is interpreted as the beginnings of the Siberian whaling on Alaskan shores. Insofar as
no clear explanations related to environmental factors present themselves as explanations for this late
appearance, cultural factors have been examined elsewhere as possible reasons for this circumstance,
including possible smaller human populations in Alaska than in Siberia and the Bering Sea islands, and the
possible existence of different human social and biological interactions spheres for the two areas. 4.) By the
time Alaskans acquired Punuk whaling techniques, the technologies and organizational elements were fully
developed in Punuk groups on the Chukotka coast and on the Bering Sea islands. It is important to point out
that whaling on the Siberian shores and on the islands began in Old Bering Sea-Okvik culture during a time
of increased storminess and presumably lower temperatures, and persisted over a warming period as well
(fable 1). The appearance of the Punuk harpoon head in Alaska corresponded to a warming period, and
predated by perhaps two centuries the process of the opening of the new leads in the Beaufort Sea and the
expansion of the Thule culture from Alaska eastward into the Canadian Arctic. This is essentially the same
process Dumond postulates for the expansion of Thule culture eastward, to its ultimate colonization of the
Greenland coast.
Achzowledgements. The development of the ideas presented in this paper was supported by my
employment with the U.S. National Park Service, Alaska Regional Office. Other contributions were made by
Owen Mason as a result of discussions we had on the feasibility of traditional whaling at Cape Espenberg.
The illustrations were drawn by Theresa Thibault.
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THE WINTER CONVECTION FEATURES IN THE LOFOTEN BASIN
V.Ivanov, A.Korablev. and O.Miakoshin
(Arctic and Antarctic Research Institute, St.Petersburg,Russia)

INTRODUCTION
The evidences confirming the existence of deep sea thermohaline anomaly above the
Lofoten Basin are known since early forties (Shott, 1942). According to Gorshkov (1980) and
Koltermann (1989) the Lofoten Basin is distinguished by circled isotherms and isohalines at the
500 m depth with horizontal scale similar to the scale of the Basin. Thirty years long
observations in the Norwegian sea, carried out within the framework of different research
programs ("POLEKS-NORTH", "Sections" and others) allowed to specify the features of this
anomaly, reveal its parameters and temporal variability. On the base of these field experiments
the "lens".:like shape of the anomaly was stated. It was found out that the horizontal scale of the
lens core is essentially lesser than the scale of the Lofoten basin, while its space location
noticeably varies from survey to survey, remaining, however, within the Lofoten Basin margins
(isobath 3000 m). The lens intensity (i.e. the degree of anomaly manifestation) is not constant
also and what is more the core may split into separate fragments which regenerate again into a
single structure within an unknown time
interval. The revealed typical annual evolution
TABLE 1 Lens statistical characteristics
of the lens provided the base for hypothesis
Mean SSD Max Min
Parameter
that possible source of the lens feeding is the
salty and relatively warm water periodically
665 190 967 371
Thickness (m)
pumping during winter convection. The
31 18 67
8
Hor. scale (km)
characteristic feature of the convection in this
case is that sinking water ought to be warmer
20
5 32 11
Geostr. vel. (cm/s)
than the ambient one. Hence the demanded
0.98 0.35 1.53 0.45
Nia x1Q3 (lls2)
buoyancy deficit is caused not only by the
winter cooling but by the unstable vertical
1.76 0.35 2.34 1.08
Nout xl0 3 (lls2)
salinity distribution as well.
AT max,hor ( C)

1.91 0.91 4.01 0.61

ASmax hor CO I oo)

0.11 0.05 0.23 0.05

laATI/ lfJASI

1.97 0.21 2.19 1.45

Tmax-Tour (oC)

-2.01 2.00 -0.21 -7.76

Smax-S.ur (oI oo)

0.01 0.04 0.08 -0.05

Tmax-Tbot ( 0 C)

4.89 0.04 5.04 4.82

Smax-Sbot COI oo)

0.19 0.01 0.21 0.16

0

LENS THERMOHALINE
STRUCTURE AND TEMPORAL
VARIABILITY
Using the collection of 14 specialized
surveys, the lens parameters have been
determined for each survey and than statistical
characteristics were calculated using standard
procedure (TABLE 1). From the presented
results it is obvious that the lens is strictly

402

manifested baroclinic (anticvclonic) structure with major temperature deposit into negative
density anomaly. The main "'dynamical parameters (thickness, horizontal scale, Brent-Vajs~a
frequency and geostrophic current velocity) vary in wide range as well as the thermohalme
characteristics. The great variance of temperature and salinity differences between the core and
the surface points out on the major influence of processes in the upper layer on the lens
dynamics. An additional argument in favour of this conclusion is an extremely weak variability
of the same parameters at the lower lens bound.
The temporal variability of major lens parameters is presented in FIGURE 1.
The following features are the
most significant for
1000
80
800
understanding of the lens
:§: 600
dynamics. The oscillations of
.;; 400
the upper and lower bounds are
~200
in the opposite phases. The
0
correlation coefficient is -0.66
-200 +--.--,---.---.---.,r--1
with 0.58 bound of 95%
1985
1987 1989 1991
1985 1987 1989 1991
8
confident level. The depth of
0.4
d
the lens upper bound is
5'
minimum in winter-spring and
~0.0
·~
is maximum in the late fan. The
~
lower bound annual evolution is
-0.4 +--r---r--r-r-,---,
approximately vice versa (the
1985
1987 1989 1991
1985 1987 1989 1991
maximum value as a rule is
observed in summer time). The
lens thickness is negatively FIGURE 1. Temporal variabillity of the following lens
correlated with horizontal scale: parameters:
correlation coefficient is -0.70 a. Depth of the upper (0) and lower (e) bounds (m);
b. Horizontal scale (km);
(0.62). Thus, within the annual c. Temperature difference ( C) between the core and the surface
cycle the lens deepens, squeezes ( 0) and between the core and the bottom (e);
in winter-spring and shallows, d. Salinity difference ( C) between the core and the surface ( 0)
expands during summer-fall. and between the core and the bottom (e);
Minimum values of temperature '--------------------------~
difference are obtained in the winter time while the analogous salinity difference in several cases
is negative (i.e. the salinity inversions are present).
<f.)

•

..........

0

0

FORMATION OF THE LENS CORE DURING WINTER CONVECTION
The mean TS-curves, illustrating the vertical thermohaline structure within the lens core
and its periphery in summer and in winter time are presented in FIGURE 2. Outside the core
in summer there are three different water masses: warm and freshened surface water (SW), more
salty Atlantic intermediate water (AW) and Norwegian Sea deep water (NSDW) (Johannessen,
1986). Within the lens core a nearly homogeneous intermediate layer- anticyclonic lens water
(ALW) totaly replaces AW and penetrates into the upper part of NSDW. In winter, vertical
homogenity is strictly manifested both in the centre of the lens and in its periphery. However,
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the thickness of the uniform layer inside the lens core is approximately twice higher (800 m)
than it is outside (400 m).
By means of non-advective thermal convection algorithm the possibility of the observed
seasonal thermohaline structure transformation was examined. The governing equations of the
model are written as follows (Bulgakov,1977):
(1)

(2)

p
Q;

(T ,S) - p
= Q;

(t),

i

(T(z), S(z))
+

T, S

=0

(3)
(4)

where: T, S and h - temperature, salinity and thickness of the uniform layer;
Cp and p. - heat capacity at a constant pressure and potential density of the sea water;
Qr and Q8 - heat and "salt" downward surface fluxes per unit area;
T(z) and S(z) -temperature and salinity below the uniform layer;
kz - vertical turbulent diffusion coefficient, determined according to expression:
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P s: p(z)

0,
kz. =

f>h2

P~

2(h + f>h)'

p(z)

where oh - vertical grid space step. Such definition of kz describes an instantaneous change of
the uniform layer parameters due to the entrainment of lighter ambient water. The thickness of
the uniform layer in this case increases according to the equation (3).
Integration of the balance equations started from the moment of the fall surface heat
balance sign change and was carried out with a day time step. Daily values of Qr were
interpolated from the monthly averages (Chrol,l993). The values of salt "flux" Qs were
calculated on the base of difference between precipitation and evaporation according to formula:
Q

s

=

E
S ( - -P)

Lp

where: E- evaporation heat loss (Chrol,l992);
L - heat of evaporation;
P- precipitation (Gorshkov,1980).
Model results in comparison with the actual data are presented in TABLE 2.
TABLE 2 Model and actual convection

Core

Periphery

~arameters

Date

h(m)

T (OC)

S (PSU)

model

9.02

800

4.04

35.118

27.876

actual

-

800

4.14

35.112

27.861

model

18.02

400

4.40

35.112

27.833

actual

-

400

4.35

35.112

27.838

(JB

(units)

Outside the lens core the calculated parameters of convective layer are in excellent agreement
with the actual ones. Within the core the coincidence is also suitable. However, as the deviations
of model temperature and salinity values from the actual ones are characterized by the opposite
signs, the density difference here is quite noticeable. The latter could be explained by the effect
of an additional strong vertical motion in the core caused by the vergence of the horizontal
velocity. An additional numerical experiments demonstrated low sensibility of the model to the
variation of "salt" flux value. At the same time it was found out that Qr variation within
physically realistic bounds significantly effects the model results. Within the core, 40 percent
negative heat flux decrease against normal causes total ceasing of convection. On the other hand,
the increase of negative heat flux even twice against normal does not lead to increase of the
uniform layer depth more than 1000 m. This value could be regarded as a crucial depth of
convection in the Lofoten Basin. Outside the core convection could penetrate down to 600 m in
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the case of 50 percent increase of negative heat flux above normal. The latter provides a possible
explanation of the secondary cores formation.
CONCLUSIONS
The origin of the deep sea anticyclonic lens above the Lofoten basin is caused by the
winter convection process. For an initial formation of the lens against the background of an
undisturbed thermohaline structure approximately 1.5 times increased negative heat flux above
normal in winter is demanded. For further lens regeneration during the next cool season, after
summer time relaxation, the normal heat flux value is sufficient. As the thermohaline conditions
in the investigated area are characterised by the weak salinity stratification or even inverse
vertical distribution, the sinking water is warmer than the ambience, thus providing a positive
thermohaliile anomaly and anticyclonic vorticity of the lens. The convection depth is limited by
1000 m level. To penetrate deeper the temperature decrease ought to be more strong and is
hardly probable against the background of realistic meteorological conditions in winter.
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IS THE INTENSITY OF THE DEEP CONVECTION IN THE NORDIC SEAS AN
INDICATOR OF THE LONG-TERM CLIMATE VARIABILITY?
V .Ivanov and A.Korablev
(Arctic and Antarctic Research Institute, St.Petersburg,Russia)
INTRODUCTION
According to the present ideas (Broecker et al., 1985) the role of convective deep water
formation in high latitudes is extremely important in maintaining of global thermohaline
circulation of the World ocean. It provides a vertical branch of the so-called thermohaline
"conveyor belt" responsible for interlevel water exchange and abyssal water renewal. The
process of intensive (about 15-20 megatons per second) surface water cooling and sinking is
concentrated within the limited area of the subpolar North Atlantic and the Nordic Seas
(ACCP,1992).
After an instrumental confmnation of Nansen's prediction (1906) about the existence of
surface to bottom convection within the Greenland Sea gyre (Nagumy et al., 1985), the
phenomena of large scale water renewal in this region was examined very thoroughly (GSP).
It was stated that deep convection (lower than 1500 m) in the Greenland Sea is rather rare event,
controlled by the wide spectrum of meteorological and oceanographic factors (Meincke, 1992).
Within the recent decade convective activity in the Greenland Sea essentially decreased in
comparison with mid sixties - early seventies, positively correlating with the global warming.
On the contrary, the Lofoten Basin was never seriously regarded as a possible region for deep
convection, although the existence of deep sea positive thermohaline anomaly here is known
since early forties (Shott, 1942). The analysis of data obtained throughout a series of specialized
surveys since 1985 allowed to explain its origin by winter convection process too.
The climate trends in the ocean, as a part of the Earth climate system, are reliably
manifested in variation of water masses parameters. Thus, comparing the long-term water
masses variability with convective activity in the certain regions and taking into account the
crucial for convection factors, the degree of interconnection between the climate oscillations and
deep convection events could be determined.
CONVECTION FEATURES IN THE NORDIC SEAS
.
. High mean values of positive sea-air heat flux in winter (about 100 W/m 2 (Chrol, 1992))
1s typical for the central part of the Nordic Seas, thus providing a favourable meteorological
background for convection to occur. At the same time, in polar regions the role of the sea ice
cycling is also significant in this context, as the growth and decay of sea ice provides the same
effect as evap?r~tion and precipitation in hydrological cycle (Rudels, 1990). As the Nordic Seas
are ~ocated Withm the transient area between the polar and subpolar climatic zones the sea ice
cyclmg could e!fect the .convecti?n eith~r d.irectly, increasing (decreasing) salinity in the upper
layer of a freezmg (melting), reg10n, or mduectly -through advection of salty (freshened) water
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from the freezing (melting) areas to a convection zones. In general, advective intrusions of water
with different thermohaline characteristics into convective zones could be regarded as an
additional forces, strengthening or weakening the overturning process.
GREENLAND SEA CONVECTION

Topography generated cyclonic circulation field, together with an intense surface cooling
and weak density stratification in winter time (..6.u8 = 0.07 units) provide necessary preconditions
for the deep convection development. However, as about 50 per cent of total density variance
is concentrated within the upper 250 m, the depth of pure thermal convection is limited by a few
tens metres. To penetrate deeper an additional salinization near the surface, sufficient for the
surplus density increase is needed. In particular, for the surface to bottom convection an initial
surface salinity value must exceed 34. 82 PSU (Alekseev et al., 1994). Two possible sources of
salty water are considered at present. Within the concept of "Nordbuchta - !sodden" (Fisher et
al., 1994) an initial salinization is controlled by phase transitions and ice drift. According to
another point of view (Alekseev et al.,1994) the surface salinity increase is caused mainly by
the external salty water intrusions into the Greenland Sea gyre domain. In both cases the salinity
of the upper layer remains lesser than the salinity of the underlying water and convection
develops as a thermal one, i.e. cool and relatively fresh overlying water penetrates into the
saltier and warmer ambience. As a result, in the centre of convective zone nearly homogeneous,
cool and freshened vertical water column installs. In case of surface to bottom convection this
column reaches the "dome" water, and the sank surface water spreads along the bottom,
modifying the thermohaline parameters of GSDW (Alekseev et al., 1994). If overturning is
limited by the intermediate or deep layers (more typical situation) the convection zone is
distinguished by a narrow pipe of cold, freshened water, extending down to the density
compensation level (Rudels et al.,1989; Ivanov and Nagumy, 1993).
LOFOTEN BASIN CONVECTION
35.15

The characteristic feature of
vertical thermohaline structure above
the Lofoten Basin is an inverse salinity
distribution. Therefore, the demanded
for convection cooling is rather slight
and could be obtained against the
background of mean meteorological
conditions in winter (lvanov et al.,
1994). The descending water is warmer
and saltier than the underlying one,
thus providing a positive thermohaline
anomaly and anticyclonic vorticity of
the forming homogeneous water pool.
The convection depth is limited by
1000 m level. To penetrate deeper the
temperature decrease ought to be more
strong and is hardly probable against
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FIGURE 1. Interannual variability of the mean salinity
[PSU] in the Lofoten Basin convection region within
the average bounds of the convection core (100-800 m).
Solid line : the second degree polynomial approximatio
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the background of realistic meteorological conditions in winter. Typical depth of the uniform
layer is 800 m. However, the disturbances in thermohaline structure are distinguished down to
2000 m below the convective core (Ivanov and Korablev,1994). On the contrary to the
Greenland convection the sank surface water does not spread horizontally but remains within the
local, slowly relaxing lens-like pool, limited by sharp density fronts. Another distinction of the
Lofoten convection from the Greenland one is in its permanent character, i.e. an interannual
variability of convection here is manifested in the degree of thermohaline anomaly (FIGURE 1)
but not in fact of its existence.
Despite the close neighbourhood, the direct interaction between the two convection zones
is hardly probable due to the Nordic Seas current system and location of the Arctic front. At the
same time, the observed decrease of convection activity within the both regions (Alekseev et
al., 1994 and FIGURE 1) gives the base for an idea about a simultaneous influence of some
external forces on the convection activity in the Greenland Sea and in the Lofoten Basin. This
external forcing must influence on the large scale thermohaline structure of the Nordic Seas and
therefore it must be reflected in the variations of the water masses parameters.
WATER MASSES VARIABILITY ANALYSIS
Investigation of the distinct water
mass properties allows to estimate its longterm climate induced variability. The
multiple classification method was applied
for water masses choosing. The
mathemati{;al algorithm includes the
normalization procedure of the initial data
array, calculation of the "shortest
connected net", division of the obtained net
into distinct classes, determination of their
statistical characteristics. The advantage of
this method is the possibility of multiple
parameters using.
Temperature and salinity averaged
throughout 1976-1990 and their standard
deviations were used as classification
parameters. According to preliminary
calculations, the resulting classification is
slightly sensible to standard deviation
values. Therefore, only two parameters
(temperature and salinity) were used.
Though the accepted algorithm allows to
make a detailed division of the defined
classes, for studying of the large scale
(climate induced) variations the division
was limited by rather small number of
classes associated with traditional
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FIGURE 2. Distribution of the water mass on 300 m
depth level obtained by the multipal classification
analysis. The following classes marked as:e- Arctic;
• - Modified Atlantic ; D -Arctic front;* - mixing
zone; A -Norwegian current;+ -classes with one
or two knots;
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geographically attached water masses (FIGURE 2).
The Arctic front and
mixing zones separate the Arctic
Class
MeanS SSD T
Number of
SSD S
MeanT
water (AW) from the Atlantic
[OC]
[OC]
[PSU]
[PSU]
mark
knots
water. The latter is divided into
two types. The first one comprises
62
0.03
0.54
0.02
34.88
the North Atlantic current water
1.95
34.94
0.28
0.01
10
intruding through the Faeroe0
25
2.63
34.99
0.28
0.02
Shetland channel into the Nordic
Seas as the Norwegian current.
39
4.52
35.07
0.64
0.02
The second one (Modified Atlantic
6.36
35.13
11
0.29
0.02
...
water (MAW)) is connected with
the large scale anticyclonic
circulation above the Lofoten Basin and near-by areas. The knots marked by "+" refer to classes
with one or two points only. They are mainly located in the southern part of the Norwegian Sea
where the water properties variation is extremely high, causing the large amount of classes. The
statistical characteristics of chosen classes are presented in Table 1.
For trend analysis only large-scale ,.--~4".9;..-2---a----------.------,
classes were employed. To examine the
,,
•
interconnection between the water masses
•,
~
•
~
~--...-~
properties oscillations and convective 5'
/
,1 •-... "'
activity, the variability of mean salinity for ~ 34.88
/
'
•
the AW and MAW at the 300 m depth 00
.....
•
were calculated (FIGURE 3). This level
was chosen as the most illustrative one
while studying the vertical exchange,
34.84 +----....-------,r--'----'------,
1990
1985
1980
because it can be regarded as the average
1975
lower bound of winter convection within
the area under investigation. It is clearly
b
seen that during the last five years the 35 .1 0
salinity of AW and MAW changed in the
opposite manner, coinciding with the 5'
I
convection activity decrease within the both~ 35.06
I
•
\
I
convective regions.
oo
TABLE 1 Water masses statistical characteristics
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.
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35.02

I

\

•I

Convection activity in the Nordic
1990
1985
1980
1975
Seas is controlled by the large scale
YEARS
atmospheric and oceanographic processes. FIGURE 3. variability of the mean salinity [PSU) for
The long-term warming, started in mid- Arctic (a) and Modified Atlantic water mass (b) at
sixties, caused the reduction of the ice 300 m depth level obtained by multipal classification
cover in the Arctic Basin and hence - the analysis. Distibution of classes is s~own in ~ig.~.
increase of fresh water outflow through the Solid lines : the third degree polynomial approxrmatwn
Pram strait- the source of the large scale negative surface salinity anomalies. Due to the quasipermanent currents and fronts location these anomalies could not directly intrude into the Nordic
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Seas domain but they were adverted to the northern North Atlantic through the Denmark Strait.
Further, moving along the trajectory of the subpolar gyre, the freshened water returned back to
the Nordic Seas region (but in its eastern part) with the North Atlantic current. Time delay
between the formation of the salinity anomaly and its recurrent appearance in the Nordic Seas
is about ten years (Dickson et al., 1988). Thus, the manifestation of salinity decrease in the
corresponding water mass properties is shifted on this time interval. The reduction of Lofoten
convection is directly connected with the salinity decrease, as the sinking water here is saltier
and warmer than the underlying one. In the Greenland Sea the situation is reverse, thus
providing the salinity increase and temperature decrease in the case of convection ceasing. The
observed salinity increase in AW evidences about the weakening of fresh water discharge
through the Fram strait during the recent years. Hence, an increase of convection activity in the
Nordic Seas in mid-nineties is quite probable.
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A CHARACTERIZATION OF MESOSCALE VARIABILITY OF CURRENTS AT THE
CONTINENTAL SHELF BREAK OF THE MACKENZIE SHELF
Ye. A.

E. C.

Kuli.kcv, state Ocearxlgrapiy Institute, Moscoili, Russia
Ocean SCieiDeS, Sidney, OC, canada

cmnack, Institute of

AOOtract. Obse:rvations from four, year-long current meter deployments
near the shelf break in the Canadian Beaufort Sea are analyzed by
spectral methods to detennine the structure and variability (vertical
and horizontal) of the velocity field, and to c:orrpare measurements made
under ice-free and ice-covered conditions. The mesoscale (higher
frequency) variability is largely due to eddies advected with the mean
flow. lJ::M frequency currents, salinity and temperature variations over
the shelf break correlate with wind events and may be related to
internal Kelvin wave propagation in the NE direction along the shelf
break. Upwelling events are related to NE winds transporting surface
waters offshore and drawing up water from deeper layers. Displacement
of isopycnals in response to the longshore wind stress is greatest at
the station located in Mackenzie canyon.
Aagaard (1989) recently synthesized existing current measurements from
the Arctic Ocean errphasizing the control of to:pography on circulation and the
importance of mesoscale eddies as a transport mechanism. In an earlier study
(Aagaard, 1984) he showed that low frequency variability is well-correlated
both vertically and over intermediate horizontal distances, that wind forcing
is important the generation of the low-frequency flow variability, and that
wind driven currents are mainly barotropic. We here discuss low-frequency
variability (0.01 to 0.5 cpd) in the Canadian Beaufort Sea.
Four current meter IrDOrings were deplo:yed along the 200 m shelf contour
of the Mackenzie Shelf in 1987-88. Fach mooring consisted of a current meter
(Aandreaa R01-4) in the upper layer (about 30 m) and one in the bottom layer
(about 120 - 200 m) . Temperature, current speed and current direction were
recorded at 60 min intervals; the data used· here were averaged to mean daily
values, and converted to zonal and meridional ccnrponents.
Figure 1 shows stick vector plots of the daily mean currents. !.J::Mfrequency current variability is irregular, cbarr::Jing both in speed and
direction of rotation. According to (Foldvik et al, 1988) the opening and
closing of clusters on the stick diagrams show the passage of clockwise and
counter-clockwise eddies. The flow field is highly variable, with mean flows
typically a factor of ten less RMS values. Upper layer currents appear to be
more variable than those in the bottom layer: the ratio of upperjbottom RMS is
greatest at SS1 (1.6-1.7), intermediate at SS2 (1.23) and SS4 (1.1), for SS4,
and minimal for SS3 (0.8). currents are strongly aligned with local
-~
topography, particularly at speeds above o. 07 m s . !.J::M-frequency
variability in the upper layers is strongly damped during the winter period of
ice cover.
Spectral analysis (not shown) confinns that ice cover in winter tends. to
c1anp fluctuations in the upper layer; this is especially well demonstrated m
the spectra for the top current meter at SS4. Winter dalrping in the bottom
layer is less evident. There is no winter damping effect on the deep water
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oscillations at SS1 and SS4, and the SS2 bottom record seelllS to be affected by
ice CXJI!er only at low frequencies (less than 0.1 cpd). '!here is good
correlation between upper layer and bottom velocities, suggesting the
importance of barotropic motions associated with mesoscale eddies. However,
the correlations between :moorings (at 100 to 200 km spacings) are evident only
in very low-frequency motions. Cross-spectral analysis yields phase lags
corresponding to wave speeds of 0.6 IIVs in the NE direction along the shelf
for the upper layer low frequency oscillations.
Salinity and temperature measurements at :moored arrrent meters can be
used to infer the vertical movement layers arrl variability associated with
lateral advection. Time-series plots on T/S correlation diagrams are observed
to mainly "track" along the mean vertical T/S plot, but with some variance due
to advection of anomalous water by mesoscale eddies (cf. Newton, et al. ,
1976) . We thus define a parameter called effective depth (ED) , this being a
function of the salinity at the arrrent meter compared to depth at which that
salinity occurs in the standard vertical distribution. '!hen, to characterize
lateral advection of anomalous properties, the temperature anomaly (TA) is
defined as the difference between the measured temperature at the current
meter and the temperature on the standard T/S diagram corresporrling to the
measured salinity.
Figure 2 shows extraordinary charx]es in ED at station SS4 in September
and October, 1987 associated with up.velling. '!he maximum value of ED in
October ilnplies and upwelling event of displacement near 1000 m. Il:M
frequency in ED variability is similar for all stations, with a phase lag to
the NE direction. '!here is also good correlation between upwelling and
lateral advection, as the two upwelling events were associated with large
fluctuations in TA. To study the influence of wind on upwelling the mean ED
value was correlated with the wind speed squared using the wind record from
the Inuvik weather station.
Figure 3 gives the distribution of the
ED
versus wind speed at SS4. '!he highest ED values are located in the 3 r
quadrant and corresporrling to NE winds. '!he greatest response is evid~t at
station SS4. Minor maxima of ED response to wind is revealed in the 2n
quadrant. 'Ibis direction corresponds to SE winds which are parallel to
coastline west of the Mackenzie canyon.

waan

'Ihe frequency response function between the longshore win:l and ED is
greatest for station SS4. Spectral phase analysis shows that NE winds are in
phase with the upwelling events for the Mackenzie station; the phase
differences with other stations along the shore correspond to a phase
velocity of 0. 6 m s- 1 • 'Ihis speed is reasonable for a 1st mode coastal
trapped internal Kelvin wave travelling in the NE direction along the shelf
break ~~ing the summer periV
'!he typical velocity of this wave is c =
(g'h')
, where g' = (c5p/p) 1 2 is the reduced gravity, p in density, and h'
is the upper layer depth. 'Ibis speed is estimated to be o. 5 to o. 7 m s- 1
using ~ypical stratificati<;m v~ues for the region (cannack et.al, 1989).
'Ihus wind-generated upwellmg m the canyon results in the displacement of
isopycnals which may then travel along the shelf break as a free internal
Kelvin. w.;tve wi~ spatial sca~es of between 300 to 1000 km. '!he theoretical
J;xrroclm1c Kelvm wav7 veloc1ty for the given topography and stratification is
11! a good agreement w1th the observed velocity estimated from phase
d1fferences of currents at different stations.
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ADJUSTED GEOSTROPHIC CIRCULATION
IN THE AMUNDSEN BASIN
D. Lewis and J. H. Swift
Scripps Institution of Oceanography
1. INTRODUCTION

In the summer of 1991, the Swedish icebreaker Oden collected CTD and
hydrographic data from 53 stations inside the Arctic Ocean. The cohesive
station pattern, full depth range, and high quality calibration of the CTD casts
have afforded a first opportunity to study complete vertical sections of the
geostrophic velocity field across the central Eurasian Basin. The
straightforward calculation of relative geostrophic shear revealed important
information about the baroclinic velocity field of the central Arctic Ocean.
Additionally, to better reflect the true direction and magnitude of circulation in
this region, we made adjustments to the vertical velocity profiles after making
a careful study of water mass signals within the accompanying quasi-synoptic
hydrographic data, as well as historical data. This adjustment was
accomplished in two steps. The first step consisted of changing the level of no
motion in velocity profiles between station pairs when necessary in order to
agree with the flow direction suggested by water mass signals. The second
step, geared toward beefing up the magnitude of the geostrophic flow, involved
mapping the density field into the 'empty' spaces between station pairs having
different bottom depths. The velocity field shown within is the result of only
the first adjustment step.
2. ORIENTATION
While the Oden collected data from three of the four deep basins in the
Arctic Ocean, this paper concentrates specifically on the Amundsen Basin.
The Amundsen Basin is a long, narrow, deep basin bordered in the long
direction by the Lomonosov and Nansen-Gakkel ridge systems and in the short
direction by the Greenland and Asian continental slopes. The 4500 meter deep
abyssal plain of the Amundsen Basin is deeper than its neighboring deep
basins, the Nansen and Makarov, which average closer to 4000 meters in
depth. A prominent shelf feature on the Greenland side sampled by the Oden
is the Morris Jesup Plateau which protrudes into the southwestern boundary
of the Amundsen Basin. The station pattern of the Oden cruise yielded two
nearly complete ridge-to-ridge vertical sections across the deep basin .. We
referred to these sections as the Central and Western Amundsen Basm
sections (Figure 1).
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The Central Amundsen Basin Section transected the narrow basin near
its midpoint, equidistant from the Asian and Greenland continental s~el~es.
This 500 kilometer section has complete ridge-to-ridge coverage, cons1stmg of
four Lomonosov Ridge stations, three abyssal basin stations and four stations
over the Nansen-Gakkel Ridge. The Western Amundsen Basin Section
occupied the western portion of the basin closest to.the Gre~nland continen~al
shelf. Notably, this section did not have complete ndge-to-ndge coverage, w1th
no stations collected over the Lomonosov Ridge. The 1000 kilometer long
section had ten stations over the Amundsen abyssal plain, seven Morris Jesup
Plateau stations and four Nansen-Gakkel Ridge stations.

RLPIIR

YERMRK PLRTERU

Figure 1 - Station Map of 1991 Oden Cruise
Central and Western Amundsen Basin Sections
3. RELATIVE GEOSTROPHIC VELOCITY PROFILES
The calculation of geostrophic shear from CTD data is a common
oceanographic technique. Velocity shear, obtained from the density transects,
can be vertically integrated to produce velocity profiles. The starting point for
the integration determines the velocity direction and magnitude at any given
level in the profile. Having no independent measurements of velocity for our
CTD casts, we initially used the deepest common level between station pairs,
choosing to satisfy the zero velocity criteria at the ocean bottom. The
resulting relative geostrophic velocity field had several features of note.
The bulk of the baroclinic energy was concentrated over the ridges and
slopes, not a surprising result since theoretically at high latitudes, bathymetric
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changes are of primary importance to the vorticity balance. Impressive,
however, was the vertical extent these relatively strong isopycnal slopes. The
1500 and 3500 meter deep ridge systems influenced the density structure of
the Arctic Ocean water column to a level as high as the halocline layer. The
coarse station spacing over the Lomonosov Ridge did not hint at any
significant isopycnal deflection against the slope, but the water mass structure
revealed an important distinction between the slope stations and the
neighboring basin stations, which will be discussed in the next section. The
Morris Jesup Plateau stations had significant isopycnal deflections and water
mass boundaries against the slope. N ansen-Gakkel Ridge stations also had
strong isopycnal slopes, both at the exterior ridge/basin boundary and within
the central shaft of the ridge. However the Nansen-Gakkel Ridge system is so
fragmented that accurate mapping of the ridge structure would be necessary
to better qualify influence of the interior ridge faces on the density field.
The strongest deep isopycnal slopes in the Amundsen Basin occurred in
the southwestern corner of the basin between the Morris Jesup Plateau and
the Nansen-Gakkel Ridge. Station 46, taken over the very narrow abyssal
plain in that corner of the Amundsen Basin, had a wildly different water mass
signature and relatively light horizontal density values compared to any of the
surrounding stations or other Amundsen Basin stations. While these deep
isopycnal slopes appeared relatively strong compared to the remainder of the
Amundsen Basin, integration of the available shear yielded maximum velocity
values of less than 1.5 cm/s. Which leads to our third feature of the relative
geostrophic velocity field, the small amount ofbaroclinic energy measured by
the 1991 Oden cruise.
The relative geostrophic velocity profiles calculated from the CTD casts
yielded boundary currents on the order of 1 - 2 cm/s and the basin velocities
were much lower~ typically less than 0.5 cm/s. While these velocities appear
quite small, the Amundsen Basin is only 1500 kilometers long and a 1 cm/s
current translates into 315 km/yr. Nevertheless, inherently, the baroclinic
energy between stations of differing bottom depth is underestimated. The
density field within the 'empty' space of the water column between the two
stations is not integrated. Ridge faces and slopes are often the site of strong
isopycnal deflections. Mapping the density field into these spaces can greatly
enhance the magnitude of the baroclinic energy. We propose to do this as a
final adjustment to the geostrophic velocity field. To assist us in this
adjustment, historical data, recently collected hydrographic data, and water
mass considerations will be used. First, however, we adjusted the direction of
the velocity profiles to better agree with the circulation suggested by water
mass signals within the hydrographic data.
4 ADJUSTED GEOSTROPHIC VELOCITY PROFILES
The strongest water mass signatures were found over ridges and against
the continental slope, supporting the relative strength of the geostrophic flow
field in these areas. Water masses of differing origins showed that the
Amundsen Basin was fed by boundary currents. By knowing either the
location of origin or by seeing the decay of these water m~ss signatures, we
were able to adjust the direction of the relative geostrophic boundary currents.
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CENTRAL AMUNDSEN BASIN SECTION
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Figure 2 - Adjusted Geostrophic Velocity in crn/s. Positive velocities are
directed into the page; Negative velocities are directed out of the page. Velocity
contours shown are ±1 crn/s (solid) and ±0.5 crn/s (broken).

The warm, salty temperature- salinity core of the Atlantic layer is the
strongest water mass signal in the intermediate water column of the Arctic
Ocean. Centerednear 300 decibars, a relatively strong Atlantic layer core was
found over the Lomonosov Ridge in the central section and an extension of this
feature was found at the north pole station in the western section. The
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relatively warm salty waters over the ridge were siphoned off the Asian
continental shelf, flowing down the ridge in a boundary current. While the
Atlantic core signature was also found in the neighboring Amundsen Basin, the
reduced temperature - salinity values of the core over the basin denote older
core water which has been in the Arctic domain longer and therefore mixed
with more of the ambient cold waters. The core decayed between the central
and western basin stations, indicating a flow pattern from the Asian boundary
toward the Greenland boundary of the basin. Over the N ansen-Gakkel Ridge,
however, decay between the two sections was indistinguishable. Either end of
the ridge is near an Atlantic layer source, the western end near Fram Strait
and the eastern end near the Barents Sea. These factors make it impossible
to determine the direction of flow over the ridge at this level from temperature salinity properties. The primary circulation role of the Nansen-Gakkel Ridge
at this level appeared to be in limiting the northward spread of the Atlantic
waters over the ridge into the Amundsen Basin. Clear property boundaries
were found in this layer coincident with the northern edge of the NansenGakkel Ridge. Another strong water mass signal in this layer appeared over
the Morris Jesup Plateau, where the core properties were very much reduced.
These cold waters were identified as exiting old Atlantic layer waters from the
Canadian Basin.
Below the Atlantic layer, in the upper deep waters, two opposing water
mass signals were found in the Amundsen Basin sections that shed light on the
flow directions in this layer. A salinity maxima near 1800 decibars was found
at all stations in the Amundsen Basin sections except for the three deep
stations against the Lomonosov Ridge. The relatively cold, fresh ridge waters
also had distinctly different chemical properties, being relatively high in cfc
concentrations and low in silicate. These signals were indicative of young dense
water formed over the shelf. As in the Atlantic layer, this suggested a flow
pattern down the Lomonosov Ridge from the Asian shelves toward the
Greenland slope. The salinity maxima found at the other stations was
strongest against the Morris Jesup Plateau and clear eastward spreading down
the Nansen-Gakkel Ridge could be seen in temperature- salinity profiles of the
western vs. central ridge stations.
5. CIRCULATION SUMMARY
The general circulation picture that emerged from the water mass
signatures was as follows. Young water from the Asian shelves flowed down
the Amundsen flank of the Lomonosov Ridge toward Greenland at all levels
below the halocline. Older water exiting from the Canadian Basin was found
along the Greenland Slope and was strongest around the Morris Jesup Plateau.
The Nansen-Gakkel Ridge siphoned this older water off the Greenland Slope
near 1800 decibars, carrying it into the central Amundsen Basin. In addition
to along-ridge boundary currents, which we we.re able to me~sure becau~e of
the vertical sections across the ridge, the physical and chemical properties _of
the Amundsen Basin showed that across-ridge circulation was weak, especmlly
below the halocline.
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Feedback mechanisms
affecting the thermohaline circulation

G. Lohmann

1

,

R. Gerdes and D. Chen

Introduction
Changes in high latitude surface salinity have a strong effect on the North
Atlantic Deep Water Formation (NADWF) which appears to be very important in driving the global thermohaline conveyor belt. Natural variations of
sea surface salinity and sea ice have been observed in the North Atlantic,
namely the Great Salt Anomaly ( GSA) of the late sixties and seventies.
When dealing with climate variability one must consider the sensitivity of
the climate system to perturbations. The sensitivity depends, among other
processes, on the representation of the atmospheric heat transport. In order
to include the atmospheric heat transport mechanisms we coupled an atmosphere energy balance model with a 3-D ocean general circulation model
which includes a thermodynamic sea ice model.
We explore the large scale feedback mechanisms in the ocean-atmosphere-sea
ice system affecting the thermohaline circulation (THC) under perturbations
in sea surface salinity at high latitudes.
1
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Model
The atmosphere energy balance model consists of vertically integrated equations for mixing ratio of water vapour qv and atmosphere temperature T :

Lv atqv + \1. (Lv V qv)
cp atr + v . (cp v T)

(1)
(2)

QR : Radiative flux, QL = Lv (E - P) : Latent heat release, Qs : Sensible
heat flux at the air-sea interface. Combining equations (1,2) we get the
vertically integrated energy equation:

Foa

= Q~t- LvE- Q s : Ocean-atmosphere heat flux, calculated by simplified

bulk formulas. At high latitudes the transient eddies dominate the meridional
heat transport. The mean transports are held fixed while the transient eddies
are paramiterised based on baroclinic instability theory (Green, 1970).

rh : relative humidity, q8 : saturation mixing ratio.
The sensible and latent eddy heat transports are calculated in terms of the
surface quantities and are tuned to reproduce the current climate. The planetary albedo is parameterized in terms of the surface air temperature. No
seasonal cycle is considered.
The ocean model is the GFDL primitive equation model (Pacanowski et
al.,1993,1991). The model domain is a 70° wide sector from 66° S to 80°
N. It includes an idealized Greenland-Scottland ridge. Otherwise the model
is the same as in Lohmann et al.(1994). The thermodynamic sea ice model
regulates surface heat and salt fluxes for the ocean.
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Figure 1: Stream function for the zonally integrated transport a,t the end of
3
the spin up in Sv (10 6 ) and initial state for subsequent experiments. The
maximal overturning rate is about 22 Sv. The NADWF takes place between
50° N and 60° N while sea ice is found north of 65° N.

n:

Experiments and Discussion
The steady state ocean circulation for subsequent experiments is shown in
figure 1 which is reached after 2400 yrs of integration. Smaller pertubations
compared to the GSA induce a breakdown of the THC under mixed boundary
conditions (fixed atmosphere temperature and. surface fresh water flux). The
main deficiency of the mixed boundary conditions is that the atmospheric
temperature is held fixed although the air-sea heat flux is strongly reduced.
The real climate system is less sensitive to perturbations of sea surface salinity (consider e.g. the GSA, Dickson et al.(1988)) at high latitudes. Therefore,
there must be at least one negative feedback to stabilize the climate system.
In our coupled system the THC does not collapse with a perturbation in
salinity of 0.5 psu between 50°- 70° North, which is much stronger than the
GSA. The response of the coupled system (shown in figures 2,3,4) to that
perturbation is a combination of different mechanisms. Increasing sea ice
cools the overlying air by changing the albedo and by hindering the oceanatmosphere exchange. On the other hand, the northward atmospheric heat
transport is strengthend and the air at high latitudes is warmed, partly compensating the sea ice effect (figure 4). If the meridional heat transport is
held constant a local heat balance determines the air temperature. Then a
larger sea ice extent will reduce the poleward heat and salt transports and
the THC will break down.
Through a higher cyclonic activity the fresh water flux P-E changes (figure 3). However, this change turns out to be of minor importance for the
THC. In the model precipitation is not transformed into snow which could
be another important positive feedback.
A coupled experiment with switched off salt brine release indicates a non
significant stabilising effect for the THC.
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Zhang et al. ( 1994) found self sustained oscillations of the TH C and sea ice
extent. They linked this oscillation to a negative feedback between poleward heat transport and sea ice extent. However, in the coupled system the
oceanic heat transport will be influenced by the atmospheric transports.
Recently Yang and Neelin (1993) found that in an idealised two dimensional
ocean model under mixed boundary conditions the negative feedback between poleward heat advection and salt brine release processes is relevant for
oscillations with a period of 13.5 yrs. The process of salt brine release is not
important in our coupled model, but could be relevant in studies including
the seasonal cycle.

Conclusions
Several investigators have observed oscillations of the THC on decadal time
scale, (Weaver and Sarachick,1991, Yang and Neelin,1993, Zhang et al.,1994).
However, none of them included an interactive atmosphere model, so their
results should be questioned in terms of the coupled system.
The stability of the THC and NADWF depends on different feedback mechanisms in the coupled ice-ocean-atmosphere system. Some of them, like the
atmospheric heat transport, which are deemed to be important for the THC,
are included in our model. It is concluded that the atmospheric heat transport in connection with sea ice has a stabilising effect on the circulation in
the coupled model. A logical next step is to apply a more complex model to
investigate the feedbacks identified in our model.
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THE MACKENZIE SHELF BRINE FACTORY: A RIVER RUNS THROUGH IT
R.W. Macdonaldl, D.W. Patonl, E.C. Carmackl and A. Omstedt2
!Institute of Ocean Sciences, P.O. Box 6000, Sidney, B. C., V8L 4B2
(robie@ios.bc.ca).
2Swedish Meteorological Hydrological Institute, S-601 76 Norrkoping, Sweden
The continental shelves of the Arctic Ocean are considered to be important sites
for the production of brine by freezing seawater (e.g., Melling and Lewis, 1981;
Aagaard et al., 1985). This is because they tend to be clear of ice at the beginning of
winter and because there are large recurring areas of open water in winter produced by
ice divergence at the boundary between landfast ice and the permanent pack. However,
during winter large rivers discharge directly onto the shelves (Aagaard and Carmack,
1991). This freshwater has the potential to offset brine production and thereby prevent
convection (Macdonald and Carmack, 1991). Large rivers also deliver large quantities
of particulate and dissolved terrestrial material directly to Arctic shelves (e.g., Yunker
et al., 1993; Thomas et al., 1986). Indeed, as witnessed by the recent oil spills in the
Russian Arctic, the shelves are particularly vulnerable to contaminants spilled into river
systems. Therefore, how shelves process the terrestrial inflow before exporting it to
the Arctic interior ocean is a central issue both to the response of the Arctic to climate
change and to the ultimate fate of contaminants entering from rivers.
The Mackenzie Shelf of the Beaufort Sea has the greatest freshwater yield (the
runoff per unit area of the shelf is 5-6 m (Macdonald et al., 1987)) of all Arctic shelves
and yet it is known to produce dense, convecting water at least in some winters
(Melling and Lewis, 1981). The question is how can brine-driven convection occur at
the same time that buoyancy is being increased by winter inflow? To study this
question, we measured salinity and oxygen isotope composition (olSO) for the
Mackenzie shelf (Fig. 1) in autumn of 1990 and again in the spring of 1991. These
measurements were made on the water column in autumn when the shelf was clear of
ice, and on the ice and water column during spring at the end of the following winter.
The measurements made on ice cores collected predominantly from the landfast ice
were used to bridge the two sampling periods and to follow changes over winter on the
inner shelf. The results, briefly summarized here, are given in detail elswhere
(Macdonald et al., 1995).
Our data set illustrates the seasonal cycling between runoff, ice-melt and the
production of ice. The use of two conservative tracers allows us to distinguish between
river water added to the system throughout the year, and sea-ice melt added in summer
or brine added in winter to the water by the formation of ice.
One remarkable aspect of our data is that each ice core clearly records a picture
of the type of water from which the core has been growing during the course of the
winter. Figure 2 shows the complete ice-core data set arranged according to the
sections outward from the coast. Keeping in mind that (a) ice grows downward with
time, (b) runoff is isotopically light, and (c) the o180 of ice is about 3 permil higher
than the water from which it grows, Fig. 2 demonstrates the invasion of river water
outward from the mouth of the Mackenzie River with time. For example, on the PI
section each core records isotopically light water at a different depth; PI-1 at 40 cm,
PI-2 at' 80 cm, PI-3 at 130 cm, PI-4 at 170 cm and PI-5 shows no signal. Essentially
what we see in these cores is the record of the spreading Mackenzie Plume.
Using the records in the ice and water and conservation equations (Ostlund and
Hut, 1984) we constructed budgets for the various types of water. Significantly, we

426

find that much of the winter inflow of the Mackenzie River is contained within the
nearshore, with about 15% of it incorporated into the growing ice sheet. The rubble
zone at the end of the landfast ice appears to act as a backstop for this winter inflow
preventing it from entering the polynya beyond. Brine also is added to the water
particularly at the middle stations under the landfast ice. We believe the enhanced
brine at these middle stations is due to the flushing of inner stations as the plume front
sweeps outward. The brine is captured at the front of the plume near the surface
because the buoyancy from the runoff prevents convection or deeper mixing at the
stations within the landfast ice.
We know that the landfast ice started to grow in mid October. Models (e.g.
Maykut, 1986) together with the freezing degree-day record at Tuktoyaktuk have been
used to assign time to the various depths in the cores shown in Fig 2. A simple
transformation between ()180 and salinity allows us to construct surface charts of the
salinity of the water as a function of time at each of the ice-core sites; Fig. 1 shows
contours of time (days since freezup) for the position of the 15 isohaline. The dashed
line in Fig. 1 delimits the influence of winter inflow at the end of winter; generally,
this limit is contained within the rubble zone that separates the landfast ice from the
offshore zone. Winter inflow spreads more quickly along the coast (1.3 cm/s) than it
does perpendicular to it (0.2 cm/s).
We have constructed a budget for the Beaufort Shelf for river inflow and for ice
production/melt. Total volumes for the sample period have been estimated as have
fluxes between compartments between seasons. For example, we estimate that the
inner shelf (within about the 20 m isobath) contained 37 km3 of runoff in late summer.
During winter 73 km3 of river water was added, 12 km3 of river ice was formed, and
67 km3 remained in the water column at the end of winter. To balance this budget
requires the loss of 31 km3 from the inner region during winter. Similar calculations
can be made for sea-ice melt/brine production. However, this budget is more difficult
to constrain since fluxes of ice-melt in one direction can alternatively be represented as
fluxes of brine in the opposite direction. While we can make a reasonable estimate of
the amount and type of landfast ice produced over winter, the same cannot be said for
sea ice produced on the outer shelf. Even if one accounts for ice that has gone into
forming ridges, one is still left with the problem of estimating how much ice has been
produced on the shelf and then exported; this term can be particularly important to the
freshwater budget (Omstedt et al., 1994). Unless one carefully measures the total brine
produced (water column budget change plus export) or the total new ice produced
(budget of new ice plus new ice exported), one cannot produce a complete budget, as
has been proposed for Arctic climate studies (ACSYS, 1994).
CONCLUSIONS
The Mackenzie shelf, divides into two domains during winter. In the
nearshore, invasion by Mackenzie River winter inflow progressively suppresses
convection and produces a slowly advancing front (0.2- 1 cm s-1). In the offshore
sea-ice formation enhances the salt content of the water thereby promoting convection.
The border area between these two domains can be narrow (less than 1 km) and
generally follows th_e stamukhi zone in late winter. We predict that similar processes
o~cur on other A~ctlc she~ves where there are large rivers. The within-shelf partition in
wmter cru:tnot be 1gno~ed If we are to produce models that correctly simulate how water
and associated properties transit the shelf to the interior Arctic Ocean.
Ic.e, therefore, amplifies the seasonality of the freshwater cycle on the
Mackenzie shelf. We can presently produce a reasonable account of meteoric
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freshwater (runoff) as it transits the shelf because 1) We can distinguish this water from
sea ice melt and estimate its quantity using isotopic composition and 2) We have
reliable measurements of Mackenzie inflow throughout the year. We can distinguish
sea ice melt and freezing and estimate its quantity using isotopic composition.
However, since we presently do not have reliable measurements of the source (new ice
production) or sink (loss of brine from the shelf) we cannot as yet produce a complete
budget for the shelf.
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PHYSICAL AND GEOCHEMICAL PROPERTIES ACROSS THE ATLANTIC/PACIFIC
WATER MASS BOUNDARY IN THE SOUTHERN CANADIAN BASIN
Fiona A. McLaughlin, Eddy C. Carmack and Robie W. Macdonald
Institute of Ocean Sciences, PO BOX 6000, Sidney, B.C., VBL 4B2
Temperature,
salinity, nutrients, oxygen,
and CFC data
collected in the Arctic Ocean reveal a structure, heretofore
unrecognized, in the hydrography of the Canadian Basin.
Samples
were collected on a 1300 km section extending from the Beaufort Sea
in the Canada Basin to the East Siberian Sea in the Makarov Basin
(Figure 1). These data, collected at five stations (A- E) in 1993
aboard the CCGS Henry Larsen, suggest a lateral boundary between
water masses of Atlantic and Pacific origin.
To describe this
boundary, it is first necessary to examine the basic arrangement of
water masses in the Arctic Ocean. The term water mass assemblies
is used in this discussion to denote the fact that wate~ masses
appear to occur in distinct groupings.
In the Arctic Ocean, two
basic water mass assemblies are found, each consisting of three
layers: an upper layer, an Atlantic layer and a deep layer.
However, important differences exist between these two assemblies.

Map of study area showing bathymetry and the location of stations
from Larsen-93, AIWEX, and Oden-91, ARKTIS IV/3.

431

One assembly, here defined as Western Arctic Assembly (WAA)
water, is characterized by an upper layer of relatively fresh, high
nutrient water of Pacific origin; below this, by an Atlantic layer
with a core temperature generally below 0.5 °C; and finally, by a
deep layer of higher salinities and colder temperatures (about -0.5
°C) than in the overlying Atlantic layer. In contrast, the second
assembly, here defined as Eastern Arctic Assembly (EAA) water, is
characterized by the absence of Pacific water in the upper layer;
below this, by an Atlantic layer core as warm as 2 to 3 °C; and
finally, by a colder (about -0.9 °C) deep layer.
Furthermore,
historical data suggest these two assemblies are separated by the
Lomonsov Ridge into the Canadian (containing the WAA) and the
Eurasian (containing the EAA) basins.
In Figure 2, e/s Larsen-93 data (Station A, Canada Basin and
Station E, Makarov Basin) have been combined with historical data
to illustrate the principal characteristics of these two main water
mass assemblies; the .WAA by AIWEX, Canada Basin and the ~AA by
ARKTIS IV/3, Nansen Basin and ODEN-91, Amundsen Basin. All Larsen93 stations from the Canada Basin ( Stations A -D) display classic
WAA characteristics. The Makarov Basin station (E), however, shows
EAA characteristics in the upper and Atlantic layers and a WAA deep
layer. In addition, the transition region between the Atlantic and
deep layers is fresher in the Makarov Basin than corresponding
water in either the Canada or Eurasian basins, which suggests a
local shelf source. Other characteristics of the WAA and EAA may
also be seen by plotting geochemical properties against salinity.
For example, the silicate plot (Figure 3) shows a clear distinction
between the Canada (Stations A to D) and Makarov (Station E)
basins. A silicate maximum found at Station A due to the presence
of nutrient rich Pacific origin waters is noticeably absent at
Station E.
In addition, property correlation plots illustrate that the
Atlantic/Pacific front is not a vertical boundary, but is, instead,
offset laterally with depth. Stations A and E represent "pure" end
members; whereas Stations C and D, midway between the two, exhibit
properties of both end members. Moving from Station A across the
front towards Station E,
the Pacific influence extends to
progressively shallower depths. These structures define not only
the location and depth of the Atlantic/Pacific front but also
suggest a major lateral shift of EAA waters e?-stward into the
Canadian Basin down to at least the deep layer, and a corresponding
displacement of Pacific water.
The front separating these two assemblies lies above the
Mendeleyev Ridge and is marked by large lateral gradients in all
measured properties. The vertical section of potential temperature
(McLaughlin et al. ,1994) shows cold (-1.7 °C) Pacific origin water
extending across the Canada Basin from Station D to A between 70 to
175 m.
This "Vlater is not evident at Station E where strongly
sloped isotherms over the Mendeleyev Ridge suggest the presence of
a front. Similarly, at Station E there is a layer of warm (> 1 °C)
Atlantic water between 200 and 450m not found at Station D.
The
silicate section (Figure 4) demonstrates the inflow of sili~ate
rich Pacific origin water between Stations C and D. These stat1ons
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are downstream of the inflow of Pacific origin water through Herald
Canyon. High silicate levels are also present at Stations B and A
but are noticeably absent at Station E.
At corresponding depths
(50 to 300 m), low silicates, characteristic of Atlantic origin
waters, are evident at Station E.
Silicate isolines are steepest
over the Mendeleyev Ridge, again indicative of the presence of a
front.
An enhanced rate of renewal is inferred from the CFC-11
section (Figure 5) where the penetration of anthropogenic CFCs is
two to three times deeper in the Makarov than in the Canada Basin.
This suggests that direct exchange between the Canadian and
Eurasian basins has occurred recently near the perimeter, and that
physical and chemical properties, including contaminants, may have
been transported relatively quickly by boundary currents from one
basin to the other.

Conclusions
In the Canadian Basin, neither the presence of EAA water nor
the frontal structure has been reported in the available historical
record. Research previously suggested, albeit from a small number
of stations, that the Canadian Basin was a horizontally uniform
domain, and that no significant differences between the Canada and
Makarov basins existed.
Here, however, by examination of EJ/S
plots, the similarity between Station E and Nansen and Arnundsen
basins, as well as the difference between Stations E and A, is
evident.
This demonstrates the distinct nature of waters in the
Canada and Makarov basins. Canada Basin water is characteristic of
the WAA, both now (Larsen-93) and in the past (AIWEX, 1990).
Similarly, Makarov Basin water from the southwestern slope, is
clearly characteristic of the EAA, at least to the depth of the
deep layer.
Larsen-93 data suggest that the Alpha-Mendeleyev Ridge may
play a more significant role in the circulation of waters within
the Canadian Basin than previously believed.
One possible
circulation scheme (Figure 6) is that EAA water first enters the
Canadian Basin by crossing the Lomonosov Ridge north of the Laptev
Sea as Jones et al. (1994) proposed. Then, near the Laptev and East
Siberian seas, EAA water mixes with a colder and somewhat fresher
water mass produced on the shelves, which, by virtue of its
density, sinks along the slope and is mixed into the transition
zone beneath the Atlantic layer.
This may explain the cold,
fresher characteristics found in transition water at Station E.
The modified EAA water continues until the Alpha-Mendeleyev Ridge
where the assembly bifurcates.
One branch, turned by the AlphaMendeleyev Ridge, flows into the Makarov Basin, while the other
branch continues along the continental margin over the Mendeleyev
Ridge carrying the top 1200-1400 m of the EAA.
The front, or
lateral boundary, is located between the two water mass assemblies
where the water of Atlantic origin (EAA) intersects with water of
Pacific origin (WAA).
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Figure 6. Circulation scheme and Atlantic/Pacific front location.
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Greenland Sea Deep Water: A balance between
convection and advection.
J ens Meincke & Bert Rudels

Institut fiir Meereskunde der Universitat Hamburg,
TroplowitzstraBe 7, D-22529 Hamburg, Germany.

The Arctic Ocean and the Greenland Sea are the most important sources of
deep water in the northern hemisphere. Both areas allow for ventilation of the
deep ocean and for bottom water formation. The 8-S characteristics of the waters
originating from the two areas are, however, clearly different and can be
recognized far from their origin (Rudels, 1986).
Below the low salinity Polar surface water the Arctic Ocean exhibits a
thick, warm layer of Atlantic origin. Beneath the temperature maximum the
Atlantic layer runs smoothly over into a water mass with decreasing temperature
and increasing salinity with depth. This layer of upper Polar Deep Water
(uPDW) is, in the Eurasian Basin, bounded at about 1800 m by a salinity
maximum originating from the Canadian Basin. Immediately below the salinity
maximum both temperature and salinity decrease with depth, but further down
the salinity again starts to increase. The bottom water in the Eurasian Basin is
characterized by an almost constant temperature but with strongly increasing
salinity with depth (figure 1).
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By contrast the water column in the central Greenland Sea is much colder
and less stratified. The low salinity surface lid is thinner and the Atlantic Water
occupies only a narrow depth range or is absent. In the density range of the
uPDW the Arctic Intermediate Water (AIW) is found, which is recognized by
slighly increasing temperature and salinity with depth. The lower limit of the
AIW is given by a temperature maximum. The temperature then decreases with
depth. A weak salinity maximum can be seen at about 2000 m before both
temperature and salinity decrease toward the bottom and the Greenland Sea
Bc;>ttom Water is characterized by temperature and salinity decreasing with
depth. The water mass below the temperature maximum is commonly referred to
as the Greenland Sea Deep Water (GSDW) (figure 1).
The difference between the two water columns is caused by the two
distinct modes of convection operating in the two source areas (Rudels &
Quadfasel, 1991). In the Arctic Ocean the strong stability caused by the low
salinity surface layer prevents local deep convection. Only on the shallow shelf
areas where excessive ice formation induces large release of brine can high
density water form. The dense water accumulates at the shelf bottom and its
salinity increases throughout the winter. Eventually the dense waters cross the
shelf break and sink as entraining boundary plumes down the continental slope
until they reach a level where their density corresponds to the density of the
water column. The plumes then merge with the ambient water mass (figure 2).
The creation of dense water on the shelves is not influenced by the stratification
of the deep basin. Not until the dense shelf water sinks down the slope does it
become affected by the underlying water masses.
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Figure 2: Conceptual picture of the deep convection in the Greenland Sea
(left) and the Arctic Ocean (right).
The situation is completely different in the open ocean convection in the
Greenland Sea. Positive density anomalies cannot remain long at the sea surface
and cooling and ice formation lead to convection that is limited by the
stratification. Water is constantly brought to the surface from below, changing
the conditions for the convection, and the water column is altered as the
convection penetrates deeper. If the convection occurs as in a filling box (Baines
& Turner, 1969), the convecting layer will have a stable vertical salinity gradient
and a slightly unstable vertical temperature gradient (figures 1 & 2). This is
different from the Arctic Ocean, where the heat of the subsurface layer is not
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transferred upward to the atmosphere but downward, because of entrainment
into the saline plumes. This creates a warmer, more saline deep water than the
cold Greenland Sea Deep Water. The deep waters are exchanged between the two
source areas through Fram Strait.
In the winter and spring 1993 the research vessels Polarstern and
Valdivia carried out extensive hydrographic surveys of the central Greenland
Sea gyre. It was found that the convection in this year was limited to 1000 m.
Arctic Intermediate Water was formed but no renewal of the Greenland Sea
Bottom Water occurred. The deepest convection took place in the centre of the
gyre and the created cold lens of AIW w'as seen to spread toward the rim of the
Greenland Sea. This outward flux was compensated by a counter flow of Atlantic
Water in the upper layer and in the deeper layers by a penetration of Arctic
Ocean deep waters, both Canadian Basin Deep Water (CBDW) and Eurasian.
Basin Deep Water (EBDW) toward the centre (figure 3). The exchanges occur
isopycnally and inversions and layer structures are clearly seen both in the
Atlantic Water and in the deeper layers.

Figure 3: Conceptual picture of the present mid depth convection in the
Greenland Sea and the exchanges between the central gyre and the periphery.
The broken and solid lines indicate the relaxing of the isopycnal surfaces.
The penetration of the Arctic Ocean deep waters into the central
Greenland Sea changes the properties of the Greenland Sea Deep Water, ifit is
not balanced by local open ocean convection. The deep convection appears
however, to have been reduced in recent years and the Greenland Sea De~p
Water ha~ b~come warmer and more saline (figure 4). Arctic Ocean
charact~nstics are becoming more prominent and a stratified deep water mass is
developmg, where traces of CBDW and EBDW are identified (figure 5).
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Figure 5: The 0-S curves from the Hudson Station 58 (1982) and the
Valdivia Station 8 (1993). The straight line indicates a cr3 isopycnal.
The deep salinity maximum has become warmer and more saline and
displaced downward. Its density, however, has not changed, which indicates that
the doming of the Greenland Sea gyre is relaxing. This suggests that the
circulation and the doming of the density surfaces are partly due to convection,
which brings dense water into the deep Greenland Sea and causes the density
surfaces to rise and maintains the weak stratification in the centre of the gyre.
Witout this input the dome collapses and spreads toward the rim, causing a
compensating influx of CBDW and EBDW.
No systematic meridional density gradient exists in Fram Strait between
the deep Greenland Sea and the deep Arctic Ocean water masses. The advective
renewal of the deep water in the Greenland Sea can then only affect the upper
2500 m because of the sill depth in Fram Strait, and the bottom water must be
renewed by vertical turbulent mixing. By considering two stations from the
central Greenland Sea, one taken by RV Hudson in 1982 (Clarke et al. 1984) and
the other by RV Valdivia in 1993, the rate of change of the bottom water can be
assessed (figure 5). Assuming either a linear transition layer or an initial step
gradient between the salinity maximum layer and the bottom water the
2 1
turb.ulent eddy diffusion coefficient can be estimated to 10- 20 cm s· •
The increased presence of Arctic Ocean deep waters in the Greenland Sea
in recent years is in stark contrast to the situation holding in the early part of
the century. The Greenland Sea was then assumed to provide deep water not
only to the Greenland and Norwegian Seas but also to the Arctic Ocean. This
view can partly be explained by lack of observations from the interior of the
Arctic Ocean, but the colder temperatures then observed in the central
Greenland Sea indicate that the open ocean convection was more active and
might have had a stronger influence on the Arctic Ocean deep waters (figure 6).
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Figure 6: A potential temperature section along the 0° meridian from the
Greenland Sea into the Arctic Ocean compiled by Wiist in 1942 (from Kiilerich
1945)
The deep water formation in the Arctic Ocean now appears to dominate in
the Arctic Mediterranean. This may just be a sign of common oscillations in the
effectivity of the two convective areas, but could also be an early indication of a
more permanent change in the convective system operating in the Arctic
Mediterranean. It should be kept in mind though that the deep water of the
Arctic Ocean as well as the Arctic Intermediate Water formed in the Greenland
Sea are dense enough to renew the North Atlantic Deep Water and drive the
global thermohaline circulation. The conveyer belt is not disrupted because
Arctic Intermediate Water and not Greenlan~ Sea Deep Water is formed in the
Greenland Sea.
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INTERNAL WAYES AND VERTICAL MIXING OVER THE LAPTEV SEA SLOPE
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INTRODUCTION
We report here on some results from the summer 1993 oceanographic cruise ARKIX/4 of the
research vessel Polarstem to the eastern Arctic Ocean margin. This cruise measured temperature,
salinity and currents, as well as other parameters which are not discussed in this work, along transects
which crossed the ocean margin from the continental shelf to the deep basin at several sites in the
Laptev Sea (Figure 1). This paper describes and discusses certain aspects of the temperature, salinity
and current measurements made during this cruise.

Figure 1 - Locations in the Laptev Sea where CTD data were obtained and where
sufficiently long current time series were measured to allow reliable estimation
of vertical shear.
DATA PROCESSING
During the ARKIX/4 cruise, temperature and salinity were measured using a Neil Brown Mark
IV CTD (conductivity/temperature/depth) profiler. Time series of vertical profiles of the horizontal
currents were measured at selected sites using a hull-mounted acoustic doppler current profiler (ADCP)
manufactured by RD Instruments. These current time series were measured during oceanographic
stations when the vessel was on station and drifting slowly with the surrounding sea ice, and varied in
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length from about three hours to more than 12 hours.
The current profile time series measured using the ADCP were first corrected for ship heading
and motion. These data were originally recorded in "ship coordinates" with Vz upward, VY forward and
Vx abeam to the starboard (right side) of the vessel. The recorded vessel heading was then used to
rotate the ship coordinate currents into earth coordinate components W (upward), V (northward) and
U (eastward). The data were then corrected to remove vessel motion as determined from recorded
position fixes, i.e., vessel speed and direction were converted into eastward and northward speeds which
were then subtracted from the current data. In point of fact, missing and bad data points in the
navigational data resulted in poor estimates of the vessel motion, contaminating the corrected current
data. These data were then further corrected by subtracting from the entire profile an averaged deep
velocity, obtained by vertically integrating the measured 300-350 m deep currents for each profile. The
resultant current data are therefore referenced to the deepest resolved velocities.
The temperature and salinity data were calibrated using both pre- and post-cruise instrument
calibrations and salinity values derived from bottle samples throughout the cruise. These were used to
construct vertical profiles of temperature, salinity and derived density (as a;).
RESULTS
The Current Time Series
An example of the current time series from one of the sampling sites is shown in Figure 2. The
plot shows currents at station 58, partway down the continental slope in water 1600 m deep. Although
the current records were relatively short ( < 12 hours), a distinct increase in the tidal current strength
was revealed at the shallower stations over the Laptev shelf. The horizontal banding was observed in
all the ADCP records.
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Figure 2 - ADCP cun:ent time s~ries at_ station 58 partway down the continental slope, showing sloping
banded structure possibly associated with downward propagation of near-inertial internal waves.
Rotary Spectra and Internal Waves

~ew data are available concerning the internal wave climate of the Arctic Basin. Internal waves
are of mterest because they are believed to contribute significant energy to ocean mixing processes
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elsewhere in the ocean (e.g. Gregg, 1989). One of our data sets, obtained at station 58 partway down
the continental slope, shows banded patterns in the currents which appear to slope upward toward the
sea surface with time (Figure 2). According to internal wave theory (e.g. Garrett and Munk, 1979),
such a pattern is consistent with downward propagating energy (upward propagating phase) associated
with near-inertial motions generated in the upper ocean. If this is valid in our case, then the striking
banded current structure reflects downward propagation of energy which can then be converted to
turbulence for mixing the deeper waters.
The ADCP data were used to calculate rotary spectra, which can reveal internal wave activity.
The procedure involves combining the U(t) and V(t) time series at each depth as complex vectors such
that z(t) = U(t) +iV(t) and then calculating the complex Fourier transform. For complex time series the
Fourier spectrum has a negative frequency portion which represents the clockwise rotating component
of the complex vector and a positive portion which represents the anti-clockwise component.
Downward-propagating internal waves rotate in the clockwise direction, whereas upward-propagating
waves rotate anti-clockwise. These directions are associated with the group velocity, or direction of
energy propagation, of the waves. Phase propagation is normal to the group velocity vector, and is
consequently in the opposite direction in the vertical sense. A similar computation can be done for
vertical wavenumber spectra by taking the Fourier spectrum of velocity profile (D' Asaro and Morison,
1992). The Garrett and Munk (1979) canonical internal wave spectrum has an t>-2 slope at higher
frequencies, that is, closer to the buoyancy frequency N than to the inertial frequency f.
We have computed the rotary spectra for each of the current records obtained at sites shown on
Figure 1. Two examples, representing the two extreme conditions of shallow shelf and deep ocean, are
shown in Figure 3.
Of particular interest was the way in which the internal wave band energy varied spatially from
the shelf break to the deep basin (Figure 4). This energy was greatest at the shelf break, then decreased
rapidly with increasing water depths until it approached a more or less constant value in deep water.
This pattern is consistent with a source for internal wave energy on the shelf, and dissipation occurring
in deep water.
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Figure 3 - Rotary spectra from stations 54 (deep basin) and 65 (shallow shelf) (CW =clockwise,
ACW=anticlockwise). The line labled with a "-2" slope represents the slope of the Garrett-Munk
canonical internal wave spectrum.
INTERNAL WAVE DIFFUSIVITY, HEAT AND SALT FLUXES
Estimates of the rate of vertical heat and salt flux can be made using a number of different
parameterizations. First, we assum~ aft~r. G~egg (1~89) an? D'.Asar? ~d Morison (1992) that t~e
vertical (approximately, diapycnal) diffusiVIty IS associated p?m~ly with mte~al wave s~e~r. In this
instance we estimate vertical diffusivity using the turbulent kinetic energy equation where It IS assumed

'
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that production of turbulent kinetic energy is balanced by viscous dissipation (E), which accounts for
about 85% of the balance, and by buoyancy forces which account for the remaining 15% and result in
an irreversible diapycnal buoyancy flux. Following D' Asaro and Morison (1992),

S')

K-~w = K o( N'

where K0 =5 x 10-6 m2s· 1, < > denotes a temporal average, S is the vertical current shear including
contributions with vertical wave number below 0.1 cpm (Gregg 1989), and N is the buoyancy
frequency. For comparison we also calculate the vertical diffusivity parameterization suggested by
Pacanowski and Philander (1981). This parameterization is based on an inverse Richardson number
dependance. This diffusivity is given by,
KP."' =

"'

V0

+

Vb (

1 +«Ri) n

( 1 +«Ri)

+ Kb

n+l

where Ri is the Richardson number ( =W/S2), Po=5 X 10"3, pb= 104 , n=2 and Kb= 10"5 • These diffusivity
estimates can be used to estimate vertical fluxes of heat and salt using,
Hf

=p

cp

x(~~)

sf

=p

x(~~)

where CP is the heat capacity of sea water, the heat flux Hr is in units of [W m·2] and the salt flux Sr
is in units of [gm s· 1 m·2].

.g_30
N

~

V
......

-& 30

cw

u
0

~

20

V
......

~ 10
"ia

> 0

ACW

u

0

N

20

~10

"!a

E

0

so

100

1SO

Distance (km)

200

2SO

> 0

0

so

100

1SO

200

2SO

Distance (km)

Figure 4 - Internal wave band variance energy plotted as a function of distance from the shelf break
(left) along transect F. (a) Clockwise (CW=downward propagating energy) and (b) anticlockwise
(ACW=upward propagating energy). Short curve labled "E" shows internal wave variance along
transect E farther west.
An example of the results of these computations is shown in Figure 5. Peak vertical diffusivities
K;w and ~P are very similar and are least between the shallow halocline and the main thermocline,
approaching a constant value greater than IQ- 3 m2 s· 1 as depths increased to greater than 200 m. These
values are somewhat greater than computed by D' Asaro and Morison (1992), but their results reflected
conditions considerably farther from the shelf break and an obvious energy source. Salt fluxes are small
and downward at less than about 0.001 gm s· 1 m·2 at all depths. Heat flux is upward and has a value
of about 20 W m· 2 within the thermocline, at depths between 100 - 150 m.
DISCUSSION
. Our results are _co_nsi~tent_ with input of energy into the internal wave band on the Laptev Sea
contmental shelf and dissipatiOn m deep water. The diurnal tidal currents on the Laptev shelf are the
strongest anywhere surrounding the central Arctic Basin (Kowalik and Proshutinsky, 1993), and we
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hypothesize that the energy input into the internal wave band is primarily from the strong tidal currents
at the shelf break. Our computations suggest that this turbulent mixing can result ·in a significant flux
of heat out of the warm Atlantic Water core.
Station 54: Kiw and Kpp
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ofT (dashed) and S (solid), computed salt and heat (right) fluxes using K;w (solid) and ~P (dashed).
Previous work on internal wave activity in the Arctic Ocean has focussed on conditions away
from the boundaries (e.g., Levine et al., 1985). This past work has concluded that the internal wave
band energy in the central Arctic Ocean is lower than elsewhere and, further, that the spectrum does
not follow the- 2 slope characteristic of the Garrett-Munk canonical spectrum. Our data suggest that,
at least in that portion of the Arctic Ocean near the large tidal energy source in the Laptev Sea the
internal wave spectrum may more closely approach the Garrett-Munk configuration more typical of low
latitudes. Given that internal waves contribute to turbulent mixing, we suspect also that diapycnal
mixing via internal wave-based mechanisms may be greater near the Laptev shelf than elsewhere.
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MODEL OF THE ARCTIC OCEAN CIRCULATION
I. A.

Neelov

The Shirshov Institute of Oceanology, St. Petersburg branch
The model of the Arctic Ocean circulation has been constructed on the basis of a three-dimensional thermo-hydrodynamic model,
developed earlier by Neyelov and Chalikov (1981).
1. Model equations include motion equations of viscous noncompressible fluid on a rotating plate using the Boussinesq
approximation:
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equations of sea water state:
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which were used in the UNESCO equation of state (1981).
~ere ~~Y~Z - axes of the Cartesian coordinate system (z-axis
lS
d1rected upward) 1 u 1 v, w - components of vector velocity
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x,y,z axes; p- water density; g- free fall accelleration, T,S water temperature andsalinity; (- deviation of level surface from
the mean; Kr,s' A- coefficients of vertical _and horizontal
turbulent exchange, n- the Earth's angular rotation speed; rpcolatitude, ~- Laplace operator.
2. Boundary conditions at the surface z=( are components of
surface stresses L X and L y , heat and salt fluxes
Q

T

=

(T -T) ,
0

Q =a
S

(s -s)

S

(6)

0

and it is required to fulfil the kinematic condition
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By integrating continuity equations (3} from the surface to the
bottom taking (6} into account we obtain equation for free ocean
surface evolution
<t = - u-v,

<
where

<
(8)

u=Judz, v=Jvdz.
H

H

The vertical turbulent exchange is parameterized by the Prandtl
formula
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(xb) 2 '( [

d~ -)
J

---az-

2
]

+

g

p

.
0

dP ]
dz

1 /2

(9}

where x - Karman constant, b- turbulency scale.
The numerical solution of the problem is made by the scheme,
combining an explicit algorithm for slow processes (advection,
horizontal diffusion) and implicit algorithms at the stage of
calculating vertical diffusion and level. This allows the use of a
sufficiently large time step (about ten Courant conditions) at a
quite simple computation scheme and integration for a long time
period. The use of formula (8} and implicit algorithm for
calculating vertical diffusion guarantees stability of
the
calculation scheme in the presence of vertical convection.
3. Numerical experiments were performed by means of the model
version with a 100 km spatial resolution by horizontal and 20
levels by vertical. As initial data, climatic values of water
temperature and salinity in the Arctic Basin, presented in the
Arctic Ocean Atlas (ed. by Gorshkov, 1980) and prepared in the
form of a digital set of data in regular grid points were used.
The main goal of the experiments was in the model validation by
means of comparisons of calculated large-scale circulation in the
Arctic Basin and known from climatic generalizations. In addition,
a possibility to apply the model for calculating not only
thermohaline circulation, but also tidal currents was used.
The diagnostic calculations of cir~ulation show t~e model to
simulate the main features of the cl1mate of the Arct1c Ocean. In
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large-scale structure and water mass circulation this is the
cyclonic circulation in the western and anticyclonic in the
eastern parts of the Arctic Ocean, to which negative and positive
deviations of the free surface from the mean level correspond
(Figure Ia). Interseasonal differences are expressed in model
estimates in the form of some increase of anticyclonic circulation
in the eastern Arctic Ocean. Figure I,b shows the model capable to
calculate jointly thermohaline and tidal water circulation. The
latter is most strong at the western boundaries of the Arctic
Basin in the northern Kara Sea.
Thermohaline circulation in the model (Figure 2} displays a
distinct increase of currents in the tides and in the vicinity of
continental slopes of the Barents, Kara, Laptev and Beafort Seas,
which corresponds to an existing understanding of the circulation
in these regions. Another feature of model circulation is a
decrease in size and a relative intensification with depth of the
anticyclonic gyre in the eastern part of the basin. Seasonal
differences in the circulation are·clearly seen in model data for
the upper layer in the zone of the influence of river run-off. In
deep layers seasonal differences in the circulation are small, at
the same time there is an increase of spatial inhomogeneity of the
velocity field, as affected by the features of the bottom relief
of the Arctic Basin.
4. The numerical experiments made showed the main features of
thermohaline circulation of the Arctic Ocean to be simulated in
diagnostic calculations by the model, which can be used to
investigate the effect of different factors on the formation of
circulation in the framework of prognostic calculations.
The author is grateful to Dr. Timokhov L. A. for the provided
numerical set and to Dr. Alekseyev G.V. for fruitful discussions
of the modelling results.
The study was carried out with financial support of the Ministry
of Science and Technical Policy of Russia.

Figure I. Diagnostic estimates of the ocean surface position
for summer and winter (a) and results of joint calculations of
tidal and thermohaline circulation at a 2.5 m level.
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Figure 2. Thermohaline circulation in the Arctic Ocean at
different levels for summer and winter from model calculations.
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BAROCLINIC AND BAROTROPIC FACTORS IN
THE ARCTIC OCEAN GENERAL CIRCULATION

I.V .Polyakov
Arctic & Antarctic Research Institute
38 Bering str., St.Petersburg, Russia

INTRODUCTION
The objective of this study is to investigate the large-scale Arctic Ocean (AO) currents formed
under influence of the atmospheric circulation, water exchange with neighbour oceans and
density heterogeneity of the sea water. The method of the problem solution is numerical
integration of equation of an ocean model (Polyakov & Dmitriev, 1993). Simulations were
diagnostic ones that means the forcing were taken from observations and constant in time.
Quality of initial information on the temperature and salinity (T&S) counts for such
experiments. For solution of the problem we constructed new T&S data array profiting by
large number of observation data including materials of Russian large-scale AO hydrological
surveys during 1973-1979 (Polyakov & Timokhov, 1994a). Thus it was possible to avoid
excessive smoothing of the T&S fields in the central Arctic.
PROBLEM FORMULATION
The problem of the large-scale winter and summer AO circulation caused by coupled effect of
the wind and atmospheric pressure gradients, mass transport through straits and horizontal
gradients of sea water density was considered. Separate influence of each forcing on the
currents structure was estimated. To work out the problem we have used 3D time-dependent
baroclinic ocean model with free surface. The model is based on the hydrostatic, continuity
and state equations and on the primitive momentum, heat and salt equations. Because of
diagnostic nature of the experiments the equations for the temperature and salinity .were not
taken into account.
The model domain provided 55.6 km spatial resolution with 23 levels in the vertical plane.
Integration of the model equations was carried out until the steady solution was obtained.
Constancy of the current kinetic energy was a criteria of the experiment finishing.
Mean winter and summer atmoshperic pressure fields were obtained from (Gorshkov, 1980)
and wind stresses were calculated by these data. Transports at oceanic lateral boundaries were
specified from (Hakkinen & Mellor, 1992). The new T&S data were used (Polyakov &
Timokhov, 1994).
Zero current velocities and undisturbed sea water level were specified as initial conditions. At
the horizontal walls of the basin and its open boundaries the perfect insulation and free
leakage for the mass transport were included in the model as boundary conditions.
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CIRCULATION CAUSED BY COUPLED EFFECT OF DIFFERENT FORCES
In this section of the paper, the simulated AO currents and free surface topography under
influence of a complex of forcing- the wind and atmospheric pressure gradients, transports
through straits and T &S ocean fields - are presented. The experiments were fulfilled for winter
and summer seasons.
In Figures 1 and 2 the simulated winter and summer surface currents and water level are
shown. The schemes contain anticyclonic Beaufort gyre, the Transpolar, East..;Greenland and
North-Atlantic currents. In the central Arctic the level elevation is about 20 cm, in the
Norwegian and Greenland Seas a two-kernel structure occurs. which may be found in the
density fields too. The summer surface currents are more intensive in comparison with winter
ones at the continental slope of Siberian seas that seems to be determined by the summertime
rivers discharge forming high-gradient density field. At the same time in the AO central areas
summer surface currents are small due to weak winds.
Dependence of the near-bottom winter and summer currents (Figures 3 and 4, respectively) on
the bottom topography is traced well. The maximal current velocities are at the East-Siberian
and Chuk:chi Seas slope (here they reach 20 cm/s), at Spitsbergen, the East-Greenland and
Norwegian currents are highly intensive. The near-bottom current of the central part of the
AO with the source northwards from Greenland is marked out. The current follows isobars
and spreads in direction of the Chuk:chi Sea slope passing the North Pole spot. This current is
a penhanent element of the calculated for several years (1973-1978) thermohaline deep ocean
circulation (Polyakov, in press). In summer near-bottom currents are larger in comparison
with the winter ones on the arctic shelf and continental slope. Other important features of the
simulated AO near-bottom circulation are concentration of the principle mass transport along
its continental slopes and ridges, more intensive currrents of the Eurasian Basin in comparison
with the Canadian one, practically constant direction of the AO main flows for every season
(an exception seems to be the East-Greenland Current where in summer a north component
occurs, that does not correspond to direct measurements (Foldvik et al.,1988) and may be
apparently explained by poor quality of the T&S data in this region of the Greenland Sea).
We have studied the behaviour of the Atlantic water layer in the AO. By the analysis of the
temperature fields it was shown that the depth of the stream is different in the Nansen Basin
and the rest part of the ocean: in the Nansen Basin it is approximately equal to 300 m but in
the Canadian Basin the Atlantic water layer is deeper (about 500 m) with sharp boundary
between two basins. The simulation of the particle transport has shown that in the region of
the Beafort Gyre the trapping of particles occurs with infinite their rotation around a center of
the Gyre.
The calculated mass transports trough the main AO straits are shown in Table 1. The mass
transport from the Atlantic Ocean into the Greenland and Norwegian Seas through the
Denmark and Faero-Iceland Straits is placed in the column "Inflow". In this column water
mass, ~hich enters in the AO through straits connecting the ocean and neighbour basins, is
de~ermmed. The transport estimates from the colomn "Inflow" for the Karskiye Vorota,
Spttsbergen- Northcape and Franz Joseph Land (FJL)- Novaya Zemlya Straits mean that the
flow is directed into the Barents Sea. The sign "star" markes straits where the mass transport
was used as a boundary condition in the experiments. For the straits of the Canadian
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Fig.l. Simulated mean winter surface current and level elevation (cm)
caused by the coupled effect of the atmospheric circulation, mass transport
through straits and baroclinicity. The arrows are plotted for every other grid
cell. The arrow length 0.5d (d is the grid step) corresponds to velocity <0.5
cm/s; ld ~ <2.5 cm/s; 1.5d ~ <5 cm/s; 2d ~ <1 0 cm/sand 2.5d ~ > 10 cm/s.

Fig.2 The same as in Fig.l, but for the summer season.
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Fig.3 Simulated rneart winter neat·bottorrt current caused by
the coopled effect of different forces. The arrows are plotted
for every gtid cell.

F

'he same as in Fig.3, but for the summer season.
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Archipelago, the free leakage was a boundary condition therefore the water exchange was
formed by the processes in the AO as a result of the water mass balance.
Table 1
Simulated mass transport through the AO straits (Sv)
winter

summer

Strait
Denmark(*)
Faero-Iceland (*)
Fram
Spitsbergen-Northcape
Spitsbergen- FJL
FJL-Novaya Zemlya
FJL-Sevemaya Zemlya
Karskiye Vorota
Vilkitskogo
Bering (*)
Canadian Archipelago

Inflow
0.
8.16
1.63
0.56
0.
0.
0.73
0.
0.27
1.00
0.

Outflow
7.00
0.43
0.64
0.82
1.10
0.77
0.06
0.17
0.
0.
1.83

Inflow
0.
10.40
0.82
0.98
0.
0.
2.11
0.
0.25
1.00
0.

Outflow
7.00
3.11
1.51
0.
1.09
2.00
0.30
0.07
0.
0.
1.28

WIND-DRIVEN CIRCULATION
In this section of the paper the reaction of the basin on the atmospheric circulation is
considered. The peculiarity of the meteorological fields are weak gradients of the atmospheric
pressure (and, accordingly, weak winds) in summer and highly developed Siberian
anticyclone in the central Arctic in winter.
The weak summer winds caused small surface current velocities and gradients of the water
level. Insignificant intensification of the summer wind-driven currents is on the Siberian shelf
and in the central part of the ocean. The simulated near-bottom current velocities do not
exceed 1 cm/s in the deep ocean areas, they increase a little on the shelf.
In winter the surface and near-bottom currents of the AO are more intensive. In the central
part of the AO the surface anticyclonic gyre was formed. This gyre looks similar to that was
obtained by the AO general circulation models earlier (Semtner, 1976; Hakkinen & Melior,
1992; etc.). The free surface sagging about 20 cm in the Beaufort Sea and the sea water
maximum in the Norwegian Sea were simulated. Note that the AO surface topographies
cuased by the wind and atmospheric pressure gradients and by the coupled effect of different
forces including baroclinic component have opposite phases. The AO near-bottom winter
wind-driven currents "feel" the seabed irregularities: their peculiarity is increasing of the
velocities at slopes of the ocean basins.
The comparison of the currents caused by the coupled effect of the different forces (Figures 14) and by the atmospheric dynamics only led to conclusion that the wind-driven circulation
determines the pattern of the winter surface currents whereas in the majority of the AO
regions the summer surface cirulation has different nature. It should be mentioned that the
experiments were carried out by the smoothed mean atmospheric pressure fields. Therefore
the impact of the atmospheric dynamics on the AO surface circulation may be underestimated.
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CIRCULATION CAUSED BY MASS TRANSPORT THROUGH STRAITS
The simulated currents arising by the water mass transports through the AO open boundaries
are highly developed at areas bordering these boundaries only. But it is obvious that the
neighbour basins exert significant influence on the ocean dynamics and thermodynamics. For
example, the Atlantic water layer is important element of the AO regime (Nokiforov &
Shpaikher, 1980).Therefore some mechanisms, providing the spreading of water flows into
the AO interior areas, have to exist. It seems that the baroclinic circulation might be one of
these mechanisms.
THERMOHALINE CIRCULATION
By the mean winter and summer T&S fields (Polyakov & Timokhov, 1994) we have fulfilled
diagnostic simulations of the AO thermohaline circulation. The results of these experiments
are described in the paper by Polyakov and Timokhov placed in this book.
The baroclinic component is the dominant factor in forming of the AO deep circulation, ocean
surface topography and also the summer surface currents in the AO deep-water areas and sea
shelves with developed river discharge. The estimates of the baroclinic component of the
water exchange through the AO straits is evidence of the same fact. For example, according to
the simulations, baroclinic component of the water flux from the AO into the Barents Sea
between Spitsbergen and FJL is about 2.30 and 0.98 Sv for winter and summer season,
respectively. Thus, the summer water exchange through this strait is almost completely
determined by the density gradients whereas in winter about a half of the density-driven
transport is compensated by the wind and atmospheric pressure gradients (Table 1).
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THERMOHALINE CIRCULATION OF THE ARCTIC OCEAN

I.V.Polyakov, L.A.Timokhov
Arctic & Antarctic Research Institute
38 Bering str., St.Petersburg, Russia
INTRODUCTION
The well-known schemes of the Arctic Ocean (AO) surface circulation were constructed
on the basis of ice camps and buoys drift (Thomdike & Colony, 1982). These schemes
contain anticyclonic gyre in the Beaufort Sea and Transpolar current with source at the
continental slope of the Chukchi Sea. Direct measurements of deep ocean currents are
not numerous (Aagaard, 1989; Foldvik et al., 1988). According to observations, the
main features of the AO near-bottom circulation are the concentration of the principal
mass transport in boundary :fluxes at basins margins, distinctions of the Canadian and
Eurasian basins water dynamics and others.
The most available method allowing to reproduce three-dimensional (3D) structure of the
AO currents is hydrodynamical modelling. Diagnostic and prognostic simulations
(Semtner, 1976; Proshutinsky, 1993; Hakkinen & Mellor, 1992 etc.) produced quite
realistic surface circulation. But some peculiarities of the near-bottom currents, such as,
for example, measured intensive :fluxes at the bottom over the continental slopes
(Aagaard, 1989), were not obtained.
The progress in simulation of the AO circulation may be connected with several factors.
First, the temperature and salinity (T&S) fields have to reflect as much as possible the
thermohaline ocean structure whereas in the Atlases by Levitus (1982) and Gorshkov
(1980) T&S gradients are smoothed. Secondly, in numerical modelling, it is necessary to
take into account detailed bottom topography and applied hydrodynamical models should
be capable of working under condition of significant depth variations.
In this paper we present some results of numerical simulation of the AO thermohaline
circulation. For purposes of the experiments we constructed new T&S fields. 3D timedependent ocean model with free surface was used in the experiments, so we had
possibilities to reconstruct not only the ocean baroclinic circulation but also sea water
level variations.
PROBLEM FORMULATION
The baroclinic currents of the AO were simulated by a 3D non-stationary baroclinic ocean
model with free surface (Polyakov & Dmitriev, 1993). The hydrostatic, continuity and
state equations of the model are diagnostic ones whereas the momentum, temperature and
salinity equations are prognostic. Because of diagnostic nature of the experiments, the
T&S were constant in time. We accented our attention on the baroclinic component of the
ocean circulation therefore the temperature and salinity horizontal gradients were the
single forcing here.
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The conditions for the mass transport through closed and open boundaries are those of
perfect insulation and free leakage, respectively. The initial conditions are the rest for the
velocities and undisturbed sea surface.
New mean summer and winter T&S fields were prepared for purposes of numerical
modelling (Polyakov & Timokhov, 1994). These data cover the Arctic Ocean including
its marginal areas and the Greenland, Norwegian and Barents Seas.
The system of equations was integrated until the kinetic energy of the currents became
stable in time. The duration of integration for both summer and winter seasons was about
20 days. We used 55.6 km spatial resolution in the horizontal plane and 23 vertical
horizons.
RESULTS

a. Sea water level.
Schemes of calculated winter and summer free surface of the AO are shown in Figures 1
and 2, respectively. These schemes correspond well to those obtained by Proshutinsky
(1993). Maximum in the center ofthe anticyclonic gyre in the Canadian Basin reaches 30
cm. In the Greenland Sea one can find minimum of the same magnitude. Inclination of
the water level between the Chukchi m and Greenland Seas is about 60 cm staying almost
invariable from one season to another.
The seasonal variability of the level distribution becomes apparent in position of the
anticyclonic gyre in the Beaufort Sea and also in summer increasing of level gradients on
the Siberian shelf and decreasing of winter sagging to the north of Spitsbergen. The
Norwegian and Greenland Seas free surface has no significant seasonal oscillations.
b. Surface baroclinic circulation.
The model reproduced two-kernel structure of the anticyclonic rotation, and both eddy
structures occur in every season. The experiments have shown some intensification of the
baroclinic component of the Transpolar current from winter to summer. Multi-kernel
pattern of the surface currents in the Greenland and Norwegian Seas is conserved during a
year, but the simulation shows a seasonal variability of location, area and intensity of
cyclonic and anticyclonic gyres. The anticyclonic motion in the seas of Siberian self was
described insufficiently. The nature of the circulation in these regions seems to be
different.
c. Near-bottom baroclinic currents.
Calculated deep ocean baroclinic currents for winter and summer are shown in Figures
3,4. The schemes of the near-bottom mass transport confirm a conclusion (Aagaard,
1989) about significant differences between the Canadian and Eurasian Basins
circulation..~umerous like-eddy structures over the bottom irregularities with relatively
small velocities (up to 3 cm/s) are typical for the first basin. The near-bottom circulation
of the Eurasian part of the AO is more intensive with maximal velocity about 10-15 cm/s
at the Chukchi Sea continental slope.
The usual phenomena for some regions of the AO is a near-bottom current which runs
counter to the surface circulation. For example, intensive counter-current is formed in the
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Fig.l. Simulated mean winter surface current and level
elevation (cm) caused by the horizontal density gradients. The
arrows are plotted for every other grid cell. The arrow length
0.5d (d is the grid step) corresponds to velocity <0.5 crn!s; Id<2.5 crnls; 1.5d- <5 crn!s; 2d- <1 0 crn!s and 2.5d- > 10 crn!s.

Fig.2. The same as in Fig.l, but for the summer season.
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Fig.3. Simulated mean winter near-bottom current caused by the
horizontal gradients of the water density. The arrows are plotted
for every grid cell. Five gradations were used for the arrow
scaling.

Fig.4. The same as in Fig.3, but for the summer season.
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Atlantic water into the AO. It should be noted that according to the experiment the
opposite direction of the surface and deep ocean currents takes place at selected areas. It
is more frequent situation when they are directed at angle of 45-90 .
The comparison of the calculated and observed (Aagaard, 1989) sub-surface currents
shows that their direction is in a good agreement. The results of our experiments confirm
Aagaard's (1989) conclusion that the principle mass transport of the AO is concentrated at
basin margins. In the central part of the ocean, we obtained quite satisfactory
correspondence of the velocity moduli (deviations did not exceed 1-2 cm/s). But the
model underestimated significantly the velocity at the Beaufort Sea and Spitsbergen
slopes.
In wintertime the thermohaline currents of the Norwegian and Greenland Seas are mainly
one-directed from the surface to the bottom (Figures 1,3). In summer season at the east
coast of Greenland the current changes its sign with depth (Figures 2,4). This result
contradicts to observation data (Foldvik et al., 1988) when year-long measurements of the
East-Greenland Current near 79 N shown no obvious seasonal variability of the current
and constancy of its direction with depth. Additional experiments with different forcings
may make the situation more clear.
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WINTER CONVECTION AND SEASONAL SEA-ICE MELT ABOVE THE
ARCTIC OCEAN THERMOCLINE
B. Rudels, Institut fiir Meereskunde, Universitat Hamburg,
Troplowitzstrasse 7, D-22529 Hamburg, Germany
L. G. Anderson, Department of Analytical and Marine Chemistry,
University of Goteborg, S-412 96 Goteborg, Sweden
E. P. Jones, Department of Fisheries and Ocean, Bedford Institute of Oceanography,
P. 0. Box 1006, Dartmouth NS B2Y 4A2, Canada

The fresh water entering the Arctic Ocean is found primarily in a low salinity upper
layer, resulting in a highly stable upper part of the Arctic Ocean water column. This
stability limits the depth of the winter convection and allows the surface layer to cool to the
freezing point. Subsequent cooling leads to ice formation, and a perennial ice cover is thus
established in the central Arctic Ocean. In winter the insulating effects of the ice cover limit
the heat loss to the atmosphere, and in summer the high albedo reduces the amount of ice
melt.
The fresh water is added by the rivers at the rim of the basins, by the inflow of
relatively fresh water through Bering Strait, and by net precipitation. It is removed and
stored temporarily as sea ice in winter, then partly re-injected as seasonal ice melt in
summer. In the Eurasian Basin the fresh water storage in the water column and its seasonal
variability can be determined by examining salinity and temperature profiles and E>-S curves
obtained during the Oden-91 Expedition.
Before an estimate of the amount of seasonal sea ice melt can be made, the depth of
the convection during the previous winter has to be assessed. This depth can be identified
by a shallow temperature minimum and a relatively weak salinity gradient (Figure la).
Such features are easily recognized on most (60%) of the Oden stations The amount of sea
ice melt in the western Eurasian Basin is then estimated from the amount of fresh water
above this reference salinity level.
The salinity of the mixed layer varies over the Eurasian Basin and is much higher in
the southern Nansen Basin north of the Barents Sea. The depth of the winter mixed layer is
also greater in this region (Figure 1b). This high salinity is due to the large distance from
the sources of river runoff, and the fresh water input is due mainly to melting of sea ice as it
encounters the warm inflowing Atlantic Water. Winter cooling leads to new ice formation
and homogenization of the mixed layer. Subsequent seasonal ice melt creates a low salinity
surface layer. We have chosen the salinity of the mixed layer in southern N ansen Basin, S =
34.3, to be the reference salinity from which additions of fresh water are calculated for the
Arctic Ocean. This implies that 2 cm/m of ice melt has been added to the inflowing
Atlantic Water, S <== 35, to form this mixed layer salinity.
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A salinity section of the upper 150 m, running from the Nansen Basin across the
Nansen-Gakkel Ridge to the Amundsen Basin and across the Lomonosov Ridge to the
Makarov Basin shows a decrease in salinity toward the interior of the Arctic Ocean. The
depth of the reference salinity halocline nevertheless appears to be fairly constant. The
relative fresh water content of the winter mixed layer and of the layer between the base of
the mixed layer and the depth of the reference salinity can be estimated by identifying the
limits of the winter convection on the individual stations. The fresh water content of the
Eurasian Basin is very low in the Nansen Basin. It increases strongly over the NansenGakkel Ridge, more gradually in the Amundsen Basin, and then more strongly over the
Lomonosov Ridge (Figure 2). The winter mixed layer becomes thinner as a halocline builds
up between the base of the mixed layer and the top of the thermocline. The fresh water
content of the halocline increases from almost zero in the Nansen Basin to more than two
metres in the Makarov Basin. The amounts of seasonal ice melt and of fresh water in both
the winter mixed layer and halocline along the section are shown in Figure 3. The seasonal
ice melt is fairly constant, between 0.5 m and 1 m, while the total freshwater content both
increases from near zero to more than 3 m in the winter mixed layer and 1 m in the
halocline. This increase is a result of the river runoff added to both of these waters.
The total amount of fresh water content varies from less than 2 m north of Svalbard
to above 5 m in the Makarov Basin and north of Greenland. About 2.5 m have to be added
to obtain the total fresh water content relative to the Atlantic inflow. The high fresh water
content west of the Greenwich meridional shows the outflow from the Canadian Basin in
the Transpolar Drift, while the increase occurring across the Nansen-Gakkel Ridge is due to
a change of the fresh water source from ice melt in the south to an advection of river runoff
from the Laptev Sea in the north. The seasonal ice melt appears to be fairly uniform over
the whole region. There is less ice melt apparent in the Amundsen and Nansen basins and
over the Morris Jesup Plateau than over the ridges. Over the Morris Jesup Plateau this is
most likely due to the proximity of the warm Atlantic inflow and not just seasonal ice melt
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Figure 2.

The relative amount of fresh water in the winter mixed layer and the halocline is
different in different regions. In the area dominated by the outflow from the Canadian
Basin near the Morris Jesup Plateau, there is a thick and relatively fresh halocline, and the
amount of fresh water in the mixed layer and halocline is almost the same. The low salinity
mixed layer is thinner, and its total fresh water content is not much greater than that of the
deeper, more saline mixed layers of most of the Eurasian Basin. The differences between
the two regimes are much larger for the halocline; there is three times as much fresh water
in the Canadian Basin outflow as in the Eurasian Basin proper. The fresh water content in
the area north of Svalbard is dominated by ice melt caused by the advection of Atlantic
Water through Fram Strait.
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The advection of fresh water into the area of the Oden Expedition can be illustrated
by a E>-S d~ag~am of stations. along the Section A, from Station 5 to Station 27 (Figure 4a).
The most s1gmficant feature 1s the distinct temperature minimum just above the thermocline
at Station 5 in the Nansen Basin. It is not connected to the temperature maximum by a
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straight mixing line. This indicates that the winter convection is penetrating into the
Atlantic Layer. On the other stations farther into the Arctic Ocean the temperature
minimum is displaced toward lower salinities. The tendency of the thermocline to follow
an isopycnal is removed, and a change of slope develops between the temperature minimum
and the top of the thermocline. This change, occurring rapidly at the Nansen-Gakkel Ridge,
indicates that the water of the mixed layer in the southern Nansen Basin does not spread
directly into the Amundsen Basin but circulates eastward above the Atlantic Layer. As the
convection depth decreases, a halocline starts to develop at the temperature minimum. The
. heat flux from the Atlantic Layer then becomes trapped in the halocline, whose temperature
increases. This is reflected by a corresponding~decrease in the temperature of the Atlantic
Layer, indicating that the halocline and the Atlantic Layer roughly follow the same
circulation pattern. The eastward flow partly turns north of the Laptev Sea and returns
toward Fram Strait mainly along the Nansen-Gakkel and Lomonosov ridges. These streams
cross the section. Those penetrating deepest into the Arctic Ocean have received the largest
input of river runoff and have the lowest mixed layer salinities. The circulation along,
rather than across, the Eurasian Basin is further supported by the small relative change in
the 8-S structures between stations along the hypothesized flow paths as compared to the
changes found on Section A (Figure 4b). The greatest changes are between Stations 26 and
40. These stations show the water leaving the Canadian Basin. The water of the halocline
at Station 40 has a higher temperature, indicating that heat mixed upward from the Atlantic
Layer becomes trapped in the upper halocline in the Canadian Basin.
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a) 8-S plots along Section A b) 8-S plots at Stations 26 and 40.

The fact that the salinity of the mixed layer varies in the Arctic Ocean shows that
water isolated from surface processes in one region can be exposed to winter convection in
other regions. The upper halocline water exiting the Canadian Basin will be protected by
the low salinity water from the Canadian Basin only as long as it remains in the western
corner of the Eurasian Basin. If it is displaced further into the Eurasian Basin, it can be
eroded by winter convection.
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The sea ice melt north of Svalbard caused by the inflow of Atlantic Water creates a
surface layer that is homogenized by freezing in winter. This winter mixed layer constitutes
the initial water of the Arctic Ocean halocline. It first circulates eastward above the Atlantic
Layer. As long as the salinity remains high, the heat lost by the Atlantic Layer to the mixed
layer will be transferred to the atmosphere. North of the Laptev Sea, more fresh water from
river runoff is added to the mixed layer. Its salinity becomes lower, and the depth of the
winter convection decreases. A halocline begins to develop between the mixed layer and
the thermocline, isolating the Atlantic Layer. Part of the flow turns north of the Laptev Sea
and heads toward Fram Strait. In the western Eurasian Basin the return flow will be
augmented by the still less saline mixed layer and the upper halocline water from the
Canadian Basin. This flow is illustrated in Figure 5.

Figure 5.

Evolution of the halocline from the mixed layer and general flow patterns.
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BRINE ENRICHED SHELF WATERS IN THE NORTH WESTERN BARENTS SEA
Ursula Schauer
Alfred-Wegener-Institut ftir Polar- und Meeresforschung
D-27515 Bremerhaven, Germany

Brine enriched water masses are formed through surface cooling, freezing and subsequent
convective mixing and can be accumulated at the bottom of Arctic shelves. The related
increase in density enables part of these shelf waters to flow towards the shelf edge and to
interfere with the intermediate and deep waters of the Arctic Ocean basins. Based on
hydrographic observations during Polarstern cruise ARK VIII/2 in summer 1991 and on time
series from moored instruments, the formation and outflow of such dense shelf waters in the
northwestern Barents Sea are studied.
The salinities of winter water formed in the north western Barents Sea cover a wide range as
they depend on the rate of ice formation as well as on the preconditioning of the water column.
East of Svalbard, the import and melting of sea ice from the interior Arctic Ocean during
summer lowered the surface salinity and convection during winter lead to intermediate
salinities only as high as 34.3psu. As a contrast, high intermediate and bottom salinities were
found in the Storfjord, where surface currents and ice motion are divergent. Time series over
one year (1991192) reveal the flow of brine enriched bottom water from Storfjord towards the
western shelf edge during five months.
The total volume of the bottom water released from this site into the Norwegian Sea was
estimated as 1.6x1012 m3 and its salinity ranged between 34.3 and 35.1 psu. The source water
mass for the observed outflow was provided by the East Spitsbergen Current advecting low
salinity Arctic water during summer and early winter, and a mixture of Arctic and saline
Atlantic water during late winter. Salinity observations along the continental slope around
Svalbard show that outflow of winter water from the shelf acts as a fresh water source for
intermediate waters and as a salt source for deep waters of the Norwegian and Nansen basins.
published as:
Schauer, U., 1995: The release of brine-enriched shelf water from Storfjord into the
Norwegian Sea, J. Geophys. Res., 100, 16,015-16,028.
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CIRCULATION AND WATER MASS MODIFICATIONS ALONG THE NANSEN
BASIN SLOPE
Ursula Schauer, Alfred-Wegener-Institut fiir Polar- und
Meeresforschung, Postfach 120161, D-27515 Bremerhaven,
Bert Rudels, Institut fiir Meereskunde, TroplowitzstraBe 7, D-22529
Hamburg,
Robin D. Muench, Science Applications International Corporation, 13400
Northup Way, Suite 36, Bellevue, Washington 98005, USA,
Leonid. Timokhov, Arctic and Antarctic Research Institute, 38 Bering
Str., St. Petersburg, Russia

INTRODUCTION
The intermediate and deep circulation in the Nansen Basin is
dominated by the inflow of waters from the Norwegian Sea through
Pram Strait which spread as a tongue of saline water towards the east
(Carmack, 1990) and by the input of waters from the various adjacent
shelf seas. The temperature and salinity structures of these shelf waters
depend mainly on the fresh water input from continental river runoff,
on fresh water extraction due to ice formation and on the intensity of
vertical and horizontal mixing. Only the Barents Sea receives in addition
a considerable contribution of warm and saline Atlantic derived water
from the Norwegian Sea which passes through and leaves the Barents
Sea towards the Kara Sea (Rudels, 1987; Blindheim, 1989; Loeng et al.,
1993 ).
This paper presents observations from RV "Polarstern" cruise ARK
IX-4 in August and September 1993 over the slope and in the Arctic
Basin north of the Barents and Laptev Seas. The influence of shelf water
input in the different areas is discussed.
DATA
The station positiOns from the Polarstern cruise ARK IX-4 are
shown in Figure 1. Profiles of temperature and conductivity were
meas~red_ at e~ch station with a Neil Brown Mark Ill CTD system in
combmatwn with a General Oceanics rosette sampler with 24 bottles.
The temperature and the pressure probes of the CTD were calibrated
before and after the cruise. The salinity obtained from CTD
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measurements was calibrated by measuring
samples with a Guildline Autosal 8400 B.

the

salinity ·of water

Figure 1: Location of the stations (dots) of the RV "Polarstern" cruise ARK /X-4
(August-September 1993) to the eastern Arctic. "W" and "E" indicate sections
shown in Figure 2. Big dots indicate stations which are referred to in other
figures. Arrows depict the mean flow between Barents and Kara Sea from current
measurements over twelve months (Loeng et al., 1993).

RESULTS
Warm, saline Atlantic Water which had entered the Nansen Basin
through Fram Strait spreads as a boundary current along the continental
slope north of the Barents Sea at least until 40°E (Figure 2a and c). In
that region, the warm core was situated 30 km off the shelf break with
2.9°C and 35.0 as temperature and salinity maximum values. There was
a slight eastward decrease in these maxima and in the cross section area
covered by the core between the westernmost section and section "W".
Beneath the warm saline core, temperature decreased with depth to the
bottom and salinity had a weak minimum at 1100 m.
The dilution of the core properties of the Atlantic layer in the
western Nansen Basin is most likely a result of the admixture of waters
from the Barents shelf. Relatively cold, low salinity water overlays the
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upper slope and the shelf edge at the depth of the Atlantic Water core
(Figure 2a and c). Several tens of meters thick tongues at the slope
bottom indicates draining of this water down the slope to about 700 m
depth. The cold dense water is expected to be formed in the northern
Barents Sea during winter. Its low salinity is caused by the downward
mixing of low salinity surface water during winter convection and by
wind-stirring. A patch of shelf water surrounded by warm core water
was found at station 25 (Figure 2a and c) indicating mesoscale mixing
processes between shelf water and Atlantic layer.
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Figure 2: Vertical distribution of salinity and potential temperature along sections at
the Nansen Basin continental slope. See Figure 1 for locations.
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A comparison between the western sections north of the Barents
Sea and the eastern sections north of the Laptev Sea (Figure 2) shows
that the continental slope in the east is covered by a 1000 m thick much
colder and less saline water mass. The warm, saline core of Atlantic
layer originating from Pram Strait appears to have been displaced off
the slope towards the interior basin. In addition, the temperature and
salinity maxima were less farther east although it is possible that the
true maxima were not sampled on the eastern section because of the
quite great station spacing.
The decrease in T and S values over the slope were consistent with
input, north of the Kara Sea, of a substantial volume of Atlantic Water
which had been transformed by cooling during its transit over the
Barents and Kara shelves. The net inflow of Atlantic Water from the
Norwegian Sea to the Barents Sea is estimated to be 1.9 Sv (Blindheim,
1989) and recent current measurements in the passage between Franz
Josef Land and Novaya Zemlya indicate that most of this Atlantic Water
enters the Kara Sea (Loeng et al., 1993) (Figure 1). It is cooled and
freshened during its transit and also interacts with brine enriched water
formed in the shallower parts of the Barents Sea. The density of the
Atlantic Water thus increases and when it eventually sinks into the
Arctic Ocean, presumably down the St. Anna Trough, it will form a thick
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vs.
salinity from stations at the slope north of
the Barents (22) and Laptev Sea (70) and
within the deep basin 200 km north of the
Laptev Sea (53). "BS" represents water
leaving the eastern Barents Sea towards
Kara Sea (Loeng et al., /993).

Figure 4: Vertical density profiles in the
western (22) and eastern (35 and 53)
Nansen Basin. For locations see Figure I.
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cold wedge between the continental slope and the core of the Fram
Strait inflow. Lateral interactions and the large property contrasts lead
to the formation of inversions, which can induce further mixing through
double diffusive processes (Figure 3).
Despite its density increase during the transit through the shelf
seas, upon entry into the basin, the injected water is less dense than the
displaced water column (Figure 4). This leads to a density decrease of
the boundary current to the south. It implies that, if the inflow from the
Barents Sea moves towards the east as the observations suggest, it must
be driven by a pressure gradient caused by a higher sea level at the
continental slope than in the deep basin and the injection and the layers
above move in the same direction.
SUMMARY

All shelf water contributions to intermediate and deep waters
observed along the Nansen Basin continental slope were traced back to
the Barents Sea. These contributions consist either in local dense winter
water plumes leaking from the northern shelf edge or in a broad
outflow of Atlantic· derived water which enters the Nansen basin
continously as a part of the large-scale circulation. Both kinds of shelf
water input appear as low salinity water sources for the depth levels of
their intrusion in the Nansen Basin.
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NUMERICAL MODELLING OF THE CLIMATIC THERMOHALINE WATER
CIRCULATION IN THE NORTH ATLANTIC AND THE ARCTIC OCEAN
G.A.Semjonov, A.M.Bezgreshnov
The Arctic and Antarctic Research Institute, 38 Bering St., St.-Petersburg, 199397, RUSSIA
The interaction of the Arctic Ocean and the Atlantic Ocean is an important component for
climate studies in polar and subpolar regions. The Arctic Ocean influences the heat and salinity
budgets of the North Atlantic, and is a major area of deep water formation. Warm, saline water
from the North Atlantic affects on distribution of the ice cover in the Arctic Ocean. Better
representation of a region connecting the North Atlantic with the Arctic Ocean in a numerical
circulation model is therefore essential to an adequate understanding of the polar and subpolar
climate.
For simulation and investigation of climate large-scale circulation evaluation in the North
Atlantic and the Arctic ocean the three-dimensional efficient hydrothermodynamical model, using
primitive equations, was built. The calculating area includes the regions from the equator to the
Bering strait. To improve the finite-difference approximation in the Denmark strait, Frame strait
and Faeroe-Shetland strait the spherical coordinate system with pole placed in point 75°N & 40°W
(in Greenland) was designed.
The model equations. The primitive equations which are the basis of the numerical model
using the Boussinesq and hydrostatic approximations:
dtu-fv = -mp~'aAP+Bz(vBzu)+l!.Lu;
(I)
(2)

azP= pg;
m8Au+m8'~'(v·COS(j))+8z W

(3)
= 0;

(4)

dt (T,S) = az [llr Saz (T,S)]+ l!.L (T,S) +Oc (T,S);

(5)

p= f(T,S).

(6)

The notation is as usually: /...,(j), z -spherical system of coordinates with pole placed in point 75°N &
40°W; u,v,w- components of velocity of current on axes /..., <P ,z correspondingly; T- temperature;
S- salinity;p0 - average density in basin; p- density of water; P- pressure; g- constant of gravity;
m=(r·cos<Pr'; n=r-'; r- radius of the Earth; dt- operator of individual derivative; a'A.q>.z- operator
of local derivative; oc- parameterization of convective mechanism.
8
2
f1L = m 8A[A[· 8A( ))+mn8'l'[A? COS(j)8'1'( )) ;
v , AL- are coefficients of vertical and horizontal turbulent viscosity of water ; llr.s, AI·s- are
coefficients of vertical and horizontal turbulent diffusion of heat and salt, f- parameter of
Coriolis, where
f = 2ro ·[sin(j)0 sin(j)+COS(j)0 cosq>cos(A.- /...0)] ;
co=0.729·10-4s-'; /... 0 ,(j) 0 -coordinates of the North Pole in new spherical system of coordinates.v, llr.s
are changed from 5 cm2 s-' in upper level to 1 cm 2s- 1 near the bottom.AL,AI·s are changed from
5·106 cm2s-t near the Greenland to 5·10 8 cm 2s- 1 near equator.
Boundary conditions for system are as follow. At the surface z=O:

474

w=O; p0v8z =-'t~; p 0v8z =-'t~; T=T 1; S=S 1;
where 'to 'to -components of wind stress .At the bottom z=H:
"'' A.
w = u8~..H+v8"'H ; p0 vi.\ = -'t~; p0 v8z = -'t: ; 8zT =0 ; 8zS =0 ;
where 't:, 't~ -components of bottom stress . On vertical lateral boundaries of basin:
8n(u,v)=0 ; 8n(T,S)=0.

The method of solving. This model is based on the split method (Marchuk, 1987) and solves
the finite-different equation by the next stages:
- the first stage is the definition of the advective-diffusion transference of momentum, heat
and salt
(7)
d 1u=i\Lu
(8)

d 1V = i\L V
d 1 (T,S) = 8 2 [J.lT.S8z(T,S)]+ i\L(T,S)+Bc(T,S) ;

(9)
(10)

p=f(T,S);
- the second stage is the calculation of adaptation of mass and currents fields:
z

H

(H-1
8 1 u-fv-8z(v8zu)=-mH -1 f·8~..'P+mgp -1
0

fctzfa ~..P dz-, fa ~..P dz') -po-1H-1 ('t"'o -'t"'H).•
0

H

81 v+fu-82 (V82 v) = -nH- 1 f·8<r'P+ngp~ 1 (H- 1

z

0

z

z

fdzf 8"'pdz'-f 8"'pdz')- p~ 1 H- 1 ('t~ -'t~).
0

(11)

0

0

(12)

0

Streamfunction -'1' is calculated from equation {13).
(13)
1

i\H'P= 8Jmn- 1 H- 1 8~..'1')+8"'(nm- H- 8"''¥);
H

~ =(p0

1

z

H)- 1 [m- 1 {'t~ -'t~)- gJdzJa).pdz'];
H

f2 =(poH)- 1 [n- 1 {'t~ -'t:)-

(15)

z

gfdzf a'Ppdz'];
0

(14)

(16)

0

On contour of basin '1'=0. The boundary conditions on islands for streamfunction have been
calculated using method of Kamenkovich (Kamenkovich, 1973).The ocean model has a variable
resolution from 28 km (Greenland Sea) to 312 km (near equator) . It is shown in figure 1. The
model uses a total of 14 levels in the vertical: 0, l 0, 20, 50, I 00, 200, 300, 500, I 000, 1500, 2000,
3000, 4000, 5000 m. The numerical schemes effectively damps the external gravity mode and
inertial oscillations. The time step is then restricted by internal gravity waves and equals 4 hours.
The input date. The bathymetric field has been taken from AARI archive. As an initial
stratification and as for the boundary conditions the climatic summer hydrographic data of the
atlas published by Levitus (Levitus, 1982) and archive AARI have been used. Present
computational results use seasonal climatological mean wind stress fields computed from monthly
mean pressure data for the period 1891-1991 on a 5X I 0° grid (archive AARI).
The simulation results. Using this model the 30-days adaptational calculations for climatic
summer have been executed. The current scheme of the system Arctic Ocean-straights-North
Atlantic with suitable resolution in all points of considered area have been obtained (see fig.2,3,4).
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Figure 2. The field of streamfunction for climatic summer in the Arctic basin (in l 0 m /s).
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CIRCULATION AND FORMATION OF COLD, SALINE WATER ON THE NORTHEAST SHELF
OF THE CHUKCID SEA
by
Thomas J. Weingartner
Institute of Marine Science
University of Alaska
Fairbanks, AK 99775-1080
Donald J. Cavalieri
Gadded Space Flight Center
National Aeronautics and Space Administration
Greenbelt, MD
Joanne Groves
Geophysical Institute
University of Alaska
Fairbanks, AK 99775-1080
INTRODUCTION
Arctic shelf latent heat polynyas are important sites of formation for the dense water required to
maintain the Arctic Ocean's halocline (Aagaard et al., 1981). Monitoring this process by means of
remote sensing holds promise (Cavalieri and Martin, 1994) although independent verification of the
production rates is still required. Halocline ventilation is also linked to shelf circulation processes that
effect cross-shelf transport and mixing of the dense water. Observations from an array of current meters,
daily SSMII-Fll imagery from the northern Bering and Chukchi seas and meteorological data obtained
in 1991192 from the Chukchi Sea are used to address these issues. Figure 1 shows the bathymetry of the
Chukchi Sea and the mooring locations. The domain of the SSM!I-data (used in comparing salt
production rates estimated from the moored array and the surface heat balance) extends from Cape
Lisbume to Pt. Barrow and from the coast to about 169°W. Moorings CLE, CLW, UBC, and MBC lie
within the coastal current which enters the Chukchi Sea through Bering Strait and empties into the Arctic
Ocean through Barrow Canyon (Coachman et al., 1975). Mooring HS is located east of Herald Shoal in
the center of the basin.
METHODS
Each mooring consisted of Aanderaa current meters (with temperature and conductivity sensors)
suspended 3 meters above bottom (mab) and a second instrument, absent its vane, set in a well on the
anchor. The latter were used to independently check the conductivity cell of the former. Moorings
CLW, CLE, and HS were deployed in water depths of 45-53m. Mooring UBC, in a water depth of79 m,
also had an instrument 12 mab and MBC, in a water depth of 117 m, had additional instruments 12, 18,
and 25 mab. Instrument nomenclature consists of the site name with a suffix indicating its depth above
bottom. The moorings were deployed in late September 1991 and recovered in September 1992.
Conductivity data at UBC12 and after mid-Aprill992 from HS3 were deemed unreliable and not used in
the analysis. Conductivity and velocity data at CLW3, while qualitatively similar to CLE3 were suspect
and not used. Open water area estimates from the SSM!I data were made following Cavalieri et al.
(1991). Surface winds were calculated from 6-hourly synoptic pressure fields interpolated onto a 2.5°
grid by the Fleet Numerical Oceanography Center (FNOC) following the approach of Aagaard et al.
(1991). The winds were combined with Barrow meteorological data (air pressure, temperatures and
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cloud cover) to compute the surface heat budget over open water (at an assumed temperature of -1.8° C)
following Cavalieri and Martin (1994).
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Figure 1- Bathymetric map of the Chukchi Sea with place names and 1991192 current meter mooring
locations.
RESULTS
Circulation Characteristics
Annually averaged winds are northeasterly, but at each site the mean annual flow is nominally
northward due to forcing by the secular pressure gradient between the Pacific and Arctic oceans. Current
variations are aligned along the direction of the local isobaths and are primarily wind-driven (winds
explain more than 50% of the current variance). For most of the year (October and February through
August) the shelf circulation is steady, spatially coherent, and monthly current vectors are similar to the
record length means. From November through January, this shelfwide coherent flow was disrupted by
strong northeasterly winds as currents were weak and no consistent velocity relationship held amongst
the coastal current moorings. During these months the winds were strong enough to balance or reverse
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the mean pressure gradient responsible for the northward flow. In January, negligible flow at CLE3 and
southwestward flow at UBC12 imply alongshore convergence within the coastal current. Mass balance
is presumably maintained by a compensatory flow to the northwest (between Herald and Hanna shoals)
and the observed flow at HS3 is consistent with this interpretation. The winter circulation affects the
properties of the dense water formed in the coastal polynyas and the trajectory of the dense water en
route to the Arctic Ocean.
Water Mass Characteristics
By early December, shelf temperatures had cooled to the freezing point and remained so for the
next 7-8 months, thus any oceanic heat loss during this time had to be balanced by latent heat released
from the growth of sea ice. Shelf salinities increased from fall to a maximum in winter before decreasing
again in spring as less saline water was advected northward. Salinities remained relatively constant
(~32.5) at CLE3 from December through March, but increased rapidly (>33) at HS3 in mid-January and
at MBC and UBC in early February following the resumption of the coastal current and flushing of the
shelf. Maximum salinities (~35) were observed in late March in Barrow Canyon. The source of this
dense water was the coastal polynyas between Cape Lisburne and Barrow.
Dense Water Formation
Daily time series of open water area (OWA), the zonal (onshore-offshore) component of the
wind at 70~, 165°W, net surface heat flux (Q), daily salt production (DSP) and the cumulative salt
production (CSPHB; the sum ofDSP over time) were computed from December through the end of March
(when ocean temperatures were at the freezing point and when there was a net heat loss from the ocean).
Both OWA and Q covary throughout the period and are correlated with the magnitude of the easterly
11
(offshore) winds. CSPHB = 5.7 x 10 kg during this period. Ofthis total, about 80% was produced by
mid-February but most(> 60%) was produced during the maximum OWA events (each approximately
12 days duration) of December and January. The latter events coincided with the periods of weak
circulation and implies a long residence times for a water parcel in the polynyas. Hence, shelf salinities
were elevated to a greater extent than would have been possible if steady northward advection of less
saline water had persisted.
We compare CSPHB with estimates derived from the current meter data (CSPcM) using assumed
values for the plume speed and volume. The dense water observed at HS from mid-February through
early April presumably reflects a northwestward flow in the 250 km wide by 45 m deep channel between
Hanna and Herald shoals. We chose a speed of0.02 m s- 1 (based on the 80 km distance between HS and
the maximum offshore extent of the open water area and the time between the appearance of the salinity
maximum at HS3 and the December and January OWA events). This choice of speed is also consistent
with: 1) estimates made by balancing the convergence of mass within the coastal flow between Barrow
Canyon and Cape Lisburne in January, 2) the wind-driven model results ofSpaulding et al. (1987), and
3) cross-isobath speeds of dense water across gently sloping shelves (Gawarkiewicz and Chapman, in
press). Assuming a plume depth of5 m (Aagaard et al., 1985), we estimate that 1.2 x 10 11 m3 ofwater
with a mean salinity of 33.9 flowed between these shoals from mid-February to early April. Vertical
salinity differences among the MBC instruments suggest a thickness of 20 m for the Barrow Canyon
plume and the plume width is taken to be 20 km (the distance between the 100 m isobaths on either side
of the canyon). The mean outflow speed and salinity from early February through the end of March was
o.2 m s-I . w·tth these c.h01ce~
·
·
we e_sttmate
that 3.6 x 10 11 m 3 of water with a mean salinity of34.2 flowed
through the canyon durmg thts penod. From Alfultis and Martin (1988) CSPcM can be estimated from:
CSPcM = Yctw[Sctw- Ssw] Pctw
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where Ssw is the shelf water salinity (32.5 as observed at CLE3), and Sdw• Pctw, and Vdw are the dense
11
water salinity, density, and volume. Summing the results for both sites yields a CSPcM of 8.0 x 10 kg;
about 1.5 times CSPHB estimate. The uncertainty in the CSPcM estimate is difficult to assess but it is
probably no better than the uncertainty in CSPHB which is about 35% according to Cavalieri and Martin
( 1994). Thus, we conclude that satellite derived estimates of salt production rates are compatible with
that from the moorings.
Barrow Canyon Plume Characteristics
For the February-March Barrow Canyon dense water outflow event average salinities at UBC3
and MBC3 are 34.2 and suggest negligible mixing over the 40 km distance between the two moorings.
This result is consistent with Froude numbers (F = u/[g'h]v.) estimated at UBC12 and MBC18. Here u is
the unfiltered speed, g' the reduced gravity (-0.014) and h the plume depth (20 m). Hourly values ofF
exceed 1 only 5% (10%) of the time and F<0.9 for 85% (75%) of the time at MBC18 (UBC12). The
results are consistent with Turner (1973) and Pratt (1986) who show that ifF<1 and the plume thickness
is constant along the flow path (hx = 0), then bx = -C0 , where bx is the bottom slope and C 0 is the drag
coefficient. The transition from subcritical to supercritical flow occurs where bx = -C0 . In the upper half
4
of the canyon, between the 80 and 200 m isobath, bx is about -7 x 1o- and is of smaller magnitude than
3
C 0 which ranges from 1 - 4 x 10- . In the lower half of the canyon bx decreases to about -2.5 x 10-3 so
little mixing of the plume is expected until it descends to this depth.
DISCUSSION AND SUMMARY
In the winter of 1991/92 dense water formation on the northeast Chukchi shelf arose as a
rectified response to strong northeasterly winds which formed the coastal polynyas, enhanced ocean heat
loss and prolonged the residence time of water within the polynyas. While most of this dense water was
advected alongshore and northeastward through Barrow Canyon by the coastal current, the winter
disruption of the shelf circulation (and/or the instability mechanism of Gawarkiewicz and Chapman [in
press]) enabled as much as 20% of the dense water to flow across the isobaths and onto the north central
portion of the shelf.
Halocline chemical properties bear the imprint of exchanges with shelf sediments (Anderson et
al., 1990; Moore et al., 1986). Bifurcation of the dense water outflow has implications on the length of
time that this water is in contact with bottom sediments. The plume is advected rapidly (i.e. days)
through Barrow Canyon before it crosses the sheltbreak whereas the dense water flowing to the
northwest is advectedslowly (i.e., months) over a broader expanse ofthe shelf before crossing the
sheltbreak. Thus, while the chemical properties of the dense water within the polynyas are initially
similar, they might be substantially different by the time they. cross the sheltbreak. These differences
could contribute to the observed variability in chemical properties of the halocline adjacent to the
Alaskan sheltbreak observed by Salmon and McRoy (in press).
The results support the use of SSMII imagery in estimating dense water production rates from
arctic latent heat polynyas and underscore the value of this technique for climate monitoring
applications.
While more observations are required, Aagaard et al.'s (1981) arguments suggest that northeast
Chukchi Sea polynyas produce the densest water formed on western arctic shelves (even if only
occasionally [Aagaard and Roach, 1990]). The proximity of these polynyas to Barrow Canyon and the
hypothesis that no substantial mixing of the dense plume occurs in the canyon until it descends to at least
200 m depth has implications for ventilation of the Canadian Basin. If our hypothesis is correct, then the
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temperature difference between the (cold) plume and the (warm) slopewater will increase with depth and
the vertical self-acceleration effect (Killworth, 1977) could be important in the outflow dynamics. Thus
the coldest and most saline waters formed on the northeast Chukchi self might occasionally ventilate
depths deeper than the Canadian Basin's halocline.
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