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FOREWORD
The Tropical Meteorology Research Programme of the World Meteorological Organization (WMO)
focuses on research activities of Members in high priority areas of tropical meteorology. The research
results from the Programme enhance the operational activities of Members including forecasting of
the floods and drought associated with monsoon variations. The early warnings based on the
increasingly accurate forecasts and longer lead time contribute to the protection of life and the
mitigation of damages caused by them.
Following the approval of the 55th session of the WMO Executive Council (Geneva, May 2003), and
at the kind invitation of the Government of China, the Third WMO International Workshop on
Monsoons (IWM-III) was held successfully in Hangzhou, China, from 2 to 6 November 2004. The
workshop was organized under the WMO Tropical Meteorology Research Programme (TMRP), jointly
by the TMRP International Panel for East Asian Monsoon, Commission for Atmospheric Sciences
(CAS) Project M2 (Long-term Asian/African monsoon studies), and Project M3 (American monsoon
studies).
An International Committee chaired by Professor C.-P. Chang (USA) developed the programme of the
workshop, which brought together monsoon researchers and operational experts.
The main objective of this workshop was to provide a forum for discussion between researchers and
forecasters on the current status of monsoon forecasting and on priorities and opportunities for
monsoon research. WMO hopes that through this series of quadrennial workshops, the following
goals can be accomplished:
(a) To update forecasters on the latest research findings and forecasting technology;
(b) To update researchers on monsoon analysis and forecasting;
(c) To identify basic and applied research priorities and opportunities;
(d) To identify opportunities and priorities for acquiring observations;
(e) To discuss the approach of a web-based training document in order to update
forecasters on developments of direct relevance to monsoon forecasting.
The third workshop was a major step toward these goals. It covered topics on all major monsoon
regions and time scales (mesoscale, synoptic, intraseasonal, climate). This report was produced as a
result of active discussions of the pre-workshop reviews prepared by members of the International
Committee, and of the invited and contributed papers. It is intended to provide a comprehensive
review of the current status of knowledge, modeling capability, and future directions in research of
monsoon systems around the world. We hope this report can serve as a basis to advance the
application of monsoon research through exchange of new ideas and results among research
scientists, forecasters, and end-users of monsoon predictions.
I wish to take this opportunity to thank the chairpersons and members of the International and Local
Organizing Committees, the topic session chairpersons, the rapporteurs, the participants of the
Workshop and those who contributed in the preparation of this publication for their excellent
collaboration. I would also like to express my appreciation to the China Meteorological Administration,
the National Natural Science Foundation of China, and the Zhejiang Meteorological Bureau of China
for their valuable co-sponsorship to the Workshop.

(M. Jarraud)
Secretary-General
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INTRODUCTION AND PERSPECTIVE
CHIH-PEI CHANG
Department of Meteorology
Graduate School of Engineering and Applied Sciences
Naval Postgraduate School
Monterey, California 93943, USA.
Email: cpchang@nps.edu

WILLIAM K. M. LAU
Laboratory of Atmospheres, Goddard Space Flight Center
National Aeronautical and Space Administration
Greenfield, Maryland 20771, USA
Email: lau@climate.gsfc.nasa.gov

Since Sir Gilbert Walker conducted the first quantitative study of the Asian monsoon in relation
to the Southern Oscillation and global weather (Walker 1923, 1924), the Indian monsoon has been at
the center of monsoon research in the scientific community. The monsoon around northern Australia
also attracted attention. Between 1950 and the 1970s there has been much research work on the East
Asian monsoon published in various East Asian languages. This work was mostly unknown to the
western scientific community. In the last two decades, a large body of research work began to emerge
in the English literature, showing that monsoonal climates prevail over vast regions of South Asia,
East Asia, and the western North Pacific. In all of these regions, there is a clear seasonal reversal of
wind and a well- defined period of abundant rainfall in the annual variations. The Indian monsoon
may hence be viewed as part of a vast monsoon climate system. Moreover, recent research has found
characteristic monsoon features elsewhere in the tropics, e.g., western Africa, and North and South
America, albeit with less intensity and spatial coverage compared with the Asian monsoon. Because
these monsoon regions are linked by various planetary-scale circulation features, the monsoon is truly
a global entity. In this report, we endorse the concept of a global monsoon system, and consider the
monsoon as a family of phenomena in the coupled tropical land-ocean-atmosphere system that
involves the interaction of solar radiation, atmospheric and oceanic dynamics and thermodynamics,
and land surface processes not only in the Indian or Asian region, but in other regions around the
world.
While each of the various monsoon regions of the world shares distinct signals of seasonal wind
reversal and rainfall variation, and encompasses a wide spectrum of scales from the mesoscale to
planetary scale in space and from diurnal cycle to climate changes in time, significant differences
exist so that region-specific characteristics are present in all monsoon regions. These characteristics
are important both for the correct description, analysis, understanding, and modeling of the regional
monsoon and for operational weather forecasting and applications.
To highlight the interactions between forecasters and researchers, the first part of this report will
focus on the issue of forecasting. This will be followed by a review of the monsoon systems in
different regions and specific scientific issues on monsoon studies. The three main parts of the review
are:
Part A: Monsoon Forecasting. This part includes essays on bridging the gap between scientific
research and the forecast user community, forecast applications and impacts, and includes a monsoon
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forecaster’s perspective. This part concludes with the summary of a discussion session among
researchers and forecasters during the Workshop.
Part B: Regional Monsoon Topics. Here the major monsoon systems around the world are
organized into five regimes according to major geographical areas and seasons:
1. South Asian monsoon;
2. East Asian summer monsoon (including East Asia and the western North Pacific);
3. Asian winter monsoon and Australian summer monsoon (including East Asia, Maritime
Continent, and Australia);
4. American monsoon (including North America and South America); and
5. West African monsoon.
Part C: Scientific Issue/Weather System Topics. This part is organized into four major themes:
1. Physical Processes (including monsoon-ocean interactions, land-atmosphere interactions,
and internal dynamics);
2. Numerical Modeling (including forecast, simulation, and predictability);
3. Major Scales of Variability (including intraseasonal, interannual, and interdecadal
variations);
4. Imbedded Systems (including mesoscale and synoptic motions, and tropical cyclones).
The combined review of the monsoon systems in the five regimes listed in Part B facilitates intercomparisons and cross-references that will benefit the studies related to each specific region. These
regional reviews necessarily overlap with Part C, which focuses on the specific scientific topics rather
than on a particular regional monsoon system. Specifically, Part C discusses phenomena according to
the different scales, physical processes, and the use of numerical modeling in research and prediction.
The overlapping approach adopted in Parts B and C is motivated by the realization that improvement
of monsoon prediction in all regions depends on the collaboration of both researchers and forecasters
to develop a comprehensive understanding of the issues at hand. Knowledge of regional climatology
and weather, as well as related generic scientific and application topics, is equally important in
achieving a holistic perspective of the complex monsoon systems.
The merit of the above overlapping matrix approach may be demonstrated by considering that
advances in monsoon prediction is possible only if models are improved to adequately represent
monsoon physics. Improving the model physics will require better observations with higher spatial
and temporal resolutions, as well as a better strategy for validating model physics in specific monsoon
regions. Therefore monsoon research has to be viewed from a broader perspective, rather than being
limited to the traditional regional and/or local perspectives. Moreover, significant monsoon weather is
often associated with variations that are both longer and shorter than the annual cycle, i.e.,
interannual, interdecadal, and longer climate variations, as well as intraseasonal, synoptic, and
mesoscale systems. An example of the former is the relationship between El Nino-Southern
Oscillation with both the South Asian summer monsoon and the East Asian summer monsoon.
Examples of the latter include the impacts of tropical cyclones on the summer monsoon rainfall over
India, Southeast Asia, and the western North Pacific, and the impacts of quasi-stationary fronts and
their associated cyclones and mesoscale disturbances on the summer monsoon rainfall over China,
Japan and Korea. The basic properties of these longer and shorter time scale systems often are not
region-specific.
We believe that to enable major advances in understanding and forecasting in monsoon systems,
research must be undertaken by a broader scientific community consisting of not only traditional
monsoon meteorologists and climatologists in each geographical region, but also numerical modelers,
climate dynamicists, oceanographers, as well as experts in tropical cyclones, mesoscale convection,
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cloud microphysics, land processes, water and energy cycles, and global change, etc. Since models
used in monsoon predictability research are basically the same ones used for global climate research,
the involvement of a more diverse community will foster dissemination of scientific results, improve
communication between the observational and the modeling communities, which will lead to
improved model physics.
This review benefited from the production of two recent books on monsoon in Asia: Chang
(2004) and Wang (2005). About one half of the members of the IWM-III International Committee
were authors of articles in these two books, their efforts in the topical reviews in this report have been
facilitated by their experience in writing articles on the same or similar topics in these books. Due to
printing cost constraints, color graphics are printed black and white in this report. The color graphics
not contained in the above two books may be viewed on the web site
http://www.wmo.int/web/arep/tmrp/monsoon_grapics.html
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Chang, C.-P., 2004: East Asian Monsoon (Editor), World Scientific, 564 pp.
Walker, G. T., 1923: Correlations in seasonal variations of weather. A preliminary study of world weather.
Mem. India Meteorol. Dept., 23, 75-131.
______, 1924: World Weather IX. Mem. India Meteorol. Dept., 24, 275-332.
Wang, B., 2005: Asian Monsoon (Editor), Praxis, in editing.

vi

IWM-III INTERNATIONAL COMMITTEE

Chakraborty, Dipak

Indian Institute of Tropical Meteorology, India

Chan, Johnny

City University of Hong Kong, Hong Kong, China

Chang, C.-P. (Chair)

Naval Postgraduate School, USA

Ding, Yihui

National Climate Center, China

Goswami, B. N.

Indian Institute of Science, India

Grimm, Alice

Grimm Federal University of Parana, Brazil

Gupta, Akhilesh

National Centre for Medium Range Weather Forecasting, India

Hendon, Harry

Bureau of Meteorology Research Centre, Australia

Johnson, Richard

Colorado State University, USA

Kalsi, S. R.

India Meteorological Department, India

Kang, In-Sik

Seoul National University, Korea

Krishnamurti, T. N.

Florida State University, USA

Lau, K.-M.

NASA/Goddard Space Flight Center, USA

Lau, N.-C. G. (Vice Chair) GFDL/ NOAA, Princeton University, USA
McBride, John

Bureau of Meteorology Research Centre, Australia

Mechoso, C. Roberto

University of California at Los Angeles, USA

Rodwell, Mark

European Centre for Medium range Weather Forecasting

Ropelewski, Chet

IRICP/Columbia University, USA

Subbiah, A. R.

Asian Disaster Preparedness Centre, Thailand

Sumi, Akimasa

University of Tokyo, Japan

Waliser, Duane

Jet Propulsion Laboratory, USA

Wang, Bin (Vice Chair)

University of Hawaii, USA

Wang, Huijun

Chinese Academy of Sciences, China

Wang, Wei-Chyung

State University of New York at Albany, USA

Webster, Peter

Georgia Institute of Technology, USA

Yap, Kok Seng

Malaysian Meteorological Service, Malaysia

Yasunari, Tetsuzo

Nagoya University, Japan

Zhang, Renhe

Chinese Academy of Meteorology Sciences, China

vii

CONTENTS
FOREWORD

……………………………………………………………………….

iii

INTRODUCTION AND PERSPECTIVE …………………………………………… iv
IWM-III INTERNATIONAL COMMITTEE ………………………………………..

vii

PART A: MONSOON FORECASTING
1. Bridging the Gap between Monsoon Research and Applications: Development
of Overlapping Three-Tier Prediction Schemes to Facilitate “Useful” Forecasts 3
Peter J. Webster, H.- R. Chang, T. Hopson, C. Hoyos, and A. Subbiah
2. Climate Information Application for Enhancing Resilience to Climate Risks
A. R. Subbiah, S. R. Kalsi, and Kok-Seng Yap

14

3. Some Monsoon Perspectives from an End-User’s Point of View

34

T. W. Hui and W. L. Chang
4. Summary of the Discussion Session on Interaction between Research and
Operational Forecast Community

42

Bin Wang
PART B: REGIONAL MONSOON TOPICS
5. South Asian Summer Monsoon: An Overview

47

B. N. Goswami
6. East Asian-Western North Pacific Monsoon:
A Distinctive Component of the Asian-Australian Monsoon System

72

Bin Wang, Tim Li, Yihui Ding, Renhe Zhang, and Huijun Wang
7. East Asian Summer Monsoon
Yihui Ding, Huijun Wang, and Bin Wang
8. Western North Pacific Monsoon:
Its Annual Cycle and Subseasonal-to-Interannual Variabilities

95

115

Tim Li, Bin Wang, and Renhe Zhang
9. The Asian Winter - Australian Summer Monsoon: An Introduction
C.-P. Chang
viii

136

10. A Review of the East Asia Winter Monsoon
Johnny C. L. Chan

139

11. The Maritime Continent Monsoon
C.-P. Chang

156

12. The Australian Summer Monsoon
Harry Hendon

179

13. The American Monsoon Systems: An Introduction
C. Roberto Mechoso, Andrew W. Robertson, Chester F. Ropelewski,
and Alice M. Grimm

197

14. The North American Monsoon System
Chester F. Ropelewski, D. S. Gutzler, R. W. Higgins, and C. R. Mechoso

207

15. The South American Monsoon System
Alice M. Grimm, Carolina S. Vera, and C. R. Mechoso

219

16. The West African Monsoon
Chris Thorncroft and Peter Lamb

239

PART C: SCIENTIFIC ISSUE/WEATHER SYSTEM TOPICS
17. Oceans and Monsoons
Peter J. Webster

253

18. Monsoon-ENSO Interactions
Ngar-Cheung Lau and Bin Wang

299

19. Land-Atmosphere Interaction
Tetsuzo Yasunari, Ryuichi Kawamura, and Masato Shinoda

313

20. Monsoon Internal Dynamics
Mark J. Rodwell

326

21. Weather and Seasonal Climate Prediction of Asian Summer Monsoon
T. N. Krishnamurti

342

22. Present Status of Asian Monsoon Simulation
Akimasa Sumi, Ngar-Cheung Lau, and Wei-Chyung Wang

376

23. Dynamical Seasonal Prediction and Predictability of Monsoon
In-Sik Kang and Jagadish Shukla

386

24. Intraseasonal Variability
Duane E. Waliser

403

ix

25. Current Topics on Interannual Variability of the Asian Monsoon
K. M. Lau, N. C. Lau, and Song Yang

440

26. The Asian Monsoon: Interdecadal Variability
B. N. Goswami

455

27. Mesoscale and Synoptic Processes in Monsoons
Richard H. Johnson and Yihui Ding

472

28. Monsoon Impacts on Tropical Cyclone Variability
Patrick A. Harr and Johnny Chan

512

x

 PART A



MONSOON FORECASTING
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1. BRIDGING THE GAP BETWEEN MONSOON RESEARCH AND APPLICATIONS:
DEVELOPMENT OF OVERLAPPING THREE-TIER PREDICTION SCHEMES
TO FACILITATE “USEFUL” FORECASTS
PETER J. WEBSTER AND H. - R. CHANG
School of Earth & Atmospheric Sciences
Atlanta, Georgia, USA
E-mail: pjw@eas.gatech.edu

T. HOPSON
Program in Atmospheric and Oceanic Sciences,
University of Colorado, Boulder, Colorado, USA

C. HOYOS
School of Earth & Atmospheric Sciences
Atlanta, Georgia, USA

A. SUBBIAH
Asian Disaster Preparedness Centre, Bangkok, Thailand

While our understanding of the processes that determine the variability of the monsoon have
improved and the predictability of the phenomena well established over a range of time scales, the
value of forecasts have not improved at the same rate. We argue that the problem lies with the
psychological and physical separation of the physical scientist and a user community. Furthermore,
the separation is exaggerated by the fact that for any one forecast there are many user communities.
Here we attempt to develop a scheme that provides probabilistic forecasts over an overlapping set of
time scales and, at the same time, incorporates quantitative information to allow an assessment of an
optimal strategy by a user community.
1. The Concept of the “Useful Forecast”
Of all of the peoples of the planet, those who inhabit the monsoon regions are most in need of
accurate and timely forecasts of rainfall and river discharge. Only with this information can
agricultural practices be optimized, good practices of water management be implemented and the
impact of meteorological and hydrological disasters minimized. During the last decade there have
been great advances in our understanding of the variability of monsoon rainfall on a wide range of
time scales (e.g., see review Webster et al. 1998). Furthermore the monsoons have received particular
attention in a number of international programs such as CLIVAR where one of the major scientific
objectives is to understand the dynamics of the atmosphere-ocean-land system of the monsoon and
how the coupling between these components produce climate variability within a particular season or
from one summer to the next. Yet, despite the scientific advances and some success in forecasting
gross aspects of the monsoon, useful predictability has remained elusive.
Here, we define “useful prediction” in its broadest sense. A useful forecast requires a bridging of
the gap between a “broad-brush” seasonal forecast to a forecast that can help a decision maker
(farmer, water resource manager, district agricultural extension officer, governmental official,
politician) actually make the best decision possible. Take an agricultural extension officer, for
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example. The purpose of such an officer is to transfer highly technical information (e.g., type of crop
to be used, when and how much fertilizer, what type of pesticide to use and when to apply it) to the
farmer. But from where and in what form does the agricultural officer receive information to make
these suggestions to the farmer? And how does officer receive training in order to convey this
information in a confident and credible manner?
Clearly, the answer to the problem of providing “useful forecasts” is beyond producing a forecast
of, for example, one particular time scale of variability such as the future seasonal rainfall of all-India.
The problem goes beyond downscaling of forecasts, itself a major problem, but also providing
forecasts of relevant climate variables on time scales of relevance. This is because there are
substantial variations of monsoon climate that exist on time scales less than seasonal such as active
and break monsoon sequences and periods of extreme weather embedded in the active monsoon.
Correspondingly, information for the needs of the decision maker (e.g., our agricultural extension
officer) also has different time scales. Thus a necessary condition for a useful forecast is one that
covers the major variance intervals in a particular climate system. For the monsoons, this means
seasonal variability, intraseasonal variability and monsoon weather.
Creating forecasts for all time scales of interest is necessary but not sufficient. Zhu et al. (2002)
introduce a further necessary condition. They note that each day communities have to make
deterministic decisions. For example, should one plant a crop today or wait until tomorrow? Should
one spray pesticide on one particular day or the other and etc. Or (and we will use this example later)
with a particular precipitation or river discharge forecast should a farmer wait and harvest all of a crop
later, and possibly achieving full yield, or should the crop be harvested immediately to hedge against
reduced yield by adverse weather even though an early harvest will mean reduced yield anyhow.
Decisions in the context discussed here are deterministic (“yes” or “no”) in the sense that one does not
have the luxury in real problems of deciding “maybe. But the environmental information that goes
into the decision-making is uncertain. In order to provide the best information from which to make
decisions, Zhu et al. (2002) advocated the use of probabilistic forecasts from ensemble numerical
modeling.
Consider the problem of a decision maker who has been told that is highly probable to expect a
slightly below average seasonal monsoon rainfall on the scale of the subcontinent. The agricultural
expert may decide to choose a drought resistant seed but he is still faced with the immediate problem
of when to plant. To optimize planting it is necessary to know the probability of not only when the
first rains will occur but the probable duration of the rains. That is, besides an indication of the overall
seasonal rainfall, the timing of the onset must be known and the timing of the first break in the
monsoon and how long it will persist.
The summer of 2002 over central India (Fig. 1) gives a useful example. The pentad precipitation
over this region is shown in Fig. 2. The overall seasonal precipitation for the season turned out to be
20% below average although official forecasts predicted slightly below average seasonal rainfall.
Note that the official Indian meteorological Department forecast was deterministic: there was no
probability attached to the forecast. But the problem encountered by India during 2002 came not from
the failure of the overall forecast (or its determinism) following the monsoon onset. With a seemingly
successful onset of rain in June (albeit slightly later than average) planting commenced. However, the
prolonged drought (break period) in July was not predicted. Subbiah (2004) comments on the midsummer drought and what might have occurred if forecasts on intraseasonal time scales had been
available.
“… The dry spell starting from mid-July to the first week of August 2002 in most parts of
India caused serious dislocations in water management and agricultural operations. The
revival of monsoon conditions in the second week of August eased the water stress situation
to some extent. Assuming that a prediction of the July drought had been available by the third
week of June 2002, and of the revival of the monsoon rains by second week of July 2002, the
4

forecasts would have made the following differences. In most parts of India agriculture
operations start in second week of June and farmers make heavy investments during this
period for land preparation, seedbed preparation, nursery raising and transplanting of
seedlings. The water resource managers make decisions on allocation of water for various
purposes (irrigation, hydroelectricity generation) on the assumption of normal rains. The
prediction of likely dry spell in mid-June with a lead-time of weeks could have motivated
farmers to postpone agriculture operations, saving investments worth of billions of dollars.
The water resource managers could have introduced water budgeting measures, such as
minimizing water availability for water consuming crops and maximizing water for low water
consuming crops, and by rationing water use for hydroelectric power. Similarly, the
prediction of the revival of monsoon rains by the second week of July would have motivated
the planners and farmers to undertake contingency crop-planning by mobilizing resources
such as seed availability and credit for choosing suitable crop varieties, carrying out midseason corrections and undertaking crop life saving measures. These actions would have
helped to preserve farm income and ensured food security and reduce relief expenditure by at
least 60% of the present cost (i.e., around 6 billion US$). Water resources could have been
used to raise fodder crop in northwest India thus reducing the need for transportation of
fodder from distant places at a huge cost. In summary, a 20-day forecast during monsoon
2002 in India could have mitigated the impacts of the droughts in several parts of India to a
significant extent..…”

Figure 1. South Asia with the Ganges, Brahmaputra and Meghna catchments, as well as Bangladesh, which is
located in the delta of these three great rivers, are shown in white. The black rectangle represents Central India
(referred to later in the text).

It is clear that the problem of useful forecasts is thus multi-facetted and often the desires of the
user and the abilities of the forecaster may appear not to match. Clearly, in 2002, these forecasting
goals were not met. Yet, in hindsight, it appears that by the utilization of new forecasting techniques
that it may have been possible to provide at least partial solutions to the user communities that were to
a large degree more successful than were available at the time. In the following paragraphs we will
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outline a forecasting system that provides the user community with a best use of available
information. We will use the example of an operational system that we have implemented in
Bangladesh for the forecasting of river discharge into the country. This system, broadly described as
the “three-tier” forecasting system, produces overlapping forecasts on seasonal, 20-30 days and 1-10
days. We will then address the problem of how to interface the products of the physical scientist with
the needs of the user community through the development of a “user metric” which allows a simple
depiction of optimal strategies.

Figure 2. daily precipitation rate (mm/day) over Central India (see Figure 1) for the summer of 2002 in pentads.
Lines indicate mean climatological rainfall plus and minus 1 standard deviation. Note the mid-summer drought
starting in early July.

2. A Summary of Requirements for a Useful Forecast
It is now possible to list the general requirements for predictions to be useful to a user community.
(i) The forecasts must match the time scales of the major phenomenological time periods in the
particular region. For example in the monsoon regions forecasts should be of seasonal
anomalies, intraseasonal variability, and weather. It is understood that spatial resolution for a
forecast is inversely proportional to the time scale.
(ii) The forecasts should be overlapping in order to allow strategic decisions to be made at the
longest time period and tactical decisions to be made at the shorter time scales.
(iii) The forecasts must be probabilistic. Only in this manner can a user of the forecast make a
reasoned cost-loss analysis.
(iv) The forecast should be user specific or can be rendered into information that is useful to the
user, and;
(v) User information should be included into the forecast process.
Subsequently, we will address these latter two points in the creation of a User Metric in section x.
3. Examples of Tiered Overlapping Forecasts
We provide two examples of forecasts utilizing the system described in general in the last section.
We choose Bangladesh (where flooding is a major problem) and rainfall in the Ganges catchment
region and in central India. The latter two regions are major agricultural regions in India. Bangladesh
is a deltaic country that lies at the confluence of three major rivers: the Ganges, the Brahmaputra and
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the Meghna. Because of its location it is susceptible to flooding during the summer monsoon.
Flooding occurs each year but in different parts of the country and irregularly through summer. The
regionality and irregularity is sufficient to disrupt planting and harvesting cycles and cause local
social disruptions. Occasionally the flooding is severe and prolonged as in the summer of 1998 where
90% of the country was inundated for nearly 3 months.
We discuss briefly the progress that has been made during the last three years in developing a
three-tier forecast system of river discharge, flood warning and precipitation for Bangladesh and
surrounding regions based upon our increasing understanding of the monsoon system and an
improving ability of models to simulate the system. The Climate Forecasting Applications in
Bangladesh (CFAB) project was formed as a joint effort between Georgia Institute of Technology,
University of Colorado, the Asian Disaster Preparedness Centre (ADPC) and the European Centre for
Medium Range Weather Forecasts (ECMWF). The basic aims of CFAB lie in four main areas:
(i) The generation of a river discharge and precipitation operational forecasting system available in
real-time with forecasts provided on a three-tier time system: seasonal outlooks (1-6 months),
intermediate (20-30 days) and short term (1-10 days) using state-of-the-art models or with
models developed specifically for the Bangladesh problem;
(ii) Creation of a collaborative enterprise between international (US and Europe) and Bangladeshi
partners for the forecasting of the probability of floods on time scales of days to months leading
to the transfer of the techniques and technology to the appropriate Bangladeshi partners;
(iii) The development of an infrastructure that allows the application of the forecasts by Bangladeshi
scientists, engineers, agricultural extension, disaster relief organizations and other user groups;
(iv) The development of methods and tools for the transfer of forecast information to the user
community, and;
(v) The transfer of the forecasting technology to the Bangladeshis in a form that is immediately
useable in an operational sense and modifiable for other uses and eventually to the larger
monsoon community of Asia and Africa.
Considerable progress has been achieved in the implementation of (i), (ii) and (iii). During the
summer of 2003 and 2004, operational forecasts were made available for the long-term and short-term
forecasts during the entire season on an experimental basis. Seasonal outlooks (i.e., river discharge
forecasts at 1, 2, 3 … 6 months were provided each month. Short-term forecasts (1-10 days) were
issued each day. These latter forecasts were used extensively by various water resource groups in
Bangladesh. Starting in April 2002, 6-month outlooks were also made available. Intermediate 20-30
day forecasts were issued every five days starting in the middle of the season. Short-term and longterm forecasts use data from various ECMWF models. The medium range forecasts are made using a
Bayesian statistical model. The CFAB project is described in detail at:
http://cfab.eas.gatech.edu/cfab/cfab.html,
while real-time forecasts can be found at
http://cfab2.eas.gatech.edu.
Forecasting river discharge and translating these forecasts to flood forecasts is a special challenge
in Bangladesh. Clearly, these forecasts present useful goals. If floods in Bangladesh can be forecast
with sufficient lead-time and accuracy, actions could be taken across the country that could lessen the
impact of the floods. However, until recently, the ability to forecast floods in Bangladesh has not
existed for the following reasons:
(i) Floods can be forecast at a point downstream by knowing the river flow at some point upstream
in conjunction with a local precipitation forecast in addition to a hydrological/land use model.
Based on this information, simple regression forecasts can give fairly accurate short-term
estimates of river discharge. However, Bangladesh does not receive any upstream river flow
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information from India. Bangladeshi authorities measure river flow at staging points where the
two major rivers enter Bangladesh and at other points within Bangladesh (Figure 1). From these
data is has been possible to forecast flood levels in the interior and in the south of Bangladesh
only 2 days in advance.
(ii) The physical factors that determine the rainfall over the Ganges/Brahmaputra catchments have
only recently been understood. Hitherto, numerically based deterministic (or probabilistic)
forecasts of rainfall on any time scales have not been available to the Bangladeshis. In fact, to
date the Bangladeshis do not have any meteorological facility. India has some but this is
restricted to relatively short range.
In the following sections of the paper, we show examples of the three tier forecasting system for
Bangladesh. In essence, a good hydrology forecast must essentially arise from a good precipitation
forecast, especially since we have to treat the Ganges and Brahmaputra as “ungauged” river basins.
So, regional precipitation forecasts are byproducts of flood forecasts. We will show examples of
precipitation forecasts as well as river discharge. We will briefly outline the techniques employed in
each of the three tiers but leave details of the schemes to published papers and the web-sites listed
above.
CFAB has produced the elements of a forecasting system for Bangladesh that provides
information with sufficient lead time for stakeholders to react to either impending flood or drought,
thus minimizing food and disaster vulnerability while, at the same time, maximizing opportunity to
take advantage of favorable forecasts. To accomplish these goals a three-tier overlapping forecasting
scheme has been developed. These schemes take advantage of knowledge of the physical state of the
atmosphere-ocean-land system developed over a number of years and the ability of models to describe
the monsoon system.
3.1 Seasonal Outlook
The long-term forecast (1-6 months) provides a “broad brush” or overview of the coming season.
These forecast are made every month for the next six months and provide probabilities of above or
below average river discharge into Bangladesh, allowing long-term agricultural (e.g., crop selection),
water management planning and the necessary budget allocation for disaster relief. Normally,
seasonal forecasts for an area as small as Bangladesh (1.4 x 105 km2 or roughly the size of Wisconsin)
are not considered reliable as forecast uncertainty increases in time as the inverse of the area of the
forecast. However, as the water that passes into Bangladesh is collected in a catchment area that is 12
times the size of Bangladesh, and as discharge is essentially a weighted spatial and temporal integral
of the rainfall over the catchment, considerable skill can be expected in seasonal outlooks of river
discharge. In essence, the skill of river discharge forecasts into Bangladesh is the integrated skill over
the much larger catchment areas of the Ganges and the Brahmaputra.
The system uses the output of the coupled ocean-atmosphere model developed by ECMWF
coupled with a simple hydrology model. The coupled model performance is influenced local Indian
Ocean sea-surface temperature (SST) variability, as well as remote influences such as El NinoSouthern Oscillation (ENSO), and ground hydrology on the monsoon rains. Discharge into
Bangladesh is calculated using a statistical hydrological model with data from the ECMWF coupled
ocean-atmosphere model as input. From this system forecasts of river discharge into Bangladesh (sum
of the Ganges, Brahmaputra and Meghna) were prepared in real time and updated every month.
Forecasts are given in the form of probabilities of a particular intensity of discharge occurring. Last
year, 2004 was relatively normal and less active than the great flood year of 1998. However,
July/August had above average discharge and flooding occurred in the north of the country. The
excessive discharge is apparent in the forecasts initialized in May and June (Figure 3a, b).
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ensemble members
+ 1 sd

climatology

Figure 3a. Calibrated forecasts of the combined Ganges using the ECMWF coupled climate model. The
forecasts were initiated in May 2004 and advanced for 6 months providing mean monthly combined discharges.
A family of 41 ensemble members was used and the solid blue curve shows the ensemble mean. Dashed blue
lines show the mean plus and minus one standard deviation. Black dashed curve shows climatological discharge.
The ellipse shows a period of predicted flood.

pdf
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May => July
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Figure 3b. because the long-term forecast model is run in ensemble mode, probabilities of river discharge
emerge naturally from the system. The figure shows the probability density functions for forecasts made in May
for June, July, August and September 2004, in two forms: probability versus discharge graphs and pie charts.
Note that for July and August, high probability of high discharge was forecasts with > 65% probability above
flood level in July and 35 % in August. These forecasts were validated by subsequent events.

3.2 Intermediate Forecasts
If forecasts of 20-25 days were available, it is thought that they would be of the greatest utility to
agriculture, water resource and disaster management of all three of the tiers. It is worth repeating
some of the discussion by Subbiah (2003) who noted that: “…Assuming that a prediction of the July
drought had been available by the third week of June 2002, and of the revival of the monsoon rains by
second week of July 2002, the forecasts would have. Helped to preserve farm income and ensured
food security and reduce relief expenditure by at least 60% of the present cost (i.e., around 6 billion
US$). …. a 20-day forecast during monsoon 2002 in India could have mitigated the impacts of the
droughts in several parts of India to a significant extent..…”. In fact, apparent in the results discussed
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below are forecasts (for 2004), which fulfill the requirements of Subbiah.
Using techniques derived by Webster and Hoyos (2004), a scheme for the production of forecasts
on 20-30 days has been developed and tested for both areal estimates of precipitation and river
discharge. The system is an empirical scheme that rests heavily on the identifiable physics of the slow
variability component of the monsoon. In essence, the Webster-Hoyos scheme forecasts the slow
manifold of the monsoon giving 5-day average precipitation 20-30 days in advance. This technique
became available during the summer of 2003 but was not used in experimental operational mode. As
described below, it is planned to use the system in real time for the 2004 summer season. Figure 4a
shows the 20-day forecast of precipitation over central India for the 2003 summer monsoon. Figure 4b
shows the 1-4 pentad probabilistic forecasts initialized September 15, 2004. Greater detail of the
entire summer forecasts can be found at http://cfab2.eas.gatech.edu.

observation
20-day forecast

probability
swarth

Figure 4a. Intraseasonal forecasts using the Bayesian empirical model of Webster and Hoyos (2004). Blue curve
shows the observed rainfall in the central India region (see Figure 1). Red curve shows the forecast made 20
days in advance. Forecasts are for pentad rainfall. Forecasts are done in probabilistic mode as shown by the
swarth of ensembles in mid-September.

Figure 4b. probability distribution functions for 1, 2, 3 and 4 pentads initialized on September 15, 2004.
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3.3 Short-Term Forecasts
Using a statistical hydrological model and ECMWF ensemble operational forecasts, probabilistic
river discharge forecasts were made for both the Brahmaputra and the Ganges at the Bangladesh
points-of-entry. The statistics were compiled from 51 member ensembles. Details of the techniques
can be found in Hopson (2004). These forecasts were used as input to the Bangladeshi flood forecasts.
Together, the CFAB forecasts and the Bangladeshi Forecasts contributed to provide 1-10 day river
discharge estimates and were provided each day. In addition, probabilistic forecasts of precipitation
for Bangladesh and the Ganges and Brahmaputra catchments were also provided. These short-term
forecasts are the most accurate of the three tiers. They are extremely useful for determining the details
of where in Bangladesh floods may occur and the probability of the occurrence, duration and
magnitude of the river discharge. Such forecasts can be used for determination of planting and
harvesting strategies and short-term deployment of relief facilities. Figure 5 shows examples of shortterm forecasts for the 2004 summer.
Figure 5a shows 10-day forecasts for the Brahmaputra for the summer of 2004. Note that the
observations validate the forecasts quite well and that the exceedance of danger level was well
forecast in July. Because the forecasts are probabilistic, it is an easy task to change the forecasts into
“threshold probability forecast”. These are shown in Figure 5b for a 10-day lead on the exceedance of
danger level.

Danger level

observed % of
danger level

Figure 5a. 10-day Brahmaputra discharge forecasts
for the summer of 2004 between 25 June and
October 10. Figure shows the 51 ensemble members
and the verification observations (dashed line).
Horizontal dashed line indicates the danger level at
which stage the Brahmaputra would be in flood.
Model predicts well the exceedance of danger level
in July, 2004.

Figure 5b. The probabilities of river discharge can
be converted into the probability of exceedance of a
particular threshold. Here we plot the probability
that the danger flood level will be exceeded (pink
curve) relative to left ordinate. Actual percent
exceedance is shown by dashed line (right ordinate).
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4. Communication of the Forecasts
Clearly, providing an understandable probability forecast is a challenge in both developed and
developing societies. We have approached this problem by the development of a utility called the
User Metric (Figure 6). The principal aim of a User Metric is to allow the transformation of
probabilistic forecasts (difficult to understand and apply) to a usable assessment of aggregate risk
(easy to understand) so that a deterministic decision of future action can be made (easy to apply). A
User Metric must have the following properties:
(i) Incorporates a probabilistic forecast of some pertinent parameter (e.g., river discharge, rainfall
variability (upper left panel Figure 6). These are supplied by the physical scientists/forecasts
offices using the forecast modules described above. The pdf distribution will change for each
forecast.
(ii) Incorporates local knowledge of the impact of a particular event of a given severity. A costing
factor provided by the user community (top right panel Figure 5). This assessment factors in the
impact of a range of meteorological events of different severity on a particular application. For
the same probabilistic forecast, the user information may be different. For example, the same
forecast at the time of planting (when no rainfall is disastrous, moderate rainfall is beneficial,
too much rainfall may cause floods) will be very different to the costing the user community
would place on these events if it were at harvest time.
(iii) An easily comprehendible and visually decipherable representation of risk. An aggregate risk
analysis (bottom panel: Figure 6) which combines the forecast probabilities (upper left panel)
with the user community information (upper right panel) of a particular meteorological event to
produce an optimal decision (bottom panel) for the user community. This visual analysis will
aid the user community in making reasoned decisions by the generation of an aggregate risk
analysis.
(1) Forecast rainfall probability
of rainfall at 10-days

(2) Quantified user information

QuickTime?and a
decompressor
are needed to see this picture.

QuickTime?and a
decompressor
are needed to see this picture.

100
90
80
70
60

QuickTime?and a
decompressor
are needed to see this picture.

50

Heavy Rain

40

Mod. Rain
Light Rain

30

No Rain

20
10
Light Rain

0
100-0 75-25

50-50 25-75
10-90

Heavy Rain
0-100

Yield Based on Aggregate Risk
90
80
70
60
50
40
30
20
10
0

(

Answer

: best hedge is

to harvest all crop immediately)

100-0

75-25

50-50

25-75

10-90

0-100

Action (now-later)

(3) Quantification of the risk in harvesting hedging strategies taking into
account the forecast probabilities and the user information

Figure 6. Example of the construction of the “user metric”. In this example, a farmer is faced with the prospect
of harvesting early with reduced yield or taking the chance on possible adverse weather not occurring and
harvesting at maturation for a higher yield. What is the optimal strategy based on the probabilistic rainfall
forecast in (1) and the impact of different rain amounts on crops (2) which represents the user based
information. The user metric combines the information of (1) and (2) and produces the “best hedging strategy”.
Here, the nest strategy would be to harvest immediately. Note that for the same forecast and different user
information different hedging solutions might apply.
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A basic tenet of our work is that we believe that there is important and valuable information in
estimating risk of the occurrence of some event to which the user community is sensitive (e.g.,
floods), even when this risk is small but non-zero. Probabilistic forecasts offer the only way in which
reasoned decisions can be made by the user community or relief organization. There appears to us no
need to make decisions without computing probabilities of occurrence and ascertaining the
cost/benefit relationship of a particular event (Zhu et al. 2002). Finally, the User Metric offers a
simple way to incorporate information from the user community, combine it with probabilistic
forecasts from numerical or statistical models, and provide an easily interpretable graphic from which
the reasoned decisions can be made. Examples of the User Metric can be found at
http://webster.eas.gatech.edu .
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Despite significant improvements in the prediction and monitoring of climatic phenomena on a
wide range of scales in the last decade, extreme weather and climatic events continue to cause
much destruction and loss of lives. In the last 10 years (1994-2003), damage associated with floods,
drought and windstorms in South and Southeast Asia alone amounted to over US$ 31 billion, with
24,336 deaths (EM-DAT, http://www.em-dat.net). The scientific advance in prediction and
monitoring of extreme weather and climate needs to be complemented with improved strategies for
communicating risk and uncertainty in forecast information, if this scientific skill is to be applied in
mitigating disasters.
The application of climate information of various time scales for natural disaster mitigation and
prevention has increasingly received attention in recent years. The World Meteorological
Organization (WMO), in its Long Term Plan (2000-2009) for Region II (Asia), has prioritized
climate information application, along with climate monitoring and research, and improvement of
warning systems and public weather services, for natural disaster reduction.
1. Climate Information Products in the Tropics
The second half of the 20th century saw enormous advances in weather and climate prediction.
Satellites, aircrafts, balloons, and moored and drifting buoys, in addition to surface networks
established in many countries, provided a near-global coverage of the atmosphere and the ocean
surface. The development of computer models of the atmosphere-ocean system, integrating
observations from these observing systems, provided increasingly accurate weather forecasts. Late
in the 20th century, the skill in monitoring and predicting the onset and development of the El Niño
Southern Oscillation (ENSO) has dramatically increased, which has greatly contributed to the
advancement of the science of seasonal forecasting.
In Asia, real-time automated and/or manned weather observations, radar echo maps, satellite
imageries, wind profilers, lightning detection systems, and real-time weather maps and meso-scale
numerical guidance products are used by National Meteorological Services (NMSs) in generating
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weather forecasts. Many of the smaller NMSs use forecast products from other generators in the
region or internationally, such as Regional Specialized Meteorological Centers (RSMC), the WMO
Global Telecommunications System (GTS), European Center for Medium-Range Weather
Forecasts (ECMWF), Japan Meteorological Agency (JMA), United Kingdom Meteorological
Office (UKMO), the US National Weather Service, German Meteorological Service (Deutscher
Wetterdienst), Meteorological Service of Canada, and the Bureau of Meteorology Australia
(BoM). Also, NMSs of neighboring countries share information through existing agreements,
particularly over bordering regions.
The range of climate information products now available in the Asian region include:
y

Weather forecast, with a lead time from 3-5 days;

y

Extended weather forecast, with 5-10 days lead time;

y

Medium-range forecast (sub-seasonal), with 20-25 days lead time;

y

Seasonal forecast, with a lead time of 1 month and beyond.

The skill provided by these forecasts is shown in Figure 1.

Weather forecasts

Forecast
skill

Potential sub-seasonal
predictability

10

20

30

0
0

Seasonal forecasts

60

80

90

0

Forecast lead time (days)

Figure 1. Skill and lead times of climate information products

Weather forecasts have the highest skill for lead times less than 5 days. Forecast skill
dramatically decreases beyond 10 days into the future. Emerging sub-seasonal forecasts, initially
thought of as having no skill, are now able to provide increased confidence beyond 15 days.
Seasonal forecasts, which are probabilistic, have, at best, half the skill of weather forecasts.
The sub-seasonal forecast is a combination of the medium-range ensemble prediction system
and the seasonal forecasting system. It therefore contains features of both systems and, in
particular, is based on coupled ocean-atmosphere integrations, as is the seasonal forecasting
system. ECMWF generates every two weeks experimental monthly (sub-seasonal) forecasts, based
on an ensemble of 51 coupled ocean-atmosphere integrations, with a length of 32 days. However,
potential predictability generally decreases sharply in the last two weeks of the forecasts (Vitart,
2004).
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Where the ECMWF monthly forecasts generally fail (from the 20th day onward), the
sub-seasonal forecasting scheme 1 developed by Dr. Peter Webster, Georgia Institute of
Technology, for Bangladesh, has made a breakthrough. In spite of model unavailability for
guidance in model development, Dr. Webster has successfully developed an empirical method that
takes into consideration the mesoscale oscillation of low frequency periods of wet and dry spells
within the monsoon season in Bangladesh. The scheme uses Bayesian statistical technique, with
predictors from MISO diagnostics. This experimental forecast, issued every 5 days, provides a
lead-time of 20-25 days. Figure 2 shows a sample of the 20-day rainfall forecast over the Ganges
Plain for the summer 2002, and the level of skill achieved by the forecast model.

Key:
Observed values
Forecast values

Figure 2. The 20-day rainfall forecast for the Ganges Plain, April-September 2002

Despite the advances made in modern numerical weather prediction, and contrary to the
science of forecasting, weather forecasting in Asia continues to be essentially deterministic, due to
public pressure for an accurate forecast. To the public, probabilistic forecasts carry little meaning,
and hence require translation into deterministic messages that include information on risks
associated with the forecasted event. Considering the temporal and spatial specificities of the
forecasts, it is difficult, if not appropriate, for NMSs to meet this expectation. Risks are to be
determined by the users, based on the forecast information received. This is a role that intermediary
users of climate information can play – the translation of the forecast information into sectoral
impacts and user response options, for communication to and application by end users.
2. State of Climate Information Application in the Tropics
2.1 Weather Scale
Weather forecasts provide 3-5 days lead time, sufficient for securing lives. Warning message
construction and dissemination are, however, critical in getting authorities and communities to take
advantage of the lead time offered by weather forecasts.
1

The medium-range forecast model is part of the three-tiered overlapping precipitation forecasting scheme developed by
Dr. Peter Webster under the Climate Forecast Applications in Bangladesh (CFAB) project (ADPC, 2004). CFAB was
implemented from November 2000 till December 2003, with the involvement of the Program on Atmospheric and
Oceanic Sciences (PAOS) at the University of Colorado/ Georgia Institute of Technology (GATECH), with assistance
from the Asian Disaster Preparedness Center (ADPC), supported by the USAID Office of Foreign Disaster Assistance
(USAID/OFDA). The PAOS/GATECH group was engaged in research aimed at increasing the lead-time of flood
forecasting in Bangladesh, while ADPC identified broader forecast application opportunities and ways to institutionalize
CFAB in Bangladesh.
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2.1.1 Bangladesh
The Flood Forecasting and Warning Center (FFWC) of the Bangladesh Water Development
Board (BWDB) is responsible for monitoring flooding in the country in a unified and multipurpose
manner. Thirty (30) forecasting stations generate 24-, 48- and 72-hour forecasts everyday. A daily
bulletin, based on observed data and results of forecast models, is prepared, and distributed at
around 12:00 noon to various administrative tiers. The bulletin, mostly in tabular form, include the
following: a) a cover page showing geographical, environmental settings of Bangladesh and
location of all monitoring stations; b) river stage of all monitoring stations with respect to danger
level, followed by rise/fall of water level on the respective date; c) rainfall situation for a specific
date, followed by monthly normal and cumulative rainfall; d) summary of rainfall and river
situation based on major findings; e) 24- and 48-hour forecasts for some important stations affected
by shallow, moderate, and severe flooding2; f) flood warning messages that display trends of water
levels (if close to or exceeds the danger levels, at which flooding becomes a serious threat); and g)
a detail statistics on river stage and rainfall for three consecutive days.
The danger level nomenclature used by the FFWC may not be easily understood by potential
users, as it does not relate the potential threat of floods on a specific crop at a specific stage and at a
specific location, particularly in areas away from the main flood forecasting stations. The current
flood forecasting arrangements provide 48-72 hours lead-time, which is sufficient only for
undertaking emergency actions, but not for changing cropping patterns or modifying cropping
practices to minimize agricultural losses due to floods. Thus, the intervention measures are still
directed at rehabilitation of agricultural activities after the occurrence of floods. .
Analysis of the agricultural rehabilitation plan reveals the following limitations/ deficiencies:
y

The timing of floods at the time of harvest not only leaves little time to complete harvest
operations, but also leaves little time for resowing of the next crops.

y

The loss of investment made in raising the damaged crop reduces the capacity of farmers to
resow/ replant the next crop.

y

The government, often, could not be in a position to mobilize assistance, such as supply of
seeds and credit, to farmers for taking up the next alternate crops.

The above deficiencies led to a loss of 2 million tons of rice during the 1998 floods. The FFWC
is currently implementing a pilot project, with NGO involvement, to evolve community-based
flood forecast dissemination procedures that will meet users’ needs.
2.1.2 Western Europe: The 1993 and 1995 Floods
The slow onset riverine floods in Belgium, Germany and the Netherlands in 1993 and 1995
provided considerable lead time. However, the scope and intensity of the 1993 floods came as a
surprise to the Germans, Belgians and Dutch. Learning from this experience, they made proper use
of the lead time granted by the gradual flood onset in 1995.
In both events, a wide variety of means of communication were used to warn the public. The
difficult part was convincing the people of the genuine nature of impending danger. In some areas,
the high frequency of flooding made the population believe in their own intimate knowledge of
risks and dangers. Also, people were inclined to judge the flood warnings in accordance with earlier
river flood experiences, which had been less severe. The 1993 floods, however, had a larger scope
2

Shallow or normal flood (depth is 50 cm below danger level): occurs during the months of April – May and submerges
lowlands only.
Moderate flood (depth is within 50 cm above danger level): occurs between July – August and inundates low to lower
middle lands.
Severe or deep flood (depth is more than 50 cm above danger level): occurs between July/August – September/October
and submerges low/lower and upper middle lands.
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and impact, now estimated to be of once in a century frequency. It was therefore difficult to
convince the population of the magnitude and severity of the coming flood.
Many people were not eager to evacuate – public shelter facilities remained almost empty.
Some refused to evacuate because they felt adequately protected in the upper floors of their houses,
as in previous events. Still, the governments were blamed for not taking necessary precautionary
measures, and people demanded for damage compensation.
Though the countries have high quality flood detection and forecasting systems, problems with
the forecasts and deficiencies in forecast communication were experienced. Many emergency
services and authorities complained about the content and the timing of flood announcements, and
the technical and non-transparent vocabulary used by meteorological and hydrological services.
This eventually produced inter-organizational tensions between agencies responsible for the
communication of river levels, and the responsible authorities and emergency services (Rosenthal
and Bezuyen, 2000).
2.2 Extended Weather Scale
Global climate centers, such as the National Center for Environmental Protection
(NCEP/USNOAA), Center for Ocean-Land-Atmosphere Studies (COLA), and the Climate
Prediction Center of the US National Weather Service, provide extended range outlooks of
precipitation and temperature 6-10 to 8-14 days into the future. The lead-time provided by these
forecast products is sufficient for decisions to preserve livelihoods. However, these products have
been available only in the last 5-6 years, and as such, application has not yet been institutionalized,
although attempts to use in disaster management have been made. A survey of the applications thus
far made would be worthwhile.
2.3 Sub-Seasonal Scale
The experimental 20-25 day forecast developed by Dr. Peter Webster for Bangladesh will be
further tested and its application demonstrated 3 in agriculture and disaster management in
Bangladesh. The following application potentials have been identified:
y

Rescheduling/postponement of seed broadcasting (deepwater B. Aman rice)/ transplanting
(Aman rice)

y

Undertaking mid-season corrections and crop life-saving measures wherever possible

y

Reducing harvest/ storage losses

y

Protection of young seedlings/ crops from flood

y

Protective measures to save assets and livestock

y

Enabling farmers to preserve investments and retain capacity to undertake next cropping

y

Planning flood response activities

y

Precautionary measures to protect infrastructure (e.g. growth centers, food silos,
embankments, etc.)

2.4 Seasonal Scale
The breakthrough in the monitoring and prediction of ENSO in the last decade has significantly
3

These will be undertaken in the second phase of implementation of the CFAB program from 2004-2009, under the aegis
of the Bangladesh Water Development Board. Dr. Peter Webster, and his team at the Georgia Institute of Technology,
will provide the flood forecasts and transfer the forecast technology to Bangladeshi institutions, while ADPC will guide
Bangladeshi institutions in the forecast application at the community level.
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improved statistical efforts to relate El Niño to its climate effects. The climate predictability that
ENSO provides, however, is still not being used optimally. The application potential of seasonal
forecasts is enormous, as it provides considerable lead time to modify decisions. Caution, however,
is required in generating forecasts solely based on El Niño. Internal atmospheric processes
operating independently of the El Niño have to be considered, as might be learned from China’s
1999 flood forecast for the Yellow River (refer to following example).
The early prediction of the 1997-98 El Niño provided much early warning. However some
countries, as may be gleaned from the following examples, had problems communicating the
warning: lack of institutional mechanism to disseminate the forecast (China); urgency in
disseminating the information to climate-sensitive sectors was lacking in Indonesia; warning was
too general in terms of locations that will be most affected in the Philippines; lack of users’
knowledge about the phenomenon and its impacts, which resulted to inappropriate actions
(Australia); etc.
2.4.1 Australia
The Bureau of Meteorology (BoM) has been preparing seasonal climate outlooks each month
for the past decade. Updated in the middle of the month for the following three month period, the
outlook provides rainfall and seasonal average maximum and minimum temperature predictions in
terms of chance or probability for all parts of Australia. The outlook is presented in a
comprehensive booklet that includes maps and tables of rainfall and temperature probabilities in
terciles: dry, wet and normal for rainfall; and cool, warm and normal for temperature. The outlook
probabilities have been derived through a statistical analysis of the historical record and the Pacific
and Indian sea-surface temperature patterns from 1949 to 1999. SOI analogues, recent seasonal
rain, temperature and SOI observations, and frequency of media wet season rainfall are also
included. The seasonal outlook, including outlook summaries for rainfall and temperature, is also
available online at
http://www.bom.gov.au/silo/products/SClimate.shtml
Communication of seasonal forecast: August 1997 experience (Nicholls, 2000)
From May 1997, BoM has been including indication of a likely El Niño event, and hence an
increased probability of low rainfall over eastern Australia. The outlook issued in early August
1997 indicated “El Niño persists: dry weather likely to continue over southeastern Australia”. The
summary went on to say “there is a strong likelihood of significantly drier than normal conditions
persisting and expanding across much of eastern and southern Australia”. The tables included in the
August outlook indicated that rainfall in the dry tercile was, typically, two to three times more
likely than the wet tercile. During the event, although there were areas where the August-October
period was dry, there were also considerable areas with rainfall much above the average (and well
into the “wet” tercile). Moreover, rainfall was good through much of the region in September, a
critical time for crops.
A huge gap was noted in the communication, and hence understanding, of the forecast.
Forecasters and users interpret certain critical words differently. To the forecasters, the word
“likely” was intended to indicate that dry conditions were more probable than wet conditions, but
there was still some chance that wet conditions would occur. Many users, however, interpreted
“likely” as “almost certainly”, such that weather that is predicted to be “likely dry” meant “almost
certainly dry, and even if it wasn’t dry, then it would certainly not be wet”.
Lack of knowledge about interpreting and using ENSO forecasts caused many farmers to have
inappropriate expectations of El Niño and took inappropriate actions to cope with it. As a result, the
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forecasts in some cases probably did more harm than good. It was reported that some farmers
over-reacted and sold large portion of their herds, did not plant a crop, etc.
2.4.2 China: The 1998 Yangtze River Great Flood
The 1998 Great Flood in the Yangtze River was successfully predicted by the National Climate
Center in the China Meteorological Administration (NCC/CMA). By including the ENSO signal in
various forecasting models, the NCC/CMA predicted, as early as April 1998, above average
rainfall for summer.
At the beginning of the summer of 1998, the subtropical high in the Northwestern Pacific was
the strongest one on record. The convection band stayed stalled over the middle and lower reaches
of the Yangtze River Basin starting in mid-June. Heavy rainstorms hit this area continuously. After
June 28, the subtropical high moved to the west and shifted to the north. Rainfall in the middle and
lower reaches of the Basin decreased, and the flooding of the Yangtze declined. In mid-July, the
subtropical high moved back to the Basin, bringing with it continuous, strong precipitation
processes for a second time. Compared to the first period, the rain area was smaller and the rain
period was shorter. The rainfall, however, was heavier and formed downpours. Waters from
Dongtin Lake, Poyang Lake and many small rivers constantly flowed into the Yangtze River, the
water level of which, at that time, was still above the danger level. The water levels in the middle
and lower reaches rose quickly and at the same time, flooding the whole basin.
In August, a succession of individual synoptic events at the upper reaches of the Yangtze led to
five separate flood peaks (Ye et al, 2000). The forecasts of these peaks enabled the evacuation of
more than 500,000 people and the cutting of major dykes to protect the city of Wuhan and areas
downstream (Nicholls, 2001).
These floods demonstrate the importance of interactions between space and time scales: the
large-scale climate anomalies led to a situation pre-disposed for flooding, but separate synoptic
events caused the peaks in river heights. Forecasts on all time scales and space scales are therefore
vital in mitigating disasters successfully.
Lessons Learned
Despite the early prediction of the event, over 3,000 people died. More than 15 million people
were made homeless. Total damage exceeded US$ 20 billion. Ye et al (2000) reported that no
government department responded to the initial forecast because:
y

The forecast was not reliable enough; and

y

Coordination between various government departments, committees, forecasters and
policy makers was lacking.

The scientists were not trained to communicate with government agencies and the general
public. The forecast information used scientific jargon that is not understandable by users. Users do
not know how to deal with the uncertainties in climate forecasts.
There was no institutional mechanism for communicating climate information to various user
departments and agencies. Had the agriculture agencies received the information, they could have
arranged cropping strategies in anticipation of the event. Had the water conservancy departments
obtained the information, they could have taken preventive actions in all potential flood zones, and
damages could have been significantly reduced.
Since then, El Niño considerations have been included in seasonal climate prediction. Also, the
government started to rethink the value of climate prediction in societal and economic
development. The government invested an additional 300 million RMB (more than US$ 38
million) to evaluate the flood impacts and improve the scientific research facility within the CMA,
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and over 50 million RMB (over US$ 6 million) projects on climate variability were approved for
the next five years (Ye et al, 2000).
Learning from the 1998 Yangtze experience, the government and the general public seriously
took subsequent climate predictions. When CMA predicted that a big flood will occur in the
Yellow River Basin in the spring and summer of 1999, the National Flood/Drought Prevention
Committee acted quickly, and sent flood-resistant materials and undertook large-scale mitigation
measures. The floods however did not come; rather, a prolonged drought occurred. Several
millions RMB were lost due to the erroneous prediction.
2.4.3 Indonesia
Prior to 1997, the Bureau of Meteorology and Geophysics (BMG) used to issue weather
forecasts keeping in view meteorological parameters. In 1997, the BMG established a broad-based
National Seasonal Forecasting Working Group, drawing upon expertise from various sectors. This
Working Group is comprised of the BMG, Agency for Assessment and Application of Technology
(BPPT), the National Institute of Aeronautics and Space (LAPAN), Agriculture Research Institute,
and Water Resources Management Institute. The Working Group draws upon forecast information
from the ASEAN Specialized Meteorological Center (ASMC), the International Research Institute
for Climate Prediction (IRI), BoM, and the UK Meteorological Office in preparing seasonal
forecast guidance that includes the following for 102 meteorological regions across the country:
y
y
y

Seasonal monsoon onset forecast with 10 day intervals, indicating the dates of
onset of the monsoon
Monthly rainfall forecast
Seasonal cumulative rainfall status for the entire season

Respective climate sensitive organizations at the national level, on receipt of the climate
forecast from BMG, process the outlook with reference to past impacts and disseminate the
processed information to provincial sectoral organizations. This information is useful only for
taking general precautionary measures, and cannot be used for comprehensive development
planning. Information flow from field agencies to the national level user agencies activates only
when disaster events occur.
Communication of seasonal forecast: El Niño 1997 experience
During 1997-98, the Ministry of Agriculture, on receipt of the information from BMG on the
likely impact of El Niño, processed the information and disseminated it to provincial agencies in a
routine manner:
Day 0:

BMG press release of the seasonal forecast

Day 7-10: Official receipt of BMG forecast by the Ministry of Agriculture
Day 10-15: Ministry of Agriculture forwarded the information to the provincial agriculture
extension services, indicating the potential impacts and the broad brush of
contingency measures to be taken
Day 23-30: Receipt of communication by provincial agricultural services. The climate
working team met for deliberations about the impending drought at the provincial
level.
Day 30-40: Dissemination of information by provincial government to districts and
sub-districts, with general recommendations about the need for taking possible
actions
From the above, it took six weeks for the forecast information to reach the farmers with some
general recommendations. By that time, farmers have already planted, on receipt of the first rains in
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September/October. The rains ceased thereafter. As a result, about 500,00 ha of crop area was
affected by drought (Boer, 2001). As no concerted effort was taken to make use of the lead time
provided by the ENSO forecast, a loss of around 3 million tons of rice was reported. The
Government had to import about 5 million tons of food grain to ensure the country’s food security.
2.4.4 Philippines
The first season ahead forecast by the Philippine Atmospheric, Geophysical, and Astronomical
Services Administration (PAGASA) for the agriculture sector was issued in January 1985. This
was a result of the capacity building initiative from the US National Oceanic and Atmospheric
Administration (NOAA) on Agroclimatic Modeling and Impact Assessment Technology Transfer
to Southeast Asia. The incorporation of ENSO indices in the seasonal forecast was first made in
1987 at the height of the 1986-87 El Niño, based on a study by Jose (1986) which confirmed the
association of major drought events in the country with El Niño episodes. On the same year, the
Drought Early Warning and Monitoring System, now known as the National ENSO Early Warning
and Monitoring System (NEEWMS), was established to provide seasonal forecasts and timely
advisories to various end users, particularly policy and decision makers, economic planners and
emergency managers. The NEEWMS is now part of the Climate Information, Monitoring and
Prediction Services (CLIMPS), which includes the early warning system, provision of monthly
weather outlook to member agencies of the Inter-Agency Committee for Water Crisis Management
(a committee created to address the need for judicious and effective management of water
resources in the country), and the conduct of briefings/ seminars on El Niño, its impacts on
climate-dependent sectors in the country’s 14 administrative regions, and services provided by
PAGASA to mitigate the negative and enhance the positive impacts (Amadore et al, 2002). Figure
3 shows how global forecasts are tailored to fit end user requirements.
ENSO-based global
climate forecasts
• SST
• Precipitation
• Temperature
Near real-time monitoring and
diagnostics analysis,
evolution of climatic patterns
• Pressure/ wind system
• ITCZ and monsoon activity
• Tropical cyclone activity

Diagnostics/ statistical studies
Trends

Integration/ assessment
Forum discussion/
consultation

Local climate forecast/
•
•
•
•

Rainfall
Temperature
Sea level pressure
Qualitative probabilities

Tailored information
• Agriculture
• Health
• Water Resources

Past
ENSO

•
•
•
•

Climatic information stats
Analogues/ maps
Variability indices
Etc

Updates/ outlooks
• Tropical cyclone
activity
Source: PAGASA
• Monsoon activity
• Onset/ termination

for various end users
• Disaster Management
• Environment
• Others

Figure 3. Translation of ENSO-based global climate forecasts into local climate forecast
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The NEEWMS uses observations from a network of 50 surface synoptic weather monitoring
stations and 40-year historical data sets of 10-day and monthly rainfall. Information provided to
government agencies and, upon request, non-government organizations, include: rainfall analysis,
10-day, monthly, seasonal and 12-month rainfall accumulation (presented as a percentage of
normal, percentile rank (Table 1) or actual values) for each administrative region for rainfall
abnormality assessment; derived indices (moisture availability, yield moisture, generalized
moisture, and rainfall extreme indices) for monitoring extent and impact of rainfall abnormalities;
and monthly and seasonal weather advisories.

Table 1. Interpretation of rainfall accumulation
Percentile
Rank
>90
81-90
61-80
41-60
21-40
11-20
≤ 10

Interpretation
Severe flood damage
Potential flood damage
Way above normal rainfall condition
Near normal to above normal rainfall condition
Below normal rainfall condition
Potential drought impact
Severe drought impact
Source: Amadore et al, 2002

Downscaling
In the absence of an appropriate regional or climate numerical model for the Philippines,
PAGASA translates ENSO forecasts from international climate centers to local conditions.
Potential impacts on local climate is predicted by analogy, using time series El Niño and La Niña
indicators and their historical impacts on various sectors.

Current efforts are underway to provide statistically downscaled climate information
through the USAID/OFDA supported program on Climate Forecast Applications (CFA)
for Disaster Mitigation in the Philippines, implemented by the Asian Disaster
Preparedness Center in collaboration with the International Research Institute for Climate
Prediction (IRI).
Communication of the 1997 Seasonal Forecasts
PAGASA issued its first El Niño forecast at the end of the last quarter of 1995, hinting the
potential occurrence of an El Niño in the succeeding seasons. In March 1997, it announced the
onset of El Niño 1997-98. Local rainfall and general circulation patterns were intensively
monitored. Drought advisories were issued, the first advisory in May 1997, indicating the broad
weather outlook. Below is an extract of the seasonal climate forecast issued by PAGASA in May
1997:
Based on the recent evolution and forecast of the atmospheric and oceanic conditions, it
can be expected that warm episode will intensify during the next several months. This
climate forecast on an impending warm episode will have global scale implications and,
for Philippines, some climate tendencies during the seasons are indicated below:
Southwest monsoon season (May 1997 – September 1997): In view of this new
development, the onset of the rainy season (which normally occurs during the second
half of May) is expected to be delayed by about two weeks. With this, the duration of the
rainy season, which normally ends during the early half of October, may be short ended,
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although some bursts of heavy rainfall during the rainy season could also be expected
mostly in the western section of Luzon and some parts of western Visayas.
Northeast monsoon season (October 1997 – March 1998): The impending warm episode
in the central and eastern equatorial Pacific will have influence on the activity of tropical
cyclones in the Philippine Area of Responsibility (PAR). Below normal tropical cyclone
activity will most likely occur during the coming northeast monsoon months. This will
cause below normal rainfall condition in a bigger portion of the country.
The relevant extract of the drought advisory issued by PAGASA before the commencement of
the northeast monsoon 1997-98 is given below:
Based on trends, climatological studies and the present atmospheric and oceanographic
situation in the central and eastern equatorial Pacific, manifestations of the effects of the
existing El Niño phenomenon on the Philippine climate will have its peak during the
northeast monsoon season (October to March). Atmospheric sea level pressure in the
eastern equatorial Pacific, including the Philippines, will be above the normal, while sea
surface temperature will be below the normal. Consequently, below normal tropical
cyclone activity is expected in the PAR. With these factors, drier than normal weather
conditions can be experienced in the Philippines starting October 1997, and continuing
through March 1998.
The expressions such as “drier than normal weather conditions” and “bigger portion of the
Philippines would experience moderate to severe drought” was interpreted by user departments as
that the whole of Philippines would be affected by a devastating drought. The Department of
Agriculture organized an El Niño Summit in July 1997, attended by all concerned line agencies,
and the Office of the President of the Philippines created the inter-agency El Niño Task Force4 in
September 1997. Resources were distributed to all the regions of the country.
The drought impact was confined to certain areas only. Farmers did not get the
location-specific advisories, for changing crops, etc. As such, around 600,000 ha of corn and rice
lands were affected by drought.
3. Issues and Challenges
The current skill in climate prediction, though imperfect, offers considerable opportunities to
managers in reducing risks to climate-related hazards, and to reap benefits from a good climate.
Climate information, effectively communicated and applied, should lead to a change in decision
that generates improved outcomes in the system of interest. This involves the following elements:
the message to be communicated – climate prediction and interpretation into local climate outlook;
the communication of the message – translation, message construction and dissemination; the
receipt of and response to the message; and a feedback mechanism – examining the various aspects
of the system with a view to improve its performance. Interrelations of these elements are
illustrated in Figure 4.

4

The Task Force is chaired by the Secretaries of the Departments of Environment and Natural Resources, and
Agriculture (DA), with the following as members: Department of National Defense (DND); National Disaster
Coordinating Council (NDCC); the Departments of Transportation and Communication (DOTC), Interior and Local
Government (DILG), Energy (DOE), Science and Technology (DOST); Presidential Management Staff (PMS); National
Irrigation Administration; PAGASA; and the Philippine Crop Insurance Company (PCIC).
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Adapted from Elliott andStewart, 2000

Figure 4. The warning system

The above elements need to be integrated, rather than operating in isolation from each other.
At-risk communities need to be involved in the design of the system. The biggest challenge in
achieving this integration is coordination of the various agencies within different government
levels tasked in each of these components, as each agency has its own administrative system with
jurisdictional boundaries, different organizational cultures and priorities, in addition to the different
technologies used. The roles of each agency, therefore, should be clearly identified, and each
should accept ownership of the system.
3.1 Climate Prediction and Interpretation into Local Climate Outlook
3.1.1. Weather Forecasts
Despite technological advances in monitoring and prediction, hurricane track forecasting
remains an inexact science. Current forecast models still produce a wide margin of error: an
average of 146 km for a 24-hour forecast (Nicholls, 2001). Tornados are even more difficult to
predict, as it forms and decays in about 12 hours.
3.1.2. Seasonal Forecasts
Delimitation of ENSO Sensitive Sectors, Seasons and Regions
Climate exhibits only limited predictability, and skilful forecasts are available only for some
seasons and regions. While there are clear relationships between ENSO indices and local climate
variables in some areas, other areas do not exhibit a linear relationship. It would take some time to
obtain climate forecast with greater geographic resolution, covering all factors governing climate
variability. It is therefore necessary to delimit specific climate sensitive zones, which are highly
sensitive to ENSO indices, and where specific relationship exists between ENSO indices and local
climate variability (as compared to other areas). After spatial delimitation of geographic zones, a
temporal delimitation of a comparatively more ENSO sensitive season than other time periods
needs to be undertaken. For instance, the summer season is more sensitive to ENSO than the dry
season, which is by and large protected by assured irrigation systems. Forecasting efforts can then
focus on these ENSO sensitive regions and seasons for particular sectors. This would facilitate the
application of climate information at the local level.
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Study on Dynamics of ENSO Influences on Climate
Climate is a complex system. Physical mechanisms of many climate phenomena, such as
ENSO are not yet fully understood. There is a need for further research on how ENSO influences
the local climate, including other climatic parameters and modes of atmospheric variability, such as
the Quasi-Biennial Oscillation, Madden Julian Oscillation, etc.
Integration of Intra-Seasonal Oscillations
The seasonal forecast would provide an indication of the rainfall behavior during the course of
the season. Meso-scale intra-seasonal oscillations, however, may result in long dry spells, cyclones
and storms. Farmers will encounter these disturbances in the course of the cropping season. Certain
mid-term corrections are therefore necessary to minimize crop yield losses. The sub-seasonal and
extended weather forecasts should provide the critical information for undertaking corrective
measures.
Downscaling of Climate Forecasts
Currently available seasonal forecasts are at too large a scale to be useful for site level
planning. Both spatial and temporal scales need to be refined for local application, hence the need
to downscale the global ENSO index-based forecast into local level climate outlook products
(interpretation of global climate outlook into local climate outlook). This would also entail building
technical capability for downscaling within the NMSs.
Articulation of Users’ Needs
Most research has been driven from the climate and agro-ecological communities, and has
tended to involve a top-down approach, where uses are sought for existing forecast products, and
less commonly by a bottom-up approach, where a decision situation is examined to identify niches
and needs for climate information. Also, most current forecast products lack the spatial, temporal
and element specificity that users seek for their specific decision-making needs. Users are diverse,
and cannot be lumped into a homogeneous set. For example, in the agriculture sector, the needs of
agribusiness, such as seed suppliers and grain traders, vary distinctly from primary producers.
Among producers, limitations in access to resources, or risk exposure, condition responses to new
information; for suppliers and traders, it is profit maximization.
User inputs to the prediction system are necessary to ensure that the climate information is
relevant to the users’ needs – what type of information is needed when, to assure its utility in
resource management and risk reduction.
Suite of Forecast Products
Seasonal forecasts need to be complemented by sub-seasonal and weather forecasts closer to
the event as more hydrometeorological data become available.
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Box 1
Delivery of Locally Relevant Climate Information: Indonesia Experience
BMG used to release monthly and seasonal forecasts, which may have not matched users’ needs and time
requirements for climate information. This has now changed to releasing forecasts that are relevant to the
lead-time requirements of the end users.
Based on the user’s need survey and vulnerability assessments, BMG have refined the seasonal forecast
product for Indramayu District in West Java, by establishing six forecast regions in place of the existing
two regions. The new six regions reflect six different local climatic zones (refer to figure below). This
refinement helped BMG to provide locally relevant climate forecast information to the farmers in pilot
locations.

New Climate Forecast
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Modified climate zone map of Indramayu District, West Java, Indonesia
Localized forecast and impact information were first delivered in March 2003, on which farmers based
their decisions to modify crop calendars (see figures below).

Onset of dry season 2003

Dry season rainfall, 2003
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Box 2
Overlapping Flood Forecasting System for Bangladesh
Climate Forecast Applications in Bangladesh (CFAB) has developed a three-tier, overlapping forecast
system, which significantly improved the lead times of forecasts issued by the FFWC and the Bangladesh
Meteorological Department. This includes:
1) Short-range forecasts of rainfall and river discharge in probabilistic form, provided each day,
with 6-10 days lead-time;
2) Medium-range forecasts of average 5-day rainfall and river discharge, updated every 5 days,
with 20-30 days lead-time; and
3) Seasonal outlook starting at the beginning of the monsoon season and updated each month,
providing 1-6 months lead-time.
These forecasts, still at en experimental stage, are potential risk management

3.2 Communication of Climate Information
Application examples given in the previous section point to user difficulties in understanding
climate information issued by NMSs. There is a need to further process the local climate outlook to
a form that is readily usable by farmers and other end users. In Bangladesh, farmers would like to
see the message communicated as follows:
Dear Villagers,
Asalamalaikum. As per the news we have heard in the ……, the water of
Jamuna River is likely to run at a very high level in the next 10 days. Based on
the information provided by Block supervising officers, it is likely that the
following fields …… will be inundated fully in the next few days. You are all
requested to harvest your crops immediately, and withhold seedbed operations
for 10 more days. Please watch the flood post established in the village.

3.2.1 Translation of Climate Outlook into Impact Scenarios and Response Options
Predictions need to be given meaning, if they are to be understood and guide responses by
users. The local climate outlook needs to be translated into impact scenarios, keeping in view
specific vulnerabilities at the local level with reference to different seasons and different cropping
systems. Response options can then be drawn, considering socio-cultural peculiarities, for
communication to the user community. This is a role that intermediary institutions can play.
3.2.2 Risk Communication
Understanding the warning message is key to community response. An effective warning
should inform:
y

what is happening

y

what it means to the person; and

y

what the person can do

The example from farmers given above reflects these three requirements.
Additional criteria include:
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y

Language should be clear and simple; avoid using jargon

y

It should satisfy psychological needs (e.g. suggest action rather than inaction; be positive
rather than negative). Simple changes in phrasing of forecasts could lead to substantial
changes in their use (e.g. a drought forecast may be expressed in terms of non-likelihood of
wet conditions, rather than in terms of likelihood of drought).

It is also important to note that people’s perception of risk associated with a forecasted event is
often anchored to their most recent experience. A communication strategy needs to be developed so
that people do not over- or underestimate the risks.
3.2.3 Mode of Communication
Weather forecasts are usually communicated via print and broadcast (radio and television)
media. An emerging medium is by mobile phones through text messaging (SMS). At the
community level, dissemination is varied, from two-way radios, to public address systems,
loudspeakers, sirens, door knocking, community networks, and community leaders.
Complementary modes of delivery (e.g. radio, community network and door knocking) should be
considered, given ample time, depending on the severity of the hazard and the required response.
For seasonal forecasts, community meetings are effective venues for dissemination, as it
provides interaction with the local meteorologist and extension workers. Community fairs work for
remote areas where households are kilometers apart.
3.3 Response to the Message
3.3.1 Weather Forecasts
Garcia (2002) identified the following requirements for an effective community response to
warnings:
y
y
y
y
y
y
y

Getting free warning and hazard information
Receiving warning with sufficient lead time
Understanding the warning content
Believing the warning
Believing that the threat is real
Knowing when and what appropriate action to take
Being in a state of preparedness

Getting people to appropriately respond to a warning is a critical component of an effective
warning system. The death of 139,000 people in the 1991 cyclone in Bangladesh was attributed to
people who did not believe the warning and those who refused to leave to guard their properties
(Baker, 2002).
Communities need to be involved in relating the warning to danger to lives and property.
Continued education and public awareness would be necessary.
3.3.2 Seasonal forecasts
Detailed interactions with farmers show that probabilistic forecasts are acceptable in
vulnerable areas. Table 2 shows the acceptability of probabilistic forecasts by farmers in various
risk-prone areas in Bangladesh.

29

Table 2. Acceptance of probabilistic forecasts by various categories of farmers in risk-prone regions
Farmer category
High risk-taking farmers

High
flood/drought-risk area
High acceptance of
probabilistic forecast
indicating slight shifts of
climate/flood situation.
Acceptable forecast:
50-60% probability

Risk-neutral farmers

Risk-averse farmers

Medium
flood/drought-risk area
Moderate acceptance of
probabilistic forecast
indicating moderate
shifts of climate/flood
situation.

Low
flood/drought-risk area
Low acceptance of
probabilistic forecast
indicating decisive shifts
of climate/flood
situation.

Acceptable forecast:
60-70% probability

Acceptable forecast:
More than 80%
probability
Acceptable forecast:
Deterministic forecast

Moderate acceptance of
probabilistic forecast
indicating moderate
shifts of climate/flood
situation.

Low acceptance of
probabilistic forecast
indicating decisive shifts
of climate/flood
situation.

Acceptable forecast:
60-70% probability

Acceptable forecast:
More than 80%
probability
Acceptable forecast:
Deterministic forecast

Low acceptance of
probabilistic forecast
indicating decisive shifts
of climate/flood
situation.

Acceptable forecast:
Deterministic forecast

Acceptable forecast:
More than 80%
probability

Discussions with farmers revealed that they could deal with probabilistic forecasts in the
following manner:
y

They understand the probabilities in various ways, based on their life experiences. They
also understand the uncertainties inherent in the future state of the climate by relating to
their experiences in various indigenous games and sports.

y

They could relate probabilistic forecasts, which are of qualitative nature, to a micro-level
situation, based on past experiences of floods/ adverse climate of various dimensions.

y

Farmers operate on season-to-season basis. They relate probabilistic forecasts with
reference to its relevance to a particular season. They view that if the forecasts are correct
in 7 out of 10 seasons, the benefits due to correct forecasts could outweigh the losses that
they may have to bear due to decisions based on three incorrect forecasts.

y

Confidence in probabilistic forecasts is increased by correct forecasts in two consecutive
seasons.

y

The communication of uncertainties inherent in the forecast could give them opportunities
to appreciate the dimensions of forecast constraints, and undertake “no regret options”.

y

A continuous two-way communication between forecast producers and users, for at least 5
years (10 seasons) could help them establish trust and confidence.
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Farmers, however, have the following constraints in responding to forecasts:
y
y
y
y
y
y
y
y
y
y
y
y

Lack of credit access or previous debt burden
Limited access to ploughs, seed of suitable varieties, and other inputs
Limited land access
Competing demands for labor
Inappropriate forecast information
Lack of confidence in the forecast, or in the source/ provider of the information
Untimely dissemination of forecasts
Priorities and strategies for risk aversion and risk management
Decision irreversibility
Market access or stability of prices and demand for cash crops
Local consumption preferences for crop varieties
Diversity and level of income, both on- and off-farm

There is a need to evolve policies and programs at the national level to address these
constraints, to enable farmers to use climate information.
3.4 Feedback Mechanism
Feedback provides an opportunity for system improvement. This will normally be after an
event or after a season, and will include assessment of the performance of the different components
of the warning system. Other opportunities for review include technological changes as they
influence prediction and interpretation, and environmental changes as they affect translation (e.g.
development impact on the environment that contributes to vulnerability).
Even if the system has not been activated for some time, especially in countries/ locations
where there is a big gap between events, reviews are useful for reminding stakeholders of their
roles in the warning system, to compensate for staff turnover and other organizational changes, as
well as review the state of preparedness of the community. For tropical cyclones, Parker (1999) has
laid out criteria for evaluating the warning system status.
3.5 Institutionalization of the End-to-end System

Providing climate outlook

Interpreting global climate
outlook into local outlook
Translating local climate outlook
into impact scenarios
Communication to/ from
farmers (responses/feedback)

Figure 5. End-to-end climate information generation and application system
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The above end-to-end system (Fig. 5) connects the climate information provider, the
intermediary user agencies, and the user community.
In the 1970s, the large losses of lives from tropical cyclones in Bangladesh and India have been
attributed to the failure of warnings to reach the population at risk (Baker, 2000). Improvement in
early warning systems, particularly in dissemination, and public awareness and understanding, has
greatly contributed to the remarkable decrease in deaths associated with cyclones.
To address these issues:
y

set up institutional systems (feature experiences of CFA;)

4. Integrating Climate Information in Development Planning
Disasters induce change. Each milestone in the long history of institutionalized disaster
management in countries that face recurring disasters, more often, came about in response to a
major event that is often costly in terms of lives and properties lost. In the Philippines, the
formulation of the Disaster and Calamities Plan was in response to Typhoon Sening that ravaged
the Bicol Region and flooded Metro Manila in 1970 (ADPC, 2001). In Bangladesh, the integrated
Flood Action Plan was developed in response to the consecutive major floods in 1987 and 1988.
For many years, governments’ responses to disasters were reactionary, hence the focus on
response, relief and rehabilitation. The United Nations International Decade for Natural Disaster
Reduction (1990-2000), with an aim to reduce loss of life, damage to property, and social and
economic disruption caused by natural disasters, particularly in developing countries, pushed a
disaster mitigation agenda. Within this period, a shift in disaster management paradigm occurred,
that from being reactionary to anticipatory; hence a shift in focus from response, relief and
rehabilitation to prevention, mitigation and preparedness.
In 1991, the Philippine government realized the significance of disaster mitigation in achieving
sustainable development, and started integrating this component into the Medium Term Philippine
Development under the Development Sector Administration. At the local government level,
provinces, cities, municipalities and barangays were required to integrate their disaster
management plans into their respective local development plans (Duque, 1999).
The IPCC Third Assessment Report (2001), in its summary for policymakers states that human
influences will continue to change atmospheric composition throughout the 21st century. As a
result global average temperature and seal level rise are projected to rise under all IPCC scenarios.
Under this warming scenario, it is likely that Asian summer monsoon precipitation variability will
increase. The projections also stated a likelihood of increase in the tropical cyclone mean and peak
precipitation intensities. That is developing countries in Asia which are currently very vulnerable to
current extremes in the atmospheric and hydrological cycles are likely to have these vulnerabilities
exacerbated in the future. Hence building adaptive capacity to such vulnerabilities should be given
priority. More importantly, further understanding on the changes in the extremes under a warming
climate should be given priority.
Yet another shift in paradigm has recently taken place, which looks at disaster management in a
risk management framework. In 2002, Bangladesh formulated the Comprehensive Disaster
Management Programme (CDMP), which integrated risk management into development planning.
The CDMP recognizes the risks associated with climate variability and change, and the current
need to build capacity in assessing and managing long-term climate risks in the country.
In countries that have seldom experienced disastrous events, or where the interval between
major events is quite long, climate risks are not factored in their development activities.
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Science has and continues to contribute to this effort of reducing losses due to natural disasters.
It has come a long way in providing usable climate information at various time scales. The science
of climate prediction is not perfect, but it is evolving. Now is the time to integrate this information
in development planning.
--Bringing Science To Society
--Growing risk due to climate change
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3. SOME MONSOON PERSPECTIVES FROM AN END-USER’S POINT OF VIEW
T. W. HUI AND W. L. CHANG
Hong Kong Observatory, 134A Nathan Road, Kowloon, Hong Kong
E-mail: dtwhui@hko.gov.hk; wlchang@hko.gov.hk

1. Introduction
Hong Kong, a metropolis with a population close to 7 million, is situated on the southeastern coast
of China. Its weather and climate are dominated by the Asian Monsoon. Most of Hong Kong’s rainfall
is brought by the summer monsoon, and this rainfall is a primary source of fresh water supply in Hong
Kong. Anomalous seasonal rainfall can substantially interrupt the social and economic activities of the
community. For instance, tropical cyclones and rainstorms associated with the active southwest
monsoon in the summer of 1999 induced 210 landslides, flooded about 700 hectares of farmland, and
inflicted economic loss of approximately US$ 26 million.
On the other hand, the severe drought of 1963 caused water in Hong Kong to be rationed for four
hours every four days and inflicted great hardship on the community.
Prolonged cold spells due to outbreaks of the northeast monsoon in winter pose, in Hong Kong as
they do elsewhere, a health hazard especially to the elderly and the infirm. February 1996 saw minimum
temperatures in Hong Kong falling to below 100C for seven days in a row, resulting in a number of
cold-related deaths among the elderly.
This paper provides an overview of the research done by the Hong Kong Observatory in relation to
the Asian Monsoon, and outlines the perspective of forecasters as end-users of the research.
2. Monsoon Related Research at the Hong Kong Observatory
Considerable work has been done by the Observatory on aspects of the Asian Monsoon in support
of weather and short range climate forecasting activities. Studies of the winter monsoon were mainly
concerned with the intensity and time of arrival of cold surges in Hong Kong for forecasting the
temperature in winter and for the operation of Cold Weather Warnings as well as frost advisories.
Summer monsoon studies were chiefly in association with providing aids for short range climate
forecasting of Hong Kong’s rainfall.
2.1 Winter Monsoon
Chin (1969) surveyed the research results on the properties as well as the structure of cold surges
over the south China coast, laying down the foundation for subsequent studies.
Quantitative methods for forecasting the arrival of winter surges in the winter monsoon in Hong
Kong have been provided by Morrice (1973). He found that when a high pressure area developed to the
west of 117°E over inland China and the maximum pressure difference between Hong Kong and any
station to the south of 35°N reached 15 hPa, a northerly surge was likely to arrive in Hong Kong within
24 hours. The wind strength could be estimated by a set of regression equations based on this pressure
difference. If the centre of the high pressure area passed east of 117°E, the cold air would arrive in Hong
Kong in the form of an easterly surge.
Lam (1976) showed that the majority of surges arriving in Hong Kong were associated with 500
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hPa troughs passing Lake Baikal, and the average time lag between the two events was about two days.
Lam (1981) further identified 4 typical 500 hPa patterns preceding the cold surges. The most common
pattern was a ridge-trough pair moving from west to east in the broad westerly airstream. He also found
that an east-west oriented trough ahead of a blocking high at 500 hPa tended to be associated with the
most intense surges.
Lai (1989) developed a forecast index based on the pressure difference between Hong Kong and
Chenzhou (station 57972) to improve the forecasting of northerly surge arrival. He showed that when
this pressure difference exceeded a threshold of 7-8 hPa, a cold surge could be expected in Hong Kong
within the next 12-15 hours.

Figure 1. Froude number (Fr) against geopotential height difference (△Z) at 850 hpa across the Nanling range.

Figure 2. Time series of the daily minimum temperature (with trend removed) recorded at the Hong Kong
Observatory from October 1999 to March 2000. Minor surges were generally associated with the 10-20 day
oscillation. The three most intense surges occurring at the end of December, January and February, were all
related to the 30-60 day oscillation.
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Chan and Lee (1997) noted that if the 850hPa geopotential height difference between Changsha and
Hong Kong was large before arrival of the surge in Hong Kong, the surge was likely to be dry and vice
versa.
Cheng et al. (1995) demonstrated the usefulness of the Froude number for forecasting the arrival of
cold surges to the south China coast. Essentially, they showed that surges with Froude number
exceeding 0.63 could overcome the orographic blocking of the Nanling range to the north of Hong
Kong, and reach the south China coast within 24 hours. Surges with smaller Froude number would
either fail to do so or required that geopotential height gradient across the Nanling range to exceed a
certain threshold for the cold air to reach the south China coast (Fig. 1).
Leung and Wu (2000) observed that intense cold surges in Hong Kong were associated with 30-60
day Madden-Julian oscillations (Fig. 2). They also showed that the most intense surges were related to
blocking patterns at the 500hPa level, in line with the findings of Lam (1981).
2.2 Summer Monsoon
The prediction of summer rainfall in Hong Kong was first attempted by Bell (1976) who showed
that that a weak monsoon in the preceding winter in Hong Kong is likely to be associated with above
normal summer rainfall. In the same vein, Chang and Yeung (2003) found that the strength of the winter
monsoon as represented by the Unified Monsoon Index of Lu and Chan (1999) was well correlated with
annual rainfall in the ensuing year in Hong Kong (Fig. 3).

Figure 3. Correlation between annual rainfall in Hong Kong and the winter Unified Monsoon Index (UMI). Years
with strong El Niño onset, years immediately following El Niño onset, and years immediately following La Niña
onset are excluded.

Onset of the summer monsoon in Hong Kong has been studied by Chan (1989). He suggested that
for Hong Kong, the normal onset date is between 21 April and 10 May. If the onset date was normal,
then rainfall in Hong Kong for that year was likely to be normal or above. If onset came after 20 May,
above normal rainfall was unlikely.
Using data in the summer of 1998 which covered the field observation period of the South China
Sea Monsoon Experiment (SCSMEX, see Lau et al. 2000), Chang and Wu (2001) showed the presence
of 30-60 day Madden-Julian Oscillation in the outgoing longwave radiation observed over the South
China Sea and 10-30 day oscillation in Hong Kong’s summer rainfall (Fig. 4). The implications of such
low frequency oscillations on predictability have been discussed in, for example, Jones et al. (2004).
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Figure 4. Wavelet analysis of the 850 hPa zonal wind over Hong Kong in April-September 1998. The higher their
absolute values the stronger are the low frequency oscillation signal. The numbers marked along the isolines are
wavelet transform coefficients.

3. Forecasters’ Perspective
Over the years, forecasters have benefited greatly from the immense achievements of the
researchers. The latter has organized large scale international experiments such as SCSMEX in which
the Observatory participated in both the field and research phases to gather intensive observations for
facilitating in-depth research (Lau et al. 2000), advanced the understanding on monsoon in terms of its
characteristics, evolution and impacts (Lau and Li 1984, Ding 1994, Chang and Chen 1995, Wu and
Chan 1997, Tao and Chen 1998, Wu and Zhang 1998, Ding and Li 1999 etc.), shed light on its
association with the El Nino-Southern Oscillation ENSO and how the resulting variability affected
weather and climate (Klein et al. 1999, Chang et al. 2000a, Lau and Nath 2000, Wang et al. 2000,
Huang 2001, Lau and Wu 2001, Molteni et al. 2003 among others), developed schematics to aid users
visualize the interactive processes between the winter and summer monsoons leading to the
tropospheric biennial oscillation (TBO) (Chang et al. 2000b, Chang and Li 2000).
However, from the perspective of Hong Kong Observatory forecasters, consensus has yet to be
reached in a few aspects of the monsoon, which if resolved will provide a common communicating
platform for researchers and forecasters. These are:
(a) Monsoon terminology – Indian Monsoon, South Asian Monsoon, East Asian Monsoon, South
China Sea Monsoon, South East Asian Monsoon, Western North Pacific Monsoon, Asian Pacific
Monsoon are some of the terminology that have been used in the literature, not always meaning the
same thing. Wang and Lin (2002) have proposed a delineation of the Indian Summer Monsoon, East
Asian Summer Monsoon and Western North Pacific Summer Monsoon sub-regions but the use is not
widespread. It would be useful if a standard terminology of the monsoon regions could be arrived at to
facilitate communication and understanding.
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(b) Monsoon index – Several indices have been suggested for the strength of the monsoon but none
is widely accepted. Examples of the various indices proposed in the literature include the Circulation
Index of Webster and Yang (1992), Convection Index of Wang and Fan (1999), the Unified Monsoon
Index of Lu and Chan (1999) for South China, the EAP (East Asia/Pacific) Index of Huang (2004), the
Dynamical Normalized Seasonality Index of Li and Zeng (2003). Standardization of monsoon indices
as well as monsoon onset and retreat indices (see for example, Zeng and Lu 2004, Wang et al. 2004)
would greatly facilitate inter-comparison of results of research or forecasts. It would also minimize the
chance of results relevant only to one monsoon region being unwittingly applied to another by
forecasters.
(c) Monsoon onset and strength forecasts – The time of monsoon onset and the strength of the
monsoon are important factors in short range climate forecasting. Forecasts of these factors if
achievable and made widely available in the future would be very useful for seasonal or short rage
climate forecasting by meteorological services. For example, a regression equation could be set up
between past monsoon indices as predictors and past rainfall as predictands. Forecasts of rainfall for the
coming season could then be made from predicted monsoon indices. An analogy for these monsoon
forecasts is the sea surface temperature anomaly (SSTA) forecasts made available on the Internet by a
number of climate centers and widely used for the seasonal forecasts of climate variables (Goddard et
al. 2001).
(d) Monsoon embedded meso-scale disturbances - Meso-scale convective systems are often
embedded in the summer monsoon, bringing severe weather (see, for example Wang 2004).
Occasionally midget tropical cyclones form in monsoon gyres. These midget tropical cyclones pose a
challenge for forecasters as they are small in size, have a short lifespan and are hard to detect (Lander
1994, 2000).
One such midget tropical depression developed from a meso-scale cloud cluster (MCC) associated
with an area of low pressure and affected Hong Kong in the evening 18 June 2000 (see Leung et al.
2000). A satellite imagery showing the cloud bands just before cyclogenesis is shown in Fig. 5a, and the
corresponding synoptic pattern is shown in Fig. 5b. The midget tropical depression formed very close to
land, and in consideration of public safety in Hong Kong the local Strong Wind Signal No. 3 was
hoisted directly without the Standby Signal being hoisted first. This case points to the importance of
having at hand techniques for the early recognition and diagnosis of potential intensification of MCCs
embedded in monsoon systems so that advance warning can be given to the public if necessary and at
the first opportunity. Perhaps a tool for estimating convection intensity in MCCs akin to the Dvorak
technique for tropical cyclone intensity could be attempted.
4. Conclusions
The Hong Kong Observatory has carried out considerable research work on some aspects of the
Asian Monsoons to support its forecasting operations, contributed to international experiments such as
SCSMEX, and benefited from the great strides in knowledge generated by the research community.
Standardization of terminologies in respect of monsoon regions, onset, and strength remains issues
that await consensus and will require the concerted effort of the meteorological community. Forecasts
of monsoon onset and strength will help short range climate forecasting.
Better capability for identification of the abrupt development of meso-scale disturbances embedded
in the summer monsoon will be useful for operational forecasting of severe weather and enhancing
public safety.
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Figure 5a. Enhanced infra-red satellite imagery of the Meso-scale Cloud Cluster at around 1230 UTC (8:30 p.m.
local time) on 18 June 2000. The imagery is from GMS-5.

Figure 5b. Surface weather chart at 1200 UTC (8:00 p.m. local time) on 18 June 2000.
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4. SUMMARY OF THE DISCUSSION SESSION ON INTERACTION BETWEEN
RESEARCH AND OPERATIONAL FORECAST COMMUNITY
BIN WANG
Department of Meteorology and IPRC
University of Hawaii, Honolulu, HI 96822, USA
E-mail: bwang@soest.hawaii.edu

This session in the morning of November 6 was chaired by Peter Webster, A. Gupta, W.-L.
Chang, and Kok Sen Yap.
A number of scientists from operational centers presented their major concerns from forecast
community. For instance, A. Gupta pointed out their difficulty lies in the large discrepancy between
increasing expectation from user community and the considerable errors in the current numerical
models. Choice of models and prediction techniques are difficult. W.-L. Chang listed concrete areas
where they experience difficulties such as cold surges of the winter monsoon, explosive development
of meso-scale vortices embedded in the summer monsoon and the associated heavy rain, and seasonal
or short range climate forecasting for planning climate-sensitive activities. These require research
community to help.
Roberto Mechoso pointed out that the forecasters help scientists to identify research topics.
However, finding funds to carry out these researches are often difficult. W.-L. Chang acknowledged
that the research community has generated much information that is useful for forecasting, e. g.,
Chang, Zhang and Li 2000, Ding 1994, Haar et at. 1996, Lau and Nath 2000, Lau and Wu 2001, Lu
and Chan 1999, Wang and Ho 2002 as well as others.
A. Gupta raised a controversial issue, which concerns with the probabilistic climate forecast. He
expressed that the governmental officers and general public are reluctant to use probabilistic forecast.
On the other hand, Webster and Subbiah argue that the farmers at Bangladesh know well what does
probabilistic forecast means. Webster illustrated the superior values of the probabilistic forecast in
decision-making and disaster management. K. S. Yap stated that probabilistic forecast of tropical
cyclone is more acceptable for the public. Chat Ropelewski consider it important to build a bridge
between users who make deterministic decision and the forecaster who make probabilistic forecast. It
is generally agreed that how to convey the probabilistic forecast to the general users is a key to
success.
Credibility of weather and climate forecast is another concerns. Bin Wang suggested that this
issue requires better predictability study. Carefully identification of the predictability for different
meteorological variables in different seasons and regions may help to decide what should be
forecasted and what should not be forecasted in order to increase the credibility. Representative from
Kenya indicates that the prediction of fall rainfall has considerable skill due to the impacts of ENSO,
on the other hand, the prediction of spring rainfall has no skill. Harry Hendon and Peter Webster
suggested to post forecast skill in web site to help users to use prediction information in their decision
making.
Some suggestions have been made. W.-L. Chang suggested that it is worthwhile for the research
community to consider outreach activities to promote users’ understanding and utilization of research
results in forecasting and other applications. This might be done, e.g., through a monsoon webpage to
explain the state of skill in monsoon simulation, the rationale behind probabilistic forecasts and their
applications in risk and cost-loss analysis. To give forecasters an indication of the likely strength of
the monsoon in the coming months, possibly monsoon index forecasts can be provided as a derived
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product by the modeling community. This might take the form of an ensemble of different values of
the same index if a single best index is adopted for a given monsoon region, or otherwise a superensemble of different values of different indices for the same monsoon region. An analogue might be
the sea surface temperature anomaly forecasts provided on the Internet by many centers in relation to
ENSO events.
Standardization of monsoon terminology with respect to monsoon regions and indices are some
aspects the research community can further help to provide a common communication platform
between researchers and forecasters.

43

44

 PART B



REGIONAL MONSOON TOPICS

45

46

5. SOUTH ASIAN SUMMER MONSOON: AN OVERVIEW
B. N. GOSWAMI
Centre for Atmospheric and Oceanic Sciences
Indian Institute of Science, Bangalore 560 012, India
E-mail: goswamy@caos.iisc.ernet.in

1. The South Asian Monsoon System
As the word 'monsoon' indicates, the south Asian summer monsoon is part of a seasonally
reversing wind system (Fig. 1b,e) (Ramage 1971, Rao 1976) characterized by wet summers and dry
winters (Fig. 1a,d). The winds during summer monsoon season are associated with a large-scale
cyclonic vorticity at 850 hPa and the low level westerly jet (LLJ) over the Arabian Sea (Fig. 1e) and
an anticyclone (the Tibetan anticyclone) at the upper level (200 hPa) with the monsoon easterly jet
(Fig. 1f). Wet summer and dry winter conditions (Fig. 1a,d) associated with the seasonal changes of
low level winds are crucial for agricultural production (Parthasarathy et al. 1988, Webster et al. 1998,
Abrol and Gadgil 1999) and economy of the region. During northern winter, the equatorial easterlies
are weak and confined between 5°N and 10°S in the upper atmosphere (200 hPa), while the subtropical westerlies intrude all the way to 10°N (Fig. 1c). The sub-tropical westerlies recede to north of
30°N during northern summer and a strong easterly jet characterizes the equatorial upper atmosphere
over the region (Fig. 1f). The large scale summer mean monsoon circulation is, thus, characterized by
a deep baroclinic vertical structure with low level cyclonic vorticity (and convergence) and upper
level anticyclonic vorticity (and divergence). The monsoon or the seasonal changes of winds and
rainfall in the region could be interpreted as a result of northward seasonal migration of the east-west
oriented precipitation belt (tropical convergence zone, TCZ) from southern hemisphere in winter to
northern hemisphere in summer (Gadgil 2003). The largest northward excursion of the rain belt takes
place over the Indian monsoon region where it moves from a mean position of about 5°S in winter
(Fig. 1a) to about 20° N in northern summer (Fig. 1d). In addition to the primary TCZ around 20° N
during the summer season, a secondary TCZ exists over the eastern equatorial Indian Ocean (IO).
The South Asian monsoon (SAM) climate is, therefore, a phase of the strong annual cycle that
exists in this region. The amplitude of the climatological mean annual cycle (AC) of precipitation and
that of the zonal and meridional winds at 850 hPa (the standard deviation of anomalies of
climatological monthly means after removing the annual mean) are shown in Fig. 2. The largest
amplitude of the AC of precipitation occurs over the Asian and the Australian monsoon regions. The
largest amplitude of the AC for zonal winds at low level occur over the low level westerly jet (LLJ)
region of central and western Arabian Sea while that for the meridional winds occur over the western
equatorial Indian Ocean and Somalia.
The climatological mean monsoon annual cycle (MAC) is not sinusoidal but is characterized by a
sharp transition at the beginning of the summer monsoon season known as the 'onset' of the SAM.
This can be seen in the time-latitude section of precipitation averaged over 70°E-100°E (Fig. 3a) as
well as in the kinetic energy (K.E.) of the LLJ averaged over 50°E-65°E, 5°N- 15°N (thick solid line).
A characteristic feature of the Indian monsoon onset is the rapid transition of the high precipitation
zone from near the equator to about 15°N towards the end of May or beginning of June. Dramatic
increase of K.E. of the LLJ by a factor of more than 6 takes place within about a week around the
onset. The seasonal migration of the TCZ is associated with a seasonal evolution of the meridional
gradient of tropospheric heating illustrated by the evolution of the mean temperature of the
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tropospheric layer between 200 hPa and 700 hPa averaged between 30°E and 110°E (Fig. 3b).
A wide spectrum of variability characterizes the south Asian monsoon system. Taking daily
precipitation over the central India for three summer seasons, sub-seasonal and interannual variability
are illustrated in Fig. 4. In Fig. 4a, day-to-day fluctuations (thin solid line) are caused by synoptic
disturbances (lows and depressions) while the slow variability within the season (thick dashed line)
are intraseasonal oscillations (ISOs). The ISOs result in wet and dry spells within the season known as
'active' and 'break' conditions (Fig. 4a) (Webster 1998, Gadgil 2003, Goswami 2004b). The seasonal
mean (horizontal bar in Fig. 4a) has year-to-year variations which is further illustrated in Fig. 4b over
a long period for precipitation over the whole country. This figure also indicates existence of
significant interdecadal variability of the south Asian monsoon.
The year-to-year variations of the long term seasonal mean precipitation over the Indian region is
strongly correlated with food production in the region. Even as the green revolution steadily increased
food productivity over the last four decades, a modest decrease in the monsoon rainfall (e.g. 10% of
long term mean) leads to a significant decrease in rice production over India ( Swaminathan 1987,
Parthasarathy et al. 1988, Webster et al. 1998, Abrol and Gadgil 1999) . The interannual variability of
the monsoon rainfall may have even larger impact on agricultural productivity in the coming years, as
the growth rates of agricultural production have decreased in recent years in association with the
fatigue of the green revolution (Gadgil et al. 1999). Frequency of occurrence of active and break
spells within the season influences the seasonal mean and hence agricultural production. Regional
distribution of precipitation and knowledge of the wet and dry spells within the season are also
important for sowing, harvesting of crops and water management. Further, long breaks in critical
growth periods may lead to substantially reduced yield of certain crops (Gadgil and Rao 2000).
Therefore, 'long range' forecasting of seasonal mean monsoon at least one season in advance and
'extended range' forecasting of dry and wet spells of the sub-seasonal variability 2-3 weeks in advance
are of great importance and economic value.
Understanding gained over the past few decades for the maintenance of the MAC as well as
physical processes responsible for intraseasonal and interannual variabilities of the SAM are
reviewed. Forecasting needs are identified and challenges faced by the community in simulating and
predicting the seasonal mean SAM and potential for extended range prediction of dry and wet spells
are highlighted. Outstanding unresolved issues are also identified.
2. The Monsoon Annual Cycle (MAC)
The AC of the monsoon is a manifestation of the seasonal migration of the zonally oriented belt
of precipitation or the TCZ between the two hemispheres (Gadgil 2003). An interesting aspect of the
MAC is the asymmetry in seasonal transition of the TCZ from Asian summer monsoon to Australian
summer monsoon and back to the Asian summer monsoon. The evolution of the AC of precipitation
(deviation of climatological monthly mean from annual mean) averaged over 80°E-120°E shows
(Hung et al. 2004) that the high precipitation zone moves smoothly southward from NH to SH (Fig.
5a). However, the TCZ is not allowed to move smoothly from boreal winter to summer and the
transition takes place only through the abrupt Asian monsoon onset. The evolution of surface wind
speed and sea surface temperature (SST) associated with the evolution of precipitation (Fig. 5b, c)
indicates interaction between the ocean and the atmosphere in the evolution of the MAC. Due to the
orientation of the Asian and Australian land masses, global scale mass redistribution facilitates
southward march of maximum convection from the Asian summer monsoon to the Asian winter
(Australian summer) monsoon, but deters the reverse march in boreal spring (Chang et al. 2004).
The geographic location of the Indian continent surrounded on three sides by warm waters of the
IO and by the Himalayan mountain range to the north play a pivotal role on the annual evolution of
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the SAM. A model of the SAM must explain the seasonal migration of the TCZ and the existence of a
double TCZ during the summer season. It must also explain the deep baroclinic nature of the SAM
circulation. Followed by the pioneering suggestion of Halley (1686), a paradigm for MAC has been a
giant land-sea breeze driven by land-ocean thermal contrast. The land-ocean surface temperature
contrast theory for the SAM is used even today, for example in explanation of paleoclimatic monsoon
variabilities (e.g. Anderson et al. 2002 and Gupta et al. 2003). However, the traditional land-ocean
contrast model of the monsoon is inadequate to explain the observed features of the SAM. Firstly,
after the onset of the monsoon during June- September, the surface temperature over the continent is
always colder than the ocean to the south while the summer monsoon is maintained. Secondly, surface
heating to the north alone would produce only a shallow circulation confined to the lower atmosphere
(Schneider and Lindzen 1977) and could not explain the deep vertical circulation associated with the
SAM. However, the seasonal migration of the TCZ is indeed a result of seasonal evolution of the
meridional gradient of tropospheric heating illustrated by the evolution of the mean temperature of the
tropospheric layer between 200 hPa and 700 hPa averaged between 30°E and 110°E (Fig. 3b). The
onset or the ushering in of the south Asian summer monsoon takes place with the reversal of the
meridional temperature gradient. The problem then boils down to understanding the generation and
maintenance of the deep tropospheric heat source in the north. The heating over the Tibetan Plateau
plays an important role in this seasonal evolution of the meridional gradient of heating (Wu and
Zhang 1998, Wu et al. 2002, Yanai et al. 1992) and in triggering the onset of the SAM. It may be
noted that after the onset, the tropospheric temperature (TT) in the north may be affected by the
convective heating associated with the TCZ. The reversal of meridional temperature before the onset
of the monsoon is, however, not affected by the TCZ heating.
As the TCZ associated with the Australian monsoon retreats northwards, the convection over the
maritime continent during April-May, produces subsidence over the Bay of Bengal (BoB) and
Arabian Sea through atmospheric Rossby wave response. The land-ocean surface temperature contrast
during this period does set up cross equatorial near surface flow and results in convergence of warm
and moist air over the Indian continent and the BoB. However, it is capped by the subsidence and a
southward flow of dry and colder air above the planetary boundary layer (PBL). As a result, the
`potential convective instability' builds up during the pre-monsoon months to a high value but cannot
be realized due to the inhibition from the subsidence above the PBL. The change in the sign of
meridional gradient of TT ushers in the setting up of an off-equatorial large-scale deep heat source.
The atmospheric response to such a heat source (Gill 1980) leads to cross equatorial flow and
strengthening of the low level south-westerlies above the planetary boundary layer (PBL). This leads
to the zero absolute vorticity line at lower atmosphere (e.g. 850 hPa) to move north of the equator
(Webster and Tomas 1997) to about 5ON facilitating symmetric inertial instability (Tomas and
Webster 1997, Krishnakumar and Lau 1997, 1998). The change in the sign of meridional gradient of
TT, thus, makes the circulation conducive for symmetric instability that forces frictional boundary
layer convergence, overcomes the inhibition, leads to explosive development of off-equatorial
convection over India and the BoB and ushers in the monsoon onset. Therefore, change in the sign of
the meridional gradient of the TT may be used as a thermodynamic definition of onset of SAM
(Goswami and Xavier 2005). After the onset, the large-scale flow at lower levels (above PBL)
produces a large scale cyclonic vorticity (the monsoon trough) through interactions with the
mountains to the north. This large scale low level cyclonic vorticity helps organize convection and
helps maintain the northern TCZ over the continent.
The second TCZ over the equatorial IO is controlled by SST over the northern IO. The
climatological mean SST during January and July and corresponding depth-longitude section along
the equator are shown in Fig. 6. During the northern summer season, the secondary TCZ over the
ocean is maintained by the meridional gradient of SST over the location of SST maximum at the
eastern equatorial IO (Goswami et al. 1984). The annual cycle of the SST is very important for the
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annual evolution of the monsoon precipitation (Fennessy and Shukla 1994). The SST in the IO is
determined by the net heat flux at the surface and the wind stress forcing (Murtugudde et al. 1996,
Murtugudde and Busalacchi 1999). The wind stress, on the other hand, is largely forced by the latent
heating associated with the precipitation in the TCZ (Fig. 7). Also the cloudiness associated with the
TCZ contributes significantly to the net heat flux at the surface. The net heat flux over the northern IO
(40°E-110°E, Eq.-25°N) is about +80 W m-2 during northern spring and summer (April-October)
while that over the southern IO (40°E-110°E, 30°S-EQ) it is -10 W m-2 (Josey et al. 1998, 1999).
Similarly during northern winter (November-February) it is about +10 W m-2 in the northern IO while
it is about +90 Wm-2 in the southern IO. An annually reversing upper ocean meridional circulation is
required for maintaining the annual cycle of the SST. The Ekman transport associated with the mean
surface winds during summer monsoon season (similar to those in Fig. 1e) is expected to be
southward extending from BoB to south equatorial IO while that associated with surface winds during
northern winter are northward. The seasonally varying monsoon winds, thus, can set up the necessary
meridional circulation in the ocean and maintain the annual cycle of the SST (Loschnigg and Webster
2000). While SST has a strong control on the annual evolution of the TCZ, the precipitation in the
TCZ has a strong control on the evolution of the SST. Thus, significant air-sea interaction is involved
with the MAC. Unlike in the Pacific, this air-sea interaction is modified by the interaction with the
land surface processes to the north and the east. How unstable is this air-sea interaction? What is the
role of external forcing (e.g. Solar forcing) in limiting this air-sea interaction? Can rectification of the
air-sea interaction on the annual time scale lead to interannual variability of the SAM? Answers to
questions like these are not available as the coupled GCMs are not yet able to simulate the mean
annual cycle of the precipitation and SST in this region with reasonable fidelity.
3. Synoptic Disturbances and Medium Range Prediction
The synoptic activity during the summer monsoon season consists of lows and depressions that
determine the day to day variability of precipitation. Efforts to improve GCMs for improved medium
range prediction of these events must continue. However, it has been noted (Kumar and Dash 2001)
that the number of occurrence of lows during the summer monsoon season has steadily increased over
the last two decades while that of depressions has steadily decreased over the same period keeping the
sum of lows and depressions during the summer monsoon season approximately unchanged. There is
need to understand this interdecadal change in the characteristic of monsoon synoptic variability.
There is some suggestion (Dash et al. 2004) that change in the background mean flow associated with
tropical interdecadal variability (Krishnamurthy and Goswami 2000a, Goswami 2005) may be
responsible for this. This implies that the predictability monsoon weather may have gone down in the
recent decades making the prediction of day to day fluctuations more difficult in recent years. This
conjecture needs to be tested through predictability experiments with GCMs.
4. Intraseasonal Variabilities of the SAM
With the availability of the satellite data (e.g. NOAA OLR, TMI SST, QuikSCAT surface winds
etc.) and reanalysis products (NCEP/NCAR and ERA), better description of spatio-temporal
characteristics of monsoon intraseasonal oscillations (ISOs) have evolved over the past decade or so.
Such observations have revealed that the active and break of SAM or the wet and dry spells over the
Indian continent, are manifestation of repeated northward propagation of the TCZ from the equatorial
position to the continental position (Sikka and Gadgil 1980, Yasunari 1979) and results from
superposition of a 10-20 day and a 30-60 day oscillations. Both the 10-20 day oscillation and the 3060 day oscillation contribute roughly equally to the total intraseasonal variability (ISV) in the SAM
region. While 30-60 day oscillation has a very large zonal scale encompassing both the SA and the
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EA/WNP monsoon regions, the 10-20 day oscillation has a smaller zonal scale and is regional in
character. The 30-60 day mode is characterized by a northward propagation while the 10-20 day mode
is characterized by a westward propagation. The spatial scale of the dominant ISO and the meridional
circulation associated with it are shown in Fig. 8 and compared with spatial structure of the seasonal
mean and the mean regional monsoon Hadley circulation. The large scale spatial of the dominant ISO
mode and its similarity with that of the seasonal mean is evident from Fig. 8. It indicates that relative
frequency of occurrence of active and break phases could influence the seasonal mean and contribute
to the interannual variability (IAV) of the SAM.
Major advances have been made during the past two decades in understanding the temporal scale
selection and northward propagation of the 30-60 day mode and temporal scale selection and
westward phase propagation of the 10-20 day mode (see Goswami 2005, Wang 2005 for detail). Two
mechanisms seem to contribute to the temporal scale selection of the 30-60 day mode. One is a
'convection-thermal relaxation feedback mechanism' (Goswami and Shukla 1984), according to which
convective activity results in an increase of static stability which depresses convection itself. As
convection dies, dynamical processes and radiative relaxation decreases moist static stability and
brings the atmosphere to a new convectively unstable state. This mechanism does not involve wave
dynamics and may be responsible for the northward propagating 30-60 day oscillations not associated
with eastward propagation of convection in the equatorial region. The other mechanism involves
eastward propagation of convection the equatorial IO in the form of a Kelvin wave and westnorthwest propagation of Rossby waves emanated from the equatorial convection over the western
Pacific (Wang and Xie 1997). The time scale is determined in this case by propagation time of the
moist Kelvin wave from the eastern IO to western Pacific and that of the moist Rossby waves from
western Pacific to the Arabian Sea where they decay and a new equatorial perturbation is generated. A
model to explain the physical mechanism for the selection of period, wavelength and westward phase
propagation of the quasi-biweekly mode (or the 10-20 day mode) was not available till recently.
Chatterjee and Goswami (2004) proposed a unified model that explains the spatial structure
(wavelength), period and westward phase speed of both summer and winter 10-20 day oscillation or
the quasi-biweekly mode (QBM). It is demonstrated that the QBM is a n = 1 equatorial Rossby wave
with about 6000 km wavelength and period of 14-16 days driven unstable by convective feedback
involving boundary layer convergence that is shifted to the north (south) of the equator
(approximately by about 5 degrees) by the summer (winter) background mean flow.
With the availability of high resolution reliable SST from satellite on daily time scale and time
series data from some moored buoys in the Bay of Bengal (Sengupta and Ravichandran 2001b) it
became clear that the ISV of SST over the north IO has large amplitude and large spatial scale similar
to that of the atmospheric ISV (Sengupta et al. 2001). Coherent northward propagation of
intraseasonal SST, surface wind speed, net heat flux at the surface and OLR (or precipitation) are
found (Sengupta et al. 2001). It is also noted that there exist a quadrature phase relationship between
northward propagation of SST and precipitation on the 30-60 day time scale. A reasonable estimate of
intraseasonal variation of net heat flux at the surface (made possible by availability of reliable SST
from TMI, surface winds from QuikSCAT and NOAA OLR on daily time scale) showed that ISV of
heat flux is a major driving for the ISV of SST over most of the tropical IO although advection and
entrainment play roles in the equatorial IO and the Somali current region. Coupled modeling studies
(Fu et al. 2003, Zheng et al. 2004, Rajendran et al. 2004) demonstrate that air-sea interaction is
required to explain the observed space-time spectra of summer ISO in SST and precipitation.
The monsoon ISOs are a crucial building block of the ASM. Through multi-scale interactions
with synoptic activity on one hand and the seasonal cycle on the other, they determine not only the
probability of occurrence of daily precipitation but also the IAV of the seasonal mean. The horizontal
structure of low level winds associated with the summer monsoon 30-60 day mode (Fig. 8b) also have
large scale and are similar to that of the seasonal mean (Fig. 8a). Therefore, the meridional shear of
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the low level zonal winds and cyclonic vorticity at 850 hPa are significantly enhanced (weakened)
during an active (break) phase of the ISO. Hence, conditions for cyclogenesis are much more
favorable during an active phase compared to a break phase. Do the monsoon ISOs modulate the
synoptic activity in the region during northern summer? Using genesis and track data for low pressure
systems (LPS) for 40 years (1954-1993), (Goswami et al. 2003) show that genesis of an LPS is nearly
3.5 times more favorable during an active condition (147 events corresponding to normalized ISO
index > +1) compared to a break condition (47 events corresponding to normalized ISO index < -1) of
the monsoon ISO. They also show that the LPS are spatially strongly clustered to be along the
monsoon trough region during an active condition (Fig. 9). Since the day to day fluctuation of
precipitation is essentially governed by these synoptic activities, the ISO phase modulates the
probability of occurrence of daily precipitation. We noted earlier that the spatial structure of the 30-60
day mode is similar to that of the seasonal mean (Fig. 8), strengthening (weakening) the seasonal
mean in its active (break) phases. Thus, the ISOs also have the potential to produce IAV of the
seasonal mean precipitation. This point will be discussed in detail in the next section.
5. Interannual Variability of the SAM
The interannual variability of the SAM monsoon is indicated in Fig. 4b. The interannual
variability of the SAM is rather modest with the interannual standard deviation being about 10% of
the long-term seasonal mean. However, larger excess or deficit of all India rainfall are associated with
large spatial scale covering most of the country (Shukla 1987). Extremes in monsoon rainfall leads to
devastating floods and droughts (Shukla 1987, Mooley and Shukla 1987, Webster et al. 1998, Sikka
1999) leading to enormous economic loss and human misery. Therefore, understanding of the
physical processes responsible for the observed IAV of SAM is crucial for advancing the capability
for predicting the IAV.
One notable connection with the IAV of the SAM is that with the ENSO. There is a tendency for
the El Nino's to be associated with droughts and La Nina's to be associated with above normal
conditions over India. While a connection between the SAM and the ENSO exits, it is not very strong.
It is worth noting here that many droughts and floods of the SAM occur without El Nino or La Nina.
Since the pioneering work of Sir Gilbert Walker (Walker 1924), this influence of the ENSO on the
SAM has been investigated (Sikka 1980, Rasmusson and Carpenter 1983a, Shukla 1987). This
interaction is primarily through the change in the equatorial Walker circulation influencing the
regional Hadley circulation associated with the Asian monsoon (Webster 1998, Goswami 1998, Lau
and Nath 2000). The lag correlation between SAM rainfall and ENSO SST (Fig. 10) shows that the
ENSO affects the SAM rainfall in its evolving phase, the maximum correlations being with eastern
Pacific SST following the SAM. This prompted the possibility of SAM influence on the ENSO itself.
The strong heat source associated with the SAM could influence the atmospheric circulation and
could modify the surface stresses over the central and western Pacific and influence the strength and
evolution of the ENSO (Yasunari 1990, Chung and Nigam 1999, Kirtmann and Shukla 2000).
However, ASM is an off equatorial heat source. Hence, its equatorial low level wind response
sufficiently away from the source may not be very strong (Goswami and Jayavelu 2001). These
independent studies of ENSO influence on the ASM and ASM influence on the ENSO, made it clear
that the ENSO and the ASM are not independent phenomena but part of a coupled ocean-atmosphere
oscillation. This recognition led to recent studies with coupled ocean-atmosphere GCMs (Loschnigg
et al. 2003, Wu and Kirtman 2004, Yu et al. 2003) and demonstrated that air-sea interaction involving
ASM and the ENSO actually leads to a tropical biennial oscillation (TBO) of the ASM. A plausible
mechanism through which ocean-atmosphere coupling leads to a TBO may be described as follows
(Wu and Kirtman 2004). A strong ASM during JJA can enhance surface easterlies in the central
equatorial Pacific, induces an eastward propagating upwelling Kelvin wave and gives rise to negative
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SST anomalies in the eastern Pacific that amplifies through air-sea interactions. Colder SST in the
eastern Pacific is also associated with warmer SST in the western Pacific. A strong ASM also cools
the Indian Ocean through enhanced evaporation and upwelling. Associated intensification of the
Walker circulation leads to divergence of moisture supply in the western Indian Ocean. Reduced
moisture supply at low levels together with upper level subsidence leads to a weaker ASM during the
next summer. A weak ASM induces opposite affects and can lead to a stronger monsoon next year.
Thus, the ocean-atmosphere interaction generates IAV of the ASM via generation of TBO signal.
The biennial tendency of IAV of the ASM also has been known for a long time (Mooley and
Parthasarathy 1984, Yasunari 1990, Clarke et al. 1998, Webster et al. 1998, Meehl and Arblaster
2002) and recognized as manifestation of the TBO. Various mechanisms have been proposed for the
TBO (e.g. Nicholls 1978, Meehl 1987, Meehl 1993, Clarke et al. 1998, Goswami 1995, Chang et al.
2000). The modeling studies mentioned above provides a synthesis of the TBO studies and the
ENSO-monsoon connection studies and shows that they are linked and part of the same air-sea
coupled oscillation involving both the IO and the Pacific basins.
Another large scale forcing that seem to influence the IAV of the SAM is the snow cover over
Eurasia. Starting with (Blanford 1884), several studies (Hahn and Shukla 1976, Dey and Bhanukumar
1982, 1983, Dickson 1984, Ropel 1984, Yang et al. 1996, Rao et al. 1996) find a weak negative
correlation between snow cover over Eurasia and intensity of the SAM. However, due to the brevity
of available records, the statistical significance of these results is marginal as some depend on data for
a decade or less. The physical basis for such a relationship is considered to be the following. The net
effect of the increased snow cover generally over the central and southern Eurasia is to lessen the
land-ocean temperature contrast and decrease the strength of the SAM. However, as we mentioned in
Section 2 the land-ocean surface temperature contrast paradigm is inadequate to explain either the
SAM precipitation or the deep vertical structure of its circulation. Using surface temperature, soil
moisture and snow cover record from 1870 to 2000, (Robock et al. 2003) find that Indian monsoon
rainfall and snow cover anomalies over Eurasia to be positively correlated. The SAM is not driven by
the land-sea surface temperature gradient but by the tropospheric temperature gradient. In fact Liu and
Yanai (2001) find a significant positive correlation between March-April-May (MAM) upper
tropospheric temperature over Western Europe and All India monsoon rainfall (AIR). Thus, neither
the observational evidence of the Eurasian snow- monsoon connection is robust nor the physical
mechanism through which Eurasian snow influence the SAM is well established.
In addition to the ENSO related ocean-atmosphere interaction, local warm-ocean atmosphere
interaction over the Indian Ocean (IO) and western north Pacific can also give rise to IAV of the
MAC. Recently discovered Indian Ocean dipole mode (IODM, Saji et al. 1999, Webster et al. 1999)
is a good example of manifestation of such air-sea interaction. This mode is not an equatorially
confined zonal mode. The SST dipole is coupled with the south IO anticyclonic anomalies. In the
presence of the summer monsoon background flow, the ocean to the east of the anticyclone near
Sumatra cools due to coastal upwelling, evaporation and entrainment. Reduction of convection
associated with the cooling excites westward propagating descending Rossby waves and reinforces
the anticyclone (Li et al. 2003, Wang et al. 2003). This air-sea interaction also contributes to a quasibiennial signal of the monsoon (Loschnigg 2003, Li et al. 2003). Similar warm ocean-atmosphere
interaction involving the western north Pacific (WNP) anticyclone leads to IAV of the EAM (Wang et
al. 2003). The direct contribution of the IODM to the IAV of the SAM is unclear at this time.
However, through the generation of the TBO, the IODM may indirectly contribute to the IAV of the
SAM.
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6. Interdecadal Variability of the SAM
As seen in Fig. 4 (dotted line), the SAM precipitation does not seem to have any climatic trend
but has epochs of roughly three decades when the precipitation has the tendency to be more above
than below normal followed by a roughly three decades when it has the tendency to be more below
than above normal. The large scale circulation changes associated with the interdecadal variability
may lead to change in teleconnection patterns in these time scales. For example, the ENSO-monsoon
relationship is known to undergo low frequency variations in these time scales. It may be noted from
Fig. 10 that the simultaneous as well as the lag relationship between AIR and Nino3 SSTA has
undergone major changes during the recent years compared to earlier decades. Our understanding of
the interdecadal variability of the SAM remains much poorer than our understanding of the MAC and
its intraseasonal and interannual variabilities. These issues will be discussed in some detail in The
South Asian Monsoon: 'Interdecadal Variability' in this volume and hence we shall refrain from
discussing them in detail here.
7. Simulation and Prediction of the Seasonal Mean SAM
Over the last couple of decades, the climate models have improved steadily in simulating the
mean global climate (Gates 1999) and a conceptual framework for predicting the tropical climate has
also been established (Charney and Shukla 1981, Shukla 1981, Shukla 1998). Following the seminal
work of Charney and Shukla (1981), a series of sensitivity studies with climate models (Lau 1985,
Kumar and Hoerling 1995, Fennessy and Shukla 1994, Shukla and Wallace 1983a, Anderson et al.
1999) have established that the interannual variability of the tropical climate is largely driven by
slowly varying anomalous boundary conditions (ABC) and is much less sensitive to initial conditions
and hence more predictable compared to the extra-tropical climate. While this conclusion is generally
true over large part of the tropics, it has also come to light over the last decade that the summer
climate over the Asian monsoon region appears to be an exception within the tropics, simulation of
which is quite sensitive to initial conditions (Sperber and Palmer and Sperber 1996, Krishnamurthy
and Shukla 2000, Cherchi and Navarra 2003, Brankovic and Palmer 2000, Sperber et al. 2001). The
current skill of most atmospheric GCMs with perfect boundary conditions in predicting Asian summer
monsoon precipitation is, however, insignificant (e.g. Wang 2004, Kang et al. 2004). The correlation
between observed and simulated JJAS precipitation simulated by the LMD GCM based on 5
ensemble of 20 year simulations with observed SST as boundary conditions is shown in Fig. 11a. It is
clear from the figure that while there is considerable skill in simulating (and predicting) the summer
precipitation over a large part of the deep tropics, the skill is nearly zero or negative over the Asian
monsoon region. Sensitivity of simulation of the seasonal mean to initial conditions indicate that the
interannual variability of the seasonal mean is governed partly by 'internal' low frequency (LF)
variability in addition to contribution from the ABC. Multi-model super ensemble (Krishnamurti et al.
2003) has been shown to be successful in correcting the systematic biases of the individual models to
a large extent and improving the skill of weather prediction as well as seasonal mean climate
prediction. Figure 11b shows anomaly correlation between individual coupled GCM forecasts of JJAS
precipitation over the ASM region from the FSU Coupled GCM (Krishnamurti et al. 2002) and
observation together with that between the super ensemble forecast and observation. While the super
ensemble does improve the skill of the forecasts, the skill of summer monsoon precipitation forecasts
is still not useful. Even the latest DEMETER project (Palmer et al. 2004) where multi-model
ensemble was created from nine ensemble predictions with seven different coupled GCMs, correlation
between predicted and observed JJA precipitation over the ASM region to be about 0.39. This is still
below useful skill.
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In light of some of the major achievements in climate modeling, the failure in predicting the mean
south Asian summer monsoon has remained the single major hurdle. Why is dynamical prediction of
seasonal Asian monsoon so difficult, when the skill of dynamical prediction of seasonal climate over
a large part of the tropics has steadily improved over the last decade and showing good promise? Is it
because the simulation of the mean Asian summer monsoon by GCMs are still too poor and the
systematic biases are still too large? Most climate models still have large systematic bias in simulating
the seasonal mean SAM precipitation (Gadgil and Sajani 1998, Kang et al. 2002b). Or, is there a more
fundamental reason for the poor predictability of the Asian monsoon?
Several recent studies attempted to estimate the potential predictability of the summer monsoon
by making estimate of 'internal' variability from modeling studies (Goswami 1998, Cherchi and
Navarra 2003, Kang et al. 2004, Molteni et al. 2003) and from observations (Ajayamohan and
Goswami 2003). Almost all these studies indicate the contribution of the 'internal' component to IAV
of the summer monsoon is as large as or larger than that from the 'external' component over the Asian
monsoon region. We use zonal winds at 850 hPa from NCEP/NCAR reanalysis data for the period
between 1979 and 2002 and estimate the 'internal' variance of the monthly means during northern
summer using the method described in Ajayamohan and Goswami (2003) and potential predictability
is estimated as a ratio (F) between 'total' interannual variance and 'internal' variance and is shown in
Fig. 12a. The predictability over the Asian summer monsoon region is poor as the F ratio is less than
or close to 2 over the region indicating that the 'internal' variance is comparable to or larger than
'external' variance. A similar F ratio between the the 'total' interannual variance of the seasonal mean
(JJAS) precipitation and the 'internal' variance simulated by an AGCM (the LMD GCM, Sadourny
and Laval 1984) from a five member ensemble simulation of 20 year duration, all forced by observed
SST as boundary condition but differing only on initial conditions, is shown in Fig. 12b (Xavier et al.
2004). This figure also indicates that the F ratio for precipitation during northern summer (JJAS) over
the Asian monsoon region is less than or close to 2. Thus, indeed there is a fundamental reason for
poor predictability of the Asian summer monsoon. This is because as the predictable signal ('external'
variance coming from slow oscillations of the coupled system) is weak over this region and
comparable to the unpredictable noise ('internal' variance) over the region.
8. Scale Interactions and Limit on Predictability of the Seasonal Mean SAM
As the 'internal' variability is responsible for limiting the predictability of the seasonal mean SAM
precipitation, the question naturally arises, why is the 'internal' variability is large over the ASM
region and what is responsible for the internal IAV of the SAM? The 'internal' variability of the
seasonal mean largely arise from variability of ISO activity. How does the ISOs influence the
seasonal mean and its IAV? The ISOs could influence the seasonal mean if two criteria are fulfilled.
Firstly, the spatial structure of the dominant ISO mode should be similar to that of the seasonal mean
and secondly the frequency of occurrence of the positive and negative phases should be asymmetric.
If the spatial structure of the dominant ISO mode is similar to that of the seasonal mean and if the
ISOs induced IAV of the seasonal mean, the spatial structure of the IAV of the seasonal mean and that
of the ISO should also be similar. The possibility is tested with precipitation from NCEP/NCAR
reanalysis. Precipitation data from NCEP/NCAR reanalysis between 1948 and 2002 are used in order
to get enough statistics of interannual variability of the seasonal mean monsoon. Summer ISOs are
extracted from 10-90 day filtered precipitation during June 1 and September 30. A reference time
series is created from 10-90 day filtered precipitation between June 1 and September 30 averaged over
70°E-90°E, 10°N-30°N. Active (break) days are identified from the reference time series normalized
by its own standard deviation being greater than + 1 (< -1). The spatial structure of the dominant ISO
mode is shown in Fig. 13a obtained from a composite of active minus break conditions from all years.
The spatial structure of the IAV of Asian summer monsoon is shown in Fig. 13b constructed from
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composite of six strong monsoon years minus four weak monsoon years. The similarity between the
two patterns (pattern correlation is 0.75) indicates that the intraseasonal and interannual variations of
the summer monsoon are governed by a common spatial mode of variability. Several earlier studies
(Fennessy and Shukla 1994, Ferranti et al. 1997, Ajayamohan and Goswami 2000, Sperber 2001,
Molteni et al. 2003) have also noted that a common mode of spatial variability governs the
interannual and intraseasonal variations of the Indian summer monsoon. We, then, ask whether the
probability of occurrence of the positive and negative phases of intraseasonal variability of
precipitation is distinctly different in strong and weak monsoon years. Frequency distributions of 1090 day filtered precipitation anomalies between June 1 and September 30 averaged over 70°E-90°E,
10°N-30°N for six strong monsoon years and for 4 weak monsoon years are shown in Fig. 14a, and
14b respectively. The distribution is significantly biased toward positive (negative) side of anomalies
during strong (weak) monsoon years. Thus, asymmetry in the frequency of occurrence of the active
and break conditions is associated with stronger or weaker monsoons. This is essentially a quasilinear
mechanism in which the residual of the ISO anomalies over the season is well correlated with the
seasonal mean. However, contributions from individual ISO modes or seasonal mean of 10-20 day
filtered or 30-90 day filtered anomalies do not correlate well with the seasonal mean (Goswami and
Xavier 2005). The aperiodicity or the broad-band nature of the spectrum (10-90 days) of the ISOs is
crucial for the asymmetry in the frequency of occurrence of the active/break conditions. The
aperiodicity, in turn, arises due to nonlinear interactions among the dominant intraseasonal modes
with higher frequency disturbances. Hence, this mechanism implicitly involves some nonlinear scale
interactions. Thus, the monsoon ISOs that are essentially driven by internal dynamics are responsible
for generating enough 'internal' IAV of the SAM and limiting its predictability.
There is also an essentially nonlinear mechanism through which the ISOs could influence the
seasonal mean precipitation. The regions of high (low) climatological mean ISO activity during
summer coincide with high (low) climatological mean precipitation (Fig. 15a, b). Also interannual
variation of ISO activity (Fig. 15d) seems to have a reasonable correspondence with that of seasonal
mean (Fig. 15c). How does ISO activity lead to IAV of the seasonal mean? It appears that this is due
to the chaotic nature of the summer ISOs under the influence of an annually varying forcing
(seasonally varying background mean flow). The attractor for the summer ISOs under the typical
summer forcing is complex with multiple quasi-equilibrium basins. The initial condition with which
the system enters the chaotic regime determines higher residence time around one of the quasiequilibriums and the seasonal mean. Depending on the initial condition with which it enters the
chaotic regime in different years, different seasonal means can be realized (Lorenz 1990).
9. Predictability and Prediction of Summer Monsoon ISOs
As noted in the previous two sections, the predictability of the seasonal mean monsoon
precipitation seems to be limited primarily due to the fact that the predictable signal in the IAV of the
SAM is weak while the unpredictable noise in the IAV of the SAM is significant. In contrast, the
amplitude of the ISV (i.e. the signal) is much larger than that of IAV of the SAM. This is illustrated in
Fig. 15 where the climatological mean ISO activity in precipitation during the summer season and the
standard deviation of IAV of JJAS mean precipitation are shown together with the climatological
mean JJAS precipitation. Two important points may be noted from this figure. Firstly, the amplitude
of ISV over the ASM region is 3-4 times larger than the amplitude of IAV. Even in SST over the
north Indian Ocean, the amplitude of ISV (e.g. Sengupta et al. 2001) is much larger than the
amplitude of IAV of SST in the region. The other point to note is the close similarity in the spatial
distribution of ISV and IAV of precipitation. As mentioned in the two previous sections, it indicates
that the ISOs possibly influence the seasonal mean in some nonlinear manner. While the seasonal
mean monsoon precipitation may remain a difficult system to predict, the fact the intraseasonal signal
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is strong together with the fact that the monsoon ISOs are associated with quasi-periodic oscillations,
indicate high potential predictability of the ISO phases beyond the medium range weather prediction.
Estimates made by (Goswami and Xavier 2003a, Waliser et al. 2003) show potential predictability of
the break phase of monsoon ISO to be about three weeks while that of the active phase being smaller.
Earlier, (Lo and Hendon 2000, Mo 2001, Jones et al. 2004) demonstrated usefulness of empirical
techniques in making useful prediction of the ISO phases. Built upon these work and using only
precipitation (including contribution from 10-20 day mode) as predictor (Goswami and Xavier 2003a)
developed a simple empirical model and show that monsoon breaks could be predicted up to 20 days
in advance with useful skill. Webster and Hoyos (2004) also use an empirical technique but use a
number of other predictors and demonstrate highly significant skill of prediction of the ISO phases up
to 25 days in advance. This demonstration of ability to predict the dry and wet spells of the SAM
three weeks in advance represents an important advance SAM research. More detailed discussion on
this topic is contained in the article by Duane Waliser on Intraseasonal Variability and in the article by
Peter Webster on Forecast of Intraseasonal Oscillations in this volume.8. Summary of Outstanding
Issues.
10. Summary of Outstanding Issues
Advances made in our understanding of the seasonal cycle, intraseasonal and interannual
variabilities of the SAM have been highlighted. In this section, we summarize some of the outstanding
problems and indicate some future directions.
The land-ocean surface temperature contrast model of the SAM is inadequate to explain the
sustained precipitation during the SAM season and its vertical structure. A simple diagnostic model of
the monsoon has been proposed by (Srinivasan 2001) based on constraints imposed by energy and
moisture balance in a vertical column of the tropical atmosphere that is able to simulate the seasonal
variation of rainfall over India, Africa and south America well without explicitly invoking the concept
of land-sea contrast in temperature. While such a model may not be useful for predicting the
monsoon, it may be useful in diagnosing cause for systematic bias in AGCMs in simulating the SAM
climate.
There is indication that the climatological mean MAC is also determined to a large extent by airsea interactions and modified by land surface processes. However, a clear elucidation of the air-sea
interaction process in the climatological me MAC is not currently available. Careful experiments with
AGCMs, OGCMs and coupled GCMs are required to unravel these processes.
A zero-order theory for scale selection and northward propagation of the monsoon ISOs is now
available. However, observations indicate that the monsoon ISOs are not regular sinusoidal
oscillations. In fact, there is considerable event to event variability as well as year to year variability.
For better simulation and prediction of the ISOs, it is important to understand the cause of the
variabilities of the ISOs. Is air-sea interaction crucial for the existence of the summer monsoon ISOs?
Most AGCMs do simulate some form of summer ISO, although the simulated amplitude and
northward propagation may not match with observations. It appears that the summer ISO can be
generated by feedbacks within the atmosphere, the space-time spectra of which are modified by airsea interactions. However, quantitative estimate of this modification of the space-time spectra is not
available due to systematic bias of the coupled GCMs. Also it is unclear how the SST feeds back to
convection over the warm waters of north IO.
Probably the most important outstanding problem is the extremely poor skill of prediction of the
seasonal mean SAM precipitation by all GCMs. Serious effort is required to improve this situation.
Part of the problem comes from systematic bias of the models in simulating the summer mean
climatology. Some evidence has been shown that skill of predicting SAM precipitation enhances with
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bias correction (Kang et al. 2004) and through use of super ensemble techniques (Krishnamurti et al.
2000, 2002). However, skill is still not useful. Therefore, vigorous effort in improving the SAM
climate needs to be taken up.
The other factor that impedes prediction of seasonal mean SAM precipitation is the fact that the
‘external’ variability (amplitude of the forced component) is rather small in this region while the
amplitude of the ‘internal’ variability is large. This means that the skill of prediction also depends on
the model's ability to simulate the slow 'external' component of the IAV correctly. Since the signal is
rather weak, a small error in simulation of the 'external' forced component in either amplitude or
location may provide the 'internal' variability undue importance causing degradation of prediction.
Currently most AGCMs have large systematic bias in simulating the ENSO related forced variability
over the Asian monsoon region. Serious effort is also required to identify cause of these biases in
models and to improve this situation.
In addition to these factors, warm ocean-atmosphere interactions also contribute to the problem of
monsoon predictability. Observations indicate that on seasonal time scale, the SST has a negative
feedback with precipitation over the eastern Indian and west-north Pacific warm pool. However,
AGCMs forced with observed SST produces a positive precipitation response. Therefore, AMIP type
models are not adequate for predicting SAM precipitation. Coupled ocean-atmosphere models would
be required for achievement of better prediction skill of seasonal mean SAM precipitation. However,
most CGCMs currently have large systematic bias in simulating the annual cycle over the Asian
summer monsoon region. Improvement of this systematic bias is crucial before better skill of seasonal
prediction could be achieved.
Since the 'internal' variability is caused by the ISOs, models must simulate the statistics
(amplitude, phase propagation and frequency spectra) of the ISOs correctly. It has come to light in the
last couple of years that certain amount of air-sea interactions are involved with the summer ISOs.
Therefore, ideally a coupled ocean-atmosphere model would be desirable for correct simulation of the
observed characteristics of the summer ISOs. However, the coupled models have their own systematic
bias in simulating the mean climate. The systematic bias of the coupled model could influence the
statistics of the simulated ISOs. Therefore, it is not obvious that a coupled GCM would automatically
improve the simulation of the ISOs. However, air-sea coupling associated with the ISOs also raises an
interesting issue. If the air-sea coupling introduces certain amount of constraint on the ISOs, would it
also introduce constraint on the 'internal' variability and possibly make it more predictable?
Systematic studies by coupled and uncoupled AGCMs are required to answer these questions.
A high resolution regional climate model embedded in a lower resolution global coupled GCM
may be argued as a possibly better tool for predicting the seasonal mean SAM precipitation as such a
model may have lesser systematic bias in simulating the regional distribution of seasonal mean
precipitation. It would, however, depend on the nature of the ISO variability simulated by the regional
model. It is possible that such a model may simulate more vigorous ISOs and more vigorous ‘internal’
IAV. Thus, it is not obvious that using such a model will solve the monsoon prediction problem. It is
important to estimate the ‘internal’ IAV of the monsoon in such a high-resolution regional model
embedded in a lower resolution global GCM. Such an estimate has not been done so far.
The ISOs emerge as a major building block of the SAM. On one hand, they modulate the day to
day precipitation by clustering the synoptic activity and on the other hand they produce 'internal' IAV
of the seasonal mean precipitation and limit its predictability.
The establishment of extended range predictability of the ISO phases and the demonstration with
simple empirical models that the dry and wet phases of ISO could be predicted up to three weeks in
advance is a major development. Application of this technique to smaller regions within the country
will be highly useful for agriculture planning and water management.
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Figure 1. Climatological mean precipitation (mm day-1) based on CMAP during (a) boreal winter (DJF) and (d)
summer (JJAS). (b) and (e), same as (a) and (d) but for winds ms-1 at 850 hPa based on NCEP reanalysis. The
contour interval for isotachs is 2 ms-1 with minimum contour being 2. (c) and (f) are similar to (b) and (e) but for
winds at 200 hPa. The contour interval for isotachs is 5 ms-1 with minimum contour being 5. For better depiction
of the subtropical westerly jet stream in winter and the Tibetan anticyclone in summer, a larger meridional
domain is used for the 200 hPa winds (c,f).

Figure 2. Amplitude of climatological mean annual cycle (AC) as defined by JJA minus DJF climatological
means of (a) precipitation (mm day-1), (b) zonal wind at 850 hPa (ms-1) and (c) meridional wind at 850 hPa (ms1
).
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Figure 3. (a) Annual evolution of the ITCZ over the Indian monsoon region, defined by climatological
precipitation (mm day-1) averaged between 70°E and 90°E (shaded) and kinetic energy (thick solid line) of the
LLJ (winds at 850 hPa averaged over 50°E-65°E, 5°N-15°N). (b) Annual evolution of climatological mean
temperature averaged between 200 hPa and 700 hPa and averaged over the AA monsoon region between 30°E
and 110°E in degree Celsius.

Figure 4. (a) Illustration of synoptic , intraseasonal and interannual variability with daily rainfall between June 1
and September 30 for three years over central India. (b) Interannual variability of seasonal mean all India
rainfall (AIR) over a longer period normalized by its own standard deviation (bar). Normalized interdecadal
variability of AIR (solid line).
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Figure 5. Annual evolution of anomaly of climatological (a) precipitation, (b) surface wind speed, (c) SST
averaged between 80°E-120°E. All fields are repeated for two years for clarity.

Figure 6. Climatological SST distribution over the north Indian Ocean for (a) January and (b) July.
Corresponding vertical cross of temperature along the equator are shown in (c) and (d) respectively.
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Figure 7. Climatological mean precipitation from CMAP (shaded) and surface winds from NCEP reanalysis
during (a) January, (b) April, (c) July and (d) October.

Figure 8. (a) Climatological mean JJAS precipitation and 850 hPa winds, (b) Active minus break composite of
intraseasonal anomalies (10-90 day filtered) of precipitation and 850 hPa winds , (c) Climatological mean
meridional circulation (monsoon Hadley circulation, MH) constructed with meridional winds and negative of
pressure vertical velocity averaged over 70°E-100°E, (d) Anomalous meridional circulation similar to (c)
associated with active minus break composites.
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Figure 9. Tracks of LPS for the period 1954-1983 during extreme phases of monsoon ISO.(a) 'Active' ISO phase
(MISI > +1) and (b) 'Break' ISO phase (MISI < -1). Monsoon ISO index (MISI) used here is 10-90 day filtered
relative vorticity during the summer monsoon season (1 June -30 September) averaged over (80°E-95°E, 12°N22°N). Dark dots represent the genesis point and the lines show their tracks. Large number of LPS during active
phase are strongly clustered to be along the monsoon trough (MT). The few LPS that form during breaks clearly
avoid the MT region and form either near the foothills of Himalaya or off the western coast and move westward.
(after Goswami et al. 2003, (c) American Geophysical Union)

Figure 10. Lag correlations between AIR and Nino3 SSTA. The solid line is based on data from 1871 to 1977
while the dotted line is based on data between 1979 and 2002.
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Figure 11. (a) Correlations between predictions of JJA precipitation for 21 years and observations where each
prediction is a mean of a 10 member ensemble of predictions ( from Kang et al. 2004, Copyright American
Meteorological Society), (b) Correlations between ensemble mean ( from 5 member) simulation of JJAS
precipitation by LMD GCM and observation for a 20 year period (Xavier et al. 2004).

Figure 12. Estimate of predictability for (a) zonal winds at 850 hPa and (b) precipitation during northern
summer (JJAS). (a) Ratio (F) between 'total' interannual variability of monthly means during June-September
and 'internal' variability of zonal winds at 850 hPa based on daily NCEP/NCAR reanalysis data between 1979
and 2002. (b) Ratio (F) between 'total' interannual variability of JJAS seasonal mean precipitation from a 5
member ensemble of 20 years simulation of LMD GCM and estimate of 'internal' variability of the seasonal
mean.
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Figure 13. (a) Spatial pattern of dominant ISO mode in precipitation (mm day-1). Composite of all 'active' minus
'break' conditions 10-90 day filtered precipitation between June 1 and September 30 for the period between 1979
and 2002. (b) Spatial pattern of dominant IAV of Asian monsoon. Composite of 'strong' minus 'weak' JJAS
precipitation based on six 'strong' and four 'weak' years. See text for definition of ' active'/'break' conditions. The
strong (weak) monsoon is selected from normalized time series of JJAS precipitation averaged over the area
between 70°E-90°E, 10°N-30°N being greater than 1.25 (< -1.25) standard deviation.

Figure 14. Frequency distribution of 10-90 day filtered precipitation anomalies averaged over 70°E-90°E, 10°N30°N for (a) six strong monsoon years between June 1 and September 30 normalized by its own standard
deviation. (b) same as (a) but for 4 weak monsoon years from NCEP/NCAR reanalysis.
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Figure 15. (A) Climatological mean JJAS precipitation. All units are in mm/day. Based on CMAP data between
1979 and 2002. (B) Amplitude of ISO activity during northern summer Climatological mean standard deviation
of 10-90 day filtered precipitation between 1 June and 30 September. (C ). Amplitude of IAV of seasonal mean,
standard deviation of IAV of the JJAS mean precipitation (D) IAV of ISO activity. Interannual standard
deviation of standard deviation of 10-90 filtered precipitation during 1 June-30 September.
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1. Introduction
The monsoon area of the world is traditionally defined in terms of the annual reversal of the steady
wind regime (Ramage 1971) and a contrast between a rainy summer and a dry winter (Wang 1994,
Webster et al. 1998, Trenberth et al. 2000). The most energetic Asian-Australian monsoon (A-AM)
covers a vast domain: 40°-170°E and 30°S to 40°N (Ramage 1971) and displays great diversity in its
climatology and variability due to differing land-ocean configuration and topographic forcing. The
strongest monsoon is encompassed in the Indian sector. However, the monsoons in the East Asia (EA)
and western North Pacific (WNP) regions are an essential part of the integral A-AM system.
The terminology that thus far used to describe the summer monsoon over the East Asian sector has
not been unified. The ‘East Asian monsoon’ (EAM) was sometimes specifically referred to as the
subtropical monsoon in the EA region primarily between 20°N and 40°N and from 100°E to 140°E
(e.g., Zhang et al. 1996). However, the South China Sea (SCS) region was also often considered as a
part of EA monsoon (Ding 1992). The term WNP monsoon (WNPM) was referred to the maritime
monsoon primarily over the Philippine Sea and its vicinity (Murakami and Matsumoto 1994). Of note is
that while the SCS monsoon has intimate connection with the EA subtropical monsoon, it is primarily a
tropical monsoon and sometimes is viewed as a portion of the WNPM (Wu and Wang 2000). Because
the close connection between the EA, SCS and WNP and for the reasons discussed shortly, we will
define the region east of 105°E and between the equator and 45°N as a subsystem of the A-AM and
suggest naming it as EA-WNP monsoon.
The EA-WNPM variability has considerable societal and economical impacts on the local
inhabitants and global economy. The year-to-year variability of the EA-WNPM is two to three times
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larger than the Indian monsoon (IM) variability. The large amplitude and aperiodic fluctuations of the
EA-WNP monsoon affect over one third of the world's population inhibiting in the EA-WNPM
countries.
The EA-WNP monsoon has disproportional influence on the global climate system. The most
powerful EA winter monsoon exemplifies the strongest tropical-extratropical interaction and the
hemispheric interactions between the Northern and Southern Hemisphere. The WNPM plays a critical
role in global energy and water balance. The WNP convection plays a critical role in driving the EA
monsoon (Nitta 1987, Huang and Wu 1989) and the broad scale South Asian monsoon as defined by
Webster and Yang (1992) (Yasunari and Aliqun 1999). The WNP is one of the key regions where Asian
monsoon interact with ENSO (e.g., Li 1992, Wang et al. 1999), and have a far-reaching impact on
global tropics and extratropics (Webster et al. 1998, Kirtman and Shukla 2000, Wang et al. 2001, Lau
and Weng 2002). Recent studies have also recognized that AGCMs’ simulations of the mean monsoon
for the EA-WNP region and its interannual variability are notoriously worse than the simulations of
ISM (Kang et al. 2002, Wang et al. 2004).
While the EA-WNP monsoon and the Indian monsoon are intimately linked and consists of an
integrated Asian monsoon system, the EA-WNP has many features distinctive from IM. Detailed
accounts of the numerous atmospheric and oceanic features associated with EA-WNPM and the
mechanisms contributing to its variability, have been given among others by Ye and Zhu (1958), Lau
and Li (1984), Tao and Chen (1987), Yasunari and Seiki (1992), Ding (1992), Murakami and
Matsumoto (1994), Lau et al. (1998), Wang et al. (2001), Matsumoto and Murakami (2002), Wang et
al. (2003), and in the book “The East Asian Monsoon” edited by Chang (2004).
The principal goal of this review is to provide a synopsis of the major distinctive features of the
EA-WNPM subsystem, focusing on the differences and linkages between this subsystem and the Indian
monsoon subsystem. An account is given to summarize its circulation structure (section 2), annual
cycles (section 3), subseasonal variability (section 4) and supra-annual variability (section 5). Specific
attention is given to the discussion of the physical processes that give rise to the distinctive features of
the EA-WNPM. The last section discusses specific challenges in physical understanding, numerical
modeling and climate prediction of the EA-WNPM.
2. The EA-WNP Monsoon Subsystem
From the tectonic forcing point of view, the longitude of 105°E provides a natural division between
the Indian and the EA-WNP monsoon climate. The 105°E runs along the eastern flank of the Tibetan
Plateau and through the Indo-China ‘land bridge’, further going down to the SH, separating roughly the
maritime continent and the Australian landmass from the Indian Ocean.
2.1 The Northern Summer Minus Winter Circulations of the two Monsoon Subsystems
Figure 1 shows the differences in 925 hPa winds and precipitation rates between the July-August
and January-February (JA-JF). This JA-JF precipitation pattern highlights the monsoon regions that
have the most pronounced annual variations of rainfall. These regions reflect the differential latent heat
sources between the Northern Hemisphere (NH) and Southern Hemisphere (SH) that drives the
monsoon annual cycle. The differential rainfall distribution is considerably asymmetric about the
equator: the NH rainfall is not only stronger but also located more poleward than the SH counterpart. Of
note is also the east-west difference in monsoon circulations between the Indian (40°-105°E) and EA
(105°-160°E) sectors.
As has been shown in Fig. 1, the July-January Indian monsoon circulation features convection in
the Indian monsoon trough, which links to a remarkable clockwise, semi-closed monsoon ridges
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centered in the equatorial Indian Ocean. The latter ties the Indian monsoon trough and the Somalia jet
and southeast winds associated with Mascarine High (Krishnamurti and Bhalme 1976). The JA-JF
monsoon circulation in the EA sector is driven by the convection in the WNP monsoon trough that is the
confluence zone between the southwesterly monsoon and southeast trade winds. To the north of the
WNP monsoon trough is located the WNP Subtropical High and the EA subtropical front. The WNP
monsoon trough, subtropical ridge and subtropical front consist of a coupled monsoon subsystem over
the EA sector (Tao and Chen 1987). The term “Meiyu’, ‘Baiu’, and Changma’ all associated with the
EA subtropical front that brings a major summer rainy period to these countries. Note that the immense
WNP heat source is connected not only with the IM but also directly linked to the Australian winter
monsoon (see the cross equatorial flow over Indonesian archipelago). The cross-equatorial clockwise
gyre in the East Asia sector is not as strong as that over the Indian sector, but it does indicate that the
cold Australian land surface enhances the hemispheric thermal contrast and contributes to the moisture
convergence over the WNP summer monsoon or vice versa in the Austral summer. This
EA-WNP-Australian monsoon coupling is stronger during Austral summer. The Australian summer
monsoon variability is more closely coupled with the powerful East Asian winter monsoon and has little
connection with the Indian winter northeast monsoon (Wang et al. 2003). This connection is realized
through the cross-equatorial flows in three channels located over the maritime continent: the South
China Sea, Celebes, and northeast of New Guinea.
In summary, Indian summer monsoon consists of a single tropical monsoon system (Indian trough,
cross-equatorial Somalia jet, and Mascarine high), while the summer monsoon in the East Asian sector
consists of a coupled tropical monsoon system (WNP trough, cross-equatorial flows and Australian
High) and a subtropical monsoon system (WNP subtropical high and the East Asian subtropical
monsoon front). While the summer monsoon is stronger in the Indian sector, the boreal winter monsoon
is stronger in the EA sector.

Figure 1. Climatological July-August mean precipitation rates (color shading in mm/day) and 925 hPa wind
vectors (arrows) in the Asian-Australian monsoon region. The precipitation and wind climatology are derived
from CMAP (Xie and Arkin 1997) (1979-2000) and NCEP/NCAR reanalysis (1951-2000), respectively. The
three boxes define major summer precipitation areas of the Indian tropical monsoon (5°N-27.5°N, 65°E-105°E),
western North Pacific tropical monsoon (5°N-22.5°N, 105°E-150°E), and the East Asian subtropical monsoon.
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2.2 Distinctive Seasonal March of the two Subsystems
Figure 2 shows the seasonal march of the climatological pentad-mean precipitation rate (mm/day)
averaged over the major rainy areas of the WNPM, IM, and EAM. As shown in Fig. 1, the two areas
chosen to represent the principal rainfall regions of the IM (5°N-27.5°N, 65°E-105°E) and the WNPM
(5°N-22.5°N, 105°E-150°E) are of nearly equal size (Fig. 1), yet the May-October mean precipitation
rate is 8.61 mm/day over the WNP while only about 7 mm/day over the Indian monsoon region, based
on Xie and Arkin (1997) data (Fig. 2). While the precipitation estimation have uncertainties, the
strongest boreal summer WNP heat source appears to be dynamically consistent with the upper-level
divergent circulation center that is located near the Philippines as first revealed by Krishnamurti (1971)
and recently confirmed by Trenberth et al. (2000). The heat source analysis made by Yanai and Tomita
(1998) also suggests that the WNP is a major atmospheric heat source and moisture sink.

Figure 2. Climatological pentad-mean precipitation rate (mm/day) averaged over three regions: Indian summer
monsoon (65°E-105°E, 5°N-27.5°N), western North Pacific summer monsoon (5°N-22.5°N, 105°E-150°E), and
East Asian summer monsoon (22.5°N-45°N, 105°E-140°E) (Cf. Fig. 1). The abscissa runs from pentad 1 (January
1-5) to pentad 73 (December 27-31). The data used is derived from CMAP (Xie and Arkin 1997) for the period of
1979-2000. The thick, thin, and long-dashed horizontal lines indicate, respectively, the annual mean rainfall rates
averaged for the western North Pacific, East Asian, and Indian monsoon regions.

Figure 3 shows that the annual march of tropical convergence zone (TCZ)/monsoon tough. Over the
East Asian sector, a major tropical monsoon rain band (ITCZ) is located north of the equator from June
to November with both the maximum intensity and the northernmost location (~25°N) of the ITCZ are
found in August. North of the ITCZ, the East Asia subtropical rain band occurs from mid-May to early
July and migrates northward from 20°N to 35°N. In between the subtropical and tropical monsoon rain
is a relatively dry zone, which signifies the location of subtropical ridge. This subtropical monsoon rain
belt is produced downstream of the Tibetan Plateau and unique to the EA. On the other hand, the ITCZ
in the IM region moves further north compared to the ITCZ in the WNP but maximum rainfall occurs in
early June and the ITCZ reaches the northernmost latitude (~25°N) in mid-July. Note also that another
rain band is located at 5°S, and the Indian monsoon rain has a close linkage with the equatorial
convections throughout the entire summer. This feature is absent in the WNP. The phase difference in
the annual cycle of ITCZ between the Indian and EA sectors implies an eastward shift of convection
centers from India (in June-July) to the WNP (in August) during boreal summer (Fig. 2). Accordingly,
the Indian rainy season ends in late-September, while the WP rainy season retreats in late October.
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b

Figure 3. Climatological pentad (5-day) mean precipitation rate (mm/day) averaged over (a) the western Pacific
sector (115°E-140°E), (b) the Indian sector (70°E-95°E). The data used are derived from Xie and Arkin (1996) for
the period of 1979-2000.

2.3 Cause of the Regional Differences in the A-AM
The differences in the annual cycle between the monsoons over the Indian (40°E-105°E) and the
East Asian sector (105°E-160°E) are primarily attributed to the effects of differing land-ocean
configuration and topography on the atmospheric response to annually varying solar forcing.
A number of major differences are notable between the Indian and EA sectors in terms of the
land-ocean configuration. First, over the Indian sector, the Asian landmass is located to the NH while
ocean occupies the SH. The land-ocean distribution is opposite over the EA sector: the landmass in the
SH while the ocean in the north. Second, the Tibetan Plateau is located to the north of the Indian sector
but to the west of EA. Third, the equatorial region of the Indian sector is occupied by deep ocean, while
the equatorial region of the EA sector is occupied by Indonesian archipelago and shallow continental
shelves. Fourth, the Indian Ocean is bounded by land in both the west and east, while the ocean in the
EA sector is open to the east. These contrasts in geographic distribution of land and ocean as well as the
complex topography result in remarkable differences in the thermal forcing for the two monsoon
subsystems.
During boreal summer, over the Indian sector the meridionally differential solar radiative heating is
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reinforced by the strong north-south thermal contrast between the heated Asian land and cold southern
Indian Ocean. In addition, the thermal effects of the elevated Tibetan Plateau heat source further
strengthen this north-south temperature gradient. Thus, the extremely large north-south thermal contrast
during boreal summer results in the strongest Somalia jet and most powerful Indian summer monsoon.
Over the East Asian sector, summer monsoon is driven by both the north-south thermal contrast
between cold Australian land and warmer WNP and the east-west thermal contrast between the heated
East Asian landmass and relatively colder North Pacific Ocean. This directionally ‘orthogonal’ forcing
results in a weaker summer monsoon circulation with a slanted monsoon trough from northern South
China Sea to the WNP around (5°N, 160°E). However, because of the east-west thermal contrast, a
giant North Pacific subtropical ridge develops which separates (but also couples) the subtropical rain
belt and tropical rain belt, forming a coupled tropical and subtropical monsoon system with a large
meridional extent. The land-ocean distribution in the East Asian sector renders the WNP monsoon more
constrained by the ocean thermal inertia. Thus, both the peak rainy season and fall transition are about
one-two months later than their counterparts in the Indian sector.
During northern winter, the monsoon over the EA sector is extremely powerful because of the
contrast between the cold extratropical Asian landmass and the relatively warm North Pacific Ocean.
The elevated Tibetan plateau heat sink favors strongest westerly jet down stream over the EA. The
heated Australian land in the SH and colder ocean in the NH generates low-level cross equatorial flows
through the southern South China Sea. The monsoon in the Indian sector is moderate because of
absence of heated land in the SH and because of the blocking of cold Siberian air by the Tibetan Plateau.
Thus, the Australian summer monsoon westerlies are intimately linked to the EA winter monsoon and
partially linking to the cross-equatorial flow from northern India Ocean.
The above analysis suggests that the extreme phase of the monsoon annual cycle is a response to the
solar radiation forcing and is primarily determined by land-ocean configuration and topography.
Therefore, the amplitude of monsoon is primarily determined by changes in the solar orbital forcing and
tectonic forcing. Thus the factors that determine intensities of the monsoonal annual cycle share
common features with the paleo-monsoon variability caused by external (tectonic and orbital) forcing.
3. Linkage and Differences in the Mean Annual Cycle between the Indian and EA Sector
A thorough description and understanding of the monsoon climatological annual cycle is necessary
background information for adequate understanding of monsoon variability.
3.1 Annual March of the Rainy Season
Rainfall is an essential meteorological parameter describing the monsoon climate. The annual
march of heat and moisture source in the region was described by Yanai and Tomita (1998), Li and
Yanai (1996). In general, the heat distribution is dominated by the latent heat associated with rainfall.
Thus, rainfall distribution is a good indicative of the location of the atmospheric heat source that drives
tropical circulation; thereby rainfall variation reflects the variability of the entire monsoon circulation
system. Rainfall is also a key component of the hydrological cycle of the earth’s climate system, playing
a central role in connecting terrestrial, atmospheric, and oceanic processes.
During the onset, development, and withdrawal of the summer monsoon, the convection centers
migrate along preferred pathways (Meehl 1987, Wang 1994, Wang and Lin 2002), sometimes
continuously but at other times with sudden “jumps” (Tao and Chen 1987, Nitta 1987, Lau and Yang
1996).
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A typical monsoon rainy season implies significant annual variation, an intense summer rainfall
and concentration of yearly rainfall in the local summer. The domain, onset, peak, and withdrawal of
the rainy season can be quantitatively described by using a single rainfall variable, the relative pentad
mean rainfall rate (i.e., the pentad mean minus the January mean precipitation rate), with a suite of
universal objective criteria (Wang and Lin 2002). It has been shown that the monsoon domain and rainy
season characteristics delineated by the relative pentad mean rainfall reflect well the essential features
of monsoon climate: a significant summer-winter rainfall contrast and an intense and concentration of
rainfall in the summer.

(a)

(b)

Figure 4. Asian summer monsoon rainy season characteristics: (a) onset and (b) peak pentad (Adapted from Wang
and Lin 2002).

Figure 4 shows Asian summer monsoon rainy season domain and the timing of the onset and peak.
The geographic distributions of the onset, retreat, and peak of the rainfall annual cycle offer further
insight into the remarkable regionality and linkages among the ISM, WNPSM and EASM. While the
earliest onset start over the Andaman Sea in late April, the earliest onset over land area starts from
Indo-China peninsula in early May. However, the large-scale onset of the EA summer monsoon begins
with the rainfall surges over the South China Sea (SCS) in mid-May, because the onset of the SCS rainy
season is accompanied by establishment of a planetary-scale monsoon rain band extending from the
South Asian marginal seas (the Arabian Sea, the Bay of Bengal, and the SCS) to subtropical western
North Pacific (Okinawa). Thus, the onset of SCS summer monsoon marks a planetary scale onset of the
East Asian summer monsoon.
The onset then gradually progresses northward and northwestward from the Asian marginal seas
and the subtropical WNP toward continental areas. The synchronized onset of the Indian rainy season,
the Meiyu/Baui, and the tropical monsoon near Philippine in early-mid June forms the second phase of
the Asian monsoon grand onset (Wang and Xu 1997). The onset over the WNP takes three distinctive

78

stages eastward (Fig. 3a) and the monsoon onset in (120°E-160°E, 10°N-22°N) in late July may be
viewed as the third stage (Wu and Wang 2000).
The heights of the rainy seasons occur primarily in four stepwise phases: (1) in early June over the
central Arabian Sea, south-central Bay of Bengal and the subtropical WNP (Taiwan-Okinawa) (2) in
late June over the Meiyu/Baiu regions, the northern Bay of Bengal and the vicinity of the Philippines,
(3) in late July over India and northern China, and (4) in mid-August over the tropical WNP
(120°E-160°E, 10°N-22°N).
3.2 Pronounced Climatological Intraseasonal Oscillation and Monsoon Singularities
A remarkable characteristic of the EA-WNP annual cycle is the so-called Climatological
Intraseasonal Oscillations” (CISO) (Wang and Xu, 1997, Kang et al. 1999) or fast annual cycle (LinHo
and Wang 2002). The fluctuations of the climatological cycle shown in Fig. 2 indicate that for both the
ISM and WNPSM there exists a climatological monsoon break (CMB) around pentad 38 (Jul 5-9). This
CMB occurs after the onset peak of the monsoon rains. Wang and Xu (1997) referred this dry phase of
the Asian monsoon as a “grand” monsoon break, which reflects the CMB over ISM and WNPSM and
the end of the Meiyu in Yangtze River and Baiu in western Japan (Nakazawa 1992). Figure 2 suggests
that annual variations of rainfall in the three monsoon regions are far from a smoothed seasonal
variation. These climatological annual cycles can be viewed as a summation of a slow annual cycle
(defined by the first three Fourier harmonics) and a CISO component superposed on it.
Note that the CISO has a dynamical coherent structure between enhanced convection and low-level
convergence (upper-level divergent) cyclonic (anticyclonic) circulation (Wang and Xu 1997). The
movement of CISO is two-dimensional. Figure 3 shows northward propagation of the CISO. In the EA
sector, the CISO has northward phase propagation during early summer (May-July). Over the Indian
sector, CISO are evidently associated with the onset and withdrawal (Fig. 3c), both are seen to
propagate from equatorial region to the Indian summer monsoon trough region.
Figure 5 shows another example of the decomposition of the total climatological annual cycle (Fig.
5a) into a slow annual cycle and a CISO along 15°N. Obviously, the slow annual cycle shifts eastward
slowly with seasonal march (Fig. 5b), which is controlled by the response of the Asian monsoon system
to annual variation of the solar forcing. The CISO, on the other hand, shows totally different features. In
early summer (May-June), the propagation of the CISO in the ISM and the WNPSM tend to be in
opposite directions, while from July to October CISO has prominent westward propagation.
Major CISO cycles in the Asian monsoon regions have been discussed in details in Wang and Xu
(1997) and Lin and Wang (2002), which can be seen in the two dimensional portrait of the rainfall
variations from Figs. 3 and 4b. Over the EA sector, there are three principal CISO cycles. The first
cycle, Cycle-I, starting from the outbreak of monsoon over the SCS, is associated with the northward
migration of the subtropical front (wet phase) and subtropical high (dry phase) in June (Fig. 3a). The
onset of summer monsoon over SCS in mid-May is remarkably abrupt and accompanied by a
concurrent heavy rain band extending from the southeast cost of China and Taiwan, to Okinawa and
south of Japan, signifying the onset of the first stage of East Asian subtropical monsoon (Tao and Chen
1987, Ding 1992, Tanaka, 1992). The northward migration of the subtropical front is a continuation of
the first cycle. The wet phase of the cycle-I in mid-June (P33-34) marks the grand onset of the Asian
monsoon, i.e, the continental ISM, Meiyu/Baiu/ and western Philippine Sea. The dry phase of the
cycle-I in early to mid-July (P38-39) corresponds to a great CMB mentioned earlier. The second and
third CISO cycles over the EA sector occur after the great monsoon break from late July to September.
These two cycles are characterized by westward propagation from the 150E to 80E (Fig. 5b). The wet
phase of cycle II peaking in mid-August benchmarks the height of the WNP SM (Ueda et al., 1995) that
was followed by a dry phase propagating westward. The wet phase of cycle-III in mid-October
represents the last active phase of WNPSM.
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The extreme phases of CISO indicates wet or dry events occurring in a fixed pentad on a regular
basis--Monsoon singularity. The transitional phases of CISO indicate the periods during which
monsoon experience most significant year-to-year variability. The propagation of the CISO links
monsoon singularities occurring in different regions. The CISO cycles regulate significantly the
tropical cyclone activity and synoptic disturbances (Ueda et al. 1995, Wang and Wu 1997, Wang and
Chan 2002, Lin and Wang 2002).

Total AC

Slow AC

CISO

Figure 5. (a) Longitude-time diagram of the climatological pentad mean precipitation rate along 15°N (averaged
between 10°N and 20°N). (b) The same as in (a) except for the corresponding slow annual cycle component. (c)
The same as in (a) except for the corresponding climatological intraseasonal component.

4. Subseasonal Variability
In the EA-WNP domain the synoptic and intraseasonal variability is very pronounced and are
primarily reflected on three subseasonal time scales: less than 10 days, 10-20 days, and 20-60 days.
These synoptic and intraseasonal variabilities are regulated by seasonal cycles. Their periodicity,
amplitude, and propagation exhibit pronounced geographical and seasonal dependence. The great CMB
divides boreal summer (May to October) into roughly two sub-seasons, the early summer (May-July)
and late summer (Aug-Oct). The ISO activity is significantly different during these two sub-seasons, as
demonstrated by Kemball-Cook and Wang (2001), LinHo and Wang (2002), and Hsu (2004).
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4.1 The 20-60 Day Oscillation
The 20-60 days variability in the EA-WNP summer monsoon has been studied extensively (e.g.,
Lau and Chan 1986, Chen and Murakami 1988, Lau et al. 1988, Wang and Rui 1990, Tanaka et al.
1992, Ding 1992, Nakazawa 1992, Huang 1994, Hsu and Weng 2001 among others). The active and
break summer monsoon are prominent due to 20-60 day intraseasonal oscillation.

(a)

(b)

(c)

Figure 6. The OLR variances on time scales of (a) 20-60 days, (b) 10-20 day, and (c) less than 10 days.

Figure 6a shows the OLR variance distribution of the 20-60 day disturbances. In the early summer,
the largest 20-60 day variance is located in the eastern equatorial Indian Ocean and the Bay of Bengal,
whereas the variability in the WNP is generally weak except in the SCS and the vicinity of the
Philippines. In the late summer, the 20-60 day variability in the Indian sector weakens significantly,
while strongest variability is shifted to the WNP between 5°N and 20°N and extending from 110°E to
170°E.
Figure 7 shows the ISO life cycles during the early (May-June or MJ) and late (August-October or
AO) summer (Kemball-Cook and Wang 2001). The propagation has an equatorial eastward component
and prominent northward component in the Indian sector and northwestward propagation over the
WNP (Lau and Chan 1986, Wang and Rui 1990, Hsu and Weng 2001). Characteristics of the BSISO
life cycle common to MJ and AO were initiation and eastward propagation of the convective anomaly
over the Indian Ocean, followed by poleward propagation, with the northward-moving branch having
greater amplitude than the southward-moving branch. The transition of convection from the Indian
Ocean to the western Pacific occurred next, followed by dissipation of the current cycle and initiation of
the subsequent cycle.
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Figure 7. The schematic life cycle for intraseasonal convective anomalies constructed for (a) May–Jun and (b)
Aug–Oct using OLR data (1979-1998). Ovals indicate convection, with numbers indicating the evolution of the
anomaly. Black arrows indicate eastward propagation of convection along or near the equator. Gray arrows
indicate poleward propagation of convection due to emanation of Rossby waves from equatorial convection.
Dashed lines indicate low-amplitude signal.

The MJ and AO life cycles were found to have several significant differences. The MJ shows strong
eastward movement of convection along the equator in both the Indian and western Pacific Oceans.
Convection in AO has a weaker eastward-propagating signal along the equator and displays a
discontinuous jump from the Indian Ocean to the western Pacific. In marked contrast to MJ, AO shows
strong northwestward propagation of convection in the western Pacific during the latter half of the
BSISO life cycle. The change in the BSISO life cycle from MJ to AO reflects the seasonal shift in the
distributions of vertical wind shear and low-level specific humidity from early to late summer. Rossby
waves emitted by equatorial convection play a critical role in the BSISO in both the Indian and western
Pacific Oceans. These waves are instrumental in the northward propagation of convection in MJ and
AO.
4.2 The 10-20 Day Oscillation
The 10-20 day oscillations were first found in the Indian summer monsoon (Krishnamurti and
Bhalme 1976, Murakami 1976, Yasunari 1979, Krishnamurti and Ardanuy 1980). In the EA-WNP
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regions, the 10-20 day oscillations were identified in the Meiyu region (Lau 1992), the South China Sea
(Chen and Chen 1995), Indo-China (Lau and Yang 1996, Chen and Yoon 2000). The 10-20 day
variability appears to be more active than ISM region and have prominent westward propagation from
Philippine Sea toward Indo-China and the Bay of Bengal (e.g., Murakami 1980, Fukutomo and
Yasunari 1999).
Figure 6b shows that the 10-20 day ISO in general has a similar subseasonal variation as that of
20-60 day disturbances. However, the contrast in the Philippine Sea between the early and late summer
is more prominent than in the 20-60 day variability and the 10-20 day variability tends to be
concentrated along 20°N. Note that the magnitude of the 10-20 day variance is comparable with that of
the 20-60 day component in the WNP (especially between 10° and 20°N), but smaller in the Indian
sector, especially in early summer and near the equator. The propagation direction of the 10-20 day
disturbances is primarily westward.
4.3 Synoptic Variability
Fig. 6c shows the OLR variance distribution of the high frequency disturbances with period shorter
than 10 days during the early (MJJ) and late (ASO) summer. The synoptic disturbances have largest
variance everywhere in the monsoon domain. In early summer, the largest synoptic variability occurs in
the western Pacific convergence zone and Meiyu front. In the late summer, the variability in EA
subtropical front reduces significantly, while the variability increases over the WNP monsoon trough
and the Bay of Bengal. Overall the synoptic variability in the EA sector is larger than that in the Indian
sector. The fractional contribution of the synoptic disturbances to the total variance exceeds 50% in the
EA subtropical monsoon region, the WNP, and the Maritime Continent (figure not shown). Although
the variance over the maritime continent and Indo-China is relatively small compared to the adjacent
oceans, the fractional variance is large because of the relatively small intraseasonal variability.
The synoptic scale disturbances in the EASM region have been renowned for its unique subtropical
features. The EA synoptic disturbances are associated with the subtropical monsoon front, ranging from
meso-gama scale to synoptic scales (Xie et al. 1956, Matsumoto and Ninomiya 1971, Ninomiya and
Murakami 1987, Chen and Chang 1980, Chen 1983, Kato 1987, Chen et al. 2003, Chen 2004,
Ninomiya 2000, among others). The WNP summer monsoon regions are populated by synoptic
disturbances (e.g. Wallace and Chang 1969; Chang et al. 1970, Reed and Recker 1971, Lau and Lau
1990 among others).
The WNP is a favorable region for development of easterly waves and synoptic wave trains in
boreal summer (Lau and Lau 1990, Chang et al. 1996). These waves have a typical wavelength of
2500-3000 km and a time scale of 6-10 days. These tropical transients tend to propagate westward
and/or northwestward over the WNP region, with an average phase propagation speed of about 5 m/s.
The details of the synoptic and mesoscale systems that prevail in the EA subtropical monsoon region
and WNP tropical monsoon regions are reviewed in greater details by Ding et al. and Li et al. in the next
two sections.
5. Interannual Variability
The interannual variation of the EASM has been intensively investigated and documented in
numerous studies (Nitta 1987, Huang and Wu 1989, Tao and Chen 1987, Lau 1992, Shen and Lau 1995,
Zhang et al. 1996, Chen and Yoon 2000, Chang et al. 2000, among others). The WNPSM variability has
received increasing attention in recent years (Wu and Wang 2000, Wang et al. 2001, Chou 2004).
The principal mode of variability in EA-WNP summer precipitation is characterized by a
tripole-like sandwich pattern. Nitta (1987) and Huang and Wu (1989) found that rainfall anomalies
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associated with the Meiyu/Baiu front are negatively correlated with variations of the convective activity
over the Philippine Sea. The rainfall anomalies in northern China, on the other hand, are normally in an
opposite phase with the Meiyu/Baiu rainfall anomalies. Thus, a strong WNP SM means a deficient
Meiyu/Baiu and above average northern China rainfall, because when WNP has excessive rainfall, the
subtropical high and EASM (southerlies) are stronger than normal, shifting the EA subtropical frontal
zone northward, resulting in a deficient Meiyu/Baiu and abundant rainfall in northern China. Therefore,
the strength of the dominant mode of the EA-WNP SM can be measured, to a considerable extent, by
the variability of the WNPSM. However, the EA SM is affected more significantly by continental land
surface conditions and midlatitude conditions, thus, the differences between the WNPSM and EASM
variability are often substantial and the higher modes of variability can account for substantial portion
of the total variability.
Webster and Yang (1992) proposed a useful dynamic index to quantify year-to-year variations of
the broad-scale Asian summer monsoon using the vertical shear averaged over the South Asian region
(5°-20°N, 40°-110°E). On regional scale, Goswami et al. (1999) pointed out that the seasonal mean
Webster-Yang index has a low correlation with All Indian monsoon rainfall-a traditional measure of the
strength of the IM. Wang and Fan (1999) found that the variability of Webster-Yang index is primarily
associated with the precipitation variability of the two major convective heat sources-the convection
over the ISM and that over the WNP (Fig. 1). However, the interannual variations of the IM and WNPM
rainfalls are insignificantly correlated. Thus, they propose use of two circulation indexes to measure the
variability of the ISM and WNPSM separately. They defined a WNPM circulation index using the
difference of 850 hPa westerlies between a southern region (100°-130°E, 5°-15°N) and a northern
region (110°-140°E, 20°-30°N). Similarly, Wang et al. (2001) defined a dynamic index for the ISM
using the difference of the 850 hPa zonal winds between a southern region of 40°-80°E, 5°-15°N and a
northern region of 70°-90°E, 20°-30°N. Such defined indexes reflect both the intensity of the low-level
southwesterly monsoon and the lower tropospheric vorticity anomalies associated with the ISM and the
WNP monsoon troughs. The two circulation indexes are highly correlated with the principal EOF
modes of the low-level monsoon winds in the Indian and EA-WANP sectors, respectively. The IM
index is also highly correlated with the all-India summer rainfall with a correlation coefficient of 0.72
for the 50-year period from 1948 to 1997. In the following we use these two circulation indices from
1948 to 1997 (NCEP/NCAR reanalysis, interannual component only) to compare the interannual
variability between the ISM and WNP-EASM.
5.1 Spatial Structures of the Seasonal Mean Anomalies
Figure 8 is a schematic diagram derived based on the differences between 10 strongest and 10
weakest monsoon years during 1948-2000, which highlight the spatial structures of the anomalous ISM
and WNPSM. A strong ISM is characterized by 1) increased rainfall over India and the Bay of Bengal,
2) an enhanced low-level cross-equatorial gyre over the tropical Indian Ocean that is connected with a
deeper ISM trough to its north and a strengthened Mascarene high to the south, and 3) enhanced
upper-level Tibetan Plateau and Mascarene highs and associated easterly anomalies over tropical Africa
and the Indian Ocean. On the other hand, a strong WNPSM features (1) increased rainfall over the
South China Sea and WNP (8°-20°N, 110°-180°E) with a suppressed convective zone extending from
Borneo to southern India. Deficient rainfall also occurs in the Meiyu/Baiu region extending from the
lower reach of the Yangtze River Valley to southern Japan. (2) a low-level elongated cyclonic
circulation anomaly in the subtropical WNP and an elongated anticyclonic anomaly along 35ºN
extending from 110°E to the dateline, and (3) enhanced upper-level divergence over the Philippine Sea
and associated easterlies and southward cross-equatorial flows over the Maritime Continent that are
connected to an enhanced Australian High. The circulation anomalies associated with an enhanced
WNPSM suggest a strengthening of the entire WNP-EASM system visualized by Tao and Chen (1987).
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The anomalous WNPSM exhibits a prominent meridional coupling among the Australian High,
cross-equatorial flows, WNP monsoon trough, WNP Subtropical High, East Asian subtropical front,
and Okhotsk High.

Figure 8. Schematic diagrams showing the major circulation anomalies associated with a strong Indian summer
monsoon (a) and a strong western North Pacific summer monsoon (b). The lower-level and upper-level circulation
anomalies are denoted by solid and dashed line, respectively. Letter “A” and “C” represent anticyclone and
cyclone respectively. (from Wang et al. 2001).

The teleconnection patterns associated with the ISM and WNPSM are significantly different (Fig.
8). During a strong ISM, the South Pacific Subtropical High is enhanced. Along the equator, 850 hPa
easterlies and 200 hPa westerlies prevail, which are associated with anomalous subsidence induced by
the negative SST anomalies in the equatorial eastern Pacific (Fig. 8b). This verifies the finding of
Webster and Yang (1992) with a much longer dataset. The teleconnection associated with anomalous
WNPSM is more remarkable in terms of its extent and intensity. During a strong WNPSM, a
pronounced wave train pattern, seen in the lower, middle, and upper troposphere, emanates from the
WNP, crosses the North Pacific and extends to North America (Fig. 8a). The wave train consists of five
major cells on its pathway. The wave train exhibits a dominant barotropic structure north of 30ºN but a
baroclinic structure in the tropics between 10°N and 30°N where the wave train appears to be
originated. The summer wave train depicted in Fig. 8 suggests a linkage between the climate anomalies
over North America and the WNP. A weak WNPSM (suppressed convection in the WNP) tends to be
correlated with an anomalous high pressure over the Great Lakes and below normal precipitation in the
Great Plains (105°W-85°W, 32°N-45°N). A significant correlation coefficient (0.42) was found
between the WNPMI and the US Great Plains precipitation index. The teleconnection between the
EA-WNP and North American monsoons were documented in details by Lau and Weng (2001) in their
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study of the principal modes of interannual variations over the US summer rainfall. They found that the
first two empirical orthogonal functions are both linked to a wavetrain pattern starting from East Asia.
They named one of the teleconnection as “Tokyo-Chicago express” (Lau et al. 2003).
5.2 Temporal Evolutions of the Anomalous Seasonal Mean Monsoon
As measured by the two circulation indexes, the amplitude of the variability of the ISM is, on
average, about one half of that in the WNPSM. The El Niño has modest influence on the western
Arabian Sea southwesterly (on average about 5%), but has considerable impacts on the South China Sea
southwesterly (about 10% on average and 40% in strong El Niño events). As such, large changes in the
Pacific thermal conditions could significantly alter the intensity of the East Asian monsoon but not the
Indian monsoon. The ISM circulation index has a dominant timescale of about 30 months, in agreement
with Goswami et al. (1999), whereas the WNPSM index shows two preferred timescales: one at the
low-frequency ENSO timescale (about 50 months), and the other two minor peaks are around 16 and 30
months. Strong (weak) ISM tends to occur in developing phases of cold (warm) episodes (e.g.,
Rasmusson and Carpenter 1983, Shukla and Paolino 1983, Mooley and Shukla 1987, Yasunari 1990, Ju
and Slingo 1995, Webster and Yang 1992); whereas, a strong (weak) WNPSM occurs in the decay year
of a cold (warm) episode. Since the late 1970s, the WNPSM has become more variable, but its
relationship with El Niño remained steady (Wang et al. 2001); in contrast, the ISM has become less
variable and its linkage with El Niño has dramatically declined (Kumar et al. 1999, Chang et al. 2000).
In terms of ENSO–monsoon relationship, the WNPSM appears to be more predictable than the ISM
(Wang et al. 2001). These contrasting features are in part attributed to the differing processes of
monsoon-ocean interaction.
Different persistence of the IM and WNPM variability through seasonal cycle was found. For the
weak ISM, a discernible persistency is seen from the preceding spring to summer. Webster and Yang
(1992) and Yang et al. (1996) noted that the upper-tropospheric zonal wind over the South Asia
maintains the same anomalous condition from the previous winter to summer. The IM circulation index,
however, shows a reversal of the correlation trend in July, indicating a turnabout of the biennial
tendency occurring in July (Wang et al. 2001). This is in good agreement with the monsoon year
concept proposed by Alikun and Yasunari (2001) who have shown that the south Asian monsoon and its
relation with ENSO change prominently in the mid-summer and suggested that the monsoon year
should start from July to the next June. The biennial tendency is particularly evident for the composite
weak monsoon, i.e., a weak ISM tends to be preceded and followed by a strong ISM. For the WNPSM,
a weak persistent tendency in the preceding spring is detectable for the composite strong monsoon, and
the tendency of biennial variation is insignificant.
5.3 Causes of the Differences in Interannual Variability between the IM and the EA-WNPM
Why the variability of the ISM and WNP-EA SM are so different? The ISM and the WNP-EASM
are influenced by two major convective heat sources. In summer, the two centers are anchored primarily
in the Bay of Bengal and the Philippine Sea, respectively. The changes in intensity and location of the
two convection regions have fundamental impacts on the variability of the two monsoon subsystems.
There are a number of potential factors that may be responsible for the differences in the interannual
variability of the two heat sources and the two monsoon subsystems.
Remote forcing associated with the changes in the eastern Pacific SST is a major factor that controls
the A-AM variability. The ways by which ENSO affects the two subsystems are different. The
convection in the WNP is more directly affected by the Pacific SST anomaly than the convection over
the Bay of Bengal. ENSO warming affects Asian monsoon through a longitudinal shift of the Walker
circulation. The shifted upward branch of Walker circulation in the western-central Pacific induces a
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direct Rossby wave response to the alongside and west of the anomalous convection near the dateline,
resulting in an eastward shift of the WNP monsoon trough and associated rainfall and tropical cyclone
activity. On the other hand, the ISM is affected by the subsidence over the Maritime continent which
induces descending low-level anticyclonic anomalies that weakens the ISM (e.g., Palmer et al. 1992,
Lau and Nath 2000). In addition, the monsoon seasonal mean flow has more significant impacts on the
anomalous ISM than on the anomalous WNPSM, because the strongest vertical monsoon shear is
located in the Indian sector, which can induce enhanced anomalous Rossby wave response in the NH
(Wang and Xie 1996, Xie and Wang 1996).

Figure 9. Schematic diagrams showing the essential dynamics of the coupled monsoon-ocean modes over (a) the
South Indian Ocean (SIO) and (b) the western North Pacific (WNP). A positive feedback exists between the
anomalous atmospheric anticyclone and SST dipole [warm (cold) to the east (west) of the anticyclone center] in
the presence of the mean circulation during local winter and spring (solid double arrows). (from Wang et al.
2000).

Another important factor that determines monsoon anomalous conditions is the atmosphere-ocean
interaction over the warm pool oceans. For the ISM, the evidence presented by Lau and Nath (2000),
based on analysis of results of numerical experiments with the GFDL general circulation model,
indicates that during a warm ENSO, the ISM trough weakens due to existence of equatorially
symmetric Rossby waves (low-level high pressure anomalies) excited by suppressed convection over
the western pole of the Walker circulation. On the other hand, the reduced intensity of the ISM leads to
a heat gain in the surface water of the Arabian Sea and the Bay of Bengal due to increased downward
solar radiation and reduced evaporation cooling. The subsequent warming and the resulting SST
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gradients in turn force an anomalous atmospheric circulation that enhances the ISM. Therefore, the
local air-sea interaction provides a negative feedback, which partially offsets the monsoon anomalies
initially caused by remote ENSO forcing. This may in part neutralize the ISM variability and account
for the smaller amplitude of the year-to-year variation of the ISM.
As to the mechanism by which ENSO affect WNPSM and EASM, Wang et al. (2000) proposed that
the in situ air-sea interaction in the WNP plays a key role. Figure 9b illustrates why a weak WNPSM
(strong EASM) occurs in the decay phase of ENSO warm episodes. Prior to a mature phase of an ENSO
warming, a low-level anomalous anticyclone forms over the Philippine Sea (Wang and Zhang 2002).
The anticyclone is then maintained until the following early summer by a positive in situ air-sea
feedback. In the eastern (western) part of the anomalous anticyclone, the anomalous northeast
(southwest) winds increases (reduces) the total wind speed, thus enhancing (reducing) evaporative and
entrainment cooling, leading to negative (positive) SST anomalies located to the east (west) of the
anticyclone. The negative SST anomalies to the east of the anticyclone would in turn favor
enhancement of the anticyclone through reducing convective latent heat release and exciting westward
propagating Rossby waves. This positive feedback favors for maintaining the atmospheric anomalies to
the ensuing summer. The southwesterly anomalies in the west side of the persistent Philippine Sea
anticyclonic anomalies bring a warmer and wetter than normal winter and spring to the East Asian
monsoon frontal zone and provide a prolonged impact on the ensuing early summer Meiyu/Baiu.
5.4 Linkages and Common Processes between the ISM and WNPSM Variability
The weak correlation between the IMI and WNPMI does not mean that the two monsoons are
independent. Depending on the interfering or combining effects of remote and local forcing, the ISM
and WNPSM can have different relation in different years. The complementary cooling in the western
Pacific may shift the latitudinal position of the ITCZ in the eastern Indian and western Pacific Ocean,
which would influence summer monsoon circulation in South Asia (Ju and Slingo 1995; Soman and
Slingo 1997. The convective activity over the WNP has shown to affect early ISM (Kawamura 1998,
Alikun and Yasunari 2001). On the other hand, a strong Indian monsoon is associated with an enhanced
South Pacific Subtropical High and an anomalous anticyclone over northeast China. This pattern would
imply an increased rainfall over northern China and reduced rainfall over Japan. Enhanced rainfall over
northern China in association with excessive Indian rainfall was indicated in previous studies (Tao and
Chen 1987; Kripalani and Singh 1993; Kripalani and Kulkarni 1997b).
To understand the strong biennial tendency of the A-AM, one has to consider the interactive nature
of the two subsystems. Figure 10 shows that the dominant mode of the A-AM variability has a strong
biennial tendency that is associated with the turnabout of the ENSO extreme phases. This large-scale
picture links the biennial variations in various regions of the A-AM system that have been documented
in previous studies (Meehl 1987, Lau and Shen 1988 among others). During the summer of an ENSO
developing year an anomalous anticyclonic ridge extends from Indonesia to southern India which
weakens ISM, during the fall of ENSO developing year, an anticyclonic anomaly develops and matures
over the South Indian Ocean (SIO). Meanwhile a consequential development of an anticyclone anomaly
occurs over the WNP, which attains maximum intensity during the mature phase of ENSO and persists
through the subsequent spring and summer. The SIO and WNP anticyclones appear to be of central
importance in turning the entire A-AM anomaly on a biennial time scale. Precipitation anomalies over
India, West Africa, Indonesia-Australia, WNP and EA are mostly associated with the evolution of the
pair of anomalous AC’s.
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SSTA associated with the first ESVD
850 hPa winds & SSTA

Figure 10. The spatial patterns of the dominant ESVD (extended singular value decomposition) mode (the upper
five panels) and the corresponding time coefficients (the bottom panel). The upper five panels present the seasonal
mean 850 hPa winds (vectors) and SST anomalies (color shading) from JJA(0) to JJA(1), where year 0 and year 1
denote the year during which an El Niño develops and the following year, respectively. Only wind anomalies
significant at 95% confidence level are shown. The squared covariance fraction between wind and SST anomalies
is 0.91 and the correlation coefficient between the two time series is 0.94.

Although the remote El Nino forcing is a primary cause for the A-AM anomalies in the summer of
El Niño development, the remote forcing alone can explain neither the unusual amplification of the SIO
anticyclone in a developing El Niño nor the maintenance of the WNP anticyclone in a decaying El
Niño. A traditional view has regarded SST anomalies in the Indian and western Pacific Oceans as a
cause for A-AM variability. However, the SST anomalies in these warm ocean regions are, to a large
extent, a result of anomalous monsoon. Thus, it is the atmosphere-warm ocean interaction that may
significantly modify the impacts of remote El Niño forcing in the monsoon regions. The oceanic
anomalies in the SIO and WNP are similar, namely, a zonal SST dipole with cold water to the east and
warm water to the west of the anticyclone center (Fig. 9). These conditions result from a positive
feedback between the anomalous anticyclone and SST dipole, which intensifies the coupled mode in
SIO during El Nino growth and maintains the coupled mode in the WNP during its decay (Wang et al.
2003). The interaction in the two regions share common wind-evaporation/entrainment and
cloud/radiation feedback processes but differ in the roles of oceanic dynamics (vertical and horizontal
advection and thermocline adjustment by oceanic waves). The outcome of this interaction depends
crucially on the climatological surface winds.
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6. Science Issues
Numerical simulations of the A-AM with GCMs have shown that most models have large errors in
simulation of the WNP summer monsoon precipitation (Kang et al. 2002). The models show better
performance in simulating ISM than simulation of the EA-WNP summer monsoon. It has also been
noted that nearly all AGCMs, when forced by observed SST fail to reproduce the monsoon precipitation
anomalies or have no skill in their hindcast experiments (Wang et al. 2004). Climate prediction of the
EA-WNP monsoon is an extremely challenging task.
To stimulate further in-depth research on the EA-WNPM and to improve our understanding of the
dynamics of the A-AM and global monsoon system, we listed some issues that call for further
investigations.
Annual Cycle
• Why is the EA-WNP SM characterized by sudden changes (singularities) at various geographic
locations?
• How important are the East-Asian marginal seas in determining the mean monsoon structure and
seasonal cycle?
• Why do the most AGCMs have great difficulty in correct simulation of the summer rainfall in the
WNP and the Western Pacific Subtropical High and the Meiyu/Baiu front regions?
Intraseasonal Oscillation
• What are the mechanisms that give rise to the 10-20 day variability in the WNP and EA region?
• What are the dynamical relationship between the 20-60 day, 10-20 day and synoptic
disturbances?
• What is the potential and practical predictability of the 10-20 day and 20-60 day oscillations?
• How does the air-sea interaction influence the 10-20 day and 20-60 day oscillations?
Interannual Variability
• What is the coherent structure of the tropical biennial oscillation? What processes are responsible
for the transition of the biennial tendency of the A-AM system?
• What roles do the land surface anomalies (albedo, soil moisture, vegetation, snow cover, and sea
ice cover) in the previous autumn-winter-spring season play in the EA summer monsoon
variability? For example, a warming over Mongolia in winter and spring precedes a strong
WNPSM, how do these land surface conditions feedback to the large scale summer monsoon
circulation? To what extent are these anomalous land surface conditions related to ENSO
forcing? In general, how these land surface anomalies are generated and maintained?
• What are the radiative impacts of clouds, especially cirrus, on monsoon evolution and intensity?
Is cirrus coverage during strong monsoons (strong flow aloft) significantly greater than during
weak monsoons?
• To what extent the mid-high latitude atmospheric circulation anomalies prior to the summer
monsoon can affect the EA summer monsoon? How are these anomalies generated and
maintained?
• How are the teleconnection (the PJ and circumglobal teleconnection) modes associated with
Asian summer monsoon excited and maintained? Are those modes intrinsic to the low frequency
variability of the boreal summer mean states?
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• What is the predictability of the EA-WNP summer monsoon during the years when ENSO is in a
near normal state?
• How does the monsoon-warm ocean interaction affect the predictability and prediction of the
seasonal mean rainfall?
• What is the potential and practical predictability of the EA and WNP summer monsoon?
• What are the impacts of the ISO on the seasonal mean climate forecast?

Interdecadal variability
• What is the dominant mode of the Interdecadal variation of the EA-WNP monsoons? What give
rise to this variability?
• Are the interdecadal variations in the EA-WNP region linked to that over the ISM? If not how
different they are and why they are different?
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1. An Overview of the East Asian Summer Monsoon
Numerious investigators have studied the onset, active and break cycle, rainy seasons, weather
systems and physical processes and mechanisms that are related to the East Asian summer monsoon.
These achievements have been comprehensively described in two monsoon books: The East Asian
Monsoon edited by C.P. Chang (2004) and The Asian Monson edited by Bin Wang. The readers are
suggested to refer to these books for detailed descriptions. Here, only a brief overview is provided with
major conclusions presented.
(1) The earliest onset of the Asian summer monsoon occurs in most of cases in the central and
southern Indo-China Peninsula.
The summer monsoon sets in over these regions early in May, or even earlier at the end of
April.Then, with the eastward retreat of the subtropical high over the West Pacific and rapid
acceleration and eastward propagation of the low-level westerlies in the tropical East Indian Ocean, the
summer monsoon starts to break out during the period from May 16-20 in the South China Sea (SCS).
In some years, as exemplified by the detailed analysis of the 1998 case in numerous studies, the onset of
the Asian summer monsoon may occur nearly synchronously around mid-May in the Indo-China
Peninsula and the SCS. The initial onset of the summer monsoon in the SCS is often observed in its
northern part, triggered by synoptic systems coming from the mid-latitudes (Chang and Chen, 1995;
Chan et al., 2000; Ding and Liu, 2001). After the onset of the Asian summer monsoon, one may see two
preferred routes of advance, one propagating northwestward toward the Indian Peninsula, leading to the
onset of the Indian monsoon from early June to early July, several weeks later than the onset over the
SCS. Another route propagates northward and northeastward to East Asia (China, Korea and Japan) and
the Northwest Pacific.
(2) The onset process over the SCS and the Indo-China Peninsula is very abrupt, with dramatic
changes of large-scale circulation and rainfall occurring during a quite short time period of
about one week.
After the abrupt SCS monsoon onset, the low-level easterlies and upper-level westerlies rapidly
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switch reverse their respective directions. At the same time, the dry season rapidly changes into a wet
season, with the earliest arrival of the summer monsoon rainy season in the Asian－western North
Pacific monsoon region before mid-May. Another rain belt located in South China (20°-28°N)
corresponds to the pre-summer rainy season there. Around mid-May the near-equatorial rain belt
suddenly moves northward and merges with the South China rain belt. It can be seen from Figure 1(a)
that this process takes a short time period. In contrast, over the Indian longitudes (Figure. 1(b)) this
onset process is more or less gradual, although a large increase in rainfall in this region may be noted.
This suddenness of the onset process in the SCS has been well documented by numerous investigators
with both climatological and case studies.

(b)

(a)

Figure 1. Latitude-time cross-sections of mean precipitation (1979-2001) along 70°-80°E (a) and 110°-120°E (b).
The CMAP precipitation dataset is used here. Unit: mm day-1 (Sun, 2002).

(3) The climatological summer monsoon onset and seasonal march displays a distinct stepwise
northward and northeastward advance.
Over East Asia, two abrupt northward jumps and three stationary periods have been identified in the
process of the seasonal march of the summer monsoon while over the western North Pacific three stages
of onset and advance of the summer monsoon have been identified (Wu and Wang, 2001). These
stepwise onset and advance in the two major monsoon regions appear to be nearly concurrent. The
monsoon rain commences over the region from the Indo-China Peninsula-the SCS-Philippines during
the period from early May to mid-May, then it extends abruptly to the Yangtze River Basin, and western
and southern Japan, and the southwestern Philippine Sea in early to mid-June and finally penetrates to
North China, Korea and part of Japan, and the topical western West Pacific (around 150°E and 17.5°N).
In association, three abrupt changes have been identified in the large-scale circulation features. In
particular, the western North Pacific subtropical high demonstrates a sudden eastward or quick
northward displacement and the monsoon trough pushes abruptly eastward or northward at the stepwise
onset and seasonal march.
(4) The onset of the summer monsoon over the Indo-China Peninsula and the SCS is preceded by
development of circulation features and convective activity in the tropical East Indian Ocean
and the Bay of Bengal that is characterized by the development of a twin cyclone crossing the
equator, the rapid acceleration of low-level westerlies and significant increase of convective
activity in both areal extent and intensity.
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(a)

(b)
Figure 2. Moisture budgets (more explicit explanations of this word is needed) averaged for 1990-1999 for various
monsoon regions prior to the onset (the 1st pentad of April-the 2nd of May) (a) and after the onset of the SCS
summer monsoon (June-August) (b). Unit: 106 Kg s-1 (Ding and Sun, 2002).

The onset of the summer monsoon over the Indo-China Peninsula and the SCS is closely related to
upstream development and its eastward propagation. A recent study by Matsumoto and Murakami
(2002) views these developmental processes as a component of climatological monsoon transition from
one hemisphere to another. During spring and early summer over the East Indian Ocean is a prominent
symmetric Rossby-type basic flow, which serves as a medium for convection to propagate northward,
although not in a well organized manner, from SIOM (South Indian Ocean Monsoon) to SEAM
(Southeast Asian Monsoon). The convection center remains weak until the 28th pentad (May 16-20). At
this time period the monsoon trough or ITCZ returns to Southeast Asia from the South Indian Ocean
due to the effective sensible heating. Sudden amplification occurs after the 31st pentad (June 1-5). Thus,
they consider this pentad as the onset phase of the Southeast Asian monsoon.
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(5) Moisture source for Meiyu After the onset of the Asian summer monsoon, the moisture transport
coming from Indochina Peninsula and the South China Sea plays a crucial role in moisture
supply for precipitation in East Asian.
Before the onset of the SCS summer monsoon, the interhemispheric moisture transport is rather
weak and even southward. The northward moisture transport across the northern boundaries of various
regions is generally weak, except for the regions of the Indochina Peninsula and the SCS. The moisture
sinks occur in the regions of Bay of Bengal, the Indochina Peninsula and South China, where the
enhanced precipitation may be observed. After the onset the whole picture of the moisture transport and
budget rapidly changes and becomes well-organized. The cross-equatorial flow has its maximum
moisture transport in the western part of the equatorial Indian Ocean. The second maximum moisture
transport is located in the equatorial East Indian Ocean. In the South Asian and Southeast Asian
monsoon regions, one may see consistent eastward moisture transport, all the way to the SCS. The
moisture sinks from the Indian Peninsula to the SCS are consistent with the major observed
precipitation regions, with the Bay of Bengal having the maximum. The northward moisture transport
through the northern boundaries has its maximum in the region of the Bay of Bengal. The SCS takes the
second place. But, if one combines together the moisture transport coming from the Indochina
Peninsula and the SCS, the northern moisture transport into the East Asian region will obviously
exceeds the northward transport through the Bay of Bengal. This fact implies the critical role of the
moisture transport from the SCS in the precipitation in East Asia.
2. Climateological Aspect of Meiyu/Baiu
Meiyu/Baiu is a unique rainy season in the seasonal march of the East Asian summer monsoon. It
starts nearly concurrently with the onset of the East Asian summer monsoon onset in the South China
Sea. Then, as the summer monsoon propagates northward, the Meiyu rain belt sequentially establishes
itself in South China and Taiwan, the Yangtze and Huaihe River Basins and Japan, and the Korean
Peninsula. As pointed out by Chen (2004), the different terminology has been used for this major
seasonal rain belt in different regions. In China, the term “Meiyu” is used for the rainy season from
mid-June to mid-July over the Yangtze River Valley (Tao and Chen 1987). In Japan, the term “Baiu” is
used both for the rainy season over Okinawa region from early May to mid-June and over the Japanese
Main Islands from mid-June to mid-July (Saito 1985). In Taiwan, on the other hand, the term “Meiyu”
is used both for the rainy season over Taiwan and over South China from mid-May to mid-June (G.
Chen 1983, 1988; S. Wang 1970). Therefore, the “Meiyu” season over South China and Taiwan
discussed in this paper corresponds to the “South China pre-summer rainy period” used by many
Chinese meteorologists (Ding 1992; Tao and Chen 1987), and the “pre-Meiyu” period used by Chang et
al. (2000 a, b).
Based on the time-latitude cross-section of 5-day rainfall amount for eastern China (Figure 3) by
using station data in China (Sun, 2002), the most conspicuous feature is the monsoon onset between 18°
and 25°N as indicated by the steeprise in precipitation starting from the first 10-day period of May. This
rainy episode is so-called pre-summer rainy season in South China, Hong Kong and Taiwan. This
characteristic feature has been also studied by other investigators (Guo and Wang, 1981; Lau et al.,
1988). The first standing stage of the major rain belt generally continues into the first 10-day period of
June, and afterwards it rapidly shifts to the valley of the Yangtze River. This second stationary phase
initiates the Meiyu rainy season in central China. The time span of the season on the average lasts for
one month (10th June-10th July). The wind and thermal fields in the Meiyu region are usually
characterized by a low-pressure trough (the so-called the East Asian summer monsoon trough), a weak
stationary front at surface, significant horizontal wind shear across the front and frequent occurrence of
prolonged heavy rainfall. The Baiu in Japan and Changma in Korea also occur in a similar situation, but
with a regional difference in locations, timing and duration.
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Figure 3. Latitude-time section of 5-day mean rainfall over eastern China (110°-120°E) from April to September
averaged for 1961-1990. Regions of heavy rainfall (>50 mm) are shaded. Unit: mm. (Sun, 2002)

Recently, Chen (2004) has made a review on research on Meiyu, including the climotological
characteristics of Meiyu. He has shown that the surface Meiyu front as defined by the axis of vorticity
maximum in the mean circulations in the Meiyu season of South China and Taiwan is located in the
subtropical latitudes over East Asia extending from the ocean to the east of the Japan Islands
southwestward passing through the Bashi Channel to the northern South China Sea. It shifts northward
and is oriented in an east-west direction during the Yangtze River Valley Meiyu season. In the mean
circulations, strong southwest monsoonal flows prevail in the lower troposphere to the south of the
Meiyu front. The Meiyu front is characterized by the organized distribution of upward motion and the
moisture flux convergence. The convective activity develops under the potentially unstable atmosphere
along and to the south of the Meiyu front.
Figure 4 show the climatology of Meiyu over the Yangtze and Huaihe River Basins based on the
30-yr (1971-2000) NECP datasets and 740 surface station data in China (Ding and Liu, 2003).It can be
seen that Meiyu rainfalls are mainly distributed over the middle and lower valley of the Yangtze River,
with the latter having the maximum rainfall amount (~ 260mm), accounting for 45% of total rainfall
amount for summer (June, July and August) (Figure 4a). Therefore, nearly half of summer rainfalls
comes from the Meiyu season that on the average lasts for 20-25days (from June 17 to July 8). In the
Meiyu zone, the air is very moist, with a high specific humidity belt at low-level along the Meiyu zone
observed (Figure 4b). An interesting feature of the low-level temperature field is its sandwich pattern,
with the warmer air to south and the north, respectively and relatively colder air in between (Figure 4c).
This cooling in the Meiyu zone is also noted by Kato (1987). Three seasons may be used to illustrate the
colder temperature zone along the Meiyu precipitation region: (1) intrusion of low-level cold air from
northeast accompanied by the northeasterlies to north of the Meiyu zone. A tougue of high potential
vorticity at 850hPa characterizing the cold air activity extends from northeast to southwest (Figure 4d);
(2) cooling effect of precipitation evaporation at low-level and near the surface; and (3) the intense
airmass modification over North and Northwest China through the surface sensible heating (Figure 4e).
This reverses meridional thermal contrast between the Meiyu zone and the region to its north. Overall,
the Meiyu zone is characterized by a high θse region (Figure 4f).
From the view point of wind fields, to the south of the Meiyu zone, there are an extensive southwest
and southeast monsoon at 850hPa that merges together in the Meiyu and Baiu zones. The strong
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low-level jet (LLJ) may be observed (Figure 4). Note that major Meiyu rainfalls occurs in the right
quadrant of entrance sector of upper-level jet (Cressman, 1981) which is dominated by upward motion.
The positive vorticity to the left side of the LLJ is also favorable for occurrence of rainfalls (Figure 4g).
The vertical coupling of the LLJ and the upper level jet is clearly observed (Figure 4h) and the Meiyu
precipitation zone is located in between. A large amount of moisture is transported into the Meiyu/Baiu
zone by the summer monsoon. The South China Sea is a major moisture channel for the Meiyu
precipitation (Figure 4i). Significant moisture convergence is observed in the middle and lower valleys
of the Yangtze River and the western Japan where the Meiyu and Baiu precipitation is highly
concentrated (Figure 4j).

(a)

(b)

(c)

(d)

(e)

(f)
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(h)

(i)

(j)

Figure 4. Climatology of the Meiyu composited for Meiyu periods based on 30-yr NCEP datasets and 740 station
data in China: (a) total rainfall amount (Unit: mm), (b) the specific humid field at 850 hPa (Unit: g kg-1), (c) the
temperature field at 850 hPa, (d) the potential vorticity field at 850 hPa (Unit: 10-6s-1), (e) the surface flux of
sensible heat (Unit: w m-2) (the region greater than 80 w m-2 is shaded), (f) the θse field at 850 hPa (Unit: K), (g)
upper level jet and LLJ pattern (Unit: m s-1), dashed lines denote isotachs for 200 hPa and solid lines isotachs for
850 hPa (the precipitation region greater than 180mm is shaded), (h) the meridional cross-section of total wind
speed along 117.5°E (Unit: ms-1), (i) the moisture transport at 850 hPa (Unit: kg(ms)-1). (The maximum transport
zone is shaded), and (j) the moisture divergence field at 850 hPa (Unit: 10-8 kg s-1) (the moisture convergence
regions are shaded) (Ding and Liu, 2003).

3. Meiyu Front and Associated Vertical Circulations
Figure 5 presents the annual mean frequency distribution of 850 hPa fronts in the Meiyu season of
South China and Taiwan (mid-May to mid-June) and of the Yangtze River Valley (mid-June to
mid-July) (Chen 1988). For the former case, the axis of maximum frequency, indicating the mean
position of the Meiyu front, is oriented approximately in an east-west direction extending from southern
Japan to southern China. The mean position shifts northward to Japan and central China in the Meiyu
season of the Yangtze River Valley. The Meiyu front often moves southeastward slowly in the early
stage of its lifetime and appears as a quasi-stationary front in the late stage with an average lifetime of 8
days (Chen 1988).
Chen and Chang (1980) studied the synoptic-scale structure and dynamics over different sections of
the Meiyu front. The results indicated that the structure of the eastern (near Japan) and central (the East
China Sea) sections resembled a typical midlatitude baroclinic front with strong vertical tilt toward an
upper level cold core and a strong horizontal temperature gradient. Whereas the western (southern
China) section resembled a semitropical disturbance with an equivalent barotropic warm core structure,
a weak horizontal temperature gradient, and a rather strong horizontal wind shear in the lower
troposphere. The vorticity budget showed that generation of cyclonic vorticity by horizontal
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convergence was counteracted by cumulus damping in the eastern section and by boundary layer
friction in the mountainous western section. Results from theoretical, modeling, and observational
studies suggest that the Meiyu frontogenetic process is initiated and maintained by the CISK
mechanism through the interaction between the PV anomaly and the convective latent heating (S.J.
Chen et al., 1998; G. Chen, 2003). Some of the Meiyu fronts observed in TAMEX were characterized
by the density-current-type structure at the leading edge with a thermally direct circulation cell across
the front (Trier et al., 1990). The smaller and shallower frontal updraft in TAMEX system as compared
to a midlatitude system was suggested due in part to the smaller magnitude of the maximum low-level
convergence from a shallower and slower moving Meiyu front. In summary, the Meiyu front affecting
South China and Taiwan forms in the subtropical latitude, which is a distinct area from that for the
formation of polar front in the Meiyu season. It resembles a semitropical disturbance with an equivalent
barotropic warm core structure, a weak horizontal temperature gradient, a rather strong horizontal wind
shear, and a positive low-level potential vorticity (PV) anomaly (Chen, 2004).

Figure 5. Annual mean (1975-1986) frequency distribution of 850 hPa fronts in (a) southern China and Taiwan
Mei-Yu season (15 May-15 June) and (b) Yangtze River Valley Mei-Yu season (16 June-15 July). Front
frequency is counted at 12 h intervals and analyzed at 1° lat ×1° long grid intervals. Heavy dashed line indicates
maximum axis (from G. Chen 1988).

Figure 6 is the mean structure of the Meiyu front averaged for 1971-2000. An interesting feature is
the highly moist air column ahead of the Meiyu front which very much resemble the eye wall region of
a typical tropical cyclone. The Meiyu rainfall intensively occurs in this region. This implies the
significant importance of convective precipitation and assciated latent heat release. Generally, the
frontal structure at low-level or near the surface disappears or even changes its sloping from northward
tilting to southward tilting. So, Xie (1956) previously defined the low-level part of the Meiyu front as
the equatorial front, with the relatively cold air in the south of the Meiyu front and relatively warm air in
the north.
Corresponding to the Meiyu front shown in Figure 6, the mean cross-front vertical circulation is
presented in Figure 7. Strong upward motion throughout the entire troposphere is located in the region
of Meiyu rainfalls. The southerly component at low-level and the northerly component at upper-level
are observed in the region to the south of the Meiyu front. Therefore, a monsoon circulation cell
(anti-Hadley cell) is very clear. It is in fact a kind of thermally direct vertical circulation. To the north of
the Meiyu front, one may observe an indirect cell.
The secondary circulation across the synoptic-scale Meiyu front was found to be thermally direct
with warm air rising to the south and cold air sinking to the north of front (G. Chen and Chang 1980).
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Using composite technique, Chen and Chi (1978) was able to observe two secondary circulation cells
associated with the Meiyu front in the northern Taiwan with a thermally direct circulation cell across the
front and a reversed cell to the south of the front. Note that their definition of the thermal nature of
vertical cells is opposite to that by Ding and Liu, but both pictures are similar. Convective activity was
enhanced over the area of ascending part of the cell and was suppressed over the area of descending
part.

Figure 6. Climatologically averaged (1971-2000) Meiyu frontal structure along 117.5°E. Solid lines are θse
isolines (Unit: K) and dashed lines are isolines of specific humidity (Unit: gkg-1). Horizontal bar at the bottom
represents the latitudinal range of precipitation greater than 200mm (27°-30 °N) (Ding and Liu, 2003).

Figure 7. Same as Figure 6, but for the cross-front vertical circulation (Ding and Liu, 2003).

For individual cases, the vertical circulations are basically similar to the above climatological
condition, but with some differences. Based on Ninomiya (2004) who has studied the Meiyu case for
1991, the largest southerly winds appear in 925-600 hPa over ~27 oN,which is to the south of the
intense rainfall zone, while a relative maximum northerly wind appears in 700-500 hPa over 37°N,
which is to the north of the intense rainfall zone. The dominant meridional current in the upper
troposphere is the northerly flow at 150 hPa and ~25°N, which indicates the outflow from the
upper-level anticyclone formed over the intense rainfall area. Thus, the strong low-level meridional
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convergence capped by the strong upper-level meridional divergence appears in the intense rainfall
zone. Strong ascending motion is concentrated within the intense rainfall zone, and significant
subsidence is on both the northern and southern sides of the ascending motion.
From Figure 6, it can be seen that the Meiyu-Baiu frontal zone associated with intense convective
precipitation is not characterized by the strong convective instability, but by nearly moist neutral
stratification. This indicates the release of the convective instability associated with the cumulus
convection. For the sustenance of the strong convective precipitation for the Meiyu period (10-20 days),
some large-scale processes must generate convective instability against the stabilizing effect of the
convective clouds. The local time change of convective stability is due to the differential advection of
θe. Ninomiya (2004) has indicated that area of negative differential advection (generation of convective
instability) are present over the Meiyu-Baiu frontal zone, which indicates that the differential advection
generates successively convective instability against the release of the instability by the convective
clouds. As the result of these two processes, the large precipitation and nearly moist neutral
stratification are maintained within the frontal precipitation zone.
4. Meso-scale Disturbances in Meiyu Fronts
The heavy rainfalls during the Meiyu period are mainly generated by the meso-α-and meso-β-scale
disturbances which are embedded within and propagated along the Meiyu cloud and rain band or frontal
zone with horizontal length scale of several thousand kilometers (Ding 1992). The meso-α-scale
systems during the Meiyu period may be classified into two types: the Yangtze River Valley shear line
and the low-level vortex. The Yangtze River Valley (112-120°E, 30-35°N) shear line is the major
synoptic system, which generates heavy rainfalls in this region (Chen, 2004).
There were at least two kinds of low-level vortices that generated heavy rains during the Meiyu
season. One was the SW (southwest) vortex. It was generated on the lee-side of the Tibetan Plateau and
tended to be stationary if there was no upper-level trough to steer it out of the Sichuan Basin. It could
produce heavy rainfalls locally in Sichuan Basin. Once it is steered out and moves eastward, it moves
along the Meiyu shear line in most cases and moves northeastward or southeastward in some others.
The readers are suggested to refer to Part B/3d for detailed illustration of the SW vortex. Another kind
of low vortex is the intermediate-scale cyclone which forms along the Meiyu front with a horizontal
scale of 1000-3000 km (Ninomiya, 2001; Ninomiya and Murakami, 1987). Results of a case study of
the heavy rain event in 23-25 June 1983 over the Yangtze River Valley by Ma and Bosart (1987)
revealed that a quasi-stationary frontal boundary, separating very warm and moist tropical Pacific air
from slightly cooler but still moist air, served to focus the rains in a relatively narrow latitudinal band.
The situation was consistent with those obtained in the previous studies for the occurrence of heavy
rains in the Meiyu season over the Yangtze River Valley (Ding 1992; Tao and Chen 1987; Tao and
Ding 1981).
As indicated by G. Chen (2004), due to the observational spatial data limitations in China, very little
work has been done on meso-β-scale systems. The Meiyu experiment over the middle and lower
reaches of the Yangtze River (1980-1983) for the first time provided an opportunity for studying this
system on the horizontal scale of 25-250 km, by using the denser network of the upper-air and surface
observations. The major findings have been summarized in the monograph by Zhang (1990). It was
found that the meso-β-scale systems occurred in advance of the forward tilting minor wave trough
which was located near the Meiyu cloud and rain bands, on the right side of the upper-level jet, and the
left side of the low-level jet. In general, this system was associated with the mesoscale shear line.
During past ten years, the availability of meso-scale observational data has been considerably improved
due to several Meiyu rainstorms experiment projects carried out in South China and the Yangtze and
Huaihe River Basins, such as HUAMEX, TAMEX, GAME/HUBEX and the Meso-scale Rainstrom
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Experiment in the Yangtze River Basin. Some new results have been achieved in relation to meso-scale
disturbances in Meiyu fronts.
A typical example of Meiyu-Baiu frontal disturbances is shown in Figure 8 (Ninomiya, 2004). The
Meiyu-Baiu cloud zone appears as the chain of cloud systems on the subsynoptic-scale and mesoscale.
Two cloud systems of subsynoptic-scale are present near ~130°E and ~180° (Figure 8A). Cyclonic
vorticity cores at 850 hPa (Figure 8C) and 500 hPa (Figure 8B) accompany these cloud systems.
However, a smaller cloud system is not necessarily associated with a vorticity core. A few cores of large
vorticity associated with cloud areas are also present in the northern latitudes. The longitude-time
section of ζ850 (850 hPa vorticity) along 35°N, and that of TBB along 33.5°N are presented in Figure
9A and 9B, respectively. Large diurnal variations of clouds are seen in 90°-105°E (Figure 9B).
However, these cloud systems, which develop in the afternoon, are not sustained, since they are formed
in the zone of anticyclonic circulation. Significant diurnal variation is not seen in the Meiyu-Baiu
frontal zone, while the eastward propagation of the cloud systems is evident. The longitude-time section
in Figure 9A shows eastward propagation of the core of ζ850 associated with cloud systems. However,
Fig. 9B shows finer structure of cloud systems as compared with ζ850, because the TBB data have
higher resolution.
The wavelength of the major disturbances in Figure 9B is estimated to be ~2000 km, which falls on
the border between macro-β- and meso-α-scale. Therefore, these disturbances are identified as
subsynoptic-scale Meiyu-Baiu frontal disturbances in the present report. Some authors (Matsumoto and
Nimomiya 1971) classified them as medium-scale disturbances. The longitude-time section of ζ500
(500 hPa vorticity) along 50°N (figure is not presented) shows that the propagation of disturbances in
the northern latitudes is quite different from that in the Meiyu-Baiu frontal zone. The disturbances in the
northern latitudes tend to remain at the almost same longitude, which indicates very slow propagation.
This is due to the development of the blocking ridge over 130°-140°E.
From Figures 8 and 9, one may see that the Meiyu-Baiu cloud zone contains a train of cloud
systems of subsynoptic-scale and mesoscale. Each subsynoptic-scale cloud system is associated with a
respective subsynoptic-scale frontal depression. There are a few mesoscale sub-systems within a
subsynoptic-scale cloud system. In general, active convective clouds are favored in its southwestern
portion. Sometimes, significant banded structures of clouds are found.
Thus, one series of the cloud zone with a length of 2000-3000 km consist of a family of
subsynoptic-scale cloud system, and meso-α-scale cloud systems that are aligned along the trailing
portion of the preceding subsynoptic-scale cloud system. The low TBB value and sharp boundary of the
low TBB area of the meso-α-scale cloud systems indicate that the main part of them consists of active
convective clouds. These meso-α-scale cloud systems are classified into three types according to their
lifetime and the magnitude of the associated relative vorticity (Ninomiya, 2004). Type-A meso-α-scale
cloud systems are characterized by the cyclonic circulation in the lower and middle troposphere. The
magnitude of the relative vorticity is less than 4 x 10-5 s-1, which is significantly smaller than that of the
subsynoptic-scale depression. They do not necessarily develop into a frontal depression. They form
within the moist and convectively unstable airmass over the southern China and develop as they
propagate along the Baiu front. They weaken as they propagate into the stable airmass to the east of
150°E. The lowest TBB is about -60°C. The horizontal spacing between the subsynoptic-scale cloud
systems and/or meso-α-scale cloud systems is 500-1000 km. Type-B meso-α-scale cloud systems are
characterized by a cyclonic circulation that is confined to the lower troposphere. They form within the
moist and convectively unstable airmass over southern China and weaken when they propagate into the
stable airmass. Although the lowest TBB is about -50°C, the extent of the cloud system is only about
200km. Type-C meso- α -scale cloud systems are characterized by a short life of less than 12 hour. They
form over the southern China during the afternoon due to heating by strong insolation. Many of them
form within the region of low-level (850 hPa) anticyclonic circulation, which extends to the south of the
Meiyu front, and are not sustained beyond 12 hour.
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Figure 8. (A) Maps of TBB at 00 UTC 1 July 1991. The isopleths are at 10°C intervals, and the minus sign of TBB
is omitted. The stippling indicates an area where TBB is less than 30°C. Maps of (B) ζ500 (500 hPa relative
vorticity, 10-6 s-1) and (C) ζ850 (850 hPa relative vorticity,10-6 s-1) at 00 UTC 1 July 1991 (Ninomiya, 2004).

The above meso-α-scale cloud systems are very favorable for occurrence of meso-scale convective
systems (MCSs). The MCSs are observed to develop in the region of the meso- α -scale cloud systems.
By definition, mesoscale convective systems (MCS) are a well organized, meso-α scale (with horizontal
resolution of 200-2000km) convective system which has a nearly elliptic shape and smooth edge. MCS
includes the meso-scale convective complex (MCC) that has been extensively studied. Activities of the
MCSs are quite frequent in China. They mainly occur in Southwest China, but are often observed in
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connection with the major seasonal rain belts such as those during the presummer rainy season in South
China and Meiyu in the Yangtze-Huaihe River Basins. During the Baiu season in Japan MCS are
sometimes observed as an important intense rain-producing system (Ninomiya and Murakami, 1987).
The preferred locations of occurrence of MCS are the northwestern periphery of the subtropical high
over the western North Pacific where the warm and cold air have an frequent and vigorous interaction.
Sometimes, the MCSs also may be produced in East and South China due to strong surface heating and
local unstable stratification.

Figure 9. (A) The longitude-time section of ζ850 (850 hPa relative vorticity, unit in 10-6 s-1) at 35°N. (B) The
longitude-time section of TBB at 32.5°N. The isopleths are at 10°C intervals, and the minus sign of TBB is
omitted (Ninomiya, 2004).
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The MCC have been intensively studied in 80’s and early 90’s. In the figure produced by Miller and
Fritsch (1991), the MCCs in China were only observed in Southwest China which are associated with
the Southwest Vortex. But, based on studies by Chinese meteorologists, the gensis regions of MCCs are
not only confined in this region, they may occur over a number of other regions. In late spring and early
summer, MCCs often occur over the southern part of China (Xiang and Jiang, 1995) in relation to
Meiyu season. Their mean lifetime is about 18 hours, slightly longer than that (about 10 hours) in North
America. MCCs generally generate and develop in late afternoon and early evening, further grow into
MCC at nighttime and disspate in the morning of the next day. The mean area of cold cloud canopy
(≤-52°C) is 1.4×105km2, slightly smaller than that in North America (2-3×105km2). The minimum cloud
top temperature is generally below -80°C, with an average of -86°C. The mean ellipticity of cloud
areas≥0.6, slightly smaller than that (≥0.7) in North America. Most of MCCs move southeastward,
nearly parallel with the direction of mean wind in the layer of 700-500 hPa. The convective cells or
ensembles that subsequently evolve into MCC form in leeside and then develop into MCC under
forcing of weather systems in tropics and mid-latitudes. Four stages may be divided for a life cycle of
MCC, i.e., genesis, development, mature and decaying stages. At the genesis and development stages,
the precipitation amount is relatively small, with severe convective weather dominating. The heavy
rainfalls mainly occur at the mature stage, with intense rainfall rate of 30-50 mm hr-1. Therefore, the
MCCs are an important rain-producing system in the summer monsoon season in South China and the
Yangtze River Basin.

Figure 10. Composite structure for 12 cases of meso-α scale MCS selected in May-June 1981-1986 in the (a)
formation stage at 850 hPa, (b) formation stage at 200 hPa, (c) mature stage at 850 hPa, and (d) mature stage at 200
hPa. Wind plots are conventional at 2.5° lat × 2.5° long grids. Streamlines (solid) and temperature (dashed, °C) are
analyzed. Heavy arrow indicates LLJ position, heavy dashed line shows the Mei-Yu shear line, and C indicates the
MCS position (from Wu and Chen 1988).
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Figure 10 presents the composite structure of environment conditions for the 12 cases of
meso-α-scale MCS (i.e. MCC) over South China selected in May-June 1981-1986 in their formation
and mature stages (Wu and Chen 1988). The overall structure was quite similar to that for the
midlatitude MCC in the North America as obtained by Maddox (1983). The MCCs form and intensify
in the warm sector to the south of the Meiyu front/shear line. The strong warm advection and speed
convergence (i.e. convergence due to the downstream speed decrease) in the lower-tropospheric
southwesterlies, possible lifting mechanisms in the formation and intensification stages, prevail over
the area of MCC. The MCC tended to form and to intensify on the cyclonic side of the LLJ exit region.
Anticyclonic circulation and diffluent flow in the upper troposphere provided conditions favorable for
the intensification of MCC.
G. Chen (2004) has recently indicated that favorable conditions for the development of MCSs and
the occurrence of heavy rainfall in the Meiyu season were identified such as warm advection in the
lower troposphere, low-level convergence over the low pressure and/or the front, low-level jet,
short-wave trough in the lower to middle troposphere, the middle and upper troposphere diffluent flow
and/or speed divergence, and potential instability in the lower and middle troposphere. The mesoscale
forcings for triggering MCSs included the frontal secondary circulation, low-level jet, upper-level jet
streak, quasi-stationary mesolows, terrain-induced flows, outflow boundaries, and local circulations.
The updrafts and cores of MCSs in TAMEX were comparable in size and strength with those measured
in GATE and hurricanes but much weaker than those measured in continental thunderstorms.
5. Intercomparison among Meiyu, Baiu and Changma

Figure 11. Conceptual model of the Meiyu-Baiu frontal cloud zone (Ninomiya, 2004).

Although Meiyu in China and Baiu in Japan both occur in the early summer rainy season in East
Asia, their structure and dynamics are not precisely the same, due to different locations of the planetary
frontal zone. As indicated by G. Chen and Chang (1980), the structure of the eastern (near Japan) and
central (the East China Sea) resemble a typical midlatitude baroclinic front with strong vertical tilting
toward a upper level cold core and a strong horizontal temperature, whereas the western (Southern
South and the Yangtze River Basin) section resembled a semitropical disturbance with an equivalent
barotropic warm core structure, a weak temperature, and a rather strong horizontal wind shear in the
lower troposphere. Figure 11 clearly illustrates the environmental conditions where the Baiu in Japan
and Meiyu in China form (Ninomiya, 2004). In this conceptual model the cloud zone consists of a few
cloud system families, each of which consists of two parts: a sub-synopticscale cloud system associated
with a sub-synoptic-scale Meiyu-Baiu frontal depression (indicated by S), and a few meso-α-scale

109

cloud systems (indicated by α). The latter are aligned along the trailing portion of the preceding
sub-synoptic-scale cloud system. Cold lows and a midlatitude blocking ridge and the Pacific subtropical
anticyclone all have strong influences on the Meiyu-Baiu cloud systems, but with a stronger effect of
cold lows on Baiu (eastern section). The subtropical and tropical monsoon airflows have a more
significant influence on Meiyu in China. Rows of large and small arrows in Figure 11 indicate the
500-hPa and 850-hPa maximum wind axes, respectively. The short-wave trough that propagates along
the northern maximum wind zone becomes coupled with the shortwave trough in the Meiyu-Baiu
frontal zone under the influence of the cold low over Siberia, leading to the development of a
sub-synoptic-scale frontal depression. Subsequently, a few meso-α-scale cloud clusters form along the
trailing portion of the preceding sub-synopticscale cloud system.
Table 1 A comparison between the Meiyu in China and Baiu in Japan (Ding, 1992)
Large-scale aspects

Frontal structure

Cloud and rainfall
zone

Meso-scale structure

Low-level jet (LLJ)

Meiyu in China
(1) Dual-blocking highs (90°E and 150°E)
and nearly zonal airflow (30-50°N), and
single blocking high (100°E) and
upper-level cold vortex in Northeast China;
(2) The Asian summer monsoon is
established and the subtropical anticyclone
over West-Pacific is enhanced
(3) The upper westerly jet is located in
latitude band 30-50°N.
(1) A weak or nearly absent horizontal
thermal gradient, strong moisture gradient
and nearly moist neutral or convectively
unstable stratification;
(2) The Meiyu front is related to a shear line
between the southerly and northerly winds,
with a rather strong wind shear in the lower
troposphere;
(3) An equivalent, barotoropic warm core
aloft.
(1) Stable and continuous precipitation and
cloud band with convective rain masses
embedded
(2) Very weak baroclinicity
(1) Intense Meiyu rainfall is produced by
successive passage and development of a
medium-scale (meso-α scale) frontal
depression which is composed of a few
meso-β scale disturbances;
(2) Medium-scale depressions, confined to
the layer below 500 ha, have a 1000-1500
km horizontal scale while the meso-β scale
disturbances have a wavelength of
150-200km, with considerable faster
eastward propagating speed than the
medium-scale disturbances.
(1) LLJ is often formed under the condition
of an eastward extending Indian monsoon
and further turning to southerly winds over
the South China Sea;
(2) LLJ has a super-geostrophic character;
(3) Significant southerly component toward
the Meiyu front, thus causing moisture
convergence.
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Baiu in Japan
(1) Baiu trough and the Baiu ridge are
formed, similar to the single blocking
type. The rainfall activity of the Baiu
front is greatly controlled by the Baiu
trough (or cold air);
(2) A more northern latitude (60-70°N)
of the upper westerly jet.
(1) A typical midlatitude front with a
strong horizontal temperature gradient
and moisture gradient;
(2) The Baiu front is located 1500 km
south of the Baiu trough
(3) A prominent vertical tilt toward an
upper level cold core.

(1) A major cloud system including
deep convective clouds
(2) Weak convectively unstable
conditions and fairly strong
baroclinicity.
(1) The Baiu front is made up of a
number of medium-scale depressions,
separated by relatively clear skies;
(2) Some of medium-scale depressions
may develop into significant Baiu
frontal cyclones around Japan where the
thermal gradient is relatively large.

(1) Forming in NW or N rim of the
subtropical anticyclone;
(2) A relatively small horizontal scale;
(3) Some of LLJ are consequences of
feed-back of Baiu rainfall

It is very interesting to note the regional difference between the Meiyu in China and Baiu in Japan.
Ding (1992) made a comprehensive comparison in this regard from the synoptic perspective (Table 1).
The rainy season in Korea, the so-called Changma, accompanied with a belt-like peak rainfall zone,
begins with the influence of the quasi-stationary convergence zone between the tropical maritime
airmass from the south, and both continental and maritime polar airmasses from the north (Oh et al.,
1997). Figure 12 depicts this convergence zone at 700 hPa (Qian and Lee, 2000) (Figure 12(a)). During
2-7 July, the convergence zone or line of both southwesterly and northwesterly winds is located in the
Huaihe River Basin between the lower Yangtze River and the lower Yellow River. The major rainfall
area is not observed over the Korean Peninsula (Figure 13(a)). However, in the next pentad (7-11 July)
when the convergence zone migrates northward (Figure 12(b)), wind and intensive rainfall with 12 mm
day-1 start to dominate the Korean Peninsula and Japan (Figure 13(b)), which is evidently separated
from the extensive area of tropical precipitation. Therefore, based on the precipitation peak and lower
tropospheric circulation features, the onset date of the Northeast Asia summer monsoon or Changma
rainy season can be determined as the period of the 37th to 39th pentad (late June—mid-July), with a
significant interannual variability. Therefore, the Changma is a shorter monsoonal rainy season, with
mean Changma period being 20 days to one month long.

(b)

(a)

Figure 12. Climatological mean wind fields at the 700 hPa: (a) for 2-6 July and (b) 7-11 July. Bold-solid line
indicates the convergence line or zone. A scale of the wind (Unit: m s-1) is given in the lower right corners (Qian
and Lee, 2000).

(b)

(a)

Figure 13. Climatological mean precipitation fields (1979-2001). CAMP dataset is used here. (a) July 4-8 and (b)
July 9-13. Unit: mm day-1 (Sun, 2002)
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Finally, the conceptual models of Meiyu fronts in the Yangtze River Basin and South China are
shown, respectively (Figure 14) (Liu et al., 2003; Chen et al., 1994). They are in many ways quite
similar. Ahead of the Meiyu front, a thermally direct vertical circulation is observed, with the upward
motion in Meiyu precipitation region and downward motion in the south (Chen et al. labeled this cell as
indirect cell). The Meiyu front at low-level evolves into the so-called equatorial front (Figure 14a). In
the Meiyu precipitation zone, the air in the deep troposphere is high moist, with high θe observed. The
LLJ is observed to the south of the Meiyu front within the lower return branch of the secondary
circulation (Figure 14b). It is often vertically coupled with the upper level jet stream.

(a)

(b)
Figure 14. (a) Synoptic model of the Meiyu season in East China (Liu et al., 2003). (b) Schematic diagram
showing the flow structure of an observed Meiyu front (from Y. L. Chen et al. 1994). The thin solid line depicts
the direct (D) circulation while the thin dashed line depicts the indirect (I) circulation. The heavy solid line shows
the frontal position. The character J denotes the jet position. The thick heavy line represents the tropopause
boundary. Regions with relative humidity greater than 70% are shaded.
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1. Introduction
The Asian summer monsoon, the most energetic components of the earth’s climate system, exhibits
distinct regional characteristics. Differing from the Indian summer monsoon (ISM) and the East Asian
summer monsoon (EASM), two continental monsoon components, the western North Pacific summer
monsoon (WNPSM) is an oceanic monsoon system (Tao and Chen 1987, Murakami and Matsumoto
1994), driven primarily by meridional gradient of sea surface temperature. The WNPSM circulation is
characterized by a northwest-southeast oriented monsoon trough with intense precipitation, low-level
southwesterlies, and upper-tropospheric easterlies. The concept of the WNPSM was first suggested by
Tao and Chen (1987), analogous to a conceptual model of Indian monsoon circulation that connects the
Madacasca High to the India subcontinent (Krishnamurti 1976). Tao and Chen (1987) described the
linkage of the WNPSM westerlies to the Australian High and northward cross-equatorial flows.
The core domain of the WNPSM was usually defined as (110°-160°E, 10°-20°N). The boundary
between the ISM and WNPSM appears to exist somewhere over South China Sea where relative dry
weather persists with a climatological OLR exceeding 230 W/m2, in contrast to a much smaller value of
less than 190 W/m2 at updraft portions of the WNPSM and ISM (Murakami and Matsumoto 1994).
Wang and LinHo (2002) refined the definition of the WNPSM domain based on onset, peak, and
withdraw characters of climatological rainfall over the ISM, EASM and WNPSM regions (see Fig. 1.1).
The EASM and WNPSM are separated by a remarkable discontinuity in the onset, peak, and
withdrawal patterns along the southern flank of the western Pacific subtropical high (WPSH). The
EASM retreats progressively poleward from June to early September while the WNPSM withdraws
equatorward after mid-September. The ISM and WNPSM, on the other hand, is separated by a broad
transitional zone over Indochina in which rainy season has double peaks occurring in
September-October and May, a characteristic that differs substantially from rainy seasons over the ISM
and WNPSM. Major differences between the ISM and WNPSM are: (1) the rainy season reaches its
peak in June-July in the ISM region but in August-September in the WNPSM region, and (2) their onset
patterns are remarkable different. In the ISM, a northward march of the rain belt over the Arabian Sea
and a northwestward migration over the Bay of Bengal converge on the Indian subcontinent. In
contrast, the WNPSM consists of a three-phase development (see Fig. 4 in chapter 6), which, to a large
extent, is controlled by the climatological intraseasonal oscillation (Wang and Xu 1997).
The WNPSM contains rich temporal spectrums, ranged from synoptic, intraseasonal, interannual,
to interdecadal time scales. There also exist complex interactions among motions in various time scales.
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For example, The WNPSM trough is a breeding ground for tropical cyclone (TC), and its intraseasonal
and interannual variations largely regulate the location of TC genesis. Pressure and wind anomalies
over the WNP are crucial in linking the El Nino-Southern Oscillation (ENSO) to the East Asian summer
monsoon and climate (Wang et al. 1999). Convective activities over the WNP exert considerable
influence on the weather and climate in the East Asia (Nitta 1987) and even in North America
(Kawamura et al. 1996, Wang et al. 2001). Thus, understanding physical mechanisms behind motions
at various temporal and spatial scales and their interactions becomes critical for conducting real-time
weather and climate forecast in the region. This review paper intends to review the current status of our
understanding of the WNPSM on annual, synoptic, intraseasonal, and interannual time scales.
2. Onset of the WNPSM and Climatological ISO
Climatologically, the summer monsoon displays a distinct step-wise northeastward advance in the
SCS and the WNP (Wu and Wang 2000; Wu and Wang 2001). The monsoon rain commences first in
the South China Sea in mid-May, extends into the southwestern Philippine Sea in mid-June, and jumps
suddenly northeastward to around 20°N, 150°E in late-July. In association, the western North Pacific
subtropical high displays a sudden eastward retreat or quick northward displacement and the monsoon
trough pushes abruptly eastward or northeastward at the onset of the three stages (Wu and Wang 2001;
Wu 2002). The warm SST tongue (SST over 29.5°C) and high instability region feature a similar
northeastward move in the SCS and the WNP regions (Wu and Wang 2001; Wu 2002).
The exact cause of this northeastward movement of large-scale convection and SST fields is
unclear. It is speculated that it may result from local air-sea interactions (Wu 2002). The
monsoon-induced changes in cloudiness and surface wind produce contrasting changes in surface short
wave radiation and latent heat flux between the convection and pre-convection region. In the
convection region, the increased cloudiness reduces the incoming short wave radiation. The increased
wind speed and intrusion of monsoon disturbances enhances evaporation and oceanic mixing. The
development of cyclonic vorticity induces upwelling. Northeast of the convection region, the
compensating downward motion in relation to the move of the subtropical high increases the incoming
short wave radiation. The decrease in wind speed and suppression of high frequency disturbances in
association with the move of the monsoon trough and the subtropical high reduce evaporation and
oceanic mixing. The major changes at the two monsoon onsets in mid-May and mid-June are
summarized in Fig. 2.1.
The contrasting change in surface heat fluxes induces a similar contrast for the change in SST
tendency (Wu 2002). This leads to the reversal of the SST gradient east of the convection region in
about one month, and induces the northeastward shift of the highest SST center. Following the ocean
surface warming in the pre-convection region, the convective instability and the low-level moisture
convergence increase. East of the convection region, the reversal of the SST gradient tends to be
associated with the transition of low-level winds from easterly to westerly. Thus, on one hand, the
cloud-radiation and wind-evaporation feedback plays an important role for the seasonal change in SST,
and on the other hand, the SST change induced by the monsoon onset facilitates the northeastward
extension of convection. This suggests that the summer monsoon advance over the western North
Pacific may result from air-sea interactions. The processes leading to the northeastward advance of the
summer monsoon are illustrated in a schematic diagram shown in Fig. 2.2.
The multi-stage onset of the summer monsoon over WNP was found closely related to a
climatological intraseasonal oscillation (CISO) in the region. The concept of CISO was introduced by
Wang and Xu (1997), who noticed that ISOs with similar phases tend to occur around the same time of
the season. The CISO in WNP has a dominant period of about 20-30 days, which may determine up the
time interval between the consecutive stages of the monsoon onset. Wang and Xu (1997) documented
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four CISO cycles in the northern summer monsoon domain. The wet phases of the first 3 CISO cycles
occur, respectively, corresponding to the onset of SCS monsoon, the onset of Meiyu/Baiu, and the peak
of the WNPSM (also see Kang et al. 1999). The stepwise onset has been speculated to result from
seasonal phase locking of the ISO that interacts with the underlying ocean (Ueda et al. 1995; Wu and
Wang 2000a, b). Ueda et al. (1995) showed that the abrupt northward shift of convective anomalies
over the western Pacific around 20°N, 150°E in late July is accompanied by a sudden appearance of
large-scale cyclonic circulations and by changes in TC tracks.
3. Synoptic Variability
3.1 Synoptic-Scale Wave Train
The WNP is a favorable region for development of synoptic wave trains in boreal summer (e.g.,
Wallace and Chang 1969; Wallace 1971; Reed and Recker 1971; Lau and Lau 1990; Chang et al. 1996).
Lau and Lau (1990) identified the northwest-southeast oriented synoptic-scale wave trains by analyzing
the low-level vorticity and meridional wind fields. The wave train extends toward the southeast with a
wave-like pattern that consists of alternating regions of cyclonic and anticyclonic circulations (Fig. 3.1),
propagating northwestward along the confluence zone of the mean summer flow and extending from
the equatorial western Pacific to Southeast Asia, with some exceptions reaching Indian subcontinent.
The wave trains have a typical wavelength of 2500-3000 km and a time scale of 6-10 days. These
tropical transients tend to propagate westward and/or northwestward over the WNP region, with an
average phase propagation speed of about 5 m/s.
It is revealed that the growth areas for these synoptic wave trains are found in the eastern regions
over the western Pacific, and decay in the western side of this region. The most prominent feature is the
large growth area over the western Pacific, which extends northwestward from around 0°N, 180°E.
These tropical disturbances cease to grow just off the coast of South China, and strong decay rates are
discernible along the coast and farther inland.
The wave disturbances confine their maximum kinetic energy in the lower-troposphere, and are
characterized by vorticity anomalies that tilt westward with height in the vicinity of 135°E, 15°N (Lau
and Lau 1990, Maloney and Dickinson 2003). A characteristic southwest to northeast tilt of the eddy
structure is observed, indicating a barotropic conversion for energy source, in addition to latent heating
in the middle troposphere (Lau and Lau 1992).
Various processes may trigger the development of the synoptic-scale wave trains. Among them are
Rossby wave energy dispersion of a pre-existing, mature TC (Holland 1995, Li et al. 2003) and a
transition of equatorial mixed Rossby-gravity waves (Takayabu and Nitta 1993, Liebmann and Hendon
1990, Dickinson and Molinari 2002). Using a linear shallow water model, Aiyyer and Molinari (2003)
(AM hereafter) simulated the evolution of initial equatorial MRG waves in a background state similar to
the convective phase of the Madden-Julian Oscillation (MJO). The numerical result suggests that a
large-scale asymmetric heating may lead to the growth of off-equatorial tropical disturbances from an
equatorial perturbation.
Li (2004) suggested that the origin of the summertime synoptic wave trains might result from the
instability of the summer mean flow in WNP in the presence of the convection-frictional convergence
(CFC) feedback. This hypothesis was investigated with an anomaly atmospheric general circulation
model in which a 3D summer mean basic state is specified. The perturbation convective heating in the
model is proportional to the boundary layer divergence. Initially various types of perturbations
(including equatorial MRG waves) are introduced. The strategy is to examine how the initial
perturbations involve with time. No instabilities occur in the absence of the CFC feedback. The analysis
of the least damped mode, however, shows that this mode has a northwest-southeast oriented wave train
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structure and a typical wavelength of 2500 km, propagating northwestward. In the presence of both the
3D mean flow and the CFC feedback, the model captures the most unstable mode that is located in the
WNP and has a wave train structure and propagation speed similar to the observed.
The easterly waves (or equatorial Rossby waves) are also observed in WNP (e.g., Chang 1970). The
propagation speed and vertical structure of these waves may change systematically from east to west.
Reed and Recker (1971) attributed this change to the longitudinal variation of the vertical shear in the
ambient flow. Both the tropical depression (TD)-type disturbances/synoptic wave trains and the
easterly waves are often related to tropical cyclone (TC) genesis. Ritchie and Holland (1999) suggested
that roughly 50% of west Pacific TCs form in association with TD-type disturbances.
3.2 Impact of the WNPSM on Tropical Cyclones
When the axis of the WNP monsoon trough is in its normal orientation (NW-SE), TCs tend to move
northwestward on tracks close to those expected from climatology. As an episodic event, the axis of the
monsoon trough extends farther north and east than normal and acquires a reverse (SW-NE) orientation.
When the monsoon trough becomes reverse-oriented, TCs within it tend to exhibit north-oriented
motion and other unusual motions such as eastward motion at low latitude and binary interactions with
other TCs along the trough axis. Approximately 80% of the TCs that are associated with a
reverse-oriented monsoon trough move on north-oriented tracks (Lander 1995). A TC track type,
defined herein as the “S”-shaped track, is primarily associated with reverse orientation of the monsoon
trough: 23 of 35 cases (66%) of the S motion during the period 1978-94 occurred in association with a
well-defined reverse-oriented monsoon trough.
The monsoon exerts a great impact on tropical cyclogenesis in the WNP. For instance, the
confluence region between the monsoonal southwesterlies and the trade easterlies was identified as a
frequent region of TC formation (Sadler 1975; Frank 1982; Briegel and Frank 1997). The dynamic
interpretation is that this mean flow confluence tends to trap tropical waves in the mid- to lower
troposphere through energy accumulation (Chang and Webster 1990; Holland 1995; Kuo et al. 2001).
Ritchie and Holland (1999) summarized three large-scale flow patterns associated with cyclogenesis in
the WNP: monsoon shear line, monsoon confluence, and monsoon gyre. Using the QuikSCAT surface
wind and the Tropical Rainfall Measurement Mission Microwave Image data, Fu (2003) documented
various synoptic-triggering scenarios for WNP cyclogenesis. Among them are Rossby wave energy
dispersion from a pre-existing TC, easterly wave energy accumulation, and synoptic wave train activity.
Using a 3D hurricane model, Li et al. (2003) demonstrated the importance of the Rossby wave
train-mean flow interaction in leading to cyclogenesis in the WNP.
An observational analysis reveals a vital impact of strong El Nino and La Nina events on TC
genesis over the WNP (Wang and Chan 2002). Although the total number of TCs formed in the entire
WNP region does not vary significantly from year to year, during the strong El Nino summer and fall,
the frequency of TC formation increases remarkably in the southeast quadrant (0°-17°N, 140°-180°E)
and decreases in the northwest quadrant (17°-30°N 120°-140°E). The enhanced TS formation in the SE
quadrant might be attributed to the increase of low-level shear vorticity generated by El Nino-induced
equatorial westerlies, while the suppressed TS generation in the NW quadrant is possibly caused by a
strengthening of the WNP subtropical high induced by El Nino forcing.
4. Intraseasonal Variability
The WNPSM is characterized by prominent active and break periods, which are closely associated
with the intraseasonal oscillation in the region (e.g., Murakami 1980; Lau and Chan 1986; Chen and
Murakami 1988, Lau et al 1988; Tanaka 1992; Ding 1992; Nakazawa 1992; Huang 1994; Wang and Xu
1997; Kang et al 1999; Chen et al 2000; Wu and Wang 2001). The active/break monsoons associated
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with ISO are not only observed in the WNPSM, but also in the ISM (e.g., Yasunari 1979, 1980; Sikka
and Gadgel 1980; Krishnamurti and Subrahmanyan 1982; and others) and the EASM (e.g., Chen and
Jin 1984; Lau and Chan 1986). The alternation between abrupt changes and steady evolution associated
with the ISO is particularly evident in the EASM.
The periodicity, amplitude, and propagation of the ISO exhibit strong geographical and seasonal
dependence across the entire Asian monsoon region. It has been shown that there are two dominant
periods over the WNP in boreal summer: a bi-weekly mode with a period of 10-20 days and a
lower-frequency mode with a period of 25-50 days (Murakami 1980; Lau et al. 1992; Chen and Chen
1995; and others). High amplitude OLR fluctuations on the 10-25-day timescale were identified over
the SCS by Fukutomi and Yasunari (1999). Based on their results, the fluctuation of OLR on this time
scale explains more than 30% of total variance during the early summer (MJJ) season. The ISOs in the
10-20-day period (the bi-weekly mode) were previously noticed in the Indian monsoon region (e.g.,
Murakami 1976; Krishnamurti and Bhalme 1976; Yasunari 1979; Krishnamurti and Ardanuy 1980;
Chen and Chen 1993; and others). Figure 4.1 illustrates the power spectra of observed daily OLR and
pended CMAP precipitation fields over the western North Pacific. There are two well-separated groups
of spectrum peaks around 20-70-day and 10-20-day periods. Similar observations have been identified
in many earlier studies (e.g., Lau et al. 1988, Tanaka et al. 1992, Chen and Chen 1995, Wang and Xu
1997, Fukutomi and Yasunari 1999, Kang et al. 1999, among others). In contrast to summer, a single
frequency band with a period of 6-30 days dominates the winter ISO between 10N and 30N (e.g.,
Compo et al. 1999).
4.1 ISO Subseasonal Variability
The ISO life cycle was found to have significant differences between early and late summer
(Kemball-Cook and Wang 2001; Hsu 2003). Kemball-Cook and Wang (2001) conducted a separated
composite analysis of the life cycle of the ISO for the boreal summer periods May-June (MJ) and
August-October (AO). Whereas the MJ composite shows strong eastward movement of convection
along the equator in both the Indian Ocean and western Pacific, convection in the AO composite has a
weak eastward-propagating signal along the equator and displays a discontinuous jump from the Indian
Ocean to the western Pacific. In marked contrast to the MJ composite, the AO composite shows strong
northwestward propagation of convection in the western Pacific. The change in the ISO life cycle from
MJ to AO reflects the seasonal shift in the distribution of basic-state vertical wind shear and low-level
specific humidity fields.
The 20-60 day and 10-20 day OLR variance distributions during the early summer
(May-to-mid-July) and the late summer (mid-July-to-September) are illustrated in Fig. 6 of Chapter 6.
The major 20-60 day variance in the early summer is located in the SCS and a secondary center is
observed in the western Philippine Sea. During this period, the 20-60 day variability in the WNP is
weaker than the counterpart in the Arabian Sea and Bay of Bengal. In the late summer, the variability in
the Arabian Sea, the Bay of Bengal, and the SCS weakens significantly, while the largest variability is
observed in the Philippine Sea extending eastward to 170°E. The major activity of the 20-60 day
perturbations apparently shifts eastward from the Bay of Bengal and the South China Sea to the western
North Pacific during the seasonal march from early to late summer.
The 10-20 day ISO in general has a similar subseasonal variation except that the contrast in the
Philippine Sea between the early and late summer is more prominent than in the 20-60 day band. Note
that the 10-20 day variance is about twice as large as the 20-60 day variance.
4.2 ISO propagation and Structure
Murakami (1980) first detected the westward propagation signal in OLR over WNP. Figure 4.2
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shows propagation tendency vectors from the 20-70 day and 10-20 day band OLR fields for the early
and late summer. The propagation tendency vectors were calculated from the 5-day and 2-day lagged
correlation maps for the 20-70 day and 10-20 day bands, respectively, following Lau and Chan (1986).
The northwestward propagation tendency is clearly seen in both bands in the WNP.
Perhaps the most striking difference between the 10-20 day and 20-70 day variability lies in the
propagation feature over the northern Indian Ocean. In the 20-70 day band, there is northeastward
propagation tendency of convection from the Indian Ocean to South China Sea, which is distinctive
from the 10-20 day band in which there is westward and northwestward propagation tendency across
the region from the early to late summer. The physical cause of such a distinctive propagation feature is
unclear.
Kawamura et al. (1996) documented the circulation structure associated with the northward
propagation of 20-60-day ISO convection in the 110°-160°E longitudinal band. The enhancement of
both the southwesterly from Indian Ocean and the southwesterly from the Pacific leads to an enhanced
east-west vertical circulation across the Indian Ocean and western Pacific. A remarkable feature is the
northward shift of the planetary boundary layer (PBL) convergence relevant to the convection center.
Such a phase relationship was confirmed by Hsu and Weng (2001), who found that 850-mb vorticity
leads to the convection (see Fig. 4.3), being in phase with the PBL convergence. The northward shift of
the vorticity may arise from the coupling between the baroclinic and barotropic modes in the presence
of easterly shear of the mean flow (Jiang et al. 2004). The combination of the beta effect and vertical
shear lead to the northwestward shift of low-level cyclonic vorticity to the ISO convection center, and
the cyclonic vorticity at top of the PBL further leads to frictional convergence and thus northwestward
shift of convective heating. Hsu and Weng (2001) further noticed that the surface latent heat flux does
not significantly lead the ISO convection. As a result, a positive SST anomaly ahead of the convection
does not actively contribute to the northwestward propagation, rather it is a passive response to
atmospheric forcing due to reduced surface wind speed over the cyclonic vorticity center.
Fukutomi and Yasunari (1999) noted that the 10-25-day enhanced (suppressed) convection occurs
in conjunction with well-organized cyclonic (anti-cyclonic) circulation anomalies over the SCS. A
downstream wave train extending from the SCS to North Pacific is built up in the lower troposphere
associated with this convective activity. This wave train is probably interpreted as a Rossby mode
response to the anomalous heating (cooling). Following the peak of enhanced convection, the East
Asian subtropical anomalous anti-cyclone maintains its strength as part of this wave train, and couples
with enhanced subtropical convection along the northern flank of this anti-cyclonic cell. Fukutomi and
Yasunari (2002) further noted that circulation patterns associated with enhanced 10-25-day convection
in June-July were significantly different from those in August. June-July composites show a significant
Rossby wave train in both the lower and upper troposphere, extending from the convective region into
the North Pacific along the mean westerly flow. In the lower troposphere, subtropical circulation
anomalies as part of this wave train propagate southwestward along the subtropical duct.
Tropical-extratropical linkage is less pronounced during August. Circulation structures in August in
both the lower and upper troposphere are different from those of June-July; Rossby waves do not
emanate from SCS and low-level subtropical circulation anomalies do not show southwestward phase
propagation.
4.3 Interannual variability of the ISO
The strength of ISO exhibits a year-to-year variability. A finite-domain wavenumber-frequency
analysis was proposed to measure the interannual variability of the boreal summer ISO in the
Asian-Pacific region (Teng and Wang 2003). The strongest interannual variations of the ISO are found
in off-equatorial WNP. In summer when El Nino is developing, both westward and northwestward
propagating waves with periods of 15-40 and 8-10 days are enhanced in July-October.
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ENSO affects the northwestward propagating ISO mode in the WNP through changing the mean
circulation (Teng and Wang 2003). During July-October in the El Nino developing year, the easterly
vertical shears over the tropical western Pacific are considerably increased, which in turn enhances
Rossby wave development and reinforces ISO convective activity.
4.4 ISO Control on TC genesis
Nakazawa (1986) found that TC formation tends to occur more frequently during the
convection-active phase of ISO at both the 15-25 day and 30-60 day time scales in both Northern and
Southern Hemisphere summers. This was confirmed by subsequent observational findings that the
activity of 3-10 day tropical disturbances increases during the westerly phase of the MJO (Yamazaki ad
Murakami 1989, Sui and Lau 1992, Maloney and Hartmann 2001, Straub and Kiladis 2003). Figure 4.4,
adopted from Maloney and Dickinson (2003), presents the 2.5-12 day 850-hPa vorticity variance during
the entire June-August period, during the ISO westerly events, and during the ISO easterly events. The
variance is largest in the ISO westerly phase and smallest in the ISO easterly phase, suggesting the
large-scale ISO control of development of synoptic-scale disturbances and tropical cyclogenesis in
WNP.
5. Interannual Variability
5.1 Leading Mode of the WNPSM Interannual Variability
The WNPSM displays pronounced interannual variability (Tanaka 1997, Wang et al. 1999, 2001,
Wu and Wang 2000, Chou et al. 2003,). A dynamic summer monsoon index (WNPMI) was defined by
Wang and Fan (1999) to measure the interannual variability of the WNPM. The WNPMI is defined by
the difference of 850-hPa westerlies between the two regions (5°–15°N, 100°–130°E) and (20°–30°N,
110°–140°E). The leading EOF mode from the multivariate EOF analysis of 850 hPa wind vectors
enlightens about 22% of the total variance. The correlation coefficient between the corresponding time
coefficient and dynamic index is 0.88 for the 50-yr period, which implies that the WNPMI indeed
reflects the dominant mode.
A strong WNPSM is characterized by increased rainfall over the South China Sea and WNP
(8°–20°N, 110°–180°E) with a suppressed convective zone extending from Borneo to southern India
(Fig.5.1a), and contrast of the SSTA between the SCS and central-eastern equatorial Pacific (Fig.5.1b).
The corresponding circulation anomalies are characterized by an anomalous cyclone (anticyclone)
elongated along 20°N from 100 to 170°E) and enhanced upper-level divergence over the Philippine Sea
and associated easterlies and southward cross-equatorial flows over the Maritime Continent connected
to an enhanced Australian high (Fig. 6.1).
5.2 Circulation Anomalies Associated with El Nino Turnabout
The evolution of anomalous 850hPa winds and vertical p-velocity associated with ENSO turnabout
was revealed by an extended singular vector decomposition (ESVD) analysis (see Wang et al. 2003 and
Fig. 10 in Chapter 10). This mode describes 91% of the total co-variance between the SST anomalies in
the tropical Pacific and Indian Oceans (40°E-90°W, 20°S-20°N) and five seasonal mean 850 hPa wind
anomalies.
During the summer when the El Niño develops, the low-level circulation anomalies are dominated
by an elongated anticyclonic ridge extending from the maritime continent to the southern tip of the
India. Associated with this anticyclonic ridge is a tilted belt of pronounced anomalous westerlies
extending from the Bay of Bengal to the WNP, suppressed convection over the maritime continent, and
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enhanced convection over the Philippine Sea. The enhanced WNP monsoon trough greatly increases
the number of tropical storm formation in the southeast quadrant of the tropical WNP (5°-17°N,
140°-170°E) (Chen et al. 1998; Wang and Chan 2001). On the other hand, the weak anticyclonic
anomalies over India imply a moderately deficient ISM.
During the fall of El Niño developing year, the SIO anticyclone grows explosively, leading to a
giant anticyclonic ridge dominating the Indian Ocean with the anticyclone center at 10°S, 90°E; a titled
ridge extending from western Australia all the way to the Arabian Sea. Note that a new anomalous
low-level anticyclone starts to form in the vicinity of Philippines.
In the mature phase of El Niño, D(0)/JF(1), the low-level circulation anomalies are dominated by
two subtropical anticyclonic systems located in the SIO and the WNP, respectively. The former is a
result of the weakening and eastward retreat of the SIO anticyclone from boreal fall, while the later
results from the amplification and eastward migration of the Philippine anticyclone. The most
suppressed convection centered east of Philippine.
MAM(1) and JJA(1) have similar anomaly patterns, which are characterized by the pronounced
WNP anomalous anticyclone. The intensity of the WNP anticyclone however, decreases toward JJA(1).
By summer JJA(1), subsidence controls the Philippine Sea and Southeast Asia, signifying weakening of
the summer monsoon over the WNP and south Asia. The anomaly pattern exhibits nearly opposing
polarities with that in the summer of the previous year, indicating a strong biennial tendency associated
with the El Niño turnabout.
The most interesting feature of the WNPSM is its weakening during the El Nino decaying phase
and strengthening during the El Nino developing phase. This raises important questions as how El Nino
exerts simultaneous and delayed impacts on the WNP anomalous circulation.
5.3 Causes of the Interannual Variability
The interannual variability of the WNPSM is closely related to ENSO. Table 1 lists the strong and
weak monsoon years via three categories of the ENSO developing year, ENSO decaying year and
non-ENSO year by Chou et al. (2003). A strong (weak) WNP summer monsoon tends to occur in the El
Niño (La Niña) developing year and the La Niña (El Niño) decaying year. Without the ENSO influence,
the interannual variability of the WNP summer monsoon does not link to the tropical eastern Pacific
SST
The composite difference of the summer rainfall anomalies between the strong and weak WNPSM
for the non-ENSO years, the ENSO developing years and the ENSO decaying years was investigated by
Chou et al. (2003). The anomalous WNP summer monsoon is likely related to different processes for
the non-ENSO, ENSO developing, and ENSO decaying years. In the non-ENSO year, the variation of
the meridional upper-tropospheric temperature gradient might be responsible for the anomalous WNP
summer monsoon. In the ENSO developing year, processes related to the eastward extension of the
eastern Pacific SST anomalies associated with ENSO could be the reason for the anomalous WNP
summer monsoon. In the ENSO decaying year, the western Pacific SST anomalies in the mature phase
of ENSO might associate with the anomalous WNP summer monsoon. These processes involve the
interannual variability of the WNP summer monsoon.
The process through which the ENSO has a delayed impact on the WNPSM was illustrated by
Wang et al. (2000) (see the schematic diagram of Fig. 9 in Chapter 6) and further explored by Wang and
Zhang (2002). In their proposed mechanism, the development of the anomalous Philippine Sea
anticyclone (PSAC) plays an essential role. The PSAC persists from the mature El Niño to the ensuing
summer, which strengthens the western Pacific subtropical ridge in the early summer after the peak
ENSO warm events. The persistence of the PSAC is proposed to be resulted from the positive
thermodynamic feedback between atmospheric descending Rossby waves and the underlying cold SST
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anomaly to the east of the PSAC center. This positive feedback operates in the presence of background
northeasterly monsoon or trade winds. To the east of the anomalous PSAC, the increased total wind
speed cools the ocean surface where it induces excessive evaporation and entrainment. The cooling, in
turn, suppresses convection and reduces latent heating in the atmosphere, which excites descending
atmospheric Rossby waves that reinforce the PSAC in their decaying journey to the west.
In contrast to its weakening in the El Nino decaying summer, the WNPSM tends to strengthen in the
El Nino developing summer. The possible cause of this enhancement during the El Nino developing
phase is as follows. First, it is attributed to the increases of low-level cyclonic vorticity associated with
equatorial westerly anomalies. Secondly, in response to El Nino forcing, convection over the maritime
continent is suppressed. The suppressed convection leads to an equatorial-asymmetric atmospheric
Rossby wave response in the presence of the asymmetry of easterly shear of the summer mean zonal
flow (Wang et al. 2003). Thus, a strong anticyclonic cell appears north of the equator, with an
anomalous ridge tilted northwestward toward the Indian subcontinent. This leads dry monsoon over
India. Meanwhile, the anomalous anticyclonic flow enhances low-level westerlies and thus convective
activities over the WNP. This explains why the rainfall anomalies in India often have an opposite sign
with that in WNP during the El Nino developing summer.
It was also suggested that there is significant effect of the El Nino in its mature phase on the
variation of WNPSM (Zhang et al. 1996). This effect seems to be through the changes in convective
activities over the western tropical Pacific and in associated Hadley circulation. The mature phase of El
Nino events is characterized by a strong anomalous subsidence over the maritime continent and by a
divergent circulation anomaly over the western Pacific, with the direction reverse to the Hadley
circulation. As a Rossby wave response of the tropical atmosphere to the convective cooling anomalies,
on the one hand, an anomalous low-level anticyclone forms to the north of the maritime continent,
which can significantly affect the circulation over East Asia and WNP (also see Zhang et al. 1999,
2002). On the other hand, the anomalous reverse-Hadley component over the western Pacific seems to
exert a direct effect on WNPSM circulation.
6. Global Teleconnection
6.1 Japan-Pacific Pattern
The WNPSM has not only pronounced year-to-year variability but also profound impacts on the
EASM. Nitta (1987) and Huang and Wu (1989) found that rainfall anomalies associated with the
Meiyu/Baiu front are correlated with variations of the convective activity over the Philippine Sea. It was
suggested that the atmospheric Rossby wave caused by the anomalous convective activities over the
tropical NWP can propagates from tropics to extratropics and leads to the interannual variability of the
EASM (Nitta et al. 1986; Nitta 1987, Kurihara 1989; Huang and Sun 1992, Wang et al. 2001).
Therefore, corresponding to a strong WNPSM, deficient rainfall occurs in the East Asian subtropical
monsoon front extending from the lower reach of the Yangtze River valley to Japan. This
teleconnection pattern is named as the Japan-Pacific (JP) pattern.
During summer, the location and strength of the WNP subtropical high (WNPSH) has a direct
influence on the East Asian summer (Chang et al. 2000a, 2000b, Lu 2001, Ninomiya and Kobayashi,
1998, 1999, Wang et al. 2000, Zhang et al. 2004). A strong WNPSH might result from a positive
feedback that involves the anomalous Hadley and Walker circulations (Chang et al. 2000a, Li 1997,
Wang 1995, Zhang and Jiang 2000), an atmospheric Rossby wave response to the western Pacific
cooling (Wang et al. 2000, Lu and Dong 2001), the evaporation–wind feedback (Wang et al. 2000),
and/or the intensity of the atmospheric convection (Lu and Dong 2001) over the warm pool. The
maintenance of the stronger WNPSH in southeastern China modulates the strength and duration of the
subtropical Meiyu front (Chang et al. 2000ab). The WNPSH blocks the Meiyu front, thereby increasing
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the duration of the stationary rainfall. It also enhances the pressure gradient to its northwest, resulting in
a more intense front. As a result, the heavy rainfall occurs over the northwestern boundary of the
WNPSH.
6.2 WNP-North America Teleconnection
The teleconnection associated with anomalous WNPSM has a profound impact on North America
in both intraseasonal and interannual time scales (Kawamura 1996, Wang et al. 2001, Lau and Weng
2001). Wang et al. (2001) showed that during a strong WNPSM, a pronounced wave train pattern, seen
in the lower, mid-, and upper troposphere, emanates from the WNP, crosses the North Pacific and
extends to North America (see Fig. 6.1 and the schematic diagram of Fig. 8 in Chapter 6). The wave
train consists of five major cells. They are, respectively, an east–west elongated cyclone along 20°N in
the subtropical WNP off the coast of east Asia, an elongated anticyclone along 35°N extending from the
Yellow Sea to the date line, an elongated cyclone extending from the Okhotsk Sea to the Bering Sea, an
anticyclone over the Gulf of Alaska and northwestern Canada, and a cyclone over the Great Lakes of
North America. The wave train exhibits a dominant barotropic structure north of 30°N while in the
Tropics between 10° and 30°N the circulation exhibits a baroclinic structure (Fig. 6.1).
The summer wave train depicted in Figs. 6.1 suggests a linkage between the climate anomalies over
North America and the WNP. A weak WNPSM (suppressed convection in the WNP) implies an
anomalous cyclone located in the Gulf of Alaska and northwest Canada (centered at 55°N, 130°W) and
an anomalous anticyclone over the Great Lakes (50°N, 90°W). Using the 50-yr (1948–97) data, Wang
et al (2001) obtained a significant correlation coefficient (0.42) between the WNPMI and the U.S. Great
Plains precipitation. Two possible mechanisms through which the WNP heat source may affect the
North American climate have been speculated by Wang et al. (2001). One is through the
heating-induced meridional circulation that perturbs midlatitude jet stream, which in turn excites
optimum downstream circulation anomaly mode. The other possible mechanism may be at work when
the anomalous WNP heat source is centered north of 20°N so that the midlatitude westerlies allow the
generation of the Rossby wave train to North America.
7. Final Remarks
This review summarizes the regional characteristics of the WNP monsoon on various time scales,
including its annual cycle, synoptic wave activity, intraseasonal oscillations, and interannual and
interdecadal variabilities. For the climatological annual cycle, the WNPSM shows a remarkable
step-wise northeastward advance from SCS to WNP. Tropical synoptic-scale disturbances often have a
wave train structure, propagating northwestward. Tropical intraseasonal oscillations have
well-separated two frequency bands in the power spectrum of OLR over the WNP. They may have large
subseasonal variability. ENSO has been identified as a major factor that influences the interannual
variability of the WNP monsoon.
While many previous studies revealed the observed structure and evolution characters of the
WNPSM on various time scales, fundamental physical mechanisms that give rise to such characters are
not fully understood. Regarding the WNPSM annual cycle, it is not clear what cause the step-wise
progression and sudden jumps from one onset stage to others. It is also unclear why the WNP monsoon
convection and circulation move eastward. The EASM also experiences a similar step-wise progression
and sudden jump of the convection zone. Are their seasonal progressions related? The CISO might play
an important role in determining multi onset stages of the WNPSM. On the other hand, the CISO
explains less than 20% of total ISO variance, and it is prominent only in certain regions.
As to the ISO, it is an open question as why does the nature prefers the two significant
power-spectrum peaks. It is also unclear why bi-weekly and lower-frequency ISO modes both move
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northwestward in the WNP but in opposite directions in northern Indian Ocean. The origin of ISO
activities over the WNP is not clear. One possible triggering of the ISO over the WNPSM region is
caused by the equatorial eastward propagating MJO. Wang and Xie (1996) proposed, based on their
intermediate model experiments, that after the eastward propagating MJO arrives at central equatorial
Pacific, due to the reduced SST and specific humidity, as well as the vanish of the mean easterly vertical
shear, the Rossby-Kelvin wave packet of the MJO tends to be separated. As a result, the north branch
Rossby cell breaks up and propagates northwestward to the SCS, or even further westward to Indian
Subcontinent. Another possible scenario is that the ISO is initiated in situ, possibly due to warm ocean
air-sea interactions.
Regarding the interannual variability of the WNPSM, a remarkable feature is its biennial tendency
in association with the El Nino turnabout, this is, the WNPSM tends to strengthen in the El Nino
developing phase but weaken in the El Nino decaying phase. However, it is not clear why the power
spectrum of this biennial variability is weaker than a 16-month period, and what physical processes are
responsible for the 16-month period? Are there other factors that determine the interannual variability
of the WNPSM in addition to the ENSO forcing? It is our hope that with further understanding of these
important scientific questions, we will be able to predict the complex weather and climate variabilities
over the WNP.
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Figure 1.1. Timing of monsoon rainfall peak (top panel): the Julian pentad during which the annual maximum
rainfall occurs. The thick dotted lines indicate strong discontinuities. The rainfall peak pentads can be divided into
four periods in the boreal summer, colored by light red (p30-33), yellow (p34-36), green (p40-42), blue (p44-46),
and one period in boreal autumn, purple (p52-56). The lower panel divides the Asian–Pacific monsoon into three
sub-regions. The ISM and WNPSM are tropical monsoon regions, and a broad corridor in the Indochina Peninsula
separates them. The subtropical monsoon, EASM, shares a narrow borderline with the WNPSM. (Adapted from
Wang and LinHo 2002).
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Figure 2.1. Schematic diagrams for major changes at the mid-May (a) and mid-June (b) onset. The solid (dashed)
lines denote the location of the monsoon trough before (after) the onset. The closed solid (dashed) curves indicate
the subtropical high before (after) the onset. The light (heavy) shadings signify region of increase (decrease) of
cloud and/or evaporation. The dashed arrows indicate the direction for the extension of low-level westerly winds.
(From Wu 2002).

Figure 3.1. Structures of the leading REEOF of bandpass-filtered vorticity fluctuations at 850 mb in the western
Pacific and Indian domain (i.e., the WP1 mode). The panels show the time evolution of WP1 in three consecutive
days, with the upper panel leading the middle and lower panels by one and two days, respectively. Extrema are
expressed in percent. Contour interval is 10%. The zero contour has been omitted. (adapted from Lau and Lau
1990)
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Figure 4.1. Power spectra of observed daily OLR from NOAA satellites and pentad precipitation from the CMAP
data, averaged over the western North Pacific monsoon domain. The lines representing the 95% confidence level
for the corresponding spectra are also plotted.

Figure 4.2. OLR variance and propagation tendency vectors derived from the 5-day and 2-day lagged correlation
maps for the 10-20 day (left) and 20-70 day (right) bands for early (May-July) and late summer (August-October)
respectively. The vector indicates the propagation direction and speed (unit: m/s), and areas with large variances
of band-pass filtered OLR fields are shaded.
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Figure 4.3. Lagged regression coefficients between the convection index and the OLR (shaded) and 10-m
divergence (contoured) at (a) day −15, (b) day −10, (c) day −5, (d) day 0, (e) day 5, (f) day 10. Contour intervals
are 2 W m−2 and 0.4 × 10−6 s−1 for the OLR and 10-m divergence, respectively. Dark shading and solid lines
indicate positive values, while light shading and dashed (and dotted) lines indicate negative values. The regression
coefficients have been multiplied by one std dev of the convection index and only those that are significant at the
0.05 level are plotted. (adapted from Hsu and Weng 2001)
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Figure 4.4. The 850-hPa perturbation vorticity variance in the 2.5-12-day band averaged during (a) June-August,
(b) ISO westerly events, and (c) ISO easterly events. Contour interval is 2×10-11 s-2. Values greater than 10×10-11
s-2 are shaded. Adopted from Maloney and Dickinson (2003).
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Figure 5.1. Composite difference of (a) summer rainfall and (b) sea (land) surface temperature between the strong
and weak monsoon years with respect to the WNPMI. The contour interval is 1 mm day−1 for the rainfall and
0.2°C for SST. Shading denotes regions of difference at 95% confidence level. The rainfall data cover 1979–96
only. (Wang et al. 2001)
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TABLE 1. Classification of the interannual variability by using Wang and Fan (1999)’s definition via three
categories of ENSO developing year, ENSO decaying year and non-ENSO year. The * denotes either a year with
both ENSO developing and decaying phases in the same calendar year or a year with ENSO persisting from the
previous year to the following year. (from Chou et al. 2003)
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Figure 6.1. Composite difference of (a) 200-hPa wind, (b) 500-hPa geopotential height, and (c) 850-hPa wind
between strong and weak monsoon years with respect to the WNPMI. The contour interval for the height is 4 m.
Shading denotes regions of difference at 95% confidence level. (Wang et al. 2001)
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During boreal winter, the maximum heating moves from its boreal summer location over South
Asia in to the Maritime Continent – northern Australian region. North of the equator, low-level
northeasterly winds prevail over a large longitudinal span, from the western Pacific to the Indian
Ocean. Although differential heating and the resultant thermal direct circulation are responsible for
both the Asian winter and the Asian summer monsoon circulations, the two monsoons differ in more
than one way. On the one hand, the heat source region of the Asian winter monsoon is much closer to
the equator (Krishnamurti 1971), so the strong effect of the earth’s rotation that governs all large-scale
components of the Asian summer monsoon circulations is diminished for the Asian winter monsoon.
On the other hand, the circulation of the Asian winter monsoon encompasses a larger meridional
domain such that the tropical region has a strong interaction with the extratropical region. The
extratropical component of the Asian winter monsoon is characterized by prevailing low-level
northeasterlies that are associated with the circulations of the surface Siberian - Mongolia High. This
is a strong cold-core high pressure that often stays stationary near the Siberia - Mongolia region with
its central sea-level pressure averaging 1051 hPa that exceeds any other pressure system in the earth’s
atmosphere (Ding 1994). When the surface high pressure moves southeastward towards the western
Pacific, cold air outbreaks can affect the tropics on a very short time scale (Chang et al. 1983). As a
result, baroclinic development in middle and high latitudes usually has a stronger influence on tropical
regions during the Asian winter monsoon than the Asian summer monsoon.
The Maritime Continent (Ramage 1968) is an equatorial region of land and sea with strong
seasonal reversal of winds that is often coupled with the annual variation of rainfall, particularly near
the equator where the prevailing wind is westerly during the wet season of boreal winter and easterly
during the dry season of boreal summer (e.g., Ramage 1971; Masumoto 1992; McBride 1998;
Hamada et al. 2002; Chang et al. 2004). The rainfall variation in this region is in phase with that of
the Australian monsoon (McBride 1987, 1998; Hendon and Liebmann, 1990a). Therefore, the terms
Asian winter monsoon, northern winter monsoon or Australian (summer) monsoon are sometimes
used to include the wet monsoon in both regions. Most of the rainfalls are organized into mesoscale
convective complexes that are affected by both strong land-sea breezes and larger scale disturbances
(Johnson et al. 2004). The latent heat release over the combined Maritime Continent – northern
Australia area is one of two major heat sources of the boreal winter atmosphere. This has long been
recognized as a major planetary-scale heat source that provides a significant amount of the energy that
drives the global circulation during boreal winter.
The interaction of this heat source with the strong East Asian baroclinic system and the cold air
outbreaks may affect the East Asian jet (Chang and Lau 1982; Lau and Chang 1987) and in turn
influence the weather in North America (Yang et al. 2002; Chan and Li 2004). Recent analysis also
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suggests that flare-ups of this Maritime Continent heat source may lead to downstream wave-train
propagation and may be related to storm development over Europe on a time scale of one to two
weeks (Thorpe et al. 2002). The importance of properly representing this heat source in general
circulation models was emphasized by Neale and Slingo (2003), who demonstrated that the tendency
of a dry bias in the Maritime Continent region is a major source for systematic errors in numerical
forecasts over both tropical Indian and Pacific oceans and extratropical North America and Northeast
Europe. They concluded that the Maritime Continent plays a critical role in the global circulation and
emphasized the need for better representation of convective organization over this region of complex
land–sea terrains.
The Asian winter monsoon season also coincides with the period of the highest tropical cyclone
activity of the southwestern Pacific (Holland 1984; McBride 1995). The monsoon trough south of the
equator is a favorable area of tropical cyclone development during boreal winter, particularly under
the influence of the Madden-Julian Oscillation (Madden and Julian 1972; Hendon, and Liebmann,
1990b; Hendon et al. 1999). In addition, the rare equatorial tropical cyclogenesis of Typhoon Vamei,
2001, at 1.5°N near Singapore was a result of interactions of monsoonal cold surges and local
circulations (Chang et al. 2003). Both the East Asian winter monsoon and the Australian monsoon are
also affected directly by ENSO and other interannual and decadal variations in the Pacific and Indian
Oceans.
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1. Introduction
The East Asia winter monsoon (EAWM) generally refers to the atmospheric flow over Asia
associated with the eastward and southward movement of cold air coming from the Siberian High. In
this review, major characteristics of the EAWM will be described. The first, to be discussed in section
2, is the so-called cold-air “surges” that affect most parts of eastern and southern China, as well as the
South China Sea (SCS). These surges not only dominate the weather over China and southeast Asia,
but also affect convection over the maritime continent (Chang and Lau 1980), the Southern
Hemisphere (SH) monsoon (Davidson et al. 1983) and the genesis of tropical cyclones in the SH
(Love 1985). In addition, they have been linked to the development of the El Niño/Southern
Oscillation (ENSO) event (Li 1990a; Xu and Chan 2001). Other than the surges, a significant effect of
the EAWM is the explosive development of low-pressure systems over the East China Sea as the cold
air moves off the continent and over the warm water. Such development will be discussed in section
3. A documentation of the temporal variations in the strength of the EAWM on time scales from
intraseasonal to interannual and interdecadal will be given in section 4, together with their possible
linkages with other oscillations in the atmosphere (e.g. ENSO) or atmospheric and oceanographic
conditions. Some unresolved issues that need to be addressed in the future are discussed in section 5.
2. Monsoon surges
Many previous studies of the EAWM have focused on the cold-air surges associated with the
EAWM and numerous definitions have been made [Boyle and Chen 1987; Ding 1990a, b; Qiu et al.
1992; Ding 1994; Wu and Chan 1995 (hereafter WC95); Zhang et al. 1997; Compo et al. 1999].
While a universal definition or consensus has yet to be reached, a general agreement is that these
surges have the most dramatic effects in the tropics, in initiating convection over the maritime
continent and in the subsequent feedback to the subtropical jet aloft. Because most studies on the
EAWM focus only on surges from the north but WC95 and Wu and Chan (1997a; hereafter WC97)
discussed the evolution of two types of EAWM surges: northerly and easterly, some of their results
are summarized to illustrate the physical processes involved. It should also be noted that many of the
results on the northerly surge discussed in WC95 and WC97 are similar to those from other
researchers.
2.1. Northerly Surges
Based on meteorological parameters measured in Hong Kong, WC95 defined the occurrence of a
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northerly surge (NS) using changes in temperature as well as wind direction and speed. Their
definition highlights the importance of not only the temperature drop and strengthening of the
northerly winds, but also the change in wind direction.
The composite time variations of surface meteorological parameters over Hong Kong during an
NS show a sharp rise of ~3 hPa on day 1 relative to day 0 (Fig. 1a), which is consistent with the
strengthening of the northerly wind component to ~ 30 km h-1 (Fig. 1b) and the temperature drop of
~4oC (Fig. 1c). Note also the decrease in the surface moisture content from the variation in dew-point
depression (Fig. 1c) and the significant weakening of the easterly component (Fig. 1b), features that
are often not emphasized in most other studies.
(a)

(b)

(c)

Figure 1. Composite variations of surface meteorological parameters measured in Hong Kong during the
passage of northerly surges from two days before (day –2) to two days after (day 2). Day 0 is the day the NS
arrives at Hong Kong. (a) Deviation of mean-sea-level pressure from day 0, (b) actual, easterly and northerly
components of the surface wind, and (c) surface temperature (solid) and dew-point depression (dashed) relative
to day 0. The vertical bars in all diagrams indicate the standard errors of the data within the sample. (Adapted
from WC95)

The composited station data over Asia for the NS cases identified in WC95 show an increase in
pressure gradient over the Siberia-Mongolia (SM) region, reaching over 1045 hPa on day (-1) (Fig.
2b). Although the centre of the SM high (SMH) does not exhibit substantial movement, a dramatic
equatorward shift in isobars over mainland China can be seen (cf. Fig. 2a with other panels in Fig. 2).
The 1026-hPa isobar migrates from northern China (~40oN) on day –2 southward to reach a latitude
of ~25oN by day 1 (Fig. 2d), which gives a southward speed of ~ 7 m s-1, a value roughly consistent
with the estimate by Chang et al. (1983) for their second stage of the surge, the first stage being a
gravity-wave type propagation (to be discussed below). Associated with this pressure surge is the
surge of cold air, which leads to significant temperature drops over the region (see WC95). Crossisobaric flow of the surface wind can also be identified (not shown). In addition, the composite
surface pressure shown in Fig. 2 at the centre of the SMH is ~1045 hPa. However, for individual
cases, a surface pressure as high as 1085 hPa has been reported (Zhao and Ding 1991) and values of >
1050 hPa are not uncommon (Zhang et al. 1997; Zhang and Chen 1999). The evolution and dynamics
of the SMH will be explored later.
Based on previous observational studies of the EAWM, Lim and Chang (1981) performed a
theoretical study on the nature of the NS and suggested that the pressure surge could represent a
transient, gravity-wave like motion due to a pressure-wind imbalance, which then allows a fast
propagation of energy from the midlatitudes to the tropics. An example of this propagation is given in
Fig. 3. Here, two stages of the surge are identified, the first one being a pressure rise (called the
“edge”) and the second one a significant drop in dew point (the “front”). Chang et al. (1983)
estimated that the edge (pressure surge) travels at a speed of ~ 40 m s-1, which is much faster than the
advective speed (generally ~ 10 m s-1) and is therefore suggestive of a gravity-wave like character.
The same NS also produced a drop in dew point but the speed of the front was only ~ 10 m s-1. More
recent studies by Chen and Huang (1989) and Zhou (1989) that included ship reports over the SCS
further confirmed the gravity-wave characteristics of the pressure surge over the SCS.
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The geopotential height distributions at 1000 hPa are rather similar to those at the surface, with
the center of the SMH anchored to the southwest of Lake Baikal (Fig. 4a). The average height value at
the center increases from ~280 m at day –1 to ~310 m at day 0 (not shown). The cold pocket that
moves out of the SMH can best be seen at 850 hPa (Fig. 4b) where a southeastward trajectory is
apparent, which is consistent with the result of Ding and Krishnamurti (1987) and Zhang et al. (1997).
The location of the 1000-500 hPa minimum thickness shown in Fig. 4b also suggests that the lower
tropospheric air mass migrates eastward, which follows a trough passage at 500 hPa (see below). Such
a vertical tilt is consistent with the development of a baroclinic wave (Holton 1992).
(a) Day (-2)

(b) Day (-1)

(c) Day (0)

(d) Day (1)

(e) Day (2)

Figure 2. Composite mean-sea-level pressure
distribution (contour interval: 2 hPa) during the
passage of northerly surges from two days
before (day –2) to two days after (day 2). Day 0
is the day the NS arrives at Hong Kong.
(Adapted from WC95)

The propagation of the jet stream is best identified from the zonal wind variations at 500 hPa (Fig.
5). At day –3, zonal winds over the Tarim Basin strengthen, which corresponds to the passage of the
polar jet from upstream near Lake Balkhash (45oN, 75oE) (not shown). This jet streak propagates
eastward and then merges with the subtropical jet by day –1 (Fig. 5a) to form the East Asian jet that
continues to migrate eastward to Japan by day 0 and day 1 (Figs. 5b and c). The jet further strengthens
on day 2 and day 3 due to a return flow from the equatorial region [not shown; see Chang and Lau
(1980); Ding and Xiao (1992) or WC97 for a discussion of this feature], which is basically an
enhancement of the Hadley cell leading to northward transport of angular momentum so that the
subtropical jet or East Asian jet, is strengthened (see also Palmén and Newton 1969).
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Figure 3. Example of how the edge and front times of a surge are defined based on the time series of pressure
(solid) and dew point (dashed) at Taipei. The departures are from seasonal averages. (from Chang et al. 1983)
(a)

(b)

Figure 4. Composite geopotential height (gpm) at (a) 1000 hPa and (b) 850 hPa of an NS on day 0. In (a), the
dashed box defines the region of the SMH. In (b), the solid curves indicate the track of the (local) maximum
850-hPa height center from 1200 UTC on day –1 to 1200 UTC on day 1 (bottom track, dots every 12 h) and the
1000–500 hPa (local) minimum thickness anomaly from day –3 to day 2 (top track, crosses every 12 h).
Blackened area indicates the Tibetan Plateau with altitude greater than 3 km. (Adapted from WC97)

Since the NS originates from the SMH, it is of interest to examine the synoptic-scale features
associated with this high-pressure system. The passage of an upper-level shortwave trough over the
SMH (45-55oN, 90-105oE, region marked in Fig. 4a) is obvious from the time-pressure cross-section
of relative vorticity (Fig. 6a) and geopotential height (Fig. 6b) averaged over the SMH domain. Strong
cyclonic vorticity is observed at 300 hPa at around day –2 to day –1 (Fig. 6a) while the decrease in
geopotential height appears to occur a little earlier (Fig. 6b). Below ~ 700 hPa, the geopotential height
anomaly increases from ~day -1, which is accompanied by strong divergence (Fig. 6c). The increase
in geopotential height anomaly and positive divergence suggests that the SMH is intensifying. Prior to
this, the level of maximum divergence is actually at the upper levels, with weak convergence at the
low levels. This implies that between days –3 and –4, strong rising motion occurs in the mid
troposphere. This can also be inferred by examining the vertical distribution of absolute vorticity
advection (Fig. 6d). During this time, absolute vorticity advection increases with height in the mid to
upper troposphere. A similar pattern is observed in the potential temperature advection variations (not
shown – see WC97). Then, as the shortwave trough passes, the vertical variation of vorticity
advection reverses sign, which implies sinking motion. Notice that near day –1 and day 0, while the
strongest vertical gradient of vorticity gradient is in the mid troposphere, the divergence extends all
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the way up to the upper troposphere (Fig. 6c). This means that the sinking motion does not result from
the passage of the upper-level shortwave. Rather, it is induced by the strong divergence near the
surface. Then at day 1, the anticyclone upstream of the shortwave (Fig. 6a) leads to an increase in
geopotential height (Fig. 6b), which forces convergence through a deep layer (Fig. 6c) and a
subsequent warming (not shown) and the weakening of the cold pool.
(a) Day (-1)

(b) Day (0)

(c) Day (1)

Figure 5. Composite 500-hPa zonal wind speed of
an NS from day –1 to day 1. Stippled region
indicates the Tibetan Plateau with altitude greater
than 3 km. (Adapted from WC97).

Based on the local and synoptic-scale features described above, the physical processes involved in
the evolution of an NS may be as follows. The initiation of the NS begins with the eastward passage
of a polar jet streak west of Lake Balkhash. As the jet streak passes over the SMH domain, the
thermally indirect transverse circulation at the exit region of the jet, coupled with the circulation
ahead of the trough in a developing baroclinic wave, forces strong rising motion over the SMH, which
leads to strong cooling and an intensification of the SMH (Fig. 7a). With the continued eastward
propagation of the jet streak, the SMH domain is then in the entrance region of the jet so that
subsidence now occurs over the main part of the domain, which is enhanced by the anticyclonic
advection to the backside of the baroclinic trough (Fig. 7b). The sinking motion therefore builds up
the SMH to its maximum intensity. An outpour of the cold air in the lower troposphere then occurs,
which leads to further upper-level convergence and sinking motion. As this cold dome pushes
southward, the polar jet also migrates in tandem and merges with the subtropical jet stream to form
the East Asian jet. The subsidence warming eventually over-compensates radiational cooling, and
leads to warming of the column. Together with the discharge of the cold air, the SMH then weakens.
In the lower troposphere, the southward push of the cold air then excites gravity waves that propagate
across the SCS. Convection breaks out over the maritime continent and the northward outflow from
the deep convection then causes a second strengthening of the East Asian jet in the vicinity of Japan.
This then completes the cycle of an NS.
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(b) geopotential height anomaly (m)

(a) relative vorticity (10-5 s-1)

(c) horizontal divergence anomaly (10-6 s-1)

(d) absolute vorticity advection (10-10 s-2)

Figure 6. Time variations over the SMH region of (a) relative vorticity, (b) geopotential height anomaly, (c)
horizontal divergence anomaly, and (d) absolute vorticity advection associated with an NS from day –7 to day 7.
(Adapted from WC97)
(a) Intensification/building up of the Siberia-Mongolia high

(b) Outbreak/breaking-down of the Siberia-Mongolia high

Figure 7. Schematic showing the evolution of the SMH in an NS at the stages of (a) intensification, and (b)
outbreak. Left panels show the transverse circulation associated with the jet (marked with J and circled) and the
(a) exit and (b) entrance regions. Right panels show the secondary circulation associated with the passage of the
height and thermal trough when (a) the shortwave is heading toward, and (b) away from the SMH region.
(Adapted from WC97)
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2.2. Easterly Surges
As discussed in the Introduction, the easterly surge (ES) is generally not discussed in most of the
literature on the EAWM because relative to the NS, its main effect appears to be primarily in the
strengthening of the winds and is quite localized. However, the ES represents a type of surge that is
also initiated as a result of the movement of a cold dome and is therefore part of the EAWM.
(a)

(b)

(c)

(d)

(e)

Figure 8. Composite mean-sea-level pressure
distribution (contour interval: 2 hPa) during the
passage of easterly surges from (a) one day before
(day –1), (b) day 0, (c) day 1 to (d) day 2. Day 0 is the
day the ES arrives at Hong Kong. (e) is the same as
(b) except plotted with higher resolution and on the
morning of day 0. (Adapted from WC95)
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Since the main trait of an ES is in the strengthening of the easterly winds (Morrice 1973), WC95
defined an ES as the strengthening of the easterly winds above a certain value. For the three-year data
sample of WC95, the mean increase of the easterly component at Hong Kong from two days before
(day –2) to the day of arrival day 0 of the ES is ~25 km h-1 with a standard deviation of ~ 5 km h-1. On
day 0, the mean wind is almost exactly easterly with an average magnitude of 43 km h-1. Throughout
the ES, the northerly component is < 10 km h-1. Not much temperature drop can be identified in the
case of ES, with the maximum decrease being less than 1oC at all locations along the coast (WC95).
The difference between an ES and an NS in the surface pressure distribution is in the location of
the high-pressure cell center (cf. Figs. 2 and 8). In the case of ES, on day –1, the center is located near
Dahingganling to the northwest of the Yellow Sea (Fig. 8a), with the mean central pressure of only
around 1032 hPa. It then spreads southeastward (Fig. 8b) and reaches the Yellow Sea by day 0 (Fig.
8c). Notice that there appears to be a relative maximum in surface pressure along the east coast of
China. Indeed, a careful examination of the pressure distribution on day 0 shows an obvious coastal
ridging from Ningpo to Hong Kong (Fig. 8e). This appears to be similar to the ridging phenomenon
found by Holland and Leslie (1986) along the Australian coast. By day 1, the horizontal pressure
gradient has relaxed and the center of the high pressure moved to the Korean Peninsula (Fig. 8d), and
the surge begins to subside.
The coastal ridging is apparently related to a coastal Kelvin-wave-type propagation along the east
coast of China, as can be seen from the wind speed anomaly at various coastal stations (Fig. 9). The
wind reaches a maximum about one and a half days before day 0. Moving along the coast southward,
the maximum wind at Xiamen occurs about one day later. However, further southward propagation is
not evident. Nevertheless, the winds over Hong Kong reach the maximum around day 0, by definition,
although the easterlies apparently weaken rapidly so that at Yanjiang to the west of Hong Kong, not
much increase in wind speed is observed.

Figure 9. Wind speed anomalies for seven selected coastal stations during an ES. The time interval is 3 h
between the dots on each graph. (Adapted from WC95)
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The origin of the surface high pressure is best identified from examining the 1000-hPa
geopotential height distribution (Fig. 10). On day –3, the geopotential height of the SMH is ~ 290
gpm (Fig. 10a), which is slightly weaker than that for the NS. Then a clear split can be seen on day –2
(Fig. 10b), with the high over Dahingganling migrating southeastward (Fig. 10c), finally reaching the
Shandong Peninsula by day 0 (Fig. 10d).
(b) Day (-2)

(a) Day (-3)

(c) Day (-1)

(d) Day (0)

Figure 10. Composite 1000-hPa geopotential heights (gpm) during an ES from day –3 to day 0. Contour
interval: 10 gpm. Blackened area indicates the Tibetan Plateau with altitude greater than 3 km. (Adapted from
WC97)

At 850 hPa, a broad anticyclone is seen over central China from day –2 (Fig. 11a). Notice that the
center of this anticyclone is actually to the south of that at 1000 hPa, which indicates that the high is
actually warm. Apparently, the subsidence warming associated with the Dahingganling high overcompensates the radiational cooling and cold advection. By day 0 (Fig. 11b), the 850-hPa flow is
actually southerly over the mainland of China, which further causes warming in northern China (not
shown – see WC97) and weakens the high. Note that the ridge axis at 850 hPa is almost oriented
zonally along the south China coast on day 1 (Fig. 11c), which would bring in warm and moist air
from the SCS. Indeed, an ES is generally associated with cloudy or even drizzly conditions over south
China (Morrice 1973).
Up to now, the trigger of the split of the high from the SMH is still not clear. In addition, WC97
found that the jet stream is actually weakening in the case of ES and they suggested that perhaps
barotropic instability might be responsible for the migration of the high due to a conversion of kinetic
energy of the upper westerlies to that of the disturbance.
While the changes in the atmosphere associated with the ES do not appear as dramatic as those of
the NS, it does present some interesting observations. An ES apparently results from the initially
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eastward and then southeastward migration of a cold pool that splits off from the quasi-stationary
SMH. Such a split appears to be related to the passage of a 500-hPa ridge over the SMH domain. As
the low-level anticyclone moves to the east coast of China, it initiates a southward surge of cool air
and strong winds along the coast, resembling a coastal Kelvin wave. By the time the wave reaches the
south China coast, the winds strengthen to > 40 km h-1. However, because the center of the
anticyclone continues to move eastward, the winds cannot be maintained and therefore an ES is a
short-lived surge. In addition, because of the shallow nature of the high, it weakens not only due to
subsidence warming but also warm advection from the south.
(a) Day (-2)

(b) Day (-1)

(c) Day (0)

Figure 11. Composite 850-hPa geopotential heights
(gpm) and winds (scale indicated on top left corner of
each panel) during an ES on (a) day –2, (b) day (–1) and
(c) day 0. Blackened area indicates the Tibetan Plateau
with altitude greater than 3 km. (Adapted from WC97)

2.3. Summary
The two types of surges presented in this section are obviously different, with the NS showing a
much stronger synoptic signal and affecting a larger area. Nevertheless, the ES needs to be considered
as well especially for the prediction of winds along the East China and South China coasts as well as
the Taiwan Strait.
3. Explosive cyclogenesis off the East Asian continent
In addition to the monsoon surges described in the last section, an important feature of the winter
monsoon is the often-explosive development of low-pressure systems off the East Asian coast
associated with the eastward movement of the cold air off the continent. As the cold air encounters the
relative warm ocean over the East China Sea, and the Kuroshio Current further east, a strong
baroclinic zone is established. Rapid cyclogenesis often occurs. A similar situation occurs over the
Atlantic as cold air moves off the North American continent and over the Gulf Stream (Sanders and
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Gyakum 1980).
Asai et al. (1988) showed three principal cyclone tracks in the East Asia region but only one
group of cyclones along ~ 30oN is related to the EAWM. In most studies, a cyclone that deepens more
than 24 hPa in 24 h is defined as an explosive cyclone, which follows the definition of Sanders and
Gyakum (1980). Yi and Ding (1993) found that during the period 1973-88, about 20% of the EAWMrelated cyclones went through the explosively deepening phase.
The latitudinal and longitudinal frequency distributions of explosive cyclones suggest a
concentration near the latitude band of 30-35oN and the longitude band of 130-135oE (Fig. 12). This
result suggests that while cyclones mostly develop off the East Asian coast (Hanson and Long 1985),
they generally do not deepen explosively until they move near the Kuroshio Current south of Japan
where the SST gradient is apparently the strongest. The distribution given in Fig. 12b for the area west
of 130oE, which gives about 1 explosive cyclone per year, is consistent with that of Dong and Li
(1989) based on the data from 1966-85. Note, however, the average number of explosive cyclones is
around 10 per year. If the origin of the cyclones is not considered, the number of explosive events
over the entire western North Pacific reaches about 20 per year (Ouyang et al. 1990), which implies
that half of the explosive cyclones are associated with the EAWM.

(a)

(b)

Figure 12. (a) latitudinal (averaged between 115–180oE), and (b) longitudinal (averaged between 20–70oN)
distributions of the number of explosive cyclones originating from China at the initial time of their explosive
deepening phase during the period 1973–1988. (from Yi and Ding 1992)

While it might be expected the explosive events occur mostly in winter, the monthly distribution
of the absolute maximum actually occurs in March (not shown). The total frequencies of occurrence
for the winter (December to February) and spring (March to May) months are about equal. The
distributions of the total number of cyclones around similar regions found by Hanson and Long
(1985) and Asai et al. (1988) also give a maximum frequency in March and April (not shown).
Yi and Ding (1993) also classified the intensity of explosive cyclones based on the scale proposed
by Sanders (1986). They found that west of 130oE, strong cyclones (> 1.8 Bergeron1) occur only
about once every 5 years, but the frequency of occurrence between 130 and 180oE is close to 1.5 per
year.
Most of the observational or numerical investigations of the physical processes associated with
the genesis and development of explosive cyclones are based on case studies. Even when many cases
were included (e.g. Li and Ding 1989; Sun and Gao 1993), the diagnoses were performed on one or
1

1 Bergeron = 24 hPa/24 h x (sin φ/sin 60o), where φ is the latitude of the center of the cyclone (Sanders 1986).
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two specific cyclones. In all the studies, latent heat release is identified as the crucial factor in
determining whether a cyclone can deepen explosively. In a numerical study of the explosive
development of a cyclone over the Kuroshio Current, Xu and Zhou (1999) found that by turning off
latent heating, the deepening of the simulated cyclone was much less. Chen and Dell’Osso (1987)
obtained similar results in a case study of a cyclone that deepened ~ 20 hPa in 24 h. Without latent
heating, the modeled cyclone remained a shallow feature. The diagnostic analyses of Li and Ding
(1989) and Yi and Ding (1992) also found the magnitude of latent heating to be the maximum during
the explosive developing phase of these cyclones.
The latent heat release necessary for the development of these cyclones is generally attributed to
the presence of strong rising motion. Mechanisms that are apparently responsible for causing the
ascent include low-level convergence due to sensible heating of the boundary layer, upper-level
divergence and positive vorticity advection due to the passing of a shortwave trough, vertical
differential temperature advection, and secondary circulation at the exit region of a passing
subtropical jet streak (e.g. Li and Ding 1989; Yi and Ding 1992; Sun and Gao 1993). Horizontal
advection of heat and moisture into the low-pressure system by an ageostrophic low-level jet has also
been identified as a mechanism that increases the instability of the atmosphere to allow the conversion
of available potential energy to eddy kinetic energy of the cyclone. The latent heating not only
provides the energy necessary for the development of the system, but can also feed back to amplify
either the shortwave trough (Xu and Zhou 1999) or the jet streak circulation (Chen and Dell’Osso
1987). It also enhances the rising motion and thus creates a positive feedback process, and hence an
explosive development.
4. Temporal variations of the EAWM
4.1. Synoptic to interdecadal variations of the winter monsoon
While the winter monsoon is always a dominant climate system in the East Asia/western North
Pacific region every year, its activity in terms of frequency of occurrence and intensity varies during
different months of the winter season. Previous studies have identified a 6-8-day period associated
with the cold-air outbreaks (Tao 1959; Murakami 1979). A spectral analysis of the 1000-hPa
meridional winds over the East Asia/western North Pacific region (20-30oN, 120-150oE) indeed
shows a peak of 5-8 days (Fig. 13). A similar analysis of the intensity of winter monsoon also shows a
similar period.
Another peak with a 10-20 day period is also evident from Fig. 13. This quasi-biweekly
oscillation has also been found in some previous studies (Pan and Zhou 1985; Chen and Xie, 1988).
Variations of the EAWM on this time scale are mainly associated with the evolution of the blocking
pattern of atmospheric circulation in the midlatitudes especially in the Ural mountain region, where
the NS originates (see section 2.1).
On a slightly longer time scale, intraseasonal variations of the EAWM have also been identified
(Li 1989a; Zhu et al. 1990). As an example, the temporal variation of surface temperature anomalies
at Guangzhou in southern China shows a clear intraseasonal (30-60 day) oscillation (Fig. 14). Such
oscillations are also apparent at the mid troposphere. In stronger EAWM years (e.g. 1971-72), the
negative height anomalies can propagate very close to the equator (Li 1989a) than those in weaker
EAWM years (e.g. 1966-67). It also means that the intraseasonal (30-60 day) variation is an important
feature of the EAWM activity.
As discussed in section 3, the meridional wind in the lower troposphere in the East Asia/western
North Pacific region is a good indicator to represent the activity of the EAWM. By examining the
temporal variation and power spectrum of the surface meridional wind anomalies averaged within the

150

region (20-30oN, 120-150oE), Mu and Li (1999) found strong interannual variations with two major
cycles: 2-year and 4-7-year (Fig. 15). The two-year cycle might suggest some type of biennial
oscillation and the 4-7-year cycle is likely to be related to ENSO. They also found suggestions of 7-10
and 20-30-year periods.

Figure 13. Power spectrum of 1000-hPa meridional winds averaged in the East Asia region (20o–30oN, 120o–
150oE). The dashed curve shows the 95% confidence level (Chan and Li 2004).

Figure 14. Temporal variation of the 10-day averaged surface temperature anomalies at Guangzhou station
(from Li 1989a).
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Figure 15. (a) Temporal variation and (b) power spectrum of the surface meridional wind anomalies in the (20–
30oN, 120–150oE) region. The dashed curve in (b) shows the 95% confidence level (from Mu and Li 1999).

4.2. Relationship between EAWM and ENSO
The interaction between the EAWM and ENSO has been studied extensively. On the one hand, an
anomalous East-Asian winter monsoon is a necessary (though not sufficient) condition for the
occurrence of a warm ENSO event (Li et al. 1989; Li and Mu 1998; Xu and Chan 2001). On the other
hand, a warm (cold) ENSO event can weaken (enhance) the EAWM through remote response and
teleconnection. In this sub-section, only the latter is discussed.
Li (1989b, 1995) showed that a warm winter (weak EAWM) usually occurs in East Asia during
the developing to mature phase of an El Niño year but the reverse occurs during a La Niña year. Two
processes may be responsible for the influence of ENSO on the EAWM. Firstly, the Hadley and
Ferrel cells are both enhanced (reduced) during an El Niño (a La Niña) event (Wu and Cubasch 1987;
Li 1990b). As a result, the westerlies in the mid latitudes are strengthened (weakened), which then
limits (enhances) the development of the 500-hPa trough over East Asia. Secondly, an anomalous
anticyclonic (cyclonic) circulation usually exists over the western Pacific to the east of the Philippines
during the El Niño (La Niña) winter (Wang et al. 2000). The anomalous southerlies (northerlies) will
therefore weaken (enhance) the cold outbursts towards the south in East Asia and the western North
Pacific region.
Wu and Chan (2000) compared the intensity of the winter monsoon over South China in ENSO
and non-ENSO years, and found the results to be largely consistent with those for the whole of China.
That is, in the winter during the mature phase of a warm (cold) event, the EAWM tends to be weak
(strong) while no coherent signal can be detected in non-ENSO years, which suggests that factors
other than ENSO also control the interannual variability of the EAWM.
4.3. Other factors to affect variations of the EAWM
In addition to ENSO, some other atmospheric phenomena or oscillations have been found to be
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related to the intensity of the EAWM. These include the polar vortex (Chan and Li 2004), SSTA in
the North Pacific (Li and Xian 2002), the North Atlantic Oscillation (Wu and Huang 1999) and the
East Asia summer monsoon (Wu and Chan 1997; Wu 2002). Causality in most of these relationships
has, however, not been fully identified. Therefore, they will not be discussed in detail in this review.
Interested readers can refer to the original papers.
5. Discussion and unresolved issues
Compared with its counterpart – the summer monsoon, the EAWM has not received as much
attention because its impact on society is perceived to be not as large. Therefore, the amount of
research in the study of the EAWM is much less. However, as evidenced by the discussion here, the
effects of the EAWM could just be as hazardous. Thus, more research efforts should be devoted to the
study of the EAWM, in particular, the identification of the physical mechanisms that link the EAWM
and other atmospheric and oceanographic phenomena. In addition, while the two types of surges have
been documented, the results have been based on a relatively small dataset. With the recent
availability of different reanalyses datasets, it should be possible to re-evaluate the physical
hypotheses put forward to describe the physical mechanisms of the surges, especially for the easterly
surges. Further studies of the explosive cyclogenesis should also be performed given the amount of
satellite data currently available.
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1. Introduction
The Maritime Continent is a large area of land-sea complex, consisting of Indonesia, Malaysia
and the surrounding areas between 10°S and 10°N (Ramage 1968). Most places in this area show
strong monsoonal characteristics, with maximum annual rainfall during boreal winter and minimum
annual rainfall during boreal summer. In Indonesia, the boreal winter wet season and the boreal
summer dry season are also called the west monsoon and the east monsoon, respectively, due to the
prominent reversal of zonal winds at the equator. The Maritime Continent monsoon is often viewed as
an important part of the Asian winter monsoon because its wet season with heavy rainfall and
associated latent heat release serves as the maximum heat source for the planetary scale circulation.
However, on the northern fringe of the Maritime Continent, the maximum rainfall tends to occur
during boreal summer when the surface winds are primarily southwesterly. In this case the local
rainfall is a part of the Asian summer monsoon system. South of the Maritime Continent the boreal
winter rainfall is connected with, and may be viewed as a part of, the Australian summer monsoon.
Therefore, the Maritime Continent is also the transition region between the Asian summer monsoon
and the Australian summer monsoon. In addition, the complex terrain of islands and seas in this
region gives rise to strong local variation of the rainfall annual cycle (Braak 1921-1929, Wyrtki 1956;
Ramage 1971). Besides the complex annual cycle, the Maritime Continent rainfall also exhibits
significant interannual variations including those related to ENSO, and is subject to strong influences
of intraseasonal and shorter time scale disturbances like the Madden-Julian Oscillation (MJO), cold
surges and synoptic weather systems (Chang et al. 2004a, 2005a).
2. Annual Cycles and Seasonal Transitions
2.1 Monsoon Onset, Withdrawal and Monthly Evolution
Lau and Chan (1983) used outgoing longwave radiation (OLR) data to show that the development
from the Asian summer to Asian winter monsoon may be represented by a southeastward progression
of the maximum convection over the Southeast Asian “land bridge” (Fig. 1). The same trend may be
seen from the onset days of the local wet monsoon studied by Tanaka (1994, Fig. 2). The southeast
progression led many investigators (e.g. Lau and Chan 1983, Meehl 1987) to hypothesize that the
seasonal evolution of the maximum convection from the Asian summer to winter monsoon is to
follow the sun.
The reversed transition from Asian winter to Asian summer monsoon is more abrupt (Meehl
1987; Yasunari 1991; Matsumoto and Murakami, 2000, 2002; Hung and Yanai 2004; Hung et al.
2004), with the maximum convection staying mostly near or south of the equator during the boreal
spring. This can be seen from Fig. 3, which shows the slow annual cycle (period > 60 days) of OLR
from April to August (LinHo and Wang 2002). Here the centers of equatorial convection areas mostly
stay south of 5°N before pentad 30 (end of May).
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Figure 1. Seasonal migration of the monsoon diabatic heat sources during July-February (denoted by marching
numerals). The extent of the diabatic heat sources is determined from the area with OLR < 225 W m-2 from
monthly OLR climatology and is approximately proportional to the size and orientation of the schematic
drawings. (Adapted from Lau and Chan 1983).

Figure 2. Monsoon onset dates defined by the threshold value of more than 30% of the mean high cloud amount
for the monsoon season. Regions A and B had onset prior to 15 December and 26 December, respectively.
(Adapted from Tanaka 1994).

Figure 3. The slow annual cycle of areas enclosed by OLR ≤ 220 W m-2, labeled by pentad. (From LinHo and
Wang 2002).

157

Figure 4 shows the monthly mean rainfall for January, April, July, and October based on Chang et
al.’s (2005b) objective analysis using two sets of long-term station rainfall data: The 1990-1997
Indonesia data with 63 stations processed by Kirono et al. (1999) and Haylock and McBride (2001),
and the long-term data over 935 stations covering Malaysia, Indonesia, Singapore, Brunei Philippines
and Thailand from the ASEAN Climatic Atlas Project. Rainfall amounts are high throughout the
region with individual monthly totals on the order of 300 - 500 mm. Most of the region experiences a
distinct dry season at some time of the year, with the exception being parts of Borneo and New
Guinea, which have high rainfall year round. (Place names are shown in Fig. 5). During all four
seasons there are strong rainfall gradients; for example, the east-west gradients of rainfall across the
Philippines in January and across the Malay Peninsula in April. Chang et al. (2005b) pointed out that
these patterns result largely from the interaction between the high topography in the region and the
moisture-bearing low-level monsoon flow (see Fig. 6, Chap. 27 by Johnson and Ding for the seasonal
mean surface winds during boreal summer and winter). Therefore, while the basic annual cycle is
driven by the local solar heating, over the tropical monsoon regions, particularly the Maritime
Continent, the annual cycle of rainfall is dominated largely by interactions between the complex
terrain and the annual reversal of the surface monsoonal winds.

Figure 4. Monthly mean rainfall and topography for (a) January, (b) April, (c) July, and (d) October. Data are
analyzed at 0.5º x 0.5º grids from station rainfall reports of various periods with minimum length of 48 years.
(From Chang et al. 2005b)

2.2 Annual Cycle and Semiannual Cycle Modes for Rainfall
The annual cycle and semiannual cycle may be constructed by computing the first two harmonics
of the climatologically averaged annual rainfall variation (e.g., Hamada and Sribimawati 1998,
Hamada et al. 2002). Fig. 5 shows the annual cycle mode over most of Southeast Asia including the
Maritime Continent, as computed by Chang et al. (2005b) with the amplitude represented by the
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length of each arrow and the phase shown as a 12-month clock with a northward arrow indicating
maximum rainfall in January.
North of 10ºN, the effect of the Asian summer monsoon rainfall is clearly observed over
Indochina with rainfall maximum in June. It is also indicated at most stations in the south and west of
the Philippines where the rainfall maximum occurs around July. On the other hand, most northern and
eastern stations in the Philippines show maximum rainfall in late summer or early fall. While the fall
rainfall in the northeastern Philippines may be related to the higher number of typhoons in September
than other months, wind terrain interactions appear to play a significant role all year long. The
maximum rainfall tends to fall on the windward side of the high topography during both the peak of
the southwest monsoon in July and during September through December when northeasterly flow
occurs.
The southern Philippine island of Mindanao is a part of the Maritime Continent, based on
Ramage’s (1968) definition. Here, the seasonal cycle over most of the region is characterized by the
summer monsoon rainfall. The exception is in its northeastern corner, where maximum rainfall occurs
around November and December. This is again a result of the prevailing onshore winds associated
with the northeasterly monsoon.

Figure 5. The annual cycle mode at rainfall stations. The phase of the cycle is shown as a 12-month clock with a
northward arrow indicating maximum rainfall in January. The arrow rotates clockwise with eastward, southward
and westward arrows indicating April, July and October, respectively. The length of the arrow defines the
amplitude of the cycle. (From Chang et al. 2005b).

Fig. 5 shows that the phase of the annual cycle over the western Maritime Continent moves in a
clockwise manner, reflecting the seasonal march of the deep convection that follows the sun (Lau and
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Chan 1983). The annual cycle maximum occurs mostly in northern fall in the Malay Peninsula and
northern Sumatra and changes to around December in southern Sumatra. Over the rest of Indonesia,
the maximum of annual cycle occurs during boreal winter in most places near and south of the
equator. However, as noted by many previous investigators (e.g., Wyrtki 1956; Ramage 1971;
Hamada et al. 2002; Aldrian and Susanto 2003; Aldrian et al. 2003), the pattern is different over the
central Celebes and the Molucca area, where the maximum in the annual cycle of rainfall tends to
occur during boreal spring and early boreal summer. Chang et al. (2005b) showed that this is again
the result of the wind terrain interaction. An east-west oriented mountainous ridge lies along the
islands in the Molucca area. The east and south sides of these islands are sheltered from the northeast
monsoon winds during boreal winter, but they face the southeasterly monsoon winds against the
terrain during boreal summer.

Figure 6. The semiannual cycle mode (heavy bar), overlapped with the annual cycle mode (light arrow), for the
objectively-analyzed gridded rainfall. Data are plotted if the amplitude of the semiannual cycle is at least 80% of
that of the annual cycle. Each bar is centered at the grid point and pointing in the two (opposite) directions of the
semiannual cycle peaks. A vertical (north-south) bar indicates rainfall maximum in winter and summer and a
horizontal (east-west) bar indicates rainfall maximum in spring and fall. The entire length of the bar is twice the
length of an annual cycle vector with the same amplitude. Example of rainfall time series (mm day-1) at grid
points where the semiannual cycle is important (5°N, 100°E), the annual cycle is important (8°S, 110°E), and
neither is important (3°S, 133.5°E) are shown in the upper-right insert. (From Chang et al. 2005b).
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Chang et al. (2005b) used the analyzed rainfall (Fig. 4) to compute the amplitude ratio and phase
difference at each grid point between the annual cycle mode and the maximum monthly rainfall to
identify locations where the annual cycle is not dominant. These locations are situated mainly in the
eastern and central Philippines, northeast Borneo, southern Thailand and parts of the northwest end of
New Guinea. The reason for the weak annual cycle varies geographically. For example, in southern
Thailand the wet season extends through the boreal summer; but this culminates in a period of intense
rainfall at the end of the wet season around September. In contrast, in northeast Borneo the rainfall
tends to be well distributed over all months of the year, so the magnitude of the annual cycle is small.
For the analyzed rainfall, the semiannual cycle mode is comparable in magnitude to the annual
cycle mode over a large area of the equatorial landmasses between 3°S - 7°N. Most of the semiannual
cycle appears to be due to the influence of both the summer and the winter monsoon in the western
part of the Maritime Continent where the annual cycle maximum occurs in fall. This is shown in Fig.
6 where the semiannual cycle mode with amplitude at least 80% of the annual cycle amplitude is
plotted. The area west of 110°E is the transition zone between the Asian summer and winter
monsoons with the annual mode peaking in boreal fall. North of the equator in western Malay
Peninsula – northern Sumatra, the semiannual indicators orient mostly June/December versus the
annual mode that peaks around September. Further southeast in the narrow equatorial sea region
between Sumatra and Borneo, the semiannual indicators have a February/August orientation versus
the annual mode peak of November. These semiannual mode indicators are normal to the annual
mode vectors and suggest the influence of both boreal summer and boreal winter rainfall. In
northeastern Borneo between 114°E - 120°E the annual modes are small and the semiannual mode
indicators again have a boreal summer/winter orientation, with a gradual clockwise shift from north to
south.
The few equatorial grid points that displays a double rainfall peak that may be associated with the
twice overhead crossing of the sun, is between 120°E - 130°E that covers the vicinity of the Molucca
Sea and Molucca Passage, including northern Celebes and Halmahera. Here the semiannual mode
indicators are oriented horizontally (March-April/September-October), suggesting the possible effect
of the twice-a-year crossing of the sun over the equator. This effect is sometimes considered as the
classical mode for the annual cycle of tropical rainfall, but Fig. 6 suggests that this occurs rather rarely
in the Maritime Continent.
2.3 Monsoon Regimes and Seasonal Transitions
The Southeast Asia region is affected by both the summer and winter monsoons. The
conventional surface-based weather station network in this region contains significant temporal and
spatial gaps, so that the relative effects of the different monsoons at some locations are not well
defined. The availability of satellite observations fill in much of the gaps of conventional data
coverage. Chang et al. (2005b) used the seasonal difference fields in satellite rainfall and surface wind
data to define the monsoon regimes for the four seasons. The boreal summer and winter monsoon
regimes are displayed in Fig. 7, which shows the difference in TRMM precipitation radar data and
QuikSCAT winds between December-January-February (DJF) and June-July-August (JJA). Here the
warm colors show areas of more rainfall in JJA and the cool colors show areas of more rainfall in
DJF. While some small-scale features may be artificial due to the narrow individual TRMM data
swaths, the general patterns reveals a structure whereby the boreal summer and winter monsoon
rainfall regimes intertwine across the equator and both are strongly affected by the wind-terrain
interaction. In particular the boreal winter regime extends northward to 5°N and beyond along the
eastern flanks of the major island groups and landmasses, including the Philippines, Borneo, Vietnam,
the Malay Peninsula, and Sumatra. In most of these areas the high boreal winter rainfall is due to the
onshore northeasterly monsoon winds from the northwest Pacific and the South China Sea. Due to the
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strong baroclinicity associated with the cold Asia continent during winter, these northeasterly winds
are stronger than the southeasterly winds in Southern Hemisphere during the boreal summer. In
addition, contrary to the situation in the northern tropics, very few coastal areas between 5°S - 10°S
face the prevailing seasonal wind. Thus, there is a lack of significant intrusion of the boreal summer
monsoon regime into the Southern Hemisphere.

Figure 7. Differences of TRMM Precipitation Radar datal and QuikSCAT winds between boreal winter and
boreal summer (DJF minus JJA). Warm colors are the boreal summer monsoon regime and cool colors are the
boreal winter monsoon regime. (From Chang et al. 2005b).

The northward intrusion of boreal winter rainfall regime northwest of Borneo is not a result of
direct onshore winds, where the northeast monsoon is parallel to the coastline. This is the vicinity of
the low-level quasi-stationary Borneo vortices (Cheang 1977). During boreal winter, the northeast
cold surge winds increase periodically for periods of one to several weeks and enhance the low-level
cyclonic shear vorticity off the northwest coast of Borneo. As a result, the Borneo vortices are
particularly active (e.g., Johnson and Houze 1987; Chang et al. 2003, 2005a), and the deep convection
and heavy rainfall frequently extend offshore several hundred kilometers into the South China Sea.
The monsoon regimes during the transition seasons, boreal spring (March-April-May, or MAM)
and boreal fall (September-October-November, or SON), are summarized in Figure 8. Here the
difference between a transition season rainfall and the higher of the summer or winter rainfall is
plotted if the transition season rainfall is the maximum of all four seasons. The cold colors are for
MAM and the warm colors are for SON. The QuikSCAT winds for both seasons are also plotted.
In general, the SON monsoon rainfall dominates areas north of the equator and the western side of
the domain, the MAM monsoon rainfall dominates areas south of the equator and the eastern side of
the domain. The equatorial belt of 10°S - 10°N is divided near central Borneo, with the SON regime
to the west and the MAM regime to the east. Away from the equator, significant Northern
Hemisphere SON monsoon rainfall can also be found in the South China Sea and east of Philippines.
Similarly significant monsoon rainfall does not exist in the Southern Hemisphere MAM regime.
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Figure 8. Monsoon regimes during transition seasons deduced form TRMM PR rainfall. A grid point is
identified if the rainfall during one of the two transition seasons is the maximum in the annual cycle, and the
value plotted is the difference between this transition-season rainfall and the boreal winter and or boreal summer
whichever is highest. Warm colors are the boreal fall monsoon regime and cool colors are the boreal spring
monsoon regime. The difference of QuikSCAT winds between the two transition seasons (SON minus MAM) is
plotted for the entire domain. (From Chang et al. 2005b).

Fig. 8 basically depicts the asymmetric seasonal march noted earlier. During boreal fall, the
maximum convection moves southeastward from South Asia around India and Bay of Bengal through
the eastern Indian Ocean and the South China Sea in a track that roughly follows the Southeast Asia
land bridge, to reach southern Indonesia and northern and eastern Australia during boreal winter.
During boreal spring the maximum rainfall remains mostly south of the equator without a
northwestward progression that would retrace the path of the boreal fall progression.
A number of possible explanations have been proposed to explain this asymmetric seasonal
march. Matsumoto and Murakami (2000) pointed out that early season cold surges that originate from
the Asian continent during boreal fall are stronger than those that originate from Australia during
boreal spring. They (2002) also postulated that the seasonal variations of a Kelvin-type mean flow
over the equatorial western Pacific and a Rossby-type mean flow over the equatorial Indian Ocean
may be responsible for the difference in seasonal march between spring and fall. Hung et al. (2003)
proposed that the northward march of the ITCZ during boreal spring is blocked by subsidence in
oceanic regions located to the west of heat sources (India, Indochina and the Philippines). Li et al.
(2004) suggested that over the ocean boundary layer convergence tends to occur to the east of the
deep convection. This tendency will be more favorable for the southeastward progression during
boreal fall and less so for the reversed seasonal march. Chang et al. (2005b) hypothesized that this
spring-fall asymmetry may be explained by the global-scale redistribution of mass between land and
ocean areas during spring and fall. The redistribution results from different land-ocean thermal
memories and atmosphere-ocean interactions. It produces sea-level pressure patterns that lead to
asymmetric wind-terrain interactions throughout the region, and a low-level divergence asymmetry
that promotes the southward march during boreal fall but opposes the northward march during boreal
spring.
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Chang et al.’s (2005b) hypothesis may be demonstrated by in Fig. 9, which shows the sea-level
pressure (SLP) difference between boreal spring and fall. The difference pattern reflects the global
tendency that in boreal fall the land SLP is higher in the Northern Hemisphere and the ocean SLP is
higher in the Southern Hemisphere. The reverse is true in boreal spring. The largest SLP difference
occurs over the Asian continent, leading to the stronger SON northeasterly winds in the northern
South China Sea and northwestern Pacific (area A in Fig. 9), which causes the stronger convection
east of Vietnam and Philippines (Fig 8) in boreal fall. In the southern South China Sea, the SLP
gradient favors cyclonic flow and therefore deep convection in SON (area B in Fig. 9). The
convection is further enhanced by the interaction of the wind with terrain on the east coast of Sumatra
and west coast of Borneo. Over the Bay of Bengal the SLP is higher in boreal fall. Chang et al.
(2005b) suggested that this might be due to the early spring cool SST and weak anticyclonic winds,
which causes less evaporation and more solar heating of the sea surface and downwelling in the upper
ocean. But the land-sea mass redistribution still leads to lower SLP in the Bay of Bengal during boreal
fall compared to surrounding areas. The resulting difference in pressure gradient during boreal fall
gives rise to cyclonic flow in the Bay of Bengal and favors increased cross-equatorial flow from the
southern Indian Ocean.
The convection in and around the middle and southern South China Sea in boreal fall helps to
induce southwesterly winds west of Sumatra (area C in Fig. 9). These southwesterly winds are
enhanced by the tendency of cross-equatorial flow and the cyclonic flow in the Bay of Bengal. Other
factors, such as the east-west pressure gradient across equatorial Indian Ocean, may also contribute to
the development of equatorial westerly winds. These winds cause the onshore flow and convergence
along the western coasts of northern Sumatra and Malay Peninsula. In addition, they also produce
convergence from the beta effect.

A
C

B
D

Figure 9. Differences of sea-level pressure between boreal fall and boreal spring (SON minus MAM), unit: hPa.
Negative isobars are dotted and the zero line is dashed. Schematics of sea-level wind differences based on the
differences in the sea-level pressure pattern are indicated. The elliptic–shaped area indicates preferred belt of
convergence in fall and divergence in spring. See text for details. (From Chang et al. 2005b).
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Between Australia and the South Indian Ocean, the seasonal SLP difference favors
counterclockwise flow towards the equator (area D in Fig. 9) in boreal fall. This also enhances the
cross-equatorial flow that turns westerly north of the equator, which increases the wind-terrain
interactions on the west coast of land areas, such as western Borneo (area B). Furthermore, these
winds from south of the equator and the northeasterly winds in the northern South China Sea and the
northwestern Pacific (area A) give rise to a broad-scale belt of convergence during boreal fall
(divergence during boreal spring) between the equator and 20°N (marked by the elliptic-shaped area
in Fig. 9). Therefore, Chang et al. (2005b) suggested that the mass redistribution from the different
thermal memories between land and ocean facilitates the southeastward march of maximum
convection from the Asian summer monsoon to the Australian summer monsoon, and hinders the
reverse march in boreal spring.
3. Interannual Variations
3.1 Relationship with ENSO
The interannual variations in the Maritime Continent rainfall has attracted the interest of many
investigators (e.g., Braak 1919, Nicholls 1981, 1985; McBride and Nicholls 1983; Hastenrath 1987;
Ropelewski and Halpert 1987; Allan 1991, Nichol 1998, Webster et al. 1998; McBride 1998; Ooi
1999, Haylock and McBride 2001, Hamada et al. 2002, Hendon 2003, McBride et al. 2003). Many of
these investigators have noted the significant relationship between rainfall in the Indonesia - northern
Australia area and the El Nino-Southern Oscillation (ENSO). This relationship is sometimes
manifested in the rampant forest fires and the resulting haze in Indonesia during El Nino conditions.
However, the ENSO – Indonesian rainfall relationship is strongest during the boreal summer and fall,
which are the dry and transitional seasons, respectively (e.g., McBride and Nicholls 1983; Ropelewski
and Halpert 1987; Kiladis and Diaz 1989; Haylock and McBride 2001, Hendon 2003, McBride et al.
2003, Aldrian et al. 2003). During the wet season of boreal winter, the negative correlation between
Indonesian rainfall and eastern equatorial Pacific sea-surface temperature (SST) is the lowest in the
annual cycle (Fig. 10). This is so despite the fact that the anomalous Walker circulation exhibits largescale upper-level convergence over the Maritime Continent during warm events and divergence
during cold events.

Figure 10. Correlation of monthly mean Indonesian rainfall with Nino34. The long dashed lines indicate
significant correlation at the 95% level. (From Hendon 2003)
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Haylock and McBride (2001) studied the low correlation between ENSO and wet season rainfall
by demonstrating that the principal components of the DJF rainfall has no significant large-variance
leading modes over a large part of Indonesia (Fig. 11a). This implies that the spatial coherence in the
DJF rainfall is low and therefore no single predictor is likely to explain a substantial proportion of
rainfall variation over the entire region. Therefore, the DJF rainfall over Indonesia is inherently
unpredictable. They showed that in other seasons the spatial coherences are higher. For example, their
first and only significant principal component for the SON rainfall (Fig. 11b) shows high loadings
over almost the entire region. This component explains 38% of the total variance, about three times
larger than the first DJF component.

a) DJF

b) SON

Figure 11. Spatial pattern of loadings of the first unrotated principal component of a) DJF, and b) SON (lower
panel) rainfall. Contour interval is 0.1, the zero contour is bold, negative contours are dashed, and areas above
10.3 and below 20.3 are shaded. (Adapted from Haylock and McBride 2001).

In order to understand the weakening of the Indonesian rainfall – ENSO relationship from the dry
season to the wet season, Hendon (2003) examined the relationships between Indonesian rainfall,
SSTs and atmospheric circulation over the entire tropical Indian Ocean and Pacific using 43 stations
selected from the data set used by Haylock and McBride. Based on the result of the change of the
correlation patterns (see Fig. 14, Chapter 12 by Hendon), he postulated that the weakening of the
relationship results from seasonally varying feedback of ENSO on the local SST surrounding
Indonesia. This feedback causes the equatorial Pacific SST gradient and Walker circulation to
enhance from the dry season of JJA to the transition season of SON, and followed by rapid weakening
during the wet season of DJF. Thus, the correlation between SSTs and rainfall is low during the wet
season, and the spatial coherence of rainfall across Indonesia breaks down going from the dry season
to the wet season.
The strong effect of the wind-terrain interactions on the annual cycle of local rainfall was noted in
Section 2. Chang et al. (2004b) suggested that similar effects may lead to local rainfall-ENSO
relationships that vary among different sub-regions during northern winter, when the region is
affected by cold surges off the Asian continent from the north, Indian Ocean zonal wind anomalies
from the west, and cross-equatorial flow from the south. Therefore, certain parts of the domain may
have localized relationships with ENSO, even though the correlation between ENSO and the rainfall
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averaged over the entire region is low. They used the Climate Prediction Center Merged Analysis of
Precipitation (CMAP) rainfall data (Xie and Arkin 1997) to show that during 1979-2002 the
correlations between DJF rainfall and Nino3 SST (Fig. 12) are mostly negative over a significant part
of the Maritime Continent and vicinity except in the vicinity of Sumatra and Malay Peninsula (SMP,
including the western sections of Java and Borneo), where the correlations range from zero to weakly
positive. This area has been shown to have low correlation with ENSO in other seasons as well
(Ropelewsk and Halpert 1987; Aldrian et al. 2003).

Figure 12. Correlations of 1979-2002 CMAP rainfall with Nino3 SST. Areas above the 5% significance level
are shaded. The following rainfall index regions are delineated: SMP: Sumatra-Malay Peninsula; SWO:
Southwest oceanic area southwest of Sumatra; and CMC: Central Maritime Continent. (From Chang et al.
2004b)

Using composites of the anomalous 850 hPa winds from the 1979-2002 NCEP Reanalysis (Fig.
13), Chang et al. (2004b) showed that the effect of ENSO diminishes to the west and does not exert a
strong influence on the SMP region. In the cold-anomaly composite (Fig. 13a) the convergence of 850
hPa zonal wind near the equator represents the strong Walker cells over the Pacific and Indian oceans
and favors convection in the eastern part of the Maritime Continent. An anomalous cyclonic
circulation centered near the Philippines and extending southwestward into the equatorial South China
Sea also affects mainly Borneo and the area to its east. In the SMP wet-anomaly (Fig. 13b), these
features are much weaker. The anomalous cross-equatorial flow associated with ENSO also affects
the rainfall over SMP and the area to its east differently. Moreover, during cold events the anomalous
westerly winds from the equatorial Indian Ocean remain strong over the SMP area and do not
attenuate until passing Borneo. As a result, the moisture from the equatorial Indian Ocean produces
excess rainfall on the windward side (SWO in Fig. 12) of the steep terrain along western Sumatra, but
not on the lee side (SMP).
Chang et al.’s (2004b) results suggest that the low correlations between Indonesian wet monsoon
rainfall and ENSO may be due in part to the averaging of rainfall in two regions with opposite
characteristics. They also showed that there is an interdecadal change around the late 1970s. Table 1
shows their comparison of the correlations between Nino3 SST and area-averaged Indonesian station
rainfall (Haylock and McBride 2001) for western (west of 112°E), eastern (east of 112°E), and all
Indonesia for 1950-78, 1979-97, and the entire period. The correlations for all Indonesia are
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insignificant regardless of the choice of data periods. They are of opposite signs between western and
eastern Indonesia, and the overall trend is more negative in the recent decades. The negative
correlation for eastern Indonesia is also significant for the entire 48-year period. However, the
correlations remain lower than those of the dry (boreal summer) and transition (boreal fall) seasons.
This is especially so for January, which has consistently insignificant correlations for all regions and
decadal periods.

Figure 13. (a) Composite of Nino3 SST “cold minus warm” 850 hPa wind (heavy arrows indicate differences
with at least a 95% confidence level in either the zonal or the meridional component) and vorticity (10-6 s-1, only
differences at 95% or higher confidence level are plotted) during 1979-2002, (b) Same as (a) except for “wet
minus dry” in the SMP rainfall index. (Adapted from Chang et al. 2004b)

Table 1. Correlation between Nino3 SST and area-averaged Indonesian station rainfall for western Indonesia
(west of 112°E), eastern Indonesia (east of 112°E), and all Indonesia. Values above the 1% significance are in
italic bold. The significance of all other values is below the 7.5% level. (From Chang et al. 2004b)
Winter (DJF)
Western Indonesia
Eastern Indonesia
All Indonesia

1950-78

0.49
-0.25
0.16

1979-97

0.26
-0.62
-0.30

1950-97

0.22
-0.44
-0.17

It is interesting that the interdecadal change of the ENSO – monsoon rainfall relationship for the
Indonesian wet season is opposite to that of the Australian monsoon, in which the relationship has
weakened beginning in the late 1970s (Power et al. 1999a, b). Power et al. (1999a) suggested that the
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change of the Pacific Decadal Oscillation from negative to positive phase around the mid-late 1970s is
responsible for the decrease of the effect of ENSO in the western Pacific. Chang et al.’s (2004b) result
seems to suggest that, rather than a broad weakening, the effect of ENSO during northern winter may
have been constricted to a narrower equatorial region in the more recent decades. Thus the effect is
weaker over Australia but stronger over Indonesia.
3.2 Biennial Oscillations
Significant biennial variability in rainfall has been observed in the Maritime Continent, including
Indonesia (e.g., Nicholls 1978; Yasunari 1991; Clarke et al. 1998) and Malaysia (e.g., Subramaniam
1993; Kwan 2002). These variations are similar to the biennial variations in many parts of the tropical
atmosphere (e.g., Meehl 1987; Li et al. 2001), and are called "Tropospheric Biennial Oscillation"
(TBO) by Meehl (1987). In this oscillation, the rainfall and low-level wind often exhibit a tendency
for alternating anomaly signs from one year to the next. Since Maritime Continent rainfall is
correlated with ENSO and that ENSO often contains biennial signals (Rasmusson et al. 1990), some
of the TBO signals in the Maritime Continent rainfall may be ENSO related. On the other hand, the
biennial signals in the Maritime Continent and its surrounding equatorial ocean regions, as well as
northern Australia, have a particularly interesting behavior that suggests that TBO in this region may
also arise from local atmosphere-ocean interactions. In these regions the sign of the correlation
between low-level wind and rainfall or surface pressure reverses seasonally. Brier (1978) proposed
that if either the ocean-to-atmosphere forcing or the atmosphere-to-ocean forcing changes sign from
one part to another part of the year, a biennial oscillation may result from the varying air-sea
interactions. Thus, the seasonal sign reversals in the wind-pressure and wind-rainfall correlations may
suggest the possibility of a biennially oscillating mechanism by itself.
South of the equator, the correlation between monthly 850 hPa wind speed and surface pressure
changes from positive in southern winter to negative in southern summer. Nicholls (1978) explained
that during a positive pressure anomaly, easterly geostrophic wind south of the equator will enhance
the prevailing easterly wind in boreal summer but retard the prevailing westerly wind in boreal winter.
This wind changes lead to anomalously cool SST during boreal summer, which favors reduced
surface pressure, and anomalously warm SST during boreal winter, which favors increased surface
pressure. Thus, Brier's (1978) condition is satisfied and Nicholls (1978) demonstrated that a biennial
oscillation could be simulated in a simple model.
In the entire Maritime Continent region, including the equatorial western Pacific on both sides of
the equator, a similar seasonal reversal exists in the correlation between low-level zonal wind and
SST. Chang and Li (2000) theorized that this reversal is a part of the feedback mechanism that drives
the TBO in the South Asia to Australia monsoon region (Meehl 1997, Meehl and Arblaster 2002).
Hendon (2003) used a similar mechanism to explain the TBO in the region, in which the anomalous
zonal winds involved in the seasonal reversal of the local air-sea feedback are driven by ENSO
instead of the broad-scale Asian-Australian monsoons.
4. Synoptic and Intraseasonal Variations
4.1 Boreal Winter Convection
Deep convection over the large islands of the Maritime Continent is most active during the
northern winter monsoon. The western part of this region that surrounds the equatorial South China
Sea is influenced by large-scale disturbances that vary over a wide range of time scales. A primary
synoptic-scale feature is the northeasterly cold surge (Ramage 1971, Chang et al. 1983; Wu and Chan
1995). The cold surge signal is dominated by a freshening of northeasterly winds that spread
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equatorward around the eastern edge of low-level anticyclones located over East Asia (See Chapter 10
by Chan). Its frequency contributes to a regional oscillation in the northeast monsoon winds that
occurs at synoptic to biweekly time scales.
Another primary synoptic-scale feature is the quasi-stationary low-level cyclonic disturbances that
occur in the vicinity of Borneo (Cheang 1977), where the basic-state low-level vorticity is cyclonic.
Although the circulations of these disturbances may not be completely closed on their eastern side,
which mostly lies over the island, they are referred to as the Borneo vortex (Chang et al. 2003,
2005a). Cheang (1977) has traced some of them as originally easterly waves propagating into the
South China Sea from the western Pacific. During northern winter, the interaction between northeast
monsoon winds and the terrain makes the Borneo vortex the most well defined (highest frequency)
synoptic system in the entire equatorial belt of the Asian-Australian monsoon region (Chang et al.
2004a).
On the intraseasonal time scales, the MJO often has peak amplitude during the boreal winter over
the Maritime Continent (Hsu 1996, 2005; Yanai et al. 2000; Chen and Yanai 2000). Typically, the
eastward-moving MJO produces alternating periods of enhanced and reduced large-scale convection
as it passes through the region of the equatorial South China Sea and Maritime Continent. The
passages of its active convection phase have often been associated with tropical cyclogenesis during
boreal winter (e.g., Liebmann et al. 1994). While cold surges, MJO, and the synoptic disturbances
differ greatly in their origin and do not vary over the same space and time scales, they may interact
and influence the variability in deep convection over the Maritime Continent. Taylor (1998) showed
that most tropical cyclone formation on both sides of the equator during the 1996-97 boreal winter
was due to interactions among cold surges, easterly waves and MJO. Simms (2000) also presented
evidence that the MJO may affect cold surges over equatorial western North Pacific.
Figure 14 shows the 21-boreal winter (December 1980-February 2001) mean 925 hPa circulation
and convection fields over the western Maritime Continent produced by Chang et al. (2005a). The
circulation fields (wind, divergence and vorticity) are based on NCEP/NCAR reanalysis and the
convection is represented by a convective index (CI) calculated from the Geostationary
Meteorological Satellite black-body temperature (Tbb), where CI=250(ºK)-Tbb for Tbb < 250ºK and
CI=0 otherwise. The CI is averaged over 00 and 12 UTC to remove the diurnal cycle. Figure 14a
shows that maximum convection occurs over Java, with the convective area extending northward and
westward over Sumatra and into the eastern Indian Ocean, forming an ITCZ south of the equator.
Fig. 14 shows that convection is suppressed north of 5°N. This is in contrast to boreal fall when
strong convection occurs off the Vietnamese coast (Chang et al. 2003). Even though the winter
northeast winds are stronger, the SST in the northern and middle South China Sea is significantly
lower (Chen et al. 2003). As a result, the air is cooler and drier (Johnson and Houze 1987), and deep
convection is less likely to develop until the air reaches the southern South China Sea after it is
transformed by substantial surface sensible and latent heat fluxes (Johnson and Zimmerman 1986).
The low-level northeast winds reaching the southern South China Sea are deflected to the west and
south by the terrain of the Malay Peninsula and Sumatra. Over the northern portion of the domain, the
westerly deflection results in easterly winds that extend into the Bay of Bengal. To the south, the
deflection results in northerly winds, which turn eastward after crossing the equator due to the
conservation of potential vorticity (Lim and Chang 1981). The resulting westerlies sustain a Southern
Hemisphere cyclonic shear zone where tropical cyclogenesis occurs frequently (Holland 1984;
McBride 1995).
The two equatorial convergence regions in Fig. 14b are associated with two deep convection
maxima (Fig. 14a). The convergence center near Sumatra is due to the onshore northeasterly monsoon
flow. However, the convergence center over Borneo is in the region of the counterclockwise turning
of the winds that cross the equator. Along the northern portion of the northwest Borneo coast Ekman
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pumping can increase moisture convergence as the strengthening northeast winds contribute to the
shear and curvature vorticity of the counterclockwise circulation around Borneo (Fig. 14c). Between
2°N-4°N a substantial part of the western Borneo coastline faces northward. As a result, the blocking
of strengthened northeast winds causes a direct increase in moisture convergence.

(a) CI

(b) V&Div

(c) V&Vort

Figure 14. DJF (1979/80-2000/01) mean fields of (a) convective index, (b) 925 hPa winds (m s-1) and
divergence (shaded, 10-5 s-1), and (c) 925 hPa winds (m s-1) and vorticity (shaded, 10-5 s-1). The black horizontal
bar in (b) and (c) is the area for the surge index, the occurrence of a surge day is defined when the areaaveraged northerly wind exceeds 8 m s-1. (Adapted from Chang et al. 2005a).

4.2 Synoptic-Scale Motion Systems
Chang et al. (2005a) used 2-15 day filtered daily 00 UTC 925 hPa winds from the 21-winter
NCEP/NCAR reanalysis to study the effect of the synoptic disturbances on convection over the
western Maritime Continent. The cold surge is determined from an index that is defined as the
average 925 hPa northerly wind along 15°N between 110°E - 117.5°E (Figs 14b,c). A surge day is
defined when this index exceeds 8 m s-1. The presence of a Borneo vortex is determined by a
streamline analysis of unfiltered 925 hPa winds, where the centers of counterclockwise circulations
during the 21 boreal winters are identified as shown in Fig. 15. The maximum occurrence of vortex
centers is oriented in a northeast-southwest region along the west coast of Borneo with a maximum of
more than 120 centers over the 21 seasons near 1.5°N, 111°E. Nearly 1/3 of the total 1895 days in the
21 boreal winter seasons have one or more vortex centers in the western Borneo-southern South China
Sea region between 5°S - 10°N and 105°E - 115°E, and about 1/3 of these days are surge days. On the
other hand, only about 1/5 of the no-vortex days are surge days.
The impacts of cold surges and Borneo vortices on deep convection are shown in Fig. 16. When
neither surge nor vortex is present (Figs. 16a,e), convection is reduced over the equatorial South
China Sea and enhanced to its west, southwest, and south. The area of reduced convection is also an
area of low-level divergence. This pattern is almost reversed when a vortex is present without a cold
surge (Figs. 16b,f). It appears that the Borneo vortex acts to intercept transport of low-level moisture
by the northeasterly monsoon flow such that convection over the Malay Peninsula-Java region is
reduced. The presence of a cold surge basically enhances these two opposite patterns. Without a
vortex (Figs. 16c,g) the surge acts to reduce deep convection over the equatorial South China Sea
where there is also low-level divergence and increase convection and low-level convergence over the
surrounding regions of the Malay Peninsula, Java, and surrounding equatorial regions. Whereas the
low-level divergence over the South China Sea is associated with the increased northeasterly winds
associated with the cold surge, the increased low-level convergence and convection downstream over
the Malay Peninsula results from the blocking of the surge winds by the terrain. When both surge and
vortex cases are present (Figs. 16d,h), convection over the southern South China Sea is strongest.
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Figure 15. Analyzed Borneo vortex center locations based on streamlines of unfiltered 925 hPa winds. The
isopleths represent an analysis of the number of circulation centers in 2.5°x2.5° grid squares. (From Chang et al.
2005a).

(a) CI, no S, no vortex

(b) CI, no S, vortex

(c) CI, S, no vortex

(d) CI, S, vortex

(e) V&Div, no S, no vortex (f) CI, no S, vortex

(g) CI, S, no vortex

(h) CI, S, vortex

Figure 16. Composite maps of (top row) convective index and (bottom row) 925 hPa winds (m s-1) and divergence
(shaded 10-5 s-1) for (a,e) no surge and no vortex cases, (b,f) no surge and vortex cases, (c,g) surge and no vortex
cases, and (d,h) surge and vortex cases. (From Chang et al. 2005a).
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When a vortex occurs together with a surge (Fig. 16h), the axis of cyclonic turning is oriented
along the west coast of Borneo. This shifts the location of the vortex from the South China Sea in the
no-surge case (Fig. 16f) to be more along the Borneo coastline. Chang et al. (2003) explained the rare
formation of the equatorial typhoon Vamei during December 2001 as a result of the interaction
between a strong cold surge and a Borneo vortex. The fact that the cold surges tend to shift the vortex
center towards land contributes to the very low probability for such a tropical cyclone formation
because the vortex is unlikely to intensify over land.
4.3 Madden-Julian Oscillation
The effect of MJO on convection over the Maritime Continent region was studied by Chang et al.
(2005a), using a singular-value decomposition (SVD) on 30-60 day filtered 850 hPa winds and OLR.
Figure 17 shows the four phases of MJO based on their two leading SVD modes. The maximum
oscillation occurs to the south of the equator and also affects the Australian monsoon region (See
Chap. XXX by Hendon). During phase 1 (Fig. 17a), the reduced convection regime of the MJO has
passed through the Maritime Continent region where equatorial easterly anomalies exist between
80°E-150°E. During phase 2 (Fig. 17b), the region is in a transition from the reduced convection
regime of the MJO, which has moved eastward, to the approaching active convective regime of the
MJO. Here increased convection and low-level westerlies exist immediately west and south of the
Malay Peninsula, Sumatra, and Java. During phase 3 (Fig. 17c), the enhanced convection is centered
over the eastern portion of the Maritime Continent. Low–level westerly anomalies exist throughout
the region. Furthermore, the Australian monsoon trough is very well defined and there are increased
850 hPa northeasterly winds throughout the South China Sea. Finally, phase 4 (Fig. 17d) is another
transition phase when the active convection regime has moved to the equatorial western Pacific and
the reduced convection regime is approaching the Maritime Continent from the west.

(a) MJO Phase 1
(Dry)

(b) MJO Phase 2 (D to W)

(c) MJO Phase 3
(Wet)

(d) MJO Phase 4 (W to D)

Figure 17. Composite 850 hPa winds (m s-1) and anomalous OLR, W m-2) for the four phases of MJO based on time
coefficients of an SVD analysis of the winds and OLR. The terms Dry and Wet refer to increased or reduced
convection over the Maritime Continent (Adapted from Chang et al. 2005a).
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Chang et al.’s (2005a) statistics showed that cold surges occur less frequently during MJO periods
(21%) than no-MJO periods (29%), and especially during phases 1,2 during which the percentage of
surge days (15%) is about one half of those during phases 3,4 (28%) and no-MJO periods. This
contrast is consistent with the anomalous 30-60 day 850 hPa wind patterns (Fig. 17), in that there are
anomalous southerly winds during MJO phases 1,2 over the South China Sea that apparently inhibit
the development of cold surges. Chang et al. (2005a) also found that nearly twice as many vortex
cases occur during no-MJO periods than MJO periods. During MJO periods, the distribution of the
number of vortex cases varies only modestly among the four phases.
During the MJO phase 1 (dry phase over the Maritime Continent), the composite Borneo vortex
case (Figs. 18a,e) is similar to the composite of vortex cases with no surge (Figs. 16b,f). This
similarity indicates that the MJO dry phase may inhibit cold surges so the Borneo vortex most likely
occurs without a surge during this phase. During MJO phase 2 (transition from dry to wet phases over
the Maritime Continent), the deep convection over the equatorial South China Sea and the low-level
winds associated with the Borneo vortex (Figs. 18b,f) become more organized. Northeast winds
appear over the southern South China Sea but their magnitude is much less than that in the vortex and
surge composites (Figs. 16d,h). The northeast winds over the southern South China Sea in the
composite Borneo vortex based on 2-15 day bandpass filtered data (Figs. 18b,f) during periods of
MJO phase 2 are opposite to the 30-60 day bandpass filtered southwest winds over the region (Fig.
17b). Chang et al. (2005a) suggested that the influence of MJO phase 2 might be to inhibit weak cold
surges or reduce the intensity of strong cold surges.

(a) CI, Phase 1 (Dry)

(e) V&Div, Phase 1

(b) CI, Phase 2 (D to W)

(f) V&Div, Phase 2

(c) CI, Phase 3 (Wet)

(d) CI, Phase 4 (W to D)

(g) V&Div, Phase 3

(h) V&Div, Phase 4

Figure 18. Composite maps of (top row) convective index and (bottom row) 925 hPa winds (m s-1) and
divergence (shaded, 10-5 s-1) for MJO and vortex cases when the MJO is in (a,e) Phase 1, (b,f) Phase 2, (c,g)
Phase 3, and (d,h) Phase 4. The MJO phases are as defined in Fig. 17. (Adapted from Chang et al. 2005a).

Although there is some indication that the MJO phase 3 (wet phase over the Maritime Continent)
may be associated with cold surge frequency, the cyclonic circulation of the vortex seems to be more
linked to cyclonic horizontal shear associated with equatorial westerly winds rather than northeasterly
winds that extend through the southern South China Sea. This increased equatorial westerlies is
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associated with the enhanced MJO-scale convection over the eastern portion of the Maritime
Continent (Fig. 17c). Consequently, the center of the vortex is located over the southern South China
Sea (Fig. 18g) as is the maximum in deep convection (Fig. 18c). During MJO phase 4 (Figs. 18d,h),
the vortex is very weak with cyclonic shear present only over the extreme western South China Sea
and Malay Peninsula. Southwesterly anomalies exist over the primary region of the southern South
China Sea and reduced deep convection spreads northeastward along the west coast of Borneo. The
30-60 day composite winds over the South China Sea during this wet-to-dry transition phase are
primarily easterly (Fig 17d), as the reduced-convection branch of the MJO is beginning to extend over
the southern South China Sea.
During periods of no-MJO activity, the composite vortex patterns of convection, winds, and
divergence (not shown) are very similar to the composites of all vortex cases (Figs. 16b,d). This is
consistent with the above results in that a majority of vortex cases occur during no-MJO periods and
that the number of cold surges is reduced during MJO periods.
The relationships among the MJO, cold surges, and the Borneo vortex are summarized by
comparing the relative vortex frequency during periods of no surge, weak surges, moderate surges,
and strong surges during MJO periods, no-MJO periods, and the total number of cases (Fig. 19). It is
clear that the presence of the MJO is associated with fewer numbers of vortex cases, and the
occurrence of vortex cases during periods of weak surges is most reduced during the MJO. Therefore,
while the presence of a surge acts to increase the strength of the Borneo vortex, the frequency of
surges is reduced during periods when the MJO is present. Often the MJO-scale circulation pattern
directly opposes the cold surge wind pattern. Therefore, weak surges may be more inhibited during
periods when the MJO-scale circulations are strong. Primarily due to the impact of the MJO on cold
surge intensity and frequency, 66% of the vortex cases occur during non-MJO periods. During periods
when the active convection portion of the MJO is over the Maritime Continent, the occurrence of the
Borneo vortex may be more related to the cyclonic shear to the north of anomalous equatorial
westerlies rather than the northeasterly monsoon winds. The Borneo vortex is least likely to occur
when the inactive convective portion of the MJO extends to the Maritime Continent with large-scale
low-level diffluence that acts to restrict the impact of cold surges on convection in the southern South
China Sea.

Figure 19. The percentage of days containing a vortex relative to the surge intensity, for all (total) days, no-MJO
days, and MJO days. (From Chang et al. 2005a).
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1. Introduction
The Australian summer monsoon is traditionally referred to as the wet season in Northern
Australia when over three-quarters of the annual rainfall occurs. The circulation during the monsoon
is characterized by lower tropospheric westerlies to the north of a monsoon trough (Fig. 1 from Hung
et al. 2004), overlain by a broad region of upper tropospheric easterlies (e.g., Troup 1961). The
Australian summer monsoon is just a portion of the greater Indonesian-Australian Monsoon that
extends from the equator to about 15°S and westward from 100°E to about 155°E. Here we touch on
aspects of the onset process, the role of the MJO for intraseasonal and interannual variability, the
impact of ENSO, and decadal and longer term variations.

Figure 1. Mean streamlines at 850mb (contours) and precipitation (shaded, mm/day) for JJA and DJF. From
Hung et al. 2004.
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2. Broadscale Evolution
The Australian monsoon ultimately results from sensible heating over the continent that leads to a
reversal of the lower tropospheric meridional temperature gradient (warmer over land to the south
than over the ocean to the north). A thermally induced meridional circulation then develops (i.e., a
giant sea breeze; e.g., Hung and Yanai 2004). Low level onshore north-westerlies transport moist air
inland, which allows the monsoon to expand poleward over arid northern Australia. In conjunction
with development of the monsoon trough, lower tropospheric westerlies and associated widespread
rainfall replace the dry-trade easterlies that predominate during winter. Onset of the monsoon,
typically in late December, also coincides with a rapid poleward contraction of the subtropical jet and
ridge (Fig. 2, from Hendon and Liebmann 1990a). After onset the trade easterlies strengthen south of
the trough and upper tropospheric easterlies develop, yielding a tropical circulation with a deep
baroclinic structure. Along about 10−15°S a line of strong cyclonic (-∂u/∂y) shear separates lower
latitude westerlies from higher latitude easterlies (McBride and Keenan, 1982). The monsoon
typically retreats by April.

Figure 2. First three harmonics of annual cycle of OLR (contour) and 200 mb winds (vectors) averaged in the
Australian sector (130-145E). From Hendon and Liebmann 1990.

3. Bursts, Breaks, and Intraseasonal Variability
The monsoon is composed of bursts and breaks that typically last 1-3 weeks (Fig. 3, from
Wheeler and McBride 2004). Onset typically coincides with beginning of an active burst. The burst
and breaks are often a reflection of passage of the Madden-Julian Oscillation (MJO; e.g., 1987/88).
But, the MJO is not the only source of intraseasonal variability nor is it the trigger for every onset.
The role for the MJO in driving monsoon variability is quantified by spectral analysis of zonal at
850 mb at Darwin and northern Australia rainfall (Fig. 4, from Hendon and Liebmann 1990b). A
spectral peak in the MJO band (30-70 days) in zonal wind is evident, but not in rainfall. The peak in
zonal wind only stands out above the background spectrum (here subjectively determined by
averaging across frequencies adjacent to the MJO band) by about a factor of 0.5. That is, the MJO
signal only accounts for about 1/3 of the zonal wind variance in the 30-70 day range. No peak is
evident in rainfall, which reflects the much nosier nature of convective rainfall even after spatial
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averaging. However, rainfall is coherent with zonal wind in the 30-70 day band. Rainfall leads zonal
wind by a few days, which is typical of the MJO. Thus, the MJO clearly impacts variability of the
monsoon, but usually in only a modest fashion.

Figure 3. From Wheeler and McBride 2004. OLR averaged to north of Australia (box given in insert). Dashed
line is mean seasonal cycle. Heavy bars indicate periods of active convection associated with the MJO, as
determined by CEOF analysis of equatorial averaged OLR and zonal wind at 850mb and 200mb. R**2 values
are explained OLR variance in the boxed region for each summer monsoon season by the MJO.

Figure 4. Spectra of a) 850 mb zonal wind at Darwin and b) north Australia rainfall. Coherence squared
spectrum of the two time series is shown in c). Vertical dotted lines indicate the 30 and 50 day periods. From
Hendon and Liebmann 1990b.
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Figure 5. Composited OLR and 850-hPa wind anomalies for eight phases of the MJO during DecemberJanuary-February (DJF). OLR contour interval is 7.5 W m-2, with negative contours dashed and negative values
shaded. Black vectors indicate wind anomalies that are statistically significant at the 99% level, based on their
local standard deviation and the Student's t test. Grey vectors do not pass the 99% level test. The magnitude of
the largest vector is shown on bottom-right of each panel. From Wheeler and Hendon 2004

While the MJO may only play a modest role in the monsoon when all years are considered
together, there are clearly times that the MJO dominates monsoon variability. The role of the MJO in
the monsoon is elucidated by objectively identifying the MJO from global analyses and then
comparing the monsoon variations to those associated with the broad-scale MJO behavior. Wheeler
and Hendon (2004) defined the MJO by combined EOF analysis of equatorial averaged zonal wind at
200 and 850 mb and OLR. A dominant leading pair of modes is associated with the MJO. The typical
structure of the MJO in the Australian monsoon is revealed by composites that are based on the phase
of the MJO as given by the projection onto these leading two EOFs (Fig. 5, form Wheeler and
Hendon 2004). Suppressed conditions exist at phase 1 and 2 (phases are separated by about 1 week),
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with anomalous easterlies across and to the north of northern Australia. Active convection
commences at phase 4, with monsoonal westerlies becoming established by phase 5. An interesting
tropical-extratropical teleconnection is evident in southwestern Australia at Phase 3, whereby
enhanced convection there occurs ahead of the low-level cyclone before convection becoming
established to the north at Phase 4. By Phase 7, the active convection has moved off to the east. At
Phase 8 the monsoonal westerlies have decayed and suppressed conditions are reestablished. This
entire cycle takes on the order of 30-50 days.

Figure 6. Composite 30-50 day oscillation at Darwin for a) zonal wind, b) rainfall, c) meridional wind, d)
temperature, and e) relative humidity. Time runs from right to left, with an effective longitudinal scale shown
across the top assuming an eastward propagation speed of 4 m/s) From Hendon and Liebmann 1990b

Locally at Darwin, the amplitude of the oscillation at Darwin is about 5 ms-1 in zonal wind, 0.75
ms-1 in meridional wind, 5 mm rainfall per day, and 10% in relative humidity (Fig. 6 from Hendon
and Liebmann 1990b). The deep baroclinic structure in zonal wind has its node at about 300 hPa. The
temperature structure is similar to that described by McBride and Frank (1999), with a warm anomaly
of the order of 0.9 K in the upper troposphere and a cold anomaly of similar size in the lower
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troposphere. It is also interesting to observe enhanced boundary layer relative humidity ~1 week prior
to commencement of active convection. This feature, which may result from a slow vertical build up
of convection that progressively moistens and expands the boundary layer, may reflect a process
critical to setting the period of the MJO and which may be absent in many GCMs.
A concrete measure for the role of the MJO in each years’ monsoon is provided by the multiple
correlation coefficient squared, R2, between the 3-day running-mean OLR anomaly across northern
Australia and the projection coefficients onto Wheeler and Hendon’s leading pair of EOFS (values
indicated in middle right of each panel in Fig. 3). Nearly 60% of the OLR convective variability in the
1987/88 monsoon can be accounted for by the MJO, while in 1982/83 this drops to less than 10%.
Some of this interannual variability is likely related to interannual variability in the strength of the
MJO itself (e.g., Hendon et al. 1999). That is, the variability in the monsoon that is accounted for by
the MJO is proportional to the tropically averaged level of MJO activity.
Monsoon variability is also associated with large-scale westward propagating disturbances
(McBride 1983; Davidson et al. 1983; Keenan and Brody 1988; Hendon et al. 1989). Although it can
be quite varied, the phase speed of the westward convective envelopes is often about the same, except
in the opposite direction, as that of the eastward MJO (~5 m s-1). Usually the westward envelopes are
maximized off the equator, and can be accompanied by large variations in the rotational wind as well.
Such characteristics are suggestive of an influence on the monsoon by equatorial Rossby (ER) waves
(e.g., Matsuno 1966). The structure and evolution of the typical ER wave in the Australian region is
displayed in Fig. 7 (from Wheeler et al. 2000). The symmetric circulation cells on either side of the
equator are clearly seen, though in individual cases symmetry is hard to detect.

Figure 7. Horizontal structure of a n=1 equatorial Rossby (ER) wave over a sequence spanning 21 days, as
computed using lagged regression based on a two standard deviation anomaly in the ER wave filtered OLR
series at 10oS, 150oE. Shading/cross-hatching show the negative/positive OLR anomalies at the levels of -15, 10, -5, 5, and 10 W m-2. Contours are streamfunction at the 850 hPa level (interval of 5 × 105 m2 s-1), with
negative contours dashed and the zero contour omitted. Vectors are the 850-Pa wind anomalies, plotted only
where the local correlation of either wind component is statistically significant at the 99% level. [Reproduced
from Wheeler et al. (2000).]

184

Such westward propagating ER waves were evident during the 1986/87 monsoon. Hovmoller
plots of zonal and meridional wind at 850 mb are displayed in Figs. 8. The waves are detectable as far
east as the date line. Also indicated in these figures are the tracks of the tropical cyclones that
developed, which are located in the troughs of these disturbances in both hemispheres. As will be
discussed in the next section, onset of the monsoon this year also seems to be triggered by arrival of
one of these troughs.

Figure 8. Left panels: Zonal wind at 850 mb along 10S (top) and Eq (bottom) for 1 Dec 1986 – 15 Feb 1987.
Heavy dashed (solid curves) are southern (northern) hemisphere cyclone tracks. Heavy horizontal line indicates
onset date at Darwin (heavy vertical line) Right panels are for meridional wind. From Hendon and Liebmann
(1990)

Another potential source of variability within the monsoon is the cross-equatorial influence of
cold surges in the South China Sea. These surges are characterized by periods (order several days) of
strong cross-equatorial northerly winds, anomalously low temperatures, and an increase in surface
pressure in the South China Sea. Compo et al. (1999) found submonthly (6−30 day) time-scale surges
were directly related to convective activity south of Indonesia. Sumathipala and Murakami (1988), on
the other hand, found no contribution of lower-frequency, 30−60 day, northerly surges of east-Asian
origin to convection in the Australian-Indonesian monsoon. Instead, they found a contribution from
northeasterly flows originating in the subtropical north Pacific.
4. Thermodynamic Changes and Triggers of Onset
From a local thermodynamic perspective, onset involves a gradual built up of low level moist
static energy and CAPE, but with significant convective inhibition. For example, in November and
December 1986 pre monsoon conditions existed (Fig. 9, from Hendon et al. 1989), with large CAPE
and strong mid-troposphere static energy minimum but dry boundary layer. The build up of low-level
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moist static energy and CAPE results primarily from an increase in surface temperature. CAPE is not
realized prior to onset due to strong convective inhibition from a lack lower tropospheric humidity.
That is, parcels would have to be lifted more than 100 mb from the surface to become buoyant prior to
onset. The AMEX experiment in January 1987 experienced an active monsoon. Widespread, deep
convection increased mid tropospheric temperature, decreased lower tropospheric temperature and
reduced CAPE. But, the increase in low level humidity also lead to dramatically reduced convective
inhibition. McBride and Frank (1999) describe a similar contrast between active and break episodes of
the monsoon.

Figure 9. From Hendon et al. 1989

These changes in stratification before and after onset are also reflected in the changes in the
characteristics of convection. Convection during the premonsoon (and break periods) is less
widespread but has higher vertical development, higher reflectivity above the melting level, a lack of
large stratiform decks, more intense updrafts, and higher electrical activity (e.g., Keenan and Carbone
1992). In comparison, convection during the active westerly monsoon is widespread with weaker
updrafts and often associated with squall-like structures within large mesoscale stratiform decks (e.g.,
Keenan and Rutledge 1993). Thus, while active monsoon conditions result in more widespread rain,
the individual convective cells involved are generally less intense. To some extent these differences
can be attributed to a continental as compared to maritime source of the airstream in which the
convection is embedded. The active monsoon tends to have low level flow from the north (onshore),
while the premonsoon and break periods experiences flow from the south (off the continent).
However, such differences in convective characteristics are also consistent with the general largescale static stability changes discussed by Hendon et al. (1989) and McBride and Frank (1999).
While the switch from dry, south-easterlies to wet north-westerlies is sudden, sensible heating
from the ground surface, which contributes to the creation of the land-sea thermal contrast in the
Australian sector, begins as early as September (Hung and Yanai 2004). Hence, some other trigger is
required to instigate the sudden onset. Possible candidates include passage of the convective phase of
the MJO or other synotic-scale tropical waves that produce moist northweserly flow and lower
tropospheric convergence (e.g., Davidson et al. 1983; Hendon et al. 1989) and penetration of
extratropical troughs that perhaps act to destabilize the upper troposphere (e.g. Davidson et al. 1983;
Hung and Yanai 2004).
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A case for the role of the MJO in the onset of the monsoon can be made by compositing daily
OLR and other meteorological variables relative to a subjectively defined onset date. Unfortunately,
determination of onset date is not unique and subsequent interpretation depends on the definition of
onset. Hendon and Liebmann (1990a) defined onset as the first occurrence of broad-scale wet
conditions in northern Australia in conjunction with westerly 850 mb winds at Darwin, based on
weakly low pass filtered daily data (i.e., periods shorter than 3-4 days were removed). The composite
evolution of zonal wind about onset is consistent with that produced by the MJO: onset coincides with
development of deep westerlies overlain by upper tropospheric easterlies that persist for about 2-3
weeks. The evolution of OLR for the composite onset (Fig. 10, from Hendon and Liebmann 1990a)
reveals that onset is associated with the slow eastward propagation of convection from the Indian
Ocean that typifies the MJO. At Australian longitudes, low OLR (enhanced convection) dips
southward at onset and then retreats equator as the convective phase passes into the western Pacific.
Hendon and Liebmann (1990a) note, however, that the standard deviation of these composite OLR
anomalies is as large as the composite itself. Thus, the role of the MJO is not necessarily dominant.
By taking a more local view of the monsoon onset (i.e. development of deep westerlies at Darwin),
Drosdowsky (1996) made the case that the MJO was no more important than any other synoptic
variability.

Figure 10. From Hendon and Liebmann 1990a

Wheeler and Hendon (2004) re-examined the relationship between monsoon onset and the state of
the MJO, as defined by the leading pair of EOFs of equatorial averaged zonal wind and OLR (Fig. 11,
from Wheeler and Hendon 2004). Onset dates were determined by Drosdowsky (1996). When the
MJO is strong, onset occurs more than 80% of the time when the MJO is in Phases 4−7 (i.e., when
MJO low-level westerlies and broad-scale convection are in the vicinity of northern Australia) and
less than 20% of the time in all the other phases (i.e., when northern Australia is in the suppressed
phase of the MJO). The spread of onsets from Phases 4 to 7 covers a time window of half the period
of the MJO (i.e., about 20 to 30 days), which is significantly greater spread than the ±4 days found by
Hendon and Liebmann (1990a). However, Hendon and Liebmann used a “local” definition of the
MJO (i.e. low pass filtered (periods shorter than about 3 days removed) winds and rainfall in the
Australian sector), which clearly captures variability besides that due to the MJO. Thus, it appears that
the MJO limits monsoon onset to within its active half-cycle, but the actual onset is often set by other,
presumably shorter time-scale, phenomena. This view is consistent with Hung and Yanai (2004) and
the earlier study of Hendon et al. (1989), both of who found the large-scale, low-frequency, influence
of the MJO to be only one of a number of factors that determine onset.
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Figure 11. Onset date each year as a function of the state of the MJO, given by the projection onto the leading
CEOFs of equatorially averaged OLR, and zonal wind at 200 and 850 mb. Onset dates are based on the daily
deep-layer mean zonal wind, at Darwin, Australia as given by Drosdowsky (1996). Reproduced from Wheeler
and Hendon (2004).

In their study of the monsoon onset during Winter MONEX, Davidson et al. (1983) presented
evidence that the trigger mechanism for onset lay in the evolution of synoptic-scale weather
disturbances to the south and west of Australia. They hypothesized that prior to onset the seasonal
buildup of planetary-scale and land-sea temperature gradients reach a critical stage. Before the onset
can take place, however, traveling highs and lows (“weather systems”) to the south must be be
configured so that trade easterlies are prevalent across the Australian continent .
The case for triggering of onset by westward propagating, equatorial Rossby waves was made by
Hendon et al. (1989). As previously mentioned, onset of the monsoon during the 1986/87 season
coincided with arrival of the trough of one such Rossby wave (Figs. 8 and 9). Furthermore, another
packet of Rossby waves some 3 weeks later also seems to explain revival of the monsoon.
Danielsen (1993) proposed a mechanism whereby the passage of midlatitude cold fronts south of
the Australian continent spread cold air northward across the continent, which in turn interacted with
the continental scale sea-breeze lying across the northern part of the continent. Such a description
bares much similarity to that for the South China Sea cold surges (e.g., Love 1985). Danielsen showed
that changes in lower-tropospheric stability and low-level convergence contribute to the triggering of
convection and were synchronized with the passages of these higher latitude cold fronts.
Kawamuura et al. (2002) propose that onset involves an air-sea feedback, in much the same
fashion as discussed by Nicholls (1981), Hendon (2003), and Wang et al. (2003) in the context of the
SST evolution north of Australia during ENSO. Kwamauura et al. suppose that the initial sensible
heating of the continent prior to monsoon onset acts to drive shallow north-westerly onshore flow,
which superimposes on the mean easterly trades to the north of Australia. Thus, wind speed is
reduced, thereby reducing latent heat flux and ocean mixing, hence increasing local SST. Warm SST

188

then promotes stronger north westerly flow (i.e., akin to a Gill (1980) response to an imposed heat
source), further reducing the windspeed and warming the SST. Warm SST acts to enhance convective
instability , which continues to build up until onset. Onset of the monsoon, in their view, still requires
an additional trigger, for instance the passage of the MJO.
5. Modulation of Synoptic Weather
Modulation of synoptic weather (including likelihood of extreme rainfall events) by lower
frequency intraseasonal variability is also observed in the monsoon. Enhanced transient kinetic energy
at Darwin accompanies the wet phase of the MJO, along with enhanced rainfall variance (Hendon and
Liebmann 1990b). The enhanced kinetic energy occurs through the depth of the troposphere but with
maxima around 850 hPa and 100 hPa, consistent with the baroclinic structure that is common to many
tropical systems. Liebmann et al. (1994) also showed a roughly 2:1 modulation of tropical cyclones
between wet and dry MJO phases in the Indian and western Pacific sectors (also Hall et al. 2001). The
hypothesis for such a modulation is that the large-scale MJO anomalies alter the climatologically
favourable factors for TC development (e.g. low-level cyclonic vorticity, low vertical wind shear;
Gray 1979) on a time-scale that is slow enough that they act in the same way as those climatological
base-state factors.
Interestingly, the modulation of TC numbers by low-frequency (relative to the TC) variability is
not restricted to the MJO band. A higher and lower frequency bands produce the same degree of
modulation. Hence any form of low-frequency (relative to the TC), large-scale variability that alters
the dynamical factors favorable for cyclogenesis appears to modulate TC activity.
Wheeler and Hendon (2004) also observed modulation of extreme continental rainfall during the
summer monsoon by the MJO. They looked at the contemporaneous relationship between the
occurrence of the highest quintile of weekly rainfall across Australia and the phase of the MJO. The
normal probability of a weekly rainfall total in DJF being in the upper quintile is, by definition, 20%.
Across the Top End region (around Darwin), the probability varies from less than 12% in Phases 1
and 2 (suppressed phase of MJO) to greater than 36% in Phases 5 and 6 (active phase of MJO). This
represents more than a tripling of the likelihood of extreme rainfall from the dry to wet phase of the
MJO.
6. Interannual Variability and ENSO
ENSO exerts considerable influence on Australian rainfall, but the weakest impact is during the
summer season (Fig. 12 from McBride and Nicholls 1983,; see also Holland 1986). Summer monsoon
rainfall is modestly correlated with El Niño (~-0.4), but the bulk of this negative correlation comes
from a strong negative correlation in the transitional season (Sep-Nov; Table 1 from Nicholls et al.
1982). Once the monsoon is active, the correlation with ENSO is near zero.
Similarly, onset of the summer monsoon, as defined by date of the first 250 mm of rainfall at
Darwin, is negatively correlated with El Niño (late onset during warm events, when pressure is high at
Darwin; Fig. 13 from Nicholls et al. 1982). Because of strong persistence of ENSO anomalies from
June through November, onset of the Australian summer monsoon is predictable some months ahead.
But, total wet season rainfall is not correlated with onset date (Table 1 from Nicholls et al. 1982).
Interestingly, onset date as defined by the first 250 mm of rainfall (which is about ¼ of the wet season
total) is 3 weeks earlier than onset as determined by the large-scale rearrangement of the tropical
circulation. Thus, the strong negative correlation of El Niño with onset date and transitional season
rainfall occurs before the summer monsoon circulation is established (i.e., when northern Australia is
still in a trade wind regime).
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Figure 12. From McBride and Nicholls 1983

Figure 13. Scatter of Darwin Airport June-August presuure versus date by which 250 mm rainfall accumulates,
Nicholls et al. 1982

190

Table 1 From Nicholls et al. 1982

Figure 14. From Joseph et al. 1991
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Because of persistence of ENSO anomalies from June-November, onset date of the monsoon is
also related to the strength of the previous Indian monsoon (Fig. 14, from Joseph et al. 1991). A weak
Indian summer monsoon tends to occur during a developing El Niño, which is then followed by a late
onset of the Australian summer monsoon. Joseph et al. point out that the relationship between the
strength of Indian monsoon and onset date of the Australian summer monsoon seems to hold even in
the absence of ENSO. They suggest that the Indian summer monsoon is capable of driving SST
variations (warm in the western Indian Ocean and cold to the north of Australia), which subsequently
act to delay onset of the Australian monsoon. Such possible behavior needs to be explored in coupled
models with ENSO artificially suppressed.
Hung et al. (2004) further emphasize that the Australian summer monsoon is not related to the
following Indian monsoon, which reflects both the lack of persistence of ENSO after December and
lack of simultaneous relationship of the Australian summer monsoon and ENSO. They argue that the
Australian summer monsoon acts to disrupt the ENSO cycle.
Insight into why the ENSO influence on the Australian summer monsoon wanes at the peak of the
monsoon is gained by examination of the seasonal evolution of SST anomalies through the ENSO
cycle (Fig. 15 from Hendon 2003). In southern winter (JJA) and spring (SON) of an El Niño year,
SSTs are cold to the north of Australia and winds are anomalously easterly. These cold SSTs reinforce
anomalous subsidence driven by the warm equatorial SSTs in the central and eastern Pacific. Hence,
dry conditions in northern and eastern Australia tend to prevail in winter and spring. But, in DJF
(summer), despite persistence of warm anomalies in the Pacific and the associated easterly anomalies
to the north of Australia, the cold SSTs to the north of Australia disappear. The reinforcement they
provide to the remotely forced subsidence thus ends.
The evolution of the SST anomalies to the north of Australia has been postulated to stem from
seasonally varying air-sea feedback in the region (Nicholls 1981, Hendon 2003’ Wang et al. 2003).
During the winter (JJA) and spring (SON), the region experiences trade easterlies. In the mean, they
act to elevate the thermocline in the eastern equatorial Indian Ocean and to promote upwelling along
the Java/Sumatra coast. In other words, in the mean the easterlies produce conditions favorable for
air-sea coupling. Anomalous easterlies (for instance, driven remotely by El Niño in the Pacific) at this
time of year, then would act to 1) increase the total windspeed (easterly anomaly acting on an easterly
basic state) thereby producing surface cooling through increase latent and sensible heat flux and 2)
further elevate the thermocline in the east and promote enhanced upwelling on the Java/Sumatra coast
thereby producing more surface cooling in the eastern Indian Ocean. Thus, a positive feedback is
produced with colder SST anomalies acting to raise surface pressure in the eastern Indian Ocean and
producing stronger easterly anomalies. Once the Australian summer monsoon onsets and the mean
winds become westerly, the thermocline in the east deepens and mean upwelling along the
Java/Sumatra coast ceases. Anomalous easterlies now acting on a westerly basic state now will
decrease the total windspeed, thereby acting to warm the surface. Hence, together with the lack of
communication of the subsurface anomalies to the surface (because the mean thermocline is too deep
and coastal upwelling is weak), the easterly anomalies will produce a negative feedback. The positive
feedback during the winter and spring and negative feedback during summer is offered as an
explanation for the strong correlation between onset date and El Niño but for a weakening of the
negative correlation between El Niño and northern Australia rainfall once the monsoon onsets.
Other sources of interannual variability of the summer monsoon include seasonal variations of
MJO activity. Hendon et al. (1999) show years of strong MJO activity tend to occur when convection
over Australia is suppressed. That is, years of strong MJO activity tend to be years with a weak
summer monsoon. Seasonal MJO activity shows little relationship with ENSO (or any other SST
anomalies). Hence, the seasonal rainfall variance accounted for by the level of MJO activity is
independent of that accounted by ENSO. However, as the level of MJO activity is not obviously
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related to SST boundary forcing (Hendon et al. 1999, Slingo et al. 1999), it is not clear that the MJOinduced component of seasonal monsoon variability will be predictable.

Figure 15. Correlation of Nino34 SST index with SST and surface winds for the a) MAM, b) JJA, c) SON, and
d) DJF seasons. From Hendon 2003

7. Longer Term Variability
Besides exhibiting strong interdecadal variability, since 1950 summertime rainfall has been
increasing in the heart of the monsoon (north west and north central Australia) and has been
decreasing on the east coast (Smith 2004; Fig. 16, from
(http://cas.bom.gov.au/climatechange/index_cc.html). On the broadscale, the monsoon thus can be
considered to be strengthening. Wardle and Smith (2004) suggest that this upward trend of rainfall is
driven by the concomitant upward trend in surface temperature across the continent, which acts to
increase the land-sea temperature contrast, thereby lowering lower surface pressure across the
continent, resulting in a stronger monsoon. However, associated with the upward trend in rainfall,
surface pressure is observed to be increasing and the Southern Oscillation Index (standardized Tahiti
minus Darwin SLP) has been decreasing (Trenberth and Hurrell 1994). On interannual timescales,
higher pressure at Darwin is associated with El Niño conditions in the Pacific, negative SOI, and
reduced rainfall at Australian longitudes. Thus, the positive trend in SLP together with positive trend
in rainfall is counter to the relationship anticipated from interannual behavior. The rainfall trend is
negative on the east coast and does appear to be negative to the north of Australia, for instance across
parts of Indonesia (Climate Change 2001). And, when the broader scale Australian/Maritime
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Continent Monsoon is considered (i.e., wet season rainfall over land including the Philippines and and
Malayasia), a decreasing trend in monsoon strength has been observed (Chase et al. 2003). Thus, the
trend in the broadscale monsoon rainfall and surface pressure in the west Pacific is consistent with
that anticipated from interannual variability. The opposite behavior across north west and north
central Australia is intriguing and warrants further investigation.
.

Figure 16. Summertime (DJF) rainfall trend for the period 1950-2003)
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Abstract
This paper examines similarities and differences among major features of the North and South
American monsoon systems. Over both North and South America the summertime circulation shows
upper-level anticyclone/low-level heat low structures. These develop at different distances from the
equator. It is argued that ascent to the east where convective and subtropical convergence zones
develop, and subsidence over the cool waters of the eastern Pacific where stratocumulus decks provide
a radiative heat sink to the tropical atmosphere are integral and unifying aspects of both monsoon
systems. The intraseasonal and interannual variability of the systems are contrasted. The reported links
between anomalies in soil conditions and sea surface temperatures are marginal, and consistently longrange predictability is low. Ropelewski et al. (2005) and Grimm et al. (2005) focus on each of the
American monsoon systems in companion papers.

1. Introduction
Whilst there could be some debate as to whether the seasonal changes in the atmospheric
circulation over the Americas satisfy the conditions set by Ramage (1971) for an “official monsoon
label”, there is no doubt that in this particular case the issue reduces to reaching quantitative
thresholds while qualitative criteria are met.
The warm season flow over the Americas shows the classical monsoon-type surface low pressure
/upper-level anticyclone and intense low-level inflow of moisture from the ocean. The flow is affected
by large-scale land-sea surface temperature contrasts, as well as by land-atmosphere interactions
related to elevated terrain and land surface conditions (e.g. soil moisture and vegetation). Associated
seasonal changes in regional precipitation show the shift from low or relatively low to very intense.
We will refer to the North American and South American warm season circulations in the tropics
as the North American and South America Monsoon Systems (NAMS and SAMS, respectively). Both
the NAMS and SAMS provide a useful framework for describing and diagnosing warm season
climate. Climate anomaly patterns during the warm season can be characterized in terms of changes in
the intensity and/or features of either the NAMS or SAMS. For example, the summertime
precipitation regime over North America during the 1988 spring/summer drought or the 1993 summer
flood closely mimics a weakening and amplification of the NAMS, respectively.
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Our focus in this paper is on the similarities and differences among major features of the NAMS
and SAMS. Ropelewski et al. (2004) and Grimm et al. (2004) give a closer examination of each
individual system in companion works. Higgins et al. (2003), Paegle et al. (2002) and Vera et al
(2004) are other relevant recent papers on the subject to which the reader is referred for an extensive
bibliography. We start in section 2 with an overview of the monsoon systems over the Americas.
Sections 3 and 4 outline the intraseasonal and interannual variability of the systems, respectively.
Section 5 discusses the dynamics of the systems, and section 6 deals with predictability aspects.
2. Structure of the Monsoon Systems over North and South America
The Americas form a landmass of great meridional extent, reaching unbroken from over 50S to
over 70N. The equator intersects South America, which forms a cone, narrowing down with
increasing latitude. The west coast of Central and North America tilts in the northwest/southeast
direction, while that of South America in the tropics does not have such a pronounced tilt. High
mountain ranges extend along the Pacific coast of both continents. The Andes, in particular,
effectively block the influence at low levels of the Pacific Ocean on the climate of South America.
Another key feature that affects, and is affected by, the monsoon systems is the sea surface
temperature (SST) of adjacent oceans (Fig.1). During the warm season, tropical North American is
flanked to the west by the eastern Pacific warm pool extending to about 20N and by the cold Pacific
waters off-California north of that latitude, and to the east by the warm waters of the Gulf of Mexico
and Caribbean. Tropical South America is flanked by the cold Pacific waters off Peru and Ecuador
and by the warm waters of the tropical Atlantic. Consistently with the continental spread across the
equator, the seasonal evolution of precipitation shows a migration in latitude with maximum values
around the equator during the equinoxes.

Figure 1. Distributions of sea surface temperature (ºC, shading) on outgoing longwave radiation (Wm-2,
contours) for December-February (left panel) and June-August (right panel). (Courtesy V. Kousky.)
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Figure 2. Schematic illustration of the North and South American monsoons systems (left and right panels,
respectively). Shading indicates precipitation and dashed lines indicate convergence zones. Small arrows show
low-level (900 hPa) winds, and thick arrows represent low-level jets. An "H" shows a subtropical surface high
center, and an "A" indicates the monsoon anticyclone. (Adapted from V. Kousky.)

Figure 3. Schematic vertical section for the corresponding summer season at around 30°N (left panel) and
southwest-northeast (right panel). Regions of deep convection and low-level jets are indicated. (Panel for
NAMS adapted from W. Higgins.)

Figures 2 and 3 show schematically the major features of the warm season circulation over North
and South America. The NAMS is characterized by a region of intense precipitation emanating from
the eastern Pacific intertropical convergence zone (ITCZ), extending northward over Mexico to the
southwest United States (U.S.), with largest values over the western slopes of the mountain range.
High values of precipitation also extend northeastward over the Gulf of Mexico, reaching up along the
eastern flank of North America, and merging into the North Atlantic storm track. There is also a
relative maximum to the southwest of the Great Lakes. The continental east-west contrast between the
arid west and the humid east is a key characteristic of a monsoonal circulation, which we elaborate
upon in section 5. The upper-level monsoon anticyclone associated with the NAMS shifts northward
with season from southwestern Mexico to northwestern Mexico and southwestern United States.
Moisture transport onto the North American continent is associated with broad-scale advection from
the Gulf of Mexico, and with important low-level jets (LLJs) over the Gulf of California and east of
the Rockies. The latter LLJ is a warm season, primarily nocturnal, feature; less detail is known about
the other one.
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The SAMS is characterized by intense precipitation over central Brazil and Bolivia, in a region
that is linked to the Atlantic ITCZ to the northeast. The extension of the SAMS precipitation into the
South Atlantic Convergence Zone (SACZ) to the southeast, mirrors the northeast extension of NAMS
precipitation. In both cases, there is a substantial maritime component on the western flank of the
subtropical Atlantic anticyclones. The upper-level anticyclone associated with the SAMS (“Bolivian
High”) establishes close to the Altiplano. The trade winds from the tropical Atlantic Ocean provide
the moisture source for the SAMS. Moisture transport intensifies locally along the eastern scarp of the
Andes, where the South American LLJ (SALLJ) develops with strongest winds over Bolivia. In
contrast to NAMS, the SALLJ is present throughout the year and is not solely a warm season feature.
Figure 3 includes a sketch of the descending motion associated with the NAMS and SAMS. An
integral and unifying aspect of both monsoon systems is the subsidence over the cool SSTs of the
eastern Pacific. Here extensive stratocumulus decks provide a radiative heat sink to the tropical
atmosphere that can balance the adiabatic warming due to the monsoonal descent. These
stratocumulus decks arguably provide a direct coupling between both American monsoons and the
Pacific Ocean. We return to this feature in section 5 of the paper. It has also been suggested that
descent associated with SAMS occurs in the tropics across the equator, where it establishes links with
the North Atlantic climate (e.g. Robertson et al. 2000).
3. Intraseasonal Variability
Precipitation during NAMS shows a relative minimum in the warm season along the Sierra Madre
Oriental and the Caribbean. There does not seem to be such a feature in SAMS. The reasons for the
NAMS feature are related to the seasonal displacements of the ITCZ in the eastern Pacific. SAMS
interacts less directly with the tropical ITCZs.
During the warm season, tropical intraseasonal oscillations such as the Madden Julian Oscillation
(MJO) modulate a number of different weather phenomena affecting both the NAMS and SAMS (e.g.
tropical cyclones, tropical easterly waves, and Gulf of California surges). MJO-related impacts are
linked to more regional meridional adjustments of the precipitation pattern over the eastern tropical
Pacific.
Figure 4 is a schematic of the 700-hPa circulation for wet and dry moisture surges in Arizona,
U.S. (AZ). Whether a surge is “wet” or “dry” depends on the relative location of the upper-level
monsoon anticyclone at the time of the gulf surge. If the ridge axis is an eastward position, the
situation is wetter-than-average in AZ and to the east, while if the ridge is towards the west then the
situation is drier-than-average in the same location. Roughly one-half of gulf surges are not associated
with enhanced precipitation in AZ.

Figure 4. Schematic illustration of the circulation during a dry (left) and wet (dry) Gulf of California surge event
for Arizona. (Courtesy Wayne Higgins)
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The intraseasonal (interannual and even intedecadal) variations of SAMS appear to be associated
with a continental-scale eddy (Fig. 5). In the cyclonic phase of the eddy circulation, the SACZ
intensifies with anomalous descent to the southwest and weakened low-level flow east of the Andes;
the anticyclonic phase shows opposite characteristics. The vertical velocity distribution associated
with the mode is consistent with the reported dipole defined by persistent wet and dry anomalies over
tropical and subtropical eastern South America during the austral summer, with one center over
southeastern Brazil in the vicinity of the SACZ and another center over southern Brazil, Uruguay and
northeastern Argentina. Consistent with this picture is the existence of different convection “regimes”
in Amazonia as identified in recent field campaigns. An intense mode consisting of vertically
developed convection is associated with a westerly wind regime, while a weaker, monsoon-type
mode, is associated with an easterly wind regime (Herdies et al. 2002).

Figure 5. Opposite phases of the dominant mode of variability over South America during the warm season.
Thick arrows indicate low level jets. The area bounded by a red circle is one in which enhancement of
mesoscale convective systems are expected.

4. Interannual Variability
The continental-scale pattern of NAMS interannual variability shows that anomalously wet (dry)
summers in the southwest U.S. tend to be accompanied by similar conditions over the southeast U.S
and by dry (wet) summers in the Great Plains of North America. The SAMS exhibits a similar type of
behavior, with a dipolar relationship between precipitation over the SACZ and over southeastern
South America. Warm seasons with an active SACZ tend to be accompanied by dry conditions in
southeastern South America, and vice-versa, although ENSO effects modulate this tendency.
Some studies have reported that the intensity and extent of NAMS is correlated with SST
anomalies in the Gulf of California. According to one of those studies, anomalously wet monsoon
years in AZ are associated with significantly higher SSTs (>29°C) in the northern Gulf than dry years.
The association of SST anomalies in the Atlantic and SAMS is somewhat less direct. Northeasterly
and southeasterly trade winds advect moisture from the tropical Atlantic over the continent, but this
moisture has to travel some distance before precipitating in the monsoon region. There is a suggestion
that cold SST anomalies in the tropical North Atlantic are associated with stronger SAMS rains. On
decadal timescales, there is evidence from river-flow records of a relationship between the North
Atlantic and precipitation over the subtropical plains of South America.
ENSO can potentially exert an influence on the NAMS and SAMS through several pathways.
Changes in the Walker and local Hadley circulations can modulate the monsoonal divergent
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circulations. The potential for this influence is greater for the SAMS due both to its being closer to the
equator, as well as the seasonality of ENSO whose mature phase develops in the northern (southern)
cold (warm) season. A second pathway of influence may be through ENSO’s effect on eastern Pacific
SSTs, both through changes in the region of warm SSTs off the west coast of Mexico (for NAMS)
and stratus decks (especially for SAMS).
For both the NAMS and SAMS in the equatorial belt, El Niño and La Niña tend to be associated
with anomalously dry and wet events, respectively. During El Niño the ITCZ shifts toward the
equator, the Hadley circulation intensifies in the eastern Pacific, and there is a tendency for dry
conditions over Mexico. The opposite conditions develop during La Niña. During the northern winter,
there are significant and positive correlations between SST anomalies in the eastern equatorial Pacific
and precipitation anomalies over the southwestern U.S. There is also evidence that northern winters
characterized by wet (dry) conditions in the southwest are often followed by dry (wet) conditions in
the same region (i.e., stronger and weaker NAMS, respectively). The out-of-phase relationship
between precipitation in the southwestern/southeastern U.S. and the Great Plains of North America
suggests that summer drought (flood) episodes in the latter region are (at least indirectly) related to
anomalies the preceding winter. These associations between anomalies two seasons apart indicate the
existence of mechanisms that provide a memory for the system. We return to this issue in section 6.
For SAMS in the equatorial belt, a qualitatively similar and marginally significant El Niño-dry/La
Niña-wet relationship has been suggested. The mechanism in this case seems to be associated with
anomalies in the Walker circulation. During El Niño convection increases over the eastern tropical
Pacific and subsidence increases over equatorial South America, which disfavors convection.
There is still another pathway for ENSO influence on the NAMS and SAMS. This involves the
extratropics and the excitation of the Pacific North and South American Rossby wave trains or
teleconnection patterns. For the SAMS, the influence is related to the subtropical eddy-circulation
mentioned in section 3, which also involves the SACZ and anomalies of the opposite sense over the
subtropical plains. Interannual and intraseasonal variability over subtropical South America can
therefore be an expression of rectified modulation of intrinsic intraseasonal modes of atmospheric
variability by remote forcing (Grimm et al. 2004).
Observational evidence indicates the springtime snowpack modulates the amplitude of the NAMS
(Ropelewski et al. 2004). No similar relationship involving the snowpack has been proposed, to our
knowledge, for the SAMS.
5. A Discussion on the Dynamics of the NAMS and SAMS
The distributions of continental masses, orography and SSTs combine to define the characteristics
of the American monsoon systems. The dynamical balances that characterize NAMS and SAMS share
key similarities at the continental scale, as well as some important differences. Over both North and
South America, the summertime upper-level anticyclone/low-level heat low that characterizes a
monsoon circulation is in spatial quadrature in longitude with ascent on the eastern side and
subsidence on the western side (Chen 2003). This configuration of phase allows for a largely
Sverdrup-type balance between the vorticity source associated with diabatically-forced continentalscale vertical motion, and advection of planetary vorticity. (The balance differs from that in the largerscale Asian SW monsoon in a somewhat stronger contribution by zonal vorticity advection.) The lowlevel poleward motion associated with the Sverdrup balance feeds warm moist air into the convective
regions in a positive feedback. The SAMS comprises convection over Amazonia and the SACZ;
NAMS comprises convection in a region that emanates from the eastern Pacific ITCZ across Central
America/Mexico and the Caribbean, and that extends northeastward along the eastern seaboard of
North America in a way that resembles the SACZ. Thus, while NAMS is associated with convection
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over warm SSTs, i.e. the western hemisphere warm pool, the SAMS convection is largely over land.
The latter difference is more formal than substantial since the Amazon is sometimes referred to as an
“inland sea,” in connection with its atmospheric impact.
On their western flanks, both NAMS and SAMS are associated with subsidence over the cool
waters of the eastern Pacific and their accompanying stratocumulus decks. Here, Sverdrup balance
dictates equatorward winds and hence surface wind stresses that will lead to Ekman pumping of cool
waters to the surface. The highest incidence of California stratocumulus clouds peaks in the warm
season. However, the highest incidence of stratocumulus clouds off the coast of Perú-Ecuador occurs
in the southern spring, indicating that the monsoon is not the only mechanism that determines their
seasonal cycle. The upper-level anticyclones over North and South America develop at different
distances from the equator. The low-level jet (LLJ) over the Gulf of California lies near 30N, while
the South American LLJ is situated near 15S. Given the importance of the planetary-scale zonal
temperature gradient in setting up the monsoonal divergent circulation, the distribution of SSTs in the
eastern Pacific, with cold water off the California coast and warm water to the south, would appear to
constrain NAMS to be situated further poleward than SAMS.
Baroclinic Rossby wave dynamics is largely responsible for setting up the planetary-scale features
of the American monsoonal circulations presented above. Rossby waves generated by deep
convection generate an area of subsidence westward and poleward of their source. The term
“interactive Rodwell-Hoskins mechanism” (IRH) coined recently by J. D. Neelin and collaborators
describes the way Rossby wave-induced subsidence to the west of monsoonal heating interacts with
the convergence zone. The adjective “interactive” in IRH stresses that the spatial pattern of the
monsoon heating itself is determined interactively with the subsidence regions. The subsidence itself
interacts with the mid-latitude westerlies, with air parcels moving adiabatically and equatorward down
the sloping isentropes and west-coast orography tending to localize the region of descent. An
application of these arguments to NAMS and SAMS is consistent with Rossby wave descent over the
eastern subtropical Pacific, where a persistent stratocumulus deck develops.
Returning to the issue of meridional extent of the American monsoons, the alignment of the
continents could potentially allow both NAMS and SAMS to extend far poleward, and there is
evidence that the SACZ and its North American counterpart on the eastern side of the continents
extend into the midlatitudes in both cases. The monsoons extend poleward until the midlatitudes
dynamical regime takes over, in which horizontal temperature advection by the westerlies is able to
balance surface heat flux.
In addition to the planetary-scale wave dynamics discussed above, both American monsoon
systems have smaller-scale features embedded within them, again with baroclinic Rossby wave
dynamics. Within NAMS, there is an inverse relationship between precipitation in the core NAMS
region/southeastern U.S. and that over the Great Plains of North America. Similarly, within SAMS
the activity of the SACZ and precipitation over southeastern South America are inversely correlated.
In both cases, to balance a stronger zone of regional convergence requires a regional strengthening of
the upper-level anticyclone/low-level heat low structure that is then superposed on the planetary scale
monsoon circulation. The associated scale interactions remain largely unexplored, but Fig. 4 presents
an example of their importance.
6. Predictability
On intraseasonal time scales, accurate forecasts of MJO activity could be expected to lead
significant improvements in the skill of warm season precipitation forecasts. The improvement for
NAMS was suggested by Higgins et al. (2000), while that for SAMS results from the apparent MJOtype variability found in the SACZ (Nogués-Paegle et al. 2002). On seasonal to interannual time
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scales, the potential for prediction resides in the possible effects on the atmosphere of slowly-varying
surface conditions, such as those in the oceans or land.
Predictability studies with global models generally indicate very modest levels of seasonal-mean
precipitation skill over the NAMS and SAMS domains. Hindcast experiments have been carried out in
both a two-tier context, in which the SST is predicted first, as well as in fully coupled GCMs. These
predictions are made with ensembles of GCM runs, and expressed probabilistically, typically in terms
of the ranked probability skill score (RPSS) of tercile-categorical predictions.
An evaluation has been made of IRI’s real-time 1-month lead forecasts since their inception in
1997 (over the 1997-2001 interval; Goddard et al. 2003). Over this short period, the January-March
seasonal-average precipitation predictions contain useful skill over the equatorial part of the SAMS
domain, as well as over the subtropical plains, near 30S. The skill is very low at intermediate
latitudes. Over the NAMS region during July-September, the IRI’s real-time forecasts show some
skill over northwest Mexico, but skill levels are generally lower than for the SAMS.
The reasons for the low hindcast skills, especially for the NAMS, can be attributed to the weak
impact of ENSO described in section 4. The higher predictability in the north and south of the SAMS
domain can also be attributed to ENSO; the spatial distribution of precipitation probabilities
associated with ENSO show a similar pattern, for reasons discussed in section 4. However, the IRI
seasonal forecasts do not use an initialization of land surface conditions, which may in certain
situations lead to useful seasonal predictive skill.
Another reason for the low predictability of the American monsoon systems can be attributed to
the importance discussed in section 4 of land atmosphere-land interactions. Increased surface heating
by insolation increases towards the end of the dry season weaken the static stability of the overlying
atmosphere and contribute to set up favorable conditions for the onset of the wet season. There are
other contributors, however. On the one hand, regional soil conditions influence the intensity of
surface warming. On the other hand, remote climate anomalies such as in SST influence conditions in
the atmosphere. Since NAMS and SAMS regions appear to be marginally sensitive to oceanic
anomalies, one could argue that regional variations in surface conditions are more important to the
onset of the wet season than those in remote SST. It is well know that the successful simulation of
land surface processes is one of the major current challenges for numerical modeling of climate
variability.
7. Final Remarks and Recommendations for Future Research
Both the NAMS and SAMS comprise an upper-level anticyclone/low-level heat low structure;
large-scale convergence zones with ascent to the east, and descent to the west over the ocean where
stratocumulus clouds enhanced by subsidence and upwelling develop. The distribution of continental
masses, orography and SSTs contribute to define the characteristics of the monsoon systems. A major
difference between the NAMS and SAMS is that the former is farther away from the equator than the
latter. The intraseasonal (interannual and even interdecadal) variations of the NAMS and SAMS
appear to be associated with continental-scale modes in which stronger precipitation in the core
monsoon regions is associated with drier conditions to the north and south, respectively. The relative
roles of internal atmospheric dynamics remote forcing (particularly SST) local and regional land
surface forcing in the development, maintenance and decay of NAMS and SAMS are a matter of
current debate. Consistently with the marginal influence of slowly varying surface conditions reported
so far, predictability of the NAMS and SAMS variations is low.
Despite progress in understanding, modeling and simulation the American monsoon systems,
there is a number of outstanding issues some of which a selection is listed below.
A better understanding is needed of the dynamical and thermal effects of the Bolivian Altiplano
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on the evolution of SAMS
The role of land surface processes in the evolution of the American monsoon systems must be
further explored. SAMS, in particular, evolves in a region where land surface conditions are rapidly
changing due to deforestation.
• A better and more fundamental understanding is required of the SACZ and its possible counterpart

over North America.
• The processes and mechanisms for the influence of the MJO on the variability of the American

monsoon systems must be investigated further, including the possible impact on predictability.
• The interhemispheric effects of the American monsoons have not been fully explored.
• There are still many remaining issues on the interactions between the monsoons systems and the

climate over the adjacent oceans. These include the links with the ITCZ variability and the
subtropical highs.
• There is also a number of aspects to clarify in reference to the low-level jets, including the

associated transports of water vapor and development of convective systems.
• A better knowledge of the intraseasonal variability of the monsoon systems is needed, in different

time-scales as well as of the contribution of each time-scale and the interaction between them, in
order to explore possible enhancements in mid-range predictability.
Internationally organized research on the American Monsoons has been accelerated in recent
years by the WCRP/CLIVAR on the Variability of American Monsoon Systems (VAMOS).
Specifically, VAMOS has encouraged the realization of the SALLJ experiment (SALLJEX) in 2003
and the North American Monsoon Experiment (NAME) in 2004. One major goal of VAMOS and its
projects is to increase the prediction skill for warm season rainfall over the Americas. In order to
achieve this goal it is necessary to improve the observing system over North and South America,
particularly over the latter. In addition, prediction systems must be improved in many respects,
including improved models able to produce a better simulation of the diurnal cycle and land surface
processes. Last, but not least, multinational scientific collaboration and coordination have to be
strengthened across the Americas.
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Abstract
This paper examines major features of the North American Monsoon System (NAMS). The summertime
circulation shows upper-level anticyclone/low-level heat low structures. In a companion papers Mechoso et al.,
(2005) compare the North and South American monsoons and Grimm et al., (2005) discuss the South American
monsoon. This paper reviews recent research on the NAMS and summarizes hypothesized mechanisms
associated with NAMS rainfall and sources of moisture for this rainfall. No single rainfall mechanism is seen to
be dominant. Numerical model simulations indicate modest potential predictability when forced by observed sea
surface temperature. We suggest that the large scale boundary forcing provides some degree of “conditioning”
to all or the majority of these precipitation mechanisms. From this perspective the large-scale boundary forcing
associated with SST anomalies can provide some modest shifts to the probability distribution of the occurrence
or effectiveness of the phenomena related to NAMS rainfall. The hemisphere-scale aspects of the NAMS and
possible relationships to the South American Monsoon require further study.

1. Introduction
The North American Monsoon System (NAMS) contains all of the elements of the much larger
and stronger Asian Monsoon system, Mechoso et al. (2005), but on a smaller scale. Other major
seasonal circulation features, primarily the evolution of the Bermuda high and its westward extension,
also vie for importance in shaping the character of summer precipitation in the North America.
Nonetheless the NAMS is a critical feature of the climate in western Mexico and parts of the
southwestern United States. The monsoon accounts for at least 50% of the summer rainfall for much
of western Mexico from near 20°N through the states of Nayarit, Sinaloa and Sanora, Adams and
Comrie (1997), and nearly 40% of seasonal rainfall in southern Arizona and New Mexico in the
United States, Fig 1. Some locations in Mexico receive as much as 70% or their annual rainfall
associated with the NAMS during July, August and September (e.g. Douglas et al. 1993).
While the bulk of the monsoon rains fall from July through September agriculture in southwestern
Mexico is sensitive to the onset of the monsoon rains in June. The NAMS region has experienced a
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dramatic population growth over the past 20 years along with an increase in manufacturing and land
under cultivation making the entire area more sensitive to year-to-year variations in monsoon rainfall
and more vulnerable to monsoon failures. Variability in the NAMS rains have also been related to
variations in the threat of wildfires as well as being a factor in public health including Valley Fever
and more recently dengue, Ray et al. (2003). Thus NAMS, like its larger and stronger counterparts,
has a profound impact over a substantial population influenced by its evolution.

Figure 1. Percent of annual rainfall falling in the heart of the North American Monsoon season (July, August,
September). The 50 % level is shown in dark green, CAMS_OPI data, Xie and Arkin (1997).

2. Characteristics of the North American Monsoon System (NAMS)
The NAMS shares many of the characteristics of its larger and more powerful monsoonal siblings
in Asia and Africa and its Western Hemisphere counterpart in South America. On each of these
continents the monsoon rainfall occurs during the summer season, has a distinct onset and a less
distinct demise, and is accompanied by significant changes in large-scale atmospheric circulation
fields. While the NAMS rains are not as impressive as those associated with the monsoons in Africa
and Asia (accounting for only 50% to 70% of the annual total rainfall compared to large areas that
experience 80% of the seasonal totals in the latter regions) the NAMS rains are indeed important.
Some earlier monsoon studies (e.g. Ramage 1971) did not include NAMS and its South American
counterpart (see Grimm et al., 2005). However, both have many circulation components in common
with the Asian and African monsoon systems and many researchers include the North and South
American monsoons in their definitions of the phenomenon. Most notably each of the monsoon areas
are, to first approximation, a manifestation of the reversals of low level temperature gradients
generally associated with the seasonal shifts in insolation i.e. for the most part they are initiated by the
changes in differential heating between a land mass and adjacent oceans associated with the changes
in seasons. The concomitant development of a surface low-pressure system is also accompanied by
the development of an upper level monsoon anticyclone and seasonal summer rainfall.
While there are numerous similarities among Earth’s monsoonal climate regimes, plate tectonics
have provided climate scientists with a set of four very different land-sea configurations, which can be
viewed as interesting natural experiments, to help develop our understanding of monsoon systems.
Both the African and Asian Monsoon systems have water to the south and land to the north, with no
significant elevated heat source (mountains) in the former case and the largest mountains on earth in
the latter. In the Western Hemisphere monsoon systems the mountains are oriented primarily northsouth. Moisture for the South American monsoon has its origins in easterly trade wind circulations
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rooted in the Atlantic Ocean (Grimm et al. 2005). The oceanic pole of the North American monsoon
circulation is by comparison extremely complex, with important roles played by the Gulf of Mexico,
Pacific Ocean, and much smaller Gulf of California. This complexity is associated with an unresolved
debate over the oceanic sources of atmospheric moisture for the NAMS, as discussed below. Study of
the similarities and differences among the monsoon systems can provide clues to the physical
mechanisms associated with monsoon generation, demise and interannual variability.
A. Evolution of the NAMS Mean Circulation Features
1.) The Upper Level Circulation
The evolution of the NAMS atmospheric circulation patterns is influenced by the complex
topography over the region, Fig 2. Prominent geographic features include: the Gulf of California,
defined to the west by the Baja California peninsula, and to the east by the Mexican mainland and
Sierra Madre mountains which rise to above 2000m throughout much of central Mexico. The western
slopes of the Sierra Madre Occidental effectively channel and confine low-level flow from the southsoutheast up the Gulf of California towards the north-northwest into the southwest United States. The
eastern mountain slopes (Sierra Madre Oriental) provide a barrier to low-level flow and direct low
level moisture transport from the Gulf of Mexico into the monsoon region. The high topography of
central Mexico also promotes vertical transport of moisture into the middle troposphere via the deep
convective mixing associated with orographically triggered thunderstorms.

Figure 2. Digital elevation map for the North American Monsoon system region. Based on data from the
GLOBE data set, Hastings and Dunbar (1998).

Because of the complex terrain in the land areas under the influence of the NAMS the evolution
of the monsoon is most evident in the 200-hPa circulation. Prior to the start of the monsoon the flow
is primarily zonal. During late May to early June the zonal flow begins to evolve with the formation
of a monsoon-like anticyclone, centered near 15°N just to the south of Mexico, Fig 3a. Even at these
early stages the 200-hPa ridge axis, though weak, extends northward into Canada. By July the mean
position of the anticyclone migrates north and is centered over the Sonora desert near the border of
Mexico and the United States, Fig 3b. In a 500 hPa composite analysis Higgins et al (1997) suggest
that the formation of a downstream trough to the lee of the Rocky Mountains and extending into the
central United States is a part of the NAMS. During August the monsoon anticyclone continues to
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strengthen, in the mean, with a stronger ridge to the north and a suggestion of upper-level confluent
flow northward to the Canadian border, Fig 3c. By August the mean 200-hPa anticyclone dominates
the climatological circulation pattern from the Pacific Coast eastward through the Gulf of Mexico. In
September the 200-hPa anticyclone moves southward and diminishes in size signaling the demise of
the monsoon, Fig 3d. By October (not shown) the mean flow becomes essentially zonal over the
NAMS region and remains so until the beginning of the next monsoon season. While these features
are quite evident in the mean 200-hPa circulation, the evolution of the NAMS for a particular
individual year shows considerable interannual variability.

Figure 3. The mean 200 hPa vector winds (mps) and geopotential heights (gpm), 1961-1990 averages based on
the NCEP/NCAR Reanalysis, Kalnay et al., 1996. a) June, b) July, c) August and d) September. Topographic
features above 2000m are indicated by shading.

2.) Mean Low-level Circulation
As mentioned above, Baja California to the west, the Sierra Madres to the east and the Rockies,
the Sierra Nevadas and Colorado Plateau to the north complicate the low-level circulation patterns
over much of the NAMS region (see Fig. 2). This string of mountain ranges and the high plateau form
barriers to circulation features below 700 hPa where most of the atmospheric moisture resides. This
has led to some debate, summarized in Adams and Comrie (1997), as to the source of the moisture for
the NAMS rainfall. We will return to this question below. In this section we simply describe the mean
circulation features of the lower atmosphere.
The area of the Pacific Ocean immediately to the west of the NAMS region is generally
characterized by high pressure and anticyclonic circulation that form part of the mean summer
subtropical high pressure belt. Sinking motion to the west of the NAMS precipitation may enhance
the strength of the high pressure as discussed in Mechoso et al. (2005). Northerly winds on the eastern
flank of the anticyclonic mid-latitude circulation are associated with coastal upwelling along western
North America. The northerly flow extends to Baja California through the Northern Hemisphere
winter but diminishes in strength during the spring and summer. By June the mean northerlies are well
off the coast and the low level mean circulation becomes relatively weak along the Mexican coast for
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the remainder of the summer, Fig 4a through 4d. Conversely, in the Gulf of Mexico strong low-level
easterly and southeasterly flow develops during the spring, feeding moisture into the low level jet
over the Great Plains to the lee of the Rockies, Fig 4a. During the late spring and early summer a
relative low pressure area develops under the 200-hPa anticyclone discussed above. This is manifest
in the NCEP/NCAR Reanalysis pressure fields by a col over the Sonora Desert (not shown) and by
light and variable winds at 850 hPa, Fig 4a.

Figure 4. The mean 850 hPa vector winds (mps) and specific humidity (gm/kg), 1961-1990, based on the
NCEP/NCAR Reanalysis, Kalnay et al., 1996. a) June, b) July, c) August and d) September. Topographic
features above 2000m are indicated by shading.

The mean 850-hPa wind and moisture fields illustrate some of the fundamental challenges in
understanding the moisture transport mechanisms associated with NAMS rainfall. The strongest low
level winds and by implication the strongest low level moisture transports are to the east of the main
NAMS monsoon rain areas. The mean low level winds are strongest in regions of relatively weak
moisture gradients i.e. to the east of the Sierra Madre mountains and, in contrast, strong low level
moisture gradients appear along the west coast of Mexico in a region where the NCEP/NCAR
Reanalysis shows the mean wind fields to be near zero during each month of the monsoon season,
Figs 4a-d. If the moisture for monsoon rainfall comes from the Pacific this suggests that the NAMS
precipitation results primarily from transients. (We note that some analyses suggest a strong mean low
level southerly jet extending along the entire length of the Gulf of California but there is not a strong
observational consensus with respect to the detailed spatial extent and temporal variability of this low
level jet. This feature is the subject of ongoing research.)
A close look at the topography, moisture gradients and winds in northern Mexico lends support to
the view that some portion of the NAMS precipitation may be fed by moisture from the east. (Note,
however, that only a relatively small area is below 2000m along the Mexico-United States border in
Figs 4a-d). Schmitz and Mullen (1996) using ECMWF analyses and Higgins et al. (1997) using
NCEP/NCAR Reanalysis suggest that moisture enters into the NAMS region from the east i.e., from
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the Gulf of Mexico above 850 hPa. On the other hand, given the sparseness of input data and the scale
of the NCEP/NCAR and ECMWF analyses the details of the wind and moisture fields may be
somewhat uncertain. Current mesoscale modeling efforts are expected to help better define the source
regions of the moisture needed to sustain the monsoon rains.
B. Mean Evolution of NAMS Monsoon Rainfall
The bulk of the summer (July to September) rainfall in the region falls over the ocean with
maximum amounts centered near 10°N and 105°W, Yu and Wallace (2000), Higgins and Shi (2001).
This rainfall is associated with the northward progression of the Inter-Tropical Convergence Zone
(ITCZ) and can be viewed in that context. However, an argument can be made that the contrast
between the relatively high sea surface temperatures (SSTs), coinciding with the areas of maximum
rainfall, and the relatively cold waters to the south, constitute a “classic” thermally direct monsoon
system, but with a major component over water. Presumably the associated subsidence region(s)
would be on the northern flank of precipitation maximum, over the stratus decks off of the California
coast and/or on the southern flank of the precipitation maximum off of the west coast of South
America. Most studies of NAMS precipitation concentrate on the precipitation that falls over the land
areas of North America while acknowledging that the continental rainfall is a relatively small portion
of the total rainfall regime in the NAMS. The description below follows this convention.

Figure 5. Mean North American Monsoon onset date based on 5-day satellite estimated rainfall, from Janowiak
and Xie (2003). The shading represents the standard deviation of the onset dates in days.
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Figure 6. Evolution of the North American Monsoon rainfall based on CMAP, Janowiak and Xie (1999) range 0
to 10 mm/day.

a

c

b

d

Figure 7. Mean Diurnal cycle of rainfall June to August 2003, Joyce et al. 2004.
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By mid-to-late June the continental monsoon rain is generally evident near 20°N in Nayarit State
in Mexico and proceeds fairly rapidly to the north. Satellite-based precipitation analysis suggests that
once underway the monsoon precipitation progresses from the east along the Sierra Madre Occidental,
towards the west, Fig 5, Janowiak and Xie (2003). The same analysis suggests that the monsoon rainy
season has about a 100-day duration, lasting essentially from late June through September, over much
of the core monsoon region over land. The June monsoon rainfall is relatively modest even in Mexico,
Fig 6a, but by July the rainfall has lined up from west central Mexico northward into the United
States, Fig 6b. August is the rainiest monsoon month over much of the region, Fig 6c, but by
September the rains have substantially retreated to the south, Fig 6d. Generally drier conditions return
to the region by October (not shown). Barlow et al (1998) note that the rapid June to July increase in
monsoon rainfall is coincident with dramatic decreases in the U.S. central plains. This suggests that
the influence of the NAMS may extend into the central U.S., beyond the areas directly involved in
evolution of the monsoon rainfall.
The monsoon rainfall has a large diurnal component over the Sierra Madre Occidental, Fig 7.
Satellite estimates suggests that rainfall amounts peak in the mountains in late afternoon with the time
of maximum rainfall becoming later to the west and a tendency for late evening to near midnight local
maxima for locations on the Gulf of California. The diurnal variability is not completely understood
and is likely related to the rainfall mechanisms discussed in the following section.
C. Rainfall Mechanisms
Studies of the continental monsoon rainfall have suggested several dynamical mechanisms that
may modulate rainfall, including pressure “surges”, easterly waves, tropical storms, and intra-seasonal
variability associated with the Madden-Julian Oscillation (MJO). No one of these mechanisms
appears, by itself, to explain the bulk of the monsoon rainfall and its variability. There is an emerging
consensus that rainfall over the continental portions of the monsoon regions is associated with
transients rather than the mean flow. Berbery (2001) analyzed the Eta Model’s seasonal mean and
transient moisture flux at 950 hPa and suggested that the mean flow may actually be northerly along
the southern half of the Gulf of California while the transients, though weaker, show northward
transports of moisture flux into the monsoon rainfall regions. If the transients are the primary NAMS
rainfall producers, the relative climatological contributions of various transient phenomena (Gulf
surges, easterly waves, tropical storms, intraseasonal variability like the MJO) are still not clear.
Further discussions of mesoscale processes in Monsoons can be found in Johnson (2005).
Tropical storms are one transient rainfall phenomenon that certainly brings abundant rainfall to
the region (Englehart and Douglas 2001). There is no doubt that substantial amounts of summer
monsoon rainfall in western Mexico and into the southwest United States is associated with tropical
storms during some years. However, these storms are episodic and do not affect the entire NAMS
region during every monsoon season.
Gulf surges are pulses of southerly winds that transport moisture up the Gulf of California. While
the surge phenomenon is well documented (Stensrud et al. 1997), the link between Gulf surges and
rainfall, particularly along the northern extent of the monsoon is not strong e.g. Mechoso et al.,
(2005). It has been hypothesized that the surges may be related to the occurrence of easterly waves
propagating across the Gulf of Mexico. Fuller and Stensrud (2000) further suggest that the easterly
waves are most effective in producing surges if they are properly in phase with the passage of midlatitude troughs. While their study suggests that this mechanism may account for some of the
monsoon rainfall, the required phasing of all of the elements suggests that it can’t be the sole, or even
primary, mechanism.
Thus there is no strong evidence for the dominance of any of these transient phenomena in
producing NAMS rainfall. It is possible that there is no overall dominant transient rainfall mechanism
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but that each mechanism contributes to the rainfall and the relative contributions for any particular
season is random.
As mentioned above the continental component of the monsoon rains is a relatively small fraction
of the total rainfall associated with this phenomenon. Studies that include the portion of the NAMS
rainfall over oceans suggest that both the El Nino/Southern Oscillation and the Madden-Julian
Oscillation (MJO) i.e., intraseasonal variability may influence rainfall over the NAMS region.
Higgins and Shi (2001) show correlations between seasonal monsoon rainfall and ENSO as well as
with intraseasonal variability. On the other hand, in an analysis based on monthly data, Yu and
Wallace (2000) could find no strong link between the oceanic component of the rainfall and ENSO
(the El Nino/Southern Oscillation) phenomenon except for a tendency towards broadening of the
principal rainfall band during warm, El Nino, conditions and contraction or sharpening of that band
during cold, La Nina, conditions. To the extent that ENSO has some influence over the NAMS
precipitation, its influence appears to be very modest over continental regions, confined to the
southern portion of the NAMS domain (Gutzler 2004).
3. Modeling Studies
As mentioned above, the North American Monsoon System (NAMS) is modest in the extent and
amplitude of its precipitation maximum, and exhibits a much less pronounced seasonal wind reversal,
compared to Earth's other monsoons. Nevertheless the seasonal evolution of the NAMS serves to
organize warm season precipitation across the entire North American continent including areas not
usually associated with the core monsoon development such as the U. S. Great Plains. The continental
geometry of North America, featuring distinct oceanic moisture sources both to the east and west of
the monsoon precipitation maximum with steep, high topography in between, forces extremely sharp
gradients of precipitation around the periphery of the NAMS domain. The Gulf of Mexico on the
eastern side of the domain feeds moisture both into the highly elevated southwestern region of the
North American continent (the monsoonal domain), as well northward into the heartland of the United
States, where the continent is quite flat and the seasonal precipitation maximum occurs in springtime.
Capturing these climatological features poses an extreme challenge for dynamical models. Proper
simulation of the warm season precipitation regime across North America must:
1) Include a realistic description of the seasonal evolution and spatial distribution of precipitation
in the core of the monsoon region in northwestern Mexico. The presence of high topography very
close to the coastline tends to generate circulations with an extremely high-amplitude diurnal cycle.
2) Capture the observed evolution of continental scale features around the periphery of the NAMS
domain. These include the diminution of moisture transport and precipitation in the central U.S.
(associated with shifts in the Atlantic subtropical High), and the shifting and strengthening of the
Pacific subtropical High, as the NAMS ramps up.
3) Reproduce the proper linkages to synoptic and large-scale tropical features to the south and east
of the monsoon domain, including interannual shifts in the amplitude and position of the Pacific
ITCZ, and synoptic-scale circulation anomalies such as the Madden-Julian Oscillation (MJO), easterly
waves and tropical cyclones.
Regarding point (1), the sharp spatial gradients in precipitation associated with the NAMS have
proven especially difficult to model (Gutzler et al. 2004). In the core of the monsoon region, the
summer precipitation maximum occurs along the slopes of the Sierra Madre Occidental, on the
eastern side of the Sea of Cortes (the Gulf of California). The interaction of steep orography, diurnal
land-ocean circulations, and atmospheric buoyancy is quite complicated and generally not well
simulated by existing treatments of deep convection in models. On the western side of the Gulf of
California, not much more than 100 km away, summer precipitation is very sparse, the Pacific
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subtropical High dominates the circulation, and most precipitation falls in winter. Simulated
precipitation rates in the core of the NAMS domain have been shown to be sensitive to choice of
convective parameterization and boundary layer treatment in atmospheric models, as well as being
very sensitive to both land surface treatment and SST in the Gulf of California (e.g. Mitchell et al.
2002; Gochis et al. 2002; Matsui et al. 2003; Kanamitsu and Mo 2003)
Large-scale models have demonstrated some fidelity in simulating the continental features listed
in point (2), but these features are sensitive to the precipitation rates (hence tropospheric heating) in
the monsoon core. Improvements in continental-scale simulation, and thereby dynamical seasonalinterannual climate prediction, would therefore seem to hinge on getting the core monsoon
precipitation modeled properly.
With regard to point (3), model improvements and empirical research must be linked, as the
relationships between tropical ocean anomalies and the NAMS are still being explored in
observations. Robust links between interannual ENSO-related anomalies (and associated meridional
shifts in the eastern Pacific ITCZ) and the NAMS are still elusive, as discussed further in the
following section. Low frequency intraseasonal variability in the NAMS is very pronounced; some of
this variability has tentatively been identified with coherent tropical synoptic variability associated
with either the MJO (propagating eastward) and/or easterly waves (propagating westward). Recent
empirical studies suggest that tropical cyclones imprint a significant signal on coastal precipitation,
especially late in the monsoon season (Englehart and Douglas 2001).
4. Predictability
Even though ENSO tends to be primary source of climate predictability over many regions of the
world it does not seem to offer much to predictability over the continental regions of the NAMS
domain during the summer, Yu and Wallace (2000), Higgins and Shi (2001), Gutzler (2004).
Nevertheless, several numerical models forced by observed sea surface temperatures show modest
correlation skill between “forecast” and observed rainfall over the NAMS domain during the July to
September season. In particular, the ECHAM3.6, NCEP-MRF9, CCM3.2 and the NASA/Goddard
NSIPP models each show NAMS regions with correlations in the order of 0.4 and greater for the 33year period 1965 to 1997 (on the web, http://iri.columbia.edu/forecast/climate/skill/SkillMap.html).
The sources of this modest potential predictability have not been diagnosed but the consistency
among the numerical models suggests that at least a part of this predictability is real.
Empirical studies have explored possible relationships between sea surface temperatures in the
Gulf of California e.g., Mitchell et al. (2002). In general, these studies rely on sea surface temperature
analyses that resolve smaller spatial scales for shorter duration than analyses that are typically
available for global models, and thus are limited to a few samples or case studies.
Empirical studies have also suggested that some predictability over portions of the NAMS domain
may be associated with winter and spring snow cover, Gutzler and Preston (1997), Gutzler (2000), Lo
and Clark (2001) and Matsui et al., (2003). These studies suggest some very limited predictability of
NAMS summer precipitation in New Mexico and Arizona associated with snow water equivalent or
proxies for this variable. However, these studies relate only to the relatively modest monsoon
precipitation on the very northern boundaries on the overall NAMS precipitation regime.
In the absence of any single dominant mechanism associated with NAMS precipitation, but faced
with indications of modest potential predictability from models forced by observed sea surface
temperature, one might conclude that the large scale boundary forcing provides some degree of
“conditioning” to all or the majority of these mechanisms. From this perspective the large-scale
boundary forcing associated with SST anomalies can provide some modest shifts to the probability
distribution of the occurrence or effectiveness of these phenomena related to NAMS rainfall.
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5. Final Remarks
To accelerate progress on the issues outlined above, an international process study called the
North American Monsoon Experiment (NAME) has been organized. NAME seeks to improve
understanding and predictability of warm season precipitation fluctuations across the continent. The
NAME field campaign was held in summer 2004 to make enhanced observations in the heart of the
NAMS across Southwest North America. A primary goal of the experiment and the field campaign is
to reach better understanding of NAMS rainfall mechanisms and their predictability. In addition, in
conjunction with the NAME observational campaign, a focused set of modeling activities is being
undertaken to address the simulation challenges outlined above.
A series of complementary activities are also being conducted to better understand the South
American Monsoon System (SAMS), e.g., see Grimm et al., 2005. Coordinated study of the
similarities and differences between these two monsoon systems may provide insights into the nature
of monsoons that could not be obtained through study of either in isolation.
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1. Introduction
Although the seasonal reversal of the surface winds in a canonical monsoon regime is not
apparent over South America, the warm season in the region shows features that are typical of a
monsoon climate. For example, if the annual mean is removed, the surface wind does reverse in
association with the strong diabatic heating in the subtropical highlands (Zhou and Lau, 1998). Also,
the seasonal cycle of precipitation over most of South America is monsoon-like (Fig. 1), with great
contrasts between the winter and the summer seasons (Rao et al. 1996; Kousky and Ropelewski 1997;
Grimm 2003; Gan et al. 2004). For instance, in Central-West Brazil it rains more than 1000 mm in
summer (DJF) and less than 100 mm in the winter (JJA). Therefore, we are justified in referring to a
South American Monsoon system (SAMS). In South America, the monsoon regime even extends to
the subtropics. Therefore, an increased understanding of the SAMS and the ability to forecast its
variability is important in many ways.

Figure 1. Annual cycles of precipitation over Brazil (left) and southern South America (right) for the period
1956-1992 (from Grimm 2003; Grimm et al. 2000).
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This paper examines the major features of the SAMS. Section 2 presents climatological aspects,
such as evolution, heating distribution and the associated circulation. Variability in all time-scales is
outlined in section 3. Sections 4 and 5 review modeling studies and discuss predictability aspects. In
companion papers Mechoso et al. (2004) compare the North and South American monsoons and
Ropelewski et al. (2004) discuss the North American monsoon. Recommendations for future research
are also included in Mechoso et al. (2004). Other relevant sources of information on the SAMS are
the papers by Paegle et al. (2002) and Vera et al. (2004).
2. Climatological Aspects
a. General Features
In the austral summer, as the major heating zone migrates to the subtropics, a thermal lowpressure system develops over the Chaco region, in central South America. The low-pressure system
over northern Argentina and western Paraguay is a climatological feature present throughout the year,
but is strongest during the summer.

Figure 2. Main features of the SAMS. December-February mean (1979-1995) 925 hPa vector wind and 200 hPa
streamlines from the NCEP/NCAR reanalysis archive, and merged satellite estimates and station observations of
precipitation (mm, shading). The position of the Bolivian High (A) and the subtropical Atlantic and Pacific
surface high pressure centers (H) are indicated. The approximate axis of the South Atlantic Convergence Zone is
indicated by the heavy dashed line (adapted from V. Kousky and M. Halpert).

The southwest-northeast inter-hemispheric pressure gradient between the South American low
and the northwestern Sahara strengthens, and the tropical northeasterly trade winds increase in
intensity (Fig. 2). Anomalous cross equatorial flow penetrates the continent, carrying moisture. The
flow becomes northwesterly, is channeled southward by the Andes Mountains, and turns clockwise
around the Chaco low. Low-level wind and moisture convergence associated with the interaction of
the continental low with the South Atlantic high and the northeasterly trade winds result in enhanced
precipitation in the Amazon, Central and Southeast Brazil (Lenters and Cook, 1995) (Fig. 3). The
southeastward extension of cloudiness and precipitation towards the Atlantic Ocean is referred to as
the South Atlantic Convergence Zone (SACZ) (Kodama 1992). As the SACZ enters its most active
stage (DJF), the upper level anticyclonic center moves southward from the Amazon, setting up the
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“Bolivian High” (Fig. 2). East of this high and over the Atlantic Ocean close to the coast of Northeast
Brazil, the “Nordeste trough” develops (Virji 1981; Kousky and Ropelewski 1997).

Figure 3. Climatological mean accumulated precipitation and vertically-averaged climatological mean moisture
fluxes for a) JJA and b) DJF (from Vera et al. 2004).

The formation of the Bolivian High has been attributed to the latent heat of deep convection and
sensible heating over the Altiplano Plateau in Peru-Bolivia (15°-21°S) (Gutman and Schwerdtfeger
1965; Rao and Erdogan 1989), and to a Rossby wave response to the latent heat release from the
convection over the Amazon basin (Silva Dias et al. 1987; Figueroa et al. 1995). Lenters and Cook
(1997) argued that the Bolivian high-Nordeste trough system is generated in response to the main
SAMS precipitation centers (Amazon, SACZ, and Altiplano, the Amazonian precipitation being most
influential), with important participation of African precipitation in the formation of the Nordeste low.
Chen et al. (1999) examined the Bolivian high-Nordeste trough system as a quasistationary wave
regime and found that is maintained by South America local heating and remote Africa heating as
well as by that over the western tropical Pacific.
Embedded within the northwesterly winds along the Andes Mountains is the South American
low-level jet (SALLJ). The SALLJ plays an important role in the transport of moisture from the
Amazon to the subtropics, producing enhanced rainfall in its exit region. The strongest winds are near
Santa Cruz, Bolivia.
The SALLJ, unlike LLJs in other parts of the world, is present throughout the year (Berbery and
Barros, 2002; Marengo et al. 2004). The explanation for this characteristic resides in the mechanical
blocking effect of the Andes orography, which causes stationary Rossby waves in the zonal
circulation (Byerle and Paegle 2002; Campetella and Vera 2002). This mechanical effect tends to
produce an orographically bound cyclone throughout the year, with poleward flow east of the
mountains. The variability of the SALLJ may be partly explained by changes in the zonal circulation
(Byerle and Paegle 2002). Changes in sensible and latent heating also modulate the SALLJ and are
important in explaining the observed diurnal cycle (Berbery and Collini 2000).
The diurnal cycle of convective cloudiness during the summer rainy season, as documented by
satellite products, is tied to the diurnal march of the insolation, but is also influenced by regional
factors (Garreaud and Wallace 1997; Sorooshian et al. 2002). The peak is observed at afternoon/early
evening in most of the monsoon region, consistent with the more suitable thermodynamic conditions
during this part of the day, while a nocturnal precipitation maximum is observed in the subtropical
plains, which might be ascribed to the diurnal cycle of the SALLJ (Berbery and Collini 2000) and the
decrease of the intensity of the compensating subsidence (Silva Dias et al. 1987).
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b. Evolution
Although the wet season in tropical South America can be initiated rapidly by synoptic systems,
the onset of convection is primarily controlled by changes in the regional thermodynamic structure,
and is mainly related to a moistening of the planetary boundary layer and lowering of the temperature
at its top (Fu et al. 1999; Marengo et al. 2001). These changes are brought about by others in largescale circulation that enhance low-level moisture convergence into the region, particularly a
southward reversal of the cross-equatorial flow (Fig. 3) (Wang and Fu 2002; Li and Fu 2004), since
seasonal changes of surface evapotranspiration are one order of magnitude smaller than those of lowlevel moisture convergence. However, the increase of local latent heat flux may initiate the transition
from dry to wet season in the Southern Amazon by increasing the available potential energy of the
lower troposphere (Li and Fu 2004).
In the southern Amazon/Central Brazil, land surface warming destabilizes the lower tropospheric
lapse rate from winter to spring. A significant increase of the convection, however, occurs from
October to December when more moisture is transported into the region. The land surface warming
increases the land-ocean temperature gradient and drives the seasonal changes of circulation. On the
other hand, in the equatorial Amazon, changes in the local land surface temperature are only 25-50%
of those in southern Amazon. Therefore, changes in the large-scale circulations are largely controlled
by changes of the surface temperature in the adjacent oceans and southern Amazon (Fu et al. 1999,
2001; Wang and Fu 2002). Once favorable large-scale thermodynamic conditions are established, the
transition from dry to wet season in Central Brazil can be rapid and connected to synoptic or
intraseasonal variations.
During the pre-monsoon season, turbulent sensible heating dominates the warming of the
subtropics and is confined to the lower atmosphere. This heating is maximum before mid-November
(~5 K/day). When deep convection reaches the Southeast Brazil highlands latent heat release becomes
the dominant heating component, being maximum in the middle and upper troposphere (~5 K/day)
(Zhou and Lau 1998). These two heat sources are essential in shaping the climatological SAMS and
influential in the determination of its year-to-year variability.
The wet season starts in the western Amazon in the austral spring (September) and then spreads to
the south and southeast (Fig. 4a), reaching southeast Brazil in October. The average onset date of the
rainy season in each region depends on the criteria used for its definition (e.g., Kousky 1988,
Marengo et al. 2001, Gan et al. 2004). By late November, deep convection covers most of central
South America from the equator to 20°S, but is absent over the eastern Amazon Basin and Northeast
Brazil. Throughout this period, deep convection associated with the ITCZ is confined to the central
Atlantic between 5°N-8°N.
During the mature phase of the SAMS, from late November through late February, the main
convective activity is centered over central-west Brazil. The SACZ is fully established and heavy
rainfall extends to the Altiplano (Fig. 1 and 4b). At upper levels the Bolivian high and the Nordeste
trough are established (Kousky and Ropelewski 1997). There is little change in the extent of deep
convection, except over the eastern Amazon basin where it increases throughout the period. As deep
convection extends into the eastern Amazon, the Atlantic ITCZ weakens.
Beginning in March, the SAMS weakens as the area of deep convection retreats northwestward at
faster speeds over central and western sections (Fig. 4c). Over the north coastal regions of Brazil deep
convection only weakens after late April. During the demise phase of the monsoon the Atlantic ITCZ
remains weak. In Northeast Brazil the rainy season takes place during April through June, when the
ITCZ is in its southernmost position.
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Figure 4. Mean evolution of the 220 W/m2
OLR contour for the (a) onset, (b) mature
phase, and (c) decay phase of the South
American Monsoon (from V. Kousky).

3. Variability
Summer precipitation in South America undergoes variability in several time-scales. The largest
contribution to the variance comes from synoptic and intraseasonal variability, as shown in Fig. 5
(Ferraz 2004). The region with the highest intraseasonal contribution (10-100 day periods), in CentralEast Brazil, is approximately the same where the synoptic variability shows a minimum contribution,
although this is still the highest almost everywhere in the continent.
a. Mesoscale and Synoptic Variability
1) Mesoscale Variability
Deep convection during the South America monsoon season frequently undergoes mesoscale
organization in certain regions. Mesoscale systems are strongly modulated by the diurnal cycle and by
transient synoptic systems. Mesoscale Convective Complexes (MCCs) occur frequently in
southeastern South America (SESA) between 20°S and 40°S (western South Brazil, Northeast
Argentina and Paraguay) (Velasco y Fritsch, 1987; Silva Días, 1987). The MCCs are approximately
circular systems of deep cold clouds with diameter of few hundreds kilometers (average area around
5×105 km2 in SESA) and a longer lifetime than isolated convective systems (at least 6 hours, 12 hours
on average in SESA). Intensification of these convective complexes is related to the position of the
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upper-level subtropical jet, which in autumn and spring is over SESA and its interaction with the lowlevel warm and moist northerly wind. They preferentially initiate in afternoon and mature at
nighttime, which might be partially explained by the diurnal variability of the SALLJ, with late
afternoon-evening maximum. The environment of MCCs during initiation and maturity includes a
strong low-level jet (e.g., Maddox 1983).

(a)

(b)

Figure 5. Contribution of (a) synoptic (b) intraseasonal variability to total variance of precipitation (November
through March) (from Ferraz 2004).

In SESA, strongly precipitating mesoscale convective systems during October-April develop east
of the Andes, and move preferentially southeastward in association with northerly event of the lowlevel jet and enhanced moisture flux convergence (Machado et al. 1998; Nicolini et al. 2002). More
than 80% of these systems occur during SALLJ events that penetrate farther south from the location
of the SALLJ mean maximum (15°S - 20°S) (Nicolini et al. 2002).
Over Amazonia, most convective systems are smaller (average area less than 1×105 km2) and
have shorter lifetime (3-6 hours) than MCCs (Carvalho and Jones 2001; Nieto-Ferreira et al. 2003).
Convection tends to be aligned along the northeastern coast of South America as a result of the inland
propagation of coastal squall lines forced by onshore low-level flow (Cohen et al. (1995). The coastal
band of convective cloudiness increases to a maximum in the late afternoon and weakens during
nighttime. After inland propagation, convection is reactivated in the afternoon of the next day
(Garreaud and Wallace 1997).
2) Synoptic Variability
The day-to-day variability of rainfall over subtropical South America and western Amazon basin
is largely explained by frequent northward incursions of mid-latitude systems to the east of the Andes.
Although synoptic disturbances are particularly large and frequent in winter, they are also present
during summer, and often reach sufficiently low latitudes to affect the American Monsoon systems
(e.g., Garreaud and Wallace 1998; Seluchi and Marengo 2000; Garreaud 2000). The deep northward
intrusion of midlatitude systems is affected by the Andes topography, which plays a significant
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dynamical role on the structure and evolution of the synoptic systems that cross South America. In
particular, cold fronts tend to be directed northward immediately to the east of the Andes, fostering
the advance of cold air incursions (cold surges) well into subtropical (and sometimes tropical)
latitudes. During wintertime the major effects of the incursions are temperature drops and strong
meridional winds. In summer the largest impact is on the precipitation, through the equatorward
propagation (~10 ms-1) of a northwest-southeast oriented band of enhanced convection ahead of the
leading edge of the cool air, which tends to be followed by an area of suppressed convection. This
synoptic scale banded structure, which maintains its identity for about 5 days, is the dominant mode
of the day-to-day variability of the deep convection, contributing with ~25% of summer precipitation
in the central Amazonia and ~50% over subtropical South America (Fig. 6, Garreaud and Wallace
1998). These bands also influence convection in the SACZ, lending support to the role of transient
disturbances in the maintenance of the SACZ (Lenters and Cook 1995). As in wintertime, the
incursions occur with a periodicity of about 7 days.

Figure 6. Composite maps of low-level wind
(1000-850 hPa) and convective index (CI=230OLR, if OLR≤ 230 Wm-2, 0 otherwise)
anomalies for days -1, 0, and +1, based on the
dates with intense convection over the
subtropical plains of the continent (25°S,
60°W). Black area indicates terrain elevation in
excess of 3000 m (from Garreaud and Wallace
1998).

The SALLJ events are conditioned by synoptic variability, and can be separated into two groups
with different synoptic evolutions: 1) events in which the LLJ extends farther south, at least to 25°S,
2) events in which the jet leading edge is north of this threshold (Nicolini et al. 2002). The LLJs in the
first category are stronger and associated with high (low) moisture convergence and precipitation in
SESA (SACZ), while those in the second one are weaker and associated with enhanced (suppressed)
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precipitation in the SACZ (SESA). During summer (DJF) the first category is less frequent than the
second one. The second category is associated with increased probability of extreme events of rainfall
and warm temperature in the subtropics (Penalba and Rusticucci 2004).
b. Intraseasonal Variability
The maximum contribution of the intraseasonal variability (periods in the 10-100 day band) to the
total variance is concentrated in Central-East Brazil, including the SACZ, while the lowest values are
in the western part (Fig. 5).

a)

b)

c)

d)

e)

f)

g)

h)

Figure 7. (a-d) First four EOFs of precipitation, which explain 37,3 % of the intraseasonal variance. (e-h)
Factor loadings of the (e) first, (f) second, (g) third, and (h) fifth rotated EOFs, which explain 27.7 % of the
intraseasonal variance (from Ferraz 2004).

Ferraz (2004) examined the intraseasonal modes of summer (November through March)
precipitation variability. The first non-rotated EOF, which explains 16.3 % of the variance, features a
strong center in Central-East Brazil, with the SACZ on its southern edge, and weaker oscillations of
opposite signs in the subtropical plains (Fig. 7a). Fig. 5b confirms that the intraseasonal variability is
not equally important in both regions. The rotation of modes separates the variability in Central-East
Brazil from that over the SACZ (Fig. 7e, f). The first rotated mode (10% of the variance) represents
oscillations in Central-East Brazil, while the second one is concentrated in the SACZ (7.3 % of the
variance). Both modes feature anomalies in the subtropical plains that are opposite in sign to those in
the main center, but much weaker in magnitude. There is, however, a significant “dipole”-like
relationship between precipitation anomalies in Central-East Brazil/SACZ and the subtropics to the
south, although with very different magnitude in both centers. The dipole structure appears stronger in
OLR analyses and in this case probably merges the first and second modes (e.g. Casarin and Kousky
1986; Nogués-Paegle and Mo 1997, Nogués-Paegle et al. 2000).
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The local circulation anomalies associated with the first two modes are consistent with a seesaw
pattern in precipitation. In one extreme phase of the pattern, a cyclonic anomaly around 20°S, 50°W
(25°S, 45°W) directs the northwesterly moisture flux into Central-East Brazil (SACZ) and decreases
the southward transport (Fig. 8a, b). In the opposite phase, an anticyclonic anomaly enhances the
moisture flux towards the subtropical plains (Fig. 8c, d). Southwest of this strong circulation anomaly,
there is a weaker anomaly of opposite sign. Coherently with this pattern, low-level zonal westerly
(easterly) winds over tropical Brazil during summer are associated with an active (inactive) SACZ
and net moisture divergence (convergence) over SESA, implying a weak (strong) SALLJ (Herdies et
al. 2002). Other studies have also reported that similar intraseasonal variations in summer low-level
wind regimes over Central Brazil are linked to breaks and active phases of the SAMS (e.g., Jones and
Carvalho 2002; Gan et al. 2004). The “dipole” structure present in the above-mentioned modes does
also appear when the analysis is focused on a specific region, like Uruguay (Diaz and Aceituno 2003).
A similar structure is present even on interannual time scales and longer (Robertson and Mechoso
2000).

(a)

(b)

(c)

(d)

Figure 8. Composites of rainfall anomalies and vertically integrated moisture flux for wet phases of the (a) first
and (b) second rotated principal components, and for dry phases of the (c) first and (d) second rotated principal
components in the 30/70 day band (from Ferraz 2004).

Intraseasonal summer precipitation variability over South America shows modulations in different
time-scales. Spectral analyses of precipitation and OLR show distinct peaks in the intraseasonal band
at 20-25 day and 30-70 day (e. g. D’Almeida, 1997; Liebmann et al. 1999). Peaks are also observed in
the 10-20 day band. The four rotated modes shown in Fig. 7 appear among the five most important
modes in several intraseasonal frequency bands (periods of 10-20, 20-30, and 30-70 day). This means
that precipitation over South America results from a complex interaction of different time scales
(Nogués-Paegle et al. 2000).
The origin of the circulation anomalies associated with the first modes of precipitation variability
on intraseasonal time-scales over South America is not yet completely understood. These anomalies
seem to be related to wave trains propagating southeastward from West or Central Pacific, rounding
the southern tip of South America and turning toward the northeast, as part of larger scale systems,
and originated or modified by associated convection in West and Central Pacific (Grimm and Silva
Dias 1995; D’Almeida 1997; Nogués-Paegle et al. 2000). Figure 9 shows that the first mode in the 3070 day band seems to originate in the convective anomalies associated with the Madden-Julian
Oscillation (MJO) in west Pacific and in central Pacific, where the SPCZ is enhanced and shifted
eastward. Grimm and Silva Dias (1995) have shown that convective anomalies in the Central Pacific
can lead to enhanced rainfall in Central-East Brazil/SACZ. Liebmann et al (2004a) have shown that
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SACZ rain events preferentially occur around 25 days after the peak in MJO convection in the
western tropical Pacific, while events downstream of the SALLJ tend to occur around 2 days after the
peak in convection. Also, Carvalho et al. (2004) found that the MJO plays an important role in
modulating the persistence of intense SACZ events.

(a)

(b)

Figure 9. Composites of OLR and 200 hPa streamfunction anomalies associated with the days when the first
rotated principal component in the 30/70 day band (Fig. 7e) reaches the threshold of 1.4 standard deviations.
(a) Day -4, (b) day 0. Only statistically significant OLR anomalies are represented (blue shade for negative
and gray shade for positive anomalies) (from Ferraz 2004).

Kiladis and Weickmann (1992) associated tropical convection in the Pacific Ocean with
circulation anomalies that propagate first poleward and then equatorward over South America, and
analyzed cases in which SACZ variations (in the 6-30 day time scales) are forced by westerly
perturbations originating in the extratropics. Enhanced convection is activated by upper-level troughs
and occurs in the upward motion induced by the advection of cyclonic vorticity ahead of the trough
axis, as in a midlatitude baroclinic wave. The troughs are accompanied by the intrusion of cold fronts
into the tropics from higher southern latitudes. Regions in which upper-level westerly flow lies near a
tropical convergence zone (as the SPCZ and the SACZ) are prone to larger interaction between
westerly disturbances and tropical convection.
In addition to the remote influences, intraseasonal variability of the summer monsoon can be
influenced by regional factors. Regional circulations, such as the SALLJ, are modulated by
intraseasonal fluctuations of the zonal flow above the Andes and consequent fluctuations of the
orographically bound cyclone east of the Andes. A relationship of this sort could be used in a forecast
scheme of SALLJ variations (Byerle and Paegle 2002; Wang and Fu 2004).
c. Interannual Variability
Nogués-Paegle and Mo (2002) isolated the main modes of interannual variability of summer
(DJF) precipitation over South America through rotated empirical orthogonal functions of the
seasonal rainfall anomalies using reconstructed rainfall data. They found three fundamental patterns
of variability (Fig. 10). The dominant mode (REOF1) is associated with ENSO, with negative rainfall
anomalies during warm ENSO events in northern South America, and positive anomalies south of 25
S. REOF2 is influenced by tropical Atlantic sea surface temperatures (SSTs), with warm SST
anomalies in the tropical South Atlantic associated with positive rainfall anomalies in the eastern half
of the continent around the Equator. Both the Atlantic and the Pacific Ocean influence REOF3. The
pattern is similar to that of REOF2, but centers are displaced about 10°S and there is an additional
center at about 30°S. REOF2 and REOF3 were in phase between 1950–1962 and between 1983-1993,
with a dominant Atlantic influence during those years. The amplitude of these two modes was small
during mid- 50s to mid-60s and out of phase from 1968–70, resulting in persistent dry conditions over
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the upper La Plata Basin. Consistently, the extent and level of the Pantanal, the extended South
American wetlands, had anomalously low values during this period.

(a)

(b)

(c)

Figure 10. (a) REOF1, (b) REOF2 and (c) REOF3 for DJF rainfall over South America, explaining 12%, 10.8%
and 7.2% of the total variance by each REOF respectively. Contour interval is 2 non-dimensional units. Zero
contours are omitted. Contours -1 and 1 are added in (b). (From Nogués-Paegle and Mo 2002)

The main source of interannual variability of precipitation during the summer monsoon season is
El Niño-Southern Oscillation (ENSO). ENSO events (El Niño/La Niña) have significant impacts on
rainfall (Ropelewski and Halpert 1987; Aceituno 1988; Pisciottano et al. 1994; Grimm et al. 2000;
Grimm 2003, 2004). The impact of ENSO has strong regional characteristics and intraseasonal
changes, suggesting the prevalence of regional processes over remote influences at least during part of
the season. In view of these intraseasonal changes, the seasonal analysis of ENSO impacts usually
tends to smooth out consistent and strong but also short-lived anomalies. As in the Asia-Australian
monsoon, there seems to be also a biennial oscillation component in the SAMS interannual
variability, probably associated with the ENSO impact, as detected by spectral analysis in temperature
(Grimm et al. 1994), and precipitation (Grimm, personal communication).
The anomalous tropical heat sources associated with ENSO events perturb the Walker and
Hadley circulation over South America, and generate Rossby wave trains that produce important
effects in the subtropics and extratropics of South America. This response is represented in the
leading EOFs of circulation anomalies, which are referred to as Pacific-South American modes (PSA1
and PSA2) (Kidson 1999, Mo 2000). The PSA1 and PSA2 patterns appear in various time-scales.
While PSA1 is related to ENSO, PSA2 seems to be associated with the quasi-biennial component of
ENSO.
During El Niño events, in the early summer monsoon season (November) remotely produced
atmospheric perturbations prevail over Brazil (Grimm 2003). Anticyclonic low-level anomalies
predominate over central-east Brazil, in the tropics and subtropics, due to the enhanced subsidence
over the Amazon and to Rossby waves in the subtropics. Easterly moisture inflow from the equatorial
Atlantic is favored, but it is diverted towards northern South America and south Brazil. There are
negative precipitation anomalies in north and central-east Brazil and positive ones in south Brazil
(Fig. 11). These precipitation anomalies are associated with perturbations in the Walker and Hadley
circulation over East Pacific and South America, and by a Rossby wave train over southern South
America that originates in the eastern Pacific.
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Figure 11. Monthly mean precipitation percentiles expected for the indicated month of El Niño events,
Shadowed areas have precipitation anomalies consistent over 90% confidence level (from Grimm 2003).

In January, with the enhancement of the continental subtropical heat low by anomalous surface
heating during the spring, there is anomalous low-level convergence and cyclonic circulation over
southeast Brazil, while at upper-levels anomalies of divergence and anticyclonic circulation prevail.
This anomalous circulation directs moisture flux towards central-eastern Brazil, resulting in moisture
convergence in this region. A favorable thermodynamic structure enhances precipitation over centraleastern Brazil, the dry anomalies in northern Brazil are displaced northward while those in south
Brazil almost disappear (Fig. 11). In February, after the above normal precipitation of January, the
surface temperature anomalies turn negative and precipitation diminishes in the central-eastern sector.
There are negative rainfall anomalies in northern Brazil and in the SACZ, and positive ones in
southern Brazil.
During La Niña events the circulation and precipitation anomalies are almost opposite to those
described for El Niño events, sometimes with little shifts in the position and magnitude of the
strongest values (Grimm 2004).
The impact of ENSO over rainfall in the Altiplano is related to the strengthening (weakening) of
the upper-level westerly winds at subtropical latitudes east of the central Andes. This leads to a
decrease (increase) in the moisture transport from the continental lowlands into the Altiplano
(Garreaud and Aceituno 2001).
Although the impacts just described are generally consistent during ENSO events, there is
significant inter-event variability in association with differences in the SST anomalies in the
subtropical South Pacific (Barros and Silvestri 2002), which produce different patterns of atmospheric
teleconnections (Vera et al. 2004).
Besides the influence of the ENSO-related SST anomalies, there are other connections between

230

SAMS precipitation and SST anomalies, although it is not always easy to separate cause and effect in
the statistical relationship. Enhanced (suppressed) precipitation in the SACZ is related with colder
(warmer) SST in southwestern subtropical Atlantic, near the SACZ (Robertson and Mechoso 2000,
Doyle and Barros 2002). Grimm (2003) showed that January rainfall in Central-East Brazil is
positively correlated with November SST in the oceanic SACZ, off the southeast coast of Brazil, and
negatively correlated with January SST in the same region. Anomalies of precipitation and circulation
in the region, such as those associated with El Niño events in November, favor increased shortwave
radiation and set up warm SST anomalies. On the other hand, enhanced convection and rainfall in
January lead to negative SST anomalies. In this case, the atmosphere controls the ocean, but one
might speculate that the warmer SST in November helps trigger the regional circulation anomalies
that lead to enhanced precipitation in January. Although in the relationship ZCAS-SST, the SST
anomalies seem to be result of the convection anomalies in the ZACS, there are possible feedback
mechanisms between SST and the atmosphere (Robertson et al. 2003; Chaves and Nobre 2004).
The mechanism suggested by Grimm (2003) to explain the intraseasonal changes of circulation
and precipitation anomalies during ENSO events, involving land-surface conditions, could also
explain changes during other years, through the feedback of the initial springtime soil moisture and
vegetative cover upon the peak summer climate (Higgins et al. 1998).
d. Decadal/Interdecadal Variability
Analyses of South American precipitation have shown that there are modes of interdecadal
variability, in connection with regional or global SST variations (e.g., Robertson and Mechoso 2000;
Zhou and Lau 2001; Nogués-Paegle and Mo 2002). Long-term variations of rainfall in Northeast
Brazil and eastern Amazonia have been related with variations of inter-hemispheric SST gradient in
the tropical Atlantic resulting from the increase in South Atlantic SSTs, while variations in SESA
seem related with SST both in the Atlantic and Pacific Ocean.
Rainfall in southeastern South America shows interdecadal variability in connection with global
modes of interdecadal non-ENSO SST variability, like the Pacific Decadal Oscillation (PDO) and the
North Atlantic Oscillation (NAO) (Grimm and Canestraro 2003). The first mode shows a change of
phase in the mid 70’s, when there is a change of phase in the PDO. Other studies have shown a
substantial increase in southern/southeastern Brazil rainfall after the 70’s (e.g., Liebmann et al.
2004b). Even the spatial patterns of intraseasonal variability of rainfall undergo interdecadal
modulation (Ferraz and Grimm 2004).
Evidence of interdecadal variations also appear in South American river flows. Robertson and
Mechoso (2000) found a near cyclic 15-17 year component in the SACZ variability that is also
present in river flows of the La Plata Basin. An 8-9 year component was also identified in the Paraná
and Paraguay rivers, apparently related with NAO (Robertson and Mechoso 1998). The substantial
increase of rainfall in southeastern South America after the 70’s does also appear in the river flows
(Genta et al. 1998). In western and central Amazonia there was negative rainfall trend, while in
eastern Amazonia the trend was positive from 1960s to 1980s, according to Dias de Paiva and Clarke
(1995). In the upper Paraguay Basin the river flows were much lower during the period 1960-70 than
in the periods before and after (Collischonn et al. 2001).
e. Paleo Climate
It is believed that full glacial climates throughout South America were colder than today by about
5°C with moisture patterns showing distinct regional differences. Observations in South America
based on paleodata for the Last Glacial Maximum (LGM) show a predominant cooling and drying of
the region. The Tropical half of the continent was drier (with the exception of Brazil’s Nordeste) and
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the subtropical part was wetter. The available paleodata were compared to simulation results from the
Paleoclimate version of the National Center for Atmospheric Research coupled climate system model
(CCSM1.4) in order to see whether the simulations can capture the spatial distribution of humid and
arid climates and attempt to explain the physical mechanisms behind the moisture distribution.
Although there are discrepancies between the model and observations, some major features are
captured. In the tropical part, the summer ITCZ during the LGM doesn’t stretch all the way to the
continent and this prevents moisture inflow from the adjacent Atlantic Ocean into the continental area.
In the subtropics,low-level westerlies during the LGM were weaker and data show characteristics of
more humid climate (Wainer et al. 2004 and references therein).
4. Modeling Studies
Atmospheric general circulation models (AGCMs) have been used to investigate the influence of
several factors on the characteristics of the SAMS. The results of Lenters and Cook (1995), for
example, suggest that the presence of the South American continent, without topography and with
zonally symmetric SST field, is responsible for establishing the summer precipitation maxima in the
Amazon, SACZ, and northwestern South America. Topography, however, introduces precipitation
maxima along the eastern flank of the central Andes and the western flank of the southern Andes,
enhances the SACZ, and strengthens the Amazonian precipitation maximum. The longitudinal
structure in SSTs affects moderately the position and intensity of the SACZ and Amazonian
precipitation. Fu et al. (2001) suggest that the seasonality of the land surface dominates that of the
precipitation in the western Amazon throughout the year and that in the eastern Amazon during the
solstices via a direct thermal circulation and propagation of stationary Rossby waves.
An AGCM with enhanced horizontal resolution over South America can capture the nocturnal
precipitation maximum, as it does over the Great Plains of North America (Wang et al. 1999).
Ensemble simulations by Nieto-Ferreira et al. (2000) using an AGCM with enhanced resolution over
the Amazon show more intra-ensemble variability in the SACZ region than over the Amazon, which
is consistent with lower predictability in the former than in the latter region.
Recent work has shown that AGCMs have difficulties in capturing the diurnal cycle of
precipitation over regions of strong monsoon circulations. For example, Betts and Jakob (2002)
demonstrate that precipitation simulated by the ECMWF model forecasts over the Amazon starts
about 2 hours after sunrise, which is several hours earlier than observed. This precipitation structure
appears as a large-scale feature over the Amazon region as the model produces deep convection and
convective rain as soon as the surface heating starts deepening the planetary boundary layer (PBL).
Yang and Slingo (2001) find similar difficulties with the climate version of the U.K. Met. Office
(UM, version HadAM3). The reasons for these difficulties are a topic of current research.
The SAMS climatology, as simulated by six different AGCMs, was evaluated by Zhou and Lau
(2002). The models simulate reasonably well the large-scale features of the SAMS. The surface
pressure, however, is overestimated, resulting in an excessively strong SAMS. The SALLJ is not well
resolved. There are large rainfall errors in association with the Andes and the Atlantic ITCZ, which
indicates problems with the representation of steep mountains and parameterization of convective
processes.
Regional models have shown promise for the study of climate over South America. Misra et al.
(2002) examine simulations of the austral summer season for different phases of the El Niño-Southern
Oscillation cycle with the Regional Spectral Model (RSM) developed at the National Centers for
Environmental Prediction (NCEP). The simulated interannual variability of precipitation over the
Amazon Basin and other parts of South America compare reasonably well with observations. A
detailed moisture budget reveals that moisture flux convergence determines most of the interannual
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variability of precipitation over the Amazon Basin and the Nordeste region of Brazil, and that both
surface evaporation and surface moisture flux convergence are critical in determining the interannual
variability of precipitation over the Gran Chaco area and SACZ. Also Seth and Rojas (2003), using a
RegCM (ICTP), were able to simulate the dramatically different large-scale circulations, as well as the
resulting rainfall differences during summers in opposite phases of ENSO. Rainfall in Amazonia,
however, is underestimated, as is the low-level moisture transport from the Atlantic. Simulation of
January precipitation for six years with the MM5 model (Penn State/NCAR) by Menendez (2004)
also shows good reproduction of interannual variations, although the skill to reproduce the
precipitation amounts varies much according to the region. The main mean precipitation patterns are
captured, but precipitation over Uruguay and central Argentina is underestimated.
The role of SALLJ in tropical-subtropical/extratropical interactions and the development of the
monsoonal precipitation have been investigated using the mesoscale Eta model. The warm season
SALLJ appears to be topographically bounded and diurnally modulated, with a nighttime maximum
intensity. The model forecasts also show that the diurnal cycle of the SALLJ favors increased
nighttime moisture flux convergence at its exit region in southeastern South America, in association
with nighttime increased precipitation (Berbery and Collini 2000; Saulo et al. 2000).
5. Predictability
The general consistency of ENSO impact lends some predictability over South America on
interannual time scales. Even so, there are uncertainties associated with the inter-event variability.
Besides, this predictability based on tropical Pacific SST is restricted to specific times of the year and
certain regions (e.g., Montecinos et al. 2000). The influence of Atlantic SSTs is not well known yet,
except on Northeast Brazil. There might be some predictability on the decadal/interdecadal time
scales, but the causes of the interdecadal variability in the region are still not well known, which limits
its prediction. The intraseasonal time scale shows relationship with quasi-periodic oscillations, such as
the Madden-Julian Oscillation, which allows some predictability in this band. Notwithstanding, there
are other shorter intraseasonal oscillations not well understood, that interact/superimpose on the MJO
and may modify it substantially. There are studies indicating that MJO activity might increase
predictability over South America (e.g., Jones and Schemm 2000; Wheeler and Weickmann, 2001;
Mo 2001). Regarding the monsoon onset, potential precursors for onset of the wet season over
tropical South America may help to establish a prediction scheme for early or later onsets (Li and Fu
2004).
Predictability studies with global models have not yet supported the expectation of increased
predictability generated by the relationships documented between SAMS and slowly varying surface
conditions in SST and land surface conditions. Goddard et al. (2003) show that regions such as
southern Amazonia and the SAMS core regions exhibit relatively low climate predictability on
seasonal-to-interannual time scales, since circulation and rainfall anomalies in these regions are more
dependent on regional forcing than remote forcing
One AGCM study (Zhou and Lau 2002) shows higher skill in the prediction of El Niño impacts
over tropical than over subtropical South America. In the former region anomalies are governed by
shifts in the Walker cell, which are directly induced by the central-eastern Pacific warming, while in
the latter case anomalies have large uncertainties due to poorly resolved orographic relief and surface
conditions. Grimm et al. (2000) showed that the consistent impact of ENSO events on precipitation
over southeastern South America in a long AGCM run is only reasonably realistic during spring,
when the impact is at its maximum.
A study with a different AGCM (Marengo et al. 2003) shows that mean precipitation in the
SAMS region is more successfully simulated than in the NAMS, which misses the characteristic
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double peaked structure. Nevertheless, the simulated interannual variability is very different from the
observed in both monsoon systems. During summer (DJF) the model shows a relatively good skill in
northern South America and in a region including part of southern Brazil, southern Paraguay and
northern Argentina (where MCCs are more frequent). Another study (Misra 2004) compares the skill
of an AGCM over South America for the austral summer in seasonal and interannual predictions with
observed SSTs. The seasonal precipitation climatology is vastly superior in the seasonal runs except
over the Nordeste region where the multiannual runs show a marginal improvement. The seasonal
runs outperform the multiannual model integrations both in deterministic and probabilistic skill. All
model predictions clearly beat persistence in regard to the interannual precipitation anomalies over the
Amazon River basin, Nordeste, SACZ, and subtropical South America.
The rather poor skill of warm season precipitation forecasts can be partly attributed to deficiencies
in the simulation of land surface processes and atmosphere-land interactions. Regional variations in
surface conditions can produce intraseasonal variability, modulate remote influences (Grimm 2003),
and determine the transition from dry to wet season (Li and Fu 2004). Low skill of the models does
not necessarily mean low predictability, but poor simulation of processes that are important to
monsoon variability.
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1. Introduction
The West African monsoon (WAM) is a coupled atmosphere-ocean-land system characterized by
summer rainfall over the continent and winter drought. The processes that couple the land, ocean, and
atmosphere involve multiple interacting space- and time-scales. Many of the key scientific questions
that relate to these scale interactions cannot be answered using routinely available observations and
reanalysis data sets. This is due to a combination of the sparsity of the routine observing network over
and around West Africa, the need for specialized observations of various climate system parameters,
and the known deficiencies of GCMs used for weather and climate prediction and relied upon for
producing reanalysis.
As with all monsoon systems, the evolving ocean and land conditions are crucially important for
determining the nature of the WAM and its variability. In particular, prospects for improving
seasonal-to-interannual prediction of the WAM heavily rely on the potential predictability of these
surface conditions, our ability to observe key surface variables needed to initialize dynamical models,
and the skill of these models to simulate subsequent evolution of the surface variables.
In this chapter, we begin by summarizing the current understanding of the WAM system, and then
use that as a basis for identifying the scientific objectives and observational requirements for studies
of the WAM. For simplicity, our knowledge review treats each component of the climate system
(atmosphere, ocean, land) separately before highlighting the most important coupled processes.
2. Current Status of Knowledge
2.1 Atmosphere
(i) Seasonal Cycle
The mean seasonal cycle of the WAM provides a fundamental test of our understanding of the
coupled atmosphere-ocean-land system and of the ability of dynamical models to simulate that
system. The seasonal cycle of West African rainfall is characterized by a poleward migration of the
zonally oriented maximum from a southerly position during boreal-winter to a northerly position in
early-to-mid August, followed by a more rapid retreat from September to November (Fig. 1). This
migration also includes an apparent latitudinal “jump” in the location of rainfall maximum at the end
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of June from the coastal region around 5°N to about 10°N (Sultan and Janicot 2000, Le Barbé et al.
2002). As documented in the WCRP (2000), state-of-the-art GCMs used for seasonal climate
prediction have difficulty simulating the seasonal cycle of WAM rainfall and associated regional
circulations (Fig. 2). This raises serious concerns about whether these models can represent
realistically the key interactions between the WAM and the rest of the globe that are important for
determining interannual variability of West African and other regional climates.

Figure 1. Seasonal evolution of rainfall in 1992 based on daily rainfall observations between 10°W-10°E.

Figure 2. Left: Dominant pattern of precipitation error associated with dominant pattern of SST prediction error
(from Goddard & Mason 2002). Right: Observed rainfall (with labels for onset and retreat) for Niamey based on
area-average of 50 gauges and model-simulated rainfall using LMD-6 and based on an average of 10 ensemble
members forced with observed SSTs for the period 1961-1990 (from Lebel et al. 2000).

We must improve our understanding of the seasonal cycle of West African rainfall and the
associated regional circulations, including in particular the processes that influence rainfall intensity,
meridional migration, onset, apparent “jump”, and rapid retreat. In particular, mechanisms proposed
to explain various aspects of monsoon evolution need to be investigated further in the context of the
WAM. These include the following -- role of changes in boundary layer θe gradients and inertial
instability for the establishment of direct circulations and location of rainfall (e.g., Emanuel 1995,
Tomas and Webster 1997, Zheng et al. 1999); influence of dry-air intrusions from higher latitudes
(especially the Saharan Air Layer, SAL) on the intensity and meridional extent of the rainfall (e.g.,
Parsons and Redelsperger 2000, Chou et al. 2001, Zhang and Pennington 2003); role of surface
characteristics and processes, including soil moisture and vegetation feedbacks and atmosphere-ocean
interactions (e.g., Taylor and Lebel 1998, Zheng et al. 1999, Chou et al. 2001, dealt with in Sections
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2.2, 2.3 below); and the influence of remotely forced circulations including those associated with the
Asian Monsoon (e.g., Rodwell and Hoskins 1996).
The WAM is characterized by several key approximately zonal flows established in association
with the meridional heating contrasts and associated direct circulations. The mid-tropospheric African
Easterly Jet (AEJ) is located above the region of strong low-level θ gradients between the Sahara and
the Guinea Coast (e.g., Burpee 1972; Reed et al. 1977). The Tropical Easterly Jet (TEJ) is an uppertrospheric jet established in the equatorward outflow region of West African convection and may also
be influenced by the outflow of the Asian monsoon. At low-levels, southwesterlies from the tropical
Atlantic provide most of the moisture for the WAM, while poleward of this northeasterlies advect
relatively drier Saharan air into the rainy region. These flows impact the regional moisture and energy
budgets and the nature of the African easterly waves and mesoscale convective systems (the USAMMA SSG 2003). We currently lack a detailed description and understanding of these scale
interactions.
A few limited observational studies and modeling work indicate that the Saharan heat low and its
associated deep dry-convecting ABL is a key feature of the WAM (Thorncroft and Blackburn 1999,
Thorncroft et al. 2003, Parker et al. 2003a). The low static stability air in the deep well-mixed
boundary layer represents a significant negative PV anomaly that characterizes the anticyclonic side
of the AEJ and the sign-reversal that supports AEW growth (Thorncroft and Blackburn 1999). The
direct circulations that develop in association with the heat low also play an important role regarding
the transport of moisture in the WAM. Heat low circulations encourage poleward movement of moist
air at low-levels and equatorward movement of dry air at mid-levels and are thus expected to play a
vital role in the seasonal evolution of the WAM. We lack a detailed understanding of the seasonal
development of the heat low and its impact on the evolution of the WAM including onset.
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Figure 3. Schematic of N-S vertical cross section along the Greenwich Meridian, highlighting the heat low-AEJITCZ system and SAL (shaded yellow) and meridional variations in atmospheric boundary layer θ and θe.
Adapted from Parker et al. (2003a).

Aircraft and dropsonde observations made during the JET2000 campaign (Thorncroft et al. 2003)
supported a detailed analysis of the baroclinic zone that characterizes the AEJ region at the longitude
of Niamey. Analysis of these observations by Parker et al. (2003a) highlighted the existence of three
coherent layers (Fig. 3): (i) the monsoon layer characterized by high humidities and connected to the
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land surface, extending northwards into the Sahel and increasing in depth towards the south, and
which layer is affected by the land surface on diurnal timescales, through the growing convective
mixed layer and through shallow cumulus clouds; (ii) the Saharan Air Layer (SAL), characterized by
low static stability, low potential vorticity and high aerosol content; the SAL is deep where it merges
with the Saharan boundary layer in the north, and becomes thinner toward the south, terminating in
the JET2000 observations around 8-12N; and (iii) the upper troposphere above the SAL characterized
by nearly pseudoadiabatic profiles and small baroclinicity. The JET2000 observations were made only
over a few days. While they provided new insight into the structure of the baroclinic zone, more
analysis is required to determine how these structures evolve during the season, their interactions with
the weather systems, and their impact on WAM rainfall.
(ii) Subseasonal Variability
Subseasonal WAM variability poses a challenge for monsoon predictability and prediction.
Variations in the timing of the monsoon onset and jump, for example, could be caused by the
variations in the large-scale circulation and surface conditions, or may result from intrinsic
subseasonal variability internal to the monsoon system and therefore impose limits to monsoon
predictability. Subseasonal AEW variability modulates WAM rainfall (via embedded squall lines;
e.g., Gu and Zhang 2002), and westward dust and aerosol transport out of West Africa (in ridges
between AEW troughs; e.g., Carlson and Prospero 1972). The degree to which observed statistics of
the subseasonal variability can be reproduced by models is a test of model fidelity and requires
investigation. Interactions between WAM circulations and surface conditions occur on the
subseasonal-scale as part of the local hydrological cycle, and may be responsible for many extreme
rainfall events. The predictability of subseasonal variability is most needed for applications (e.g.,
hydrological and crop models). The extent to which the statistics of the subseasonal variability are
predictable on a year-to-year basis is largely unknown and needs to be investigated. While some of
the higher-frequency variability has been studied (e.g., AEWs, MCSs), other components including
equatorial waves, for example, have just begun to receive research attention (e.g., Mathews 2004).
In the context of the WAM, the following issues need to be addressed -- dependence of the mean
WAM features on subseasonal variability and dependence of subseasonal statistics on the mean largescale environment (central to scale-interaction issues and will link strongly with work on individual
weather systems discussed in the US-AMMA SSG 2003); interactions of West African dust/dry-air
outbreaks with the subseasonal variability and the mean conditions of the WAM; and possible forcing
of subseasonal variability by anomalous heating/cooling in central Africa (e.g., Sultan and Janicot
2003), equatorial Kelvin and Rossby waves initiated by anomalous heating/cooling in the equatorial
West Pacific (e.g., Mathews 2003), intraseasonal fluctuations in equatorial Atlantic SST, (e.g.,
tropical instability waves, Weisberg and Weingartner 1988), and land surface processes and local
feedback mechanisms (e.g., Taylor and Lebel 1998).
(iii) Interannual Variability
The marked interannual variability of WAM seasonal rainfall totals is shown in Fig. 4. This
interannual variability results from the above subseasonal rainfall behavior changing sufficiently from
year-to-year to produce widely differing seasonal totals. For the Gulf of Guinea coastal region, the
interannual variability dominates the rainfall time series for the last century (e.g., Rowell et al. 1995,
Ward 1998). Further, north across the Soudan and Sahel zones, this interannual variability is
superimposed strongly on pronounced multidecadal rainfall trends since 1940 (e.g., Fig. 4; Tarhule
and Lamb 2003). A major challenge is to perform the research required to improve our ability to
monitor and predict WAM variability on this interannual time-scale that is so vital for society.
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Figure 4. Time series (1941-2001) of average normalized April-October rainfall departure for 20 stations in the
West African Soudano-Sahel zone (11-18N and West of 10E); following methodology of Lamb and Peppler
1992).

The research of the last 30 years has established that the interannual variability of WAM seasonal
rainfall exhibits distinct spatial modes of behavior, and that some of those modes are forced by largescale sea surface temperature (SST) anomaly patterns. WAM seasonal rainfall anomalies tend to be of
either (a) opposite sign between the Sahel-Soudan zone and Gulf of Guinea coastal region (i.e., a
“dipole”; Lamb 1978a; Nicholson, 1980) or (b) the same sign across all of the Subsaharan West
Africa (Nicholson, 1980). The dipole rainfall behavior has been linked to the interannual variability of
tropical Atlantic SST anomaly patterns (e.g., Lamb 1978 a, b; Lamb and Peppler 1991, 1992; Rowell
et al. 1995; Ward 1998). Sahel-Soudan drought accompanied by Gulf of Guinea wetness is associated
with cold (warm) SST anomalies north (south) of 10°N, and vice versa. Within this context, Gulf of
Guinea rainfall is strongly related (positively) to SST anomalies in the adjacent eastern equatorial
Pacific. In contrast, the extension of drought conditions all the way from the Sahara Desert to the Gulf
of Guinea coast has been found to coincide with El Niño events in the tropical Pacific Ocean (e.g.,
Folland et al. 1986; Palmer 1986, Palmer et al. 1992, Rowell et al. 1995; Ward 1998, Giannini et al.
2003).
The above results provide the basis for the seasonal prediction of WAM rainfall from the expected
evolution of tropical Atlantic and Pacific SST anomaly patterns during the months leading up to the
monsoon season. Both statistical and numerical modeling approaches have been employed with mixed
success. A major challenge that persists is the difficulty of predicting the evolution of the tropical
Atlantic SST anomaly pattern prior to and during the WAM season. This situation is reviewed further
in the next section below, from oceanographic and sea-air interaction perspectives. In contrast to the
above dominant role that tropical Atlantic and Pacific SST anomaly patterns have been found to play
for the interannual variability of WAM rainfall, the contributions of land-atmosphere interactions now
are considered to be of subordinate (but possibly amplifying) importance on this time-scale (e.g.,
Giannini et al. 2003). The next two sections summarize the state of relevant knowledge for the ocean
and land components of the climate system.

243

2.2 Ocean
(i) SST impacts on the WAM
WAM variability has been linked to SST anomaly patterns on a wide range of space- and timescales. Of particular importance here, the marked interannual variability of rainfall in West Africa is
known to be strongly influenced by variability in global sea surface temperatures (e.g., Folland et al.
1986; Palmer 1986; Rowell et al. 1995; Giannini et al. 2003). For instance, the interannual variability
has been shown to be associated with variability in the cross-equatorial SST gradient in the Atlantic
(e.g., Lamb 1978 a, b; Lamb and Peppler 1991, 1992; Ward 1998) and ENSO (e.g., Rowell et al.
1995, Rowell 2001, Janicot et al. 2001). Also, we are aware that the substantial multi-decadal rainfall
variability experienced in the Sahel during the 20th century has been associated with an
interhemispheric SST anomaly difference (e.g., Ward 1998, Giannini et al. 2003).
Recent work on interannual variability has re-emphasized the importance of the cross-equatorial
SST gradient in the Atlantic and, in particular, the contribution to this gradient from SST variability in
the Gulf of Guinea (e.g. Lamb and Peppler 1992; Ward 1998, Fontaine et al. 1999). Colder SSTs in
the Gulf of Guinea region tend to be associated with a stronger wet static energy contrast between the
land and the ocean and a stronger direct meridional circulation. Rainfall is increased in the Sahel and
reduced in the Guinea coastal region. When the SSTs are warmer in the Gulf of Guinea the reverse is
true. Zheng et al. (1999) also emphasized a second impact of the SST anomalies. While a stronger
direct circulation may be expected with colder SSTs in the Gulf of Guinea, the boundary layer will be
expected to be drier due to reduced evaporation (Lamb 1983). The surface fluxes and moisture
transports between the ocean and the land need to be investigated along with the processes that
determine the variability and predictability of SSTs themselves.
Thus, current seasonal-to-interannual predictions of the WAM and its variability rely heavily on
our ability to provide skilful predictions of tropical Atlantic SSTs. Unfortunately, at present, neither
observations nor models are fully adequate to characterize quantitatively the variability and
predictability of SSTs in the tropical Atlantic. The problem is rooted in prediction inadequacy for the
average state and the seasonal cycle that propagates through to the interannual time-scales. We now
summarize these scientific weaknesses.
(ii) Seasonal Cycle
SST in the eastern equatorial Atlantic is dominated by the annual cycle to a much greater extent
than in the central and eastern equatorial Pacific. Conversely, interannual SST variability is much
smaller in the equatorial Atlantic than across the equatorial Pacific. Temperatures in the eastern
equatorial Atlantic reach their maximum in Northern Hemisphere spring, when the equatorial winds
are weakest and the thermocline is deepest there (the tropical Atlantic thermocline deepens westward
throughout the year). During this season the sun is directly overhead, providing maximum incident
solar radiation. The band of high SSTs exceeding 27ºC occupies an equatorial region extending from
5°N to 8°S (Hastenrath and Lamb 1977). As the year progresses, the uplifting of the thermocline
resulting from strengthening winds leads to seasonal cooling of SSTs in the east. The SSTs reach their
minimum along the equatorial west coast of Africa in July as a result of intensified coastal upwelling,
and then in the central Gulf of Guinea a month later. In July and August, a distinct cold tongue of
water cooler than 23°C forms across the Atlantic basin to the south of West Africa, centered slightly
south of the equator (Hastenrath and Lamb 1977, Xie and Carton 2003).
The seasonal heat budget of the oceanic mixed layer results from the interaction of a variety of
processes in different parts of the basin. Foltz et al. (2003) examined data from eight moorings of the
PIRATA array and found that north of 4°N along 38°W the net surface heat flux, particularly net solar
heating minus the latent heat flux, largely balances local ocean storage. The large size of the latent
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heat loss is due to the seasonal elevation in wind speed associated with meridional shifts of the trade
wind systems (Hastenrath and Lamb 1977, 1978). In the southeastern equatorial Atlantic, net solar
heating and oceanic storage are the dominant terms with latent heating playing a less important role.
Along the equator in the central and eastern basin, oceanic advective processes clearly are crucial
terms, forced by both changes in the zonal trade winds and the cross-equatorial monsoonal winds. In
this region, limitations in the observational array lead to imbalances in the heat budget estimates that
sometimes exceed 50 W m-2 for such reasons as inadequate estimates of meridional velocities,
entrainment, etc.
Interestingly, despite the dominance of the annual cycle in the observations, sophisticated coupled
atmosphere-ocean general circulation models (C-GCMs) have quite a difficult time reproducing even
average conditions. A comparison of 24 C-GCMs showed that nearly all simulated a mean SST
gradient along the equator of the wrong sign (i.e., cold in the west and warm in the east). In addition,
the modeled temperature increase in the extreme eastern Atlantic was larger than observed (Davey et
al. 2002). The fact that so many models suffer from this very fundamental problem tells us that our
basic understanding of the seasonal cycle is sufficiently limited to preclude the development of
models that can accurately simulate reality.
(iii) Interannual Variability
At the interannual time-scale, a number of studies have identified at least two modes of
interannual climate variability in the tropical Atlantic that can be considered ‘local’ to the basin (see,
for example, Servain and Merle 1993). First, the Atlantic supports variability analogous to, but
weaker by a factor of two than, the Pacific El Niño. This Atlantic Niño has a time scale of 2 to 4 years
and is characterized by a zonal shift in warm water that is coupled to a weakening of the zonal
component of the equatorial trade winds as well as the WAM. Rainfall patterns also are influenced by
the appearance of the Atlantic Niño. These events result in an apparent southward shift of convection
toward the Gulf of Guinea in the boreal summer months when this Niño phenomenon is most
prominent (Ruiz-Barradas et al. 2000), which contributes to Soudano-Sahel drought and above
average rainfall along the Gulf of Guinea coast.
Since the late-1970s, it has been evident that rainfall fluctuations in West Africa and also along
equatorial coastal Brazil were related to interannual-to-decadal changes in Tropical Atlantic SST.
Specifically, the SST influence on the southernmost extent of the ITCZ was most evident in boreal
spring (Hastenrath and Heller 1977, Lamb 1978a, b). Atmospheric modeling and diagnostic studies
have repeatedly shown that the position of the ITCZ is controlled by the strength of the crossequatorial gradient of SST through the influence of this gradient on boundary layer dynamics and
diabatic heating (Moura and Shukla 1981). The cross-equatorial gradient (dipole is too controversial,
gradient isn’t) is partially controlled by changes in latent heat loss associated with movements of the
ITCZ (Carton et al. 1996). The resulting positive feedbacks have been reflected in similar feedbacks
found in coupled model simulations (Chang et al. 1997, Xie 1999). Other studies have suggested an
important role for instabilities associated with the effect of clouds on solar heating (Tanimoto and
Xie, 1999).
In addition to these relatively ‘local’ phenomena that can affect tropical Atlantic SSTs, there are
more remote oceanic processes that impact the tropical Atlantic. For example, Subtropical Cells
(STCs) transport water from the subtropical gyres towards the equator at a depth of about 100m and,
after upwelling on the equator, back to the subtropics in the surface layer (Jochum and MalanotteRizzoli 2003). These transports result in a transfer of mass, heat, salt, and tracers between the
subtropics and tropical upwelling areas. Thus, the STCs have potential to influence SST and the
overlying atmosphere on multiple time scales (e.g., in the Pacific, the STCs have been implicated in
decadal variability of ENSO). In addition to equatorial upwelling, a modeling study by Lazar et al.
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(2001) identified two further upwelling areas that extend away from the two African coastal
upwelling centers. These upwelling regions occupy a large fraction of the area associated with the
climatically important interhemispheric SST gradients.
Similarly, studies of North Atlantic sea level pressure and associated SST patterns suggest that
atmospheric forcing outside the tropics can cause anomalies within the tropics. Specifically, the SST
pattern associated with decadal signals in the NAO can be characterized as a tripole with one node in
the subpolar Atlantic, another in the subtropics, and the third in the region between the tropics and the
subtropics. When the NAO is positive (negative), SST anomalies in the southern node are lower
(higher) than normal because of the increase (decrease) in the NE Trades associated with this phase of
the NAO. The southern node of this SST pattern is coincident with the main development region of
hurricanes in the Atlantic. Recently, decadal and multi-decadal signals in tropical storm and hurricane
occurrences have been identified (Goldenberg et al. 2002; Molinari and Nunez-Mestas 2003). The
decadal signals have been correlated with the NAO, through the teleconnection effect on SST just
described.
Other studies have demonstrated that ENSO events in the Pacific have an influence on both SST
variability in the tropical Atlantic and the WAM. For instance, some, but not all, of the interannual
warmings of the tropical North Atlantic and the western hemisphere warm pool occur in the boreal
spring/summer following a Pacific ENSO peak (Wang and Enfield 2001, 2003). It is important to
determine if these interactions between ENSO and the Atlantic warm pool are responsible for the
teleconnections between the Pacific and West Africa, first suggested by Palmer et al. (1992).
In summary, large uncertainties exist in our understanding of the processes that cause SST
variability on time scales from seasonal-to-interannual. Currently these uncertainties prevent
improvement of the C-GCMs that are needed to forecast the characteristics of the WAM. Thus, a
primary task in studying the WAM will be to characterize the processes that force SST variability in
the eastern tropical Atlantic on timescales from seasonal-to-interannual and to use these
characterizations to improve the models used to simulate and forecast the WAM.
2.3 Land
While it is generally accepted that sea surface temperatures have a major role in determining
interannual-to-decadal variability of the WAM, the role of the land is less well known or understood.
We are hindered in investigating the role of the land due to the lack of appropriate large-scale multiyear observations of land surface conditions and low confidence in our ability to model the complex
interactions between the land surface and the atmosphere. In order to assess the role of the land on
these time-scales, it is necessary to consider the significance of potential feedbacks. Fundamentally,
rainfall anomalies are expected to result in anomalies in the surface conditions, notably through
impacting soil moisture and vegetation. These surface anomalies will impact the energy and water
budgets. It is important to investigate whether, through such impacts, the rainfall anomaly is
perpetuated through a positive feedback process or, alternatively, how it is damped. A positive
feedback process has been shown to operate at the mesoscale (e.g. Taylor and Lebel 1998) and there
is also some evidence to suggest that the seasonal WAM rainfall is impacted by the rainfall at the end
of the previous rainy season (e.g. Philipon and Fontaine 2002). In agreement with this, recent
modeling studies that include such feedbacks suggest that the interannual ‘memory’ effect plays a
significant role in reddening the spectrum of interannual rainfall (e.g. Zeng et al. 1999) and may have
contributed to the large multi-decadal drying trend observed in the Sahel last century.
The extent to which land processes act to enhance or weaken the interannual-to-decadal
variability of the WAM forced by SSTs and the extent to which they can influence the variability
independently should be explored. It is also important to assess whether, through impacting the
regional climate, land processes can influence the SSTs themselves. If they do, this could significantly
246

limit predictability of SSTs and, in turn, the WAM.
2.4 The WAM, Atlantic marine ITCZ, and Coupled Processes
The problem of understanding the atmosphere-ocean-land interactions that produce the WAM is
complicated by the two-way interactions between the WAM and the tropical Atlantic. Not only does
the tropical Atlantic impact on the WAM but, conversely, the WAM affects the tropical Atlantic. The
close connection between the WAM and tropical Atlantic climate is best manifested through the
continuous zonal distribution of rainfall. The part of this rainfall belt that lies over the West African
land is what we have referred to as the WAM rainfall, while the extension of the rainfall belt over the
ocean occurs as part of the Atlantic marine ITCZ (AMI). Both the AMI and WAM rainfall migrate
latitudinally during the year. Stronger convection over land than over ocean dictates the strength and
location of the local zonal overturning circulation, which can affect the strength of the AMI.
The WAM may influence the Atlantic also through the westward propagation of its subseasonal
variability, especially AEWs and dust/dry-air outbreaks. AEWs and Atlantic hurricanes share the
same peak season (August–September) and some AEWs serve as embryos for hurricanes. As
previously mentioned, rainfall associated with AEWs contributes a sizable fraction of the total rainfall
of both the WAM and AMI. Meanwhile, African dust and dry-air outbreaks can influence tropical
cyclone genesis (Dunion and Velden 2003) and modulate rainfall in the AMI (Zhang and Pennington
2003). Water vapor transport by the low-level westerly jet across the coasts of Guinea-Sierra LeoneLiberia, an important moisture supply for WAM rainfall, depends on both land and ocean surface
conditions. There is little doubt that separate studies of the WAM and AMI would result in incomplete
understanding of each component of the larger system.
Symptomatic of the complicated interactions between the WAM and AMI, current global climate
models (GCMs) suffer from large errors in their simulations of tropical climate. The model errors are
the largest in the tropical Atlantic Ocean. As noted above, in atmosphere-ocean coupled models the
simulated SST gradient along the Atlantic Equator is often reversed from the observed (Davey et al.
2000). The reasons for these large model errors currently are unknown. It is possible that these GCM
errors are caused partially by a lack of accurate representations of the contrasting characteristics of
convective systems and their large-scale environments over land and ocean, and a lack of
reproduction of the interactions between the WAM and AMI.
Thus, studying the WAM in conjunction with the AMI will be important to understand the
differential effects of land and ocean surfaces on tropical rainfall. The development of the equatorial
cold tongue and ITCZ from boreal spring to summer presents a striking example of the three-way airsea-land coupling. The hypothesis of Wallace et al. (1989) for explaining this coupling in the eastern
Pacific and Atlantic Oceans should be tested. In this hypothesis, the onset of WAM initiates the
development of the cold tongue, which in turn enhances the cross-equatorial surface winds that
provide moisture supplies for the monsoon causing the ITCZ to further strengthen. Stronger
convection in the monsoon and ITCZ helps further accelerate the surface wind that promotes
equatorial upwelling and intensifies the cold tongue. Thus, it will be important to focus on the relative
roles of atmosphere, ocean, and land in establishing WAM and AMI variability on seasonal-tointerannual time-scales.
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1. Introduction
The monsoons have received fervent attention for nearly 350 years. Early studies (e.g., Halley
1686, Hadley 1735)1: were driven by both basic scientific curiosity and commercial necessity. The
Indian Ocean and the South Asian were areas of intense trading activity and the success of a trading
venture depended on entering and exiting the South and East Asian regions during the proper phase of
the monsoon annual cycle. Later studies (e.g., Blandford 1886, 1877, Walker 1924, 1928) revolved
mainly around societal and humanitarian issues as it had been noted the livelihood and well being of
these monsoon societies depends on the variations of the monsoon and the symbiotic relationship
between agricultural practices and climate. They noted that while the summer rains recur each year,
they do so with sufficient variability to create periods of relative drought and flood throughout the
region. Hence, their interest revolved around the interannual variability of the monsoon with the
assumption that the annual cycle was well described and understood.

Figure 1. Time-sequence of mean annual
precipitation for India and North
Australia using Indian and North
Australian rainfall climatologies. Solid
and dashed lines show the “All-India”
rainfall index (Parthasarathy et al. 1992,
1994), and North Australian data
compiled by Lavery et al. 1997). In
general, the Indian rainfall is less
variable (mean 852 ±84 mm) compared
to the North Australian rainfall (735
±161 mm). Neither time series shows
prolonged periods of multi-year drought
or flood.

Figure 1 shows examples of the interannual variability as long-term time series of rainfall for
India and North Australia. Both time series possess different mean and each shows substantial
interannual variability. The value of forecasting these variations well in advance has immense value
and can be used to optimize agricultural practices and water resource management, and to anticipate
and mitigate disasters associated with monsoon variability. Forecasting monsoon variability was a
major priority when systematic forecasting efforts began over a century ago. It remains so today as
attempts are made to improve the quality of life in the monsoon regions and as society seeks avenues
towards global sustainability.

1

See Kutzbach (1986) for a thorough historical review of monsoons.
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2. Status
Of all regions of the planet, the advent of successful prediction of weather and climate will have
the most benefit for society. Although still seriously lacking, the observational network is the best
that it has been and the monsoon has been the subject of a number of special modeling projects.
But with these activities in mind, how well do we understand the monsoon and how well can wee
predict its variability?

Figure 2. Mean annual climatology of SST (°C), near-surface wind vectors (m s-1), and outgoing longwave radiation (W m-2). Data is plotted for the four seasons March, April and May (MAM), June, July and
August (JJA), September, October and November (SON), and December, January and February (DJF).
MAM is the warmest season in the North Indian Ocean but is deplete in convection.

Figure 2 shows the annual cycle of the mean SST, near-surface wind vectors, and outgoing longwave radiation (OLR) for the four seasons December to February (DJF), March through May (MAM),
June through August (JJA) and September through November (SON). Some pertinent characteristics
are listed briefly:
(i) In general, the warmest SSTs occur in the boreal spring where 29° C surface water covers most of
the Indian Ocean north of 10° S. Except in the very far north of the basin, the SST during winter
remains near 28° C. With the coming of summer and the quickening of the monsoon, the SST of
the North Indian Ocean cools, especially in the Arabian Sea. The autumn temperatures are similar
to spring but cooler in general by about a degree. In all seasons, the maximum SST gradient
occurs south of the equator. Maximum SSTs exist in both hemispheres about the equator during
the MAM (i.e., boreal spring and austral fall). Collectively, the combined anomalies from both
hemispheres contribute to build the largest warm pool of water on the planet at that time of the
year.
(ii) The lower tropospheric circulation of the Asian summer monsoon is much stronger than its
wintertime counterpart and possesses a concentrated cross-equatorial flow in the western Indian
Ocean compared to the broader, but weaker, reverse flow during the boreal winter. South of 10°S
persistent south-easterly trade winds persist throughout the year extending northwards to the
equator during the boreal summer.
(iii) During the summer, maxima in convection (low OLR) occur over south Asia with weaker
extensions over equatorial North Africa and in the near-equatorial southern hemisphere. During
the boreal winter, an elongated band extends across the Indian Ocean and North Australia
culminating in a broad maximum over Indonesia and North Australia. Convection over Asia is
located farther poleward than its southern hemisphere counterpart, and the circulations are not
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symmetrical between the seasons. Perhaps the most interesting aspect of these climatologies is the
lack of variation of the SST between seasons. Most notably, the SST appears to change little
during the boreal spring over much of the North Indian Ocean despite weak winds and high
insolation. Similarly, the winter SST in the North Indian Ocean is only a degree or so cooler than
in the fall or the spring despite significant reductions in surface heating.
To a large degree, the mean climatology shown in Figure 2 is reflected in the earlier writings of
Hadley. His interest, though, was in the winds for navigation and the annual distribution of weather
such as when squalls or tropical storms were more likely than not. He was probably disinterested in
SST but had interest in the state of the sea at different times of the year.
Perhaps the most important achievement in the last two decades has come from the identification
of the coupled ocean-atmosphere modes responsible for the El Niño-Southern Oscillation (ENSO)
phenomenon (see review by Wallace et al. 1998). This progress inspired the international Tropical
Ocean-Global Atmosphere Programme (TOGA) which had a de facto emphasis on the tropical Pacific
leading, eventually, to the creation of the Tropical Atmosphere-Ocean (TAO) buoy array across the
tropics. The study of other tropical regions, including their relationship to Pacific climate variability,
has become a fundamental objective of international CLIVAR (Climate Variability and Predictability
Programme: WCRP 1995, 1998). These efforts aim “..to understand and quantify.." fluctuations in
major tropical and subtropical heat sources and sinks and thereby improve predictions of global
weather and climate (NRC 1998).
Early forecasting techniques were essentially empirical. However, during recent decades there has
been a transition to a reliance on numerical techniques. What is the degree of fidelity of numerical
simulations of the monsoon and the how accurate are forecasts of the monsoon. Unfortunately, our
abilities to predict variability have not changed substantially over the last few decades. For example:
(i) For over 100 years the India Meteorological Department has used models based on empirical
relationships between monsoon rainfall and worldwide climate predictors with moderate success.
These efforts have been extended to in different monsoon regions (see reviews by Hastenrath
1986a, 1986b, 1994) again with only moderate success. Many of these schemes use measures of
ENSO measures as major predictors of monsoon variability (e.g., Shukla and Paolina 1983,
Rasmussen and Carpenter 1983, Shukla 1987a, b). Whereas there are periods of extremely high
association between ENSO and monsoon variability, there are decades where there appears to be
little or no association at all (Kumar et al. 1999, Torrence and Webster 1999). This association
has been particularly weak during the last 15 years;
(ii) Numerical prediction of monsoon variability on all time scales is severely handicapped by the
inability of models to simulate either the mean monsoon structure or its year-to-year variability.
These deficiencies have been demonstrated clearly in the Atmospheric Model Intercomparison
Program (AMIP2: Sperber and Palmer 1996) where the simulation capabilities of 39 atmospheric
general circulation models, each using the same evolving SST forcing fields, were compared. Few
models reproduced the climatological precipitation maximum over the Bay of Bengal but place
maxima in other regions near the equator and over South Asia. Similar variability between the
models is apparent in coupled ocean atmosphere simulation comparisons (e.g., CMIP).
(iii) Numerical simulation and prediction of intraseasonal variability in the tropics by general
circulation models is generally poor (e.g., Slingo et al., 1996, Waliser et al. 2003a, b). This failure
is especially serious in the monsoon regions as a very large percentage of the total precipitation
variance is observed in the 20-50 day period band. However, physically based Bayesian empirical
schemes (e.g., Webster and Hoyos 2004) have shown that regional precipitation characteristics are
predictability with considerable accuracy 20-30 days in advance. Why models tend to show less
skill than empirical techniques is not known but it is expected that it is associated with problems
in convective parameterization. Krishnamurti et al. (1990), for example, suggests that errors in
cumulus propagation tended to erode the power in the slow intraseasonal manifold.
In summary, a combination of modeling problems and empirical non-stationarity has plagued
monsoon prediction on interannual time scales. Empirical forecasts have to contend with the specter
of statistical non-stationarity while numerical models currently lack simulation fidelity.
Given the scientific advances noted above with respect to ENSO, it would seem that the field
2

AMIP organized the integration of 39 atmospheric models using the same observed SST distributions for a 10year period.
255

should be poised to advance significantly both the understanding and prediction of Asian-Australian
monsoon variability. But the very phenomena that exist in the Pacific and Indian Ocean basins have
imposed a philosophical bias on how the physics of the regions have been construed. In general, the
Pacific has been treated as a coupled ocean-atmosphere system since the inception of the ENSO idea
while the Indian Ocean monsoon has been thought of as an atmospheric system driven by ocean-land
temperature differences when the Indian Ocean undergoes passive (insolation driven) SST change at
different times of the year. To achieve the same progress in the Indian Ocean has been achieved in the
Pacific a number of steps must be taken. More data from the ocean, the atmosphere and the land
surface, must be collected, better models must be employed and, most of all, an improved
understanding of fundamental processes, that conspire to produce the observed monsoon and its
variability, must be developed.
There are signs of improvement in obtaining sustained ocean-atmosphere observations in the
Indian Ocean. Besides the International Indian Ocean Expedition (IIOE) in the mid-1960’s and the
WOCE observations in the Indian Ocean, there have been two dedicated cruises to investigate the
upper ocean and interactions with the atmosphere (Hacker et al. 1998, Webster et al. 2001) as well as
a number of national experiments (e.g., Bay of Bengal Experiment: BOBMEX, Bhat et al. 2002).
Furthermore, there is an increasing possibility that the ocean-atmosphere observing network in the
Indian Ocean will improve to the level enjoyed in the equatorial Pacific Ocean with the establishment
of an ocean-atmosphere observing. An international group led by the GOOS Indian Ocean Panel has
laid out an implementation plan to which a number of nations will likely contribute (IOP, 2004). It
should be noted, however, that modeling problems still persist with nagging systematic errors existing
in both simulations and predictions. Perhaps with a greater understanding of the monsoon system
coming from the analysis of the improved observations, model errors can be reduced to the extent that
useful numerically based forecasts can be made.
In the following paragraphs, we will explore what is known about the coupled ocean-atmosphere
nature of the monsoon. Whereas the full-coupled nature of the monsoon involves interactions with the
land surface in the continental regions of Asia and Australia, we will concentrate on aspects of oceanatmosphere interaction. A major aim is to determine the degree to which an interacting ocean acts as a
positive or negative feedback on the intensity of the monsoon.
3. Macro-scale Forcing of the Monsoon System
The traditional view of the monsoon is that it is forced by surface temperature differences
between the ocean and the land surface. To what degree is this traditional view correct or
complete? Is it necessary to consider other factors such as orographic effects or ocean
dynamics?
Almost all physical explanations of the large-scale monsoon start with a basic premise. It is found
in elementary meteorology books and often in specialist reference books. The premise states: The
monsoon is forced by the seasonally varying pressure gradient force caused of the differential heating
of two surfaces of different heat capacity. The two surfaces are water and land and the difference of
heat capacities is the factor of four water holds over soil. To a large degree these explanations are
correct but often left out in the explanation is that the “effective” heat capacity of ocean water is
orders of magnitude greater than land. This is because the ocean can store heat below the surface
mixing deeply by wind-stress forced turbulent eddies. Figure 3 shows schematics of the annual cycle
of seasonal heating for (a) a tropical land area, and (b) a tropical ocean column. With the effective
heat capacity of the ocean taken into account, it is possible to understand the seasonal surface heating
gradient across the equator at all times of the year. It should be noted however, that it is necessary to
take into account the moistening of the land surface during the summer wet period as the
characteristics of moist land is very different to dry soil (e.g., Webster 1983).
Figure 4 shows the annual cycle of the surface pressure at 20°S and 20°N and the pressure
gradient between the two locations. For most of the year, the gradient is positive (high in the south
and low in the north) with values reaching a maximum of 20 hPa/40° latitude. Negative values occur
only during the period December-February when the gradient is an order of magnitude smaller than its
summer counterpart. The surface pressure gradient cannot be explained by the surface temperature
gradient alone. We must also take into account the condensational heating of the mid-troposphere
occurring over the land areas and the summer hemisphere ocean.
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Figure 3. Schematic diagram of the dominant physical processes determining the surface temperature over (a)
land, and (b) the ocean for the transitions from(i) spring to summer and (ii) fall to winter. The radiative and
turbulent fluxes are labeled relative to equations [1]–[3]. Relative e-folding depths of diffusion, solar radiation
penetration, and turbulent mixing are shown as horizontal dashed lines in each section. The net incoming
radiation is attenuated in the first few millimeters of soil, from where it is transferred by molecular diffusion for
a few meters. Wind stress at the ocean surface causes substantial transfers of heat (upward in winter, downward
in summer) between the surface layers and the subsurface ocean by inducing turbulent mixing. Successive lower
tropospheric temperature profiles are also shown (marked I, II, and so on). The shading in (a(i)) shows the
change in temperature if the soil is moist. The shading in (b) shows the changes in the ocean temperature
profiles when heated surface water moves downward in the summer or when cooled surface water is replaced by
warmer subsurface water.

Figure 4. The annual cycle of the surface
pressure at 20°S (solid line) and 20°N
averaged between 70°E and 90°E. The
pressure difference from south to north is
shown as open circles (scale right hand
abscissa).

Condensational heating of the equatorial atmospheric column does two things: It raises the
temperature of the atmospheric column, and it decreases the surface pressure of the summer
hemisphere relative to the winter subtropics. These two impacts are used to support the common
argument that the monsoon is driven by a cross-equatorial surface pressure gradient between the
subtropical high-pressure zones of the winter hemisphere and the monsoon trough. While this
argument is not incorrect it is incomplete. The monsoon circulation is also driven by a reversed
pressure gradient in the upper troposphere. In fact, if there were no surface pressure gradients at all
but still differential heating of the columns there would still be meridional cell, as long as the summer
hemisphere regions were warmer than the winter subtropics.
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Consider the following argument. If the equation of state ( p = ρRT ) is combined with the
hydrostatic equation ( ∂p ∂z = − ρ g ), and it is assumed that the temperature of an atmospheric column
is constant (i.e., T=constant), we obtain:

∂ ln p ∂z = − g RT

(1)

where p, ρ and R are the atmospheric pressure, density and the gas constant, respectively.
Equation (1) shows that that the warmer the temperature of an atmospheric column, the slower the
rate pressure decreases with height. Now consider two columns with mean temperatures TSUM and
TWIN representing an summer hemisphere column over the Indian Ocean and a subtropical column in
the winter hemisphere respectively so that TSUM >TWIN . From (1) it is clear that the pressure decreases
less rapidly with height in the warm column and more rapidly in the cold column. Thus, if the
equatorial surface pressures in the tropics and subtropics were the same, then at some height above the
surface the pressure in the warm column will be greater within the cold column at the same height.
Together, a pressure gradient is produced in the higher troposphere which would drive air from the
warmer summer hemisphere across the equator to the winter hemisphere. Assuming the system is
closed, mass conservation insists that there is a return surface flow towards the heating in the low
troposphere.
A useful relationship can be obtained by integrating (1) in the vertical between the surface (z=0)
and some height in the column (z=z1). Performing this operation for the summer and winter columns
and subtracting the two expressions we obtain the following vertically dependent difference in
pressure between the columns:

∆(ln pz = z1 ) − ∆(ln pz = z1 ) = −

gz1 1
1
(
−
)
R TSUM TWIN

(2)

where ∆ refers to the difference between the equatorial column and the subtropical column. If the
differences in the surface pressure were zero then:

∆(ln pz = z1 ) = −

gz1 1
1
(
−
)
R TSUM TWIN

(3)

where ∆ (ln pz = z1 ) > 0 if TSUM > TWIN . Also, it should be noted that the pressure difference increases
linearly with height. Furthermore, from Figure 4, we know that ∆ (ln pz = z1 ) > ∆ (ln pz = 0 ) so that the
monsoon circulation is driven by two opposing pressure gradients, one located at the surface directed
towards the summer hemisphere and the second, the stronger, in higher levels in the atmosphere
directed towards the winter hemisphere. The same basic physics described above drive thermal
circulation ranging from small-scale sea breezes to very large-scale monsoons. These factors are
shown schematically in Figure 5a for a dry Hadley circulation (i.e., assuming there are no moist
processes) and in Figure 5b for a Hadley circulation with moist processes. Because TSUM (with
condensation) >> TWIN (without moist processes), which can be seen by comparing moist and dry
adiabatic lapse rates, the vertical scale of the moist circulation will be much greater than the dry
circulation. In fact, the dry circulation will have a scale similar to the equivalent depth of equatorial
modes (about 2 km).
Figure 6 shows the meridional circulations for summer (JJA) and winter (DJF) averaged between
70°E and 90°E. This particular band was chosen to provide a cross-section through the region of
strongest precipitation in the South Asian monsoon.3 The most apparent difference between these
3

In computing zonally averaged circulations, the stream function would be computed using zonally averaged
values of the vertical and meridional components with the constraint that at any latitude the vertically averaged
meridional velocity component must average to zero in the long term mean because of mass continuity.
However, averages over finite meridional bands, like those shown in Figure 5, are not constrained simply
because flow can return from one hemisphere to the other at arbitrary longitudes. That is, within a narrow
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monsoon cross-sections and the zonally averaged charts (not shown) is that monsoon fields are very
much stronger. Noting that the vertical velocity is proportional to the latitudinal gradient of the stream
function we can compare zonally averaged mass fluxes with those in the monsoon regions. For
example, in the region of descent in the southern hemisphere we have gradients between the equator
and 30°S of 16x1010 kg s-1/30° latitude for the zonally averaged case and 68x1010 kg s-1/ 30° latitude
for the summer monsoon. That is, mean monsoon vertical velocities are about a factor of four larger
than those associated with the zonally averaged Hadley Circulation.

Figure 5. A mechanistic view of the development of the meridional monsoon circulation (a) when moist
processes are ignored and (b) when moist processes are taken in to account. The panels show (i) the resultant
circulation, (ii) the temperature profiles, (iii) the distribution of mass in the vertical columns, and (iv) the change
of pressure with height. Dashed lines in panel (i) show constant pressure surfaces. Dashed lines in panels (ii)–
(iv) denote a constant height. In both examples it is assumed that the difference in temperature of the warm and
cold columns is sufficient to generate a reversing pressure gradient with height in the presence of the surface
pressure gradient as described in eqn [6].

The zonal velocity structure for the summer and winter monsoons shown in Figure 6 are very
different from each other. During winter an extremely strong westerly jet stream resides equatorward
of the Himalayas. During summer, this jet weakens and moves poleward of the mountains and is
replaced by an upper tropospheric easterly jet stream. The easterly jet results, apparently, from the
strong heating of the atmosphere over South Asia that reverses the temperature gradient between the
equator and 30°N. From thermal wind considerations, the winds must become increasingly westward
(i.e., more easterly) with height (i.e., if ∂T ∂ϕ > 0 then ∂u ∂z < 0 ). The resultant easterly jet extends
westward across North Africa and determines to a large degree the demarcation of wet and dry
regions in the Sahel (Nicholson and Flohn 1980, Webster et al. 1998). The reversal of the temperature
gradient is unique to all of the monsoon regions and probably is associated with the elevated sensible
and latent heating associated with the Himalayas (Webster et al. 1998).
But there are still some issues that the simple thermodynamical arguments used above do not address. We have
not considered the impact of rotation, for example. A cross-equatorial pressure gradient force will produce a
longitude band, conservation of mass would also need to take into account the zonal velocity as well. Only if the
monsoon circulation were a completely closed system within the chosen longitudes would mass continuity
apply.
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“swirling” effect of the wind fields. The sign of the pressure gradient insists that the divergent part of the
meridional wind field will have the same direction over the entire Indian Ocean. But, because the change of sign
of the Coriolis force across the equator, the rotational zonal wind field will have different signs on either side of
the equator. Thus, during the boreal summer, the general surface flow is northward but with a general
southeasterly to the south of the equator and a southwesterly in the northern hemisphere. In addition, there is the
dynamical aspect of flow that, under the action of a cross-equatorial pressure gradient force, is inherently
unstable (Tomas and Webster 1997, Tomas et al. 1999) which injects high frequency character into the
monsoon flow.

Figure 6. The circulation of the monsoon
atmosphere showing zonally averaged
zonal wind component ( [u ] ,upper panel:
m s-1) and mass stream function (ψ,
lower panel: 1010 kg s-1) for (a) June August (JJA) and (b) December February (DJF), plotted against latitude
and pressure (hPa). Zonally averaged
elevation of the planet and negative
(easterly) zonal winds are shaded.
Contours show averages between 70°E
and 90°E. Zonally averaged elevation of
the planet is shaded with Himalayas and
the Tibetan Plateau predominating near
30°N and the Antarctic continent in the
south. NCEP/NCAR reanalysis data was
used to compute 50-year seasonal
averages. Because the averaging has
been taken over a finite longitude band,
the stream function might not necessarily
conserve mass.

Levitus (1987) identified the most important aspect of the wind field from an oceanographic
perspective. Ekman transport of mass integrated through that part of the upper ocean which is wind
driven, is to the right of the flow in the northern hemisphere and to the left in the southern
hemisphere. Thus the south-easterlies to the south of the equator and the south-westerlies to the north
of the equator during summer will produce a mass flux from north to south in both hemispheres. As
the northern Indian Ocean is warmer than the southern during the boreal summer, the surface mass
flux will be associated with a southerly heat flux. That is at all latitudes, there will be a southward flux
of heat that will cool the summer hemisphere while warming the winter hemisphere. The reverse takes
place during the winter. Ekman transports will heat the winter (northern) hemisphere and cool the
southern summer hemisphere. These wind driven features of an ocean under the action of a crossequatorial pressure gradient will prove to be important as we attempt to determine if there is some
overriding constraint on the state on the magnitude (and phase) of the monsoon and its variability.
There are still some unanswered questions relating to the large scale forcing of the monsoon. Of
particular importance is why the monsoon is in the boreal summer so much stronger than the winter
monsoon? On a very large scale, one may expect just the opposite. The surface pressure changes over
Siberia from season to season are far greater than the corresponding surface pressure changes that
occur in the southern hemisphere high-pressure regimes. Thus, the reason for the seasonal differences
must lie in processes taking place at lower latitudes. At the same time, the surface pressure in the
monsoon troughs over South Asia (during the boreal summer) and North Australia (during the austral
summer), are much the same. Paradoxically, the cross-equatorial surface pressure gradient is far
stronger during the boreal winter than the summer.
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Figure 7a. Mean upper tropospheric (200—500 hPa) temperature (°C) for the boreal summer (JJA), and boreal
winter (DJF), averaged between 1979 and 1992. The boreal summer plot is based on calculations first made by
Li and Yanai (1996). Mean columnar temperatures warmer than -25°C are shaded.

Figure 7b. Annual cycle of the mean
200-500 hPa temperatures at 30°N, 5°N,
15°S, and 30°S.

Figure 7c. Time section of the temperature change at different latitudes along 80E relative to May.

A strong clue that may eliminate the paradox can be seen in Figure 7a where the horizontal
distribution of the 200-500 mbar layer mean temperature is plotted for boreal summer (Figure 7a left)
and winter (Figure 7a right). The shaded region shows a mean temperature warmer than -26°C.
During the boreal summer a macro-scale warm air mass is centered over South Asia with the
maximum average layer temperature (> -22°C) over the southern Tibetan Plateau. The impact of this
warm region is to produce strong temperature gradients in both the north-south and east-west
directions. A warm temperature ridge exists over the North American continent, and a deep
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temperature trough stretches from the west coast of North America to the central Pacific. A similar
trough lies over the Atlantic Ocean. The upper tropospheric flow pattern during summer identifies
clearly the thermal contrast between continents and oceans. The boreal winter presents a very
different structure. A much smaller section of the globe (northeast of Australia) is warmer than -26°C
with only a mildly warm temperature ridge lying over South America together with a slightly weaker
ridge covers Australia.
Figure 7b shows the longitudinal structure of the annual cycle of the upper tropospheric (200--500
mbar) temperature anomaly for the entire year along 30°N, 5°N, 15°S, and 30°S. The anomaly is
calculated by subtracting out the mean zonally averaged annual cycle of the columnar 200--500--mbar
mean temperature along the particular line of latitude. The 30°N section cuts through the temperature
maximum over the Tibetan Plateau. Temperature anomalies begin to change from negative to positive
in April near 90°-100°E. The temperature increases over Eurasia during summer are much larger than
those over North America. The maximum temperature anomaly (9°C) occurs in the region of the
Tibetan Plateau (between 60° and 105°E). Smaller maxima of mean temperature anomalies occur over
North America and West Africa. In contrast, there is no appreciable change in the upper tropospheric
temperature along 5°N, which is mostly over the oceans. The southern hemisphere sections at 15° and
30°S are weak counterparts of the section along 30°N. Compared to the > 9°C anomaly found over the
Tibetan Plateau, anomalies have magnitudes of only 3°C at 30°S.
The temperature gradients in the southern hemisphere never reverse. That is, at all times the mean
temperature at 30°S is cooler than the temperature at 5°S because of the strongest heating occurring
very close to the equator. Although Australia is a large continent, the heating is not elevated as it is
over the Himalayas. Thus the major heating remains close to the north coast of the continent and close
to the equator. Geostrophic adjustment is extremely rapid at very low latitudes, and it is difficult for a
local temperature maximum to be maintained. On the other hand, geostrophic adjustment to the
elevated heating over the Himalayas is sufficiently slow to allow the development of a substantial
pressure field and a warm core. However, the monsoon should be viewed in a cross-equatorial
context.
The influence of the Himalayas and the Tibetan Plateau can be seen in Figure 7c. The degree of
warming of the atmospheric column form May through the summer is plotted at a number of
longitudes. The largest heating occurs over the Tibetan Plateau during mid-summer with temperature
changes of 10°C at 30°N and 14°C at 40°N. Noting our earlier discussion or the impact of elevated
heating, it is apparent that considerable vigor is injected into the South Asian monsoon system by
heating associated with the Plateau. The form of the heating is probably from the heat of condensation
(Li and Yanai 1997). Given that there are no counterparts for elevated heating at other times of the
year or in other regions of the tropics, the role of the Himalaya/Tibetan Plateau complex probably
explains the major seasonal differences in intensity of the summer and winter monsoons.
Having accounted to some degree with the large scale forcing of the monsoon, we are now ready
to discuss the role of the ocean in monsoon variability in more detail.

4. Observational Evidence of Ocean Influences on the Monsoon
For nearly 80 years there has been agreement that the Southern Oscillation (more recently
understood in the context of ENSO) has influenced the monsoon. Thus remote impacts of ocean
variability have long been accepted. How are these remote impacts manifested on the monsoon?
Are changes communicated to the monsoon directly through atmospheric connections or by
ENSO-forced regional SST variability? How important is regional SST variability an important
component of monsoon variability? Are there regional Indian Ocean SST changes that are
inherent to regional or local monsoon processes or are they always associated with ENSO
events?
4.1 Impacts of Remote Ocean Variability on the Monsoon

Walker (1924, 1928) first tied interannual variability of the monsoon to the phase of the Southern
Oscillation (Southern Oscillation and its index SOI) in the early part of the 20th century. Whereas the
relationship he described has waxed and waned from one decade to another (e.g., Troup 1965, Kumar
et al. 1999, Torrence and Webster 2000) it accounts for about 40% of Indian monsoon rainfall
variance over the last 120 years (Shukla and Paolina 1983). For many decades, in the absence of
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physical underpinning, the relationship between the SOI and the monsoon was regarded as a statistical
artifact. A physical linkage between the Pacific Ocean and the South Asian monsoon had to await the
seminal work of Bjerknes (1966, 1969, 1971). He found, for the first time, a coupled atmosphereocean process that described interannual oscillations in the El Niño-Southern Oscillation (ENSO)
system finding, for the first time an integral role for the oceans. A major physical component of
ENSO is the near-equatorial “Walker Circulation” described first by Krishnamurti (1971 a,b).
Changes in the location of this meridional overturning cell associated with Pacific ENSO SST
anomalies are thought to create a remote influence on the monsoon by varying the intensity and
location of Walker Cell subsidence (e.g., Soman and Slingo 1997, Dai and Wigley 2000). With the
exception of Lau and Wu (2001), who referred to SST responses in the Indian Ocean (driven by
ENSO) as creating monsoon variability, the general opinion has been that the mode of interaction
between the SST variation in the Pacific Ocean and the Indian monsoon was through alteration of
Walker Circulation subsidence.
Table 1. Relationship between the mean summer season rainfall in India (All-India rainfall (from Parthasarathy
et al. 1992: 1871 to 1994) and the North Australian summer rainfall (Lavery et al. 1997: 1886-1993). A
“deficient rainfall” season is where the rainfall was at least a standard deviation below the average while a
“heavy rainfall” season has rainfall at least one standard deviation above average.

All India Summer rainfall
Rainfall

Total

El Niño

North Australian summer rainfall

La Niña

Total

El Niño

La Niña

Below average

53

24

2

49

20

4

Above average

71

4

19

58

5

17

Deficient (<1 sd)

22

11

2

18

9

0

Heavy (>1 sd)

18

0

7

17

2

5

Table 1 provides a summary of the overall impact of ENSO variability of monsoon rains. A
moderate relationship exists between ENSO and the monsoon although Troup (1965) and more
recently Torrence and Webster (2000) have noted that the relationship waxes and wanes from decade
to decade. Most empirical forecast schemes have concentrated on taking advantage of an ENSOmonsoon rainfall relationship. Normand (1951) and Webster and Yang (1992) even suggest that at
times the influence is reversed and there is an influence of monsoon variability on the evolution of
ENSO phenomena. Webster and Yang (1992) suggest that there is a reversing of influence at different
times of the annual cycle. With regard to Southern Oscillation-monsoon interactions, Normand (1951)
stated:
“….It is quite in keeping with this that the Indian monsoon rainfall has its connections with later
rather than earlier events. . . . Unfortunately for India, the Southern Oscillation in June-August,
at the height of the monsoon, has many significant correlations with later events and relatively
few with earlier events. . . The Indian monsoon therefore stands out as an active, not a passive
feature in world weather, more efficient as a broadcasting tool than an event to be forecast. . . .
On the whole, Walker's worldwide survey ended offering promise for the prediction of events in
other regions rather than in India….”
Normand’s hypothesis has been tested with mixed results in a number of model studies (e.g.,
Wainer and Webster 1996, Kirtman and Shukla 2000) leading to the suggestion that there exists a
grand coupled phenomenon (Webster and Yang 1992, Lau and Yang 1996, Miyakoda et al. 1999) of
which ENSO and the monsoon are major components. Tantamount to these thoughts are that ENSO
and the monsoon cannot be considered separately or that one is the slave of the other.
Figure 8 depicts relationships between the Niño 3 SST index (Figure 8a) and the AIRI (Figure 8b)
in the form of a wavelet analysis. Figure 8c shows the cross-wavelet modulus of the AIRI and the
Niño 3 SST (Torrence and Webster, 1999). A wavelet modulus provides a history of when in the data
record certain periodicities are dominant and it can be thought of as an evolving periodogram with
time. Lau and Weng (1995) and Torrence and Compo (1998) provide excellent summaries of the use
of wavelet analyses. The latter study is particularly useful as it provides a method of calculating
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significance levels of wavelet moduli shown in Figure 8 at the 95% level (heavy black contours). A
cross-wavelet analysis shows when certain periodicities were common to both data sets. Below each
wavelet analysis is a plot of the time series. The black curve represents the percentage of the total
variance through the period of the analysis explained by the power at a particular time. On the righthand side of each wavelet analysis is a fast Fourier transform (FFT), or periodogram, of the data time
series and the average wavelet modulus as a function of period. The FFT and the average wavelet
modulus are very similar. The FFT provides the total power in a particular frequency band averaged
over the entire data record. However, there is extra information in a wavelet analysis. If, during the
data record, there was just one very large amplitude event at a particular frequency, the FFT may
indicate large power but not disclose that it was the result of one event. The wavelet analysis, on the
other hand, localizes power in time and show that it was not a reoccurring phenomenon (Lau and
Weng 1995, Torrence and Compo, 1998). With these thoughts in mind, the following conclusions can
be drawn from the wavelet analysis.

Figure 8. Wavelet modulus analyses of climate time series of (a) The all-India rainfall index (AIRI) (1875-1992), (b) Pacific Ocean sea surface temperature (SST) (1875-1992) in the Niño 3 region, (c) The wavelet
coherency between the AIRI and the Niño 3 SST. Arrows indicate phase of the coherency relative to the legend
at the bottom right of the figure, and (d) the cross-wavelet coherency modulus between the AIRI and the SST
for the total period band and the 2-8 year band. Contours indicate the percent of total variance at a particular
frequency explained at a particular time in the data record. The dashed areas on the right and left of the moduli
distributions indicate the limitations of the data to define variance of a particular period at a particular time of
the data record. On the right-hand side of each modulus are periodograms the summed wavelet modulus. After
Torrence and Webster (1997) and Torrence and Compo (1997).
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(i) The relationship between the Pacific Ocean SST and the AIRI are not statistically stationary.
There are at least three distinct regimes in the series. Before 1920, there was considerable
variance in the AIRI and the SOI, and correlations were near to --0.8 between the AIRI and the
SST compared to an average over the 120--year period of --0.64. These high correlations early in
the data period were the relationships that excited Walker and his colleagues. Between 1920 and
1960, there was little interannual variability in either the Pacific data or the Indian rainfall, and the
correlation decreased to < --0.2. Systematic analyses of the non-stationarity of the SOI was
undertaken by Treloar and Grant (1953) and Grant (1953) for the Australian region and Troup
(1965) for the globe. Correlations between Darwin surface pressure (a proxy for the SOI, see
Trenberth (1984) and also surface pressures in Hawaii with southern Australian rainfall anomalies
decreased from roughly --0.8 in the period 1909-1928 to about --0.2 between 1929 and 1948.
Treloar and Grant (1953, p.428) conclude that the secular reduction of correlations throws
considerable doubt on the direct use of correlation relationships in forecasting. Improvement in
the performance of forecast formulae cannot be expected until there is a more satisfactory method
of selecting indicators, requiring in turn a better understanding of the nature of weather processes.
(ii) The decrease in the correlations that occurred in the period between 1920 and 1960 has been
replaced by an extended period of high variance in the SOI and correlations that match the 18801920 period and a return of much higher correlations. These earlier studies were unaware that the
ENSO signal possessed a large interdecadal signal. The SST and the AIRI moduli as well as the
cross modulus show strong signals in the 10-25-year period. Given the length of the data set,
though, the conclusion should be viewed with some skepticism. However, recent coral core data
from the Niño 3 region, which extents back in time to 1600, exhibits similar variability in this
period band (J. Cole, University of Colorado, personal communication, 1997).
(iii) Throughout the data period (except between 1920 and 1950), there is strong biennial monsoonal
variance. A number of studies (e.g., Yasunari 1987, Rasmusson et al., 1990; Barnett, 1991) have
commented on a biennial periodicity in tropical circulations, especially the monsoons. The
periodograms indicate that the biennial variability is particularly strong in the monsoon regions,
although with less magnitude in the SST fields. However, the cross modulus indicates substantial
covariance in the 2-3-year-period band.
(iv) The AIRI wavelet analysis shows substantial variance at intraseasonal timescales as well as clear
interannual variability.
One of the major problems in the analysis of monsoon is finding a representative measure of the
strength of the monsoon. Most often the total seasonal rainfall over India is used, usually in the form
of the AIRI. However, compared to the scale of the Asian-Australian monsoon, India is relatively
small. Consequently, researchers have sought other broader scale measures. For example, Webster
and Yang (1992) used large-scale vertical shear over South Asia to determine the relative strength of a
summer monsoon. Their index is defined as:

M = U − U  850 hPa − U − U  200 hPa

(4)

where U represents the mean seasonal zonal velocity component and U the long-term time mean.
Other indices have also been designed (see Wang and Fan 2000 for review). Figure 9 shows the
seasonal monsoon index M for South Asia computed for the region 0°-10°N, 40°E-110°E and for the
region to the north of Australia 0°-10°S, 120°E-150°E. Deviations of M greater than ± 1 standard
deviation are shaded. Many of the extremes correspond to ENSO extremes. Both indices show a
decreasing trend in the magnitude. The South Asian trend matches fairly well the trend in the Indian
rainfall (AIRI) data set. The southern hemisphere set does not match the North Australian data at all
which shows a small upward trend rather than a decrease. However, it should be noted that the
“Australian region” (0°-10°S, 120°E-150°E) where the index was computed, is completely to the
north of Australia. It will be interesting to establish whether or not the M-index computed over a
geographic area that more truly matches North Australia will show a small upward trend. If it does,
then it begs question of what caused the decrease in precipitation over Southern Hemisphere
Indonesia.
During the same period, the mean SST north of 20°S has been warming at the rate of about
1°C/century. During the last 50 years the rate has doubled (Figure 10). The degree to which the
changing SST of the Indian Ocean is responsible for these secular changes in monsoon intensity
(assuming that M is a good indicator of monsoon strength) is not clear.
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Figure 9. Variability of the monsoon index M (equation 1) after Webster and Yang (2002) from 1948 to 2003.
The index, from Webster and Yang (2002) is defined in the text and is proportional to the strength of the
anomalous zonal wind shear and is positive for above average monsoon rainfall and negative for a below
average monsoon. Panel (i) shows the index for the South Asian region (0-20ºN, 60-110ºE) and panel (ii) for the
North Australian region (0-10ºN, 120-150ºE). The diagonal line through the bars denotes the linear trend of the
indices over the entire data period. Solid black bars denote deviations greater than one standard deviation. The
horizontal dashed lines show two means separating before and after the 1972 for the South Asian region and
1976 for North Australia. Shaded regions show the sets of standard deviations. NCEP/NCAR data has been used
to compile the time series. The trend was checked in the common overlap period of the ER40 data set and the
NCEP/NCAR set and similar trends were found. Shaded bars indicate rainfall exceeding ± 1 standard. Similar
trends are apparent in the AIRI but not in the North Australian rainfall data (Lavery et al. 1997).
Figure 10. Time series of the mean
Indian Ocean SST north of 20°N for the
period 1945-1997. Over this period there
has been a steady increase of
temperature (solid line) at the rate of
1°C/century with most of this occurring
in the last 30 years. The two dashed lines
indicate trends for the first and second
period of the time series.

Figure 11a and b show the composite wind fields for strong and weak monsoons calculated from
the shaded bars of Figure 9. 850 and 200 hPa zonal winds are shown. In each season and at both
levels the composite wind fields of the two extremes monsoons. The common feature is that the
anomalies occur on the very large scale. Of particular interest to this study is the fact that the low
level winds that form the most direct means of communication between the atmosphere and the ocean
are significantly different between extremes of the monsoon in question. That is, one might expect
that the atmospheric forcing of the ocean will be substantially different in the event of either strong or
weak monsoons. The impact on the near-surface winds may be seen in Figure 12 which plots the
difference of the near-surface wind fields between strong and weak monsoon years, defined in terms
of the monsoon index shear index (M, defined in equation 4). In agreement with earlier analyses of
Webster and Yang (1992) and Webster et al. (1998), the difference fields show a tendency for an
increase in westerlies across the Indian Ocean region during strong years or, alternatively, an increase
in low-level easterlies during weak years. There are important local manifestations of these difference
fields. In strong monsoon years the southwesterlies towards East Africa are enhanced while, at the
same time, there is an increase in onshore flow towards Sumatra. In weak monsoon years there is the
reversal of the wind vectors. The form of the difference fields shown will turn out to be of critical
importance in understanding the manner in which the monsoon is regulated. This is because the
changes in winds between the monsoon extremes occur in regions where major upwelling occurs.
There remains a basic overriding question: Whereas it is clear that there is an impact of coupled
Pacific Ocean processes on the South Asian region it is unclear how these influences manifested? Is
the modified atmospheric circulation associated with ENSO imposing large scale enhanced
subsidence on the monsoon regions or is the connection through modification of the Indian Ocean by
ENSO-induced circulation changes? In summary, we know that ENSO and the monsoon influence
each other but we are not sure how this influence takes place.
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Figure 11a. Composites of 850 and 200 hPa zonal winds for strong (i) and weak (ii) monsoon seasons over
South Asia as defined by the monsoon index M (equation 1). Strong monsoons are associated with enhanced
low-level westerlies in the North Indian Ocean and enhanced trade winds over the Pacific Ocean. The opposite
characteristics attend the weak monsoon composites.

Figure 11b. Same as Figure 11a except for strong and weak North Australian monsoons defined in Figure 10.
The composites show a large response confined to the Australia-Indonesian and Pacific that appear to be
associated with an enhanced Walker-type circulation for the strong monsoon and an anomalously reduced
Walker-type cell for the weak monsoon.

Figure 12. Differences in 925 hPa
wind fields between strong and
weak monsoons as defined in
Figure 9. Shading denoted regions
where upwelling or downwelling
will be enhanced or reduced.
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4.2 Regional Ocean Variability

The IIOE was conceived in the late 1950’s as a major international effort in oceanography. The
Indian Ocean was chosen because it was the most poorly documented of all ocean basins.
Furthermore, it was the only ocean basin that was forced by seasonally reversing winds and there was
promise that exciting and new phenomena may be discovered. Hastenrath (1994) later describes a
“monsoon ocean” driven by a wind system is unique in its annual cycle noting that that “…nowhere
else on the globe is the annual reversal of the surface wind regime as spectacular as over the Indian
Ocean sector…” (p 57). The seasonal variability of the wind-driven circulation is vigorous and varies
rapidly in magnitude and direction over a wide range of time scales.
The IIOE was conducted in 1965-1966 during which an unprecedented 36 oceanographic research
ships participated. Largely from the observations taken during the IIOE, climatologies of the thermal,
chemical and dynamic properties of the Indian Ocean were computed (e.g., Swallow 1980, Duing and
Leetmaa 1980, Duing et al. 1980, Hastenrath and Greischer 1989, Knox 1987). Many studies
concentrated on the vigorous Somalia Current, which connects the southern and northern hemispheres
in both the boreal summer and winter (e.g., Duing et al. 1980, Leetmaa 1973). Seminal studies of
wind generated ocean waves were produced. Anderson and Rowlands (1976) and Lighthill (1969)
were able to differentiate between local and remote wind forcing and wave generation in different
parts of the basin. Knox (1976) found evidence of eastward propagating Kelvin waves in the
equatorial central Indian Ocean and Wyrtki (1973) found strong wind-forced equatorial oceanic jets).
Knox (1987) and Godfrey et al. (1995) formed consensus views of Indian Ocean. Both studies were
extensive and far-reaching. Yet, these detailed provided little evidence of a reverse feedback: the
forcing of atmospheric anomalies by an altered and wind forced state of the ocean.
4.3 Impacts of Regional Ocean Variability

Traditionally, regional oceans have been considered important part of setting up the background
forcing of the monsoon but only in a passive thermodynamic sense. In this scheme, the ocean
represents the cold pole of the heating dipole and the major supplier of moisture through evaporation.
Primary moisture source regions are the Arabian Sea and the South Indian Ocean (e.g., Ghosh et al.
1978, Cadet and Reverdin 1981).
Noting that there are documented SST anomalies in these ocean basins, it was a natural extension
to suppose that the anomalies may influence South Asian rainfall through alterations of moisture
supply. Through numerical experimentation, Shukla (1975) and Washington et al. (1977) found
statistically significant relationships between Arabian Sea SST anomalies and Indian rainfall.
Subsequent diagnostic studies (e.g., Sadhuram 1997, Hazzallah and Sadourny 1997, Clark et al. 2000)
have found empirical evidence that these relationships exist but also found they exhibited a statistical
non-stationarity. Clark et al. (2000), for example, found correlations as high as +0.8 occurred between
equatorial Indian Ocean SSTs and Indian precipitation in the winter prior to the monsoon wet season.
A combined Indian Ocean SST index generated by Clark et al. (2000) has retained an overall
correlation of 0.68 for the period 1945 to 1994, after the removal of ENSO influence. Yet, despite the
demonstrated (if spasmodic) influence of regional SSTs on the vigor of the monsoon, evidence was
not found that suggested that the atmosphere and the ocean acted coherently forming a closed
feedback loop. That is, SST anomalies were found to affect winds and surface moisture fluxes (which
combine to modify the overall atmospheric monsoon circulation) but there was little mention of how
(or if) the anomalously forced atmospheric circulation produced the SST anomalies.
4.4 Intraseasonal Variability and the Large-Scale Monsoon

The summer monsoon of South Asia commences in May before petering out in September.
However, during this period, the monsoon does not maintain a constant vigor but possesses a number
of interspersed periods of rainfall deficit. Ramamurthy (1969) adopted the term break for the periods
of temporary drought. Originally, a monsoon break was thought of as cessation of the entire monsoon
(Rao 1976). However, it had also been noted that when rain ceased over central India that rainfall
increased over the extreme northern India in the foothills of the Himalaya (e.g., Ramamurthy 1969,
Desai 1990). This evidence led Shukla (1987a) to suggest that rather than a complete cessation of
rainfall that a break period is actually a “….a spatial redistribution of the monsoon rainfall…” which
suggested that the monsoon break was part of an active large-scale dynamical system. In fact, in any
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one location in South Asia, the monsoon is divided up into long periods (15-30 days) of above
average followed by periods of below-average precipitation. The pluvial period has become known as
the “active” monsoon while the intervening period of less rainfall or drought is called a “break”
monsoon. Collectively, a cycle of an active and a break monsoon is called a monsoon intraseasonal
oscillation (MISO: Webster et al. 1998).
Shukla (1987a) discusses four possible causes of intraseasonal variability. These are: (i) cycles in
synoptic systems such as lows, depressions: (ii) variations in the position and strength of the
continental monsoon trough: (iii) quasi-periodic oscillations of the monsoon (e.g., Yasunari 1979,
Sikka and Gadgil 1980, Webster 1983) and the impacts of mid-latitude disturbances (e.g.,
Ramaswamy 1962, Rodwell 1997). More recent studies have suggested that the intraseasonal
oscillations of the monsoon are manifestations of basin-wide processes that form along the equator
before propagating northward from the eastern tropical Indian Ocean to the landmasses of South and
Southeastern Asia (e.g., Webster et al. 1998, Webster et al. 2002). These ideas support the third
contention of Shukla (1987) that intraseasonal variability is a quasi-periodic oscillation of the macroscale monsoon. Both Webster et al. (1998) and Webster et al. (2002) showed that intraseasonal
variability of the monsoon impacts the thermal structure of the Indian Ocean. Finally, Han et al.
(2004) has also shown clear dynamic signatures directly linked to atmospheric intraseasonal forcing.
Finally, in two recent studies Stephens et al. (2004) and Wang et al. (2004) have extended the
argument to suggest that the intraseasonal variability of the monsoon is a fully coupled phenomenon.
Webster and Hoyos (2004) argue that the variability of rainfall on intraseasonal time scales is far
lager than the differences strong and weak monsoon years and question the preoccupation of
emphasizing the prediction of interannual variability versus intraseasonal variability. Also, there
appears to be relatively strong ties between strong and weak monsoons and the degree of intraseasonal
variability during the summer period (Hendon et al. 1999, Lawrence and Webster 2001). The
conclusion was that strong monsoons tended to have few intraseasonal oscillations whereas weak
monsoons tended to have more. Finally, there have been suggestions that there is a strong connection
between the MISO and the interannual variability of the monsoon. For example, Ferranti et al. (1997)
noted that EOF patterns of interannual variations were essentially the same as those for intraseasonal
variations. In accord with Hendon et al. (1999) for the North Australian summer monsoon, Lawrence
and Webster (2001) noted that fewer MISOs occur in a strong monsoon and more with a weak
monsoon and that in El Niño periods there is a tendency for there to be greater intraseasonal activity.
Palmer (1994), Webster et al. (1998) and Goswami and Mohan (2001) came to the common
conclusion that the MISO was the fundamental building block of interannual variability that might
explain the common patterns shared by intraseasonal and interannual variability. Modeling studies
(Ferranti et al. 1997) show that principal intraseasonal and interannual components map onto each
other, suggesting that interannual variability of the monsoon is closely tied to intraseasonal variations.
Whether the same is true for the ocean or for the coupled ocean-atmosphere system is not known.
Whereas there seem to be clear links between intraseasonal and interannual variability, the
emphasis of this paper is on understanding the annual cycle and its interannual variability. We will not
consider intraseasonal variability further in this paper.
4.5 Emergence of the Concept of the Monsoon as a Coupled System

During the 1980s, an accumulation of evidence from diagnostic and modeling studies suggested
that there were distinct and large-scale low-frequency changes to the heat transport and storage of the
Indian Ocean. Furthermore, these changes were directly related to wind forcing and were in addition
to the earlier dynamical responses described earlier (e.g., Wyrtki 1973, Anderson and Rowlands
1976). This realization came about when it was noted that there was a substantial wind-driven
meridional oceanic heat flux (e.g., Hastenrath and Lamb 1980, Hsuing et al. 1987, Hastenrath and
Greischer 1993). The results of these observational studies were corroborated with a series of
modeling studies (e.g., Loschnigg and Webster 2000). Figure 13 shows four estimates of oceanic
zonally averaged meridional heat transfer in the Indian Ocean (Chirikova and Webster 2004). Both
data- and model-based estimates show much of the same character: a strong annual cycle of oceanic
heat transfer with seasonal peaks of ±1-1.5 PW with the direction of the flux out-of-phase with solar
heating. That is, during the northern hemisphere summer the heat flux is directed southwards to the
winter hemisphere reversing during the boreal winter. The seasonally reversing heat flux is suggestive
of a possible feedback between the ocean and the atmosphere that may regulate the strength of the
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monsoon (Loschnigg and Webster 2002, Webster et al. 2002, Loschnigg et al. 2003).

Figure 13. Comparison of the seasonal
cycle of zonally averaged northward heat
transport in the Indian Ocean: (a)
Wacogne and Pacanowski (1996), (b)
Hsiung et al. (1989), (c) Hastenrath and
Greicher (1993) and (d) Chirikova and
Webster (2004). Estimates (a) and (d)
are made from models whereas (b) and
(c) are calculated as residuals from
atmospheric and surface data budgets.
The four annual cycles are remarkably
similar with broad northward crossequatorial transports of heat during the
fall and southward transports during the
spring and summer and early fall.

These empirical and modeling relationships are important because they suggest that there are
basin wide relationships that may be, to some extent, independent of ENSO and, thus, inherent to the
Indian Ocean-monsoon system. Some structural independence of basin-wide modes is evident in
Figure 14a and b. These figures describe the persistence SST in space (Figure 14a) and in time along
the equator (Figure 14b). The Pacific Ocean possesses a strong persistence minimum in the boreal
spring. This is the Pacific Ocean “predictability barrier” of Webster and Yang (1992) and underscores
the rapid changes that often occur in the Pacific Ocean during the boreal spring. The pattern in the
Indian Ocean is quite different. Strong persistence occurs from the end of the boreal summer until the
late spring of the following year. This behavior supports the contention of Meehl (1994a, b, 1997) that
there is a biennial component in the Indian Ocean SST and monsoon rainfall. Meehl (1994a) also
noted that strong Indian monsoons were generally followed by strong North Australian summer
monsoon six months later so that the entire Asian-Australian monsoon system follows a biennial
pattern (see Figure 2). The South Asian monsoon, at least as described by Indian precipitation,
exhibits a smaller range of variability during its summer pluvial phase than variability exhibited by
the North Australian monsoon. In fact, the South Asian monsoon has an interannual variability that is
generally smaller than most heavy rainfall regions of the tropics. For example, drought or flood in
South Asia rarely extend to multiple years, with rainfall oscillating biennially from slightly above
average to slightly below average precipitation.
Evidence of further coupled ocean-atmosphere interaction was soon to follow. During the late
summer and early fall of 1997 rapid cooling developed in the eastern tropical Indian Ocean. In the
weeks that followed, a warm anomaly formed in the central Indian Ocean and propagated westward
(Webster et al. 1999, Saji et al. 1999, Yu and Rienecker 1999, 2000). By November 1997, a distinct
SST dipole had developed across the tropical Indian Ocean. Such events have been called the Indian
Ocean dipole or Indian Ocean Zonal Mode (IOZM). Figure 15 shows the anomalous state of the
Indian Ocean in November 1997. A 6ºC SST gradient is evident between the west coast of Sumatra
and the east African coast (panel a). The anomalous long wave radiation (OLR) pattern suggests
wetter than average conditions in the western Indian Ocean. Driven by the surface pressure gradient
associated with the SST pattern, easterly anomalies of 9 m s-1 dominated the central Indian Ocean
(panel c). For later reference, a sea-surface height gradient of nearly 1 m existed across the Indian
Ocean.
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Figure 14. SST in the Indian and Pacific
oceans possesses distinctly different
annual cycles of persistence. (a)
Persistence of the SST over two sixmonth periods: Summer to winter and
winter to summer. Extremely strong
persistence can be seen in the eastern
Pacific Ocean and the North Indian
Ocean between summer and winter.
However,
persistence
decreases
substantially in the Pacific Ocean
between winter and summer. It is
maintained, however, in the North Indian
Ocean. (b) Time sequence of the
climatological persistence of SST along
the equator for a two-year cycle. (c)
Persistence with Niño 3 influence
removed. Persistence is defined as the
percentage of the seasonal signal
persisting six-months later. For example,
there is almost no persistence in the
eastern Pacific Ocean from DJF to JJA
but very large persistence from JJA to
DJF. In the Indian Ocean moderate and
similar persistence (40-50%) exist
irrespective of season. From Torrence
and Webster (1999).

Figure 15. Anomalous state of the Indian Ocean, during November 1997. Panels show anomalies from the longterm November averages of: (a) SST (°K), (b) OLR (W m-2), (c) zonal wind anomaly (m s-1) at 925 hPa, and (d)
sea level height anomaly from TOPEX/POSEIDEN satellite (cm).
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The positive phase of the IOZM appears to be highly correlated with above average equinoctial
“short” rains of East Africa while the opposite (negative) phase is associated with seasonal drought
(Clark et al. 2003). Earlier studies have highlighted the impacts of the positive phase of the IOZM and
had also found relationships between SST, zonal wind variations and the African rainfall (e.g., Kapala
et al. 1984, Reverdin et al. 1986, Hastenrath and Greischer 1993). One of the more interesting aspects
of the IOZM is that it appears to be a strongly coupled mode where the eastward propagation of the
warm anomaly results from cooperative interaction between the atmosphere and the ocean.
5. The Surface Heating-SST Trend Paradox

It is clear that the monsoon is influenced by local and remote variations of SST. What is unclear
is how the SST variability changes the monsoon circulation or, conversely, how the SST in the
Indian Ocean is maintained. A particular problem is how to explain the relatively small SST rise
in the Indian Ocean during spring with very strong surface heating of the ocean in the absence of
cloud cover. Does the system produce as suggested by Ramanathan and Collins’s (1991)
“natural thermostat” hypothesis posed in an attempt to explain why the warm pool of the
western Pacific Ocean appears to be constrained to remain in the 28-30°C range.
One of the major outstanding problems in climate is how the amplitude and phase of the annual
cycle of the tropics, such as the cycle described above for the Indian Ocean, adopts the form observed.
This problem has been the subject of intensive discussion especially with respect to the western
Pacific Ocean following the introduction of the “thermostat hypothesis” by Ramanathan and Collins
(1991). Here, we are particularly interested in how the regulation of the SST distribution in the Indian
Ocean because of its close association of the magnitude of the SST with the vigor of the ensuing
monsoon (e.g., Clark et al. 2000).

Table 2. The components of the surface heat balance for the North Indian Ocean (a) north of the equator, (b)
from the equator to 10 °N, and (c) north of 10°N. Unites are Wm-2. The net solar radiation, net long wave
radiation, latent heat flux, sensible heat flux, and the net flux at the surface are denoted by S, LW, LH, SH, and
NET, respectively. Data from COADS (Oberhuber 1987). Heating rates of a 50 m layer for the entire North
Indian Ocean are shown in the right hand column (K year-1).

Flux (W m-2) S
(a) Entire North Indian Ocean

LW

LH

SH

NET

dT/dt
(K yr-1)

DJF
MAM
JJA
SON

-57
-49
-39
-48

-103
-82
-117
-88

-4
-2
-0
-3

15
90
34
50

2.2
13.4
5.1
7.5

181
-48
Annual
(b) North Indian Ocean equator to 10°N

-98

-2

47

7.1

DJF

181

-49

-96

-4

24

MAM

202

-47

-88

-3

65

JJA

178

-42

-116

-2

17

SON

125

-46

-87

-4

50

125
223
190
187

(c) North Indian Ocean north of 10N
DJF 174 -61

174

-61

-105

-5

3

MAM 232 -48

232

-48

-74

-1

112

JJA 191 -35

191

-35

-113

0

44

SON 179 -47

179

-47

-88

-2

42
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Determining the surface heat balance of the tropical oceans is difficult, and large differences may
occur between estimates. This should not be surprising as the surface heat balances are the relatively
small sums of large terms. Furthermore, these large terms are obtained from empirical rules some of
which are not known accurately (Godfrey et al. 1995). Estimates of the net surface heat flux into the
ocean using data from the TOGA Coupled Ocean-Atmosphere Response Experiment (TOGA
COARE: Webster and Lukas, 1992, TOGA COARE, 1994), appears to be between 10 and 20 W m-2
(Godfrey et al. 1998).
Unfortunately, the surface heat balance is less well known in the Indian Ocean. Table 2 provides
estimates of annual cycle of surface flux for the North Indian Ocean during the boreal spring and early
summer using COADS data (Oberhuber 1988). Estimates are listed for the entire North Indian Ocean
and for regions north of 10°N and between the equator and 10° N. The daily mean solar radiation into
the north Indian Ocean is >200 W m–2 during the spring months and 181 W m–2 over the entire year
compared to an annual average of about 145 W m-2 for the western Pacific (Webster et al. 1998). The
annual net surface flux averaged over the entire North Indian Ocean is about +50 W m-2 or at least a
factor of two or three larger than in the western Pacific warm pool (Godfrey et al. 1998). Overall, it is
relatively clear, taking uncertainties into account) that over the year there is a much stronger flux of
heat into the North Indian Ocean than into the western Pacific Ocean (e.g., Hastenrath and Lamb
1978, Hsiung et al. 1989, Oberhuber 1988, and Hastenrath and Greischar 1993). Furthermore, there is
a far larger seasonality in this flux than in the western Pacific Ocean with maximum values occurring
in spring and early summer.
It is a simple matter to estimate the changes in SST resulting just from the observed net fluxes
(Table 2). The simplest way is to assume that the net flux is spread through an upper ocean layer of
some defined depth for which the heating rate may be written as:

1 dFnet
dT
=−
dt
ρC p dz

(5)

Heating rates, assuming a 50 m surface layer, are listed in the right hand column of Table 2.
Alternatively, one may use a sophisticated one-dimensional mixed-layer model to make the same
computation. Webster et al. (1998) used the model of Kantha and Clayson (1994) finding results quite
similar to those listed in Table 2. Both sets of calculations suggest a very different behavior in the
evolution of SST than is observed in nature. Figure 9 shows a rather gradual change in SST from one
season to another whereas the calculations listed in Table 2 suggest that the North Indian Ocean
would be continually warming at an annual rate > 7 ºC year-1. If this were the case, the observed
cyclic equilibrium noted in Figure 9 would not be achieved. On the other hand, using flux values for
the Pacific Ocean suggests a net warming of about 1–2 ºC year-1.
It is clear that the Ramanathan and Collins (1991) mechanism cannot regulate SST in the Indian
Ocean. The warmest SSTs on the planet during spring and early summer are not associated with
convection (Figure 1) so that there is no cloud shielding to mitigate the solar radiation flux at the
surface. Furthermore, the second class of theories for regulation of the SST in the Pacific Ocean (Fu et
al., 1992, Stephens and Slingo, 1992, Wallace, 1992, Hartmann and Michelson, 1993) also cannot
solve the problem; winds remain light during the boreal spring and early summer, and evaporation is
relatively low (Figure 1).
It is also clear that the ocean must play an extremely important dynamic role in achieving the
cyclic equilibrium of the mean annual cycle. As summarized by Godfrey et al. (1995, p. 12):
“... on annual average there is positive heat flux into the Indian Ocean, nearly everywhere north
of 15°S. The integral of the net heat influx into the Indian Ocean over the area north of 15°S
ranges between 0.5–1.0 x 1015 W, depending on the climatology. Thus, on the annual mean, there
must be a net inflow of cold water (into the North Indian Ocean), and a corresponding removal
of warmed water, to carry this heat influx southward, out of the tropical Indian Ocean. ...”
Oceanic meridional heat transports or significant thickening of the mixed layer represent the only
means that allow the North Indian Ocean to accommodate a large net heat flux and, at the same time,
show a minimal change in SST. It should be noted that Godfrey et al. (1995) were referring to
annually averaged ocean heat transports. In the next section we will show that the annual average is
made up of seasonal swings with amplitudes that vary between ±2 PW.
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6. Role of Ocean Dynamics in the Annual Heat Balance of the Indian Ocean
If the heat balance of the Indian Ocean cannot be accounted for merely by local thermodynamic
feedbacks, ocean dynamics must play an important role. But what drives the ocean dynamics?
Are they part of a coupled ocean-atmosphere process?
To understand the role of dynamical transports by the ocean, Loschnigg and Webster (2000) used
the McCreary et al. (1993) dynamic upper ocean model, which incorporates full upper ocean
dynamics and thermodynamics. Although there is little subsurface data in the Indian Ocean, the model
has been shown to replicate the surface structure of the Indian Ocean, as well as its annual cycle,
when the ocean model is run in stand-alone mode with prescribed atmospheric forcing (Loschnigg
and Webster 2000). The instantaneous northward heat flux between two positions along a line of
constant latitude is defined as:

F = ρwCw ∫∫ HvT dxdz
xz

(6a)

where H, T and v are the depth, temperature, and meridional velocity component. The heat storage in
a volume is defined by:

S = ρwCw ∫∫∫ HT dx.dy.dz
xyz

(6b)

Figure 16. (a) Annual cycles of
northward ocean heat transport
(equation 6a) across the equator
(equation 3a), the net flux of heat
into the North Indian Ocean and the
changes in heat storage (equation
6b) in the North Indian Ocean. (b)
Latitude-time section of the annual
cycle of northward ocean heat
transport in the Indian Ocean. (c)
Latitude-time section of the annual
cycle of the northward flux of latent
heat averaged throughout the
troposphere. In the two lower
panels, dashed lines indicate
negative (southward) transport.
Units in PW.

Figure 16a shows the annual cycle of meridional ocean heat transport and heat storage changes in
the North Indian Ocean forced by the annual cycle of climatological winds and heating. The net
surface flux into the North Indian Ocean appears to have a semiannual variation due to the
combination of net solar heating and cooling by evaporation. Evaporative cooling is largest in the
summer associated with the strong monsoon winds. There is also a second maximum in winter
associated with the winter monsoon. Solar heating also has two minima: in summer where cloudiness
has increased with the onset of the monsoon and in winter because of solar declination. Together these
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two complicated heating mechanisms provide the double maximum evident in Figure 16a. The major
components of heat flow are between the transport and storage terms. A very strong southward flux of
heat is evident during the spring and early summer, and a reverse flux is evident during the winter,
when the north Indian Ocean is losing considerable amounts of heat by both evaporation, and vertical
turbulence mixing which entrains colder water from below the thermocline. The net heat flux across
the equator is made up of opposing flows in the upper and lower layer of the model and may be
thought of as a seasonally reversing meridional ocean circulation (McCreary et al. 1993). The
magnitude of the net southward flux across the equator during the spring and summer months more
than makes up for the excess surface flux into the north Indian Ocean, with peak summer magnitudes
of meridional heat transport reaching values of 2 PW. Whereas the changes in heat storage had been
anticipated by earlier studies (e.g., Vonder Haar and Oort 1973), the strong role of advection was not
anticipated.
Figure 16b displays a latitude-time section of the annual cycle of the climatological meridional
oceanic heat flux averaged across the basin. The year is divided into a period of northward heat flux in
winter and spring, and a slightly stronger southward heat flux between late spring and early fall.
Maximum transport occurs at all seasons close to 10°S neat the zone of maximum SST gradient.
Figure 16c shows a similar plot but for the northward flux of latent heat throughout the troposphere.
Comparing Figures 16b and c we find a remarkable feature. The dynamic heat transport in the ocean
is equal and opposite to the direction of the atmospheric latent heat flux. That is, the oceans are
transporting as much heat from the summer hemisphere to the winter hemisphere as the atmosphere is
transporting from the winter to the summer hemisphere. That is, to zeroth order, the heat balance of
the ocean-atmosphere system is closed.
More insight can be gained by exploring the heat storage term in the equations above. There are
two components to the storage term, one relating to the change in depth of a layer of a certain
temperature and one related to the change of temperature of a layer of a fixed depth. Formally, these
two components integrated in the vertical through the ocean column, may be written as:

S∆T (t) = ρwCw ∫∫ H (t)

∂T (t)
dx.dy
∂t

(7a)

S∆h (t) = ρwCw ∫∫ T (t)

∂H (t)
dx.dy
∂t

(7b)

and

Figure 17. Annual cycle of the energy balance of the North Indian Ocean with the rate of heat storage broken
down into storage associated with temperature change with a constant depth of the mixed layer, and that
associated with changes in depth of the mixed layer at constant temperature, as expressed in equations (4a) and
(4b). The figure shows clearly that heat storage in the basin can change either through a deepening of the upper
layers and/or by increasing temperature. From Sahami (2003). Units in PW.
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Figure 17 (from Sahami 2003) shows the two components of the storage terms plotted with the
net surface heat flux and the northward meridional heat transport. During the winter, heat storage due
to depth change is positive and almost completely matched by storage changes due to temperature.
During spring, the polarity changes but with the storage change due to depth outweighing the other
component. Only during the summer are the two storage terms of the same sign. The relationship
between the meridional transport of heat and the change of temperature of the North Indian Ocean
(represented by S∆T ) is complicated. During spring and summer the two track each other very well.
However, the relationship is contrary during fall and winter when the transport and S∆h track each
other. Thus, although the transport of heat in and out of the North Indian Ocean matches the total heat
content of the North Indian Ocean when the surface heat flux is taken into account, the changes in
heat content are not always manifested as changes in surface temperature. In a sense then, one should
talk about these processes in terms of regulating of the heat content of the North Indian Ocean rather
than the SST.
7. Regulation of the Monsoon Annual Cycle

It is clear that the ocean is driven by the atmosphere and that the imposed ocean variability
influences the atmospheric monsoon circulation. But do the atmosphere and the ocean behave
cooperative perhaps minimizing the variability of the annual cycle? In other words, is there a
cooperative regulatory system operating between the atmosphere and the ocean?
From the calculations above, it is clear that without ocean transport across the equator and
changes in the heat storage of the north Indian Ocean, the cross-equatorial buoyancy gradient during
early summer would be very large. Yet the processes that accomplish the cross-equatorial transport of
heat in the ocean are essentially wind driven (Mohanty et al., 1996; McCreary et al., 1993; Godfrey et
al., 1995). In turn, the atmospheric circulation is driven by surface fluxes and heating gradients
associated with the buoyancy gradient and atmosphere-land interaction. Thus, the annual cycle in the
Indian Ocean is a coupled phenomenon resulting from ocean-land-atmosphere interactions and
balanced, to a large extent, by cross-equatorial oceanic transports. The form of interaction between the
atmospheric monsoon flow and the ocean transport results from a coupled ocean-atmosphere
feedback. A critical element of the meridional heat transport is that it is accomplished to a large
degree by Ekman processes, a point that has been noted in previous work as first noticed by Levitus
(1987).

Figure 18. Schematic of regulation of the seasonal cycle of the Indian Ocean for (a) the boreal summer (JuneSeptember) and (b) the boreal winter (December-February). Curved solid lines indicate near-surface winds
forced by the large-scale pressure gradient associated with the cross-equatorial heating gradient denoted by
“warm” and “cool”. Small gray arrows denote wind forces Ekman drift and the direction of the associated heat
flux. The large vertical arrow denotes the sense and magnitude of the net zonally averaged heat flux reverses.
Overall, the wind-driven southward flux of heat in the summer tends to cool the North Indian Ocean, while the
northward flux during the winter tends to heat the North Indian Ocean, thereby reducing the SST gradient at all
times of the year. The coupled ocean-atmosphere interaction described in the figure imposes a strong negative
feedback on the system regulating the seasonal extrema of the monsoon.
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Figure 18 shows a schematic representing the regulation of the annual cycle in the monsoon
system. The two panels represent summer and winter with relatively warm water (shaded) in the
northern basin during summer and in the southern basin during winter. Surface winds, similar to those
shown Figure 1, are superimposed. In each season there is a strong flow from the winter to the
summer hemisphere with a characteristic monsoon “swirl”. The divergent part of the wind field (not
shown: see Webster et al. 1998) is also down the pressure gradient and from the winter to the summer
hemisphere. The broad gray arrows represent the ocean Ekman transports associated with the surface
wind forcing. Irrespective of the season, the Ekman transports are from the summer to the winter
hemisphere. The total effect of the feedback is to cool the upper ocean of the summer hemisphere and
warm the winter hemisphere, thus reducing the SST gradient between the summer and winter
hemispheres. These transports are sufficiently large to be responsible for reducing the heating of the
upper layers of the summer hemisphere to values less than shown in Table 2. In summary, the
amplitudes of the seasonal cycle of the monsoon are modulated through the negative feedbacks
between the ocean and the atmosphere.
8. Interannual Variability of the Coupled Monsoon System

It is clear that ocean-atmosphere interaction exists on annual time scale. But there is
documented variability of the monsoon on interannual time scales? Are these variations coupled
with ocean processes? Are such phenomena as the tropospheric biennial oscillation (TBO) and
the Indian Ocean Zonal Mode (IOZM: or dipole) coupled with ocean processes?
An example of the impact of changing wind regimes on the Indian Ocean may be seen through the
impact of an En Niño. Figure 19 presents a schematic representation of the changes in zonal stresses
between a non-El Niño and an El Niño period. Clear changes in the sea-surface slope occur in both
ocean basins. Also, the location of upwelling changes as well. In the case of the Indian Ocean, the
upwelling regions change from the western to the eastern equatorial Indian Ocean. Such patterns are
consistent with both El Niño forcing and a weak boreal summer monsoon. But evidence exists of a far
richer interannual variability of phenomena in the Indian Ocean. We now attempt to describe these
other interannual modes.

Figure 19. Schematic of the wind fields along the equator across the Pacific and Indian Oceans during El Niño
and non-El Niño periods. With mean convection occurring over the warm pool of the western Pacific Ocean and
Indonesia, the Indian and Pacific oceans are forced by the converging winds of the surface arms of the Walker
circulations. This leads to a deepening of the mixed layer in the eastern Indian Ocean and western Pacific Ocean
and the promotion of upwelling on the other side of both basins. With an ENSO warm event and the eastward
displacement of the Pacific/Indonesian convection, the Pacific and Indian Ocean Walker cells weaken. The wind
reversal leads to a flattening or even a change in sign of the along-equator sea-surface height gradient and a
reversal of the locations of upwelling.

277

8.1 Modes of Interannual Variability in the Monsoon

The wavelet analysis (Figure 8) suggested the existence of monsoon variability with discrete
periods. Here we consider major frequency bands longer than the annual cycle. These are the biennial
period (first discussed by Yasunari 1987, Rasmusson et al. 1990, and Barnett 1991), and multiyear
variability that appears on ENSO time scales. Within the biennial period we include the newly
discovered Indian Ocean dipole (Webster et al. 1999, Saji et al. 1999, Yu and Rienecker 1999, 2000).
8.1.1 Biennial Variability.
The interannual variability of monsoon rainfall over India and Indonesian-Australian shows a
biennial variability during certain periods of the data record (Figure 2). It is sufficiently strong and
spatially pervasive during these periods to show prominent peaks in the 2-3–year period range,
constituting a biennial oscillation in the rainfall of Indonesia and East Asia (Tian and Yasunari 1992;
Shen and Lau 1995) as well as in Indian rainfall (Mooley and Parthasarathy 1984). The 2-3 year
oscillation referred to as the tropospheric biennial oscillation (TBO) in order to avoid confusion with
the stratospheric quasi-biennial oscillation (QBO), appears to be a fundamental characteristic of
Asian-Australian monsoon rainfall.
The rainfall TBO appears as part of the coupled ocean-atmosphere system of the monsoon
regions, increasing rainfall in one summer and decreasing it in the next. The TBO also possesses a
characteristic spatial structure and seasonality (Rasmusson et al. 1990, Ropelewski et al., 1992).
Meehl (1994a) stratified ocean and atmospheric data relative to strong and weak Asian monsoons.
Meehl (1994a) found specific spatial patterns of the TBO with a distinct seasonal sequencing.
Anomalies in convection and SST migrate from south Asia toward the southeast into the western
Pacific of the southern hemisphere following the seasons. Lower-tropospheric wind fields associated
with the TBO in the SST fields possesses an out-of-phase relation between the Indian Ocean and the
Pacific Ocean basins (Ropelewski et al., 1992) with an eastward phase propagation from the Indian
Ocean toward the Pacific Ocean (Kutsuwada 1988, Rasmusson et al. 1990, Ropelewski et al., 1992,
Shen and Lau 1995) providing possible links between monsoon variability and low-frequency
processes in the Pacific Ocean (Yasunari and Seki, 1992, Clarke et al. 1998).
Explanations for the TBO fall into three main groups:
(i) The TBO results from feedbacks in the seasonal cycle of the atmosphere-ocean interaction in the
warm water pool region, especially in the western Pacific Ocean. For example, Clarke et al.
(1998) suggests the oscillation may be produced by an air-sea interaction instability involving the
mean seasonal wind cycle and evaporation. They argue that similar instabilities are not possible
in the Indian Ocean and that Indian Ocean oscillations found there is the result of Pacific
instabilities.
(ii) Biennial oscillations occur as a natural variability of the monsoon coupled ocean-atmosphereland monsoon system. As distinct from the views expressed in (i), the source of the biennial
oscillation is thought to reside in the Indian Ocean. Nicholls (1983) noted a seasonal change in
the feedback between the wind field and surface pressure. In the monsoon westerly (wet) season
the wind speed anomaly is negatively correlated to the pressure anomaly, while in the easterly
(dry) season it is positively correlated. The wind speed anomaly, on the other hand, is negatively
correlated to the SST change throughout the year through physical processes such as evaporation
and mixing of the surface ocean layer. Nicholls suggested that a simple combination of these two
feedbacks in the course of the seasonal cycle induces an anomalous biennial oscillation. Meehl
(1994a,b, 1997) substantiated Nicholls’s hypothesis but focused on the memory of oceanic mixed
layer. That is, when large-scale convection over the warm water pool region, associated with
seasonal migration of ITCZ and the monsoon, is stronger (weaker), the SST will eventually
become anomalously low (high) through the coupling processes listed above. The anomalous
state of the SST, thus produced, would be maintained through the following dry season and even
to the next wet season. In turn, the SST anomaly produces weaker (stronger) convection. In this
class of hypotheses the ocean–atmosphere interaction over the warm water pool appears to be of
paramount importance.
(iii) Chang and Li (2000) considered the question of how the TBO retains the same phase from the
northern summer to the southern summer. A mechanistic model was developed that includes
modules representing South Asian and Australian monsoon regions, the equatorial Indian and the
western and eastern Pacific Oceans. These five regional modules are allowed to interact with
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each other through the SST-monsoon, evaporation-wind, monsoon-Walker circulation, and wind
stress-ocean thermocline feedbacks. A necessary condition for the existence of the TBO is found
to be a full inter-ocean interaction. The Chang and Li (2000) and the subsequent Li et al (2001)
study embrace both the Pacific and Indian Ocean domains described in (i) and (ii). Two
necessary conditions were found for the existence of a TBO in the model: an amplification of
SST perturbations in both the Indian Ocean and western Pacific in opposite directions during the
northern autumn, winter, and spring seasons, reflecting a positive feedback process, and the
decay and change of signs of the SST anomaly in the western Pacific during the northern
summer, representing a negative feedback process. The successive positive and negative
feedbacks produce a regular biennial oscillation.
A schematic diagram of the four phases of Meehl’s biennial monsoon system (Meehl 1994a) is
shown in Figure 20. The first panel depicts the winter season prior to the first monsoon season
showing anomalously warm SST in the central and western Indian Ocean and cooler SSTs in the
eastern Indian Ocean and the Indonesian seas. Anomalously warm SSTs in the Indian Ocean herald a
stronger monsoon supposedly by a heightened surface hydrological cycle (panel 2). This is consistent
with the empirical results of Clark et al. (2000). A stronger monsoon is accompanied by stronger wind
mixing and evaporation, which leads to cooler SSTs in the central and eastern Indian Ocean. A
reversal of the east-west SST gradient produces a stronger North Australian monsoon (panel 3). In
turn, the colder than normal Indian Ocean leads to a weak Indian summer monsoon (panel 4). The
theory also notes that a strong South Asian monsoon is preceded by a strong East African monsoon
and a weak South Asian monsoon by a weak East African monsoon. Presumably, the oscillation of the
East African monsoon is associated with the change of the longitudinal SST gradient.

Figure 20. Schematic evolution of the biennial component of the monsoon circulation from (a) the winter before
a strong Asian monsoon through (b) the strong monsoon season to (c) the northern winter after the strong
monsoon before a weak monsoon, to (d) the following weak monsoon. From Meehl (1994a).

The sequence of SST change shown in Figure 20 follows observations quite closely including the
oscillation of precipitation from year to year (Figure 1). Whereas it is very clear that the oscillation of
the SST in the Indian Ocean is indelibly tied to the variability of the monsoon rains, there are two
problems with the theory. First, there is no satisfactory explanation for the change in the SST gradient
along the equator. That is, why does the SST change in any one location? Second, it is difficult to
account for the persistence of SST anomalies for the 9 months between the end of one summer season
and the start of the next. Clearly, thermodynamical processes alone cannot accomplish this. In fact,
the e–folding time of 50 m mixed layer with a 1°K anomaly at 303°K is between 40–60 days. There
must be dynamical ocean processes at work in the Indian Ocean that increase the persistence of the
anomalies.
Fasullo (2004) tested the hypothesis that asserts a biennial alternation exists between successive
strong and weak Indian monsoon summer seasons. The basic technique was to categorize the
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strongest and weakest monsoon seasons from 1871 to 2001, and compare the mean rainfall in the
summer seasons that precede and follow them. He found that for the strongest monsoon seasons,
statistically significant associations with the preceding summer rains exist that are consistent with the
biennial hypothesis. In contrast, for years following the strongest monsoon seasons, and for years that
both precede and follow the weakest monsoon seasons, significant biennial associations are largely
absent. When the relationship with ENSO is considered, significant associations are found that act
both in opposition to, and in support of, the biennial hypothesis. Often, weak or deficient summer
rains precede strong La Niña seasons, and strong summer rains follow weak El Niño seasons. The
sequences identified are associated with transitions between El Niño and La Niña conditions.
However, in contradiction to the biennial hypothesis, it is also found that following strong La Niña
seasons, average monsoon rainfall lies significantly above its climatological average, and the
frequencies with which both deficient and weak monsoon seasons occur are significantly below their
expectation values. Furthermore, during years in which ENSO conditions are near neutral, evidence of
bienniality is poor. It is clear that more work needs to be done regarding biennial variability in the
monsoon and the tropics in general. However, we will find the association of the biennial oscillation
and ENSO, as found by Fasullo (2004), is quite consistent with the general theory of monsoon
regulation presented in section 7.
8.1.2 The Indian Ocean Dipole or Zonal Mode
Between July 1997, and the early summer of 1998, the strongest seasonal SST anomalies ever
recorded occurred in the Indian Ocean. During this period, the equatorial gradients of both SST and
sea surface height (SSH) reversed with cooler surface temperature in the eastern basin and warmer in
the west. These anomalies occurred in conjunction with strong easterly wind anomalies across the
equatorial Indian Ocean. The anomalies in SST and SSH persisted for almost a year and coincided
with the 1997-1998 El Niño. The mean November conditions over the Indian Ocean and South Asia
are shown in Figure 15.
Figures 21 shows longitude-time sections of daily values of SST (°C) and 850 hPa zonal wind (m
s-1) averaged between 5°N and 5°S for the period January 1, 1997 through July 1, 1998. It is clear
from Figure 21a that the positive dipole pattern (warm in the west, cool in the east) is apparent as
early as July 1997. The rapid decrease in eastern Indian Ocean SST occurs in September and the rapid
rise in SST in the west later. Westerly wind anomalies (Figure 21b) existed as early as July (consistent
with the SST gradient) before accelerating in October 1997 as the SST gradient increased.

Figure 21. Time-longitude
sections of (a) the SST and
(b) the zonal wind anomaly
averaged between 5°N and
5°S for the period January
1997 through July 1998.
Units are °C and m s-1,
respectively.

There are two peculiar features of the SST patterns. The first is the boomerang-shaped positive
SST anomaly pattern found in November 1997 (Figure 15). The second is the lag of the formation of
the warm anomaly in the west relative to the formation of the cool anomaly in the eastern Indian
Ocean (Figure 21). Webster et al. (1999) ascribed these peculiarities to the existence of strong ocean
dynamics in the transitions taking place in the Indian Ocean during the summer and fall of 1997.
Hints of these processes can be seen in the sea-level height longitude-time plots shown in Figure 22ac. In each panel there are clear differences in propagation speed as marked by the dashed arrows. For
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example, along the equator (panel a), westward propagation occurs at roughly 40° of longitude in 3.5
months. At 5°S (panel b), the speed of propagation is about 40° of longitude in 4 months. At 12°S
(panel c) the propagation speed has reduced to 40° in 10 months. With evidence of the dependence of
phase speed variability as a function of latitude and the direction of propagation, Webster et al. (1999)
were confident that downwelling ocean Rossby waves were responsible for the evolution of the seaheight ridge in the western Indian Ocean. . The wave characteristics describe both the latitudinal and
temporal lags noted in Figures 15a and 21a.
Figure 23 shows a series of TOPEX/POSEIDON images of sea-level height across the Indian
Ocean for five 10-day periods from late November 1997 to early January 1998. The letters “C” and
“D” show features of the height field identified in the mean November field (Figure 15d). Clear
eastward propagations of elevated sea-level height can be seen.
Another interesting feature of the equatorial latitude-height fields (Figure 22a) is the relatively
rapid eastward propagation in mid-spring of 1997. Starting in the western Indian Ocean at the
beginning of April 1997, the positive height anomaly propagated across the entire basin in two
months. This is an example of an eastward propagating equatorial Kelvin Wave first found by Knox
(1976). Further analysis showed this to be an upwelling Kelvin wave. The 1997-1998 event received
considerable attention (e.g., Webster et al. 1999, Saji et al. 1999, Yu and Rienecker 1999, 2000).
Following the summer of 1998, the SST pattern changed polarity with anomalously warm water
occupying the eastern Indian Ocean with cold water in the west.

Figure 22. Time-longitude sections of the sea-surface height anomalies (units cm) between (a) 1°N and 1°S, (b)
4°S-6°S and (c) 11°S and 13°S, for the period using TOPEX/POSEIDEN altimeter data. Dashed black lines
indicate the propagation speeds of westward propagating anomalies. The latitudinal dependence of phase speed
indicates that the anomalies are associated with westward propagating and downwelling Rossby waves.

But the 1997-1998 was not an isolated event. In fact, over the last few years there has been a
sequence of positive and negative dipole events in the Indian Ocean. Analysis of Indian Ocean SST
data reveals that the 1997–98 and 1961 events, the events receiving the most interest, was a member
of a class a sequence of oscillations involving longitudinal SST anomalies in the tropical Indian
Ocean. Reverdin et al. (1986) and Kapala et al. (1994) refer specifically to an event of similar
magnitude in 1961. Earlier, in 1996, the SST distribution was very similar to that found in 1998.
Figure 24a shows a time section of the September-November (SON) dipole index (defined by Clark et
al. 2000 similarly to the index defined by Saji et al. 1999). The index oscillates between positive
(anomalously warm west, cold east) and negative (anomalously cold west, warm east) values. It also
plots the July-September Niño 3.4 SST anomaly and the October-December “short” rains over East
Africa. Strong correlations exist between all three variables although a period exists in the mid-1980s
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where the correlations drop to insignificant levels for nearly a decade (Figure 24b). Overall, the
correlation between the dipole index and Niño 3.4 temperatures is strong ranging between 0.6 for the
June-August period to 0.7 for the October-December period, exceeding in both periods the 95%
confidence level (Figure 24b).
Figure 23. Five ten-day average
latitude-longitude sections of the
sea-surface height (cm) from midNovember 1997 to early January
1998 using TOPEX/POSEIDEN
altimeter data (units cm). “C” and
“D” refer to locations identified in
Figure 8d. A steady westward
propagation of anomalies is
evident.
Data from TOPEX/POSEIDEN.

Figure 24. (a) Characteristics of the Indian Ocean Zonal Mode (IOZM) or Indian Ocean Dipole. Normalized
values of the (a) June-September IOZM Index, the October-December rain in the Kenya region, and the JAS
Niño 3.4 SST index. The IOZM index is defined identically to Saji et al. (1999). (b) 10-year sliding correlations
of the three indices listed in (a) with each other. Whereas the IOZM and the Niño 3.4 indices stay relatively
constant throughout the period, correlations with the OND rainfall fall off through the 1990s. Adapted from
Clark et al. (2000).

Figure 25. Annual cycle of the monthly Kenyan rainfall (solid thin line) versus a composite of the Kenyan
rainfall during El Niño periods (dashed lines). The rainfall during the 1997-1998 period is shown as the solid
heavy line. In general, during an El Niño , the “short rains” in East Africa (October- December) are slightly
above average. However, the “long rains” (March-May) show little change. But in the 1997-1998 period,
rainfall in both wet periods were highest since 1961.
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Figure 26. Composites of the SST anomaly
during a positive phase (warmer than average
SSTs in the western Indian Ocean, cooler than
average in the east) of the IOZM. Evidence of
dipole appears in early to mid-summer, peaks in
amplitude during the late-fall early-winter period
and rapidly decays in the boreal spring.

Figure 27. Same as Figure 26 but for the negative
phase of the IOZM. Although the amplitude is
somewhat smaller than the positive phase, the
timing of appearance, maximum amplitude and
decay are much the same.

Since the identification of the Indian Ocean Dipole, over 170 papers have appeared in major
scientific journals discussing its physical natures and its impact on local and remote climates. Because
of the relative abundance of data and the magnitude of the event, the 1997–1998 positive event has
been studied extensively. There are a number of points that have emerged from these studies that are
pertinent to subsequent discussion:
(i) The association of the Indian Ocean dipole with the El Niño of 1997–1998, or with the ENSO
phenomena in general, remains unclear. Saji et al. (1999) for example, states that there is little or
no relationship between ENSO and the dipole. This latter claim made using correlations with
annual ENSO parameters disappears when seasonal parameters are used as we have shown in
Figure 24a. Based on correlations between ENSO and the dipole, Reason et al. (2000) argue that
the dipole is simply an extension of the ENSO influence in the Indian Ocean. Webster et al.
(1999) state that the dipole is “…arguably independent of ENSO….” based on the magnitude of
the 1997-1998 event relative to normal influences of El Niño on the Indian ocean. Figure 25
illustrates this point. The figure shows the rainfall in the Kenyan region for the period under
discussion. The 1997-98 Indian Ocean SST and rainfall anomalies were similar to those usually
associated with El Niño. However, they were factors larger than normally observed. However,
the climate patterns around the Indian Ocean rim were very different. Although the El Niño was
the strongest in the century, monsoon rains were normal in South Asia and North Australia when
drought may have been usually expected. Arguably, in 1997–1998, climate anomalies around the
basin could be more associated than with the anomalous conditions in the Indian Ocean than in
the Pacific.
(ii) It is clear that ENSO variability may be associated with many dipole events, but it may not be
involved in all. Figure 24b shows significantly reduced correlations between Niño 3.4 SST
anomalies, the dipole index and East African rainfall in the 1950s and 1960s. Instead of slightly
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increased rainfall in East Africa, the rainfall was the largest positive anomaly of the century, even
larger than the 1961 excursion. Finally, large dipole events have occurred that are not matched by
ENSO extrema, most notably the 1961 event documented by Reverdin et al. (1986) and Kapala
et al. (1994).
(iii) Figures 26 and 27 show composites of SST computed for all positive and negative dipole events
occurring between 1950 and 2002. Saji et al. (1999) and Webster et al. (1999) note that the
signature of the dipole commences in the early summer. This is true for both composite positive
and the negative phases of the dipole. Positive events (Figure 26) are evident in June and both
phases reach maximum amplitude in the mid to late boreal fall. The signatures of both phases
have essentially disappeared by the following June.

Figure 28. Diagram of the sequence of events in 1997-98. (a) The climatological alongshore winds off Sumatra
(E) and the east African coast (F). The winds observed in the late summer and early autumns are denoted by G
and H, respectively. The right-hand panel shows the effect at the Equator on the upper ocean induced by
increased upwelling in the east and decreased upwelling in the west. Wind into and out of the plane of the paper
are denoted by the bull's eye and cross-hair symbols, respectively. (b) Distribution of the winds resulting from
the anomalous SST gradient along the Equator and the changes in the SSH distribution. (c) Formation of the
Ekman ridge in the central Indian Ocean and the forcing of westward-propagating downwelling equatorial
Rossby waves to the west. The right-hand panel shows the effect on the upper ocean near 5° S. (d) Subsequent
cooling of the western Indian Ocean through enhanced mixing and coastal Ekman transports from stronger than
average monsoon winds and through circulation changes associated with the weakening of the 1997-98 El Niño
. Adapted from Webster et al. (1999).
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(iv) Webster et al. (1999) suggest that the dipole is a coupled ocean-atmosphere instability that is
essentially self-maintaining. As such, it is more properly described as the Indian Ocean Zonal
Mode (IOZM) Analyses suggest that the initial cooling of the eastern Indian Ocean sets up an
east to west SST gradient that drives near-equatorial anomalous easterlies. In turn, these winds
change the SSH to tilt upwards to the west. Relaxation of sea surface height anomalies, in the
form of westward propagating and downwelling ocean Rossby waves, depressing the
thermocline in the west and enhance the warming of the western Indian Ocean. The slow
propagation of these modes (1–2 m s-1), and the manner in which they maintain the warm water
by deepening the thermocline, assures that the dipole is a slowly evolving phenomena. Figure 28
provides a schematic description of the evolution of the positive phase IOZM. The figure depicts
the IOZM as distinctly coupled ocean-atmosphere phenomenon.
Later, we will argue that the Indian Ocean Dipole (or IOZM) is not an isolated entity but rather a
component of the overall coupled ocean-atmosphere monsoon system. We will argue that the IOZM is
a form of rectification of a system under the action of a strong cross-equatorial pressure gradient that
occurs when the system forced from equilibrium by external factors such as ENSO, stochastic
influences, low-frequency mid-latitude events or land-surface processes associated perhaps with
springtime anomalous snow-cover over Eurasia.
8.1.3 Interannual Variability of the Monsoon and Other Factors
The statistical relationships shown in Table 1 and the wavelet analyses of Figure 8 indicate, to a
significant degree, a common co-occurrence of monsoon variability and ENSO extremes. This
relationship begs the question of when during the annual cycle does anomalously strong or weak
monsoon seasons commence? To help answer this question, mean monthly circulation fields are
composited for the weak and strong monsoon years defined earlier.

Figure 29. Composite of the annual
variation of the 850 and 200 hPa zonal
wind component in the South Asia
region for years defined as strong and
weak monsoon years (see Figure 11).
Note that the anomalous upper
tropospheric winds are apparent some
months before a strong or weak
monsoon. However, such a signal is not
apparent in the lower troposphere until
late spring. After Webster and Yang
(1992).

Figure 29 shows the South Asian composite annual cycle of upper and lower tropospheric zonal
wind fields in the south Asian sector for strong and weak monsoons. In essence, the figure portrays
the composite annual cycle of the monsoon index M defined in (1). At the time of the summer
monsoon when the anomalous monsoon is defined, both the low-level westerlies and the upper level
easterlies are considerably stronger during strong monsoon years than during weak years. But what is
very striking is that the anomalous signal in the strength of upper level easterlies during strong years
precedes the anomalous monsoon by many months. During strong years, the 200 hPa flow is 5–6 m s-1
less westerly than the winds preceding weak monsoon years. In contrast, differences in the state of the
lower troposphere between strong and weak years are not evident until late spring and summer. This
surmise is supported by what is known about tropical convective regions. Noting that in monsoon
regions and the tropics in general, enhanced upper tropospheric winds are usually accompanied by
enhanced lower tropospheric flow of the opposite sign. But this is clearly not the case prior to the
strong monsoon, suggesting that the modulation of the upper troposphere probably results from
remote influences.
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8.2 Interannual Modes in Ocean Heat Transport

If the monsoon is indeed a coupled ocean-atmosphere system then there should be oceanic
variability occurring on the same time scales as atmospheric variability. To test this hypothesis,
Loschnigg and Webster (2000) forced the McCreary et al. (1993) dynamic ocean model with NCEP
winds for the period 1984-1990 to enclose the El Niño-La Niña doublet of 1987-1988. Chirikova and
Webster (2004) extended these integrations for the period 1958 through 1998. In the results discussed
here, 5–day average fields were used to force the model. In both cases NCEP wind data was used and
radiative forcing was obtained from Bishop and Rossow (1991).

Figure 30. Time series of the
components of the North Indian Ocean
heat budget for the periods 1969-1973,
1984-1088 and 1994-1998. The seasonal
cycle has been removed and a nine-point
smoothing has been applied. Curves
denote net heat flux (blue line), rate of
change of heat storage (red) and
meridional ocean cross-equatorial heat
transport (black). Interannual anomalies
occur at all times of the year and are of a
similar magnitude to the mean annual
cycle shown in Figure 16a. Units in PW.
After Chirikova and Webster (2004).

Figure 30 shows components of the heat balance of the North Indian Ocean for three time periods
(1969-1973, 1984-1988 and 1994-1998) of the total 40-year integration made by Chirikova and
Webster (2004). The sections show cross-equatorial heat transports, heat storage change and net heat
flux into the Indian Ocean north of the equator. For clarity, the heat flux has been shaded and a ninepoint running average has been used for all three components and the annual cycle has been removed.
The total period contains nine El Niño and eight La Niña periods. Each component shows large
interannual variability. Amplitudes of the variability are nearly as great as the climatological annual
cycle (cf Figure 16). Also, the variability occurs at all times throughout the year.
The time series were stratified relative to years exhibiting ENSO extrema and also relative to
strong and weak monsoons as defined. Figure 31 shows the differences in heat fluxes heat between El
Niño and La Niña and strong and weak monsoons as defined earlier for Figure 11. The differences are
large and systematically correlated with the annual cycle. During a strong monsoon season, the
anomalous flux is southward early in the boreal summer and negative during the boreal fall. This
enhanced southward transport during spring would seem consistent with stronger surface winds
associated with the strong monsoon driving a stronger Ekman drift. The El Niño /La Niña composite
is also consistent with the fact that an El Niño is normally associated with a weak monsoon, lighter
surface winds and reduced southward Ekman transport of heat across the equator. The reversed fluxes
that occur in both of the cases is interesting and may be associated with a weakening (strengthening)
of the monsoon induced by the changes in SST associated with the anomalous fluxes earlier in the
season. Such a transport reversal may also be consistent with the biennial signal found in the region.
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Figure 31. Composites of the annual
cycle of differences in northward crossequatorial ocean heat transports between
El Niño and La Niña (solid curve) and
strong and weak monsoons (dashed
curve). Units in PW.

The long-term annual mean southward flux of heat across the equator is about 0.2 PW matching
the net annual surface heating of the Indian Ocean north of the equator (Godfrey et al. 1995). Given
the magnitude of the anomalies shown in Figure 31, it would not be surprising if there were
considerable interannual variability in the three components of the heat balance. In fact, this is the
case. Figure 32 shows the time sections of the annual means of the components of the heat balance.
Figure 33 shows the spectra of the cross-equatorial heat balance in the 1-10 year range.
Figure 32a plots the annual averages of the three components for the 40-year period 1958 through
1998. The net flux oscillates from between –0.4 PW in 1974 to a slightly positive value of +0.01 PW
in the following year. Furthermore, rather than having a zero change in heat storage from year to year,
the North Indian Ocean shows an ability to store heat in one year and lose it in another. For example,
in 1965, 1973 and 1987, the net storage increased while in 1960, 1972 and 1988, the heat storage
decreased. The net annual heat flux, on the other hand, is much more constant. There appears to be
some evidence of considerable changes in the dynamic state of the Indian Ocean during the El Niño
and La Niña years when the greatest deviations from the long-term average oceanic net meridional
heat transport take place. Finally, as large changes in the heat transport and storage occur throughout
the period while relatively small changes occur in the net heat flux into the North Indian Ocean, one
can only assume that the changes are principally due to differential wind forcing of the Indian Ocean.
Figure 32b shows annual averages plotted as a function of latitude. A seen in Figure 16b, the
largest zonally averaged heat transports occur near 15ºS. At this latitude, the heat fluxes range in
values from –0.1 to –0.6 PW. An interesting observation is that if a maximum occurs at 15ºS then it
appears to occur at all latitudes. That is the entire tropical Indian Ocean is anomalous in a manner
consistent with changes occurring at the location of maximum flux. To check, the zonally averaged
mean annual heat flux was removed. Figure 32c shows the resulting anomalies plotted against latitude
and time. In general, coherent variations with latitude appear from year to year. Furthermore, there
seems to be a strong biennial component. This feature is corroborated by the spectra of variability
shown in Figure 33. The peak at 2 years surpasses the 99% confidence level. A broader peak in the 35 year band surpasses the 95% level possibly indicating influences of ENSO in the annually averaged
heat transports.
9. Interannual Regulation of the Monsoon

Negative feedbacks between the ocean and the atmosphere appear to regulate the annual cycle of
the monsoon. Do similar processes regulate the magnitude and the timing of interannual
variability of the monsoon?
Figure 18 proposes a coupled ocean-atmosphere regulatory system of the monsoon annual cycle
that reduced the amplitudes of seasonal variability in both hemispheres. It is a simple matter to extend
the argument to embrace interannual variability and form a model of regulation on these longer time
scales. Such a system is shown schematically in Figure 34. Assume, for example, that the North
Indian Ocean SST were warmer than normal in the boreal summer (left panel). The ensuing stronger
monsoon flow would produce greater Ekman drifts and thus fluxes of heat to the winter hemisphere in
the same manner found in Figure 18. If the North Indian Ocean were cooler than average for some
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reason (right panel), then one would expect a reversal in compensation through a reduced Ekman drift
from the lighter surface winds. In a sense, the interannual regulation described here is very similar to
the Meehl (1994a) theory shown in Figure 20. Like the Meehl theory, the natural time scale of the
oscillation is biennial. In addition, because ocean heat transport is an integral part of the theory, it
adds a dynamic element to Meehl’s theory.
However, the system suggested in Figure 34 is rather incomplete. It does not account for the
influence of ENSO in the Indian Ocean but merely suggests that how the coupled monsoon system
will respond to an imposed SST anomaly. Nor does the theory take into account the IOZM. Later, in
section 7 we will attempt to include all of these features in a holistic theory of monsoon regulation.

Figure 32. (a) Annually averaged heat
budget for the North Indian Ocean: (b)
Latitude -time distributions of the
annually averaged meridional cross
equatorial heat transports including the
long-term seasonal mean: and (c) Same
as (b) but with the annual average
removed. Data from ocean model
integrated from 1958-1998. Note the
strong biennial tendency of the heat
transport and that the anomalies tend to
have the same sign on both sides of the
equator and extending across much of
the basin. Units in PW. After Chirikova
and Webster (2004).

Figure 33. Power spectra of the crossequatorial heat transport of the crossequatorial heat transport for periods
between 1 and 10 years. The annual
cycle has been removed by subtracting
the first four harmonics. The 99%
confidence level is calculated from the
chi-square distribution, assuming a
theoretical red-noise spectrum (Gilman
et al. 1963). The spectrum has been
smoothed by a five-point running
average. Each point has 10 degrees of
freedom. After Chirikova and Webster
(2004).
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Figure 34. Same as Figure 18 except for the regulation of the interannual monsoon system and the impact of an
anomalously strong and weak monsoon on the Indian Ocean. A strong monsoon which, from Figure 4 is related
stronger than average low-level monsoon flow, drives an enhanced southward Ekman heat transport. A weak
monsoon, on the other hand, is associated with a reduced Ekman heat transport.

10. An Holistic Theory of the Monsoon System

The ocean and atmosphere appear to work in unison in regulating both the magnitude of the
annual cycle and its annual variability. But there also appears to other significant interannual
variability such as the Tropospheric Biennial Oscillation and the Indian Ocean Zonal Mode. Are
these separate phenomena or are they part of the regulatory system?
In section 5, we modified Meehl’s theory by noting that the anomalous monsoon winds will
induce ocean heat transports that will reverse the sign of the monsoon anomaly. However, there are
still a number of issues that need to be considered. For example:
(i) Whereas there are dynamic elements added to the Meehl theory, one is still faced with the
problem of maintaining an upper ocean temperature anomaly from one year to the next.
(ii) The regulation theories, either the Meehl theory or the modified Meehl theory, do not involve the
Indian Ocean dipole. It could be possible, of course, that the dipole is an independent
phenomenon. However, the similarity of the basic time period of the dipole to that of monsoon
variability (essentially biennial) and the fact that the dipole emerges during the boreal summer
monsoon suggests interdependence. The problem, though, is how to incorporate an essentially
zonal phenomenon such as the dipole, and an essentially meridional phenomenon such as
meridional oceanic heat transport, into a general theory of the monsoon.
A theory, shown schematically in Figure 35, that takes into account these two problems is now
developed. The figure displays a sequence through two monsoon seasons starting (arbitrarily) in the
boreal spring. There are three columns in the figure representing the anomalous meridional oceanic
heat transports (column 1), the influence of the anomalous monsoon circulation on the ocean (column
2), and the evolution of the IOZM (column 3). During the two-year period, the monsoon goes through
both weak and strong phases. At the same time, the IOZM progresses through a positive and negative
phase. We will now argue that the morphology of the dipole and the monsoon are intimately related.
(i) The left hand column describes essentially the regulation theory discussed earlier. The sequence
starts with an anomalously cold North Indian Ocean in the boreal spring (March-May of the first
year: MAM:1) that often precedes a weak monsoon (e.g., Sadhuram 1997, Hazzallah and
Sadourny 1997, and Clark et al. 2000) in the summer of the first year (JJA:1). A weak monsoon
is associated with a reduced southward heat transport leading to the SST distribution in the first
boreal fall (SON:2) shown in the second figure of the row. If the anomaly persists through to the
second spring (MAM:2), it will lead to a strong monsoon in the second summer (JJA:2).
Enhanced southward transports and reduced net heating of the Indian Ocean leads to an
anomalously cold northern Indian Ocean.
(ii) Stronger and weaker summer monsoons also influence the ocean system in other ways. For
example, the anomalous monsoon circulation (Figure 12) will influence the upwelling patterns in
two major areas: Along the east Africa coast north of the equator, and along the western coast of
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Sumatra. Reduced southwesterly flow of Africa will decrease upwelling while offshore flow near
Sumatra will enhance upwelling. Thus, during the weak monsoon of JJA:1 the changes in the
monsoon circulation will create anomalously warm water in the west and colder water in the east.
On the other hand, the circulation associated with the strong monsoon in JJA:2 will produce
cooler water in the eastern basin (enhanced southwesterlies) and warmer water in the east
(onshore winds along the Sumatra coast). In summary, changes in the monsoon winds between
strong and weak monsoons can create zonal anomalies in the SST distribution.

Figure 35. Schematic of a general theory of an ocean-atmosphere regulation system for the monsoon and the
Indian Ocean. Each column indicates a set of processes. The first column shows modulation of the monsoon
variability by changes in the heat transport induced by the monsoon winds. In essence this sequence represents
the Meehl (1997) biennial oscillation mechanism but with ocean dynamics. The second column shows the
impact of the strong and weak monsoons on the upwelling regions of the ocean basin. The third column
represents the development of the Indian Ocean dipole relative to the upwelling patterns developed by the
anomalous monsoon wind fields. Growth of the dipole anomaly is assumed to follow the coupled oceanatmosphere instability described by Webster et al. (1999). Taken as a whole, the figure suggests that there are
multiple components that regulate the monsoon with each component acting in collaboration. One important
role of the dipole (either positive or negative) is to provide slow dynamics (or memory) to the SST anomalies
induced by the strong or weak monsoons. For example, the sequence (a) to (e) helps perpetuate the northern
hemisphere anomalously warm temperatures created by the weak monsoon during the previous summer.
Adapted from Webster et al. 2002 and Loschnigg et al. 2003).

(iii) The east-west SST gradients caused by the anomalous monsoon intensities can lead
enhancements of the zonal SST gradients by coupled ocean-atmosphere instabilities as described
in detail in Webster et al. (1999). Simply, the SST gradients force zonal wind anomalies that
change the distribution of low-latitude sea-level height distribution. During JJA:1, the sea level
height will slope upwards to the west while during JJA:2 it will slope upwards to the east.
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Relaxation of the sea-level height takes place in the form of equatorial modes. For example,
during the period JJA:1 through DJF:1 the relaxation will be in the form of downwelling Rossby
waves. Besides having a slow westward propagation they are downwelling and deepen and warm
the western Indian Ocean. In turn, the enhanced SST gradient will produce stronger easterly
winds that will continue to maintain the east-to-west slope of the surface. Between JJA:2 and
DJF:2 the onshore winds towards Sumatra will deepen the thermocline and enhance the zonal
west-to-east SST gradient. In turn, responding to an increasing SST gradient, the winds
themselves will be enhanced. The important aspect of the dipole is that it introduces slow
dynamics into the system.
(iv) Careful inspection of Figure 35 shows that the impact of the dipole is to enhance the SST
distributions associated with meridional heat transports shown in the first column. For example,
the dipole that develops in the period JJA:1 through DJF:1 will increase the SST in the northwest
equatorial Indian Ocean. This SST enhancement can be seen by following the sequence “a”
through “e” in Figure 35. On the other hand, the second dipole will cool the SST in the same
location. This is the region found by Sadhuram (1997), Hazzallah and Sadourny (1997), and
Clark et al. (2000) to correlate most strongly in the winter with the following monsoon. Thus, the
role of the dipole is to enhance and prolong the SST patterns necessary to regulate the intensity
of the monsoon system.
11. Conclusions and some Remaining Questions

The general theory of monsoon variability accounts for much of the interannual variability of the
monsoon, the interannual ocean modes in the Indian Ocean and why both the seasonal cycle is
relatively constrained and why there are few reoccurring years of drought or flood years. But is
all of the variability driven by ENSO? Or is the regulatory system described here the automatic
response of a system governed by a strong cross-equatorial pressure gradient to any external
forcing as it strives to move back to equilibrium? Furthermore, although not the subject of this
work, we must ask the question of the role of intraseasonal variability in the scheme of the grand
monsoon.
In the preceding paragraphs, we have developed a theory that regulates the monsoon on both
annual and interannual timescales. The study was motivated by noting that the surface heat balances
in the Indian Ocean do not match the observed evolution of the SST indicating the importance of
ocean heat transports. Furthermore, it appeared curious that the year-to-year variability of the South
Asian monsoon is relatively small. Thus, the theory of regulation of the monsoon rests on negative
feedbacks between the ocean and the atmosphere. We are now in a position to address some of the
questions raised in the introduction.
Perhaps the most important conclusion is that it is clear that the ocean involves itself in a dynamic
manner in the morphology of the monsoon on all time scales at least longer than seasonal but perhaps
even intraseasonal. Although the ocean is responding to forcing from the atmosphere, the response is
such that a strong feedback to the atmosphere is produced. This feedback governs the amplitude and
phase of the annual cycle and also modulates interannual variability. That is, the monsoon system
considered holistically is self-regulating.
One of the problems that emerged in earlier theories of monsoon amplitude regulation (e.g.,
Meehl 1997) is that it is difficult to understand how an SST anomaly pattern produced by an
anomalous monsoon to persist from one year to the next. By involving ocean dynamics in the
regulation process we have managed to introduce mechanisms that allow SST anomalies to persist
from one year to the next. This was accomplished by noting that the IOZM is also parented by an
anomalous monsoon through the generation of zonal temperature gradients between upwelling
regions. The slow dynamics of the dipole act to enhance the zonal SST gradient initiated by the
anomalous monsoon irrespective of the sign of the initial perturbation. As the dipole grows, the SST
anomalies so produced occur in locations that are conducive to the generation of a reverse anomaly in
the monsoon. In other words, the IOZM adds the slow dynamics needed in the Meehl theory.
An immediate question is whether or not the IOZM is an independent entity or a function of
forcing from the Pacific Ocean. First, there is irrefutable statistical evidence (Table 2) that ENSO
variability in the Pacific Ocean produces a response in monsoon variability. Also, a substantial
amount of the variance of the IOZM can be explained in terms of the Niño-3 SST variability.
However, there are periods when the dipole and ENSO are unrelated statistically when it is difficult to
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find an ENSO extrema to match the development of the dipole. There may be a way of resolving this
apparent paradox. Let us assume that the dipole is a natural mode of oscillation in the Indian Ocean in
much the same way as El Niño is a natural oscillation of the Pacific. Noting again that the IOZM is
initiated by an anomalous monsoon, it is quite possible that weak monsoon induced by El Niño will
induce, in turn, a positive IOZM that then acts to reverse the impacts of ENSO during the following
year. But, according to the hypothesis, a dipole will develop relative to an anomalous monsoon no
matter how the monsoon is perturbed. Perhaps in 1961, and other such years, other factors could have
perturbed the monsoon.

Figure 36. Zonally integrated heat flux averaged across the Indian Ocean for 1987 and 1988 which were weak
and strong monsoon seasons respectively. Data from the integrations of Loschnigg and Webster (2000) using
the intermediate ocean model of McCreary et al. (1993) forced by 5-day average winds and net surface heat flux
from NCEP/NCAR reanalyses. Rather than the smooth patterns found in Figure 13b, each year shows strong
intraseasonal variability. Units in PW.

The results presented in this study are incomplete. They have depended on a number of empirical
studies and experiments with stand-alone ocean models forced with atmospheric fields. The complete
associations inferred in the conclusions above are difficult to establish from empirical studies because
of the very convoluted nature of the phenomena. Further work will probably have to await
experimentation with fully coupled ocean-atmosphere land models. Loschnigg et al. (2003) has made
such a start. In their initial experiments with the NCAR coupled climate model they find considerable
corroboration of the self-regulation processes and the associations between the atmosphere and the
ocean described above.
Finally, we need to discuss briefly intraseasonal variability of the monsoon. Whereas it has not
been the subject of this study, the question remains whether or not the monsoon intraseasonal
oscillation, briefly discussed in section 4.4, is a coupled ocean-atmosphere phenomenon, a
phenomenon that is attached to the ocean thermodynamically, or a strictly atmospheric phenomenon
that changes SST in its wake. Figure 36 shows the zonally averaged meridional heat transport for two
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years: 1987 a weak monsoon year and 1988 a strong year as defined by the M index. The heat
transports were calculated using the McCreary et al. (1993). Two aspects of the diagrams should be
commented on. First, rather than the smooth heat transport found in the climatological average shown
in Figures 13 and 16. Rather, the transports are punctuated with both positive and negative transports
that are the same magnitude as the seasonal variation. Second, there is a large difference between the
character of the intraseasonal variability between the strong and week monsoon years. The degree to
which the monsoon system is fully coupled is not known. Stephens et al. (2004) proffer a system that
couples the ocean with the hydrological cycle to obtain the characteristic 2-40 day time scales of the
oscillation. Wang et al. (2004) come to similar conclusions but involve detailed atmospheric
dynamics to explain the spatial distributions of the oscillation encountered during its morphology.
Furthermore, Han et al. (2004) has found distinct dynamic responses and average net southward
cross-equatorial transports of heat throughout a composite intraseasonal oscillation. What remains is
to determine whether or not the oscillation is part of the overall regulatory system. This is a
tantalizing thought based on the conclusions of Hendon et al. (1999) and Lawrence and Webster
(2001) that the number of intraseasonal oscillations per season is a function of the overall monsoon
strength of a particular season.
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The Asian-Australian monsoon (AAM) covers the entire Indo-Pacific warm pool region (e.g.,
Ramage 1971). Thus, the maritime monsoon is an integral and essential component of the AAM system.
Large-scale variations of the monsoon circulation and the underlying oceanic mixed layer have been
observed on time scales ranging from intraseasonal to interdecadal. The nature of monsoon-ocean
interactions may vary with time scale. The coupling on the intraseasonal and interdecadal time scales
are discussed elsewhere in this report (see Chapters 20, 24 and 26). Here we shall focus on
monsoon-ocean interactions on interannual time scales. The covariability of the atmosphere-ocean
system in the AAM region on this time scale is strongly modulated by the evolution of El
Niño-Southern Oscillation (ENSO) events in the central and eastern tropical Pacific. Of particular
interest is the response of the monsoon flows to local and remote sea surface temperature (SST) changes
that emerge during ENSO, as well as the impact of monsoon fluctuations on ENSO development. The
impacts of such interactions on the interannual variability of the Asian monsoon are also examined in
Chapter 25. Most of the material presented in our chapter is based on observational findings. Model
simulations of the phenomena associated with monsoon-ENSO coupling are described in Chapter 22.
Detailed accounts of the myriad atmospheric and oceanic features associated with ENSO, as well as
the mechanisms contributing to ENSO variability, have been given by Rasmusson (1985), Enfield
(1989), Philander (1990), Glantz et al. (1991), Cane (1992), Wallace et al. (1998), Neelin et al. (1998)
and Wang and Picaut (2004), among others. The principal goal of the present review is to offer a
synopsis of the monsoonal features in the South Asian and East Asian-Western Pacific sectors in
different stages of the ENSO cycle, physical mechanisms that contribute to covariability between
ENSO and the monsoon system, the effects of monsoon anomalies on the oceanic temperature and
circulation fields, the local oceanic feedbacks to monsoon variability, and the implications of such
feedbacks on the subsequent development of ENSO.
Much of the material in this report is excerpted from a more comprehensive review of
monsoon-ENSO interactions by Lau and Wang (2005), to which the interested readers are referred.
1. Precipitation Anomalies in the AAM Region during ENSO Events
The typical evolution of precipitation anomalies in the AAM region in various phases of the ENSO
cycle has been documented by Ropelewski and Halpert (1987) using station records. Various other
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empirical studies on the impacts of ENSO on the monsoon rainfall intensity over the Indian
subcontinent, East Asia and Australia have also been reviewed recently by Webster et al. (1998) and
Wang et al. (2003).
To gain an overview of the development of the anomalous rainfall pattern through different stages
of ENSO, the composite of the seasonally averaged precipitation field over the cold La Niña events of
1988 and 1998 have been subtracted from the corresponding composite over the warm El Niño events
of 1982, 1991 and 1997. The patterns thus obtained (hereafter referred to as ‘warm-minus-cold
composites’) are displayed in Fig. 1, for the period extending from the boreal summer of the year when
the events initiated (‘Year 0’) to the summer of the following year (‘Year 1’). We shall henceforth refer
to a specific time period within the ENSO time frame by grouping the first letter of the months in that
period, followed by the year(s) in parentheses. For instance, the five panels in Fig. 1 correspond to the
JJA(0), SON(0), DJF(0/1), MAM(1) and JJA(1) seasons. These charts have been constructed using the
dataset produced by the Global Precipitation Climatology Project (GPCP; see Huffman et al. 1997),
which incorporates measurements by both rain gauges and satellites in the era from 1979 to present.
As noted in Lau and Wang (2005), the precipitation patterns in the equatorial zone during the
JJA(0)-DJF(0/1) period (Figs. 1a-1c) are dominated by negative anomalies over the Indonesian
Archipelago and eastern Indian Ocean, and by positive anomalies from ~150°E to the dateline. These
features are indicative of the eastward displacement of the Walker Circulation during warm ENSO
events. Over the Arabian Sea/India/Bay of Bengal region, below-normal rainfall prevails during the
summer and autumn of Year(0) (Figs. 1a-1b). This deficiency of Indian monsoon rainfall during the
summer of warm events is a well-known phenomenon (e.g., Rasmusson and Carpenter 1983; Shukla
and Paolino 1983). Comparison between Figs. 1a and 1e suggests that the summertime precipitation
anomalies over the Arabian Sea and Bay of Bengal tend to change sign from Year(0) to Year(1). During
SON(0) and DJF(0/1) (Figs. 1b-1c), the precipitation changes over the equatorial and southern Indian
Ocean are characterized by dry conditions in the east, and wetness in the west. This rainfall pattern is
evidently related to a recurrent mode of SST variability in the Indian Ocean basin, which also exhibits
distinct east-west contrasts during the northern autumn season.
The most prominent precipitation anomalies in the East Asian and Australian monsoon regions
appear in DJF(0/1) (Fig. 1c). Below-normal rainfall is observed over the Philippines and the nearby
oceans, as well as northern Australia. An elongated wet zone is also seen to extend northeastward from
southern China to the waters south of Japan. The dry anomaly in the vicinity of the Philippines is first
established in SON(0) over the South China Sea (Fig. 1b). This feature migrates eastward with time,
with its main center being located over the tropical western Pacific in MAM(1) (Fig. 1d). Remnants of
the wet anomaly over southern China and Japan are still discernible in MAM(1).
2. ENSO-related Variability in the Indian Ocean Sector
a. Atmospheric and SST Anomalies
The typical atmospheric and oceanic changes in the Indian Ocean (IO) sector during ENSO
episodes are illustrated in Fig. 2, which shows the warm-minus-cold composites of the observed 850
hPa vector wind and SST fields for the JJA(0), SON(0) and DJF(0/1) seasons. These patterns are based
on composites over the six warm events of 1957, 1965, 1972, 1982, 1991 and 1997, and the six cold
events of 1955, 1970, 1973, 1975, 1988 and 1998, and have been constructed using the reanalyses
produced by the National Centers for Environmental Prediction (NCEP).
As pointed out in Lau and Wang (2005), the most coherent atmospheric signal in the pattern for
JJA(0) (Figs. 2a) is the anticyclonic 850 hPa circulation anomaly that prevails over the Arabian Sea and
the surrounding land areas. This feature is seen to extend towards the Bay of Bengal and Indochina
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during the SON(0) season (Figs. 2c). The easterly wind anomalies over much of the northern IO that
accompany the anticyclone oppose the climatological westerlies over this region, and is indicative of
below-normal intensity of the summer monsoon circulation over South Asia during warm ENSO
events. Also evident in the composite patterns for the northern summer and fall seasons (Figs. 2b and
2d) is the emergence of warm SST anomalies in both the Arabian Sea and Bay of Bengal. As noted in
Lau and Nath (2000, 2003), two factors contribute to these SST changes. First, reduction in the
monsoon intensity during warm ENSO episodes is accompanied by lowered wind speeds over these
oceanic regions, which result in less latent and sensible heat loss to the atmosphere. Secondly, the
decreased amount of cloud cover due to the generally dryer conditions in these areas (see Figs. 1a-1b)
leads to more heating of the ocean surface by incoming solar radiation. The observed SST increase near
the Somali and Arabian coasts could also be partially caused by the reduced oceanic upwelling
associated with weakened monsoon flows.
Another noteworthy SST signal in the JJA(0) and SON(0) seasons is the cold anomaly that develops
off the Sumatra-Java coasts. This feature is collocated with low-level southeasterly or easterly wind
anomalies, which are parallel to the local climatological circulation (e.g., see Lau and Nath 2000).
Budget analysis performed by Lau and Nath (2003) indicates that the increased surface wind speeds in
this region lead to increased latent and sensible heat loss from the ocean, as well as deepening of the
local oceanic mixed layer. Both effects are conducive to SST cooling. The stronger upwelling driven by
the intensified winds along the shores of Sumatra and Java, and by anomalous easterlies in the eastern
equatorial IO, could further enhance the observed cold SST anomaly in those sites. This oceanic cooling
in the eastern IO is in distinct contrast with the warming in the western portion of the basin as described
in the preceding paragraph. The occurrence of this zonal asymmetric SST anomaly pattern, which is
most evident in SON(0), has been noted by Webster et al. (1999) and Saji et al. (1999). A corresponding
east-west contrast in the precipitation field is also discernible in the same season (see Fig. 1b). These
investigators have attributed this mode of variability mostly to processes operating within the IO sector.
However, the appearance of the same pattern in the ENSO composites shown in Figs. 2d indicates that
the remote forcing from the tropical Pacific could also influence the SST field in the IO.
During the DJF(0/1) period (Figs. 2f), the cold SST anomaly in the tropical eastern IO is no longer
discernible. The climatological low-level flow over this region switches from easterly to westerly in this
season (e.g., Schott and McCreary 2001), so that the easterly wind anomalies (Fig. 2e) would lead to
reduction of both wind speed and heat loss from the ocean. The below-normal rainfall in this area (Fig.
1c) results in decreased cloud amounts and increased incoming solar radiation. Both effects contribute
to warming in the eastern IO. The processes contributing to the reversal of the SST tendency in the
tropical eastern IO during the JJA(0)-DJF(0/1) period have also been noted by Nicholls (1984), Hendon
(2003), Li et al. (2003) and Shinoda et al. (2004). The SST anomalies in other parts of the IO remain to
be positive in DJF(0/1), with notable amplification in the Bay and Bengal and the central IO between
20°S and 30°S. These two sites are overlain by wind anomalies that oppose the local climatological
circulation, which is oriented southwestward over the Bay of Bengal, and northwestward over southern
IO during the DJF season. The resulting decrease in wind speed and oceanic heat loss are hence
consistent with the more pronounced SST warming over these areas. The basin-wide atmospheric
circulation anomaly in DJF(0/1) (Fig. 2e) is characterized by strong easterlies along the tropical IO, and
a pair of anticyclonic cells straddling the Equator, with centers located over the northwestern Australia
and the South China Sea. Composite SST patterns for the MAM(1) and JJA(1) seasons, as shown in
Alexander et al. (2004), indicate that the principal warm SST anomalies in the IO basin persist through
the northern summer season of Year(1).
b. Atmospheric Response to Anomalous Tropical Heating
We next evaluate the extent to which the atmospheric wind anomalies depicted in Fig. 2 may be
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attributed to remote forcing by ENSO-related precipitation changes in the tropical zone. By invoking
analytic solutions presented by Matsuno (1966) and Gill (1980) for tropical circulations induced by
heating, several investigators (e.g., Chen and Yen 1994; Kawamura 1998; Lau and Nath 2000; Wang et
al. 2003) have interpreted the low-level anticyclones over South Asia and southern IO (see left panels of
Fig. 2) as Rossby-wave responses to anomalous cooling over the Indonesian Archipelago and the
equatorial western Pacific. The latter heat sink is in turn linked to the eastward displacement of the
Walker Circulation during warm ENSO events, which results in below-normal precipitation in the
equatorial zone between 90°E and 150°E (Figs. 1a-1c). The effects of the altered diabatic forcing in this
region on the atmospheric flow pattern have been demonstrated by Wang et al. (2003) and Lau et al.
(2004) using solutions of stationary wave models for the JJA(0) and DJF(0/1) seasons, respectively.
These results have been summarized in Lau and Wang (2005).
In addition to remote forcing by condensational heat sources and sinks in the near-equatorial
Indo-Pacific region, more local diabatic effects could also contribute to the anticyclonic anomaly over
the Arabian sector during JJA(0).
c. Atmosphere-Ocean Feedbacks in the IO Basin
The cumulative evidence presented in Figs. 1-2 and the stationary wave model solutions discussed
in Section 2b highlight the following chain of processes linking ENSO events in the tropical Pacific to
SST variations in the IO basin: eastward displacement of the Walker Circulation during warm ENSO
episodes, reduced precipitation and latent heat release over Indonesia and tropical western Pacific,
generation of atmospheric Rossby-wave responses to the northwest and southwest of the heat sink, and
atmospheric driving of the SST field in the IO sector through modulation of surface latent and radiative
fluxes as well as ocean currents. Hence the atmospheric circulation serves as a ‘bridge’ communicating
the ENSO forcing in DTEP to oceanic changes elsewhere (Klein et al. 1999, Alexander et al. 2002).
Further diagnoses by Lau and Nath (2000, 2003) and Lau et al. (2004) using general circulation
model (GCM) experiments demonstrate that the SST anomalies induced by the atmospheric bridge
mechanism could in turn feed back on the atmospheric circulation. In particular, these model results
imply that such feedbacks lead to an increase in the summer monsoon rainfall over South Asia in
Year(1) of warm ENSO events. This perturbation is in opposition to that observed in Year(0), when the
precipitation over the same region is below normal (compare Fig. 1a with Fig. 1e). This tendency for
some monsoonal variations to switch polarity from one year to the next may be viewed as one facet of
the Tropical Biennial Oscillation (e.g., see Meehl 1997). The model evidence described here [see Lau
and Wang (2005) for more details] indicate that biennial changes of the South Asian monsoon may
partially be the consequence of the following chain of processes: remote responses to ENSO forcing in
JJA(0), generation of SST anomalies in the IO basin during SON(1)-DJF(0/1) (Figs. 2d and 2f) by the
atmospheric bridge, and feedback of these oceanic perturbations on the atmosphere in MAM(1)-JJA(1).
3. ENSO-related Variability over East Asia, Australia and Western Pacific
a. Atmospheric and SST Anomalies
The essential atmospheric and oceanic changes in the eastern portion of the AAM system during
ENSO events are summarized in Fig. 3, which shows the warm-minus-cold composites of observed
surface wind vector, SST, sea level pressure (SLP) and precipitation, for DJF(0/1) (left panels) and
MAM(1) (right panels). Results are based on the same sets of six warm and six cold ENSO events used
in constructing Fig. 2. The most prominent features over the western Pacific are organized about the
pair of positive SLP anomalies over the Philippine Sea and off the eastern Australia seaboard (Figs. 3c
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and 3g). These pressure perturbations are coincident with anomalous anticyclonic flows at the surface
(Figs. 3a and 3e) and below-normal rainfall (Figs. 3d and 3h). The stationary wave solutions discussed
in Section 2b indicate that the two high pressure centers are responses to the anomalous heat sink over
the tropical western Pacific.
As has been pointed out by Wang et al. (2000), the evolution of the anomalous SST pattern (Figs.
3b and 3f) is closely related to changes in the local surface circulation. For instance, the southwesterly
wind anomalies to the west of the Philippine Sea anticyclone (hereafter abbreviated as PSAC) oppose
the climatological northeasterly winter monsoon over that region. The reduction in the wind speed leads
to suppression of oceanic heat loss and warm SST anomalies. Conversely, the intensification of the
northeasterly monsoon flow by the wind anomalies to the east of this anticyclone brings about oceanic
cooling in the subtropical northwestern Pacific. Besides its impact on the underlying SST field, the
weakening of the dry winter monsoon over East Asia in DJF(0/1) is also accompanied by above-normal
precipitation over South China and East China Sea (Fig. 3d). This wet anomaly is seen to persist
through the following spring season (Fig. 3h).
b. Stages of PSAC Development
1) Atmospheric Preconditions in Early Autumn of Year(0)
The composite analysis of Wang and Zhang (2002) indicates that the circulation in this phase of the
ENSO cycle is characterized by an anomalous 850 hPa cyclone and 200 hPa anticyclone over the
western North Pacific, as well as a cyclonic anomaly at 200 hPa over northeastern Asia. Intensified
westerlies prevail within the 30°-40°N zone over East Asia. These upper tropospheric signals are
indicative of a deepened trough and southward displacement of the climatological jet stream over that
region. A negative 500 hPa anomaly extends eastward from northern China to the western Pacific. The
most prominent feature in the surface air temperature field is a cold anomaly that extends from the
Asian interior to the North Pacific between 35° and 50°N.
2) Synoptic Development during PSAC Onset
Wang and Zhang (2002) noted that, during the strong warm ENSO years, the SLP field over the
South China Sea and Philippine Sea typically made a distinct transition to a persistent positive anomaly
in the October-November period of Year(0). The most pronounced features just prior to such transitions
are the anticyclonic wind pattern and dryness associated with a high pressure anomaly over the interior
of the Asian land mass, cyclonic flow and wet conditions accompanying a low center over the
Philippine Sea, and prevalent northerly wind anomalies over southeastern China, East China Sea and
southeastern Japan. These atmospheric signals bear a strong similarity to the characteristic behavior of
cold air outbreaks over this region. The continental high pressure anomaly migrates southeastward to
the Philippine Sea, and leads to the establishment of anticyclonic flows and dry conditions in the latter
area. Wang and Zhang (2002) also pointed out that the deepening of the upper level trough and
below-normal air temperature over East Asia in the preceding months constitute a favorable
environment for the incidence of cold air outbreaks and the subsequent PSAC formation. These
investigators have further considered the effects of intraseasonal oscillations on the rather abrupt
reversal of the wind, pressure and rainfall anomalies over the Philippine Sea in this onset stage, and the
role of atmosphere-ocean interactions in the seasonal dependence of the amplitude of such oscillations.
3) Air-Sea Feedbacks in MAM(1)
The atmospheric impact of the SST changes associated with PSAC development has been evaluated
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by Lau et al. (2004) using GCM experiments. These model analyses indicate that the air-sea feedbacks
attendant to the warm SST anomaly in the 10°-20°N, 110°-140°E region (see Fig. 3f) leads to stronger
cyclonic development and more abundant precipitation along the climatological rainbelt extending
northeastward from the southern coast of China to the western Pacific during MAM(1). Conversely, the
cold SST anomaly in 10°-20°N, 150°-180°E is overlain by increased SLP and reduced rainfall.
4. Impact of AAM on ENSO
How ENSO affects the AAM is better understood than the influence of the AAM on ENSO. The
Asian monsoon covers one-third of the area of the tropics, and is an interactive component of the
climate system that can impact the slowly varying lower boundary conditions (Webster et al. 1998). In
the following subsections, we shall separately consider the effects of the Indian and western North
Pacific monsoons on ENSO.
a. Effects of Indian Monsoon
Barnett (1984) noted that ENSO-related westerly anomalies in the western/central Pacific originate
from the Indian Ocean. It has been speculated that the eastward propagation of the westerly anomalies
from the Indian monsoon region to the Pacific Ocean could serve as a trigger for ENSO events.
Moreover, Webster and Yang (1992) showed that when the broad-scale South Asian summer monsoon
is stronger (weaker) than normal, the tropical Pacific trade winds are also stronger (weaker) than
average. This result suggests that anomalous Indian monsoon could affect ENSO through changing the
trade winds over the Pacific.
Model experiments of varying degrees of complexity indicate that fluctuations of the Indian
monsoon are linked to changes in the trade winds over the equatorial Pacific, even in the absence of
ENSO (Kirtman and Shukla 2000). By incorporating the effects of monsoon heating in the coupled
model of Zebiak and Cane (1987), Chung and Nigam (1999) noted that the presence of monsoonal
interaction results in a broader frequency distribution of ENSO variability and a population shift in
amplitude towards stronger El Niño events. The model results presented by Kirtman and Shukla (2000)
also suggest that a variable monsoon enhances ENSO variability, particularly three to six months after
the summer monsoon ends. Further analyses of output from coupled GCM integrations by Wu and
Kirtman (2004) indicate that ENSO-related monsoon variability has significant impacts on warm events
but not the cold events. A weak (strong) monsoon enhances (weakens) an ongoing warm event.
b. Effects of the Western North Pacific Monsoon
McBride and Nicholls (1983) showed that SST anomalies in the Indonesian region lead those in the
eastern Pacific by 4-6 months. They speculated that air-sea interaction in the Indonesian region might in
part be responsible for the turnabout of ENSO. We have noted in Section 3 that the atmosphere-ocean
coupling in that sector is closely related to the anomalous anticyclone over the Philippine Sea (PSAC)
during warm ENSO events. Wang and Zhang (2002) pointed out that a sharp increase in SLP over the
Philippine Sea typically precedes the peak warming in the central equatorial Pacific by about one to
three months. In conjunction with this pressure rise, strong anticyclonic surface wind anomalies appear
over the Philippine Sea, with enhanced easterlies prevailing north of New Guinea (Figs. 3a and 3e). The
sudden emergence of the equatorial easterly anomalies over the western equatorial Pacific may generate
oceanic upwelling Kelvin waves that propagate along the equator into the eastern Pacific. The resulting
vertical displacements of the thermocline would cause negative SST tendencies in the latter region,
thereby leading to the turnabout from El Niño to La Niña conditions.
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The positive feedback between the atmospheric Rossby wave and ocean mixed layer
thermodynamics, which plays a key role in development of the PSAC, depends on the presence of
climatological northeasterly trades (Wang et al. 2000). In the western subtropical North Pacific this
favorable basic state exists only from late fall through the following early summer. This seasonal
dependence implies that persistent western Pacific easterly anomalies occur preferentially in autumn
and winter, thus favoring ENSO turnabout in the mid-winter. This temporal evolution also explains why
strong El Niño episodes tend to decay quickly after their mature phase.
Kim and Lau (2000) have shown that a strong biennial tendency in the ENSO cycle could result
from the occurrence of wind anomalies in the western Pacific six months after the SST anomaly peaks
in the eastern Pacific. The analysis of Lau and Wu (2001) suggests that a stronger monsoon-ENSO
relationship tends to occur in boreal summer immediately after a peak El Niño and before a pronounced
La Niña (i.e., 1998, 1988, and 1983). Their result appears to support the idea that the summer monsoon
could influence ENSO variability via the development of the PSAC. The wind forcing associated with
the PSAC may be instrumental in enhancing the biennial component of the natural ENSO cycle.
It is worthwhile to mention that the above process operates mostly during strong warm events.
There are three moderate warm events (1986-87, 1968-69, and 1976-77) with no reversal of the
warming trend at the end of the year of El Niño development. The easterly anomalies in the equatorial
western Pacific were not well established and did not persist in the boreal winter of these El Niño years.
An important feature common to all three prolonged events is the insufficient strength of the central
Pacific warming (central equatorial Pacific SST anomaly less than 1.5 standard deviation by the end of
the El Niño year), whereas during the six strong events considered in Fig. 3, the corresponding
anomalies were all above 1.5 standard deviations. This suggests that the strong warming in the
equatorial central Pacific is probably necessary for the robust establishment of the western Pacific wind
anomalies.
c. Effects of the East Asian Winter Monsoon on the Onset of El Niño
Li (1990, 1996) noted that during the winter prior to El Niño events the Mongolian cold highs tend
to be stronger and surface temperature in eastern China tends to be lower than normal in the period of
1950-1979. He hypothesized that a strong East Asian winter monsoon leads to development of warm
episodes in the equatorial eastern Pacific through strong cold surges penetrating into South China Sea
and equatorial western Pacific. Wang and Lau (2005) reexamined this relationship using NCEP/NCAR
reanalyses for the more extended period of 1948-2002. They showed that during some years in the
pre-1986 period (e.g., 1950, 1956, 1962, 1967, 1971, 1975 and 1985) a strong winter monsoon indeed
preceded an El Niño event, but not for the strong El Niño events of 1965 and 1982. In addition, several
prominent La Niña events such as 1955, 1970, 1975, and 1984 were not preceded by weak winter
monsoon, rather they were also preceded by strong winter monsoons. Also of note is that none of the
recent El Niño events, i.e., 1991, 1994, 1997 and 2002, was preceded by stronger than normal winter
monsoons in the previous years. When the principal mode of East Asian winter monsoon leads NINO
3.4 by one year, the correlation coefficient is 0.18 for the 55-year period, which is not statistically
significant at 95% confidence level. Thus, the principal mode of the East Asian winter monsoon is not a
reliable precursor one year in advance.
5. Summary and Discussion
The anomalous Walker Circulation induced by eastern Pacific warming has a descending branch
over the vicinity of the maritime continent. The suppressed deep convection over that region (Fig. 1)
can generate westward propagating, descending Rossby waves that are conducive to a weak Indian
summer monsoon. However, the weakening monsoon can induce local warming in the Bay of Bengal
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(Fig. 2). As a result of this local SST change, the Indian summer monsoon would tend to intensify.
Thus, through local atmosphere-ocean interaction, the ENSO-induced monsoon anomalies in turn offset
the ‘direct’ ENSO impacts. Another manifestation of monsoon-ocean interaction related to ENSO is the
Indian Ocean dipole. During an eastern Pacific warming, the low-level anticyclonic pattern over the
southern Indian Ocean enhances the cross-equatorial flow along the west coast of Sumatra (Fig. 2),
which subsequently enhances coastal and equatorial upwelling and cools the SST off Sumatra. The
resultant SST cooling in the equatorial eastern Indian Ocean, along with concomitant warming in the
western Indian Ocean, forms a dipolar SST anomaly pattern (Saji et al. 1999).
Over the western North Pacific, the local air-sea interaction can maintain the ENSO-induced
anticyclonic anomalies from mature phase of El Niño to its decay phase, thus leading to a prolonged
impact of ENSO on East Asian summer monsoon (see Section 3). On interannual time scales, Wang et
al. (2003) have proposed that local monsoon-ocean interaction is one of the fundamental driving
mechanisms for the characteristic biennial variability of the AAM. The fluctuations of the AAM on
biennial time scales may also be linked to atmospheric responses to those ENSO events that switch
polarity from Year(0) to Year(1). Questions remain regarding how the anomalies over the western
North Pacific and southern Indian Ocean interact to yield the biennial tendency of the continental scale
monsoon system. Further study is also required to ascertain the factors that contribute to excessive
biennial variations of simulated ENSO events in some coupled atmosphere-ocean models (see Chapter
22).
The surface conditions over ocean and land play a crucial role in determining the predictability of
the climate system (Charney and Shukla 1981; Shukla 1998). The current state-of-the-art atmospheric
GCMs, when forced by the observed sea surface temperature (SST) anomalies occurring in the strong
1996-1998 ENSO event, are not capable of generating the changes in Asian-Pacific summer monsoon
rainfall observed in that period (Wang et al. 2004a,b). The models tend to yield positive correlations
between the summer monsoon precipitation and the local SST anomaly, which are at odds with
observations. These authors demonstrate that an atmospheric GCM, when coupled with an ocean
model, simulates realistic SST-rainfall relationships. However, this atmospheric GCM fails to
reproduce such relationships when it is forced by the same SST anomalies that are generated in the
coupled run. This departure of the forced solution from the coupled solution is mainly due to the
absence of atmospheric feedback in the former case. These model results suggest that
ocean-atmosphere feedback processes are very important in the monsoon precipitation zones, and call
for the reshaping of current strategies for predicting variations in monsoon climate. In particular, the
traditional ‘Tier-2’ approach for forecasting these variations, which entails the forcing of an
atmospheric GCM with prescribed SST conditions that have been predicted in a previous step, appears
to be inadequate.
Some of the ENSO-monsoon relationships and interactive processes identified in this chapter have
been utilized by weather services in various monsoon regions to predict atmospheric conditions on
seasonal and interannual time scales (e.g., see Chapters 2 and 3). Optimal applications of our scientific
knowledge base to forecasting practices call for closer collaborations between the operational and
research communities in the future.
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Figure 1. Distributions of the warm-minus-cold composites of precipitation during (a) JJA(0), (b) SON(0), (c)
DJF(0/1), (d) MAM(1) and (e) JJA(1), as computed using GPCP data for the warm ENSO events of 1982, 1991
and 1997 and the cold events of 1988 and 1998. Contour interval: 1 mm d-1, with additional contours for -0.5
and +0.5 mm d-1 being inserted. Solid and dashed contours indicate positive and negative values, respectively.
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Figure 2. Distributions of the warm-minus-cold composites of 850 hPa vector wind (left panels) and SST (right
panels; contour interval: 0.2oC) fields, for (a, b) JJA(0), (c, d) SON(0) and (e, f) DJF(0/1). Results are based on
NCEP reanalysis data for six selected warm ENSO events and six cold events. Solid and dashed contours indicate
positive and negative values, respectively.
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Figure 3. Distributions of the warm-minus cold composites of (a, e) surface wind vector, (b, f) SST
(contour interval: 0.2°C), (c, g) SLP (contour interval: 0.5 hPa), and (d, h) precipitation (contour
interval: 1 mm d-1, with additional contours for -0.5 and +0.5 mm d-1 being inserted) for DJF(0/1) (left
panels) and MAM(1) (right panels). Results are based on NCEP reanalysis data for six selected warm
ENSO events and six cold events. Solid and dashed contours indicate positive and negative values,
respectively.
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1. Monsoons as Land-Atmosphere-Ocean Interaction
The monsoon is manifested as an atmospheric circulation system of land-atmosphere-ocean
interaction (LAOI) between continents and oceans in the seasonal cycle. The ocean has a large heat
content with longer climate memory of more than a year, but the land has a small heat content and its
climate memory is believed to be short (of less than a season). However, the land shows strong and
rapid heating (and cooling) in the seasonal cycle which in turn has a large impact on seasonal
atmospheric heating (and cooling) processes. The land surface processes which modulate the seasonal
heating, therefore, should also be responsible for interannual variability of the monsoons.
Some of the recent model studies emphasized relative importance of the ocean-atmosphere
interaction (OAI) compared to land-atmosphere interaction (LAI), particularly focusing on the strong
impact of large-scale sea surface temperature (SST) anomalies in the tropical oceans nearby the
continent. It should be noted, however, that to specify or distinguish the roles of LAI from those of
OAI and vice versa is very difficult or, may be nonsense, particularly, in the Asian-Australian
monsoon system because these two processes are strongly coupled to each other. In other words, the
LAI (or AOI) in the monsoon system should, in any case, be understood as part of LAOI.
In this review report, we will discuss the roles of LAI in the seasonal cycle and interannual
variability of the Asian and Australian summer monsoon system, based on the recent observational
and modeling studies.
2. Land Surface Quantities in LAI
2.1 Persistencies of Land Surface Quantities
The physical quantities of land surface which may posses anomalous atmospheric forcing or
climate memory effect can be 1) snowcover, 2) soil moisture, and 3) vegetation. The snowcover has
several effects on atmosphere and surface soil layer as follows: a) albedo effect controlling incoming
solar radiation, b) insulation of heat between the atmosphere and land surface by snowmass of small
heat conductivity, c) heat sink effect by melting process, and d) water source by melting process. The
first three effects can work to change surface energy transfer process while snowcover exists on the
surface. Only the fourth effect possibly has a climate memory even after snowmelt, by affecting soil
moisture content near the surface which is called “snow-hydrological effect” (Yasunari et al. 1991).
The snowcover and soil moisture anomalies over the Eurasian continent in the pre-monsoon seasons
have been thought to have large impact on the interannual variability of Asian summer monsoon.
Walsh et al.(1985) and Shinoda and Gamo (2000) investigated persistencies of some ocean and
land surface parameters as shown in Fig. 1, and noticed that the land surface parameters (snowcover,
NDVI) also have climate memory effect comparable to ocean surface parameters of sea surface
temperature (SST) and sea ice extent. Delworth and Manabe (1988, 1989) investigated time-space
characteristics of persistency of soil moisture, by using a GCM with a simple bucket-type land surface
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hydrological model. They showed a general tendency of long persistency (of more than 0.6 of onemonth auto correlation) in cold and wet regions and short persistency (of less than 0.4) in warm and
dry regions. The validity of this space characteristics were partly validated by observed soil moisture
data (Vinnikov and Yeserkepova, 1991; Vinnikov et al., 1996, 1999, Entin et al., 2000), suggesting
that the time-scale of soil moisture anomalies (defined with 1/e limit of the autocorrelation) may be at
most 2-3 months.
2.2 Data Sets for Land Surface Quantities
The data sets for validating these effects of snowcover are still limited. Most of the observational
studies have been made based on the snowcover extent (of frequency) data from the NOAA
operational meteorological satellites. Some studies also used ground-based snow depth measurement
for limited areas (e.g., the former USSR, USA, Canada etc.). The continental-scale snow mass (water
equivalent depth) information retrieved from satellite-based microwave data has become available for
the recent one or two decades (e.g., Koike et al., 2001) though some accuracy problems still exist due
to biases from vegetation and melting processes.
The soil moisture is a key parameter for land-atmosphere interaction in the climate system. The
snowcover and vegetation index (NDVI) are closely related to soil moisture as discussed later. The
anomaly of surface and near-surface soil moisture generally is likely to have persistence of several
days to several months, which may cause climate memory through anomalous surface energy and
moisture fluxes. However, this quantity is very difficult to measure adequately. The long-term in-situ
measurement of soil moisture is very limited both in time and space (Robock et al., 2000), and the
recent satellite-based indirect measurement using micro-wave sensors has still been limited for soil
moisture or wetness of very-near surface soil layer. The climate memory effect of soil moisture has,
therefore, been discussed basically based upon climate model experiments.
3. Role of LAI in the Seasonal Cycle of Asian Summer Monsoon
3.1 Seasonal Change of Circulation over Eurasia
Seasonal land surface heating and resultant atmospheric heating over Eurasia is manifested from
surface or lower tropospheric pressure field. Fig. 2 shows difference of monthly mean geopotential
field at 850hPa from April to May. Remarkable decrease of pressure is seen over southern Eurasia
centered over India/Tibetan plateau area. A similar pattern of pressure change is seen over Eurasia
from month to month for the period of March through July. In contrast, the pressure change over the
tropical and sub-tropical oceans is very small and positive (increase of pressure). The large decrease
of pressure change over Eurasia indicates seasonal heating of land, presumably centered over the
Tibetan Plateau and Mongolia. The decrease of pressure over north America is very small centered
over the Rockies, suggesting smaller heating over there compared to the Tibetan Plateau area.
The low-pressure area (called the “monsoon trough”) over the southern Eurasia at the surface and
lower troposphere induces moist southwesterly wind from the Indian Ocean (the southwest monsoon
flow) toward India, southeast Asia and east Asia, and dry northerly wind from the interior of the
Eurasian continent. The moist monsoon flow, in turn, induces convection and precipitation over the
south-eastern part of the continent, which plays a dominant role of atmospheric heating during the
monsoon season.
Very recently, Wang et al.(2004) has pointed out an important role of the existence of strong
vertical easterly wind shear over south Asia to the south of the Tibetan Plateau in the northward
migration of convective zone with intraseasonal time-scales (including the monsoon onset phase)
from the equatorial Indian Ocean toward the Himalayas. This implies that the atmospheric diabatic
314

heating over and around the Tibetan Plateau (which is primarily responsible for producing the
meridional thermal contrast and the vertical easterly shear over south Asia) is an essential element of
the Asian summer monsoon system.
3.2 Atmospheric Heating over Tibetan Plateau
The diabatic heating over and around the Tibetan Plateau is attributed to sensible heating from the
land surface and latent heating through cumulus convection. Some diagnostic studies based on the
MONEX (Monsoon Experiment) date for 1979 (Yanai et al. 1992, Li and Yanai 1996, Wu and Zhang
1998) estimated that sensible heating is dominated over the dry land surface of the Tibetan Plateau in
the pre-monsoon season, while latent heating through cumulus convection becomes dominant in the
wet monsoon season particularly in the eastern part of the Plateau. Ueda et al. (2003), based on the
GAME (GEWEX Asian Monsoon Experiment) reanalysis data for 1998, re-calculated the diabatic
heating rate over and around the Plateau and noticed that latent heating is relatively large even over
the western Tibet in the pre-monsoon season, which suggest that latent heating by dry shallow
convection along the Himalayan slope and over the Plateau in the pre-monsoon season may also be
important for seasonal heating up in the Asian monsoon system. Based on GAME-Tibet intensive
observation data for 1998 and a numerical simulation, Kuwagata et al. (2001) showed that local
mountain-valley circulation systems with diurnal cycles are dominated over the whole of the Plateau
during the monsoon season as shown in Fig. 3, and plays an important role in diabatic heating
processes over there.
4. Role of Eurasian Snowcover in All-India Monsoon Rainfall (AIMR) Anomaly
Blanford (1884) first noted the relationship between the Himalayan winter snowcover anomaly
and the succeeding All-India Monsoon rainfall (AIMR). Walker (1910) followed up his study and reconfirmed this negative correlation. Since 1960s the satellite-based snowcover extent data became
available, and so many studies have addressed this issue as a typical example of the role of LAI on the
interannual variability of Asian monsoon. Hahn and Shuka (1976) showed an apparent negative
correlation between the satellite-based winter snowcover extent anomaly over Eurasia and the
following ISMR, though the data used were only 9 years. Since then numerous similar studies have
been presented using some different indices of snowcover for winter and/or spring, and some different
indices of the Indian or Asian summer monsoon activity (Dey and Bhanu Kumar, 1982; Dickson,
1984; Bhanu Kumar, 1987, 1988; Chattopadhay and Singh, 1995; Kripalani et al., 1996; Shankar-Rao
et al., 1996; Morinaga et al., 1997, 2000; Bamzai and Shukla, 1999; Kripalani and Kulkarni, 1999,
2003; Robock et al., 2003). Some studies also discussed Eurasian snow-AIMR relationship, as part of
ENSO-monsoon connections (Yasunari, 1987; Kahndekar, 1991; Yasunari and Seki, 1992; Yang,
1996; Yang and Lau, 1998; Kawamura, 1998; Ye and Bao, 2001; Liu and Yanai, 2002).
A central issue for the snowcover-IAMR connection may be how the climate memory of
snowcover in winter (or spring) anomaly can be conveyed to the following summer. Some GCM
studies attempted to this issue (Barnett et al., 1989; Yamazaki, 1989; Yasunari et al., 1991; Vernekar
et al.., 1995; Douville et al., 1996; Shen et al., 1998). Though some experiments have given
unrealistically large anomalous snowcover (snowmass) as an initial condition, both the albedo and the
snow-hydrological effect of anomalous snowcover could play, to some extent, to produce monsoon
anomalies in summer. The recent precise observational studies on seasonal march of temperature and
circulation field over Eurasia from spring to summer have shown that the influence of snowcover and
related soil moisture anomaly on the temperature and circulation anomalies in the lower troposphere
is limited primarily when and where snowcover exists seasonally as schematically shown in Fig. 4
(Shinoda et al., 2001; Ueda et al., 2003; Robock et al., 2003). Some studies have concluded, therefore,

315

that the snowcover-AIMR correlation may be an artifact resulted from a common atmospheric
circulation pattern which is responsible both for the snowcover anomaly and the AIMR anomaly
though the physical process for time-lag of one to a few months between these two parameters has not
yet been explained.
5. Role of LAI in the Seasonal Cycle of Australian Summer Monsoon
Australia is a round-shaped continent without complicated topography. It is located in the
subtropics and is mostly isolated from other continents. These characteristics make the Australian
continent an ideal experimental field in understanding the basics of monsoon dynamics. In this
subsection, we focus specifically on the contribution of land-atmosphere interactions to the seasonal
transition of the Australian monsoon circulation.
5.1 Differences between Wet and Dry Seasons
Figure 5a shows the difference in climatological monthly precipitation between its maximum and
minimum values in annual cycle. Areas where the wet-to-dry difference exceeds 300 mm concentrate
in South Asia, especially the southern periphery of the Tibetan Plateau, the northeastern part and west
coast of the Indian subcontinent, and the Indochina peninsula. In contrast, only a part of northern
Australia satisfies the 300 mm difference in precipitation. As for the Australian summer monsoon,
much rainfall is observed over the Arafura Sea, Coral Sea and the northern coast of the Australian
continent (not shown), but monsoon rainfall does not penetrate deep into inland, as compared to the
South Asian summer monsoon.
In a similar way, we present, in Fig. 5b, the difference in climatological normalized difference
vegetation index (NDVI) between its maximum and minimum values in annual cycle. Looking at
monsoon regions, the NDVI difference is large in the Indian subcontinent, the Indochina peninsula
and southern China. However, northern Australia has no large difference in NDVI. This suggests that
the seasonal change of vegetation activity in northern Australia is smaller than that in South Asia.
As suggested from these features, the South Asian summer monsoon system may be more
sensitive to land-surface hydrologic processes because its monsoon rainfall intrudes deep into inland.
Since the land area of the Australian summer monsoon system is very narrow, on the contrary, its
monsoon system might be sensitive to oceanic conditions (such as SST) rather than land-surface
conditions. So in that sense, few studies have been done about the impact of the land-surface
conditions, such as soil moisture variability, on monsoon variability over Australia. Recently, Timbal
et al. (2002) explored the importance of soil moisture variability in clarifying the lagged relationship
between ENSO and Australian rainfall, and demonstrated that soil wetness fluctuations contribute to
an increase in the persistence and the variability of surface temperature and precipitation over the
continent. They further noted that a representation of soil moisture variability is a prerequisite for the
skill of seasonal forecasting of the Australian climate. Their findings suggest that we cannot disregard
the land-surface hydrologic conditions of the Australian continent that also influence differential
heating between land and ocean.
5.2 Continent Forcing and its Association with Abrupt Onset
The presence of a continent is expected to affect low-level atmospheric circulations over land and
its surrounding ocean, through enhanced land-ocean thermal contrast, prior to monsoon onset. Hung
and Yanai (2004) emphasized that such thermal contrast due to differential heating between land and
ocean serves as a seasonal preconditioning for the onset. Figure 6 shows the latitude-height
composites of the meridional circulation averaged over 115°-150°E before and after the onset day
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(Hung and Yanai 2004). Prior to the onset, it can be seen that sensible heating induces a thermallyinduced meridional-vertical circulation, characterized by the outflow above 700 hPa and low-level
inflow below 925 hPa over the continent. This vertical circulation, which is clearly separated from the
ITCZ near the equator, helps to transport low-level moist air inland. A narrow region of descending
motion near 15°S is also evident before the onset. Once the monsoon commences, the vertical
circulation system induced by the sensible heating and the ITCZ system merge together, and the
region of descending motion is replaced by that of ascending motion.
The premonsoon circulation features that they pointed out are also noted by Kawamura et al.
(2002). During the premonsoon period, the sensible heating from the land surface results in a
continental-scale thermal low at the lower level below 850 hPa and a thermal high at 600-700 hPa
level, in conjunction with the shallow vertical circulation (see Fig. 6). The dominance of these
circulations leads to dry intrusion into the layer at ~700 hPa over the Arafura Sea and Coral Sea
through the horizontal and vertical advective processes. Since SSTs rapidly increase in the Arafura
Sea and Coral Sea prior to the onset, a combination of the SST increase and the dry intrusion creates a
more potentially unstable condition. While the subsidence in the periphery of the continent suppresses
convection, potentially convective instability is further intensified. If large-scale disturbances with
ascending motion, such as the Madden-Julian oscillation (MJO), arrive at the domain where the lower
troposphere is potentially unstable, deep cumulus convection breaks out suddenly, implying the onset
of the monsoon. The role of MJO in the onset process is also documented by Hendon and Liebmann
(1990) and Hung and Yanai (2004).
Continent forcing (sensible heating) is critical in the onset mechanism proposed by Kawamura et
al. The continent forcing is also able to change surface wind stress on the ocean surface in the
periphery of the continent, through the effects of geostrophic balance and surface friction (e.g., Xie
and Saiki, 1999), resulting in anomalous SST and surface ocean currents. In the case that a continent
is away from the equator, prior to the onset of the summer monsoon, westerly wind stress anomalies
are induced due to geostrophic balance over the ocean off the equatorial side of the continent where
trade winds dominate. Attenuated trade winds lead to decreased surface evaporation and thus
increased SST. As a result, very high SSTs, different from other oceanic regions, cover the ocean off
its equatorial side before the onset, which also acts as an important preconditioning for the abrupt
onset (see Fig. 6 again). To fully understand why monsoon onset is abrupt, thus, we need to consider
not only the land-atmosphere coupling over the continent but also the ocean-atmosphere coupling in
the vicinity of the continent. Minoura et al. (2003) demonstrated that Kawamura et al.’s onset
mechanism could apply to the abrupt onset of the Indian summer monsoon at the beginning of June.
As has been discussed in section 4, the land-surface hydrologic conditions of the Asian continent
prior to the monsoon onset are likely to affect the following Asian monsoon variability. We need to
examine whether or not such land-surface conditions during premonsoon period are also important in
the Australian summer monsoon variability. Likewise, soil wetness is expected to play an influential
role in the persistence of monsoon rainfall after the onset through a feedback process. Further studies
are required on the significant impact of soil moisture variability on the Australian summer monsoon
system in terms of various timescales (e.g., intraseasonal and interannual timescales).
6. New Aspects of LAI in the Monsoon System
6.1 Role of Vegetation
As has been discussed in section 2, the time-scale of climatic memory effect of soil moisture is
likely to be around 2-3 months (or less). However, this time scale may be changed to further longer, if
we include the role of vegetation with deep root zone and control mechanism of evapo-transpiration.
The long-term observations of surface energy and water fluxes in some vegetated regions conducted
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as part of GAME-AAN (automatic AWS Network) have revealed some new roles of vegetation in
climate memory effect. In the evergreen monsoon forest in northern Thailand, for example, the
seasonal maximum of evapo-transpiration appeared in the midst of the pre-monsoon dry season
(March to April) which suggest that soil moisture fed by monsoon rainfall in the previous year is
maintained for more than a half year in a deeper zone (possibly several meters depth or more) and is
gradually transpirated from the forest leaves depending upon the atmospheric condition (Tanaka et al.,
2003; 2004). On the other hand, in the Siberian cold region in Taiga, the seasonal cycle of energy and
water fluxes from the surface was completely controlled by phenology of Taiga forest combined with
melting and refreezing of permafrost; latent heat flux started at the foliation and ended at the falling of
leaves (Ohta et al. 2001). These results suggest that continental-scale vegetation may be in reality a
key parameter for controlling surface energy processes. Some recent GCM and regional model studies
(e.g., Kanae et al. 2003, Shinoda and Uyeda 2002, Xue et al. 2004, Wang et al. 2001, Yasunari et al.
2004) also have suggested that even the regional and continental-scale monsoon circulation and
precipitation change considerably by changing the vegetation parameters (albedo, field capacity,
evapotranspiration efficiency etc.)
6.2 Role of Frozen Ground and Permafrost
Another new process to be included in LAI is a role of permafrost and melting/ freezing process
of surface and subsurface layer in controlling seasonal energy and water cycle. As described in the
previous subsection, Taiga and permafrost is likely to be a combined system (Ohata et al. 2001).
Recently, water cycling processes of this system has been proved using the isotope hydrological
method including precipitation, evapotranspiration from the Taiga forest, water transport through root
zone and water movement in the seasonally-melting zone of permafrost, which suggests the soil
moisture anomaly at near-surface layer has a memory effect of one year or longer (Sugimoto et al.
2003). Takata and Kimoto (2000) conducted a GCM simulation of seasonal cycle of the Eurasian
continent, using a land surface model including a more realistic soil-freezing/melting process with
impermeability of water in the frozen layer. They found that by including these processes surface
temperature increased considerably in summer due to decrease of soil moisture and suppression of
evaporation, which in turn strengthen the monsoon circulation in the tropics and subtropics. The cause
of the soil moisture decreasing in summer is resulted from increase of runoff in spring due to the
existence of impermeable layer of water in the near sub-surface layer. These processes are thought to
be more realistic which most of the land surface models have not treated yet. These processes may be
essential not only in Siberia but also on the Tibetan Plateau. Xu et al. (2001) estimated surface energy
and water balance on the Tibetan Plateau using many station-based data, and found the efficiently
large runoff and sensible heat (e.g., suppression of latent heat) from dry surface in the pre-monsoon
season. Under this climate condition, freezing/melting process with its seasonal timing may
effectively control the surface Bowen ratio, which in turn should be important for interannual
variability of atmospheric heating over there. The recent long-term observation of surface energy
balance on the center of the Plateau for several years as part of GAME-Tibet (CAMP-Tibet) has
supported the importance of these processes (Ishikawa et al. 2004).
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Figure 1. Autocorrelation of monthly anomalies for northern Pacific SST, arctic sea ice, Eurasian snowcover
and 700hPa height (Walsh et al. 1985). That for NDVI anomalies at Sahel region, Africa (Shinoda and Gamo
2000) is also plotted.

Figure 2. Difference of monthly mean 850hPa height climatology between April and May. Negative (positive)
areas show height decreases (increases) from April to May.
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Figure 3. Difference of brightness temperature of water vapor channel of GMS-5 satellite between 1300 UTC
and 0100 UTC (1300 UTC – 0100 UTC) averaged for May, June and September of 1997 and 1998. . Only the
pixels greater than 260K are included. Contours show altitudes of 4400, 5000, 5200, 5400 and 5600m MSL.
(Kuwagata et al. 2001).

Figure 4. Schematic diagram illustrating snowcover and atmosphere interactions over central Eurasia for the
early and late snow disappearance. Hatching (dotting) indicates vertical and seasonal ranges of stable boundary
layer (advection of southern warm air towards central Eurasia). Thick black (white) arrows denote the effect of
atmosphere on snow cover (the effect in the reversed direction). (Shinoda et al. 2001).

323

(a)

(b)

Figure 5. (a) Difference in climatological monthly precipitation between its maximum and minimum values in
annual cycle. The data used are the monthly total precipitation series (Version 1.02) produced by Cort J.
Willmott and Kenji Matsuura. Unit is mm. (b) As in (a) but for normalized difference vegetation index (NDVI).

Figure 6. 1979-93 latitude-height composites of the meridional circulation (v, omega; arrows) and values of
omega (Pa s-1) averaged over 115°-150°E: (a) from 7 days to 1 day before the onset, and (b) from the onset day
to 6 days later. Areas of upward motion (negative omega) are shaded. (Hung and Yanai 2004.)
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Figure 7. Schematic diagram representing what dynamic and thermodynamic processes are crucially responsible
for the occurrence of the onset of the Australian summer monsoon. (Kawamura et al. 2002)
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20. MONSOON INTERNAL DYNAMICS

MARK J. RODWELL
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E-mail: mark.rodwell@ecmwf.int

1. Introduction - Monsoons within the Global Circulation
Figure 1a shows June - August mean observed precipitation, low-level winds and 500 hPa
geopotential heights. The summer monsoon rains of Asia, North Africa and Central and North America
are clearly visible. In the December - February season (Fig. 1b), similar summer monsoons occur over
South America, Southern Africa and Australia. The rains associated with all these monsoons sustain
one-half of the human population.
Monsoons also play a major role in the mean global circulation. For example, Fig. 2 shows results
from Rodwell and Hoskins (2001). Figure 2a shows the observed June - August mean low-level winds
and streamfunction. It is known that much of the moisture that sustains the Asian monsoon is carried by
the cross-equatorial flow in the Indian Ocean and by the easterlies on the southern flank of the North
Pacific subtropical anticyclone (Saha 1970; Kishtawal et al. 1994; Murakami and Matsumoto 1994).
Figure 2b shows the low-level streamfunction in an idealized primitive equation model simulation that
includes the world’s orography but no zonally-asymmetric heating (associated with monsoon latent
heat release for example). Note that the cross-equatorial flow and North Pacific subtropical anticyclone
are much weaker than observed. When the same model is forced by the observed monsoon heating
within the box indicated in Fig. 2a, the cross-equatorial flow and the North Pacific subtropical
anticyclone become comparable to those observed (compare Fig. 2c with Fig. 2a), (see also Chen et al.
2001). Thus the monsoons and the subtropical circulation would appear to be intimately related. In
addition, the (partly monsoon-induced) tropical/subtropical atmospheric circulation leads to a forcing
of the oceanic circulation and, as Chou et al. (2001) demonstrate, oceanic heat transport would appear
to be an essential ingredient for the poleward extension of the continental monsoons. Hence, on
timescales longer than intraseasonal, the monsoons must be viewed as a component of the fully coupled
tropical/subtropical circulation.
Rodwell and Hoskins (2001) also highlight how the monsoons can force equatorward flow on their
western flanks. This is seen, for the case of the Asian monsoon, over the eastern Mediterranean and
Sahara regions (compare the streamfunction fields in Fig. 2b and Fig. 2c). They argue that, in the
absence of local diabatic effects, this flow must descend down the sloping isentropes. In doing so, the
air warms (adiabatically) and its relative humidity drops, thus inhibiting local convective heating and
encouraging radiative cooling (a so-called local diabatic enhancement). They argue therefore, that
monsoons promote desert conditions to their west. Although inhibiting Saharan convection, one can
speculate that this Saharan equatorward flow is likely to transport considerable moisture from the
Mediterranean to tropical Africa and may promote a narrow, intense North African monsoon. Hence,
there is also likely to be interaction between monsoons.
In addition to transporting moisture, the strong low-level monsoon inflow can also advect absolute
vorticity poleward. This advection can be viewed as an essential feature for maintaining Sverdrup
vorticity balance within the monsoon convection region (Rodwell and Hoskins, 2001). There is also the
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possibility that perturbations to (or instabilities of) these low-level “jets” could give rise to synoptic or
intraseasonal variability in monsoon rainfall (Rodwell and Hoskins 1995, Tomas and Webster 1997).
Rodwell (1997) explored the possibility that the Arabian Sea inflow to the Asian monsoon could be
perturbed by southern hemispheric midlatitude synoptic systems. Based on a couple of case studies,
idealized primitive equation modelling and a limited set of GCM experiments, that work suggested that
an “injection” of negative potential vorticity, low specific humidity, air from the southern hemispheric
midlatitudes could result, a few days later, in an anticyclonic turning of the monsoon inflow over the
Arabian sea and consequent changes in monsoon precipitation. A more systematic analysis, made for
this review, using ERA40 wind data (Simmons et al. 2005) does show acceleration (presumably
associated with inertial instability) and anticyclonic turning of the flow over the Arabian Sea following
16 observed “injection” events (Fig. 3a). Although the precipitation signal (obtained from Xie and
Arkin (1997) pentadal rainfall observations, Fig. 3b) is strong, it is different from that found in the
previous GCM experiments. Whether this difference (if significant) reflects model or observed rainfall
errors is unclear. What is clear, however, is that the dynamics of the monsoon low-level jets is an
important feature in monsoon (intraseasonal) variability.
2. The State of Knowledge of Monsoons
Since the primary reason for monsoon research is to improve forecasts, one could argue that the
present state of knowledge of monsoons can be gauged by quantifying biases and forecast errors
inherent in present climate and NWP forecast models. This paper starts from this standpoint, partly
necessitated by the author’s present role in operational diagnostics and predictability associated with
the European Centre for Medium-range Weather Forecasts (ECMWF) integrated forecasting system
(IFS).
Figure 4 shows the precipitation, low-level wind and 500 hPa geopotential height biases of the
ECMWF climate forecast system for (a) June - August (JJA) and (b) December - February (DJF). The
biases are derived using seasonal hindcasts of the IFS model. The model integrations were made at a
spectral triangular resolution of T95, initiated on 1 April for JJA and 1 October for DJF, for the years
1962-2001. Wind and geopotential biases are relative to ECMWF 40-year Re-Analysis (ERA40)
dataset (Simmons et al. 2005). Precipitation biases are calculated using only the hindcasts from the
years 1979-1999 to be consistent with the observational Xie and Arkin (1997) dataset. In JJA (Fig. 4a) a
large precipitation deficit is seen over Southeast Asia and the Maritime continent. Over the Himalayas
(and also India) precipitation is seen to be too strong. Figure 4b shows that the South American
monsoon rains are also in deficit with enhanced precipitation over the Andes relative to the
observations. The North African monsoon (Fig. 4a) appears to be intensified and shifted north.
Coincident with, and possibly associated with, these precipitation biases there are rather strong
systematic low-level wind errors (for example, over the subtropical north Atlantic, Fig. 4a). North
Pacific and Western North American biases in 500 hPa geopotential heights are also very evident in
DJF (Fig. 4b).
Figure 5 shows root-mean-square errors in day+1 numerical weather prediction (NWP) forecasts of
temperature at 925 hPa from the ECMWF operational IFS. Although monsoon regions may be areas of
relatively strong “activity” (i.e. regions were temperature anomalies from climatology are likely to be
large), it is nevertheless clear from these figures that they represent some of the poorest forecast regions
of the globe. It is hard to imagine how the prediction of monsoon variability on timescales from days to
weeks can be improved without a reduction in the systematic errors displayed in Fig. 4. While
recognizing the importance of understanding and forecasting monsoon variability, this paper will
therefore focus on understanding and reducing systematic error.

327

3. The Role of Aerosol in Monsoons Dynamics
In October 2003, a new version of the IFS was introduced and a major improvement was noted in
the North African monsoon precipitation and low-level winds over the subtropical North Atlantic. One
of the changes made to the IFS was a change in the aerosol climatology used. In particular, there was a
strong reduction in sand-dust over the Sahara. Seasonal hindcasts for the years 1962-2001 were made
using the new version of the IFS (Fig. 4 actually showed biases using this new model version but
incorporating the old aerosol climatology).
The effect of the sand-dust reduction is a 30-40 Wm-2 reduction in boundary layer absorption of
in-coming solar radiation. Since more solar radiation reaches and warms the surface, this boundary
layer cooling effect is partly balanced in the column mean by increases in surface upward longwave and
sensible heat-fluxes. However, there is not a perfect cancellation and, as shown in Fig. 6a, there is a net
cooling change over the Sahara of 10-20 Wm-2. (Aerosol was seen to have a similar impact on surface
and top-of-the-atmosphere shortwave radiation during winter in the INDOEX (Ramanathan et al. 2001
observation region). Since this boundary-layer cooling acts to stabilize the atmospheric column, it
cannot be balanced by increased convective heating and so must be balanced by dynamical (adiabatic)
warming due to descent (or horizontal advection). This descent inhibits the northward extension of the
North African monsoon and, thus, improves the precipitation bias. The change in precipitation is shown
in Fig. 6b and the improvement in the bias can be seen by comparing the systematic errors with the new
aerosol (Fig. 7a) with those of the old aerosol (Fig. 4a). Note that the atmospheric latent heating
decrease (≥80Wm-2 over the much of the North African monsoon region) is substantially larger in
magnitude than the direct radiative effect (10-20Wm-2) that causes it. This represents an important
positive feedback, which should be represented and validated in models. Also in this context, it would
be interesting to investigate the role of aerosol in triggering a monsoon onset.
Also evident in Fig. 6b are major changes in the low-level winds over the subtropical North Atlantic
(and south of Africa). Comparing Fig. 4a and Fig. 7a again shows that these changes represent an
improvement. The subtropical North Atlantic wind changes and the precipitation changes over the
western tropical Atlantic and southern Asia are associated with changes in the stationary equatorial
waves (Matsuno 1966, Gill 1980) forced by the North African monsoon change. Note that the
radiative+surface heating of the atmosphere, Fig. 6a, outside the Saharan region can also be viewed as
the indirect effect, via e.g. cloud cover, of the response to Saharan forcing. The tropical Atlantic wind
bias improvements may, in the coupled ocean-atmosphere model, also lead to improvements in the
tropical Atlantic thermocline tilt and thus improvements in low-frequency coupled variability. At the
other end of the timescale, Fig. 6c shows the improvement in medium-range operational forecast skill
for North African near-surface temperatures for the summer of 2003. At the generally accepted
threshold value of 0.6, 1½ days' predictability has been gained. Although the two IFS versions
compared in Fig. 6c have several differences, it seems likely that the aerosol change is a major factor in
this improvement.
Improvements in the global circulation also result from the change in aerosol. Figure 8 shows
systematic error (relative to ERA40) in the 150hPa streamfunction (black contours), divergent wind
(vectors) and “Rossby wave source” (shaded) together with the mean absolute vorticity (grey contours).
A strong quadrapole-pattern centered over equatorial Africa can be seen in the streamfunction bias for
the old aerosol climatology (Fig. 8a) but this is almost absent with the new aerosol climatology (Fig.
8b). This change can also be explained as the equatorial wave solution to the change in African heating
(Matsuno 1966, Gill 1980). The Rossby wave source represents a forcing on vorticity by divergence
and advection (by the divergent wind). It can be applied as a forcing to the barotropic vorticity equation
to assess the impact of tropical convection on the extratropical circulation (Sardeshmukh and Hoskins;
1988). There is a negative Rossby wave source bias over the Mediterranean in the old model (Fig. 8a)
that is stronger than in the new model (Fig. 8b). It is related to anomalous vorticity advection associated
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with anomalous divergent North African monsoon outflow crossing strong mean gradients in absolute
vorticity over the Mediterranean in summer (Fig. 8a). Hence it is clear that the systematic error in the
North African monsoon not only has a strong impact on the tropical circulation but also has the potential
to impact the extratropics too. With the improvement in the North African monsoon, the focus for
further reduction in bias is clearly drawn to Southeast Asia (Fig. 8b).
Figure 7b shows the systematic errors associated with the new ECMWF aerosol climatology in
DJF. Comparison with Fig. 4b shows a marked improvement in the North Pacific / western USA 500
hPa geopotential height (Z500) biases. Interestingly, this improvement has also been directly attributed
to the change in (primarily Saharan) aerosol.
For JJA, sensitivity experiments have been made to assess the impact of other potential aerosol
changes. The effect of increasing Asian aerosol in the model (to values derived from MODIS), which
represents a smaller aerosol change than that discussed above, does lead to a net boundary-layer
warming of around 8-16 Wm-2 (not shown) but there is little significant change in Asian monsoon
precipitation. This result suggests that the effects of the “Asian Brown Cloud” on summer monsoon
precipitation may be less dramatic than those seen above.
The new ECMWF aerosol climatology (based on transport modelling results by Tegen et al., 1997)
shows a large amount of aerosol blowing off the Horn of Africa in summer, resulting in the largest
optical depths anywhere over the globe or time of year (values exceed 1.0 in August). However Vinoj
and Satheesh (2003) noted that the aerosol over the Arabian Sea appears to contain a high percentage of
sea-salt and this leads to less absorption, more scattering and a weaker atmospheric shortwave heating
effect of perhaps 4Wm-2. Hence a sensitivity experiment was made with an Arabian Sea reduction in the
model’s aerosol climatology. Results (not shown) indicate a shortwave boundary-layer cooling which is
not offset by surface flux changes as the sea has a large (in these experiments infinite) heat capacity.
Hence these aerosol changes do lead to modest but statistically significant changes (generally
improvements) in precipitation over India and the South China Sea (not shown).
Hence, the importance of aerosol in monsoon (and global) dynamics would appear to be highly
variable. In some places (perhaps over ocean or where there is a strong interaction with the
Inter-Tropical Convergence Zone) aerosol may play an important role. For Asia, however, local
improvements in the aerosol climatology do not result in a decrease in precipitation biases. Another
approach to understanding Asian systematic error in the ECMWF IFS is needed and this is discussed in
the next section.
4. Tendency Budgets
Klinker and Sardeshmukh (1992) argued that, when averaged over the diurnal cycle (and with the
annual cycle removed), the temperature tendency at any point should be approximately zero. This
applies equally for other quantities such as specific humidity and zonal wind etc. Within a forecast
model timestep, these “total tendencies” are the sum of several “sub-tendencies” associated with
dynamics (advection for example) and physical processes (such as convection and radiation). Assuming
that the initial conditions of a forecast integration are accurate, then a systematic error in one or more of
the sub-tendencies is likely to make the initial total tendency non-zero. As the integration continues, the
atmosphere will adjust (in the mean) so that balance is restored about a new (biased) atmospheric state.
Hence, to the extent that model biases relate purely to local tendency errors, their cause may be readily
identifiable from the initial sub-tendencies (before the various modeled processes have had time to
interact). Even if biases are associated with non-local process errors, it is still important (for these
biases) that the initial total tendencies should be zero. Klinker and Sardeshmukh were able to
demonstrate that this approach was useful at identifying problematic processes within a forecast model.
Here a similar approach is taken with the aim of identifying the reasons for the JJA precipitation deficit
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over the Southeast Asian region.
Figure 9 shows mean vertical profiles of 1st timestep tendencies in temperature (left) and specific
humidity (right) in the Southeast Asian / Maritime continent region associated with the major processes
within the ECMWF model. Also shown (red) are the total tendencies and the temperature and humidity
biases at day 5 (black).
It is clear that the total 1st timestep tendency is not zero. For temperature, there is an overall
warming at 4hPa, a cooling at around 36 hPa and a stronger cooling between 353 and 728 hPa. Near the
surface, a large warming is apparent. With the exception of this near-surface warming, the day 5 bias
(black) does indeed show a resemblance to the total tendency in the 1st timestep.
By inspecting the temperature sub-tendencies at 4hPa, it appears that the radiative heating (green
dashed) may be implicated in the warm bias. By pursuing this possibility, an obscure but important
“bug” was found in the radiation scheme that was manifested as increased solar absorption by ozone at
sunset and a bias in day 5 temperatures.
Although the major terms in the mid-tropospheric thermal balance (Fig. 9, left) are convective
heating (dashed purple) and dynamic (adiabatic) cooling (dotted green), it is the radiation tendency
profile (dashed green) that most closely matches the total tendency error. One hypothesis may be that
there is an error in the cloud in the 1st timestep that results in an incorrect radiative heating profile
(although it could be a simple bias in cloud, it could also be more complicated; for example an error in
the timing of cloud within the diurnal cycle). Another hypothesis is that there is insufficient (upward)
convective moisture transport and thus a lack of convective heating aloft. It will be apparent to the
reader that identifying the cause of tropical profile biases is a difficult task. The above approach does
help simplify the problem substantially and future work will focus on assessing the above hypotheses
for the extensively observed TOGA-COARE campaign.
For both temperature and specific humidity, the large near-surface 1st timestep total tendency is
clearly associated with the vertical diffusion term. However, for subsequent timesteps (e.g. timesteps 2
and 3) the diffusion term is much smaller and this may explain why the low-level day 5 bias (black)
does not look like the 1st timestep tendency. The implication is that it is the initial conditions that may be
in error near the surface and one hypothesis is that this may be associated with the interpolation of the
T511 analysis to the T159 resolution of the model used or with the different form of vertical diffusion
used in the (4 dimensional variational) data assimilation process. Further work is planned to investigate
this issue.
It is also interesting to note that the 1st timestep dynamic moisture tendency (Fig. 9, dotted green,
left) shows a lack of horizontal moisture convergence at low-levels. This may simply be due to the large
averaging area used (and that smaller-scale moisture convergence does indeed occur). Nevertheless,
further analysis is planned here too.
Other aspects to be investigated by this approach are the negative bias in South American monsoon
rainfall and the thermal forcing above the Tibetan plateau (Molnar and Emanuel 1999). For the
TOGA-COARE period, it may also be possible to investigate the model’s 1st timestep forcing of the
diurnal cycle.
5. Conclusions and Discussion
The world’s monsoons play a vital role in local agriculture. They are also an integral component of
the tropical and subtropical circulation. It has been argued here that our understanding of monsoons can
be gauged by how well we represent and forecast them in numerical weather and climate prediction
models. It has been demonstrated that some of the largest climate forecast biases and NWP errors (for
the ECMWF forecast system at least) occur in the monsoon regions.
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The seasonality of monsoon rainfall (with very dry spells prior to monsoon onset), the proximity of
monsoons to desert regions and the strong on-shore winds associated with monsoons all suggest that
aerosol could play an important role in monsoon dynamics. Here, it has been shown that aerosol can
directly affect the tropospheric heating profile (for example over the Sahara and Sahel) and,
importantly, its effect can be greatly magnified by the triggering of moist processes. This is not always
the case, however, and the “Asian Brown Cloud” (which is actually largest in winter) may not be very
influential in reducing biases in (ECMWF IFS) Asian summer monsoon precipitation. The assimilation
and prediction of aerosol is absent from most operational forecasting systems at present. It is the
absence of features such as this that offer hope that the rather low levels of monsoon potential
predictability estimates (calculated assuming a model is perfect) could still be underestimates of true
ultimate predictability.
Since aerosol alone does not appear to be responsible for the negative precipitation bias seen over
Southeast Asia in the ECMWF forecast model (climate resolution), an attempt has been made to
understand errors in the vertical profile of heating and moistening. By concentrating on the 1st timestep
of a forecast, the reasons for the biases in the vertical profile can (hopefully) be attributed to particular
dynamical or physical process failings. The approach has lead to the identification of two obscure
model “bugs” (one mentioned here) and several further hypotheses that are being investigated at
present.
Important issues, not discussed here, such as the moisture budget (including the surface hydrology
and the re-cycling of moisture through re-evaporation and subsequent re-precipitation) require
considerable validation within models. The sensitivity of monsoons to model resolution is also an
important topic. Topics such as the role of the land surface and oceans and aspects such as variability on
timescales from synoptic to interdecadal are addressed in companion papers.
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mm day-1

(a) JJA

(b) DJF

Figure 1. Seasonal-mean precipitation (shaded), 925 hPa horizontal winds (vectors) and 500 hPa
geopotential heights (contoured with contour interval 10 dam) for (a) June - August and (b) December February. Precipitation data is from Xie and Arkin (1997) for the period 1979-1999. Wind and
geopotential data are from ERA40 for the period 1962-2001.
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(a) OBS

(b) MNTNS
ONLY

(c) MNTNS +
ASIAN HTNG

Figure 2. June - August mean 887 hPa streamfunction and (for (a) horizontal wind vectors). (a) From
European Centre for Medium-range Weather Forecasts (ECMWF) operational analyses for the period
1990-1994. (b) For day 16 of an integration of a primitive equation model with orography but no
zonally asymmetric diabatic forcing. (c) For day 16 of an integration of the same primitive equation
model with orography and prescribed" observed" diabatic forcing. The contour interval is 2x10-6 m2s-1
with positive contours solid, the zero contour dotted and negative contours dashed. The largest wind
vector is approximately 10 ms-1. Figures are from Rodwell and Hoskins (2001).
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(a)

(b)

Figure 3. Anomaly composite following the “injection” of southern hemispheric midlatitude air
into the cross equatorial (“Findlater”) jet. An injection event is defined as a day when the mean
meridional wind in the box [30°E-50°E, 30°S-18°S] is greater than +8.5ms-1. 16 such events are
identified within June-August over the years 1979-2001. (a) 850 hPa winds averaged over the
period 4 to 8 days after the injection event. (b) Precipitation based on pentads starting between 2
to 9 days after an injection event. Wind data comes from ERA40 and black vectors indicate
statistical significance of meridional or zonal wind at the 10% level. Precipitation data comes
from Xie-Arkin pentadal rainfall observations. Only precipitation anomalies significant at the
10% level are shown and units are mm day-1.
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mm day-1

(a) JJA

(b) DJF

Figure 4. ECMWF climate hindcast biases in precipitation (shaded), 925 hPa horizontal winds (vectors)
and 500 hPa geopotential heights (contours with interval 2 dam). The integrations are made with model
version CY26R3 at a horizontal spectral resolution of T95 and incorporate the "old" (Tanre et al. 1984)
model aerosol climatology. Hindcasts are for the period 1962-2001. Biases are relative to the
observational data shown in Fig. 1. The data used from the hindcasts is that coincident with the
observations. Wind vectors are only plotted when the windspeed change is significant at the 10% level
and grey geopotential height contours indicate lack of statistical significance at the 10% level. Positive
contours are solid, negative contours are dashed and the zero contour is omitted.
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(a) JJA

(b) DJF

Figure 5. Root-mean-square-error in 925 hPa temperatures from ECMWF T511 daily operational
forecasts. (a) For June - August 2003 using model version CY26R1. (b) For December 2003 - February
2004 using model version CY26R3.
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(a)

(b)

(c)

Figure 6. (a) The change in atmospheric heating associated with radiative and surface heat fluxes in
response to the change in model aerosol climatology. Data comes from two parallel sets of seasonal
hindcasts, initiated on 1 April for the years 1962-2001. Integrations are made with the ECMWF model
version CY26R3 with old and new aerosol climatologies, respectively, and at horizontal resolution T95.
Units are Wm-2. (b) The change in precipitation (shaded with units of mmday-1), 925 hPa horizontal
winds and 500 hPa geopotential heights (contoured with contour interval 2 dam, positive values solid
and negative values dashed) from the same two sets of hindcasts. In (a) and (b) only anomalies
significant at the 10% level are plotted. (c) Forecast skill (anomaly correlation) of 925 hPa daily
temperatures over the northern Africa box [20°E-40°W, 0°N-25°N] for the period June - August 2003.
Two model versions (both with their own analysis schemes) are shown, CY26R1 incorporates the old
aerosol climatology and CY26R3 incorporates the new aerosol climatology. (Other differences exist
between these two forecast system versions).
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mm day-1

(a) JJA

(b) DJF

Figure 7. As Fig. 4 but for hindcasts using the model version CY26R3 with the new (Tegen et al. 1997)
aerosol climatology.
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(a) OLD AEROSOL

(b) NEW AEROSOL

Figure 8. Biases in 150 hPa streamfunction (black contours with interval 2x106 m2 s-1, positive values
solid and negative values dashed), divergent wind (vectors) and Rossby wave source (shaded with units
5x10-11s-2). Biases are relative to ERA40 climatology. Also shown is the mean absolute vorticity (grey
contours with interval 10-5s-1). Model data comes from seasonal hindcasts initiated on 1 April for each
year 1962-2001. Integrations are made with ECMWF model version CY26R3 using (a) the old Tanre et
al. (1984) aerosol climatology and (b) the new Tegen et al. (1997) aerosol climatology.
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Figure 9. Vertical profiles of time-mean, area-mean 1st timestep tendencies in (left) temperature and
(right) specific humidity associated with individual processes (see legend) within the ECMWF forecast
model. Also shown (red) are the total 1st timestep tendencies and (black) the model biases at day 5. The
time-mean is over 4x92 forecasts started from 0, 6, 12 and 18Z analyses for each day in JJA 2003. Each
forecast is run for 5 days. The area-mean is over the Southeast Asian / Maritime Continent box
[90°E-120°E, 0°N-20°N]. Data is taken from every 5th model level and the pressures on the y-axis
represent the approximate pressures of these model levels. Integrations are made with model version
CY28R1 and with a horizontal resolution of T159.
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Abstract
This paper provides a review for some aspects of numerical weather prediction of the monsoon. Here the
data issues, state of monsoon forecasts of the current major global models, some results from regional highresolution models, the area of cumulus parameterization, and how perhaps we might cope with its difficulties
are addressed. The major issues of organization of convection and how high-resolution models are addressing
those is also being discussed here. The promise of the multimodel ensembles and the superensemble for
improving the state of forecasting of the monsoon is described in this paper. These procedures provide insights
on performance of various cumulus parameterization schemes as well. A short review on month long forecasts
of the low frequency motions such as the Madden-Julian Oscillations (MJO) and the Intra-Seasonal Oscillations
(ISO) of the monsoon are included in this paper. Finally a summary is provided on possible areas of future work
that emphasizes the need for more detailed observations over regions of steep orography and heavy rains; and
the modeling issues related to these regions.

1. Introduction
A short review of the current state of monsoon forecasts over Asia are presented here. Monsoon
forecasts span from the time scales of a few days to a season. Here the emphasis is on Numerical
Weather Prediction (NWP) methods. Numerous groups in USA, Japan, Australia, China, Europe, and
India have made major contributions in this area of research and operational practice. In this review
on numerical weather prediction of the monsoon, we show the current performance of several
numerical models. In recent years, major advances have occurred in data quality (those from surface,
aircraft and space based), assimilation, modeling in terms of resolution, representation of orography,
physical parameterizations of shallow and deep convection, radiative transfer (treatments of clouds,
details of diurnal changes and surface energy balance), surface and planetary boundary layer physics
for the fluxes of heat, moisture and momentum, and the inclusion of land surface processes. Both
high-resolution global, and very high-resolution regional non-hydrostatic microphysical models have
been deployed by numerous scientists to address the issues of monsoon life cycle. Forecast skills have
been gradually improving during the last two decades. Monsoon precipitation is one of the central
scientific issues. Improvements in forecasting daily rainfall on the medium range time frame of 5 to 7
days have come about from the use of improved physical initialization and the ensemble forecast
approaches. In this review we shall provide a short account on monsoon forecasts from this
perspective.
Physical initialization is a means for the improvement of the nowcasting of rain. This has been
formulated for different models that use different cumulus parameterization schemes, Krishnamurti et
al. (1991), Treadon (1996). It has been possible to improve the nowcasting skill of precipitation that
provides a correlation between the modeled initial rain and the satellite-based estimates to around 0.9
in a very consistent manner. That has been shown to have a major impact on the short-range forecasts
1
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of the monsoon. Studies on models’ sensitivity to other physical parameterizations have been
somewhat limited.
In the context of the multimodel ensemble and superensemble forecasts (Krishnamurti et al.,
1999, 2000a, 2000b, 2001, 2002), we show the current performance of a number of lead models over
the monsoon domain. We present here the skill scores for medium range forecasts of winds, sea level
pressure and precipitation. These were all part of a real time global forecast model intercomparison.
We note here that a measurable improvement in skill between 10 to 30 percent is achievable,
compared to all member models, from the construction of a multimodel superensemble.
Finally we show some results on forecasts of the Intra-Seasonal Oscillations (ISO) of the
monsoon that are carried out using a frequency filter within a low-resolution global model
(Krishnamurti et al., 1982, 1990c, 1992). That filter is only deployed at the initial state to remove all
high frequency motions, the initial state thus includes only a time mean state and a low frequency, and
the SST anomalies are prescribed. We show that the prediction of one cycle of the low frequency has
some skill. That information can be used to provide some guidance for the occurrence of the wet and
dry spells of the monsoon roughly a month in advance.
2. Weather and Climate Modeling of the Monsoon using Regional Models
a. Limited Area Models
With increasing economic activity, demand for high-resolution mesoscale meteorological
information if growing rapidly for the monsoon region. For a number of regions of the world, regional
mesoscale models at high-resolution have shown that they can provide realistic short-range forecasts.
Developed nations have put huge resources for real-time regional NWP. With availability of enhanced
computing and communication resources, efforts on regional numerical prediction for monsoon also
have increased in Asia. At India meteorological Department (IMD), New Delhi, the Florida State
University Limited Area Model (FSULAM) (Krishnamurti et al., 1990b) has been run operationally
for short-range weather prediction and for tropical storm prediction over the monsoon region. A host
of community based regional mesoscale models is available freely for research and real-time use. As
the requirement of high resolution (horizontal and vertical) increasing, the need for non-hydrostatic
computations is becoming common. However, the requirements for mesoscale predictions over the
complex mountain regions of the Himalayas are different (Das et al., 2003).
Numerical modeling for the tropical low-latitudes and especially for the Asian monsoon was
initiated at the Florida State University about 3-4 decades ago. Those studies were carried out with the
FSULAM at various horizontal and vertical resolutions, having detailed computations for the physical
processes (Krishnamurti, 1969, 1987a, Krishnamurti et al., 1990b). The semi-lagrangian advection
scheme coupled with semi-implicit time integration scheme for the tropical weather systems were
appropriate and computationally economical. Use of generalized normal mode initialization for highresolution (50 km) tropical monsoon modeling was introduced for FSULAM. This state-of-the-art
limited area model could simulate the movement/landfall of tropical storms and was capable of
predicting monsoon rainfall events. However, during those initial years, lack of proper observational
data and assimilation schemes to produce mesoscale analyses were major hurdles for more accurate
prediction of monsoon systems. The model prediction skill is quite sensitive to initial and boundary
conditions. With the availability of unique high quality data sets (FGGE/MONEX, AMEX), the
FSULAM was capable of predicting the genesis and track movement of monsoon disturbances. The
importance of soil-moisture and associated feedback was realized for monsoon prediction using
FSULAM (Dastoor and Krishnamurti, 1991).
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The FSULAM at the IMD is being used on daily basis for the Indian Monsoon region for the last
two decades. It consists of 1° lat/lon horizontal resolution with 12 vertical sigma levels. The boundary
conditions and the initial analysis are taken from the operational version of NCMRWF global spectral
model. The flow field and precipitation from real time short-range forecasts associated with the
summer and winter monsoon for the Indian region is represented well by the this limited area model
(Roy Bhowmik and Prasad, 2001). However, as expected, at this low resolution, the orographic
rainfall associated with the Western Ghat Mountains of India is under predicted. During post-monsoon
period, when the orographic rain decreases and the rainfall belt moves to peninsular India, the skill of
this model is found to be much higher. By prescribing realistic initial moisture field (from INSAT IR
data) over the Bay of Bengal and Arabian Seas, the skill of the precipitation forecast associated with
movements of monsoon depression was improved considerably (Rao et al., 2001). When the model
resolution is enhanced to 50 km and 16 vertical levels, it could capture the mesoscale convective
organization associated with cyclonic storm and monsoon depression more realistically (Roy
Bhowmik, 2003). With enhanced resolution, the model could capture the heavy rainfall belt along the
Western Ghats as well.
A version of NCEP’s mesoscale ETA model is being used operationally at NCMRWF, India for
the monsoon region (Rajagopal and Iyengar, 2002) for producing forecasts up to 3 days. The
horizontal resolution is 32 km, and in the vertical, it has 38 layers. The mean layer depth in PBL is
roughly 20 meters. The initial and the boundary conditions are interpolated from the NCMRWF
global spectral model analysis and forecasts. The initial soil moisture and soil temperatures (3 layers)
are taken from the same global model. However, real-time SST, snow depth and snow cover analyzed
by NOAA/NCEP is used in real time as other surface boundary conditions. It produced more details of
rainfall distribution and intensity associated with the west coast and the Himalayan orography.
b. Nested Regional Models
Nested regional models for the monsoon are useful for providing regional details both in weather
and climate predictions. Kanamitsu and Juang (1994) simulated the Indian monsoon by nesting the
NCEP regional spectral model (~ 40 km/18L) to the NCEP global spectral model (T62/18L). The
onset and progress of monsoon for the year 1992 and the associated rainfall distribution was more
realistic in the regional nested model simulation. In another study, the NCEP ETA model (80km/38L
resolution) was nested to spectral COLA GCM (R40/L18) to simulate the contrasting 1987/1988
monsoons. The nested high resolution ETA model could simulate the anomalous distribution of rain in
a more realistic way (Ji and Vernekar, 1994).
c. Very High Resolution Mesoscale Regional Models
The fifth generation PSU/NCAR non-hydrostatic Mesoscale Model (MM5) has been installed and
tested for real time application for the Indian monsoon domain since 2002 (Das, 2002). The model has
been tested for the region with triple nesting at 90 km (Asia), 30 (India) and 10 km resolutions. The
innermost domain of 10 km has been placed over the different orographic regions and regions of
special interest to predict the mountain and severe weather patterns. The model was also tested at
cloud resolving scale (1 km resolution) for a heavy rainfall episode. Several weather systems during
active monsoon conditions, heavy rainfall events, tropical cyclone and western disturbances have
been simulated by the model with interpolated initial conditions taken from the NCMRWF/NCEP T80
global model analysis produced at NCMRWF operationally. At present, a variational data assimilation
system developed for MM5 at NCAR (Barker et al., 2004) is being adopted at NCMRWF for
operational use to produce mesoscale regional analysis. Mesoscale analysis from this system will help
in evaluating the model skill for the monsoon systems.
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A version of ARPS model of CAPS/OSU was also used to simulate two cases of monsoon
systems (Vaidya et al., 2004) at two different resolutions of 50 km and 25 km grid spacing with 25
vertical levels. The GEWEX 1.25°Lat/Lon resolution analysis was used for the initial and boundary
conditions. The details of the flow fields and precipitation associated with the features of the sub
synoptic patterns are verified reasonably with the observed analysis.
3. Monsoon Forecasts using Global Models
a. Sensitivity to Global Model Resolution
We shall next provide a summary of monsoon modeling related to the resolution issue.
Krishnamurti (1990a) carried out forecasts at various resolutions of a global model (Triangular
truncation T21, T31, T42, T63, T106 and T170), these range in resolutions of transform grid spacing
between 6 degrees to roughly 0.7° Lat/Lon. In this example the location of a monsoon depression at
day 5 of forecast was examined. It was noted that as the resolution increased, the location was slowly
placed by the forecasts very closed to the observed location of the depression. This is illustrated in
Fig. 1, where the observed flow field on day 5 at the 850 hPa is used as a reference, and dark points
indicate the locations of the centers of circulation for the various experiments with different horizontal
resolutions. Since organized convection is a very important process for the evolution of the monsoon,
it is not surprising that increased resolution would improve these forecasts. In a later study, that
resolution was increased by Krishnamurti et al., (1998a) to T255 (which has a transform grid
separation of around 45 km). In these experiments, improved monsoon circulation forecasts included
distribution of organized convection of mesoscale precipitating rain elements that resembled closely
to the observed precipitation signatures, these are illustrated in Fig. 2 (a, b). In this context, it should
be noted that it is not imperative that one needs a mesoscale non-hydrostatic microphysical model for
the accurate forecasts of the large scale monsoon, it is the ability of the model to predict the
organization of mesoscale precipitating clusters that is more important. The dimensions of the meso
scale precipitating clusters are of the order of 300 km, and at a global resolution of T255, those are
resolved by at least 8 transform grid points, thus a good cumulus parameterization scheme within a
high-resolution global model can carry and predict their organization as was seen in this study.
Predicting accurately each and every cloud may be important for defining the detailed structure of the
mesoscale cluster, but a high-resolution global model can effectively predict the organization of
convection out to at least 3 days.
b. Month Long Forecasts of Monsoonal Intra-Seasonal Oscillations
Other promising parallel efforts on the prediction of dry and wet spells of the monsoon have
emerged from statistical rather than deterministic efforts by many authors. In a recent study, Goswami
and Xavier (2003) noted from an analysis of historical data sets that there is a possible potential
predictability exits through almost 20 days in advance for break periods of the monsoon. The potential
predictability of active spells is only of the order of 10 days. The former appears to have large-scale
controls (Krishnan and Kasture, 1996), whereas the latter seem to have thermodynamic control as
well.
In a series of papers, Krishnamurti et al. (1982, 1990c, 1992), addressed a methodology for
predicting the monsoonal Intra-Seasonal Oscillations (ISO) on the time scale of 30-50 days. Because
of the relationships of the ISO to the dry and wet spells of the monsoon, this topic is of considerable
practical interest. This series of papers addressed forecasts over India, China and Australia. The
methodology consists of prescribing an initial state for an atmospheric global model, Krishnamurti et
al. (1998b), as the resolution T21 (21 waves Triangular Truncation). That initial state is derived from
roughly 120 days of past data sets. A band pass filter is deployed to extract the ISO time scale
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anomalies i.e. perturbation on the time scale of 30 to 50 days. Let us call it Q ISO . There is also a 120day average value Q that denotes a recent time mean of that variable. The initial state for any variable
Q is simply Q + Q ISO and this essentially filters out all high frequency motions. The sea surface
temperatures are similarly extracted to define the initial values. Since this is an atmospheric model,
the future oceanic state of the SSTs are simply obtained from an extrapolation of the SST anomalies
from the past 120 days into the future. Here the future projection is done by extrapolation of the phase
and amplitudes of the harmonic wave time series of the SSTA at each grid point. This permits the
slight movement of the SST anomaly over a one-month period while the range of forecast being
studied here.
This models initial state was so designed because the highest frequency modes have predictability
for a period of only one week. There are some very strong interactions between the ISO time scale
motion and the high frequency motions. Thus, the errors in the latter, after a one-week integration,
lead to large errors for the ISO. Filtering out these higher frequencies initially suppressed growth of
such errors at least through one cycle of the dry and wet spell, and it was thus possible to push the
forecasts of the ISO to well past one month. Even in these experiments where the higher frequencies
are initially absent, they still grow after a few cycles; see Fig. 3. Here results of integration over
several cycles and a rapid growth of the higher frequencies are clearly apparent after a few cycles of
the ISO time scale. In these integrations we noted a marked predictability for the ISO on a one-month
time scale, thus making it possible to address the issues of monsoonal dry and wet spells.
Figure 4 illustrates the ISO based on observations and the model forecasting for days 5, 10, 15,
20, 25, and 30. These are the wind fields at the 800-hPa levels on the time scale of the ISO. In this
example the analyzed (observed) and the model predicted fields show a great degree of similarity
during an entire one month forecast. The cyclonic and anticyclonic lobes of the low frequency motion
move meridionally and the predictability for the ISO appears quite high. The dry and wet spells of the
monsoon relate to the presence of parallel and antiparallel flows. If these predicted anomalies are
parallel to the climatological monsoon circulations, they tend to enhance the monsoon and a wet spell
prevails. Generally, the antiparallel geometry favors a dry spell. In that sense this one-month forecast
was very successful in predicting the intra seasonal wet and dry spells during the first month of this
forecast. It is also possible to assess this skill quantitatively. For this purpose, an anomaly correlation
of these forecasts was estimated from the 850 hPa streamfunction and is shown in Fig. 5. The
anomalies over the global domain (Fig. 5a) and for the tropical region (Fig. 5b) were predicted here at
an anomaly correlation of 0.6. This is a reasonably high value for the forecast of an anomaly. Thus,
overall this appears to be a promising method for predicting the passage over a month long period for
the ISO anomalies.
One obvious limitation of this model is the initial loss of skill in the first five days. That is clearly
apparent in Fig. 3. That loss of skill is attributed to a lack of proper initialization of the low frequency
initial state. The low frequencies were extracted from past data for all variables but no effort was
made to establish any kind of a balance for the different variables. Relating first the low frequencies
and assuring a balance among variables is not a trivial task. That area requires further research, if that
were possible we may be able to prevent the initial loss of skill and produce even better forecasts than
one displayed here.
4. Monsoon Forecasts and Sensitivity to Physical Parameterization Schemes
A number of recent studies have addressed the issues of physical parameterization to the modeling
of the monsoon. Among the different areas, that of cumulus parameterization has drawn the most
interest, Eitzen and Randall, 1999, Alapaty et al., 1994, Slingo et al., 1994, Zhang 1994, Rajendran et
al., 2002 etc. Alapaty et al., (1994) used the NRL/NCSU regional nested model (Madala et al., 1987)
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to study the impact of two different convection schemes (Kuo and Betts-Miller) on the prediction of
the winds and precipitation for one case of monsoon depression. In this experiment, the finer
resolution grid was 0.5° Lat/Lon and was nested to a coarser 1.5° Lat/Lon grid. Their conclusion was
that the Kuo scheme performed better for that case. Inclusion of parameterization for the land surface
processes made the simulations better in a case study (Raman et al., 1998). In another case study,
using the same model in a triple nested set up the importance of orography in the west coast was
shown for the heavy rainfall events (Wu et al., 1999). Cumulus parameterization is still somewhat
adhoc and does not blend with a large-scale model in a very natural way, i.e., the dynamics and
physics are somewhat unconnected in the sense that they are different components of separate
computations that are carried out sequentially within the time step of a model. It is however quite
apparent that monsoon evolutions in prediction models are very sensitive to the particular cumulus
parameterization one deploys. A cumulus parameterization scheme within a certain model behaves
somewhat differently if the same scheme is used in a different model. This has to do with the fact that
model resolutions, formulations of dynamics, rest of the physics, the boundary conditions and the
treatment of orography all end up dictating how a particular scheme equilibrates with that cumulus
parameterization scheme within one model. Thus it is somewhat meaningless to state that scheme A is
superior to scheme B from tests performed with a single model. However there are some gross
distinctions on the formulations of different schemes that do spell out the superiority of one scheme
over another regardless of what diverse models they are tested with. For example, a hard convective
adjustment does not properly represent the effects of an ensemble of clouds. Some schemes do not
describe the vertical structure of heating or moistening very well. Such deficiencies can be explored
using semi-prognostic tests using well-established field experimental data sets such as those from
GATE or TOGA-COARE.
For the monsoon systems, a number of case studies have been undertaken to study the impact of
parameterization procedures available for different physical processes. Unfortunately, the results are
heavily dependent on model formulation, model resolution and the weather system itself. Any
particular model at a fixed resolution behaves in a particular way for one type of weather systems.
Each tropical monsoon weather system is unique in its structure, evolution and interactions. It
becomes very difficult to conclude the impact of parameterization of physical processes on
precipitation forecasts. Observed data from field campaigns (MONTBLEX, INDOEX, BOBMEX,
ARMEX) will be perhaps useful to understand the physical processes associated with different
monsoon weather systems. Then depending on the scale of interest, a particular set of
parameterization algorithms can perhaps be combined for optimum performance for a model. In this
section, various physical parameterization schemes and their impact on monsoon related studies is
reviewed.
a. Land Surface Processes
Demand for more realistic treatment of the processes at the land surface, in the vegetation and the
soil, have led to the development of increasingly elaborate and explicit schemes. The most
rudimentary treatments employ a prescribed moisture function for the calculation of the evaporation
rate as a fraction of the potential evaporation. Such models have obvious shortcomings, especially for
long-term integrations, since they do not respond to rain or drought in the course of the integration,
and therefore evaporation feedback is lost. A step up from those is bucket models, first introduced by
Manabe (1969), linking the ground wetness to the past rainfall through a simple empirical
relationship. Such models do not explicitly model what happens in the soil below or in the vegetation
above the surface.
A number of sophisticated land-surface schemes have been developed in the recent decade. The
best known of those are BATS (Biosphere-Atmosphere Transfer Scheme) of Dickinson et al. (1986)
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and SiB (Simple Biosphere) of Sellers et al. (1986), later succeeded by a simplified version, SSiB
(Xue et al., 1991). A number of similar land surface schemes have been developed recently, such as
ISBA (Mahfouf et al., 1995) and SECHIBA (Ducoudre et al., 1993). All these models calculate the
fluxes from the soil and canopy using similar principles with somewhat different formulation. Most
have several soil layers and one or two vegetation layers; some use mosaic approach in which several
types of vegetation are assigned fractional coverage of a grid box. A comprehensive summary of the
different land-surface schemes used in the scientific community can be found in Henderson-Sellers
(1993) and the issues associated with them in Garratt (1993). Off-line experimental results can be
verified against surface observational measurements, such as those acquired during field experiments
like HAPEX-MOBILHY (Andre et al., 1986; Mahfouf et al., 1996) and BOREAS (Sellers et al.,
1995). An intercomparison project - PILPS (Project for Intercomparison of Land Surface
Parameterization Schemes) (Henderson-Sellers 1993, 1995) has been undertaken to evaluate the
relative performances of a wide spectrum of LSS. Due to the limited amount of in-situ observations
(and the difference in the GCMs into which the different LSS are introduced) it has proved impossible
to name one superior scheme. It has been noted that the introduction of complex LSS has resulted in a
significant disagreement between the different models, even if their underlying physical concepts are
similar (Mahfouf et al., 1996; Gates et al., 1996). These differences (in the surface fluxes, and in the
energy and hydrology balances) are present both in off-line experiments and in GCM simulations
(Henderson-Sellers, 1995). The performance of the LSS depends heavily on the atmospheric models
they are introduced into (Garratt, 1993). The partitioning of the incoming radiation at the surface into
fluxes of sensible and latent heat and absorbed and emitted radiation is highly dependent on the
properties of the land surface and its vegetation cover. Despite the significant progress in the
development of detailed parameterizations of land surface processes over the last few decades, the
relative importance of the degree of sophistication of the land surface treatment remains an open
question in forecasts at seasonal time scales.
In the context of monsoon forecasts, this aspect of modeling is clearly more important for climatic
time scales of a season or longer. However, since the land surface parameterization impacts the
diurnal change a lot, it is worthy of examining this in the context of medium range weather prediction
as well. A semi arid pre monsoon region has very large diurnal change in its surface physics, soon
after the onset of monsoon that region becomes greener and has a much smaller amplitude for the
diurnal changes. Modeling of such differences are important.
b. Various PBL Schemes Used for Monsoon Forecasts
The mixing of heat, moisture, momentum, and passive scalars is brought about by turbulence in
the atmospheric boundary layer. In numerical models, the large-scale atmospheric flow determines to
a large extent the properties of the PBL, and the PBL in turn reacts to these external forcings and
modifies the large-scale flow. In order to explicitly resolve the boundary layer structure, several
computational levels in the PBL of the numerical model are introduced. The formulations require
turbulent terms of heat, momentum, and moisture at all these levels. Thus, in order to approximate or
parameterize these turbulence terms, some kind of closure assumption is necessary to relate turbulent
fluxes to mean quantities. Such closure assumptions can be classified by their statistical order and the
degree of non-locality. While no parameterization is perfectly accurate, they offer a range of physical
details and computation economies from which to choose. Basic closure schemes for all practical
purposes are presently limited to the first, 1.5, second and third order. Second and third order closure
schemes involve more physics of the boundary layer through increased formulation and numerical
complexity. By and large, the closure assumptions used in numerical models are confined up to 1.5
orders.
Some of the PBL schemes being used currently are briefly described below.
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The simplest way to close the system of equations is through first order closure in which the
turbulent fluxes are related to the mean vertical gradients by an eddy viscosity coefficient K, which is
a property of the turbulent flow. It is the eddy viscosity coefficient that must account for the
complexities of turbulence. The problem of first-order closure is then effectively reduced to the
problem of resolving K. Thus, for turbulent heat flux

w′θ ′ = -K [

∂θ
]
∂z

(1)

The simplest and oldest approach to first-order closure is to specify K profile in which K is a
constant. These constant K models are easily solved analytically but physically they are not well
representative of the boundary layer because of their too simplistic approach. A more physically
realistic approach is to prescribe a K profile that varies with height, thermal stability, local
temperature gradient etc. Many authors including O’Brien (1970), Brost and Wyngaard (1978) have
considered this approach to study a variety of atmospheric conditions.
All of these schemes are relatively simple and require only routinely measured or model
resolvable meteorological variables to explicitly determine K. Thus K profiles are determined through
parameters like

∂θ z z
, , , where h is the PBL depth and L is the Monin-Obukhov Length. There is a
∂z L h

drawback for these since the parameters are often not good indicators of the total turbulent flow.
Determining K empirically or through other meteorological variables has its own problems. A
slight modification of this approach, known as mixing length approach in which K is expressed in
terms of mixing length l such that
2

∂U
∂V
) + ( ) 2 ]1 / 2
K m = l [(
∂z
∂Z
2

(2)

One must determine l instead of K. Prandtl (1932) had originally introduced the concept of mixing
length in terms of atmospheric turbulence. He argued that the eddies that are responsible for carrying
the parcel of air moves through a distance l known as the mixing length before adjusting the heat and
momentum of the air parcel it is carrying with the surrounding air. Blackadar (1962) extended this
hypothesis and reasoned that l varied as kz close to the ground (k being von Karman’s constant) but
approached some constant value λ at greater heights. Hence,

l = kz /(1 + kz / λ )

(3)

Blackadar suggested equal to 2.7x10-4|G|/|f| where G is the geostrophic wind and f is the Coriolis
parameter.
Based on a more detailed work of Louis (1979), the FSU global spectral model utilizes a local-K
PBL scheme, in which K is not only dependent on l but also includes thermal stability functions that
are dependent on a gradient Richardson number (Ri). Following Manobianco (1988) K is determined
as,
2

K = l 2 [(

∂U
∂V
) + ( ) 2 ]1 / 2 F (Ri )
∂z
∂Z

(4)

where l is computed using (6) with λ set to 150m for momentum and 450m for heat and
moisture. The stability functions, F(Ri) is of the form
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, for unstable conditions (Ri < 0)
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with α taken 1.746 for momentum and 1.286 for heat and moisture. The gradient Richardson
number for a given atmospheric layer is expressed as Ri

=

g ∂θ
θ ∂z .
2
∂V
∂z

The operational version of the NCMRWF global spectral model that was running till July 2000
used a local-K PBL scheme with K determined through mixing length considerations as discussed
above, but with semi empirical stability dependent functions based on a bulk Richardson number, Rib
(Kanamitsu 1989, Basu et al., 2002). The stability functions, F(Rib) is of the form
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and for unstable conditions (Ri < 0)
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There are certain basic limitations of the mixing length theory (Stull 1988) involved with the
local-K approach. The most important drawback is its inability to realistically represent mixing in the
convective boundary layer involving the “counter gradient fluxes” since the influence of large eddy
transports are not accounted for (Holtslag and Moeng 1991). This affects the profiles of mean
quantities especially in locations where dry convection is of importance in the PBL. One of the
possibilities to overcome this problem is to utilize higher order closure approaches, which are
computationally more expensive.
In the modified gradient approach or non-local corrected, the fluxes are still allowed to flow
down the local gradient, but an artificial gradient g is added to the gradient during convective
conditions (Holtslag and Moeng 1991). Thus

w′θ ′ = -K [

∂θ
−γ ]
∂z

(10)

Here, g reflects the nonlocal transports due to dry convection.
Troen and Mahrt (1986) proposed a non-local K closure utilizing K profiles based on O’Brien
(1970), in which the eddy diffusivity for momentum, Km was given as,
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( )

K m = k wm z 1 − z
h

2

(11)

where wm is a mixed-layer velocity scale that depends on the surface friction velocity, the surface
layer height (0.1h) and L. The eddy diffusivities for heat and moisture were derived using the Prandtl
number relation (Pr = Km/Kh). They used a simple diagnostic formulation for PBL height as

h

=

Ribcr

θ va V ( h ) 2

(12)

g (θ v ( h ) − θ s )

where Ribcr is the critical bulk Richardson number taken as 0.5 (Hong and Pan 1996), V(h) is the
horizontal wind speed at h, θva is the virtual potential temperature at the lowest model level, θv(h) is
the virtual temperature at h, and θs is the virtual potential temperature at the surface which is modified
to include the influence of thermals for the unstable case.
It also incorporates the effects of nonlocal turbulent transports of heat and moisture by large
eddies by parameterizing g in a simplified manner. Above the PBL, a local diffusion approach is
applied with modified stability functions (see Hong and Pan 1996). This scheme has been widely
tested in numerical models with suitable modifications (Holtslag and Boville 1993, Hong and Pan
1996 and others).
Basu et al., (2002) compared the performance of a nonlocal closure PBL scheme following Hong
and Pan (1996) with that of the local closure scheme (Kanamitsu 1989) in the NCMRWF global
spectral model used for real time forecasts over the Indian region. Using a version of the NCMRWF
model, Sanjay et al., (2002) analyzed the temporal and spatial variability of simulated PBL height,
based on Troen and Mahrt (1986), within the nonlocal scheme. A similar nonlocal K PBL scheme was
introduced by Holtslag and Boville (1993) in the NCAR CCM2 model used for climate simulations.
The formulation differs from that of Troen and Mahrt (1986) in the specification of surface turbulent
scales and in the nonlocal turbulent effects.
An improvement to the simplicity of first-order closure could be achieved by introducing more of
the physics of the atmosphere while accounting for the formulation of the eddy diffusivity coefficient
keeping in mind the computational economy. Such a scheme is the Turbulent Kinetic Energy (TKE)
closure where the K coefficient is determined by the TKE available in the atmosphere that is obtained
prognostically. While Prandtl considered only mechanically induced turbulence, the TKE approach
can also include the buoyantly generated turbulence and turbulence that is transported in from other
locations. Within this approach, one needs a forecast equation for the TKE. Thus, knowing the TKE as
well as the mean gradients, it is then possible to parameterize the fluxes. For turbulent kinetic energy
E expressed as( u ′ 2 + v ′ 2 + w′ 2 )/2, the prognostic equation for TKE over a horizontally homogeneous
surface can be written as follows:

∂E
∂U
∂V g
∂
pw
= −uw
− vw
+ wθ − ( wE +
)−ε
∂t
∂z
∂z θ
∂z
ρ

(13)

where the first two terms on the right hand side represent shear production, the third term represents
buoyancy production, the fourth turbulent transport and the fifth dissipation of turbulent energy. In
this closure, several terms on the r.h.s. need to be parameterized. The TKE schemes are further
classified into three schemes based on the prognostic variables considered. The first TKE
parameterization considered is the “l model” where the mixing length l is modeled either
diagnostically or prognostically. The diffusivity is determined through the mixing length and the
turbulent kinetic energy available. The second is the “E-ε model” in which a prognostic equation for ε
is developed. The diffusivity in this case is determined through the available kinetic energy and the
dissipation. The final approach is known as the “E-l model” in which a prognostic equation for the
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product E. l is used and the diffusivity is determined through the mixing length and available turbulent
kinetic energy.
Incorporation of a “E-ε” TKE parameterization in the NCMRWF model (Basu et al., 1998)
showed a positive impact on the prediction of some important synoptic features over the Indian
region, including the genesis of monsoon lows, better tracks of monsoon depression, and on
precipitation forecasts.
Second and third order closure carries forecast equations for not only all the mean variables but
also for all the second order and third order terms respectively. Some also include forecast equations
for dissipation rate. Third and higher order correlations and pressure correlation terms must be
parameterized. Most of these parameterizations utilize down-gradient local diffusion. The scope of
including one such higher order PBL scheme for this work is also important for monsoon studies.
c. Sensitivity of Monsoon Forecasts to Cumulus Parameterization
An interesting example on the sensitivity of monsoon forecasts to cumulus parameterization was
illustrated by Krishnamurti et al. (1987b). Here two versions of the so-called Kuo's scheme were used
to examine the onset of monsoon for the year 1979. That year the onset was preceded by the
formation of a tropical cyclone (called the onset vortex) in the Arabian Sea, thus the prediction
required forecasting the formation and motion of this tropical cyclone and the development of a strong
moist current to its south as the monsoon over India got established. That was a medium range
forecast experiment using the FGGE data sets. Figure 6 (a, b, and c) illustrate the 850 hPa level winds
at the initial time and those at hour 144 for the two versions of the cumulus parameterization schemes,
and also shown are the day 5 observed fields (Fig. 6a). It is apparent that one version of the Kuo's
scheme, called a classical Kuo's scheme, Kuo (1965), failed in this monsoon simulation while a
second one that was a modified scheme, (Krishnamurti et al., 1983) provided a very promising
simulation. The former scheme was noted to provide strong moistening and was deficient in its
definition of heating and rainfall rates. The latter scheme had been statistically improved to reduce
that deficiency. The message here was clearly that monsoon simulations were strongly affected by the
cumulus parameterization scheme one deploys.
In a recent paper Krishnamurti and Sanjay (2003) addressed the impacts of six different cumulus
parameterization schemes (see Table 1 for a description of these schemes) in a large number of
numerical forecast experiments. All of these experiments utilized the same model, the FSU global
spectral model, described in Appendix 1. All these runs utilized the same initial states, a total of some
120 experiments were carried out from each of the 6 models. This provided a large sample of
experiments to investigate the behavior of the different cumulus parameterization schemes. These
were all one-to-two-day long integrations. Since the only differences were in the cumulus
parameterization, the premise here was that the differences that arise in a one or at most two-day
forecasts might largely reflect the behavior of the cumulus parameterization schemes, since all other
factors were the same in the different models. The most important variable for these tests was the
predicted rainfall. Skills such as the rms errors and anomaly correlations were evaluated for this large
number of experiments to assess the performance of the different schemes. We also constructed a
multimodel ensemble mean forecast and a superensemble (discussed in section 5 of this paper) from
these same data sets of day 1 and day 2 of forecasts. In addition to these we also designed a synthetic
cumulus parameterization scheme (named as the Unified Scheme) that included within one single
model the weighted sums of all of the six cumulus parameterization schemes. Those weights were
simply borrowed from the day one forecast weights of the multi model superensemble. Since the six
cumulus parameterizations are based on different physically based features, the unified scheme carries
all of these features in a weighted sense. Details of this construction of this scheme are provided in
Krishnamurti and Sanjay (2003). Figure 7 illustrates the forecast skills of one and two-day forecasts
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of precipitation from the member models, from the ensemble mean of these models, those from the
unified model and those from the multimodel superensemble. It is clear from this large volume of
experiments that the performance of different cumulus parameterization schemes is not drastically
different from each other. One of these schemes, i.e., the relaxed Arakawa Schubert scheme did seem
to perform slightly better than most other schemes. However, when we examined the day-to-day
performance, we did find that the daily skill curves of these member models did intersect often,
implying that a superior or inferior performance on a given day by a certain scheme did show an
initial state dependence. The unified model did perform better than each of the member models,
implying that a collection of physically based processes that call for cumulus convection is better than
the use of single scheme that do not include all possible processes. What surprises here is the result
from the multi model superensemble; that stands out far superior to all others shown here. That is not
surprising since that does include a training phase where the collective bias errors of the member
models are corrected in the construction of the superensemble forecast (see Section 5).
d. Organization of Convection and Monsoon Forecasts
The organization of monsoon convection is an important model simulation problem. It has been
shown that one needs almost a mesoscale resolution over the globe to simulate these features. We had
noted that if we perform physical initialization of precipitation at a very high global resolution, such
as T255 (which has a transform grid separation of roughly 45 km), it is possible to fully retain the
organization of convection described by mesoconvective precipitating elements (scale of the order of
300 km). Furthermore, we find that such an organization of convection is in fact carried into the future
in medium range forecasts by this high-resolution model. This is an important issue for various
scientific reasons. Gill (1980) provided a fundamental rationale for associating tropical motions to the
distribution of heat sources and sinks. In the tropics, that relationship is very strong, the monsoon
being an excellent example. These so called heating forced solutions were extended over the entire
global tropics by Zhang and Krishnamurti (1996). There it was shown that the climatological flows of
the lower troposphere for the summer monsoon could be obtained as exact solution from prescribed
heating using parabolic cylinder functions and trigonometric functions as basis functions within a
linearized shallow water framework. The lower tropospheric monsoon circulation of the Asian
summer monsoon is described by an inverted "letter S". That inverted S starts from the southern
trades, then on to the cross equatorial flows across the equator along the Kenya-Somalia coast, and
then follows the southwest monsoon flows and terminating in a monsoon low south of the Himalayas.
Along this inverted S a steady growth of convection can be seen with the heaviest convection in the
foothills of the Himalayas. Along the inverted S an organization of convection can be seen paralleling
these low level flows. We believe that this organization of convection is central to the maintenance of
a robust monsoon. Thus the modeling of this organization is very important. It turns out that, with a
parameterized cumulus convection, instead of explicitly resolving each cloud and its organization, we
can resolve the organization in medium range forecasts if the hydrostatic model has a sufficiently high
resolution.
e. Radiative Interactions for the Monsoon Modeling
There are three well known schemes for the parameterization of radiative transfer that are used in
most models for the prediction of the monsoon. These are the classical Emissivity/Absorptivity based
model, Chang (1979), the Band model of Lacis and Hansen (1974), and explicit cloud models, Zhao
(1997). The importance of radiative transfer for the modeling of monsoon became clearly evident
from Yanai et al., (1973) studied on the heat sources and sinks where they showed that the apparent
heat source Q1 minus the apparent moisture sink Q2 is of the order of the radiative heating R. The
vertical eddy flux of heat that is central for monsoon simulation is directly proportional to Q1-Q2-R,
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thus an inclusion of the radiative forcing is important even for short to medium range prediction of the
monsoon. Having said that, when one looks at the literature on this topic, we find that not many
studies have been devoted to the issue of monsoon modeling sensitivity to radiative transfer. Further
work is needed to address this problem considering the importance of differential heating of the
monsoon that requires an accurate modeling of the radiative forcing over regions of the heat sinks.
Another major monsoon issue is the modeling of the diurnal change that shows up in the surface
fluxes and in the phase of convection and rainfall. Over a short distance of several hundred km from
eastern Tibetan Plateau and the foothills of the Himalayas, the phase of the diurnal change varies from
an afternoon convection to an early morning convection. These appear to be driven by cloud radiative
and surface flux processes. A careful modeling of the phase of the diurnal change is important for the
monsoon forecasts. The scales of the monsoonal diurnal change can be very large covering several
thousand km, Kishtawal and Krishnamurti (2001), and on that scale a direct coupling of the diurnal
cycle with the monsoon circulation seems to be apparent.
5. Multi Model Forecasts for Weather and Climate
One of the most powerful approaches for weather and seasonal climate forecasts utilizes a
multimodel superensemble was described in Krishnamurti et al., (1999, 2000a, 2000b, 2001, 2002,
2004). The superensemble methodology utilizes a vast collection of past forecasts by member models
to assess their collective biases and to utilize that statistics towards the correction of forecasts into the
future. Given some 10 such member models providing forecasts over an array of roughly 100,000
locations at ten vertical levels for 10 variables that statistics ends up including some 10 million
correction weights. Examination of those weights show that most models have some areas of major
skills, thus a superensemble is in some sense the collective wisdom of the multi models. We use
somewhat different methods for obtaining this statistics for weather or the seasonal climate forecasts;
these are briefly described in the next two sections.
a. Conventional Superensemble Methodology
The superensemble technique produces a single consensus forecast derived from a multimodel set
of forecasts. Superensemble forecasts carry the highest skill compared to participating member
models, their ensemble mean and the bias-removed ensemble mean representations. The methodology
to construct the multimodel superensemble consists of partitioning the time line into two components
– the training phase, and the forecast phase. During the training period, the multimodel forecasts and
the benchmark observed (analysis) fields are utilized to derive model performance statistics, which are
then passed on to the forecast phase where multimodel forecasts are weighted as per their past
performance to obtain superensemble forecasts.
In the training phase it is possible to derive statistics on the past behavior of the multimodel with
respect to the observed analysis. Using a multiple linear regression technique, in which the model
forecasts were regressed against an observed (analysis) field through a least squares minimization of
the difference between anomalies of the model and the analysis fields, distribution of weights is
determined for each member model. These regression coefficients associated with each individual
model conceivably can be interpreted as a measure of that model’s relative reliability for the given
point over the training period.
The definition of the conventional superensemble forecast is given by:

S = O +

N

∑a
i =1

i

( Fi − F i )
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(14)

where S is the superensemble prediction, O is the observed time mean (during the training
phase), a i are the weights for individual models i, Fi is the predicted value from model i, Fi is the
time mean of prediction by model i for training period and N is number of models. The weights are
computed at each of the transformed grid points by minimizing the objective function G using least
square minimization of the error of the forecasts:

G=

t = train

∑ (S
t =0

t

− Ot ) 2

(15)

where ‘t’ denotes the length of a training period.
In this conventional superensemble methodology for weather and season climate forecasts, a
sequence of individual forecasts from several models are collected and subjected to multiple linear
regression against the observed (or assimilated) counterpart fields and the coefficients are stored for
each of the member models. The length of the training data varies for each type of forecast. For
medium range (1-6 days into the future) forecasts, about 120 days of training is found required while
for seasonal climate forecasts about 10 years of multi model forecast data sets would be necessary.
The weights collected during the training phase are passed on to the forecast phase of the
superensemble. In the forecast phase, the member model forecasts are corrected collectively, using the
regression weights. This type of local bias removal is more effective compared to a conventional bias
removed ensemble mean where a weight of 1.0 is assigned to all models after bias removal. The
superensemble procedure assigns fractional and even negative weights to the model forecasts
depending on their past behaviors.
b. Synthetic Superensemble Methodology
In order to achieve higher skills for seasonal climate forecasts, a variant of the above conventional
superensemble formulation was proposed by Yun et al., (2004). In this procedure, additional
“synthetic data sets” are constructed from the member model forecast data using a combination of the
past observations and past forecasts. A consistent spatial pattern is determined among the observations
and forecasts using a linear regression relationship in the EOF space. Sets of such synthetic forecasts
are then obtained for each available member model forecast and used for the creation of
superensemble forecasts. The synthetic data generation and the associated statistical procedure are
described below.
The time series of any observation field x can be written as a linear combination of EOFs such as,

O ( x, t ) =

∑

Pn (t ) . φ n ( x )

(16)

n

where n is the number of modes selected. The two terms on the right hand side of above equation
correspond to the time (principal component PC) and space (EOF) decomposition respectively. PC
time series P(t) represents how EOFs (spatial patterns) evolve in time. These PCs are independent of
each other. In a similar manner the forecast time series is projected into the PCs and EOFs for m
member models,

Fi ( x, T ) =

∑

Fi , n (T ) . ϕ i , n ( x)

(17)

n

Here index i represents a particular member model. Using a regression relationship between the
observation PC time series and a number of PC time series of forecast data, it is possible to deduce the
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spatial patterns of forecast data, which evolve in a consistent way with the EOFs of the observation
for the time series considered. The regression relationship is given by

P(t ) = ∑ α i , n Fi , n (t ) + ε (t )

(18)

n

Here the observation time series P(t) is expressed in terms of a linear combination of forecast time
series F(t) in EOF space. The regression coefficients αn are found such that the residual error variance
E (ε2) is minimum. Once the regression coefficients are determined, the PC time series of synthetic
data can be written as:

Fi reg (T ) = ∑ α i , n Fi , n (T )

(19)

n

Then the synthetic dataset is reconstructed with EOFs and PCs as:

Fi syn ( x, T ) = ∑ Fi ,reg
n (T ) . φ n ( x )

(20)

n

These synthetic data (m sets) generated from m member model’s forecasts are now subjected to
conventional FSU superensemble technique (Krishnamurti et al., 2000a) described in this section.
c. Performance of Multimodels for Weather and Seasonal Climate Forecasts
Here we shall illustrate some of the current skills of weather forecasts for the Asian summer
monsoon. The domain here extends from 50°E to 110°E longitudes and 10°S to 35°N latitudes. These
are typical real time forecast results for a year (this covers the skills for June, July and August 2001).
We illustrate in Fig. 8 (a, b, c, d, e and f) the skills of forecasts through days 3 (for precipitation) and 5
(for winds and MSLP). Panel ‘a’ shows the bias of the equitable threat scores for precipitation
forecasts for rainfall rates in excess of 5mm/day. The skill metrics are described in Appendix II. A bias
score near 1.0 is a perfect score. There are 6 member models included here, these are in fact some of
the major operation models that carry out monsoon forecasts on a daily basis, these include models
from UK, USA, Japan, Australia and Canada. Bias errors of the various models range from 1.0 to 2.3.
The dark barb shows that it is possible to consistently reduce the bias errors consistently to a value
around 1.0 from the construction of the superensemble. Panels ‘b’ and ‘c’ show the precipitation
forecast skills for thresholds of rain rates greater than 5 and 0.2 mm per day respectively. These are
skills for days 1, 2 and 3 of forecasts. The superensemble skills clearly stand out over the monsoon
region. For thresholds of precipitation rates above 0.2 mm/day the three-day skills of around 0.7 are
indeed most impressive, considering that most member models have values generally below 0.5. For
heavier rains, threshold greater than 5 mm/day the superensemble is still quite impressive with
equitable threat values around 0.35 or above whereas the member models have values closer to 0.2.
We also present the rms errors of precipitation forecasts of the member models and of the
superensemble in panel ‘d’, where we can see a reduction of the error from the superensemble
compared to each of the member models. Shown in panel ‘e’ are the rms errors of the vector wind at
850 hPa level. These are again slightly better for the superensemble compared to all the member
models. The corresponding results for the rms errors for the sea level pressure are shown in panel ‘f’
where we note a major reduction of sea level pressure errors from the multimodel superensemble.
Over all, in NWP of the monsoon this degree of improvement is generally possible for 3 to 5 days of
forecast length from the deployment of the superensemble.
The results on the seasonal forecasts for the Asian summer monsoon are described here. These
results are based on 11 member models, and cover a total of some 15 years of data sets. The length of
this data set is still not sufficiently long to separate the training period from the forecast phase
distinctly, for this reason a cross validation technique is used here, that uses all forecasts in training
phase successively, always excluding the particular season that is being forecasted. This enabled us to
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obtain a reasonable data length for the training phase. When more and more years are included, this
use of cross validation would not be necessary. Forecasts are made at the start day of each month and
over all we have a total of some 17 seasonal forecasts on which the monsoon forecast skills are being
prepared here, for details see Krishnamurti et al. (2004). Tables 2 and 3 describe briefly the basic
ingredients of the 11 models. Among the 11 models 7 belong to a European family called DEMETER,
Palmer et al. (2004). The remaining 4 models are variants of a single FSU model where different
permutations of physical parameterizations are deployed in the otherwise same model. All eleven of
these are coupled global atmosphere-ocean models. Coupled models are better suited for seasonal
time scales since the temperature anomalies do change over the time scale of 3 to 4 months. Here we
shall provide a summary on the performance of single models, their ensemble mean performance and
that of the synthetic superensemble for the seasonal Asian summer monsoon rainfall. The results here
are presented in terms of the standard skill scores (see Appendix II) such as the rms errors over the
monsoon domain and the anomaly correlations. We shall also present comparative maps on the
performance of models for a selected season for illustrative purposes.
In Fig. 9 (a and b) we present the seasonal forecast errors for each year of forecast for the Asian
summer monsoon. Here Fig. 9a shows the results from the DEMETER models and Fig. 9b shows
those from the FSU suite of models. Within each panel the top diagram carries the rms errors of the 7
member models, the results of the ensemble mean of the DEMETER member models, the ensemble
mean for the synthetic models and finally the synthetic superensemble. We also show the anomaly
correlations for the same within each panel. These are the seasonal forecast skills for precipitation
over a domain covering the longitudes 50°E to 110°E and from 30°S to 30°N. The member model's
rms errors in seasonal precipitation are around 2.6 mm/day and are reduced from the deployment of
the synthetic superensemble to around 1.7 mm/day. The corresponding improvements for the anomaly
correlations go from around 0.3 to 0.4 from the synthetic superensemble. The results for the FSU suite
of models show somewhat greater degree of improvements compared to the DEMETER suite. Thus it
is clear that monsoon forecasts can be improved somewhat beyond the performance of individual
models by having a suite of multimodels and constructing a synthetic superensemble. We shall next
display a geographical plot of this performance.
In Fig. 10 we show in different panels the seasonal precipitation for June, July and August 2000.
Here they are expressed in the units of mm/day. The first panel (Fig. 10a) shows the observed rainfall,
these can be obtained from the satellite/rain gauge mix. The other panels show the seasonal forecasts
for the member models of the DEMETER models, followed by the ensemble mean of the DEMETER
models, the ensemble mean of the FSU suite of models and finally the synthetic superensemble. This
is generally representative of the results from this collection of models. It is clear from this example
that the synthetic superensemble matches more closely the observed totals compared to any of the
member models. Results of several other such fields, besides precipitation, are shown in Krishnamurti
et al., (2000a,b). These are not shown here, they show a similar enhancement of skill of forecasts for
the synthetic superensemble compared to the member models.
6. Summary and Future Work
Monsoon forecasting is a very difficult area of science since the circulations are so intimately
connected to distributions of observations over ocean and land, parameterization of cumulus
convection, orography and differential heating. Large errors arise very quickly in medium range
forecasts from any of these areas. The current observational network needs to be enhanced over the
orographic regions where the most intense monsoon rainfall occurs. The mix of observations from
satellites over ocean and from the conventional WWW need to be critically examined in the context of
adaptive observation based OSSES, an area that deserves future modeling studies towards improving
the predictability of the monsoon. Here a major difficulty exists in defining a "Nature Run", since that
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too may have to be based on a data deficient model that does not see all possible scales adequately,
such as for instance the meso scale orographic ascent in regions of steep mountains and heavy rains.
These are important areas for future modeling research that can provide insights on data needs and
modeling issues. We have illustrated that it is very difficult to pin down a cumulus parameterization
scheme and label it as the most desirable. Most current schemes are somewhat comparable and are
sensitive too initial states such that one or the other can easily have a superior performance on a given
day. A way out of this difficulty seems to be a multimodel approach, Here one can construct a multi
model superensemble that utilizes a suite of cumulus parameterizations in the different models and the
consensus so constructed (from a superensemble), provides a weighted bias corrected product for
these member models and that seems to perform the best.
With the available regional mesoscale models and a benchmark analysis, an intercomparison
study (under simulated operational conditions) to assess the skill of models to predict various weather
systems associated with monsoon will be quite useful for practical applicability and it will also
provide further insight into the issues related to the modeling of monsoon. Such inter-comparison
studies have been undertaken for other regions (Cox et al., 1998). Further improvements in all of the
area of physical parameterizations are needed to improve the individual models. As the models
improve so will the multimodel superensemble, which always performs somewhat better than the
member model.
There is increasing recognition of the important role of the MJO/ISO in its effects on the dry and
wet spells of the monsoon. Thus it may be necessary to be cognizant of the phase and amplitude of the
MJO/ISO and to be able to bring in these features correctly at the start of a medium range forecast.
Large errors in the representation of the MJO/ISO by the model data sets can be expected to effect the
medium range monsoon forecasts.
Since moisture data sets are evidently most important during the onset phase and during the
transitions between the dry and the wet spells of the monsoon, it may be worthwhile to explore newer
moisture profiling data sets such as those provided by the AIRS/AQUA satellites for the data
assimilation. Impacts of improved moisture distributions on medium range monsoon forecasts deserve
to be studied.
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Appendix I: Outline of the FSU Global Spectral Model
The global model used in this study is identical to that used in Krishnamurti et al. (1998). The
following is an outline of the global model:
(a) Independent variables: (x, y, σ, t).
(b) Dependent variables: vorticity, divergence, surface pressure, vertical velocity, temperature and
humidity.
(c) Horizontal resolution: Triangular truncation at different wave numbers.
(d) Vertical resolution: 15 layers between roughly 10 and 1000 mb.
(e) Semi-implicit time differencing scheme.
(f) Envelope orography (Wallace et al., 1983).
(g) Centered differences in the vertical for all variables except humidity, which is handled by an
upstream differencing scheme.
(h) Fourth order horizontal diffusion (Kanamitsu et al., 1983).
(i) Kuo-type cumulus parameterization (Krishnamurti et al., 1983).
(j) Shallow convection (Tiedtke, 1984).
(k) Dry convective adjustment.
(l) Large-scale condensation (Kanamitsu, 1975).
(m) Surface fluxes via similarity theory (Businger et al., 1971).
(n) Vertical distribution of fluxes utilizing diffusive formulation where the exchange coefficients are
functions of the Richardson number (Louis, 1979).
(o) Long and shortwave radiative fluxes based on a band model (Harshvardan and Corsetti, 1984;
Lacis and Hansen, 1974).
(p) Diurnal cycle.
(q) Parameterization of low, middle and high clouds based on threshold relative humidity for
radiative transfer calculations
(r) Surface energy balance coupled to the similarity theory (Krishnamurti et al., 1991)
(s) Nonlinear normal mode initialization - 5 vertical modes (Kitade, 1983).
(t) Physical initialization (Krishnamurti et al., 1991).
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Appendix II: Definitions of statistical parameters (skill metrics)
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In these expressions:
N = number of grid points
fn = forecast value at grid point n
on = observed value at grid point n
cn = climatological (mean) value at grid point n
f = area mean of the forecasted values
o = area mean of the observed values
F = area where event is forecasted
O = area where event is observed
H = hit area, or overlap of areas F and O
Nf = number of grid points where event is forecasted
No = number of grid points where event is observed
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1

(-1 ≤ c ≤ 1)
2

(0 ≤ ETS ≤ 1)

Figure 1. 120-hr forecasts of streamlines at 850 hPa using global model at varying horizontal resolutions T21,
T31, T42, T63 and T106 and T170. The black dots along the east coast of India denote the positions of the
monsoon depression. The flow field shown via streamlines is the observed field on day 5.

Figure 2. (a) Observed 24 hour rainfall valid 12 UTC of September 1, 1995 (mm day-1); (b) 72-hr forecast of
850 hPa flow field with superimposed accumulated rainfall (mm day-1) using global model at T255 resolution.
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Figure 3. Time history of the zonal wind at 850 hPa along 68oE from the anomaly experiment (ms-1) using FSU
global model at T21 resolution.

Figure 4. A sequence of 850 hPa observed flow fields (time filtered on the scale of 30 to 50 days) for the
experiment on dry spell over India. Streamlines (solid lines) and isotachs (ms-1) are shown here.
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Figure 5. Anomaly Correlations of forecasts as a function of days of forecasts for (a) globe and (b) tropics.
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Figure 6. The 850 hPa flow field for June 17, 1979 (12 GMT). (a) Observed flows (b) A six-day forecast from a
modification of Kuo’s scheme (c) A corresponding six-day forecast made from the classical scheme of Kuo.
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Figure 7. RMS Error Skill (mm/day) and anomaly correlation of precipitation forecasts at day 1 (left panels) and
day 2 (right panels) of forecasts from FSU Global Spectral Model at T170 resolution, using different cumulus
convection parameterization schemes (M1 through M6), Unified Convection Scheme (UCu) and the
Superensemble (SEn).
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Figure 8. Various skill scores for the Asian Summer Monsoon Region (10°S to 35°N and 50°E to 110°E) from
different member models, their ensemble mean and the superensemble. (a) Precipitation Bias Score at 5 mm/day
threshold (b) Precipitation Equitable Threat Score at 5 mm/day threshold (c) Precipitation Equitable Threat
Score at 0.2 mm/day threshold (d) Precipitation RMS Error (mm/day) (e) 850 hPa wind RMS error (ms-1) and
(f) Mean Sea Level Pressure RMS Error (hPa).
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Figure 9. (a) RMS errors and anomaly correlation of precipitation forecasts for different years for 7 DEMETER
models, ensemble mean of the 7 DEMETER models, synthetic ensemble mean, and for the synthetic super
ensemble; Domain is for Asian Summer Monsoon (50°E to 110°E and from 10°S to 35°N). Units for rms
mm/day. (b) Same as Fig. 9a, but for the suite of 4 FSU coupled models.

371

Figure 10. An example of seasonal forecast of precipitation (mm/day) for a relatively wet monsoon year 2000 is
shown. The observed estimates from Xie and Arkin (1997), from the member models of DEMETER and those
from the ensemble mean of the four FSU models and those from the FSU synthetic superensemble are shown.
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Table 1. Features of different cumulus parameterization schemes
Cloud Model
Environmental
Trigger
Sr.
Cumulus
(Treatment of cloud
Scheme
No:
thermodynamic properties)
(Modulation of
convection by largescale)
FSU
Integrated vertical
Moist adiabatic lapse rate.
1.
Modified Kuo advection of moisture.
No downdrafts.
Entraining plume model.
Rate of destabilization
Invokes single members of a
GSFC
by advective changes.
cloud ensemble one after the
2.
Relaxed
other.
ArakawaNormalized cloud updraft mass
Schubert
flux linear function of height.
No downdrafts.
NRL Relaxed Rate of destabilization
Includes evaporation of falling
3.
Arakawaby advective changes.
rain.
Schubert
With downdrafts.
NCEP
Rate of change of
Only the deepest cloud
4.
Simplified
stability.
considered.
ArakawaUpward vertical
Moisture detrainment from
Schubert
velocity at cloud base.
convective clouds.
Warming from environmental
subsidence.
Downdrafts and evaporation of
falling rain included.
Plumes of updraft
Ensemble of entraining updrafts
5.
NCAR Zhang ensemble need to be
with associated saturated
and
sufficiently buoyant to
downdrafts.
McFarlene
penetrate through
locally conditional
unstable lower
troposphere.

6.

NRL Emanuel

First level of neutral
buoyancy for the
undiluted, reversible
ascent of near surface
air is at a higher
altitude than level of
cloud base.

Sub cloud scale drafts using
buoyancy-sorting technique.
Determines mass flux
prognostically.
Stochastic coalescence and
Bergeron-Findeisen
mechanism.
Cloud water in excess of a
threshold amount converted to
precipitation.
Saturated and unsaturated
downdrafts.

373

Final State of Atmosphere

(Quantitative effects of
convection on
environment)
Tends towards local moist
adiabat
Relaxes to steady state
clouds in prescribed time.

Relaxes to steady state
clouds in prescribed time.
Adjusts toward an
equilibrium cloud work
function within a specified
time.

Removes CAPE at an
exponential rate with a
specified time.
Neutrally buoyant for
undiluted reversible ascent
of a parcel.
Adjusts to a local quasiequilibrium situation, does
not depend on the
relaxation of cloud work
function.

Table 2: Details of the seven DEMETER Coupled Models

Atmos
Model
Resolution
Atmos. IC
Ocean
Model
Resolution
Ocean IC

Atmos
Model
Resolution
Atmos. IC
Ocean
Model
Resolution
Ocean IC

CERFACS
France
ARPEGE

INGV
Italy
ECHAM-4

LODYC
France
IFS

IFS

T63
31 Levs
ERA-40

T95
40 Levs
ERA-40

T95
40 Levs
ERA-40

HOPE-E

T42
19 Levs
Coupled
AMIP-type
OPA 8.1

OPA 8.2
2° x 2°
31 Levs
Forced
by ERA40

1.4°x0.3°–1.4°
29 levs
Forced
by ERA40

2°x 0.5°–1.5°
31 levs
Forced
by ERA40

2°x2°
31 Levs
Forced
by ERA40

M-France

UKMO

ARPEGE

ARPEGE

MPI
Germany
ECHAM-5

T63
31 Levs
ERA-40

2.5°x 3.75 °
19 Levs
ERA-40

OPA 8.0

GloSea OGCM
HadCM3 based
1.25°x0.3°-1.25°
40 Levs

182 x 152
GP
31 Levs
Forced
by ERA40

ECMWF

Forced
by ERA40

OPA 8.2

T42
19 Levs
Coupled Run
Relax to Obs sst
MPI-OMI
2.5° x 0.5°–2.5°
23 Levs
Coupled Run
Relax to Obs sst

(Further Details of the above coupled models can be found in Palmer et al., 2004.)
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Table 3: Details of the versions of the FSU Coupled Models
KOR
FSUGSM

KNR
FSUGSM

AOR
FSUGSM

ANR
FSUGSM

Resolution

T63 / 14 Levs

T63 /14 Levs

T63 /14 Levs

T63 /14 Levs

Atmos. IC

ECMWF with
Phy. Init
Kuo
Radiation Old
( Emissivity /
Absorbtivity Based)

ECMWF with
Phy. Init
Kuo
Radiation New
(Band Model)

ECMWF with
Phy. Init
SAS
Radiation Old
( Emissivity /
Absorbtivity Based)

ECMWF with
Phy. Init
SAS
Radiation New
(Band Model)

Ocean
Model
Resolution

HOPE
Global
5° x 0.5°- 5 °
17 Levs

HOPE
Global
5° x 0.5°- 5°
17 Levs

HOPE
Global
5° x 0.5°- 5°
17 Levs

Ocean IC

Coupled
Assimilation
Relax Obs SST

Coupled
Assimilation
Relax Obs SST

Coupled
Assimilation
Relax Obs SST

HOPE
Global
5O x 0.5O- 5
O
17 Levs
Coupled
Assimilation
Relax Obs
SST

Atmos
Model

Atmos.
Physics
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1. Introduction
As the Asian Monsoon is one of the most energetic atmospheric phenomena, a large number of
studies have been conducted to simulate and understand this phenomenon since the AGCM
(Atmospheric General Circulation Model) became available (some of those experiments are
summarized in Table.1 of Lau and Nath (2000)). For example, Shulka (1987) discussed the
predictability of the Asian monsoon, using the AGCM simulation conducted by Charney and Shukla
(1981). On the other hand, Manabe and Hahn (1981) used their simulation to discuss the influence of
the Tibetan Plateau on the Asian monsoon . In 80s, the TOGA program (Tropical Ocean and Global
Atmosphere) was initiated, when year-to-year variation of the tropical atmosphere-ocean coupled
system became of interest, where ENSO (El-Nino and Southern Oscillation) is one of the most
important and interesting research topics. At the same time, year-to-year variations of the Asian
Monsoon also attracted interest. In this context, a coupling issue between the Asian Monsoon and
ENSO has been appeared. Thus, simulation models of the Asian monsoon contribute to the
development of seasonal forecasting and the understanding the mechanism of the Asian monsoon
system. The recent development of a climate model has accelerated a simulation of the Asian
Monsoon, using the coupled model.
Careful examination of model results is necessary for the improvement in the capacity of models
to simulate nature. One of the powerful methods for this purpose is a comparison study, where results
of many models are compared each other and with nature. The first such project was the AMIP
(Atmospheric Model Intercomparison Project). Using the AMIP results, comparison studies of the
Asian Monsoon have been conducted (refer to Sperber and Pamer (1996), Zhang et al. (1997), and
Kang et al. (2002). Additionally, there have been many review papers (Webster and Yang, 1992;
Yasunari, 1991). In particular, recent results of Monsoon research are summarized in a review book
edited by Kawamura (2003) and a review of simulation and forecasting of the Asian Monsoon is
summarized by Kusunoki (2003). Based on these results, characteristics of the Asian Monsoon
simulation will be presented in the following sections.
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2. Mean States
In this section, present status of performance of AGCMs for the Asian Monsoon simulation will
be presented, mainly based on the AMIP comparison results of Kang et al. (2002). In general, these
comparison studies show that there exist common features and different features among states
simulated by models. Systematic errors revealed by these comparison studies have shed light to our
poor understanding of the nature. Based on these results we have to improve our model performance.

Figure 1. Distribution of climatological summer-mean precipitation for June, July and August. (a) CMAP
represents the observation and (b) is an average of model results.(c)-(l) represents each model results.
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2.1 Precipitation Fields
In Fig. 1, distributions of climatologically summer-mean precipitation for June, July and August
of various AGCMs are presented, together with actual observations (CMAP). Here it should be noted
that uncertainty exists in the precipitation-climatology. Rainfall estimate over the ocean is improved
by using satellite measurements but the rainfall estimates over the data-void land regions are of poor
quality. Based on these comparisons, Kang et al. (2002) summarized that “the overall spatial pattern
of summer monsoon rainfall is similar to the observed, although the western Pacific rainfall is
relatively weak”. For the Pacific rainfall, model results can be classified into two categories. One
category simulates more rain in the equatorial region and less in the sub-tropical region. The other
simulates more rain in the subtropical region. Neither could simulate the Baiu-Chungma-Maiyu front.
However, Kawatani and Takahashi (2003) demonstrated that the Baiu front can be well simulated by
increasing the horizontal and vertical resolutions.
Liang et al. (2001) analyzed the AMIP simulations of the east China monsoon system to study
coherent relationships between annual cycle of rainfall and wind biases. A model-to-observation
comparison of interannual variability patterns was also conducted to identify the physical processes
that contribute to these biases. Biases in the east China monsoon system are concurrently reflected in
the planetary circulation, and are associated with differences in model representations of topography.
Liang et al. (2002) found that China's rainfall interannual predictability is generally believed to
depend on the accurate representation of its annual cycle as well as teleconnection with planetary
surface anomalies, including tropical east Pacific sea surface temperature and Eurasian snow and soil
moisture. A suite of GCM simulations is used to ascertain the existence of these relationships.
As more than half of the world population lives in the Monsoon Asia, it is a critical and important
question for the society what kind of changes are supposed to happen in the global warming period.
For this purpose, a reliable climate model which can represent the Monsoon variability is necessary.
Right now a high resolution climate model (the K-1 climate model), where T106L58 AGCM and 1/4
by 1/6 L48 OGCM are coupled, is now being developed by CCSR(Center for Climate System
Research, NIES (National Institute of Environmental Studies) and FRSGC (Frontier Research System
for Global Change). The Baiu front has been successfully simulated in the climate simulation (Sumi et
al., 2004).
2.2 Circulation Fields
The Asian Monsoon is characterized by westerly flow in the 850 hPa and the easterly jet
associated with the Tibetan anti-cyclone at 200 hPa. These features are based on the heat contrast
between land and ocean in the large-scale and can be well simulated in the models.
Although the large-scale features of the low-level westerlies are well simulated, there exists
regional-scale features. For example, cyclonic flow in the southern part of Indian sub-continent is
noted due to the land effect. The westerly flow and easterly flow confluence in the southern China and
western Pacific region. These features depend on the well representation of orography and large-scale
circulation.
2.3 Seasonal March
The Asian summer monsoon is characterized by a change in winds and an increase in rainfall.
Fig.2 indicates the time-sequence of the pentad precipitation, based on model composites and CMAP
observations along 90°E (the Bay of Bengal) and 130°E (the western Pacific). It clearly demonstrates
that the onset of the precipitation and its cessation can be well simulated in a climatological sense. It
is concluded that the present AGCM can simulate the seasonal march of the large-scale atmospheric
circulation associated with the Asian monsoon.
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3. Variability on Different Time Scales
3.1 Synoptic Disturbances
Synoptic disturbances such as a monsoon depression and an onset vortex were discussed
intensively during FGGE era. After FGGE, observational networks such as radars and satellites are
improved and models have been improved. Then, these disturbances are successfully simulated by
using a regional model.
Recently, finer structure of rainfall system, especially severe rainfall in the Asian monsoon system
has been interested and investigated. For example, severe rainfall events in the Meiyu and Baiu front
are investigated. Research studies for simulating meso-α and meso-β phenomena by using a
hydrostatic and a non-hydrostatic model have been widely conducted and a lot of new results are
being reported.

Figure 2. Time-latitude cross-section of climatological pentad-mean precipitation along 90°E (left) and 130°E
(right). Results of model composite (observation) are shown in the top (bottom) panel.

3.2 Intraseasonal Fluctuation
The Asian Monsoon is associated with intraseasonal fluctuations. It is characterized by activebreak cycles of wet or dry spells. Its time-scale is relatively broad and its period extends from 20 days
to 50 days. One of the most dominant and interesting intraseasonal fluctuations is the MJO (MaddenJulian Oscillation) (Madden and Julian, 1971) and the simulation of the MJO has been widely
conducted at the various Research Institutes. Slingo et al. (1996) has discussed the performance of
many GCM results of an intraseasonal fluctuation by using the AMIP results. They concluded that
simulations of the intraseasonal fluctuation in the tropical region represent smaller amplitude and
shorter periods.

379

The northward propagation of the intraseasonal fluctuation over the Indian Ocean sector is a
unique phenomenon associated with the summer Asian Monsoon. It was not well simulated in the
AMIP run (Lau et al., 1996); however Kar et al. (1997) demonstrated that it could be simulated by
increasing the horizontal resolution. This result is consistent with the high resolution climate model
(refer to Section 3.1).
Another important aspect is the coupling between the atmosphere and the ocean. Recently, the
role of air-sea interaction in the variations of the Asian Monsoon has been recognized by many
authors. Wang et al. (2000) emphasized this in the WPH (Western Pacific High) anomaly,
corresponding to ENSO (refer to section 4). This coupling role is also discussed for the MJO.
Recently, three modeling groups (IPRC/UH, MRI and SUNY) presented the results indicating that
inclusion of air-sea interaction could enhance the model simulation of MJO and monsoon northward
propagating ISO (Wang et al., 2004).
3.3. Inter-annual Variability
Inter-annual variability of the Asian Monsoon is addressed by using AGCM with prescribed SST
and the coupled model.
Numerical experiments with prescribed SST are based on the concept that these inter-annual
fluctuations in the Asian Monsoon are caused by the inter-annual fluctuation of the surface forcing,
such as SST, snow cover, etc. Sperber and Palmer(1996) conducted a comparison study of 32 models
for the period 1979-1988, using the AMIP results. They found that the Asian Monsoon variability is
not well simulated, even though SST is specified. They concluded that only the most Northerly
rainfall can be skillfully predicted. Furthermore, it is demonstrated that the Webster and Yang index
(wind shear) is better simulated than the all-India rainfall. With respect to Webster and Yang index,
there are many discussions as to whether it really represents the Asian Monsoon. Furthermore, it is
concluded that interannual variability is better simulated in models which are able to generate a better
climatology. This is considered to be a general principle in developing a model. After model revision,
simulation of the interannual variability over the Asia was improved very much (Sperber et al., 1999).
This suggests that continuous model improvement is a critical factor in obtaining a better simulation
of the Asian Monsoon.
The impact of the land surface conditions and the snowfall over the Eurasian continent have been
investigated by many researchers(Yasunari,1991;Dirmeyer(1999)) It is reported that the land surface
condition in Spring has an impact on the following summer monsoon. Shen et al. (1998) have
investigated the impact of the Eurasian snowfall and concluded that it plays a part but does not
overwhelm the SST-impact.
The interannual variability of the Asian Monsoon has been investigated by using the coupled
atmosphere-ocean model. Kitoh et al. (1999) found that the MRI-CGCM was well able to reproduce
the ENSO-Monsoon relationship. Lau et al. (2004) noted that the ENSO-East Asian Monsoon
relationship is realized in the GFDL CGCM through the WPH (‘Western Pacific High) anomaly
mechanism (Wang et al., 2000). This has been confirmed by using historical data (Zhang et al., 1996).
3.4 Decadal Variability and Long-term Trends
Decadal variability in the Asian Monsoon is widely known. For example, 2 year cycle was
dominated in the Asian Monsoon system before the middle of 1970s, but 4 or 5 year cycle becomes
dominant after the middle of 1970s. However, it is not well understood whether this is a modulation of
the Asian Monsoon system or the existence of the decadal mode. Research on the decadal variability
of the Asian Monsoon is not sufficient and further studies are necessary in the future.
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Another important issue is a climate change of the Asian Monsoon corresponding to the Global
Warming. As SST influences very much to the Asian monsoon in the present climate, it is a critical
factor what is the SST change when the global warming occurs. Many models show the El-Nino type
change of SST when global warming occurs. Based on this change, it is imagined that the Asian
Monsoon become more active in the warmed climate and heavy precipitation is worried. At the same
time, the Ohotuku High is expected to be strengthened. This regional climate change will be discussed
further.
4. Factors to Contribute to the Simulation Performance
4.1 Resolution
Sensitivity of to the performance of the Asian Monsoon simulation to horizontal resolution has
been investigated by many researchers. Sperber et al. (1994) investigated the sensitivity by using T21,
T42, T63, and T106 of the ECMWF model, and concluded that performance of T21 was generally
better than the others. However, this conclusion was relatively subjective and has not been accepted.
Stephenson et al. (1998) investigated the sensitivity by using T21, T31, T42, and T63 of the ARPEGE
model. Brankovic and Gregory (2000) investigated the sensitivity by using 180km, 110km and 55km
of the ECMWF new model and concluded that orography is better represented as the resolution is
increased and the rainfall associated with orography is well represented. In general, when the
horizontal resolution is increased, orography representation and atmospheric flow and precipitation
predictions all improve.
For example, the northward propagation of the intra-seasonal fluctuation over the Indian Ocean
sector can be observed in Fig. 3. This is well simulated in the T106 simulation but not in the T42. This
is because the large-scale flow around the Indian sub-continent is improved with a corresponding
improvement in the response to convective heating in the equatorial Indian Ocean. The July monthly
mean of 850 hPa wind fields are presented in Fig. 4. It is demonstrated that cyclonic flow in the
southern part of the Indian sub-continent is improved due to an improvement in the representation of
the Indian sub-continent.

Figure 3. June, July and August mean of wind fields at 850 hPa for observation (top), T106 model simulation
(middle) and T42 model simulation (bottom). Effective beta-values are also presented in the figures.
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Figure 4. Lag correlation of OLR in the Indian Ocean for T106 model (left), T42 model (center) and observation
(right).

4.2 Convection Scheme
There are many studies investigating effects of cumulus parameterization on the Asian Monsoon
simulation. Although it is true that cumulus parameterization scheme has a large impact on the
simulation result, it seems that no definite conclusion has been obtained. Recently, finer resolution has
become available because of the increase in computer power and the parameterization of convection
in a fine resolution model is now a critical issue, as has been discussed in the meso-scale modeling or
regional modeling area. How to handle convection in a model is a problem common to various
models. A close collaboration among various modeling groups (large-scale modelers, meso-scale
modelers, and cloud modelers) is recommended. It is certain that simulation of the Asian Monsoon
will improve with the development of better parameterization schemes.
4.3 Land Surface Process
The effects of the soil moisture and snow cover over the Eurasian continent amongst the main
topics concerning the Asian monsoon variability. For example, Yang and Lau (1998) examined the
impact of SST and wet land surface forcing. Shen et al. (1996) investigated the impact of soil
moisture over the land and concluded that the effects of land surface condition do occur, although
impact of the SST appears to be larger.
The interaction between land and atmosphere is characterized by complex land-surface conditions
and orography. In particular, urban and man-made land conditions such as rice fields should be taken
into account, as a model resolution becomes finer.
Another important aspect is the effect of complex terrain in the land-atmosphere interaction. Local
circulation, such as that due to mountain-valley winds, can transport heat and moisture on a daily time
scale. This may have a strong impact on the interaction between free atmosphere and the surface in
mountain regions. There is a need to develop a transfer scheme between energy and water which
includes this sub-grid scale orography.
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4.4 Coupling with the Ocean
As the ENSO-Monsoon relationship is one of the most important issues, it has been intensively
investigated using an atmosphere-ocean coupled model. Latif et al. (1994) investigated the climate
variability by using the MPI climate model and concluded that simulation of the Indian monsoon was
inadequate. Nagai et al. (1995) found that the ENSO-monsoon relationships were noted in the MRI
coupled model. Meehl and Arblaster (1998) has examined CSM results and concluded that CSM
simulation in the Indian Ocean has errors because of an error in SST of the Indian Ocean used by
CSM. Kitoh et al. (1999) found that MRI-CGCM reproduces the broad-scale features of the Asian
monsoon reasonably well, together with the observed ENSO-related interannual variability. On the
other hand, Chang and Li (2000) presented a conceptual model for TBO (Troposphere Biennial
Oscillation), which considers a land-atmosphere-ocean coupling. It is obvious that an interaction
between atmosphere, land and ocean must be represented properly in a climate model and
considerable attention should be paid to this aspect.
Recently, a coupled model simulation has also been used for the intra-seasonal fluctuation such as
MJO, with the presentation of interesting results. This results from the recent progress of the coupled
model. It is suggested that a coupled model can simulate the MJO better than the AGCM. Recently,
Wang et al.(2005) demonstrated that an coupled model simulated realistic SST-rainfall relationship in
the monsoon region, however the same AGCM could not simulate the same relationship when forced
by the same SSTs that is generated by the coupled model. Whether or not a predictive skill for the
seasonal forecast is improved by the use of a coupled model is a target of future research.
Another important application addresses the issue of global warming. The issue of the change in
the Asian Monsoon resulting from global warming is of extreme importance because almost half of
the world population lies in the Asian monsoon region and the most vigorous economic growth is
expected in this region. A more reliable climate model is necessary in order to answer this question.
4.5 Process Studies and Usage of Regional Models
The above-cited matters are related to an issue of improvement of physical processes. In order to
achieve these goals, carefully designed experiments and analyses are necessary. In this regard, a
regional model or a limited-area model is a powerful tool. Furthermore, a non-hydrostatic model can
be used in the simulation. Present status of the regional climate modeling is summarized in the review
paper by Wand et al. (2004). Examples of the application of regional climate models to the Asian
Monsoon case are relatively scarce and further efforts should be made in the future.
4.6 Treatment of Clouds
Observations indicate that the East Asian summer monsoon shows distinctive characteristics of
persistent and heavy rainfall, which are intimately related to the clouds. Cloud-climate interaction is
therefore an important mechanism in deciding the climate states primarily through the latent heat
release and radiative effects of clouds. Wang et al. (2004a) examined both the observations and AMIP
model simulations of the cloud radiative forcing over East Asia and found that the clouds provide a
significant radiative cooling over this region versus the same latitudinal bands in the Northern
Hemisphere. Since the cloud radiative forcing is a bulk variable involving several cloud parameters
(cover, microphysics, liquid/ice water, and the radiation fluxes), it would be ideal to use it for
evaluating and comparing the climate simulations from the AMIP- and CMIP-II models without
considering the different parameterizations for the cloud parameters adopted in the models. Due to the
broad spectrum of cloud scales, it is a challenging task to represent clouds as well as their effects in
the climate models with coarse resolution.
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5. Summary
Numerous studies, using numerical models, have been conducted for the purposes of simulation
and forecasting. Main purposes of simulation study are the validation of climate models and
understanding of mechanisms of nature. In general, these studies are driven by an interest in a specific
aspect of the Asian Monsoon, and such an issue-driven simulation study should be further developed.
At the same time, continuous effort should be conducted to improve a performance of AGCM and
CGCM. For this purpose, careful comparison of model results with observation is necessary.
Particularly with the advent of increased computer power, the necessity for improvement in
understanding of the physical processes involved is widely acknowledged. Skill in simulating the
Asian Monsoon is expected to be improved as a result of this effort in continuous model development.
From a viewpoint of simulation, it may be concluded that models are well able to simulate broadscale features and the seasonal march of the Asian Monsoon. In general, it may be thought that a
model which is well able to simulate the horizontal distribution of climatic states can also well
simulate a temporal fluctuation of the variables. Intra-seasonal and inter-annual fluctuations are still
important issues for simulation because the former is associated with an active-break cycle of the
Asian Monsoon, whilst the latter is associated with the year-to-year variation of the Asian Monsoon.
Although the abilities of models are very much improved, there still remain many issues. In
particular, there is the challenge of how to handle cumulus parameterization. A cloud resolving model
for monsoon simulation is now available. By using different models, more light may be shed on the
parameterization issue. Another important issue concerns aerosols. As is widely known from the Asian
Brown Cloud (ABC), natural and anthropogenic aerosols are rife in the Asian Monsoon region.
Interaction between aerosols and clouds require further study.
At present, more concern will be paid to regional features in the Asia Monsoon region. In other
words, small scale and short time-scale phenomena are targets for simulation.
It should be emphasized that the accuracy of CGCM approaches comparably that of the AGCM.
This means that the interannual fluctuations of the Asian Monsoon can be investigated using the
coupled system. Future Asian monsoon prediction may be possible through the use of this coupled
model.
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Abstract
We present a historical review of the hypothesis of boundary forced predictability of monsoon, its
limitations and the challenges in dynamical seasonal prediction of monsoon rainfall. We also present an
assessment of the multi-model seasonal predictability of summer-mean precipitation over the Asian MonsoonWestern Pacific region by using 21 year (1979-1999) hindcast predictions of the five models, participating at the
Asia-Pacific Economic Cooperation Climate Network (APCN). The five models consist of the current
operational seasonal prediction models of NCEP, NASA, JMA, KMA, and SNU. The potential predictabilities
of individual models are shown by various methods including the signal to noise ratio and anomaly correlations.
Statistical methods for correcting the bias of the model prediction are developed and applied to individual model
predictions. It is shown that the statistical correction is effective for enhancing the predictability, particularly for
the Asian Monsoon – Pacific region, where the models have large bias. It is shown that a reasonably good
seasonal prediction can be achieved when the multi-model predications are combined based on the composite of
the individual predictions after applying the statistical correction to each separately. Although this chapter
describes mainly current status of the Tier-two seasonal prediction systems, the present skills of the Tier-one
systems, utilizing coupled ocean-atmosphere models, are also examined using the data from Development of
European Multi-model Ensemble System for Seasonal-Interannual Prediction (DEMETER). It is shown that the
Tier-one system has advantage in producing better seasonal-mean predictions, particularly in the western Pacific
and Indian Ocean where air-sea interaction is active during summer.

1. Introduction
Variations of monsoon rainfall affect agriculture, drinking water, transportation, health, power,
and the very livelihood of billions of people living in the monsoon region. It is no surprise therefore
that for more than one hundred years several countries have tried to issue long range forecasts of
monsoons (India Meteorological Department started issuing long range forecasts of monsoon rainfall
in 1886). The operational long range forecasts of monsoon rainfall were based on empirical
relationships derived from past observations of atmospheric pressure, temperature and wind. Blanford
(1884) was the first one to suggest the use of a surface boundary condition (snowfall over Himalayas
in the preceding winter) to predict the summer monsoon rainfall over India.
Charney and Shukla (1977, 1981) presented a conceptual hypothesis for monsoon predictability
based on the influence of the boundary forcing at the Earth’s surface. A brief historical perspective on
this hypothesis is given here. The Charney-Shukla hypothesis has been the central paradigm for
monsoon predictability research during the past 25 years. However, dynamical models have had large
systematic errors in simulating the seasonal mean anomalies associated with changes of boundary
conditions, and therefore the potential predictability of summer monsoon rainfall has been relatively
low. Whether our inability to capture the boundary forced signals is due to inadequate models and
modeling strategies or due to intrinsic limits to the predictability of seasonal mean rainfall because of
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large natural intraseasonal variability of monsoon remains an open question and a topic of vigorous
debate.
In spite of such challenges, dynamical seasonal predictions using general circulation models have
been implemented by several operational centers in recent years. In particular, possible improvement
of seasonal prediction has been sought by use of multi-model ensembles to remove the uncertainties
associated with the spread of ensemble predictions with different initial conditions and the
uncertainties associated with model parameterizations (Krishnamurti et al. 1999; Palmer et al. 2004).
This chapter describes the present status of dynamical multi-model ensemble seasonal prediction
system, particularly for the Monsoon precipitation.
In the ensemble simulation, all ensemble members are forced by the same SST but started from
slightly different atmospheric initial conditions (Dix and Hunt 1995; Kumar and Hoerling 1995; Stern
and Miyakoda 1995; Zwiers 1996; Kang et al. 2004). The basic idea of this approach is that the
differences among the ensemble members can be used to quantify the noise due to internal dynamics,
whereas the relative similarity between ensemble members can be considered as the atmospheric
response to the external forcing. Thus, the ensemble mean (signal) can be considered as the
component of the prediction forced by the SST, and the deviation from the ensemble mean as the
stochastic internal component of the prediction. In this approach, the potential predictability is
measured by the ratio between the externally forced SST signal and the internal noise using a standard
statistical tool for this kind of problem: “analysis of variance” (ANOVA), which is detailed in many
previous studies (Shukla 1981; Rowell et al. 1995; Rowell 1998).
Recently, attempts also have been made to reduce the uncertainty of models by simply
compositing multi-model solutions (Kang et al. 2002) and by using the so-called the “superensemble” method (Krishnamurti et al. 1999). The present skill of dynamical seasonal prediction is
low, if any postprocessing is not applied. The poor skill is not only due to the atmospheric internal
processes but also due to the model’s inability in producing the atmospheric responses to external
forcings, particularly the SST anomalies. This model bias in the external component arises from
imperfect formulation and parameterization of various physical processes in the model. Different
parameterizations produce different solutions. Assuming that the errors of those solutions are
independent from each other and various model solutions spread randomly but close to the
observation, the composite of many model solutions can reduce the model random errors.
The model error can also be reduced by statistical correction methods. A major part of nonsystematic error of each model can be corrected by a statistical relationship between the prediction
and observed anomalies. Most commonly used methodology is the so-called coupled pattern
technique (Graham et al. 1994), based on singular value decomposition (SVD) analysis and canonical
correlation analysis (CCA). Ward and Navarra (1997) applied SVD to simultaneous fields of GCM
simulated precipitation and observed precipitation to correct the errors in the model response to SST
forcing. CCA has been widely used for a statistical seasonal prediction system (Barnett and
Preisendorfer 1987; Barnston 1994). A recent study by Feddersen et al. (1999) demonstrated that the
postprocessed results are not sensitive to the choice among the methods based on the CCA, SVD, and
EOF decompositions. In this paper, the postprocessing procedures of the error correction are
developed based on the SVD analysis and a point-wise statistical downscaling method. By comparing
the potential predictabilities with and without the correction, we can evaluate how the postprocessing
of error correction enhances the predictability in the regions of interest.
At present, the dynamical seasonal prediction procedures are categorized as Tier-two and Tier-one
systems. The Tier-two system treats the atmosphere and the ocean (specifically SST) separately. This
system relies on an atmospheric GCM integrated with prescribed (either observed or predicted) SST
boundary conditions and atmospheric initial conditions. The potential predictability of the Tier-two
systems have been examined internationally by the Seasonal Model Intercomparison Project (SMIP
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II) initiated by the Climate Variability and Predictability Program (CLIVAR)/Working Group on
Seasonal to Interannual Prediction (WGSIP). The purpose of SMIP II is to evaluate the current
dynamical seasonal prediction systems in a framework, where the lower boundary conditions are
prescribed with the observed SSTs for the 20 years 1979-98. On the other hand, SMIP/Historical
Forecast Project (HFP) uses the predicted SST conditions instead of the observed, and therefore the
SMIP/HFP evaluates the real seasonal predictability of current operational prediction systems.
The Tier-one system utilizes a coupled ocean-atmosphere model. At present, the climatology of
coupled models has large systematic bias. However, the coupled model has some advantage in
simulating the monsoon anomalies particularly in the subtropical western Pacific and Indian Ocean,
where air-sea interaction plays an important role in producing seasonal-mean anomalies (Wang et al.
2004). Recently, the European community has established the Development of European Multimodel
Ensemble System for Seasonal-Interannual Prediction (DEMETER) based on the seven coupled
models in European countries (Palmer et al. 2004). The aim of DEMETER is to develop a multimodel Tier-one seasonal prediction system and evaluate the skill of the prediction system. At present,
ECMWF produces the seasonal prediction regularly based on the DEMETER. The present chapter
also shows the skill of the Tier-one DEMETER system.
2. Models and Experiments
The data utilized in the present study are obtained from the Asia-Pacific Economic Cooperation
(APEC) Climate Network (APCN). The APCN is aimed at producing and disseminating a multimodel ensemble seasonal prediction based on operational prediction products of APEC member
countries. Among them, used are the dynamical seasonal prediction data produced by Japan
Meteorological Agency (JMA), Korea Meteorological Administration (KMA), National Aeronautical
Space Agency (NASA), National Centers for Environment Prediction (NCEP), and Seoul National
University (SNU), in part of the Seasonal Prediction Model Intercomparison Project (SMIP) II, leaded
by the CLIVAR/Working Group of Seasonal to Interannual Prediction. The observed SSTs are
prescribed for the integration. Therefore, the SMIP II can estimate the upper bound of seasonal
predictability but not the actual predictability. See the details of SMIP II at the web page, http://wwwpcmdi.llnl.gov/projects/smip/smip2.php. The above models consist of different combination of
physical parameterizations, listed and summarized in Table 1. The DEMETER data is also used in the
present study. Details of the DEMETER can be found in Palmer et al. (2004) and the participating
models of DEMETER are listed in Table 2.
Table 1. Description of the five models used in the present study.
Institute

Resolution

JMA

T63L40

KMA

T106L21

NASA

2ox2.5oL34

NCEP

T62L28

SNU

T63L21

Convection
Radiation
Land sfc.
Convection
Radiation
Land sfc.

Physical parameterizations
Prognostic Arakawa-Schubert scheme (JMA, 2002)
JMA (2002)
Simple Biosphere Model (Sellers et al. 1986)
Kuo scheme (Kuo 1974)
Lacis and Hansen (1974)
Simple Biosphere Model (Sellers et al. 1986)

Convection Relaxed Arakawa-Schubert scheme (Moorthi and Suarez, 1992)
Radiation
Land sfc.
Convection
Radiation
Land sfc.
Convection
Radiation

Chou and Suarez (1994, 1996)
Mosaic LSM (Koster and Suarez, 1992)
Relaxed Arakawa-Schubert scheme (Moorthi and Suarez, 1992)
Chou (1992), Chou and Suarez (1996)
OSU two-layer model (Pan and Mahrt, 1987)
Relaxed Arakawa-Schubert scheme (Moorthi and Suarez, 1992)
2 stream k-distribution scheme (Nakajima and Tanaka, 1986)

Land sfc: NCAR LSM (Bonan, 1995)
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Table 2. Simple description of the 7 ocean-atmosphere coupled models used in a tier-one multi-model
seasonal prediction system of DEMETER.
Institute
AGCM
CERFACS
ARPEGE
ECMWF
IFS
INGV
ECHAM-4
LODYC
IFS
Meteo- France ARPEGE

Resolusion
T63 31 Levels
T95 40 Levels
T42 19 Levels
T95 40 Levels
T63 31 Levels

Met Office

HadAM3

2.5x3.75 19 Levels

MPI

ECHAM-5

T42 19 Levels

OGCM
OPA 8.2
HOPE-E
OPA 8.1
OPA 8.2
OPA 8.0
GloSea OGCM based on
HadCM3
MPI-OM1

Resolution
2.0x2.0 31 Levels
1.4x0.3-1.4 29 Levels
2.0x0.5-1.5 31 Levels
2.0x2.0 31 Levels
182GPx152GP 31 Levels
1.25x0.3-125 40 Levels
2.5x0.5-2.5 23 Levels

The present study focuses on the predictability of seasonal-mean rainfall for boreal summer. For
brevity, hereafter “boreal summer” is abbreviated to “summer.” The prediction data of each model
consists of 10 members of summer-mean precipitation for the 21 summers of 1979-99, except the
NASA and JMA models of 9 and 6 members, respectively. The 10 members were generated with the
observed initial conditions at 00Z and 12Z 27-31 May. The horizontal resolution of all data is
converted to 2.5° in longitude and 2.5° in latitude. Since the climatological mean precipitation of each
model was presented in Kang et al. (2002) and other documentations, we will focus on the deviation
(anomaly component) from the 21 year prediction climatology of each model. The anomalies thus
obtained do not contain the systematic error of each model climatology. The observed precipitation
data for the verification is obtained from the Climate Prediction Center Merged Analysis of
Precipitation (CMAP) data set (Xie and Arkin, 1997).
3. Signal to Noise Ratio
In this section, the interannual variance of model prediction is decomposed into the external
(signal) part, related to the SST forcing, and the internal (noise) part, related to the atmospheric
nonlinear internal dynamics, and the theoretical limit of seasonal predictability is examined in terms
2
2
of the signal to noise ratio. The total variance ( σ TOT
) is divided into the external ( σ SST
) and internal
2
; Rowell, 1996). The ensemble mean is considered as the external component of the
variances ( σ INR
prediction forced by the SST forcing, and the deviation from the ensemble mean is the stochastic
internal component of the prediction. The internal variance can be expressed as
2
σ INR
=

N
n
1
( xij − xi ) 2
∑∑
N (n − 1) i =1 j =1

(1)

where x is the precipitation, i indicates the individual year, N=21, j is the ensemble member, and n is 6
to 10 for different models. xi is the ensemble mean. The external variance is obtained by the mean
square of the deviation of each year’s ensemble mean from the climatological mean and with a
consideration of bias correction, as in Rowell (1996):

σ

2
SST

=σ

2
EN

1 N
1 2
2
− σ INR , and σ EN =
( xi − x) 2
∑
N − 1 i =1
n

where x is the climatological mean, x = 1 /( Nn)

N

(2)
n

∑∑ x
i =1 j =1

ij

. It is noted that the sum of external

and internal variances expressed above is equal to the total variance.
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Figure 1. (a)-(e) External variance of precipitation based on the ensemble average of each year. (f)-(j) Internal
variance based on the deviation of individual members from the ensemble average. Contour interval is 1, 3, 6,
12, 24 and 36 mm2/day2 and light and dark shadings indicate the variance more than 3 and 12 mm2/day2,
respectively. (k)-(o) Signal to noise ratio defined by ratio of the forced variance to the free variance. Contour
levels are 1, 2, 4, 8, and 16 and the dashed line indicates 0.5. Shading indicates the signal to noise ratio bigger
than 1. Each model is marked at the upper-left corner of each panel.
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Figs. 1a-1e show the external variances of various models, and Figs. 1f-1j the internal variances.
The signal to noise ratio, the ratio of the external part to the internal part of corresponding model, is
shown in Figs. 1k-1o. All models produce large external variances over the tropical oceans, which are
much larger than the internal variance of same model, particularly the ENSO region. This result
indicates that the tropical rainfall is less controlled by the atmospheric internal processes and thus
predictable for a given SST condition. In the extratropics, on the other hand, the internal variances are
bigger than the external variances of the same model (Figs. 1k-1o), and therefore the extratropical
atmosphere is more controlled by nonlinear stochastic processes and less predictable.
Over the Asian monsoon-western Pacific region, the external and internal parts appear to be
equally important for all models, although some models (JMA, NASA, and SNU) have relatively
large values of the signal to noise ratio over the region (Figs. 1k-1o) compared to those of the KMA
and NCEP models. It is interesting to note that the internal variance is generally proportional to the
external variance. The NCEP model shows large internal variance, particularly over the Asian
Monsoon region. On the other hand, the internal variance of the JMA model is very weak. As a result,
the JMA model has relatively large values of signal to noise ratio, although its forced variance is
significantly weaker than those of the other models. It is also noted that the internal variance is very
much model dependent, indicating that the internal variations are not only controlled by the dynamics
but also by model physics.
4. Potential Predictability of Various Models
The potential predictability, defined as the predictability of the model measured with perfect
boundary (observed SST) conditions, is assessed in this section. First, the model error is estimated by
the difference between the ensemble mean of model predictions and the corresponding observations.
The error variances of each model are shown in Figs. 2a-2e. It is interesting to note that the spatial
distributions of the errors for all models are similar. All models produce large systematic errors in the
Asian Monsoon region and along the ITCZ. The ratio of the external variance to the error variance is
shown in Fig. 2f-2j for individual models. A ratio exceeding one indicates that the prediction signal
can be considered to be larger than the error. In the Asian monsoon and western Pacific, all models
produce errors which are bigger than the signals. This result indicates the large prediction signals in
the monsoon region are biased by poor performance of the models. In the next section, we investigate
whether it is possible to make a reliable monsoon prediction, if the systematic errors were corrected.
The prediction skill of each model is measured by using the correlation between the anomalies of
the ensemble-mean predictions and the observations for 21 years. Since the observed SST was
prescribed in the hindcast predictions, this prediction skill is a measure of potential predictability. Fig.
3 shows global distribution of correlation coefficient between the observed and predicted ensemblemean precipitation at each grid point for the 21 summers. The correlations of various models are
shown in Figs. 3b-3f, and Fig. 3a shows the correlations between the observation and the composite of
five models. As expected in the previous section, all models have large correlation over the ENSO
region, where the external (forced) variance exceeds the internal variance and the model error
variance. In contrast, over the Monsoon region, the correlation skill is very poor for all models. It is
noted that the model composite does not help improve the correlation skill. In the subtropical western
Pacific and the Atlantic Ocean, all models and the composite have large negative correlation values.
The negative correlation in the western Pacific is due to model bias, where the external response has
large systematic errors (Fig. 2). Recently, Wang et al. (2004) suggested that the poor simulations of
precipitation over the western Pacific is due to the Tier-2 prediction system, where the atmospheric
feedback to the ocean does not exist. This provides an evidence that the ocean-atmosphere coupled
processes are important for the summer precipitation anomalies in the western Pacific.

391

(a) JMA

(f) JMA

(b) KMA

(g) KMA

(c) NASA

(h) NASA

(d) NCEP

(i) NCEP

(e) SNU

(j) SNU

Figure 2. (a)-(e) Variance of the systematic error, the difference between the ensemble average of prediction and
the corresponding observation. Contour interval is 1, 3, 6, 12, 24, and 36 mm2/day2 and light and dark shadings
indicate the variance more than 3 and 12 mm2/day2, respectively. (f)-(j) Ratio between the variances of
ensemble mean and systematic error. Contour levels are 1, 2, 4, and 8 and the dashed line indicates 0.5.
Shadings indicates the ratio bigger than 1. Each model is marked at the upper-left corner of each panel.
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(a) MME

(b) JMA

(c) KMA

(d) NASA

(e) NCEP

(f) SNU

Figur 3. Distribution of correlation coefficient between the observed and simulated ensemble-mean precipitation
at each grid point. Each model case is marked at the upper-left corner of each panel, and the five model
composite case is shown in (a)

5. Prediction Skill after Error Correction
The model bias in the external component appears in a systematic way in both the climatological
mean and the anomaly component. The mean bias can be corrected by subtracting the prediction
climatology from the prediction of each individual year. The systematic error of the anomaly
component is related to incorrect performance of GCM in simulating the anomalies, predominantly
forced by the SST anomalies. Here two statistical correction methods are introduced. The first method
is based on the singular value decomposition (SVD) (Ward and Navara 1997; Feddersen et al. 1999;
and Kang et al. 2004). As in Kang et al. (2004), the systematic errors of the predicted anomaly are
corrected by replacing the SVD modes of prediction to the corresponding observed modes. The
transfer function for the replacement can be constructed as follows,
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P

X ( x, t ) = ∑ α i Yi (t )Ri ( x)

(3)

i =1

where, X(x,t) is the corrected field, Y(t) is the time coefficients of the SVD mode for the predicted
field, and R(x) is the projection of SVD singular vector onto the observed field. i is the mode number,
P the total number of the SVD modes, and α is the correlation coefficient between the time series of
the SVD mode of prediction and the corresponding SVD time series of observation.
It is noted that the SVD based correction method is working well in the region where the principal
eigenmodes are distinctive. However, this method can not correct the bias which is not related to a
leading SVD mode and/or has a local character. Another correction method, used in this chapter, is the
so-called “Point-wise Downscaling (PDS)” method which is based on the large-scale patterns of
model variables correlated to a local (grid) observed precipitation. Once, the model patterns are
determined from hindcast prediction data, the local precipitation can be predicted by a linear
combination of the predictors obtained by projecting the patterns to the dynamical prediction data.
Here, it is important to define optimally the domains of the patterns for each local prediction, which
are predetermined based on hindcast prediction data. The optimum domains are obtained by
repeatedly comparing the prediction skill of the corrected prediction by changing and moving the
domains over the globe. The domain sizes scanned are from 30° longitude x 20° latitude (minimum
size) to 120°longitude x 50° latitude (maximum size). In the scanning procedure, the domains are
selected only if the statistical significance of a grid point in the domain exceeds a certain threshold
value. Here, the variables used as predictors are precipitation and 850hPa temperature. The detail of
the PDS method can be found in Kang and Shukla (2005).
Double cross validation (Kaas et al. 1996) is used to evaluate the skill of the bias-corrected
prediction anomalies. Details of the present verification procedure can be found in Kang and Shukla
(2005). It is noted that the corrections of prediction toward observation based on both the SVD and
PDS methods lead to loss of variability in absolute magnitude; that is, the corrected field stays close
to climatology. Thus, it may be necessary to apply some sort of inflation method to the adjusted field.
The most common way of inflation is to multiply the adjusted values by the ratio between the
standard deviation of the observations and that of the adjusted values. In the present study, the
inflation factor is obtained by combining the common way of inflation and the weighting factor
considered by Feddersen et al. (1999) and used by Kang et al. (2004).
The error correction method introduced above is applied to the SNU predictions here and the
applicability of the method to the seasonal prediction is examined based on the one model result. It is
then applied to the other models in the next section. Fig. 4a shows the spatial distribution of the
correlation coefficient between observations and the corrected seasonal predictions based on the SVD
method. The correlation coefficients of corrected prediction are replaced by those without correction,
if the former is smaller than the latter. Those locations are in the central tropical Pacific, where the
correlation coefficient of the original prediction is already very large. Clearly, in most of the regions,
the predictability is much enhanced by the statistical correction. The enhancement of predictability is
particularly pronounced in the western Pacific where the correction skill is negative without
correction (Fig. 3f) but has relatively large positive values after correction. The correlation skill of the
corrected prediction based on PDS is shown in Fig. 4b. Double cross validation procedure is applied
to obtain the correlation skill. In the tropics, both correction methods produce similar results. In the
subtropics and extratropics, however, the PDS method has a superior ability in correcting the errors,
particularly in the western Pacific. Since the PDS method has a better performance than the SVD
method, hereafter all corrections are made based on the PDS method.
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(a) Correlation coefficients after SVD correction

(b) Correlation coefficients after PDS correction

Figure 4. As in Figure 3 except the predicted precipitation of SNU SMIP after correction of systematic error
using (a) SVD and (b) PDS.

6. Multi-model Potential Predictability
There are several ways of combining the multi-model outputs. The simplest way is a composite.
The basic idea of multi-model composite is that the individual model errors can be cancelled among
each other by making the composite. However, the multi-model composite may not be necessarily
better than the best single model. The superiority condition of the multi-model composite to the best
simple model is given here. After normalizing all anomalies with respect to their corresponding
variance, the skill score S (here defined as S = 1 − V (error ) / V (obs) ) can be expressed as

S S = 2R − 1

(9)

S M = 2 R M − rM

Where S S is the skill score of a single model and R is a correlation coefficient between the
observation and the single model. S M

is the skill score of multi-model composite, and

R the mean correlation skill of the N models used in the multi-model composite,
N ∑i =1 i
N
N
and rM = 1 2 ∑i =1 ∑ j =1 rij the mean of inter-model correlations rij . The above equation
N
RM = 1

N
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indicates that the multi-model composite has a best skill when several best models are chosen to
maximize R M and the models are least dependent from each other to minimize rM . In reality, the
multi-model composite is not necessarily better than the single (best) model, mainly because of the
inter-model dependency. By denoting RBest as the correlation skill of the single best model, rM and

RBest − RM at each grid point are computed using the five model precipitation data, and those values
are plotted in Fig. 5. The best model at each grid point is determined by comparing the prediction
skills of the five models, obtained based on the 21 year hindcast data. In the figure, the multi-model
composite is better than the single best model if the skills of the best model and the multi-model are in
the region below the thick line. The figure indicates that the multi-model composite is better than the
single best model in most of the grid points, although there are many exceptions.

Figure 5. Distribution of rM and R Best − R M , which are computed using five model precipitation data. Each
dot corresponds to the each grid point. Thick dashed line indicates threshold for superiority of multi model
composite to the single best model. Multi model composite is better than the single best model below this
line.

There are several ways of combining the multi-model outputs other than the composite. After
Krishnamurti et al. (1999, 2000), scientists have tried to improve weather and climate forecasts using
an approach so called the “superensemble”. The skill of superensemble method depends strongly on
the post-processing algorithm for the multiple regression of multi model solutions toward observed
fields during a training period. For the post-processing, the respective weights for individual models
are generated using a multiple regression technique. The conventional superensemble forecast
(Krishnamurti et al. 2000) can be constructed by the following formula.
N

S = O + ∑ ai ( Fi − Fi )

(11)

i =1
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Where, Fi is the ith model forecast, Fi is the mean of the ith forecast over the training period, O is
the observed mean over the training period, ai is the weighting factor of ith model, and N is the
number of forecast models involved. The design of an optimal weighting function for a long-term
forecast is a key for the development of multi-model superensemble system. Here, the weighting
factors are obtained based on the singular value decomposition (SVD) method proposed by Yun et al.
(2003).
In the present section, the multi-model predictions are combined by the three methods: a simple
composite (MME1), the superensemble (MME2), and the composite of model predictions after each
model prediction corrected by the statistical PDS method (MME3). It is mentioned that the
superensemble method is also applied to the predictions after error correction However, the
superensemble in this case dose not provide a better skill compared to the composite of the corrected
predictions. It may be because of double fitting to the observation: the first fit of the prediction to the
observation for the correction and the second fit for the superensemble.

MME1 (0.33)

MME2 (0.43)

MME3 (0.51)

Figure 6. Time series of spatial pattern correlations over the monsoon region (40°-160°E and 20°S-30°N)
between the observed and the predicted precipitations of MME1 (dotted line), MME2 (dashed red line), and
MME3 (solid blue line). MME1, MME2, and MME3 are the multi-model predictions based on a simple
composite, SVD based superensemble, and the composite of correction predictions by PDS, respectively. The
open gray dots are spatial pattern correlation values of individual models.

The spatial pattern correlations over the monsoon region for 1979-99 are obtained by using
MME1, MME2, and MME3, and those are plotted in Fig. 6. As discussed above, the composite is not
always better than the single best model prediction, but the average skill of the composite is
comparable to that of best individual model. Therefore, the choice of multi-model composite
prediction will be generally safe since we do not know the best model for the prediction. On the other
hand, the superensemble skill (MME2) appears to be better than that of the best individual model with
a few exceptions. But, as shown in the previous section, the prediction skill of individual model after
error correction is usually much better than that of the raw prediction. The correlation skill of MME2
appears to be comparable to that of the best individual model after correction. The composite of
corrected predictions (MME3) has usually a superior correlation skill than any of the corrected
individual models. The MME3, which is the best system among the prediction systems used here,
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produces the 21 year average correlation skill of 0.51 for the monsoon summer prediction, which has
a statistical significance. The correlation skills in other regions and other seasons must be different,
and their usefulness should be examined separately. In conclusion, the dynamical monsoon seasonal
prediction requires a multi-model system with statistical post processing, which need further research
efforts.

Figure 7. Correlation coefficient of summer-mean precipitation for the multi-model ensemble (a) and the
individual models (b)-(h) in a Tier-one system, DEMETER over the globe.
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7. Real Seasonal Predictability
In the previous sections, the seasonal predictability was investigated using the AGCM simulations
with prescribed observed SST condition. However, a real operational prediction should use predicted
SST as a boundary condition of model integration. The methods of SST prediction currently being
used are a persistence, ocean-atmosphere coupled models, and various statistical models. As indicated
in Introduction, however, the Tier-2 system (AGCM simulation with prescribed SST) has a limitation
in simulating correctly the atmospheric response to local SST anomaly in the region of active oceanatmosphere interaction (Wang et al 2004). The coupled model produces the precipitation anomalies in
a similar manner as observed, as demonstrated by Wang et al. (2004) and Kang and Shukla (2005).
But it does not guarantee a high prediction skill, which can be achieved only if its SST prediction is
reasonably good.
We now examine the prediction skill of Tier-1 systems using the seven coupled oceanatmosphere models participated at the DEMETER project, listed in Table 2. Fig. 7 shows the
correlation skills of summer-mean precipitation for the individual models and the multi-model
ensemble over the globe. They are relatively high in the tropical Pacific but poor in other regions. The
skill of the multi-model composite (Fig. 7a) is similar to that of the best model. As expected, the Tier1 systems produce slightly better prediction skill over the western Pacific compared to the negative
correlation skills that the Tier-2 systems produce in the region. The year-to-year variations of spatial
pattern correlation for the monsoon region between the predicted and observed precipitation are
shown in Fig. 8. Shaded and dark circles indicate the correlation values of raw and corrected
predictions, respectively. The statistical correction based on the PDS method improves the correlation
skill in the most cases. The MME3 multi-model ensemble method (composite of the corrected
predictions), shown as the best method among several multi-model ensemble methods treated in
Section 5, is now applied to the DEMETER predictions. The solid line in the figure shows year-toyear variations of the spatial pattern correlation between the observed and the MME3 precipitations
for the monsoon region. The 21 year average of the MME3 correlation values is 0.47. This value may
represent the prediction skill of summer monsoon precipitation, that we can achieve at present.

Before correction (0.33)

CPPM correction (0.46)

Figure 8. The interannual variation of the averaged value of pattern correlation of the individual models before
(gray) and after the bias correction (black) in a Tier-one system over the globe. The 20-year averaged
correlation values are also written in caption as number.

399

8. Summary and Concluding Remarks
The present chapter reviewed the present status of state-of-the-art dynamical seasonal prediction
systems and demonstrated possible improvement of the predictions based on statistical correction and
combination of several independent predictions. In particular, seasonal predictability of summer-mean
precipitation over the Asian Monsoon-Western Pacific region is assessed by using 21 year hindcast
predictions of five APCN models for 1979-1999. The potential predictabilities of individual models
and a multi-model ensemble system are shown by various methods including the signal to noise ratio
based on the analysis of variance and the anomaly correlations. In addition to the potential
predictability of the Tier-2 systems, the real seasonal predictabilities of Tier-one systems are examined
based on the coupled model predictions of the DEMETER project.
The signal to noise ratio of seasonal mean precipitation over the monsoon region is lower than
those of other tropical regions. In addition to large noise, all Tier-two models produce large systematic
errors in the Asian Monsoon region, particularly in the western Pacific. As a result, all models produce
very poor correlation skill over the Monsoon region. The model composite prediction does not help
improve the correlation skill. For the subtropical western Pacific and the Atlantic Ocean, all models
and the composite show the correlation skills with relatively large negative values. The negative skill
in the western Pacific is due to model bias, where the external response has a large systematic error.
Recently, Wang et al. (2004) suggested that the poor simulations of precipitation over the western
Pacific is due to the two-tier prediction system, where the atmosphere is forced by the prescribed SST,
but in nature the ocean-atmosphere coupled processes are active and atmospheric feedback to the
ocean, which is missing in the two-tier approach, is important in the western Pacific.
To correct the model bias, statistical methods based on singular value decomposition and a pointwise downscaling method were developed and applied to individual model predictions. It is shown
that the statistical correction is effective in enhancing the predictability, particularly for the Asian
Monsoon–Pacific region, where the large model bias is included in the forced signal (Kang et al.
2004). The enhancement of predictability is particularly pronounced in the western Pacific where the
correction skill is negative without correction but has relatively large positive values after correction.
It is shown that the point-wise correction is generally better than the correction with leading SVD
modes.
The individual model errors can be reduced by combining multi-model predictions. Theoretical
analysis is made for the superiority condition of multi-model composite to the single best model. It is
shown that the multi-model composite has a good skill when several best models are chosen and the
models are least dependent from each other. The inter-model dependency is a crucial problem at
present for the multi-model prediction, whose performance is better than that of the single best model.
Seasonal predictability of multi-model ensemble prediction is assessed by using several multi-model
methods including simple composite, superensemble, and composite of corrected individual
predictions. It is shown that a reasonably good dynamical seasonal prediction can be achieved when
we use the multi-model composite after applying the statistical correction to individual predictions.
The multi-model seasonal prediction based on coupled models is also examined by using the
hindcast prediction data of DEMETER. It has been anticipated that the Tier-one system often
produces large systematic errors, particularly in the extratropical region, compared to those of the
Tier-two system with the prescribed SST anomalies obtained from the same Tier-one system.
However, this study shows that the Tier-one system can better predict the summer-mean precipitation
particularly over the Monsoon-western Pacific region, where the atmosphere-ocean feedback is active.
The DEMETER Tier-one systems appear to produce better prediction skills over the globe compared
to Tier-two systems with predicted SST (not shown). The spatial correlation skill of the DEMETER
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MME3 for summer-mean precipitation, the best among the multi-model ensemble systems treated in
this chapter, is 0.47 over the monsoon region. These values may represent the summer-mean
precipitation prediction skills that we can achieve with dynamical prediction models at present.
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1 Introduction
While the defining variability of a monsoon system is its seasonal character, its variability about
its typical seasonal evolution is often of most interest and importance. In the case of the Asian and
Australian summer monsoons, their intraseasonal character is especially prominent and unique. Figure
1 compares annual rainfall variability along with the interannual and intraseasonal variability (ISV)
for the Northern and Southern Hemisphere summer seasons. The annual standard deviation exhibits
strong variability on either side of the equator, which is a depiction of the annual meridional migration
of the tropical rainfall band – a fundamental manifestation of the monsoon. The maps of interannual
variability, particularly that for boreal winter, emphasize the connection to ENSO-related SST
variability in the tropical Pacific Ocean. These maps of ISV illustrate two important features. First, the
intraseasonal rainfall variability is as large or larger than the variability associated with the other time
scales illustrated. Second, it tends to be relatively most prominent in the Asian and Australian
monsoon sectors. The time series in Figure 2 show the annual cycle of rainfall and the anomalous
evolution of unfiltered and filtered rainfall over India and northern Australia for a sample of three
years. These time series emphasize the overall dominance, apart from the annual variation, of the
intraseasonal time scale on these monsoon systems, including its obvious role in dictating onset and
break phases. Even from these simple diagnostic figures, it is evident that ISV is a fundamental
component of these monsoon systems. The material in this review is devoted to describing the ISV
associated with the Asian and Australian, summer monsoon. This includes the role it plays in the
monsoons’ onsets and breaks, its seasonal evolution, its interannual and decadal variability and remote
influences. In addition, the review will discuss what is understood regarding the important physical
processes associated with monsoon ISV as well as our present capabilities and shortcomings in
simulating and predicting it. More thorough reviews of a number of the topics discussed in this
review, including more comprehensive bibliographies, can be found in Lau and Waliser (2004) as well
as in Waliser (2004). In addition, it should be noted that material associated with intraseasonal
variations in the American monsoon systems is treated Chapters 13-15.
2 General Description
a) Madden Julian Oscillation
Despite over a century of interest and study of the interannual component of the Asian monsoon,
the prominence of an organized intraseasonal component has only been recognized for about the last
three decades. One of the first steps in this recognition came in the early 1970’s with the discovery of
an intraseasonal “oscillation” in the tropics, that has since been named the Madden-Julian Oscillation
(MJO; also known as the 30-60 day, 40-50 day, and tropical intraseasonal oscillation) after its
discoverers (Madden and Julian, 1971). These “oscillations” were initially detected in tropical wind
and surface pressure data from available radiosonde and station data. Considering the data and
computational resources available at the time, this discovery was quite remarkable. A historical
perspective of this discovery can be found in Madden and Julian (2004). Subsequent to its initial
detection in station data, the MJO was soon after detected in satellite-observed brightness
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temperature/cloudiness data (Gruber, 1974; Zangvil, 1975) and has since been characterized by a
number of further observational studies, a review of which can be found in Madden and Julian (1994).

Figure 1. (Upper set of panels) Rainfall variability maps for the global tropics. Rainfall data is based on pentad
values of the satellite and in-situ merged CMAP product of Xie and Arkin (1997) from 1979 to 1999. (upper)
Annual cycle. In this case, the mean 73-pentad annual cycle was constructed from the data and the variance was
computed about the annual mean; values shown in terms of standard deviation. (middle) Interannual variability.
In this case, the data were low-pass filtered, retaining periods longer than 90 days. The variance of these
interannual anomalies was computed for the December-March (left) and June-September (right) periods
separately; values shown in terms of standard deviation. (lower) ISV. In this case, the data were band-pass
filtered, retaining periods between 30 and 90 days. The variance of these intraseasonal anomalies was computed
for the December-March (left) and June-September (right) periods separately; values shown in terms of standard
deviation. (Lower set of panels) Interannual variation of intraseasonal rainfall variability. In this case, the data
were band-pass filtered, retaining periods between 30 and 90 days. The variance of these intraseasonal
anomalies was computed separately for the each December-March (DJFM; left) and June-September (JJAS;
right) period. The variance of these values [N=21 (20) for JJAS (DJFM)] was computed and is illustrated in
terms of standard deviation.

Figure 3 illustrates the canonical space-time structure of an MJO event using a composite analysis
of contemporary data sources. The rainfall maps illustrate its eastward propagation and equatoriallytrapped character. Comparison of the upper and lower tropical wind fields emphasize the baroclinic
nature of its wind anomalies. In addition, it can be seen that the MJO has a global scale with wind
anomalies, particularly at upper levels, being primarily characterized by wavenumber 1, and with rain
and low-level winds being primarily characterized by wavenumber 2 – although modulated by the
relatively warmer (cooler) eastern (western) hemisphere background state. For example, over the
Indian and west Pacific Oceans, there is evidence of considerable interaction between the wind and
rainfall anomalies. In these regions, where the coupling between the convection and warm surface
waters is strong, the oscillation propagates rather slowly, about 5-10 m/s. However, once the
disturbances reach the vicinity of the Date Line, and thus cooler eastern Pacific Ocean equatorial
waters, the convection tends to subside and propagate southeastward into the SPCZ. Beyond the
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dateline, the disturbance is primarily evident only in the wind field with characteristics similar to a dry
Kelvin wave with a speed of about 15-20 m/s or greater (e.g., Hendon and Salby, 1994).

Figure 1. Time series of rainfall over
India (left) and Australia (right).
Rainfall data is based on pentad values
of the satellite and in-situ merged
CMAP product of Xie and Arkin
(1997) from 1979 to 1999. The data
plotted for India (Australia) are the
domain averages of the grid points
lying within India (Australia, lying
north of 25°S). (top) Mean 73-pentad
annual cycle. (lower three panels) The
thin black lines are pentad anomaly
values, the thick black lines are 30-90
day band-passed values, and the thick
dashed lines are 90 day low-pass
values for the years 1979, 1988 and
1996.

Another important feature associated with the MJO, especially in relation to its connections to
mid-latitudes and its connections to the boreal summer ISO, is its off-equatorial structure and
variability. From Figure 3 there is evidence of off-equatorial Rossby wave gyres that straddle the nearequatorial rainfall anomalies. For example, in the composite maps at lag +12.5 days, the positive
rainfall (i.e. heating) anomaly is located over the Maritime continent. Associated with this are upperlevel cyclonic (anticyclonic) gyres to the northeast and southeast (northwest and southwest) centered
at latitudes of about 20°. These gyres are more easily identified in the life-cycle analysis of the MJO
by Hendon and Salby (1994) and are consistent with the circulation that is expected in association
with a near-equatorial tropospheric heating anomaly (Matsuno, 1966; Gill, 1980). One of the
important manifestations of these tropical heating and subtropical streamfunction anomalies is that
they act as Rossby wave sources for mid-latitude variability (e.g., Weickmann, 1983; Liebmann and
Hartmann, 1984; Lau and Phillips, 1986; Sardeshmukh and Hoskins, 1988). For example, the +12.5day lag map of Figure 3 shows evidence of a wave train emanating from the tropics and extending
poleward and eastward over the Pacific Ocean and North America. Such connections with the extratropics have important ramifications for mid-latitude weather variability, regime changes and
forecasting capabilities (e.g., Ferranti et al., 1990; Higgins et al., 2000; Jones et al., 2004a).
The ISV characteristics discussed above tend to be most strongly exhibited during the boreal
winter and spring when the Indo-Pacific warm pool is centered at or near the equator. From the
rainfall maps in Figure 3, it is evident that the MJO has its greatest impact on Australian monsoon
rainfall variability (e.g., right panels of Figure 2). However, as will become evident, the principal
mode of ISV that influences the Asian summer monsoon shares many of the same properties, and in
large part their differences derive mainly from a consideration of the seasonal modulation of ISV.
There have been a number of terminologies applied to the boreal summer ISO, ranging from simply
ISO, monsoon ISO (MISO), and even just the MJO, where the latter simply takes the viewpoint that
there is one inherent phenomenon modulated by the annual cycle. In this chapter, it is important to be
able to distinguish the two different phenomena (or, if one prefers, the seasonal modulation of the
phenomenon) and their associated research developments. Thus the form of ISV that most directly
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affects the Asian summer monsoon, and in this sense is different from the MJO form of ISV that
primarily affects the Australian summer monsoon, will be referred to as the boreal summer ISO or just
the ISO.

Figure 3. Canonical structure of an MJO event based on 5-day average (i.e. pentad) NCEP/NCAR Reanalysis
(Kalnay et al., 1996) and CMAP rainfall data (Xie and Arkin, 1997) from 1979-2000. Data were bandpassed
filtered with a 30-90 day filter and then separated into boreal winter (Nov-Apr) and summer (May-Oct).
Extended EOF (EEOF) analysis with +/-5 pentad lags was performed on tropical rainfall (30°N-30°S, 30°E to
180°E) to identify the dominant "mode" for the winter and summer separately. Composite events were
constructed by selecting events if the EEOF amplitude time series exceeded 1 standard deviation [N = 43 (49)
for winter (summer)]. The resulting composites have dimensions lag (-5 to +5 pentads), latitude and longitude.
In the plots above, only 4 panels of the boreal winter composite are shown, each separated by 2.5 pentads (i.e.
12.5 days). Plots on the left show composite rainfall and 850 hPa wind vectors between 30°N and 30°S. Plots on
the right show 500 hPa geopotential heights and 200 hPa wind vectors between 70°N and 50°S. Only values that
exceed the 90% confidence limit are shown. NOTE: Encircled shading denotes positive anomalies.

b) Boreal Summer ISO
Beginning around the mid to late 1970’s, a number of studies began to identify intraseasonal
fluctuations, with periods around 40-50 days, associated with the Asian summer monsoon. These
included analysis of both cloudiness (Murakami, 1976a; Yasunari, 1979; 1980) and wind variability
(Dakshinarmuti and Keshavamurty, 1976; Murakami, 1977). These initial studies set the stage, and in
essence primed the community, for a very active research period on the ISO that was forthcoming in
association with the First GARP (Global Atmospheric Research Program) Global Experiment (FGGE)
in 1979 (NA, 1978; Fleming et al., 1979). In hindsight, the FGGE year could not have turned out
better in terms of the providing an ideal data set for carrying out ISO-related monsoon research. For
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example, examination of the Indian rainfall plots such as those in Figure 2 for all years since 1979
illustrate that the 1979 summer had one of the most robust ISV signatures of any year since. The
resulting enhanced data set from FGGE provided the observational resources for a multitude of ISOrelated studies (e.g., Lorenc, 1984; Krishnamurti and Gadgil, 1985; Murakami and Nakazawa, 1985;
Cadet, 1986; Chen, 1987; Murakami, 1987; Krishnamurti et al., 1988; Krishnamurti et al., 1990; Chen
and Yen, 1991; Krishnamurti et al., 1992; Chen and Chen, 1993; Chen and Chen, 1995).

Figure 4. Same as Fig. 3, except for boreal summer (May-Oct), and with the panels on the right extending from
50°N to 70°S.

Figure 4 illustrates the canonical space-time structure of a typical boreal summer ISO event using
a composite analysis of contemporary data sources (see among others, Krishnamurti and
Subrahmanyam, 1982; Chen and Murakami, 1988; Goswami et al., 1998; Annamalai et al., 1999;
Annamalai and Slingo, 2001; Hsu and Weng, 2001; Kemball-Cook and Wang, 2001; Lawrence and
Webster, 2002; Hsu et al., 2004). The rainfall map at lag 0 days shows that positive rainfall anomalies
in the western and central Indian Ocean occur in conjunction with negative rainfall anomalies over a
region extending between India and the western equatorial Pacific. This system then appears to
propagate in both an eastward and northward fashion. Examination of the near-equatorial region alone
gives the impression of an MJO-like phenomenon described above, although more confined in
longitude. On the other hand, examination of a given longitude sector anywhere between 80°E and
130°E gives the impression of a northward-propagating phenomena (e.g., Figure 9). Studies such as
those by Yasunari (1979) and Lau and Chan (1986) tied these two different aspects of propagation
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together and pointed out the comprehensive nature of the phenomena. From these figures, it is evident
now that the intraseasonal variations in rainfall depicted in Figure 2 are closely associated with the
type of space-time variability shown in Figure 4 (and Figure 9). These variations largely account for
what are often referred to as “active” and “break” periods of the monsoon which as discussed above
make up a critical feature of the Asian monsoon system and its variability.
While the diagram in Figure 4 illustrates what might be considered a typical ISO event, it is
important to recognize that these events have considerably more complexity in reality. For example,
the study by Wang and Rui (1990a), and later by Jones et al. (2003), have further diagnosed the
“synoptic climatology” of tropical ISV events, including their seasonal modulation (see also
Lawrence and Webster, 2002). Both studies used forms of convective (i.e. OLR) anomaly “tracking”,
the former being more subjective and latter an objective approach, to illustrate the typical pathways
that ISV events follow. Viewed within this paradigm, each identified categories of events that at some
point within their eastward migration would move northward into the Indian subcontinent or into
Southeast Asia/western North Pacific Ocean. Apart from these types of variations, it is important to
point out that there is a fair bit of variability even within the monsoon season when considering the
nature of ISO events and the influence of the background state. For example, Figure 5 illustrates how
the typical pattern of intraseasonal variance is modified over the course of the monsoon season
(Kemball-Cook and Wang, 2001). During the onset month(s) of the monsoon, most of the variability
occurs in the Indian sector while during the final month(s) of the monsoon, most of the variability
occurs in the East Asian and western North Pacific sectors. This seasonal variation was shown to be
consistent with the seasonal march of the warmest SSTs, which begin to develop in the northern
Indian Ocean in the early monsoon period and eventually are found around Southeast Asia and the
northwestern tropical Pacific in the later part of the summer.
With the above seasonal modulation in mind, Kemball-Cook and Wang (2001) produced a
schematic of the synoptic evolution of an ISO event. This diagram is shown in Figure 6. It illustrates a
mixture of the underlying wave characteristics, and their propagation features, associated with the
space-time and variance structures shown in Figure 4 and Figure 5. For both the early and late
monsoon season, there is what can be considered an initiation phase in the equatorial Indian Ocean, an
eastward propagating component, and a recurrent emission of Rossby waves. For the initiation phase,
the main difference between early and late summer, is that during late summer there is an eastward
displacement of the location of the initiation phase. For the eastward propagating component, the
main difference is that in late summer, the propagation appears to be somewhat discontinuous and
“jump” across the Maritime continent. In addition, there is less latitudinal symmetry in late summer,
as warm moist surface conditions have moved mostly to the north of the equator.
The off-equatorial disturbances shown on Figure 6 are associated with the emanation of Rossby
waves from the near-equatorial convection anomaly. It is this feature that makes the propagating
characteristics of the boreal summer ISO particularly complex. These disturbances are associated with
three directions of propagation. Considered in isolation, they have an inherent westward propagation
(Matsuno, 1966). This accounts for some aspects of the westward propagating variability that is
found, particularly in the latter part of the summer, in the Southeast Asian sector/western North
Pacific Ocean and/or that is associated with higher frequency ISV that will be discussed in more detail
below. On the other hand, the emanation of these Rossby waves occurs from a very large-scale,
eastward-moving, near-equatorial convective anomaly (e.g., Lawrence and Webster, 2002). Finally,
there are physical processes that promote northward propagation of these Rossby wave disturbances
that will be discussed in Section 5. Considering these latter two aspects together largely accounts for
the appearance of the eastward-propagating, northwest-southeast tilted, large-scale “rainband” evident
in Figure 4. Note that in some constructions this “tilted rainband” appears more like a quadrapole
feature (e.g., Annamalai and Slingo, 2001). Kemball-Cook and Wang (2001) pointed out that northsouth asymmetry and the enhancement of this Rossby-wave component in the latter part of the
monsoon season are associated with the change in the background state (e.g., SST and surface
moisture) and accompanying enhancements in the large-scale easterly vertical shear (Li and Wang,
1994; Wang and Xie, 1996; 1997). For additional and more thorough reviews of the boreal summer
ISO, the reader is referred to Goswami (2004)and Hsu (2004).
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Figure 6. Boreal summer ISO convection lifecycle for (a) May–Jun and (b) Aug–Oct. Ovals
indicate convection, with numbers indicating
the evolution of the anomaly. Horizontal
arrows indicate eastward propagation of
convection along or near the equator.
Vertical/slanted arrows indicate poleward
propagation of convection due to emanation of
Rossby waves from equatorial convection.
Dashed lines indicate low-amplitude signal.
From Kemball-Cook and Wang (2001).

Figure 5. Seasonal variation of 10–100-day
filtered OLR variance. (top) May–Jun
average, (middle) Jul average, and (bottom)
Aug–Oct average. Contour interval is 250 (W
m-2)2. First contour at 500 (W m-2)2. Regions
where the OLR variance > 750 (W m-2)2 are
shaded. From Kemball-Cook and Wang
(2001).

c) High Frequency ISV
In addition to the prevalence of ISV with a nominal time-scale of 40-60 days, there is also
considerable ISV at higher frequencies, at time scales of around 10-20 days, particularly in
conjunction with the Asian summer monsoon. Detection of these higher frequency fluctuations came
from early studies on cloudiness and conventional synoptic observations (Krishnamurti and Bhalme,
1976; Murakami, 1976b; Yasunari, 1979; Krishnamurti and Ardanuy, 1980). However, it wasn’t until
the 1980’s and even the 1990’s that enough data became available to more thoroughly document the
temporal and spatial structure as well as the modulation of the variability over the course of the
monsoon season (Lau et al., 1988a; Tanaka, 1992; Chen and Chen, 1993; Fukutomi and Yasunari,
1999; Chen et al., 2000; Annamalai and Slingo, 2001; Hsu and Weng, 2001). For example, Figure 7
shows Annamalai and Slingo’s depiction of the 10-20 day mode calculated from 10-20 day
bandpassed OLR data using Principal Oscillation Pattern (POP, Hasselmann, 1988) analysis. This
mode accounted for about 1/4 of the subseasonal monsoon variability while the 30-60 day (i.e. ISO)
accounted for about 2/3. In contrast to the lower frequency ISO, this mode’s variability is focused
almost entirely over East Asia and the northwest tropical Pacific region. Moreover, their analysis
indicates that in contrast to the 30-60 day mode, whose large-scale structure appears to originate in the
equatorial Indian Ocean and propagate northward / northeastward, the 10-20 day mode originates in
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the equatorial western Pacific and propagates westward / northwestward in the form of Rossby waves
at about 5 m/s.
Based on the studies noted above, another noteworthy feature of the 10-20 day mode is that it has
a relatively strong seasonal variation. In particular, during the early summer monsoon period (e.g.,,
May-July), there is considerable 30-60 day variability exhibited at and near the equator and in
particular in the Indian sector, with very relatively little 10-20 day variability evident. However, as the
monsoon season progresses, the focal point of the 30-60 day variability moves northeastward (Figure
5) with strong 10-20 day variability developing in the East Asian and northwestern tropical Pacific
Ocean. The concurrence of high amounts of 30-60 and 10-20 day variability in this region during the
latter half of the monsoon makes this period and region of the monsoon particularly challenging to
diagnose, understand and model.

Figure 7. Real and imaginary Principal Oscillating
Patterns (POP) for an analysis of 10-20 day
bandpass filtered OLR data. The rotation period of
the POP is 17 days and the decay time is 20 days.
The contour interval is 50 and the shading denotes
negative values. Taken together, these two patterns
depict an westward / northwestward propagating
oscillation. From Annamali and Slingo (2001).

Figure 8. Tracks of low-pressure systems
(LPS) for the period 1954–1983 during
extreme phases of boreal summer ISO. (a)
‘Active’ ISO phase (analogous to 4th panel of
Figure 4) and (b) ‘Break’ ISO phase
(analogous to 2nd panel of Figure 4). Dark
dots represent the genesis point of the LPS
and their lines show the tracks. From
Goswami et al. (2003).

As there have been less observational studies of the 10-20 day variability compared to the 30-60
day ISO mode, there have also been fewer hypotheses as to its origin. Krishnamurti and Bhalme
(1976) suggested the 10-20 day mode could arise from a cloud-radiation-convective feedback. While
plausible, there was no quantitative support provided for a selection of the given time scale and none
for the overall spatial structure – which was probably not that well defined at the time. Goswami and
Mathew (1994) invoked evaporation-wind feedback (see Section 5) to describe the instability but their
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most unstable mode had a zonal wavelength of about 9-12x103 km which is significantly larger than
the 5-6x103 km wavelength evident in Figure 7. Recently, Chatterjee and Goswami (2004) used a
simplified 2-layer atmospheric model coupled to a steady Ekman boundary layer to examine the
nature of the 10-20 day mode (referred to as the quasi biweekly mode; QBM). Their model results
suggest that the QBM is an n=1 Rossby wave which is modified by the mean background state. The
latter provides for the “dynamic equator”, and thus the Rossby wave itself, to be displaced northward
giving the modal structure of the pattern more consistency with the observations. The source of
instability comes from the interaction between convective heating and frictional moisture convergence
within the (off-equatorial) region of low-level vorticity.

Figure 9. Time-latitude sections
of 10-80 day filtered anomalies
of OLR (Wm-2), wind speed
(ms-1), net surface heat flux
(Wm-2) and SST (°C) averaged
over 85-90°E in the summer of
1998. (Sengupta et al., 2001).

d) Climatological ISO
While Figure 2 suggests a fair amount of year-to-year variability in the character of the monsoon’s
ISO variability (discussed in more detail in Section 4), there is actually enough year-to-year similarity
in the Asian summer monsoon to make up what has been termed the “climatological ISO” (CISO,
after Wang and Xu, 1997). This feature has been detected and examined by a number of studies (Lau
et al., 1988a; Kang et al., 1989; Nakazawa, 1992; Wang and Xu, 1997; Kang et al., 1999). For
example, based on a computation of the 17-year mean seasonal evolution of (pentad-resolution) OLR,
Wang and Xu (1997) show statistically significant ISO variability that is distinct from the smooth
seasonal variation. Examining this feature in a broader context shows that CISOs exhibit structured
propagation characteristics similar to the “synoptic” ISO events described above. For example, the
time-latitude diagrams of the high-frequency components of the monsoon’s seasonal evolution from
411

Kang et al. (1999) illustrate a great deal of similarity between the northward propagation
characteristics of the CISOs and the ISO (e.g., Figure 9).
The above line of research has helped support, and dovetailed with, a parallel line of research that
has over the years discussed the multi-stage onset of the Asian summer monsoon, particularly in the
Southeast Asian region (e.g., Ding, 1992; Matsumoto, 1992; Tanaka, 1992; Ueda et al., 1995; Wu and
Wang, 2001; Wang and LinHo, 2002). For example, the northward propagation of the climatological
convection that begins in mid-May (e.g., Kang et al., 1999) is associated with the monsoon onset in
the South China Sea region and then subsequently in mid June the onset of the Meiyu in Central
China and the Baiu in Japan. By this time, the South China Sea region is undergoing a climatological
withdrawal, which subsequently happens in the Central China and Japan as the convective signal
moves further north (~40°). By around early August, there is a return of active conditions around
20°N and another northward propagating climatological feature. While the CISO provides a
framework to understand, and even predict, regional monsoon onset characteristics, it should be
emphasized that just as the ISO might be considered a fundamental building block of the
climatological onset, it can also produce a fair amount of variability to the onset and even be
responsible for delaying or producing false onsets (Flatau et al., 2001; Flatau et al., 2003).
3 Synoptic Organization and Remote Influences
The subseasonal time and planetary spatial scales of the MJO/ISO give it the means to modulate
synoptic activity at considerably smaller time and space scales as well as the circulation in regions
remote from the main convective disturbances. This section briefly examines a number of interactions
of this sort, including both local and remote organization of tropical storm activity. While a number of
studies have noted modulation of synoptic activity such as tropical storms by ISV in the Indian and
Australian sectors (Yasunari, 1981; Murakami et al., 1986; Liebmann et al., 1994), (Goswami et al.,
2003) have performed a recent analysis for the period 1954-1993 with very clear demonstrable results
pertaining to the Indian monsoon. Their analysis focused on the development and subsequent tracks of
low-pressure systems (i.e. lows and depressions; LPS). They first developed an ISO index based on
filtered 850 hPa relative vorticity. Then they plotted the genesis and track information for the LPS that
occurred within what they referred to as the “active” and “break” phases of the ISO (analogous to the
4th and 2nd panels of Figure 4, respectively); their results are shown in Figure 8. In the active phase,
there is a strong preference for the development of LPS to occur in what amounts to the seasonal
mean position of the monsoon trough and region of maximum relative vorticity, both of which are
accentuated during the “active” phase of the ISO. In the break phase, there is a clear diminution of
LPS development, with the few that do develop occurring on the northward and southward edges of
the seasonal mean trough – regions where the ISO in the “break” phase (as referred to here) is
enhancing convective activity and low-level vorticity. They noted a 3.5 times increase in LPS
development during the active versus the break phase. Also noteworthy in their study was that they
determined that this so-called “clustering” of LPS activity was separately modulated by both 30-60
day and 10-20 day frequency bands in approximately equal amounts, and that the clustering was
particularly strong when the enhancement effect from both band acted on concert.
Along with the Indian sector, there is also significant evidence for synoptic modulation by ISV in
the East Asian and northwestern tropical Pacific Ocean. Many of the studies on this topic have been
concerned with the modulation of tropical cyclones. As with the LPS results above, a number of
studies have found that typhoons tend to develop in active monsoon trough regions (Harr and
Elsberry, 1995; McBride, 1995). Since the location and spatial extent of the monsoon trough is
strongly modulated by ISO activity, it is expected that modulations of typhoon activity occur in
conjunction with the ISO. For example, Nakazawa (1986) found that during the FGGE year, tropical
cyclones tended to occur in the convective phases of the ISO, including both the 15-25 and 30-60 day
variations. Curiously, prior to this, Gray (1978) found that tropical cyclone formation tended to cluster
in 1-2 week periods with these periods being separated by 2-3 weeks. Clearly, Gray was seeing the
effect of ISO but had too little data to work with and as yet the ISO was just beginning to be detected
and defined. Maloney and Dickinson (2003) performed a detailed analysis of the energetics of this
relationship and found that when 850 hPa wind anomalies are westerly (i.e. 4th panel of Figure 4),
small-scale eddies tend to grow through barotropic eddy kinetic energy conversion from the mean
flow. The development of these eddies, together with strong surface convergence and 850-mb
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cyclonic shear that occur in conjunction with this phase of the ISO (i.e. 4th panel of Figure 4 between
about 120°-150°E and about 5°-20°N), and the high mean sea surface temperatures during the late
boreal summer, create the favorable environment for tropical cyclone formation. Along with the
evidence for ISO modulation of tropical cyclones, there is also considerable evidence for the
modulation of more generalized synoptic disturbances and wave activity in the East Asian and tropical
west Pacific Ocean region (Nakazawa, 1986; e. g., Lau and Chan, 1988; Sui and Lau, 1992; Salby and
Hendon, 1994; Hartmann and Maloney, 2001; Straub and Kiladis, 2003).
Just as noteworthy as the local modulation of tropical convective activity by the MJO/ISO is
evidence from a number of studies that such modulation can extend to a near global extent (Higgins et
al., 2000; Maloney and Hartmann, 2000a; b; Mo, 2000). These studies have each examined the
downstream influence of the boreal summer ISO on tropical storm and/or hurricane development. For
example, Maloney and Hartmann (2000a; 2000b) found evidence that the ISO, through its effects on
low-level winds in the eastern Pacific (see 2nd and 4th panels of Figure 4) has a strong modulating
effect on hurricane development in the eastern Pacific and Gulf of Mexico. Mo (2000) found that this
influence extends to tropical storm activity in the Atlantic. The study by Higgins et al. (2000)
demonstrated the global nature of these influences by compositing the 200 hPa velocity potential
anomalies for 21 strong ISO events between 1979 and 1997. Then they posted the point of origin of
all tropical storms that developed into hurricanes/typhoons and that occurred during those 21 ISO
events. Clearly evident is a robust, global scale modulation by the ISO wavenumber one circulation
anomaly that leads to an enhancement (suppression) of hurricane/typhoon formation in the rising
(subsiding) branch of the anomalous circulation. Downstream impacts from the MJO include
influences on extra-tropical circulation and weather patterns (e.g., Weickmann, 1983; Liebmann and
Hartmann, 1984; Higgins and Mo, 1997) and extreme precipitation events, particularly along the west
coast of the North America (Mo and Higgins, 1998; Jones, 2000; Jones et al., 2004b). The results
described in this section, coupled with the potential predictability of the MJO/ISO itself that is
discussed in Section 7, provide a valuable means to possibly predict, on a regional scale, the
occurrence of regimes when extreme events are more or less likely to occur (Ferranti et al., 1990;
Whitaker and Weickmann, 2001; Jones et al., 2004a).
4 Low-Frequency Variability
It is evident from Figure 2 that the amount and character of the ISV associated with the Asian and
Australian monsoon systems varies considerably from year to year. For example, as mentioned above
the 1979 FGGE year was characterized by very large and regular intraseasonal fluctuations in both the
Indian and Australian summer monsoon sectors. On the other hand, 1988 exhibited rather weak ISV
over India and rather typical variability over Australia, vice versa for 1996. The lower set of maps in
Figue 1 quantifies this variability by illustrating the amount of year-to-year variability associated with
the intraseasonal variance presented in the upper set of panels. Specifically, the two intraseasonal
maps in the upper set of plots in Figure 1 show the typical amount of intraseasonal rainfall variability
in any given season, and the two lower maps show the interannual variability associated with this
quantity. When considering these quantities in terms of variance (as opposed to standard deviation
which is what is illustrated; see caption for details), the typical change from year to year is on the
order of 30%. Thus the variations are considerable and these have a profound impact on the year-toyear character of the summer monsoons. This section reviews the low-frequency variations of the ISV,
namely the interannual and decadal variations as well as considerations of whether and how the ISV
itself may produce a rectified signal onto the seasonal and/or interannual mean state.
a) Interannual Variability
A number of observational studies have noted interannual variations of ISV in the observational
record. Most of this research was initiated in association with the MJO (e.g., Lau and Chan, 1988;
Salby and Hendon, 1994) although there have since been a substantial number of investigations
involving the boreal summer ISO. These investigations have tended to fall into one of three
categories. The first involves determining what mechanisms are responsible for producing the
observed interannual variability of ISV? The second involves determining how the interannual
variability in ISV might modulate the interannual character of the monsoon; this has typically
involved the boreal summer. The third involves understanding the degree that the interannual
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variations in ISV, primarily the MJO in this case, influence the development and evolution of
interannual SST variability (e.g., ENSO). The first two of these are addressed in more detail below.
The latter of the three lies beyond the scope of this review. However, recent summary and review
discussions of this issue can be found in Zhang et al. (2004), Lau (2004) and Kessler (2004).
The studies by Slingo et al. (1999) and Hendon et al. (1999) each examined in some detail the
observed relation between tropical interannual SST variability and MJO activity, where the latter was
determined in a number of ways (e.g., OLR, low-level winds, upper-level winds, principal
components). The results showed that the relation was very weak, and correlations of only about –0.3
were evident between seasonal mean SST anomalies in the tropical eastern Pacific and various indices
of MJO activity. Hendon et al.’s results indicated that most of this negative relation was associated
with diminished MJO activity during the 1982-83 and 1997-98 El Nino’s. A number of other studies
have examined this and other aspects of this issue but apart from finding that the MJO propagated
further east during El Nino years (see also, Gutzler, 1991; Fink and Speth, 1997; Gualdi et al., 1999a;
Hendon et al., 1999; Kessler, 2001; Waliser et al., 2001), they also found no strong indicator between
interannual SST variability of the MJO. Given the limited observational record length and the
unknowns associated with what part of the SST field is important in this regard, a number of authors
have addressed this same question via model predictability studies. Each of these studies (1999a;
2001) (1999), which used different models and various ensemble frameworks, came to the same
general conclusion that interannual SST variability had little impact on interannual MJO variability,
albeit the study by Chen et al. (2001) suggests that there might be decadal modulations to this
relationship.
The above study by Waliser et al. also includes an examination of the same question for the boreal
summer ISO. Overall, the results were analogous to those above, however the ensemble did
demonstrate significantly enhanced predictability during the spring of 1982/83. This same
characteristic was found during the spring of 1997/98 in a second ten-member ensemble. In each of
these cases, the ensemble means exhibited a decrease in ISV activity, a feature that is also echoed in
the observations. Such behavior was also found in the modeling study of Krishnan and Kasture
(1996). In an observational assessment, Lawrence and Webster (2001) found very little relationship
between ENSO and boreal summer ISO activity. While these results are suggestive of at most
intermittent predictability of boreal summer ISO activity, the results of the observational analysis by
Teng and Wang (2003) indicate a much more robust relationship. These two panels illustrate the
interannual variability in ISV associated with boreal summer ISV activity, distinguishing between the
early summer, near-equatorial eastward propagating variability (upper) and the later summer,
northern-tropics, westward propagating variability (lower). In each case, there is a significant positive
relationship with interannual eastern Pacific SST variability (~ 0.7 and ~ 0.6, respectively).
The contrast between the Teng and Wang results and those described above raises two questions.
First, why is there such a strong seasonal dependence in the interannual connection to SST for the
eastward-propagating component of ISV. Based on the various methods of analysis, and considering
discussion of Teng and Wang, the difference may lie in the degree the activity over the Indian Ocean
is weighted into the analysis. For example, the global and EOF-based measures used by the model and
MJO-based studies discussed above (i.e. not the Teng and Wang study) may not be sensitive to subtle
increases in ISV activity in the Indian Ocean during El Nino. Also, most AGCMs, including the
NASA/GLA model used by Waliser et al., exhibit relatively weak ISV activity in the Indian Ocean
(Waliser et al., 2003e) and thus may be incapable of reproducing the correct relationship for this part
of the tropical ocean. Some evidence for the above reasoning comes from the modeling study of
Krishnan and Kasture (1996). Recent work by Lau (2004) and H. Hendon (personal communication)
suggests that finer seasonal and/or interannual (e.g., transition to El Nino versus El Nino) distinctions
need to be made in order to depict a clear and understandable relation. The second question is why
does the westward propagating component exhibit a positive relation? Teng and Wang argue that this
enhancement is based on the increased easterly vertical shear in association with developing El Ninos.
This enhanced easterly shear facilitates the emanation of the westward propagating Rossby waves
which form the dynamical basis of the westward propagating variability (Wang and Xie, 1996; Xie
and Wang, 1996). As yet, no model-based study has been undertaken to determine the degree this
latter relationship can be represented in GCMs and exploited in predictions.
The second category of studies mentioned above involves understanding how the interannual
variability of the monsoon may be influenced by the interannual variability of the boreal summer ISO.
For example, the study by Yasunuri (1980) found that intraseasonal “cloudiness fluctuations”
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exhibited longer periods during El Nino years. While the sample for this study was very limited, the
modeling results of Krishnan and Kasture (1996) support this finding. The results of their study also
suggested that El Nino conditions could influence the time scale of ISO-like oscillations in the
monsoon region through the interaction with the reverse Hadley circulation (RHC) set up by the largescale monsoon flow. The study by Wang and Teng (2003) discussed above would suggest that the
character of the monsoon should be influenced via the ENSO-related sensitivity of the northwestward
propagating component of the ISO. Another form of interannual modulation of the character of the
monsoon arises from variations in onset dates, some of which may actually arise from the influence of
the boreal summer ISO (Wu and Wang, 2000; Flatau et al., 2001; Flatau et al., 2003)
Another line of research follows from the study of Ferranti et al. (1997). They studied the
relationship between interannual and intraseasonal variability in a 10-member ensemble of 10-year
ECMWF climate simulations and found that the interannual and intraseasonal fluctuations share a
common mode of spatial variability. That is to say that “wet” (“dry”) monsoon years would tend to
have an anomalous structure along the lines of the 4th (2nd) panel of Figure 4 Similar results
concerning the spatial structure of the dominant interannual and intraseasonal modes were found in an
observational analyses of Annamalai et al. (1999) and Sperber et al. (2000). In the latter study, they
showed that the probability distribution function (PDF) of the principal component time series of the
dominant mode of subseasonal variability undergoes a shift in its mean, not its (Gaussian) form,
between weak and strong monsoon years. Additional analysis indicated that these shifts were
primarily due changes in the basic state. For example, Annamalai et al. (1999) found that El Nino
tended to predispose the PDFs of the principal components of the leading intraseasonal modes toward
more break conditions. (e.g., 2nd panel of Figure 4). Along similar lines, Molteni et al. (2003)
examined an ensemble of seasonal hindcasts and found that the two-dimensional PDF of the principal
components of the two leading intraseasonal modes changed from a unimodal distribution during El
Nino to a bi-modal distribution during La Nina. Lawrence and Webster (2001) examined the relation
between interannual monsoon variability (i.e. seasonal mean OLR anomalies) and the amount of
intraseasonal variability within the season and found that ISO activity exhibits a strong inverse
relationship with the seasonal mean Indian summer monsoon strength. In an analysis of both longrecord reanalysis and OLR data, Goswami and Mohan (2001) also found the common mode of
interannual variability and argued that wet (dry) monsoon years were simply associated with a greater
frequency of occurrence of the active (break) phase of the ISO.
While there are a number of common links in the studies above which suggest that monsoon ISO
variability might undergo regime changes related to ENSO, there is still a need to sort out more
clearly the effects from ENSO, how this may change over the course of the monsoon season, and if
there is a decadal modulation of this influence? In addition, there still seems to be a debate regarding
whether or not the level and type of MJO/ISO activity influences the seasonal mean monsoon? If it
does, and it turns out that the MJO and/or ISO activity is largely insensitive to interannual SST
variability (e.g., ENSO), then this makes the problem of seasonal prediction of the monsoon
particularly difficult. Finally, a number of recent studies have shown that the intraseasonal forcing
associated MJO/ISO on the ocean may rectify to lower frequencies and produce non-trivial changes in
the seasonal/mean state of the near-surface ocean (Kessler and Kleeman, 2000; Shinoda and Hendon,
2002; Waliser et al., 2003b; Han et al., 2004; Waliser et al., 2004), an factor that may be important in
trying to simulate the mean coupled climate sate.
b) Decadal Variability
Along with the clear evidence of interannual variability of MJO activity in the analysis by Slingo
et al. (1999) is an indication of a positive trend, possibly a transition to greater activity around the late
1970’s, and/or a very low frequency (~ 30 year) form of variability. Slingo et al. (1999) discussed the
possible reasons for this “trend”. One possibility is that it may be an artifact associated with additional
global data into the reanalysis via the arrival of the weather-satellite era. Another is that the trend may
be real, possibly associated with the low-frequency SST warming of the Indian Ocean (Hoerling et al.,
2001). As a test, the same model integrations used to examine interannual predictability of the MJO
discussed above were analyzed with respect to their ability to simulate the very low-frequency
variability. Each of the 4 members also exhibited evidence of a similar trend indicating that quite
possibly the upward trend in activity is real and/or that the “observed” SST record used for model
boundary conditions may have possibly been influenced by the introduction of satellite SSTs.
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While the above study focuses mainly on the MJO, the study by Zveryaev (2002) examined
decadal/inter-decadal variability of the boreal summer ISO based on 850 hPa winds from the
NCEP/NCAR reanalysis. He found that very low-frequency variations contributed significantly to the
total variability of both the summer mean 850 hPa zonal wind field and in the intensity of boreal
summer ISO activity. Singular Value Decomposition (SVD) revealed a strong positive correlation on
interdecadal (but not decadal) time scales between Indian Ocean SSTs and both the summer mean
low-level zonal winds and the boreal summer ISO intensity. The increased Indian Ocean SSTs over
the last couple decades have occurred in conjunction with a weakened low-level westerly jet over the
northern Indian Ocean and Southeast Asia region. In conjunction with this change in the mean, the
boreal ISO activity (30-60 day) south (north) of about 15oN increased (decreased). In addition, it was
found that the 10-20 day subseasonal variability also showed evidence of increasing in intensity over
much of the Asian monsoon sector.
While the discussion in this section has only been able to provide a brief review of the lowfrequency variability associated with ISV, it illustrates the very complex interplay between the
intraseasonal and longer time scales that contains both upscale and downscale interactions. Moreover,
the discussion makes it painfully obvious that very few firm hypotheses or answers exist regarding
mechanisms, and in some cases there is still not a confident determination of the basic nature of the
relationships – even in a statistical sense. This all serves to illustrate that this area of ISV research on
one hand is largely in its infancy and at this point is probably most hindered by a lack of quality, longterm data and/or models with which to further address the problem rather than lack of interest or merit
in the problem. Additional discussion on decadal variability of the ISO can be found in Chapter 26.
5 Theory & Physical Processes
While the theory for many tropical wave motions (Matsuno, 1966) tended to precede their
observation and characterization, the opposite is the case for the MJO/ISO (Madden and Julian, 2004).
Since the discovery of this phenomenon, there has been ample opportunity and data sets to
characterize many of its basic features. However, the articulation of a succinct and somewhat well
agreed upon theory has remained a challenge. Most notably this has been due to the fact that on one
hand the MJO/ISO is a planetary-scale phenomenon yet it is apparent that cumulus convection, and it
organization on a wide range of time and space scales (Nakazawa, 1988; Lau et al., 1991), is an
inherent and vital component. In addition, there appears to be non-trivial interactions with the mean
state circulation, the surface conditions – including coupling to the ocean, clouds, radiation, and
possibly even mid-latitude variability. Distilling these processes and features into something simple
enough to be coined a “theory” yet retaining enough complexity to provide for adequate realism when
judged against observations makes this task particularly difficult. This section reviews some of the
physical processes that are thought to play a key role in producing the MJO/ISO and the theories that
have been put forward to try and succinctly capture the physical essence of the phenomenon. As with
much of the material above, the theoretical developments pertaining to the boreal summertime ISO
have largely followed from research initially put forth to describe the MJO. Thus, this section first
highlights this topic in regards to the MJO and then follows and then proceeds to discuss the boreal
summer ISO. For a more thorough review of this subject, the reader is referred to Wang (2004).
a) Atmospheric Dynamics
As the MJO was most readily observed in the atmosphere in terms of wind and cloud fluctuations,
the early theories focused on instability mechanisms dealing primarily with the atmosphere alone. The
first notable inroad for providing some theoretical basis for the MJO involved a form of Conditional
Instability of the Second Kind (CISK) (Charney and Eliassen, 1964; Ooyama, 1964), referred to as
“wave CISK” (Yamasaki, 1969; Hayashi, 1970; Lindzen, 1974a; b). In these studies, low-level
convergent (divergent) areas of equatorial wave motions were tied to atmospheric heating (cooling) to
examine the influence on instability growth and propagation speed. The most notable shortcomings of
the earliest contributions in this area involved a tendency to amplify short rather than planetary-scale
waves and to have phase speeds for the excited waves propagating too fast. There have been a
significant number of variations on the wave-CISK theme to remedy these shortcomings. These are
elaborated on in more detail in (Waliser, 2004; Wang, 2004). Another significant variation on the
wave-CISK theme provides for coupling the free atmosphere to a frictional boundary-layer (Wang,
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1988; Salby et al., 1994). Inclusion of boundary-layer friction results in an apparent “coupling”
between moist Kelvin and Rossby modes (Wang and Rui, 1990b). One of the fundamental features of
this paradigm, often referred to as “frictional wave-CISK”, is that to the east of the convective heating
the low-level winds associated with the Kelvin wave component turn equatorward in response to the
friction and produce a region of low-level moisture convergence. This process favors both eastward
propagation of the convective system and thus the entire planetary structure but also acts as an
important source of energy for growth/maintenance. A number of additional studies have shown
evidence that supports the notion of low-level frictional moisture convergence to the east of the
convection which appears at least consistent with frictional wave-CISK (e.g., Hendon and Salby,
1994; Jones and Weare, 1996; Maloney and Hartmann, 1998; Matthews, 2000). In addition, there have
been a number of diagnostic studies of model simulations of the MJO that have illustrated the
frictional wave-CISK mechanism at work within the model generated MJOs (e.g., Lau and Lau, 1986;
Lau et al., 1988b; Sperber et al., 1997; Waliser et al., 1999a; Lee et al., 2003).
In contrast to the wave-CISK mechanism(s), which operates on the principal that latent heat
release from convection is an important source of energy for the instability, the “evaporation-wind
feedback” theory [(Emanuel, 1987; Neelin et al., 1987), often later referred to as Wind-Induced
Surface Heat Exchange: WISHE; (Yano and Emanuel, 1991)] claims that diabatic heating due to
cumulus convection is nearly compensated by adiabatic cooling. Further, it is assumed that a region of
anomalous convection forces low-level easterly winds to the east and low-level westerly winds to the
west of the convective region. If large-scale convection is present in a region of mean easterly winds,
the strength of the wind speed and evaporation anomalies is increased to the east and decreased to the
west of the convective region. The positive surface latent heat flux anomalies increase the low-level
moist static energy to the east, which leads the wave vertical velocity and induces unstable eastward
propagating modes that exhibit some resemblance to the MJO. The degree that this scenario applies to
the Indo-Pacific Ocean however is debatable (Emanuel, 1988; Neelin, 1988; Wang, 1988). In addition,
a number of studies have shown that evaporation anomalies are typically higher to the west, rather
than to the east, of the convection anomaly (Jones and Weare, 1996; Lin and Johnson, 1996; Lau and
Sui, 1997; Jones et al., 1998; Shinoda et al., 1999; Woolnough et al., 2000), which is at odds with one
of the central premises of the evaporation-wind feedback theory. A couple of additional points that
have relevance to the evaporation-wind feedback theory and the discussion above can be drawn from
the following modeling studies. First, it is worth noting that recent analysis suggests that in order for a
GCM to exhibit a robust eastward propagating MJO, it is necessary that the model produce a good
simulation of the equatorial westerlies that extend from the Indian Ocean well into the western Pacific
(Inness et al., 2003; Waliser et al., 2003a; Sperber, 2004). Second, Lin et al. (2000) examined the
relative roles of evaporation-wind feedback and mid-latitude forcing of the MJO in an idealized GCM
and found that evaporation-wind feedback alone was not a sufficient mechanism alone to produce
MJO variability of adequate amplitude and that the forcing from mid-latitudes was, at least in that
model, an important source of MJO forcing (see also Hsu et al., 1990; Slingo, 1998).
Apart from the MJO instability/maintenance mechanisms discussed above, a number of studies
have suggested mechanisms that are driven by local feedbacks. For example, both Hu and Randall
(1994; 1995) and Raymond (2001) argue for the role of radiative-convective feedbacks. While there
have been a few non-theoretical diagnostic studies to examine the role of tropospheric cloud
feedbacks in the MJO/ISO, most are based on GCM work and, at this stage, they do not lead to any
conclusive results (Slingo and Madden, 1991; Mehta and Smith, 1997; Lee et al., 2003). In another
variation, Blade and Hartman (1993) argued that the time scale associated with the MJO derives from
the time for the large-scale convection event to evolve through its life-cycle (and thus “discharge” the
excess moist static energy) plus the time it takes the atmosphere to moisten again (and thus
“recharge”). They referred to this theory as the “discharge-recharge” hypothesis. A number of
additional studies have also suggested the importance of water vapor feedback in the regards to the
MJO (Goswami and Mathew, 1994; Woolnough et al., 2000; Kemball-Cook and Wang, 2001). The
relevance of the above types of mechanisms cannot be ruled out at this stage. Even though the
MJO/ISO is not consistent with a stationary oscillation (Zhang and Hendon, 1997) that might ensue
when considering only local feedbacks, it is quite possible that the above sorts of mechanisms play
complimentary roles to those that are based on a wave-like infrastructure (Sobel and Gildor, 2003).
For example, it could be that these local feedback mechanisms do play a role in establishing the
instability and in some sense setting the time scale and the wave activity simply propagates the signal,
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and in some cases these two processes can constructively (destructively) interact (e.g., via
circumnavigation) to produce very robust or very weak MJO/ISO seasons.
Within the recent review of MJO theory by Wang (2004) is an attempt to provide a
comprehensive or universal view of MJO/ISO theory (see his Figure 10.1) taking into account the
most essential processes and feedbacks. Embedded within this discussion is a distillation of a
simplified theoretical model of the MJO as well as the ISO. The fundamental mode of instability for
the MJO is referred to as the “frictional CID”. In regards of terminology, this is a combination of
“frictional wave-CISK” and “Convective Interaction with Dynamics” (after Neelin and Yu, 1994).
The basics of the instability derive from low-frequency equatorial waves, convective latent heating,
boundary-layer dynamics (i.e. friction), and some accounting for the spatial distribution of
atmospheric moisture. Generally speaking, this instability and the equations it derives from are the
same as those associated with “frictional wave-CISK” discussed above. However, given the instability
occurs in a dynamic regime stable to wave-CISK, that the overall processes involved are consistent
with CID, and that the frictional boundary-layer component is so essential, the author deemed
“frictional CID” as the most appropriate terminology. For a more complete description of the
equations and a quantitative analysis of the instability, the reader is referred to Wang (2004).
b) Air-Sea Interaction
Most of the early observational research regarding the MJO/ISO focused on upper-level winds
and satellite data such as the OLR. This is due at least in part due to dearth of near-surface
observations with adequate time and spatial resolution to sample the MJO/ISO. However, as it became
clear that the MJO was a recurrent and pronounced signature in the tropical climate, attention started
to turn toward near-surface conditions and the interaction of the MJO with the ocean. This began with
the study by Krishnamrti et al. (1988) who detected sizable intraseasonal variations in a number of
near-surface meteorological quantities that directly influence the turbulent heat exchange as well as in
SST. Little more was done in this area until the advent of a number of new data sources that included
TOGA/TAO, TOGA COARE, atmospheric re-analysis products, remotely-sensed (near-) surface
measurements via satellite. From this point, a wealth of studies documented the relationships between
the MJO, air-sea heat, momentum and mass fluxes, and SST (e.g., Krishnamurti et al., 1988; Waliser,
1996; Zhang, 1996; Hendon and Glick, 1997; Jones et al., 1998; Shinoda et al., 1998; Woolnough et
al., 2000; Waliser et al., 2003b). In general these studies show that positive anomalies in convection
lead positive anomalies in wind stress and latent heat flux and lag positive anomalies in SST and
shortwave flux. Results from the above studies show that MJO-related surface latent and shortwave
fluxes variations can easily exceed ±50 Wm-2, SST variations often exceed 0.5oC, and zonal wind
(stress) variations can exceed 5 m/s (0.4 N/m2).
Given the observational developments described above, the reigning interest and understanding of
the close ocean-atmosphere coupling that exists in the tropics (e.g., TOGA COARE, ENSO), and the
recurrent shortcomings in AGCM representations of the MJO, the community began to hypothesize a
role for air-sea coupling in the manifestation of the MJO (e.g., Kawamura, 1988; Li and Wang, 1994;
Jones and Weare, 1996; Waliser, 1996; Sperber et al., 1997). Theoretical work began with Lau and
Shen (1988) and Hirst and Lau ( 1990). While the results of these studies showed a particular regime
of high frequency coupled instabilities, it came at the expense of unrealistic treatments of dissipation
and/or neglect of the Coriolis force. The idealized form of the coupling in these studies severely
limited the thermodynamic influence of the ocean mixed-layer, an interaction that is important given
the nature of the Indo-Pacific warm-pool and observational studies mentioned above. Wang and Xie
(1998) extended these studies (or rather the frictional wave-CISK studies discussed above) by adding
a fairly sophisticated mixed-layer feedback that takes into account MJO-forced variations in surface
heat and ocean mixed-layer entrainment fluxes. Their model indicated that the feedback from winddriven entrainment/evaporation, and to a lesser extent by the clouds/radiation, were largely
responsible for slowing and destabilizing what would otherwise be a neutral moist Kelvin wave in the
uncoupled model. In their analysis, slow disturbances with low wavenumbers were preferentially
destabilized, since they would be the most effective at modifying and interacting with SST.
Over the past few years a number of numerical studies have addressed the role of SST coupling
and the MJO. For example, the studies by Flatau et al. (1997) and Waliser et al. (1999a) both found
strong evidence of a positive impact on their simulation of the MJO through SST coupling. In these
cases, it is interesting to note that some element of the MJO did exist without coupling - as is often the
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case with AGCMs (Slingo et al., 1996), yet in Wang and Xie’s theoretical study, the instability only
exist upon coupling. This raises an important question regarding whether the MJO is inherently a
coupled phenomena or whether interactive SST simply provides a modulating feedback (see Waliser
et al. 1999a for further discussion). The modeling study by Hendon (2000) found that coupling had no
significant influence on the simulation of the MJO. However, analysis of the model results showed
that the simulated MJO-induced latent heat flux anomalies were relatively incoherent and did not
exhibit the proper phase relationship relative to the convection, in part due to the model’s basic state
(see evaporation-wind feedback discussion above). Thus to some degree, this study’s findings
highlight the necessity for a proper representation of the basic state when simulating the MJO rather
than have implications on the SST-MJO coupling question directly (see also Gualdi et al., 1999b).
Additional important work in this area includes the studies by Inness and Slingo (2003), Inness et al.
(2003) and Sperber (2004) that emphasize the proper simulation of the basic state in terms having
low-level westerly zonal winds present in regions where eastward propagation is observed/expected
(e.g., Indian and western Pacific Ocean).
Wu et al. (2002) analyzed a particularly strong MJO event within observations and from 10member ensemble simulations with 10 different AGCMs forced with the same observed (1996-98)
weekly SSTs but with different initial atmospheric conditions. One of the main findings in that
analysis relevant to the present discussion is that while the observed convection anomalies were in
quadrature with, and lagging, the associated intraseasonal anomaly in SST, the simulated MJO
convection events were nearly in phase with the SST anomaly. Based on the results of the studies
mentioned above, the observed relationship is understood to come about – to first order - via MJOdriven heat flux variations imparting an intraseasonal signal on SST. However, given the specified
SST framework in the simulations, the modeled relationship is more accurately depicted as a “forced”
signal whereby the MJO event is responding to the SST variations in the boundary conditions. Similar
findings comes from the modeling study of Zheng et al. (2004) who compared the simulation of the
MJO between a coupled GCM (CGCM) simulation and the corresponding AGCM simulation that
used the SSTs from the CGCM simulation. In the coupled case, the model convection lags the SST
anomalies by about 1/4 cycle (consistent with observations), while for the specified SST case, the
convection and SST are nearly in phase. These results emphasize the coupled nature of the MJO and
the importance of treating it as a coupled phenomenon in the context of numerical simulations and
predictions.
In a novel diagnostic approach Krishnamurti et al.(2003) examined the nature of near surface
fluxes in the frequency domain. They found that surface and boundary layer fluxes of moisture exhibit
a large amplification as the MJO time-scales interact with synoptic time scales (~ 2-7 days), based on
non-linear (i.e. triad) interactions in the flux parameterizations. A consequence of these nonlinear
interactions in the frequency domain is a two- to three –fold amplification of the surface fluxes. This
amplification eventually feeds back to the ocean via amplified surface stresses, and eventually an
equilibrium state with a robust MJO in the coupled system is realized. Additional support for this
mechanism comes from Krishnamurti and Chakraborty (2004) who examined the epochs of large
growths of eddy kinetic energy and of moisture fluxes on the MJO time scale and found they
coincided with episodes of its phase locking with synoptic time scales. Additional studies supporting
the notion that interactive SSTs are important to the character of the MJO include Sobel and Gildor
(2003) and Watterson (2002). Both of these studies emphasize the sensitivity of the SST feedback to
the depth of the ocean mixed layer, with the implication that the depth has to be shallow enough to
provide sufficient sensitivity to the intraseasonal time scale and associated size of surface fluxes and
yet deep enough to provide sufficient time lag between SST anomaly development and the passage of
the MJO convection – considered together these imply that a mixed-layer depth induces the greatest
feedback to the MJO when it is O(10m). Finally, the study by Maloney and Kiehl (2002) illustrate
analogous feedbacks between SST and MJO-like variability in the eastern Pacific Ocean. Taken
together, the studies highlighted in this subsection strongly suggest that a proper and complete
physical description of the MJO has to take into account its interaction with the near-surface ocean,
namely the SST.
c) Boreal Summer ISO
The above two subsections provide pertinent background information on the theoretical
developments associated with the MJO. While there has yet to be widespread acceptance of a single
theory for the MJO, it is becoming increasingly clear at least what the main physical elements are that
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need to be considered. As discussed previously, the ISO and MJO could be considered essentially the
same phenomena modified by the annually changing background state. For the case of the MJO, this
tends to simplify the issue somewhat since during the period it is most strongly exhibited; the warm
SSTs and large-scale circulation are more symmetrically aligned with the equator. This results in a
background state that has a more straightforward zonal structure and a lower boundary made up
almost entirely of ocean. However, for the case of the ISO, all the same issues relevant to the MJO
need to be considered but in addition it is necessary to deal with the asymmetric and off-equatorial
circulations prevalent around Southeast Asia in boreal summer and possibly consider a larger role for
land surface interactions. In addition, the ISO’s influence on, and from, the oceans and seas
surrounding Southeast Asia is also more complex than for the MJO, which interacts more directly
with the more uniform, basin-scale oceanography of the equatorial Pacific and Indian Ocean (e.g.,
Waliser et al., 2003b; 2004).
Taking the above discussion into account, it is not surprising that theoretical and air-sea
interaction studies for the boreal summer ISO analogous to those described above for the MJO are
considerably fewer. However, in recent years there has been significantly more research in these areas
as they pertain to the boreal summer ISO. For example, Vecchi and Harrison (2002), Sengupta et al.
(2001), Sengupta and Ravichandran (2001), and Kemball-Cook and Wang (2001) all document
similar relations between convection, surface heat fluxes and SST as described above for the MJO –
the principal difference being that the large-scale propagation includes a northerly component in
addition to the eastward component (see Figure 4). Figure 9, taken from Sengupta et al. (2001),
succinctly illustrates the fact that ahead of the northward propagating convection are clear skies, calm
winds, and warming SST and that upon the arrival of the convection comes cloudy skies, high winds
and cooling SST. Additional evidence suggests the importance of the ocean-atmosphere coupling
implied by this relationship to understand and properly model the ISO. For example, similar to the
study by Wu et al. (2002) discussed above, the studies by Fu and Wang (2004) and Zheng et al.
(2004) both illustrate that it is not just the intraseasonal oscillations in SST that are important but
rather the inclusion of actual interactive SST coupling. The contour plots in Figure 10, taken from Fu
and Wang, compare the spectral power in the northward propagating ISO components from a CGCM,
the corresponding AGCM where the SSTs were specified from the CGCM simulation, and from
observations. For this model, it is clear that the coupling has a profound and positive impact on the
modeled ISO. The line plot in Figure 10, taken from Zheng et al., shows that the observed
(quadrature) phase relationship between convection and SST is properly represented in their CGCM.
However, the relationship becomes incorrectly represented in the corresponding AGCM simulations
that use specified SSTs taken from the CGCM simulations. Nearly identical results regarding this
aspect of the ISO phase relationship were also found by Fu and Wang. The results from studies such
as these indicate that interactive SSTs, namely via mixed-layer physics, are a crucial part of the
physical makeup of the ISO and, as with the MJO, will need to be accounted for in any
comprehensive theory for the ISO.
In terms of theoretical constructions for the boreal summer ISO, one of the most important
distinctions or additions that need to be accounted for over the MJO is the ISO’s northward
propagation and the off-equatorial westward propagation of large-scale disturbances within the
planetary-scale eastward moving structure (Figure 4 and Figure 6). The earliest hypotheses regarding
northward propagation did not require or account for any aspect of zonal asymmetry in the ISO
pattern – which at that point was probably not that well defined. For example, Webster (1983)
suggested that positive surface sensible heat flux anomalies into the atmosphere, driven by ground
temperature anomalies, to the north of the convection could destabilize the atmospheric column and
promote northward movement of the convection. Gadgil and Srinivasan (1990) and Nanjundiah et al.
(1992) suggested a similar mechanism but in their case it was the gradient in moist static energy that
promoted the northward propagation. Based on a zonally-symmetric model, Goswami and Shukla
(1984) suggested that the interaction between convection, dynamics and ground surface evaporation
(the model oscillation diminished considerably over the ocean) can result in an oscillatory behavior of
about the right time scale.
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Figure 2. (Contour plots, from Fu and Wang, 2004) Wavenumber-frequency power spectra of north-south
propagation characteristics of rainfall from longitude range 65°E-95°E from a (U. Hawaii) CGCM (upper left),
the corresponding AGCM using SSTs specified from the CGCM simulation (upper right), and CMAP rainfall
data (Xie and Arkin, 1997) (lower left). (Line plots, from Zheng et al., 2004) Lagged-correlation values between
SST and rainfall anomalies averaged over 85°-105°E, 0°-15°N from a (GFDL) CGCM (blue-solid) and the
corresponding AGCM using SSTs specified from the CGCM simulation (black-dotted).

Inclusion of wave-like features and zonal asymmetry to the problem started with Lau and Peng’s
study (1990), which based on numerical experiments showed that the interaction between equatorial
moist Kelvin waves could interact with the large-scale monsoon flow and produce quasi-geosgrophic
baroclinic waves that would influence the Southeast Asian region. The study by Hsu and Weng (2001)
suggests that the northwestward propagating disturbances within the ISO complexes could develop
from the interaction of an eastward propagating (MJO-like) convective disturbance and a subtropical
westward propagating low-level convergence anomaly. As alluded to earlier, the combined works of
Wang and Xie (1997), Xie and Wang (1996) and Kemball-Cook and Wang (2001) help to explain
some aspects of both the overall northward propagation of the large-scale complex and the westward
moving variability embedded within it. Their studies suggest that as the near-equatorial (“MJO-like”)
convective complex moves eastward, with its attendant equatorial Kelvin and off-equatorial Rossby
wave circulations, it develops weakened states upon encountering the heterogeneous maritime
continent and the cooler central Pacific (see Figure 6). At these stages, the relaxation process results in
the emanation of northwestward propagating Rossby wave disturbances that account for the overall
northwest-southeast tilt of the ISO “rainbands” (Figur 4). Additional observational evidence for the
connection between the emanation of Rossby waves and the rainband tilt was found by Annamalai
and Slingo (2001) and Lawrence and Webster (2002). The eastward movement of these tilted
rainbands thus results in a northward propagating feature when considered at a given longitude. Thus
while most of the studies discussed above specifically tried to address the northward propagation of
individual disturbances/rainbands, yet didn’t account for the overall structure and propagation of the
ISO, these studies provided the latter but did not address why a given (Rossby wave) disturbance
within the ISO complex has a northward propagating component?
Recently, the studies of Drbohlav and Wang (2004) and Jiang et al. (2004) have provided some
possible answers to this question. Using much of the same model framework associated with the
“frictional CID” MJO analysis described above but taking into account the strong easterly vertical
shear occurring over the Asian monsoon region, these studies each concluded that this shear is a
fundamental driver in the northward propagation. The easterly shear, along with the meridional
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gradient in vertical motion (i.e., ascending within the convective region and descending to the north),
combine to form a vorticity twisting term that promotes the northward movement of the disturbed (i.e.
cyclonic vorticity) regions. While the influence of easterly shear on northward propagation appeared
crucial in these two studies, as well as in a GCM study (Kemball-Cook et al., 2002), the study by
Jiang et al. also indicated important contributions for promoting northward propagation from
meridional advection of the low-level humidity gradient and from interactive SST. The nature of the
latter process was discussed above and its importance to the development of northward propagation is
also evident in the studies by Fu et al. (2003) and Fu and Wang (2004).
The discussion in this section is meant to highlight the theoretical developments associated with
tropical subseasonal variability, namely the MJO/ISO phenomena (some treatment of the 10-20 day
mode can be found in Goswami, 2004). While there is yet to be overall agreement on a given theory, it
appears that most of the essential issues that need to be considered in developing and refining our
theories have at least been identified. This achievement at least provides the means for the theory to
help guide GCM model diagnosis and development aimed at improving their representation of the
MJO/ISO, which as will be discussed in the next section remains an ongoing challenge.
6 Numerical Modeling
Previous sections have outlined our observational and theoretical understanding of tropical ISV.
At this point it is clear that the ISV, namely in the form of the MJO/ISO, is an inherent mode of
variability within the Asian-Australian summer monsoon systems, one that dictates their active and
break periods, modulates the embedded synoptic variability, and possibly even helps to determine its
interannual variability. In addition, the previous section suggests that we have gained considerable
appreciation for the essential physical processes involved in its maintenance and evolution. Yet, in
order to substantiate and further out theoretical understanding of the MJO/ISO, take advantage of
what it can offer in terms of short-term monsoon prediction, ensure that our weather forecasts and
climate simulations/predictions include all the necessary and important scale interactions, it becomes
imperative to be able to simulate ISV in a numerical setting. Consistent with most of the topics
discussed above, a majority of the research and development in this area has been done in association
with the MJO. However, given the overall similarities between the MJO and the ISO, particularly in
regards to their modeling successes and shortcomings, and the need for brevity for, this review will
focus primarily on boreal summer activity. In particular, it will tend to only highlight the state-ofaffairs of ISO modeling, focusing on the main shortcomings and the recent attempts to overcome
them. Keep in mind that some of the findings discussed in previous sections were derived from GCM
studies and thus part of the material related to numerical modeling of the ISO has been discussed
above. For a more thorough review of modeling issues related to both the MJO and ISO, the reader is
referred to Slingo et al. (2004).
As discussed in the previous section, the theoretical understanding of the ISO is a more
challenging prospect than that for the MJO. This is primarily due to the more complex mean flow that
the ISO interacts with compared to the MJO as well as the greater heterogeneity of the underlying
surface conditions and topography in the Asian monsoon sector relative to the equatorial Indian and
western Pacific Oceans where the MJO is most prominent. From this standpoint, it is not surprising
that as difficult as it has been to simulate the MJO in numerical settings (Lau and Lau, 1986; Park et
al., 1990; Slingo and Madden, 1991; Slingo et al., 1996; Wang and Schlesinger, 1999; Hendon, 2000;
Inness et al., 2001; Maloney and Hartmann, 2001; Maloney, 2002; Wu et al., 2002; Inness and Slingo,
2003; Inness et al., 2003; Lee et al., 2003; Liess and Bengtsson, 2003; Liess et al., 2003; Waliser et
al., 2003a; ECMWF, 2004), it has been even more infrequent that reasonable simulations of the ISO
have been noted. Prominent shortcomings highlighted in the above MJO GCM studies include a
tendency for weak variability, disturbances that tend to propagate too fast, sensitivity to mean state
conditions – particularly in the Indian and western Pacific Ocean, a less than ideal representation of
the modulation by the annual cycle, and in some cases improper phase relationships between
convection and surface heat flux components. While some of these shortcomings hold for the ISO,
recent diagnostic studies of the ISO in GCMs indicates that there are a number of problems that tend
to be unique to the boreal summer activity.
In their examination of dynamical seasonal prediction of the Asian summer monsoon, the study
by Sperber et al. (2001) also included an assessment of how well seven AGCM models reproduced
422

subseasonal modes of variability. Their results showed that for many models, the dominant dynamical
pattern of subseasonal variability (i.e. dynamical analog to Figure 4), as depicted in observations, is
reasonably well simulated. Beyond this however, the AGCMs had difficulty in representing the
pattern of precipitation associated with the dominant mode (e.g., Figure 4) as well as difficulty in
simulating most aspects of the higher order modes of subseasonal variability. In addition, that study
found that the models usually fail to project the subseasonal modes onto the seasonal mean anomalies,
even in cases where the mode may be influenced by surface boundary conditions (see discussion in
Section 4.a).

Figure 11. Standard deviation of 20-90 day filtered rainfall (mm/day) for Northern Hemisphere summer from
the CMAP observations (Xie and Arkin, 1997) (top) for 1979 to 1998 and for the ten AGCMs (lower). In the
case of the models, there were 20 summer seasons of data, i.e. ten members each consisting of two years. From
Waliser et al. (2003e).
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The study by Waliser et al. (2003e) examined ten AGCM simulations to assess their
representation of ISO variability associated with the Asian summer monsoon. Figure 11 shows the
spatial patterns of boreal summer ISV in the AGCMs and the observations. Evident is the very wide
range of realism depicted by the models, with a couple of the models having virtually no ISV and a
few having ISV that exceeds that exhibited in observations. In some cases, the spatial pattern of
variability is somewhat realistic, at least away from the equator. Not surprising is the result that when
considering maps such as that in Figure 11 for both winter and summer, the fidelity of a model to
represent N.H. summer versus winter ISV appears to be strongly linked. In addition, their analysis
showed that most of the model ISO patterns did exhibit some form of northward propagation.
However, the model ISO patterns are typically less coherent, lack sufficient eastward propagation,
have smaller zonal and meridional spatial scales than the observed patterns, and are often limited to
one side or the other of the maritime continent. In addition, for those models that do exhibit a largescale variability, they often have a southwest-northeast tilt rather than the observed northwestsouthwest tilt.
One of the most pervasive and problematic feature of the models’ depiction of the ISO (as well as
the MJO; not shown) is the overall lack of variability in the equatorial Indian Ocean. In some cases,
this characteristic appears to result due to the propensity of a number of models to form double
convergence zones about the equator rather than one region of strong convergence on the equator.
This shortcoming not only results in a poor representation of the local rainfall pattern but is also found
to significantly influence the models’ representations of the global-scale teleconnection patterns
associated with the ISO (e. g. planetary scale modulation of tropical storms discussed above). The
results of Zheng et al. (2004) indicate that the lack of ocean coupling in the above AGCM simulations
may be at least part of the reason for their reduced levels of ISV in the Indian Ocean. And, as
discussed in the previous section, the results of Kemball-Cook and Wang (2002), Fu et al. (2003), and
Fu and Wang (2004) all suggest that improvements in a model’s representation of the northward
propagation of the ISO can result from the inclusion of ocean coupling. While there has been little
overall comparative work on examining 10-30 day boreal summer variability in GCMS, it is worth
mentioning that examination of a plot such as Fingure 11, except filtered for 10-30 day variability (not
shown; personal communication Kyung Jin, Seoul National University), shows that there is a rough
one-to-one correspondence between the amount of low and high frequency intraseasonal variability
exhibited in models. On the other hand, the spatial distributions between the two do have important
differences and the 10-30 day variability seems to be more sensitive to the “double ITCZ” problem.
More analysis and research is need in this area of model evaluation.
In another related study to the ISO, Kang et al. (2002b) examined how well AGCMs (the same
ten as in the Waliser et al. study discussed above) simulate the climatological intraseasonal variation
of the Asian summer monsoon (see Section 2.d). Based on an EOF analysis of the high-frequency
seasonal progression of the monsoon, their analysis showed that the all the models generally failed to
faithfully simulate the CISO. While this is certainly related to the models’ poor representation of the
ISO, it is also necessarily related to the lack of any model to realistically represent the slowlyevolving seasonal pattern of monsoon rainfall. In addition, their study showed that the simulated
northward propagation of the climatological intraseasonal oscillations (CISO) of precipitation occur
20-30 days earlier than the observations over the East Asian monsoon region. This result is in partial
agreement with the studies by Wu et al. (2001), Fu and Wang (2004), and Zheng et al. (2004) which
all indicate that for individual ISO events, the lag between positive SST anomalies and convection is
reduced by about 5-10 days in AGCM simulations relative to the observations and CGCM
simulations. One of the most important implications of this latter result is that if specified SSTs are
used in a prediction environment, phase errors in tropical convection on the order of 5-10 days (or 5°20° longitude) will occur. This is substantial when considering the local tropical prediction but also
problematic when considering the impact on the extra-tropics. Thus, subseasonal (e.g., MJO/ISO)
predictions must include ocean coupling -i.e. a “two-tier” prediction framework is inadequate.
Based on the above brief summary of the state-of-affairs of ISO modeling, it is clear that a
number of critical problems remain to be solved. Recognition of the need for better ISO simulations
and the associated benefits that could be derived from accurate predictions, has led to some concerted
efforts to try and remedy these problems. In June of 2003, a modeling workshop was held on
MJO/ISO modeling (Waliser et al., 2003a; , see also ECMWF, 2004) to assess current capabilities,
recent developments and determine future directions. From the workshop presentations and the results
such as those discussed above, the following summarizing remarks in terms of modeling can be made.
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In contrast to a decade ago (e.g., Slingo et al., 1996), specific model problems are not as generic. For
example, many models have variability stronger than observed or even have propagation speeds than
are slower than observed. In addition, there seems to be more models getting something in the way of
an MJO/ISO, and fewer models that are completely absent of ISV phenomenon. Unfortunately, when
a model does exhibit a relatively good MJO/ISO, we can at best only give vague or plausible
explanations for its relative success. This inhibits the extension of individual model successes to other
more ISV-challenged models.
It has long been thought that the ISV problem likely relates to the treatment of the cumulus
convection. This is because typically the greatest sensitivity that the MJO/ISO simulation exhibits to
various model “tunings” is associated with that of the convective parameterization – or closely related
processes (e.g., Slingo et al., 1996; Wang and Schlesinger, 1999; Lee et al., 2001; Maloney and
Hartmann, 2001; Maloney, 2002; Lee et al., 2003). This was fairly evident from many of the
presentations in the MJO/ISO modeling workshop mentioned above, which included a number of
efforts illustrating that it was somewhat possible to “tune in” better ISV via modifications such as the
Tokioka “fix” to the Arakawa-Schubert parameterization (Tokioka et al., 1988), boundary-layer
inhibition, controls on free atmospheric humidity, inclusion of gustiness, etc. While we still grapple
with why certain changes lead to a better or worse MJO, it is expected or perceived that a more
realistic parameterization of convection, or “no” parameterization at all (Randall et al., 2003; Kuang
et al., 2004), should/will lead to more realistic MJO simulations. In addition to the convection issue, it
seems - based on discussions in this review as well as the presentations in the MJO/ISO modeling
workshop - more of a certainty that SST coupling does play an important role in the quality of a
MJO/ISO simulation. However, for this interaction to be properly represented, it is imperative the
surface heat flux anomalies (mainly shortwave and latent) associated with the MJO/ISO be
reproduced with some fidelity. This in turn involves the representation of clouds and the interactions
between the heating profiles and the surface in producing a realistic boundary layer. In some cases, it
appears that “simple” changes associated with resolution or boundary conditions can have a nontrivial impact (Inness et al., 2001; Liess and Bengtsson, 2003).
In regards to observations and their use in model development and improvement, it is clear that
we have enough data to determine that our GCMs have poor ISV representations but probably not
enough information to properly tune the models or to remove ambiguities regarding parameterization
choices. At this stage, the most notable areas where we lack important constraining/verifying
information are associated with the hydrological cycle (e. g., moisture, re-evaporation, microphysics,
latent heating profiles) as well as boundary layer processes and cloud-radiative interactions. For
example, how well do we represent the partition between deep and shallow heating associated with
the MJO/ISO life cycle (e.g.,Wu, 2003)? In addition, and as alluded to in Section 5.a, it is still to be
determined how much cloud longwave forcing influences the instability of the atmosphere during the
convective phase of the MJO/ISO? Additional modeling problems that have to be rectified include
achieving a proper representation of the basic state. Issues such as the tendency for models to produce
double ITCZs, produce inadequate representations of the mean monsoon or the surface zonal wind
structure in the Indo-Pacific warm pool, or exhibit biased coupled basic states can all produce
limitations on the fidelity of a model’s ISV representation. These basic state issues are extremely
important in the forecasting context, discussed in the next section, since the models needs to be
initialized to the observed state but then will subsequently undergo an adjustment towards their own
(poor) basic state which can wreak havoc on the forecasts.
7 Prediction and Predictability
As our understanding and modeling capabilities of ISV grow, it is natural to want to exploit this
knowledge and ability in order to develop improved and expanded monsoon prediction resources.
This section will review developments made regarding our capabilities for predicting tropical ISV,
specifically the MJO/ISO, via empirical and dynamical means, our understanding of its predictability
characteristics and present efforts at real-time prediction. A more complete review of this material can
be found in Waliser (2004). In addition, a broader consideration of monsoon forecasting, including a
greater focus on the end users and the methods and utility associated with the various lead times, is
discussed in Chapter 1.
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a) Empirical Models
By the late 1980’s, many characteristics of the ISV were fairly well documented and it was clear
that the dominant modes of ISV exhibited a number of reproducible features from one event to
another and in events between years. Since numerical weather and climate models typically had a
relatively poor representation of the ISV at the time, a natural avenue to develop was the use of
empirical models. The first study along these lines was by von Storch and Xu (1990) who examined
Principal Oscillating Patterns (POPs, Hasselmann, 1988) of equatorial 200 hPa velocity potential
(VP200) anomalies. They found that forecasts based on the first pair of POPs – which tended to
emphasize the MJO - produced forecasts that had useful skill out to at about 15 days. A number of
years later, Waliser et al. (1999b) developed an empirical ISV forecasting method in order to
benchmark numerical long-range forecasts and to begin exploring the feasibility of employing such a
model to augment operational long-range forecasting procedures. The model was based on SVD and
used previous and present pentads of filtered OLR to predict future pentads of OLR. Separate models
were developed for N. H. winter and summer conditions and each exhibited temporal correlations
against observed total anomalies on the order of 0.3 to 0.5 over the eastern hemisphere. While this
result also promoted some optimism for making subseasonal predictions, the fact that the model
utilized filtered data warranted caution and limited its immediate real-time applicability.
Following the above were a number of empirical MJO forecasting efforts that each produced a
unique and useful approach to the problem. For example, Lo and Hendon (2000) developed a lag
regression model that uses as predictors the first two and first three principal components of spatially
and intraseasonally filtered OLR and 200 hPa streamfunction (ϕ200), respectively, to predict the
evolution of the OLR and (ϕ200) anomalies associated with the MJO. Separate methods were used to
remove the annual cycle, interannual and high-frequency (i.e. < 30 days) components, leaving only
the ISV. When tested on independent data, the model exhibited useful skill for predictions of these
principal components out to at least 15 days, with greater skill during active versus quiescent MJO
periods. A somewhat different approach was taken by Mo (2001) who utilized empirical basis
functions in time for the forecasting procedure. This was done by using a combination of singular
spectrum analysis (SSA, Vautard and Ghil, 1989) for the filtering and identification of the principal
modes of variability and the maximum entropy method (MEM, Keppenne and Ghil, 1992) for the
forecasting component. The procedure was applied to monitor and forecast OLR anomalies (OLRAs)
associated with the MJO, intraseasonal modes associated with the Asian monsoon and variability
related to both of these that occurs over the US west coast. When tested on independent DecemberFebruary and June-August OLRA data, the averaged correlation over the Tropics between the
predicted and the observed anomalies was 0.65 at the lead times of four pentads (20 days).
In a quite different approach, Wheeler and Weickmann (2001) utilized tropical wave theory
(Matsuno, 1966) as the basis for their filtering and forecasting technique. In a previous study, Wheeler
and Kiladis (1999) showed that the spectrum from such an analysis exhibits variability that is
associated with the modes that one would expect from theoretical considerations (e.g., Kelvin, mixed
Rossby-Gravity waves), as well as the expected peak of variability around wavenumbers 1-3 and 4060 days associated with the MJO. In order to monitor and predict the evolution of a given mode of
interest, the specific zonal wavenumbers and frequencies associated with the mode(s) of interest are
retained and then the modified spectrum is inverse Fourier analyzed. The filtered values obtained for
times before the end of the dataset are used for monitoring the activity of a given mode, while the
filtered fields obtained for times after the end point may be used as a forecast. For prediction, the
method exhibits useful skill for the MJO out to about 15-20 days. An advantage is that the method
readily provides predictions of other well-defined, typically higher frequency, modes of large-scale
tropical variability, although it has little applicability to the Asian monsoon. In an effort that focused
on active and break conditions of the Indian summer monsoon, Goswami and Xavier (2003), noted
that all active (break) conditions go over to a break (active) phases after about 15-20 days – albeit
with a fair amount of event-to-event variability. Using a rainfall-based ISO index and a definition of
active and break conditions, they calculated the typical (i.e. ensemble average) transition from active
to break (and break to active) conditions as a function of lead-time. This method exhibited apparent
skill in predicting break-to-active (active-to-break) transitions out to about 10 (20) days lead-time,
indicating that monsoon breaks are intrinsically more predictable than active monsoon conditions.
Similar results in this regard were found by (Waliser et al., 2003d) using an ensemble of twinpredictability GCM experiments (discussed below).
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The above discussion gives a flavor of the types of empirical forecast models for ISV that has
been developed to date. A number of additional approaches presently associated with real-time efforts
are discussed below. It is worth emphasizing that as yet numerical forecast models have not
demonstrated the skill level associated with the above techniques. Moreover, it is worth re-iterating
that in no cases are these particularly complex techniques and thus it its likely that we may not
developed models that have saturated the skill potential for empirical methods. In addition, it is also
worth highlighting that ISV-related events are at best quasi-periodic, meaning conditions can be
relatively quiescent and then an event suddenly develops. Each of the models above would tend to
perform relatively poorly at forecasting this initial development, as they all tend to rely on the
periodic nature of ISV to forecast its evolution. For these scenarios, as well as for dealing with the
inhomogeneity of ISV events, it will be vital to improve our dynamic models, as they are likely to be
the best means to deal with these sorts of issues.
b) Dynamical Forecast Models
As yet, there have only been a handful of studies that have examined forecast skill (i.e. verified
against observations) from dynamical models. This has probably stemmed from what amounted to
considerably less overall interest in forecasting the intraseasonal time scale relative to weather and
ENSO, the difficulty and resources required to produce an adequate sample of very long-range
weather forecasts (at least 30 days), the pessimism and known challenges associated with tropical
weather forecasting in general, and the indications that neither our forecast or climate simulation
models were not very adept at simulating ISV. In any case, studies to date include Chen and Alpert
(1990), Lau and Chang (1992), Hendon et al. (2000) and Jones et al. (2000), each of which analyzed
some form of an NCEP/NOAA Dynamic Extended Range Forecast experiment. In all cases, the
models were not particularly adept at simulating MJO variability and useful forecast skill of upper
level circulation anomalies typically only extended to a few days. In addition, the study by Hendon et
al. pointed to the need for the forecast models to not only have a proper representation of MJO
anomalies but also to produce an unbiased mean state so initialization errors and their subsequent
evolution/adjustment don’t contaminate the forecast over these relatively long lead times.
The most prominent studies of forecast skill associated with the boreal summer ISO were based
on the work of T. N. Krishnamurti in the early 1990’s. In the first study, Krishnamurti et al. (1990)
laid the groundwork for the method which argues that part of the loss of forecast skill associated with
“low-frequency modes” comes about from the errors and evolution of high wavenumber/frequency
variability. If the objectives are the prediction of active and break monsoon periods, then it is plausible
to filter the initial state in order to remove all but the recent (e.g., 45-day) “mean” state and the lowfrequency modes of interest (in this case, obtained via time filtering). This idea was tested in forecasts
that used observed SST anomalies, filtered to include only 30-50 day variability. While the latter
specification certainly provided the hindcast with information that a true forecast would not have, the
results from the case study performed for July 31, 1979 were still encouraging. They showed that the
model forecast exhibited considerable skill at predicting the meridional motion of the 850 mb troughridge system over Indian and the eastward propagation of the 200 mb divergence anomaly out to
about 4 weeks.
c) Predictability
The research highlighted in the previous two sections provide an indication of what the inherent
predictability limit might be for principal modes of ISV. From the empirical model studies, this limit
might be ascertained to be around 20-30 days. However, most empirical models are limited in the
totality of the weather/climate system they can predict, their ability to adapt to arbitrary conditions,
and their ability to take advantage of known physical constraints. Thus one might conclude that if
dynamical models had a realistic representation of ISV, this limit might be extended. However, the
information that can be ascertained from the above dynamical studies is limited due to the facts that
they were either based on models with a relatively poor representation of ISV, they were based on
only a few select cases, and since they were based on verification between models and observations
all include model systematic bias in addition to the natural non-linear processes that limit
predictability.
A complimentary avenue of research for ascertaining the inherent limits of prediction for ISV was
taken by Waliser et al. (2003c; 2003d) who used so-called “twin-predictability” experiments. In this
427

case, the model employed is presumed to be “perfect” and forecast experiments are verified against
others that only differ in the initial conditions (e.g., Lorenz, 1965; Shukla, 1985). The important
consideration for a study such as this is that the model provides a relatively realistic representation of
the phenomenon of interest. In this case, the experiments were performed with the NASA Goddard
Laboratory for Atmospheres (GLA) GCM (Kalnay et al., 1983; Sud and Walker, 1992). In a number
of studies, this model has been shown to exhibit a relatively realistic ISV representation (Slingo et al.,
1996; Sperber et al., 1997; Waliser et al., 2003e) with reasonable amplitude, propagation speed,
surface flux properties, seasonal modulation, and interannual variability (Waliser et al., 2001). For
these studies, a 10-year control simulation using specified annual cycle SSTs was performed in order
to provide initial conditions from which to perform an ensemble of twin predictability experiments.
Ninety-day “forecasts” were performed for 168 cases – which were obtained by selecting the initial
conditions from 4 different phases of 21 events and then supplying two different sets of initial
condition perturbations (N=4*21*2). A measure of potential predictability was constructed based on a
ratio of the signal associated with the MJO, in terms of bandpassed (30-90 day filter) rainfall or
VP200 (VP200), and the mean square error between sets of twin (bandpassed) forecasts. Predictability
was considered useful if this ratio was greater than one, and thus if the mean square error was less
than the signal associated with the MJO. The results indicate that useful predictability for this model’s
ISO extends out to about 20 to 30 days for VP200 and to about 10 to 15 days for rainfall. This is in
contrast to the time scales of useful predictability for the model’s weather that is about 12 days for
VP200 and 7 days for rainfall. Predictability was shown to be sensitive to the amplitude of the events,
with stronger events being more predictable. In addition and as indicated above, the predictability
measure indicated greater predictability for the convective phase at short (< ~5 days) lead times and
for the suppressed phase at longer (> ~15 days) lead times.
While the results from these studies are encouraging from the viewpoint of subseasonal monsoon
prediction, there are a number of issues to consider that might impact their findings. First, the model
has been shown to have too much high frequency, low wave-number activity (Slingo et al. 1996).
Relative to the MJO (or ISO), this might be considered to be un-organized, errant convective activity
that may erode the relatively smooth evolution of the MJO/ISO and thus diminish its predictability
(Krishnamurti et al., 1990). Second, these simulations were carried out with fixed climatological SST
values. A previous study with this model showed that coupled SSTs tend to have an enhancing and
organizing influence on the MJO, making it stronger and more coherent (Waliser et al., 1999a). Thus
the exclusion of SST coupling may lead to an underestimate of the predictability as well. In addition,
the simple manner that perturbations were added to the initial conditions may lead to an overestimate
of the predictability. The perturbation structure and the size of the perturbations may be too
conservative and not adequately represent the type of initial condition error that would be found in an
operational context.
In order to address some of the uncertainties mentioned above, an analogous study has recently
been undertaken by Liess et al. (2004) using the ECHAM AGCM. The modeling and analysis
framework is similar to that described above with two important exceptions. First, rather than select a
large number of events (i.e. ~15-20) for each of four phases of the ISO and performing two
perturbation experiments for each, this study has selected only 3 events and performed a 15-member
ensemble for each of the four phases. In addition, rather than use rather simply determined
perturbations, this study uses the breeding method (Toth and Kalnay, 1993; Cai et al., 2003). Their
results suggest that the boreal summer has dynamical predictability with lead times potentially up to
and beyond 30 days. These lead times are at least as large, if not larger, than those found in Waliser et
al. studies highlighted above. However, it should be noted that the event analyzed here is a
particularly robust and strong one for the model, and those above were based on both strong and
moderate size events which could account for the difference. In any case, even though the above
results do not take into account systematic model bias relative to observations, they, along with many
of the other studies discussed above, indicate that a promising avenue and time scale of operational
monsoon prediction lies ahead.
d) Real-time Forecasts
Based on the qualified success of some of the prediction efforts discussed above, a number of
forecast schemes have been implemented in real-time. The first of these was associated with the
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Wheeler and Weickmann (2001) scheme described in Section 7.a1 and is thus more strictly associated
with the MJO as well as other coherent modes of tropical variability (e.g. Kelvin, mixed-Rossby
gravity). A second effort that has been developed more recently builds on the study by Lo and Hendon
(2000) and utilizes what is referred to as an all-season Real-time Multivariate MJO (RMM) index
(Wheeler and Hendon, 2004)2. The index results from projecting daily data onto the first two modes
of a combined EOF of tropical OLR, and zonal winds at 850 and 200 hPa. This projection onto the
EOF pair, along with the prior removal of an estimate of the data’s very low-frequency components
(e.g., ENSO) via their relationship to interannual SST variability, remove the need to perform time
filtering to identify the MJO. The values of the index (actually two indices, one amplitude time series
for mode 1 (RMM1) and one for mode 2 (RMM2)) at any given time can be used for monitoring. In
addition, seasonally and time-lag dependent regression can be used to forecast the evolution of these
indices or any associated field, using as predictors RMM1 and RMM2 at the initial day. Skill scores in
terms of spatial correlation are about 0.6 at 12-day forecast, and 0.5 for a 15-day forecast. The
advantages of the method are that it has a seasonal dependence built in and it can be easily adapted for
forecasting nearly any field.
Jones et al. (2004c) has also produced real-time predictions of the MJO3. The scheme is based on
bandpassed (20-90 days) OLR, and zonal winds at 850 and 200 hPa. Upon filtering, a combined EOF
of the three fields is computed and then the principle components (PCs) are separated into summer
and winter. A seasonally dependent regression model is then formed at every given lead between 1
and 10 pentads. The model utilizes the first five principle components (PCs) from the EOF analysis
and the five most recent values of the PCs. The model is found to exhibit winter and summer skills
comparable to the other empirical models described in Section 7.a.
In quite a different approach, stemming from a somewhat different and/or more comprehensive
objective, Matt Newman and his colleagues have developed and implemented a real-time forecasting
scheme4 that has applicability to the MJO based on what is often referred to as the Linear Inverse
Model (i.e. LIM, Winkler et al., 2001; Newman et al., 2003). The LIM is based on NCEP/NCAR
reanalysis data (Kalnay et al., 1996) that has had the annual cycle removed, been smoothed with a 7day running mean filter, gridded to T21 spatial resolution, and been reduced by EOF decomposition.
The specific fields used include global 250 and 750 hPa streamfunction and tropical columnintegrated diabatic heating. For the northern hemisphere winter (summer) model, the first 30 (30)
streamfunction and 7 (20) diabatic heating EOFs are used. In this model, historical data are used to
define the relationship between a given state (i.e. a weekly average) and conditions one week later,
with the process being iterated to produce multi-week forecasts). The advantage of the model is that it
includes both tropical (in terms of diabatic heating – hence a prediction of the MJO) and extratropical
(in terms of streamfunction) forecasts. In this way, the interaction between can be more readily
examined and diagnosed. For tropical forecasts of diabatic heating, the LIM slightly outperforms a
research version of the NCEP MRF model at lead times of 2 weeks, for summer and winter.
It is almost a certainty that the greatest impact from ISV on society via direct impacts on day-today weather, agriculture and associated econmomics is associated with the Asian summer monsoon.
Motivated by this, Webster and Hoyos (2003) have developed an empirical model for predicting ISV
in Indian district rainfall. The empirical model is physically based with predictors drawn from the
composite structure of the boreal summer ISO (e.g., Indian Ocean SST, precipitation over India, upper
level easterly jet). In essence, the model is Bayesian and uses a wavelet technique to separate
significant spectral bands. The model illustrates considerable skill, even out to 20-25 days, in
predicting rainfall in hindcast mode. It was used for the first time during the summer of 2003 in a realtime operational mode in the Climate Forecast Application in Bangladesh project. Since then, these
forecasts of precipitation (and river discharge) have been integrated into the Bangladesh forecasting
system on an experimental basis.
Based on sorts of activities and success described above, along with the needs to take a more
systematic approach to diagnosing problems in dynamical forecasts of the ISV, an experimental
“MJO” prediction program has recently been formulated5. The formal components of this program
1

http://www.bom.gov.au/bmrc/clfor/cfstaff/matw/maproom/OLR_modes/index.htm
http://www.bom.gov.au/bmrc/clfor/cfstaff/matw/maproom/RMM/index.htm
3
http://www.icess.ucsb.edu/asr/mjo_forecasts.htm
4
http://www.cdc.noaa.gov/map/lim/
5
http://www.cdc.noaa.gov/MJO.
2
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arose from two parallel streams of activity. The first was the occurrence of a workshop on subseasonal
variability and prediction (Schubert et al., 2002) and the recognition of the importance of the MJO
and boreal summer ISO in regards to the potential skill to be had from subseasonal predictions. The
second stream of activity ensued from the priorities and recommendations of the US CLIVAR AsianAustralian Monsoon Working Group (AAMWG). These streams of activity led to the development of
a logistical and scientific framework for experimentally predicting tropical ISV. The project’s web site
has been operational since about late 2003 and is host to real-time predictions of ISV from about 3-4
empirical methods and about 3-4 numerical forecast models. This effort continues to grow and evolve
and during the winter and spring of 2004 began to also include “synoptic” discussions of ISV
conditions and their forecasts, with particular emphasis on the tropical – extratropical interactions.
Additional information on this effort can be found in Waliser et al. (2003a) and Waliser and
Weickmann (2004).
8 Conclusion
The literature reviewed here has shown that tropical intraseasonal variability makes up an
extremely important part of the character and evolution of the Asian and Australian summer
monsoons. While its most pronounced influence is associated with its direct connection to monsoon
active and break periods, other important effects include its modulation of higher frequency variability
and the role it may play in helping to determine interannual and longer-term variability. A principal
driver of the present enthusiasm for the subseasonal component of the monsoon is that it offers a new
– relative to the longstanding efforts at seasonal prediction - and unique form of predictive capability
that is just beginning to be exploited. The principle roadblock to achieving the full potential that such
predictability might offer is the development of a more robust and well-understood modeling
capability, one that can withstand even modest observational scrutiny. Recent years have seen tangible
progress in the form of theoretical hypotheses through the identification and narrowing of the major
physical processes underlying ISV, as well as the acquisition of a wide variety of new data sets and
field programs. The latter includes BOBMEX (Bhat et al., 2001), JASMINE (Webster et al., 2002),
GAME-GEWEX, SCSMEX (Lau et al., 2000), CEOP, the CLIVAR/GCM Monsoon Intercomparison
Project (Kang et al., 2002a), the development of an Indian Ocean moored array and drifter program,
as well as a number of new and exciting satellite programs (e.g., TRMM, AIRS, MODIS, MISR). At
least in terms of intraseasonal monsoon variability, these additional resources and theoretical
developments should make the coming decade a promising and productive one, with significant
improvements in modeling and predictive capabilities.
Relatively large uncertainties and/or gaps in our knowledge still exist in terms of the manner highfrequency (e.g., 10-30 day) and intraseasonal (40-60 day) variability interact, how ENSO or other
low-frequency variations can modify ISV, and in turn, the degree that ISO variations contribute to
interannual variability and the extent that this is chaotically driven. Theoretical and GCM efforts still
struggle to define the role that multi-scale interactions (e.g., cumulus, meso-scale, synoptic, planetary)
might play in the manifestation of the ISO as well the degree and manner that cloud-radiative
interactions might be important. While the land surface is an inherent part of the geographic extent of
the boreal summer ISO, very little research has been performed to evaluate its role. In addition, there
are clearly some very general numerical simulation problems that still need to be overcome that when
solved will have a positive impact on the simulation of ISV. These include better mean states,
undoubtedly the treatment of convection including the roles of stratiform/anvil clouds and shallow
cumulus, when and where ocean coupling is important, etc. Finally, while the development and
application of empirical ISO forecast models is taking foot, the ability to exploit the details associated
with a weather/climate prediction GCMs is at best at its infancy. At this stage there are not only the
difficulties associated with the simulation of ISV, there are still many uncertainties associated with
how to carry out subseasonal predictions in terms of supplying initial conditions and
supplying/modeling surface boundary conditions (Waliser et al., 2003a). The development and
improvement of subseasonal predictions, based on phenomena such as the ISO, offer a great
opportunity to help bridge the present gap between weather and seasonal-to-interannual climate
predictions.
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1. Introduction
The Asian monsoon possesses a wide range of variability lasting from a few days to decades, and
from a few to thousands of kilometers. Interannual variability (IAV) refers to deviations from the
climatological annual cycle with time scales longer than a year and less than a decade. Because
atmospheric anomalies have short memory (less than a weeks), IAV in the monsoon is associated with
atmospheric anomalies coupled to slow changes in the lower boundary conditions at the ocean and
land surfaces. IAV in the monsoon climate system arises not only as red-noise response to stochastic
forcing from atmospheric forcing, but also from coupled atmosphere-ocean-land processes that have
preferred spatial and temporal patterns, i.e., so-called “climate modes”. It is the presence, and
recurrence of these climate modes that provide the predictability of the monsoon, and offers the
promise of predicting the monsoon with lead times from several months to a year. This Chapter is
devoted to a brief survey of current topics in IAV of the Asian monsoon. Other scales of variability
are covered by separate Chapters in this report.
2. Characterizing Monsoon IAV
Despite over a century of research, characterizing monsoon IAV still remains a vexing problem.
Because the Asian monsoon encompasses complex, multi-scale variability from days to decades, with
spatial scales from a few kilometers to thousands of kilometers, regional descriptions are not always
compatible among themselves and with the large-scale perspective. Notwithstanding this obvious
difficulty, monsoon indices have been used commonly to provide a simple and quick characterization
of the monsoon. An analogy is the use of the Dow Jones Index to describe the state of the US
financial market – useful, but far from perfect, as a benchmark reference. Perhaps the most widely
used monsoon index is the AIMR, computed as the anomalous rainfall over whole India averaged
from June to September (Parthasarathy et al. 1992; Mooley and Parthasarathy 1984). Recently,
various monsoon indices have been constructed based on dynamical characteristics of dominant
modes of the Asian monsoon (e.g., Wang and Fan 1999; Lau et al. 2000; Li and Zeng 2003). Table 1
shows several commonly-used monsoon indices including their definitions and applications. They
include the all-India monsoon rainfall (AIMR) index, the Webster and Yang (W-Y) monsoon index,
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the regional monsoon index for South Asia (RM1), the regional monsoon index for East Asia (RM2),
and a monsoon index for Southeast Asia (DU2).
Table 1. Commonly-applied monsoon indices of the Asian summer monsoon
Name of
Index

Type of
Index

Domain of
Application

Definition

Reference

AIMR

Precipitation

India

Rainfall over India

Parthasarathy et al. (1992)

W-Y

Circulation

Tropical Asia

Webster and Yang (1992)

RM1

Circulation

South Asia

DU2

Circulation

Southeast Asia

RM2

Circulation

East Asia

U850-U200
Over 0º-20ºN, 40º-110ºE
V850-V200
Over 10º-30ºN, 70º-110ºE
U850 (5º-15ºN, 90º-130ºE)
- U850 (22.5º-32.5ºN, 110º-140ºE)
U200 (40º-50ºN, 110º-150ºE)
- U200 (25º-35ºN, 110º-150ºE)

Goswami et al. (1999)
Wang and Fan (1999)
Lau et al. (2000)

Figure 1. Patterns of regression analysis of JJA 850-mb winds (vectors in ms-1) and precipitation (contours in
mm day -1) against various monsoon indices shown in Table 1, for the period 1949-2003. Contour interval is 0.3
and the zero contour is omitted. Values larger than 0.3 are shaded heavily; less than -0.3 are shaded lightly.

Figure 1 shows the regression patterns of 850-mb winds against different monsoon indices. The
main feature associated with the W-Y index is a zonally-elongated band of westerlies stretching from
eastern Africa to the Philippines (Fig. 1a). The westerlies converge with easterlies from the western
Pacific over a zone of increased rainfall over the maritime continent. Also found are several other
convergence centers associated with the cyclonic circulation over northern Bay of Bengal and the
South China Sea. W-Y measures the broad-scale monsoon circulation, contributed collectively by
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various regional components. In contrast, RM1 captures the westerly from the Arabian Sea to western
Bay of Bengal, with strong cross-equatorial flow and meridional component of wind over the Bay of
Bengal (Fig. 1b). A key difference compared to W-Y is that in RM1, the tropical easterly extends
further westward, covering the entire Southeast Asia. Both RM2 and DU2 depict variations of the
East Asian monsoon. RM2 shows alternating easterlies and westerlies from the equatorial regions to
the extratropics (0º-50ºN) in the longitude sector of 110º-140ºE, consistent with multiple meridional
cell structure of the East Asia monsoon, which is closely related to the north-south shift of overlying
jet stream. Compared to others, DU2 (Fig. 2d) tends to emphasizes tropical features over Southeast
Asia and western Pacific. It also shows a strong signal in the southern portion of the subtropical
western Pacific high. As in WY and in RM1, DU2 captures an east-west dipole rainfall anomaly
between the Indian Ocean and the western Pacific. Users of specific monsoon index need to recognize
the dynamical consistency and the main emphases of that index with respect to other indices, and to
the dominant mode of monsoon IAV.
3. Monsoon-ENSO Relationships
The most dominant mode of IAV of the Asian summer monsoon is that arising as a response to
the basin-scale SST anomalies during ENSO. Fig. 2 shows the evolution of anomalous atmospheric
circulation and vertical motion field (color contour) associated with the first principal component of
the monsoon IAV over the South Indian Ocean and western North Pacific. The D(0)JF(1) marker
refers to the time of maximum SST anomaly over the tropical eastern Pacific (Fig. 1f). The most
pronounced feature is the waxing and waning of two large-scale anticyclones over the eastern Indian
Ocean and the western Pacific. The development of the South Indian Ocean anticyclone is most
pronounced in the fall and the western North Pacific anticyclone in the winter. The sinking motion is
well established in the western Pacific during D(0)JF(1), with anomalous over East Asia. At JJA(0),
the summer before the peak of eastern tropical SST, moderate sinking motion are found over the
maritime continent and the Indian subcontinent indicating a general suppression of the Indian
monsoon. Comparing the JJA(0) and JJA(1), a strong biennial tendency, in which monsoon anomalies
reverse from one summer to the next, is noted especially over the western North Pacific, the maritime
continent, and the northern Indian Ocean.
Table 2. Correlation between various summer monsoon indices and NINO3.4 SST of different lags (1950-2003;
1950-2000 for AIMR). Correlations exceeding the 95% confidence level are indicated in bold.
AIMR
W-Y
RM1
DU2
RM2

DJF0.17
-0.14
0.06
-0.42
-0.13

MAM-0.09
-0.41
-0.13
-0.24
-0.17

JJA0
-0.50
-0.46
-0.31
0.27
-0.08

SON+
-0.52
-0.42
-0.38
0.38
-0.08

DJF+
-0.46
-0.34
-0.33
0.36
-0.15

While ENSO clearly has an impact on IAV of the Asian monsoon, exactly how they occur
remained unknown. There are cases of strong ENSO, having little or no impact on the Indian
monsoon, and there are years in which monsoon droughts and floods occur without strong ENSO. The
complexity of the ENSO-monsoon relationship is illustrated by the diverse correlations between El
Nino SST anomaly and the monsoon indices (Table 2). The AIMR is significantly correlated with
ENSO in summer and the following fall to winter. On the other hand, W-Y has significant correlation
in boreal spring through the fall, mainly because W-Y is affected strongly by the western Pacific
wind. All the other regional monsoon indices, RM1, DU2 and RM2 show very little correlations with
ENSO. However, these do not preclude in individual ENSO events, when regional features described
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by these indices are strongly affected by ENSO. Similarly recent studies have indicated that during
the last two decades, the relationship between AIRM and ENSO has weakened considerable
compared to previous decades (Krishnamurty et al. 2001, Kinter et al. 2002)

Figure 2. Spatial patterns of principal modes (a-f) and time coefficients (g) of wind and SST anomalies. In
panels (a-e), vectors represent 850-mb horizontal winds (only values with significance higher than 95%
confidence level are shown) and shadings show 500 mb vertical motions. Year 0 denotes the year when El Niño
develops. (From Wang et al. 2003)
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GCM experiments have had reasonable success in simulating the large scale aspects of monsoon
ENSO interaction (Soman and Slingo 1997, Slingo and Annamalai 2000, Kirtman and Shukla 2000).
Diagnosis of output from atmospheric general circulation model (AGCM) experiments performed at
various research centers indicates that the current generation of models is capable of reproducing the
anomalous anticyclones over the Indian Ocean and western North Pacific during warm ENSO years
(e.g., Lau and Nath 2000). The impact of these circulation features on the precipitation and
temperature patterns in various sectors of the Asia/Australian monsoon region has also been
simulated. The model results suggest that the anticyclones are primarily Rossby-wave responses to
anomalous heat sinks over Indonesia and the equatorial western Pacific. Such diabatic cooling is in
turn caused by the eastward displacement of the rising branch of the Walker Circulation during warm
ENSO events. These inferences drawn from the AGCM experiments have been verified by the
solutions of mechanistic stationary wave models subjected to diabatic forcing prescribed in the
tropical western Pacific (Wang et al. 2003, Lau et al. 2004).
4. Regional SST
The SSTs in the western Pacific and Indian Oceans and other coastal water domains are important
for the Asian monsoon. Although the variability of regional SST is not necessarily always
independent from ENSO, there is evidence that to a large extent regional SST in the Indian Ocean and
the far western Pacific may vary independently from that in the tropical central-eastern Pacific. Lau
and Wu (2001) showed that in individual years, regional SST in the western Pacific and Indian Ocean
may explain up to 20% of the IAV variance of the Asian monsoon. However, local SST’s usually
exhibits complex variability. Some local SST anomalies may represent passive response to
atmospheric forcing and not necessarily a forcing to the monsoon. This has caused much difficulty in
unraveling causal relationships between the Asian monsoon and the regional.
Regional SST influences the Asian monsoon through exchanges in surface fluxes of heat and
momentum, causing contrasts in temperature and convective potential between land and oceans. A
rise in SST enhances evaporation and thus moisture supply and latent heating in the atmosphere. As a
result, monsoon rainfall increases. On the other hand, warming in oceans reduces the summertime
land-sea thermal contrast and the lead to a weakening of the monsoon circulation. Recent studies have
suggested that the tropical Indian Ocean SST dipole or the Indian Ocean Zonal Mode (IOZM) is
important in controlling the Asian summer monsoon (Saji et al. 1999; Webster et al. 1999). The
question of whether the IOZM is dependent on ENSO or an intrinsic mode of the Indian Ocean is still
a subject of debate. The presence of the IOZM has been confirmed in many coupled models. Fig. 3
shows the evolution of the IOZM in the UCLA coupled model (Yu and Lau 2004). The dipole mode
grows fast in summer and reaches maximum amplitude (warm mature stage) in the fall, as windgenerated oceanic Rossby wave modes. Studies also indicate that the IOZM may be excited from
stochastic forcing of the Indian Ocean by Asian monsoon winds (Li et al. 2003, Yu and Lau, 2004).
Other studies have pointed out that the zonal dipole mode may not be the most dominant mode of the
Indian Ocean and that the maximum variance of the SST is in the southern subtropics and
extratropics.
A number of observed characteristics of the IOZM have also been simulated in a 900-year
experiment with a coupled GCM at GFDL (Lau and Nath 2004). It is seen that from this model study
that a substantial fraction of the simulated episodes with IOZM-like behavior is closely linked to
ENSO. However, there also exist in this experiment considerable number of cases with pronounced
IOZM signals, but with no noticeable ENSO development in the tropical Pacific. The latter events are
associated with a hemisphere-wide seal level pressure pattern bearing some resemblance to the
Antarctic Oscillation. These model results suggest that the IOZM may be attributable to multiple
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factors, including remote influences due to ENSO and extratropical changes.
Model experiments have been performed by allowing the simulated ENSO responses in the
atmosphere to influence the oceanic surface conditions in the Indo-western Pacific sector through
anomalous heat and radiative fluxes at the air-sea interface (Lau and Nath 2003; Lau et al. 2004).
These model studies demonstrate that many regional SST anomalies observed in the Indian

Figure 3. The evolution of the IOZM in the coupled UCLA model showing the growth and decay phases and
association with monsoon wind forcing. (From Yu and Lau, 2004). Units of wind is in ms-1 and SST in °C.

Ocean basin as well as the marginal seas off East Asia and eastern Australia during certain phases
of the ENSO cycle are caused by the effects of these `atmospheric bridges' on the underlying oceanic
mixed layer. Analyses of the two-way air-sea interactions in such coupled model experiments further
indicate that the SST anomalies generated by the bridge mechanism could in turn feedback on the
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atmospheric circulation, and thereby influence the circulation and precipitation in many parts of the
Asian-Australian monsoon system.
5. Land Surface Processes
Land surface processes influence the monsoon by changing surface temperatures and the
overlying atmospheric circulation. The soil moisture and albedo effects associated with snow, and
snow melt in the preceding winter and spring change the surface temperatures and affects the
subsequent evolution of the monsoon (Barnett et al. 1989; Yasunari et al. 1991). More snow leads to
larger albedo, which reflects more radiation to the space and reduces energy absorption by the earth.
More snow also leads to larger snowmelt, which cools the land surface. Elevated land surface such the
Tibetan Plateau is often covered by snow in cold seasons and its role in the Asian monsoon has been
well documented (Luo and Yanai 1984; He et al. 1987; and Li and Yanai 1996).
Yang and Lau (1998) have found that the impact of snow and soil moisture on the Asian monsoon
mainly occurs over tropical lands and coastal water domains, and that land surface processes mainly
influence the monsoon in May and June, but less significantly during July-September. In addition,
compared to SST, land surface process exerts a relatively weaker influence on the tropical Asian
monsoon. This is consistent with the result obtained by Koster and Suarez (1995) and Xue et al.
(1996) who found that over relatively wet (dry) areas, SST (land surface process) affects the climate
more significantly.

Large Scale Remote Forcing
precipitation
∆P>0

cloudiness
∆Cl>0

N F2

moist convergence
(P-E)>0

soil
moisture
∆S>0

ground temp
∆Tg < 0

NF1

Hydrologic Cycle

∆LWsfc<0,
∆SH<0

Energy cycle
evaporation
∆E>0

surface short wave
∆SWsfc < 0

Figure 4. Schematic diagram showing the fast response and feedback processes in the water and energy cycle in
monsoon land regions, induced by slowly varying forcing of the atmosphere-land region. (from Lau and Bua
1998).

While the land surface forcing may be smaller in scale, it can amplify or reduce an existing wind
or precipitation anomaly driven by large-scale SST anomalies. Land surface processes impact the
monsoon through altering the regional water and energy cycles (Lau and Bua, 1998). As shown in the
left-land portion of Fig. 4, an initial increase in precipitation will lead to increased soil moisture,

446

which enhances evaporation, moistens and destabilizes the atmospheric boundary layer and promotes
the growth of atmospheric convection and precipitation. The associated release of latent heat warms
the troposphere, and leads to low-level moisture convergence, which further enhances precipitation.
An increase in evaporation cools the land surface directly, as indicated in the NF1 link in Fig. 4.
Increased in highly reflected clouds due to increased convection will further contribute to the cooling
of the land surface, by reducing solar radiation reaching the earth surface. The surface cooling will
reduce the thermal contrast between land and ocean and therefore weaken the monsoon flow, reducing
the moisture supply, hence reduces rainfall, as shown by the NF2 link in the center of Fig. 4.
6. Tropospheric Biennial Oscillation
The TBO represents one of the most prominent IAV of the Asian and Australian monsoons. Many
studies have shown that the variability of monsoon precipitation and circulation exhibits strong
signals of quasi-biennial oscillation (e.g., Mooley and Parthasarathy 1984; Meehl 1987; Lau and Sheu
1988; Yasunari 1990; Ropelewski et al. 1992; Shen and Lau 1995; Webster et al. 1998; Li et al.
2001a). TBO signals are found not only in the variability of summer rainfall over Asia but also in the
relationship between the Asian monsoon and other climate phenomena such as ENSO (Shukla and
Paolino 1983; Yasunari 1990; Lau and Yang 1996, Meehl 1997, Meehl and Arblaster 2002a,b, Meehl
et al. 2003).
Fig. 5 shows an idealized sequence of the major features of the TBO. Starting from DJF (Fig.5a)
of a weak Australian monsoon, above normal SST appears in the Indian Ocean and the central-eastern
Pacific Ocean, while below normal SST is found to the north of Australia. The SST distribution and
overlying circulation cells resemble those associated with the warm phase of El Nino. The Eurasian
continent is warmer and has less snow, in connection with the establishment of an anomalous high
pressure ridge that signals an atmospheric Rossby wave response to tropical heating. In the following
MAM (Fig.5b), the key features in the coupled ocean-atmosphere-land system persist because of the
memories in SST and associated thermocline. In JJA, the warmest SST anomalies shift eastward over
the equatorial western Pacific and the eastern Indian Ocean, where the thermocline deepens, and the
coupled system enters the La Nina phase. As a consequence, the summer monsoon rainfall increases
over South Asia, signaling a stronger Indian monsoon. The western Indian Ocean begins to cool
because of stronger westerly wind monsoon wind forcing. The summertime features are largely
maintained through the following SON (Fig. 5d), with increased convection over the maritime
continent, and the cooling over the Indian Ocean expanded eastward. The land surfaces over South
Asia and subtropical Eurasia also begin to cool due to saturated soil moisture from the previous
wetter-than-normal summer season. The enhanced convection over the maritime continent suppresses
convection over the Indian Ocean, and migrates eastward in concert with the annual cycle of
convection over northern Australian, ushering in a stronger Australian monsoon in the following DJF.
In the western Pacific, the SST reaches its maximum, and the thermocline starts to shoal, while the
Indian Ocean cooling is most extensive. The increased convection over northern Australia and weak
convection over the Indian Ocean provide forcing to a Rossby wave response characterized by an
anomalous trough and a colder, more snow-covered subtropical Eurasia. Note that in about the time
interval of one year, the signs of the anomalies in monsoon coupled ocean-atmosphere-land system
have completely reversed. The cycle is repeated in the next twelve months with the opposite polarities
completing a full biennial cycle. In this scenario, the TBO is strongly tied to the relaxing time scale of
the thermocline in the western Pacific and the Indian Ocean, and is phase-locked to the annual cycles
of SST and convection in the Indo-Pacific region.
Recently, there have been a number of theories proposed for the mechanisms and reasons for
prominent two-year time scale of the TBO. Goswami (1995) suggested that interaction of monsoon
dynamics and the annual cycle of convection is sufficient to induce a monsoon TBO. Chang and Li
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(2000), and Li et al. (2001) emphasized on the role of the Indian Ocean, and its interaction with the
transition from the South Asia to the Australia monsoon. Kim and Lau (2000) suggested that the TBO
represent an intrinsic interaction between monsoon processes via the seasonal variations of
intraseasonal forcing and ENSO dynamics.

Figure 5. Schemaitcs illustrating key anomalies of convection, SST, surface winds, Walker circulation,
extratropical circulation, land surface changes and thermocline tendencies in the Indian Ocean and the
western Pacific associated with the TBO. (From Meehl and Arblaster 2002).

Certain aspects of the TBO and its interaction with ENSO have been simulated by coupling
AGCMs to simple ocean mixed-layer models (Lau and Nath 2000, Lau et al. 2004, Loschnigg et al.
2003). Lau and Wang (2005) have examined the evolution of the atmospheric and SST conditions
during imposed ENSO cycles in such systems, and shown that the `direct' atmospheric response to
ENSO forcing leads to weakened monsoons over South and East Asia during the year of the warm
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episodes. Through the `atmospheric bridge' mechanism, the reduced wind speeds and cloud cover
result in increased SST over the Arabian Sea, Bay of Bengal, and the South and East China Seas. This
oceanic warming is seen to persist for several seasons through positive air-sea feedbacks, and the
enhanced supply of moisture is conducive to a stronger monsoon in the following year. This chain of
simulated events indicate that the interaction of ENSO and seasonal anomalies could contribute to the
biennial tendency of the monsoon system by modulating the coupled atmosphere-ocean environment
in the Indo-western Pacific region.
7. Global Teleconnection
The interaction of monsoon with ENSO through the Walker Circulation and associated Rossby
wave response is a prime example of global teleconnection associated with the IAV of Asian
monsoon. However the Asian monsoon may generate telconnection and interacts with components of
the global circulation through additional pathways. A number of recent studies have shown that the
Asian monsoon may interact with components of the global circulation through the East Asian jet
stream in ways that are distinct from ENSO. Yang et al. (2002) find a relationship between the winter
climate in East Asia and North America through the variability of the East Asian westerly jet stream.
They found that changes in surface temperature and precipitation in the two regions can be explained
by fluctuations of the jet stream and associated stationary wave patterns. When the jet stream is
strong, cold and dry climate appears in East Asia, while precipitation is generally suppressed over
North America, and surface temperatures drops in the east, but rises in the west. When the jet stream
is above normal, more wave energy is transported from the source over East Asia to the sink over
North America, via the North Pacific, as evidence in the pattern of horizontal and vertical stationary
wave fluxes (Fig. 6).

Figure 6. DJF stationary wave activity flux for (a) strong East Asian jet stream, (b) weak Jet stream and (c)
strong minus weak jet streams. The vectors (m2s-2) and contours (x 104 m2s-2) represent the horizontal
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component at 300 mb and vertical component at 850 mb. Values large than 4 x 104 m2s-2 are shaded. (From
Yang et al. 2002).

Recently, Lau and Weng (2002) and Lau et al. (2004a, b) find summertime teleconnection
patterns linking rainfall and temperature anomalies over East Asia and North America. Two
summertime teleconnection patterns have been identified. The first one, referred to by the authors as
the “Tokyo-Chicago Express”, consists of a large-scale coherent structure of zonally oriented winds
and geopoential, and SST anomalies over the North Pacific, linking rainfall anomalies over Japan and
northeastern China to anomalies of the same sign over western Canada, the northern Great Plains and
the Mid-west of the United States. This mode has a significant correlation with Nino-3 SST during the
April, but appears as a coupled ocean-atmosphere mode over the North Pacific in JJA (Lau et al.
2004a). The second mode, referred as the “Shanghai-Kansas Express” features Rossby wavetrain
signal in 500 mb geopotential emanating from central East Asia across the North Pacific to North
America (Fig. 7a). This mode is uncorrelated with ENSO, and is likely spawned by fluctuations of
heat sources and sinks in the Indo-Pacific monsoon region, as evidence in the 200 mb divergence
center over the Indian Ocean (Fig. 7b). The possible role of a low-latitude monsoon heat source/sink
for this mode is also consistent with the coexistence of similar and even stronger wave pattern in the
South Hemisphere. The dynamical mechanisms of these summertime teleconnection modes, and their
interactions with the extratropical oceans and lands are still unknown, and are clearly an important
subject of future monsoon research.

Figure 7. Regression of the principal component of the second mode of North America summer rainfall against
(a) 500-mb geopotential height and 850 mb winds and (b) 200 mb velocity potential and divergent winds. (From
Lau et al. 2003).

Some facets of the observed teleconnections between variability of the East Asian monsoon and
temperature/precipitation over North America have been reproduced in AGCM runs analyzed by Lau
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et al. (2005). The experimental setup entails the simulation of atmospheric responses to prescribed
SST anomalies in the Indo-western Pacific sector, which have been generated by remote forcing from
ENSO via the `atmospheric bridge' mechanism. The model results indicate that such anomalous SST
forcing produces midlatitude atmospheric signals in both hemispheres during the boreal summer
season following the ENSO events. These signals are characterized by a strong degree of zonal
symmetry, and are attributable to both extratropical eddy-mean flow interactions and to forcing by
tropical diabatic heating. Of particular interest is the extension of the anomalous atmospheric features
from East Asia across the North Pacific to the North American sector, where the accompanying
precipitation and surface temperature anomalies are reminiscent of prolonged summertime droughts
and heat regions observed in that region.
8. Effects of Aerosols
Evidence is now emerging that increased loading of anthropogenic aerosols, and natural aerosols
from dust storms over northwestern Asia, Middle East and North Africa may have strong impacts on
IAV of the Asian monsoon (Ramanathan, 2000, Menon et al. 2001). The ways in which aerosols
affect heating in the atmosphere and the earth surface are complex and strongly dependent on the
aerosol types, concentration, vertical and horizontal distribution, the ambient circulation regime, and
the surface albedo. Sulfate aerosols efficiently scatter, while carbonaceous aerosols e.g., black carbon
and organic aerosols strongly absorb shortwave radiation. Therefore while aerosols of all types will
reduce solar radiation reaching the earth surface inducing surface cooling, different aerosols will lead
to differential heating/cooling in the atmosphere and the surface and alters the vertical moist stability
and convective potential of the atmosphere. In the monsoon region, sulfate and carbonaceous aerosols
from industrial pollution and biomass burning, as well as dust storm from spring, in areas within and
adjacent to the monsoon regions, may alters the land-sea distribution, excite global teleconnection
signals, which pre-conditions the large-scale circulation and atmosphere-land-ocean boundary
conditions altering the subsequent evolution of the monsoon (Kim et al. 2004).
In a recent GCM experiment making of realistic distribution of global aerosols sources and
distribution from chemistry transport models, Lau and Kim (2005) shows that absorbing aerosols, i.e.,
black carbon and dust, induce large-scale upper-level heating anomaly over the Tibetan Plateau in
April and May, ushering in an early onset of the Indian summer monsoon. Absorbing aerosols also
enhance lower-level heating and anomalous ascent over northern India, intensifying the Indian
monsoon. Fig. 8 shows the evolution of upper tropospheric warming and induced vertical motions by
absorbing aerosols from March to June, over Tibetan Plateau due to effects of aerosols. While
intensifying the Indian monsoon, overall, the aerosol-induced large-scale surface temperature cooling
leads to a reduction of monsoon rainfall over southern East Asia, and adjacent oceanic regions.
The study of aerosol forcing inducing radiative and dynamical feedback on global water cycle and
climate variability of the monsoon regions is now only in its embryonic stage. At present, the forcing
functions are just beginning to be known and estimated from satellite observations and from global
aerosols transport models, which are un-coupled to global climate models. Moreover, because of
inadequate model physics, current climate models are ill-equipped to explore the full interactions of
aerosol forcing with the cloud and precipitation microphysics, including the direct and indirect effects.
Improving model physics of clouds, precipitation, and boundary layer processes in climate models are
paramount in advancing aerosol- climate research. Thus far aerosol effects have not attracted much
attention in the monsoon research community. Aerosol-climate interaction may fill a gap in
understanding the linkage of monsoon climate variability to global change, and should be a top
priority in future monsoon climate research.
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Figure 8. Latitude-height distributions of temperature and meridional circulation anomalies induced by the
presence of aerosols for (a) March, (b) April, (c) May, and (d) June over latitude belts of 80-100°E. Units of
pressure velocity and meridional wind are -10-4 hPa s-1 and m s-1, respectively. Contour intervals are 0.5°C.
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(Not :This review is an abridged version of a chapter in the book: THE ASIAN MONSOON- Chapter 7,
edited by Bin Wang)

1. Introduction
Prediction of the seasonal mean monsoon at least one season in advance is one of the most
important problems in tropical climate. However, it also happens to be one of most difficult problem.
The Asian monsoon climate exhibits variability in a variety of time scales. The predictability of the
seasonal mean monsoon depends on the nature of the interannual variability (IAV) of the monsoon.
Extensive studies on IAV of different components of the Asian monsoon have led to better
documentation and better understanding of physical mechanisms responsible for IAV of the monsoon.
Various components of the Asian monsoon also exhibit significant interdecadal variability (Mooley and
Parthasarathy, 1984; Kripalani et al., 1997; Mehta and Lau, 1997; Chang et al., 2001b, 2000;
Parthasarathy et al., 1991; Wu and Wang, 2002). Modulation of IAV by the interdecadal variability
influences predictability of the seasonal mean monsoon. One example of role of interdecadal variability
on the predictability of the summer monsoon is seen in the change in usefulness of several predictors
used in statistical prediction of the Indian summer monsoon precipitation (Gowarikar et al., 1989, 1991;
Thapliyal and Rajeevan, 2003). The correlation between several of these predictors and the Indian
summer monsoon precipitation has been found to undergo interdecadal variations (Kumar et al., 1999;
Krishnamurthy and Goswami, 2000) forcing the India Meteorological Department to drop many of the
original predictors in their recent statistical model (Rajeevan et al., 2004). A better understanding of the
interdecadal variability may, therefore, be very important in improving the predictability of the seasonal
monsoon climate. However, the space-time structure of the monsoon interdecadal variability is less well
documented than the IAV and mechanisms responsible for it are poorly understood. This problem is
largely related to the lack of availability of good quality data for a sufficiently long period. While the
instrumented record of surface climate (e.g. temperature, surface pressure and precipitation) could be
extended to about 150 years, upper air data is available for only about 50 years. In this review, we shall
attempt to highlight the temporal and spatial characteristics of the surface climate associated with the
dominant interdecadal variability of the Asian monsoon making use of long records of rainfall, sea
surface temperature (SST) and sea level pressure (SLP). Further, we shall endeavor to unravel the three
dimensional structure of the dominant mode of interdecadal variability from available upper air
circulation data. Connections between interdecadal variability of the monsoon and that of other climate
regimes around the globe will be established and indicated that the monsoon interdecadal variability
may be manifestations of a global coupled ocean-atmosphere mode of interdecadal variability. An
attempt will be made to understand the observed relationship between the Indian monsoon and El Nino
and Southern Oscillation (ENSO) on interdecadal time scale within the context of the global three
dimensional structure of the dominant mode of monsoon interdecadal variability.
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2. Interdecadal Variability of the South Asian Summer Monsoon
Based on the availability of long records of reliable rainfall observation over the Indian continent,
epochal variation of Indian summer monsoon rainfall has been noted previously (e.g. Mooley and
Parthasarathy 1984; Parthasarathy et al. 1991). Normalized anomalies of June-September (JJAS)
rainfall over all India (AIR), homogeneous Indian region (HMR) and west-central Indian region (WCR)
between 1871 and 2000 are shown in Figs.1a, b, and c respectively (bars). Normalized JJAS SST
anomaly in the Nino3 region (150°W-90°W, 5°S-5°N) is also shown in Fig.1d. The solid curve in each
figure represents normalized 11-year running mean of each variable (low pass (LP) filtered field).
Standard deviation of IAV as well as that of the running mean are also noted in each figure. While the
indices of Indian summer monsoon rainfall lack a trend or a climate change signal, all three indices
contain coherent multidecadal variability with approximate periodicity of 55-60 years. The tri-decades
between 1871 and 1900 and between 1930 and 1960 generally saw more above normal than below
normal rainfall over the country. Frequency of occurrence of large scale floods were also higher during
these periods. Similarly, the tri-decades between 1901 and 1930 and between 1971 and 2000 saw more
below normal than above normal rainfall over the country. These periods were also characterized by
higher frequency of droughts. The eastern equatorial Pacific SST (Nino3) or El Ninos also show a
similar interdecadal variability of amplitude modulation but is approximately out of phase with that of
the summer monsoon rainfall. High correlations between the interdecadal component of variability of
the three summer monsoon indices as well with that of Nino3 SST are shown in Table-1. Such epochal
behavior of Indian summer monsoon rainfall with multi-decadal quasi-periodicity have been noted in
many studies (Parthasarathy et al., 1994; Kripalani et al., 1997; Kripalani and Kulkarni, 1997; Mehta
and Lau, 1997; Krishnamurthy and Goswami, 2000; Torrence and Webster, 1999)
Table 1: Correlations between LP filtered JJAS indices

CORR
AIR
HOM
WCI
NINO3

AIR
1.0
0.96
0.95
-0.77

HOM

WCI

NINO3

1.0
0.96
-0.76

1.0
-0.77

1.0

The annual mean of daily mean surface temperature as well as that of daily maximum surface
temperature over India are known to have a trend representing the climate change signal while the daily
minimum surface temperature over India does not show such a trend (Rupakumar et al., 1994). As the
interdecadal variability of summer monsoon precipitation has a large continental scale, it is likely to
influence the summer mean surface temperature averaged over Indian continent. During the wet (dry)
interdecadal phase of the Indian summer monsoon rainfall , increased (decreased) cloudiness and
evaporative cooling of the surface is expected to lead to day maximum temperature to be cooler
(warmer) than normal. Increased cloudiness and enhanced moisture content in the atmosphere during
the same phase is expected to result in reduced long wave cooling during the night and lead to a higher
than mean minimum temperature. The summer season (JJAS) mean maximum and minimum surface
temperature from the available data between 1901 and 1990 (Rupakumar et al. 1994), after detrending
using a simple least square linear fit, show significant interdecadal variability (using a 11-year running
mean) similar to that of AIR (Fig. 2). It is noteworthy that the interdecadal variation of the maximum
summer surface temperature is coherently negatively correlated (r = -0.88 ) with that of the AIR. The
interdecadal variation of summer minimum surface temperature is positively correlated with that of
AIR after about 1930. The existence of similar interdecadal variability in the maximum and minimum
surface temperature and consistency between the precipitation and surface temperature indicates a
certain amount of robustness for the quasi-60 year interdecadal mode.
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El Nino and Southern Oscillation (ENSO)-like interdecadal variability of Pacific SST has been
noted in several recent studies (Zhang et al., 1997; Kachi and Nitta, 1997; Graham, 1994; Tanimoto et
al., 1993; Graham et al., 1994; Kawamura, 1994). The close association between the interdecadal
variability of the summer monsoon and Nino3 (Fig. 1) indicates a strong link between interdecadal
variability of Pacific SST and that of the Indian summer monsoon. The IAV of both the Indian monsoon
rainfall as well as that of the ENSO seems to be coherently modulated by the interdecadal variability.
Interdecadal variability of the interannual variance of AIR and Nino3 SST were calculated using a
21-year moving window (Fig. 3). IAV of both the Indian monsoon and the ENSO also show a quasi-60
year interdecadal fluctuation. Strong correlation (r = 0.82) between the two indicates that the quasi-60
year oscillation is a global mode of variability that modulates activity of both the Indian monsoon and
the ENSO. Similar interdecadal variability of variance in the 2-7 year band of AIR and Nino3 SSTA and
the coherence between the two variability have also been noted by Torrence and Webster (1999).
Here, we contrast the strong negative relationship between the interdecadal variability of the Indian
summer monsoon and the ENSO with the ENSO-monsoon relationship on interannual time scale. The
ENSO-monsoon relationship on interannual time scale has been studied extensively (Sikka, 1980; Pant
and Parthasarathy, 1981; Rasmusson and Carpenter, 1983; Shukla and Paolino, 1983; Parthasarathy and
Pant, 1985; Shukla, 1987; Goswami, 1998; Lau and Wu, 2001; Lau and Nath, 2000). The simultaneous
correlation between JJAS Nino3 SST anomaly and AIR has remained significantly negative over a long
period of time (Fig. 4a). However, it has decreased sharply over the last two decades and is currently
insignificantly small (Fig. 4a). Another aspect of this relationship is that even when correlation was
strong (e.g. between 1871 and 1971), largest correlation between AIR and Nino3 SST occurred with
Nino3 SST following the monsoon season (Fig. 4b). This observation prompted a hypothesis that the
large scale circulation changes associated with the Indian monsoon may play an important role in
determining the evolution and strength of the ENSO on interannual time scale (e.g. Nigam 1994;
Kirtman and Shukla 1997). During the recent decades, however, the largest correlation between the
Indian summer monsoon rainfall and eastern Pacific SST takes place not with SST following the
monsoon but with SST one year prior to the Indian monsoon (Fig. 4b). The rapid weakening of the
ENSO-monsoon relationship on interannual time scale during the recent decades has been a subject of
considerable attention (Kumar et al., 1999; Krishnamurthy and Goswami, 2000; Chang et al., 2001a;
Torrence and Webster, 1998). It will be explored whether the changing relationship between the ENSO
and Indian monsoon could be understood in terms of modulation of the ENSO-monsoon relationship on
interannual time scale by the large scale circulation changes associated with the interdecadal variability.
3. Interdecadal Variability of the East Asian Summer Monsoon
The east Asian summer monsoon (EASM) encompasses both tropics and subtropics. It is distinct
from the south Asian (Indian) monsoon and has complex space-time structure ranging from tropical
baroclinic systems to middle latitude barotropic systems. The EASM also experiences a quasibiennial
tendency on interannual time scale (Shen and Lau, 1995) like the south Asian monsoon. However, the
EASM is influenced by ENSO in a distinctly different way than the south Asian monsoon. While the
Indian summer monsoon precipitation correlates strongly with eastern Pacific SST during the evolving
phase of the ENSO (Fig. 5b), the EASM correlates strongly with eastern Pacific SST during the
decaying phase of the ENSO (Shen and Lau, 1995; Chang et al., 2001b, 2000; Wang et al., 2001; Wu
and Wang, 2002). The EASM also exhibit interdecadal variability somewhat similar to that observed in
the Indian monsoon rainfall. In order to get an idea of temporal scale of the interdecadal variability of
the EASM, May-August (MJJA) precipitation over two regions for the period between 1901 and 1998
were extracted from historical rainfall records compiled by Dr. Mike Hulme of University of East
Angelia, U.K (Hulme et al., 1998). The climatological precipitation during MJJA over the east China
around the Yangtze River Valley (27.5°N-37.5°N, 100°E-122.5°E) and over north-eastern China (37.5°
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N-47.5°N, 115°E-125.5°E) are 56 cm and 40.4 cm respectively. The interannual and interdecadal (11
year running mean of interannual anomalies) variations normalized by their own standard deviations are
shown in Fig. 5. A quasi 50-60 year interdecadal periodicity is evident in both time series similar to that
observed in the south Asian monsoon rainfall (Fig. 1a,b,c). Roughly after 1920, the phase of the
interdecadal variability of the EASM precipitation also has similarity with that of the south Asian
summer monsoon. Thus, the quasi-60 year oscillation in both south Asian summer monsoon and the
EASM may be manifestation of a global mode of interdecadal variability.
The EASM goes through a major interdecadal transition in the mid-seventies concurrent with the
major climatic transition in the tropical Pacific. While this is clearly seen in the east China precipitation
(Fig. 5a), the complex spatial structure associated with this interdecadal transition influences the whole
EASM region. The spatial structure and possible causative mechanisms for this interdecadal transition
of the EASM has been examined in several studies (Hu, 1997; Wu and Wang, 2002; Chang et al.,
2001b, 2000) using station rainfall data over China, Japan and Korea and NCEP/NCAR reanalysis. A
negative-positive-negative precipitation pattern over the southeastern China,Yangtze River Valley and
northeastern China during the pre-transition (1962-1977) period seems to go over to a
positive-negative-positive pattern during the post-transition (1978-1993) period (Wu and Wang, 2002).
Significant interdecadal changes of large scale circulation are also found consistent with the
interdecadal changes in precipitation pattern. The low level anticyclone is stronger and located at higher
latitudes in 1978-1993 than in 1962-1977. Also the barotropic anticyclonic anomaly over the Japan sea
during the earlier epoch turned into cyclonic during the later epoch. The circulation over the EASM
region could be influenced by western north Pacific convection through low level response and by the
Indian summer monsoon heating through upper level wave response. It appears that during 1978-93, the
western north Pacific convection was largely responsible for the interdecadal anomalies while during
the earlier epoch both processes contributed to it (Wu and Wang, 2002).
4. Mechanism for Interdecadal Variability of Enso-Monsoon Relationship
A framework is described here that may be used as a basis through which we may attempt to
understand the observed interdecadal variability. The mean summer precipitation has a primary
maximum in the monsoon trough (MT) region between 15°N and 25°N with a secondary maximum in
the equatorial Indian Ocean. Low level cyclonic vorticity, arising through interaction of low level
converging flow with the Himalayan mountain range, helps organized convection through frictional
moisture convergence and makes the MT a preferred location of the tropical convergence zone (TCZ).
The eastern equatorial Indian Ocean with a maximum of SST between equator and 10°S during the
summer season represents another preferred location of the TCZ (Goswami and Shukla, 1984). Within
the summer monsoon season, vigorous intraseasonal oscillations (ISOs) in the form of active/break
cycles ride on the seasonal mean monsoon. The ISOs are characterized by a competition of the TCZ to
fluctuate between the two preferred locations with repeated northward propagation from the equatorial
position to the MT (Yasunari, 1979; Sikka and Gadgil, 1980). The seasonal mean precipitation is
influenced by statistical average of the ISOs of the TCZ over the season (Goswami and Ajayamohan,
2001a). Thus, processes that influence the frequency of occurrence of the TCZ over the equatorial IO
preferred region could influence the seasonal mean monsoon Hadley circulation and seasonal mean
monsoon precipitation. The strength and distribution of SST over the equatorial IO as well as the
convergences and divergences associated with the equatorial Walker circulation could influence the
equatorial ISOs and thereby influence the seasonal mean monsoon precipitation (Chandrasekar and
Kitoh, 1998; Krishnan et al., 2003). Therefore, link between the Pacific SST and that of the Indian
monsoon rainfall could be expected through modification of the equatorial Walker circulation and the
regional monsoon Hadley circulation.
It may be possible to gain some insight regarding the relationship between the ENSO and Indian
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monsoon on interdecadal time scale by examining the three dimensional structure of the global
interdecadal mode of variability during 1948-2002 for which NCEP/NCAR reanalysis (Kalnay et al.,
1996) circulation data is available. Hence, a multivariate empirical orthogonal function (EOF) analysis
of LP filtered SST, precipitation, winds at 850 hPa and 200 hPa and velocity potential at 200 hPa was
carried out. The first EOF explaining 41.5 percent of variance of the LP filtered fields together with the
corresponding principal component (PC1) are shown in Fig. 6 and 7 respectively. The global SST
pattern associated with the EOF1 (Fig. 6a) is similar to the pattern associated with interdecadal
variability of ENSO (not shown) based on long data of SST. The time evolution of PC1 is quite similar
to the LP filtered Nino3 time series (Fig. 1d) during the period 1948-2002. The EOF1 essentially
represents the interdecadal modulation of ENSO from a La Nina preferred regime in 1950’s and 1960’s
to an El Nino preferred regime during 1980’s and 1990’s with a transition around mid 1970’s .
Therefore, the three dimensional structure associated with the EOF1 may be representative of that of the
interdecadal variability of the ENSO and the Indian monsoon discussed earlier with approximate period
of 55-60 years. While the EOF1 explaining 41.5 per-cent of the LP filtered variance is quite distinct
from the other EOFs and could be considered a natural mode of oscillation, the EOF2 and EOF3
explaining 10.1 percent and 9.8 percent variance of LP filtered fields are not distinct from each other
and could not be considered as independent modes of oscillation. Hence, we focus our attention
primarily on EOF1 representing the multidecadal component of the variability. Associated with the
EOF1, the ENSO-like SST warming (cooling) of SST in the eastern tropical Pacific is in phase with
SST over the tropical IO (Fig. 6a). The spatial pattern of precipitation associated with interdecadal
mode (Fig. 6b) consists of enhancement of precipitation over two major regions namely, northern south
America and eastern equatorial IO and Indonesia and decrease in precipitation over two major regions
namely, central and eastern Pacific and central Africa. Consistent with the precipitation pattern, the
wind patterns show low level convergence and upper level divergences over equatorial central America
and northern south America and Indonesia while low level divergence is seen over equatorial eastern
Africa and central Pacific around dateline (Fig. 6c). A comparison between Fig. 6c and Fig. 7a shows
that in the equatorial region, low level convergence (divergence) is always associated with upper level
(200 hPa) divergence (convergence). The upper level velocity potential field of the interdecadal mode
(Fig. 7b) is consistent with the divergent circulation associated with the precipitation anomalies (Fig.
6b). The vertical structure of the oscillation in the equatorial region is, therefore, that of a first baroclinic
mode. The upper level easterly jet in the equatorial IO (Fig. 7a) is weakened during the warm phase of
the interdecadal variability. This is a signature of weakened Indian monsoon.
To gain a better understanding of the ENSO-monsoon relationship on interdecadal time scale, a
comparison of spatial structure and strength of the regional monsoon Hadley (MH) circulation and the
Walker circulation associated with the interdecadal and interannual time scales is required. For an
estimate of the MH and Walker circulation associated with the interdecadal time scale, a warm
(1982-1995) minus cold (1952-1965) composite of LP filtered zonal and meridional winds and vertical
pressure velocity were created. The LP filtered fields are slowly varying and has no seasonal variations.
Therefore, all months within each period were taken in these composites. The interdecadal MH
circulation is represented as pressure-latitude section of vector winds constructed with meridional wind
and negative of vertical pressure velocity averaged over 70°E-110°E (Fig. 8a). The interdecadal Walker
circulation is represented as pressure-longitude section of vector winds constructed with zonal wind and
negative of vertical pressure velocity averaged over 10°S-10°N (Fig. 8b). A similar estimate of MH and
Walker circulation associated with interannual ENSO mode was made by constructing a JJAS
composite of El Nino minus La Nina from the interannual anomalies (after removal of the LP filtered
component). 1957, 1965, 1972, 1976, 1982, 1983, 1987 and 1997 were used for El Nino composite
while 1964, 1970, 1973, and 1988 were used for La Nina composite. The El Nino (La Nina) years were
selected based on JJAS Nino3 SST anomaly being greater than +1 (less than -1) standard deviation. The
MH and Walker circulation associated with the interannual ENSO mode are shown in Fig. 9.
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The interdecadal MH circulation is characterized by significant deep ascending motion over the
equatorial IO between 10°S and 10°N and upper level subsidence extending down to 500 hPa north of
10°N. The large scale persistent upper level subsidence inhibits convective activity over the Indian
summer monsoon region leading to an overall decrease in monsoon rainfall. This appears to be
responsible for the negative correlation between interdecadal variability of the ENSO and the summer
monsoon. Since the Indian winter monsoon is associated with precipitation only over the southern tip of
India extending to about 12°N, the winter convection (or rainfall) is facilitated by the enhanced upward
motion in this region. This is consistent with the positive correlation between the Indian winter
monsoon rainfall and the ENSO on interdecadal time scale (not shown). As could be derived from the
EOF1 (Fig. 8), the Walker circulation associated with interdecadal variability has a three east-west cell
structure with ascending motion in the eastern equatorial IO and around 60°W and descending motion
in the eastern Pacific between dateline and 120°W and over central Africa. A point of some significance
is to note that the anomalies of the MH and Walker circulation associated with the interdecadal and
interannual ENSO variability are comparable in magnitude. During a warm eastern Pacific phase of the
interdecadal mode, the upward motion associated with the MH circulation over the equatorial IO is
opposed by the descending motion associated with the interannual El Nino while both the modes
reinforce the descending motion over the Indian monsoon region. During the same warm phase of the
interdecadal mode, the MH circulation associated with interannual La Nina would result in an
enhancement of the equatorial ascending motion while compensating the decadal descending motion
over the Indian summer monsoon region. This means that during the warm interdecadal phase
(e.g.1965-1995), the El Nino s are likely to have a stronger negative influence on the Indian summer
monsoon while the La Nina s may not have any significant positive influence. Similarly, during a cold
phase of the interdecadal mode (e.g. 1948-1965) , a La Nina is likely to have stronger positive effect on
the Indian summer monsoon while the El Nino s are likely to have no significant negative influence on
the summer monsoon. With the exception of 1997, this conclusion appears to be generally born out by
the observed Indian summer monsoon rainfall (Fig. 1, also see Kripalani and Kulkarni 1997). During
1997, the expected negative influence on the Indian monsoon by the strong El Nino on a warm
interdecadal phase of ENSO appears to have been countered by some strong regional influence of
opposite sign.
5. Decadal Changes in Monsoon Intraseasonal Activity
Intraseasonal oscillations (ISOs) are an integral part of the Asian monsoon. The basic
characteristics of the summer monsoon ISOs and mechanism for their genesis and scale selection have
been studied extensively (for summary see Webster et al. 1998; Goswami 2004a). The ISOs essentially
arise from internal dynamics, namely feedback between convection and dynamics (Goswami and
Shukla, 1984; Chatterjee and Goswami, 2004). As this feedback is a function of the background mean
flow and thermal structure, the statistics (e.g. frequency of occurrence, amplitude etc) of monsoon ISOs
may be modulated by the modulation of the large scale background flow on interdecadal time scale.
Does any characteristic statistical property of the monsoon ISOs change significantly from the cold
interdecadal phase of ENSO in the pre-1970s to the warm interdecadal ENSO phase of post-1970s?
This question is examined here using daily NCEP/NCAR reanalysis data between 1948 and 2002. The
amplitude of intraseasonal variability (ISOV) during the Indian summer monsoon season is represented
by the standard deviation of the 10-90 day filtered intraseasonal anomalies between 1 June and 30
September at each grid point. Interannual variability of ISO activity is found to be significant with the
standard deviation of the ISOV of zonal winds and relative vorticity at 850 hPa and vertical pressure
velocity at 500 hPa over the Indian monsoon region being 15-20 percent of the climatological mean (not
shown). The interdecadal variability of ISOV is constructed by average of interannual anomalies of
standard deviation of 10-90 day filtered fields over 40°E-100°E, 10°N-35°N, through a 11-year moving
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window and are shown in Fig. 10 together with the PC1 of multivariate EOF of the LP filtered fields
(Fig.7). It is interesting to note that the interdecadal variability of ISO activity over the Indian summer
monsoon region has a close correspondence with the interdecadal variability of the ENSO-monsoon
mode. The correlation between the LP filtered ISOV of zonal winds and relative vorticity at 850 hPa is
0.92 while that between PC1 and the LP filtered ISOV of relative vorticity at 850 hPa is -0.73. Why
does the ISOV decrease over the Indian summer monsoon region during the warm phase of the
interdecadal mode when the SST over both equatorial eastern Pacific as well as that over the equatorial
IO are above normal? To understand this, we must remember that the Indian summer monsoon ISO is a
manifestation of fluctuations of convection over the two preferred positions, one over the equatorial
eastern IO and the other over the MT. This results in a bimodal meridional structure of the dominant
ISO mode in outgoing long wave radiation (OLR) or in vertical velocity (see Goswami and
Ajayamohan 2001b). Persistent warmer than normal SST over the equatorial IO leads to persistently
enhanced convection and ISO activity in the equatorial IO. Enhanced convection over the equatorial IO
gives rise to subsidence over the MT region and leads to suppression of convection and ISO activity
over the MT region. Rajeevan et al. (2000) indeed show that the recent warm interdecadal phase of the
ENSO (the post-1975 period) is associated with an increase in low cloud amount in the equatorial IO
and a decrease of the same over the north Bay of Bengal. Following the same argument, we may also
expect even the synoptic activity to show a similar interdecadal variability. The frequency of occurrence
of monsoon depressions and storms in the north Bay of Bengal has indeed changed from above normal
during pre-1970s to below normal during post-1970s (Rajeevan et al., 2000).
6. Decadal Changes in Monsoon Predictability
Significant modulation of the background mean flow (Section 5) and ISO activity (Section 6) on
interdecadal time scale indicates that the predictability of the Indian summer monsoon may also
undergo interdecadal variability. Foundation for this conjecture lies in the realization that the
predictability of the Indian monsoon depends on relative contribution of (or ratio between) slowly
varying external forcing and the internal low frequency (LF) variability to the ob-served IAV of the
monsoon (Charney and Shukla, 1981; Goswami, 1998; Ajaya Mohan and Goswami, 2003). The
internal LF variability of the Indian summer monsoon essentially arise from the summer monsoon ISOs
(Ajayamohan and Goswami, 2003) while the interdecadal variability of the background mean flow
would modulate the external contribution. Following AjayaMohan and Goswami (2003), estimates of
the variance associated with the external and internal components of IAV of zonal winds and relative
vorticity at 850 hPa and vertical velocity at 500 hPa during June-September were made from daily
NCEP/NCAR reanalysis and a predictability index, F is defined as the ratio between the external and
internal variances (Goswami, 2004b). In order to see the variation of the predictability index (F), a
11-year moving window is used starting from 1948 so that the first F value corresponds to 1953. The
variation of the predictability index (F) for zonal winds and relative vorticity at 850 hPa averaged over
the Indian summer monsoon region (40°E-100°E, 10°N-35°°N) is shown in Fig.11a together with the
PC1 of the interdecadal mode (Fig. 7c). The correlation between PC1 and F for relative vorticity and
zonal winds are -0.88 and -0.84 respectively. In order to contrast the variation of predictability over the
Indian monsoon region with that over the centre of ENSO activity (equatorial central and eastern
Pacific), F for relative vorticity at 850 hPa averaged over (170°E-110° W, 10°S-10°N) and F for vertical
pressure velocity at 500 hPa averaged over (170°E-110°W, 5°S-5°N) are shown in Fig. 11b together
with the PC1 of the interdecadal mode (Fig. 7). The correlation between PC1 and F for relative vorticity
and vertical velocity over the central and eastern Pacific are 0.89 and 0.82 respectively. Consistent with
findings in some earlier studies (Shukla, 1998; AjayaMohan and Goswami, 2003), the climate over the
central and eastern Pacific is highly predictable (F much larger than one) while the Indian summer
monsoon climate is only marginally predictable (F only slightly larger than one) where the contribution
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of internal LF variability is comparable in amplitude to that from the external slowly varying forcing.
The other interesting point to note from Fig.11 is the following. While the predictability over the central
and eastern Pacific is increasing almost monotonically, the value of F in recent years reaching almost
double its value during early 1950’s, the predictability of the Indian monsoon has decreased
significantly during the recent warm phase of the interdecadal ENSO compared to the pre-1970’s colder
phase. Strong correlation between PC1 of the interdecadal mode and the predictability over the central
and eastern Pacific as well as that over the Indian summer monsoon indicates that the interdecadal
variability of predictability over both the regions is strongly linked with interdecadal changes in the
background mean flow and intraseasonal activity over the two regions. The internal variability is related
to the ISO activity. Compared to the decades between 1950 and 1970, while the ISO activity during the
recent decades has decreased over the Asian monsoon region (Fig. 10), it has increased over the
equatorial central Pacific (Fig. 11c). Resulting decrease in internal variability over the Asian monsoon
region should have helped enhance the predictability over the region during the recent years. The
observed decrease in predictability of the Asian summer monsoon during the recent decades (Fig. 11a)
is essentially due to a much larger decrease in external variability in the recent decades due to
modulation of the mean circulation by the interdecadal mode (Fig. 3, Goswami 2004b).
7. Discussions and Conclusions
Epochal amplitude modulation of the Indian monsoon with approximately three decades of below
normal seasonal mean rainfall followed by approximately three decades of above normal seasonal mean
rainfall has been known for a while. Physical mechanisms responsible for this interdecadal variability
are poorly understood. Some studies (Mehta and Lau, 1997; Agnihotri et al., 2002) indicate a possibility
of forcing the quasi-60 year variability of the monsoon by solar forcing variability at the same time
scales. Temporal record of total solar irradiance (TSI) has been reconstructed since 1610 based on
parameterization of sunspot darkening and facular brightening (Lean et al., 1995). Recently, the TSI
reconstruction has been extended to 843 AD based on a quantitative estimate of common variations of
production rates of 14C and 10Be (Bard et al., 2000). While, spectral analysis of TSI derived from
sunspot numbers do show a significant peak with periodicity of 53 years (see Agnihotri et al. 2002), the
TSI data derived from 14C and 10Be show significant peaks only at periods longer than 100 years.
Therefore, existence of a significant oscillation of the solar flux at 50-60 year time scale itself needs to
be established beyond reasonable doubt. Moreover, the absolute changes in solar intensity on
interdecadal time scale is very small. Hence, the direct forcing by solar flux changes on climate in
general and Indian monsoon in particular on interdecadal time scale is not well established. Some
evidence is presented here to support an alternative hypothesis that the interdecadal variability of the
monsoon is manifestation of a global coupled ocean-atmosphere mode of variability. It is shown that the
interdecadal variability of the ENSO (amplitude modulation mode) is strongly negatively correlated
with the interdecadal variability of the Indian summer monsoon. Using long records of Indian monsoon
rainfall, global SST and SLP data, it is shown that interdecadal variability of both AIR and ENSO
(Nino3 SST) are associated with almost identical global pattern of SST and SLP. Thus, the interdecadal
variability of the Indian monsoon and that of the ENSO are likely to be parts of a global scale oscillation
on quasi-60 year time scale. Schlesinger and Ramankutty (1994) found that there exists a 65-70 year
oscillation of the global surface temperature. Using a fully coupled ocean-atmosphere model, Delworth
et al. (1993) showed ocean-atmosphere interaction can indeed give rise to a climatic oscillation with
period of approximately 50 years. These findings support our hypothesis that the quasi-60 year
oscillation of the Asian monsoon and ENSO is manifestation of a global coupled ocean-atmosphere
mode of oscillation.
The ENSO is known to have a major interdecadal transition in the mid-seventies with the period
between 1950-1977 and that between 1978 and 2002 representing two opposite phases of the
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interdecadal oscillation. Using NCEP/ NCAR reanalysis data, it is shown that a coherent three
dimensional circulation pattern is associated with the interdecadal mode of ENSO variability with a first
baroclinic mode vertical structure and a distinct three cell equatorial Walker circulation in the equatorial
region. It is also found that the anomalies of the MH and Walker circulation associated with the
interdecadal variability are comparable in magnitude to those associated with IAV of ENSO. A distinct
regional MH circulation associated with the interdecadal mode has significant persistent ascending
motion in the equatorial IO between 10°S and 10°N with upper level subsidence over the summer
monsoon region. Suppression of convection by the persistent upper level subsidence associated with the
interdecadal ENSO mode explains the negative correlation between Indian summer monsoon and
ENSO on interdecadal time scale. The three dimensional structure of the MH and Walker circulation
associated with the interdecadal mode of variability indicates that the mechanism through which ENSO
influences Indian monsoon on interannual time scale also operates on interdecadal time scale.
In an attempt to gain insight regarding the interdecadal variability of the ENSO-monsoon
relationship through examination of the three dimensional structure of the interdecadal variability,
precipitation and vertical pressure velocity from NCEP/NCAR reanalysis project have been used. This
reveal strong association between variation of precipitation and low level winds and first baroclinic
vertical structure of wind fields associated with the interdecadal mode and indicates that the
interdecadal mode of variability is strongly convectively coupled. However, as precipitation is not an
assimilated variable, the results may be influenced by physical parameterizations of the model used in
the analysis system. As a result, a certain amount of concern has been raised (Kinter et al., 2004) for use
of precipitation (and also vertical velocity as it is forced by precipitation) from NCEP/NCAR reanalysis
for study of interdecadal variability. This is a genuine concern. However, low-level horizontal winds
from NCEP/NCAR reanalysis are assimilated variables and are more reliable. The consistency between
the low level convergence and the precipitation anomalies for the interdecadal mode (Fig.6b,c) and
consistency of these interdecadal changes in the circulation fields with that of the SST indicates that the
large scale pattern of interdecadal variability of precipitation is probably still reasonable in
NCEP/NCAR reanalysis. However, it may not be useful to compare interdecadal variability of
precipitation from NCEP/NCAR reanalysis at small locations such as a station.
Intraseasonal oscillations in the tropics arise from interaction between convection and dynamics
which in turn depends on the background mean flow. It is shown that the modulation of large-scale
mean flow on interdecadal time scale is associated with modulation of intraseasonal activity in the
tropics. The cold (warm) interdecadal phase during pre-1970s (post-1970s) is shown to be associated
with decrease (increase) in ISO activity over equatorial central Pacific and IO but increase (decrease) in
ISO activity over the Indian summer monsoon region. Increase in ISO activity over central and eastern
Pacific and equatorial IO associated with warm interdecadal phase is consistent with systematically
higher SST in these regions. This is also consistent with decrease in ISO activity over the Indian
summer monsoon region as increase in convection over the equatorial IO leads to suppression of
convection and hence ISO activity over the summer monsoon region.
As the predictability of the monthly mean and seasonal mean climate in the tropics is determined by
relative contribution of external forcing (slow modulation of the mean) and internal LF oscillations
(primarily arising from ISO activity), it is also expected to be modulated by the interdecadal oscillation.
It is shown that the Indian summer monsoon predictability has gone down significantly during the warm
interdecadal phase of post-1970 s compared to the cold interdecadal phase of pre-1970s. This is in
contrast to the climate over the central Pacific where the predictability has increased significantly from
pre-1970s to post-1970s. Increase of predictability over the core ENSO region in the Pacific and
decrease of the same over the Indian monsoon region during the post 1970s is strongly correlated with
increase and decrease of ISOV in the two regions during the phase of interdecadal variability.
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Figure 1. Interannual (bar) and interdecadal (solid) variability of three Indian summer (JJAS) rainfall indices (a-c)
and summer (JJAS) SST over Nino3 (170°W-90°W, 5°S-5°N). (a) All India Rainfall (AIR), (b) Homogeneous
monsoon region rainfall (HMR), (c) West-central India Rainfall (WCR). LP filtered seasonal anomalies are
obtained by using 11-year running mean. For the rainfall time series, long-term mean seasonal rainfall (R),
interannual standard deviation (sd) and standard deviation of the LP filtered seasonal anomalies (lpsd) are shown
(in millimeter). Interannual as well as LP filtered anomalies are normalized by their own standard deviations.

Figure 2. Interdecadal variation of June-September maximum surface temperature (Tmax) and minimum surface
temperature (Tmin) over India in K (scale on left) together with that for AIR (mm, scale on right).
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Figure 3. Interdecadal variability of interannual variance of normalized AIR (solid) and JJAS Nino3 SST (dotted)
using a 15-year moving window. The correlation (R) between the two is shown.

Figure 4. (a) 21-year moving correlation between IMR and JJAS Nino3 SST, the horizontal line representing
significance at 1 percent level. (b) Lag-correlations between IMR and monthly mean SST anomalies over the
NINO3 region using data between 1871 and 1971 (open circle) and the recent period between 1980 and 2000
(filled circle).

Figure 5. Interannual (bar) and interdecadal (solid) variability of east Asian summer monsoon (May-August)
rainfall over two areas in China. (a) North-eastern China between 37.5°N-47.5°N, 112.5°E-125°E, (b) Yangtze
River Valley between 27.5°N-37.5°N, 105.5°E-115°E. LP filtered seasonal anomalies are obta by using a 11-year
running mean. The long-term mean seasonal rainfall (R), interannual standard deviation (sd) and standard
deviation of the LP filtered seasonal anomalies (lpsd) are shown (in millimeter). Interannual as well as LP filtered
anomalies are normalized by their own standard deviations.
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Figure 6. Spatial pattern of the first combined EOF (CEOF) of LP filtered fields (a) SST (K), (b) precipitation
(mmday-1) and (c) vector winds at 850hPa (ms-1). Scale for the vector winds is shown.

Figure 7. Continuation of spatial pattern of the first CEOF of LP filtered fields (a) vector winds at 200hPa (ms-1).
Scale for the vector winds is shown. (b) Velocity potential at 200hPa (106 s-1) and (c ) Time evolution of the
Pricipal Component for CEOF1 (PC1) in arbitrary unit.
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Figure 8. Monsoon Hadley (MH) and equatorial Walker circulation associated with the interdecadal mode. (top)
Latitude-height section of meridional winds (ms-1) and negative of vertical pressure velocity (Pa s-1) averaged over
70°E-110°E of warm minus cold composite of LP filtered fields at 12 vertical levels. Warm (cold) composite was
created by averaging LP filtered fields between January 1952 and December 1965 (January 1982 and December
1995). (bottom) Longitude-height section of zonal winds (ms-1) and negative of vertical pressure velocity (Pa s-1)
averaged over 10°S-10°N of warm minus cold composite of LP filtered fields at 12 levels. Unit vector in the
vertical direction is 0.01 Pa s-1 and 2 and 4m s-1 for the top and bottom panels respectively.

Figure 9. Monsoon Hadley (MH) and equatorial Walker circulation associated with the interannual ENSO mode
during northernsummer (JJAS). (top) Latitude-height section of meridional winds (ms-1) and negative of vertical
pressure velocity (Pa s-1) averaged over 70°E-110°E of El Nino minus La Nina composite of residual
(interannual) anomaly fields at 12 vertical levels. El Nino (La Nina) composite was created by averaging JJAS
anomalies for the years 1957, 1965, 1972, 1976, 1982, 1983, 1987, 1997 (1964, 1970, 1973, 1988). (bottom)
Longitude-height section of zonal winds (ms-1) and negative of vertical pressure velocity (Pa s-1) averaged over
100 S-100 N of El Nino minus La Nina composite of residual (interannual) anomaly fields at 12 vertical levels.
Unit vector in the vertical direction is 0.01 Pa s-1 and 1 and 3 ms-1 for the top and bottom panels respectively.
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Figure 10. LP filtered (11-year running mean) interannual standard deviation of ISO activity averaged over
40°E-100°E, 10°N-35°N of zonal winds at 850hPa (solid) and relative vorticity at 850hPa (dotted) together with
PC1 of the interdecadal mode (dashed) scaled down by a factor of 5.1. Unit for standard deviation of zonal winds
is ms-1 while that for relative vorticity is 10-6s-1.

Figure 11. (a) Variation of predictability index (F) of relative vorticity at 850hPa and vertical pressure velocity at
500hPa averaged over the Indian summer monsoon region (40°E-100°E, 10°N-35°N) based on a 11-year moving
window together with PC1 of the interdecadal mode. (b) Variation of predictability index (F) of relative vorticity
at 850hPa and vertical pressure velocity at 500hPa averaged over the central Pacific (160°E-160°W, 10°S-10°N)
based on an 11-year moving window together with PC1 of the interdecadal mode. (c) 11-year running mean of
ISO activity of zonal winds at 850hPa and vertical pressure velocity at 500hPa over the central Pacific
(160°E-160°W, 10°S-10°N).
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I. Mesoscale Processes in Monsoons (by Richard H. Johnson)
1. Introduction
The world’s monsoon regions exhibit a wide range of phenomena and processes that occur on the
mesoscale. Local weather conditions are influenced on all time scales by mesoscale effects. This
review will examine many of these effects, with primary attention being given to convection,
topographically forced local circulations, the diurnal cycle, jets, surface-atmosphere interactions,
coastally trapped disturbances, and mesoscale instabilities. Considering the enormous breadth
encompassed by mesoscale phenomena, it is not possible to fully treat all processes, so we will
highlight examples representative of the monsoon system.
2. Convection
A map of the six-year, TRMM global precipitation climatology is shown in Fig. 1. Some of the
world’s heaviest rainfall occurs in the regions of the Asian-Australian monsoon, the Indonesian
maritime continent, and the equatorial Americas. The largest annual totals occur in proximity to
coastlines, suggesting possible roles of sea/land breezes and topographic effects in the precipitation
mechanisms.
Knowledge of the structure and properties of convective systems in the monsoon regions of the
world, over both land and ocean, is based mostly on case studies and limited field campaigns. There is
evidence from these studies, however, to indicate that the characteristics of deep convective systems
within the various monsoon regions bear a strong resemblance to each (Houze and Betts 1981;
Johnson and Houze 1987). In particular, convection tends to organize on the mesoscale and undergo
an evolution characterized by a dominance of convective precipitation early in the life cycle followed
by an upscale growth and development of stratiform precipitation on a time scale ∼2-4 h and longer.
The net result is a mesoscale convective system or MCS, defined by Houze (1993) as a cumulonimbus
cloud system that produces a contiguous area ∼100 km or more in at least one direction.
Global climatologies of MCSs in the monsoon regions were first conducted using satellite studies
of Mesoscale Convective Complexes or MCCs (Maddox 1980). MCCs are the largest and longestlived of MCS populations. Laing and Fritsch (1997) present a map of MCC locations using satellite
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data (Fig. 2). They found that MCCs are (1) mostly continental, (2) tend to occur in gradient zones
between OLR maxima and minima [i.e., they are normally not in the most frequently raining areas],
and (3) tend to occur in the lee (relative to the prevailing mid-level flow) of elevated terrain. MCCs
are common over South America to the lee of the Andes, West Africa, India, Bangladesh, China, and
northern Australia. These findings have recently been confirmed and extended by Tropical Rainfall
Measuring Mission (TRMM) microwave measurements (Nesbitt et al. 2000).

Figure 1. Six-year TRMM merged precipitation annual climatology.

Figure 2. MCC locations based on 1980s satellite data for JJA in the northern hemisphere and DJF in the
southern hemisphere. Outgoing longwave radiation (OLR) values are shaded. From Laing and Fritsch (1997).

The structure and dynamics of MCSs have been the subject of intensive study for the past thirty
years (Houze 1993). A recent investigation of the evolution of nearly 100 MCSs over the central
United States has revealed new characteristics of such systems (Parker and Johnson 2000). Three
main patterns of MCS organization have been identified (Fig. 3). The three modes are convective
lines with trailing (TS), leading (LS), and parallel (PS) stratiform precipitation. TS systems were the
most common, accounting for ∼60% of the cases, with the LS and PS each accounting for about 20%.
TS systems have received considerable attention (e.g., Houze et al. 1990), but the occurrence of LS
and PS systems is not insignificant, and there is evidence they are important in monsoon regions.
Wang (2004) recently found LS organization of MCSs to be commonplace over the northern South
China Sea during the 1998 South China Sea Monsoon Experiment (SCSMEX).
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Figure 3. Three modes of organization of MCSs in the central United States: trailing, leading, and parallel
stratiform precipitation systems (Parker and Johnson 2000).

TS systems normally propagate rapidly (∼10-15 m s-1) and, as such, produce brief, heavy rainfall
but rarely flash floods. LS and PS systems, on the other hand, move more slowly and are often
implicated in flash floods as a result of slow-moving, “training”, and/or back-building cells.
The heavy precipitation areas within the Meiyu (China), Baiu (Japan), and Changma (Korea)
frontal zones during the summer monsoon are comprised of MCSs (e.g., Ninomiya et al. 1988a,b), as
are Indian Monsoon disturbances (Laing and Fritsch 1993a), African easterly waves (Laing and
Fritsch 1993b; Hodges and Thorncroft 1997), and precipitation areas within the North and South
American monsoons (Velasco and Fritsch 1987; Farfán and Zehnder 1994). Case studies of such
systems have been reported in the literature, but there have yet to be climatological studies of the
radar-inferred precipitation structures.

Figure 4. Idealized mature stage of MCS illustrating convective and stratiform precipitation areas along with
associated heating profiles (Johnson 1986).

The convective and stratiform regions of MCS exhibit contrasting heating profiles, as shown in
Fig. 4. The sharp increase with height of the heating and midlevels in the stratiform region produces a
positive potential vorticity (PV) anomaly in the midtroposphere, leading to the generation of a
midlevel mesoscale convective vortex (MCV; e. g., Raymond and Jiang 1991). MCVs appear to be
common over China in the Yangtze Valley during the Meiyu season, potentially contributing to longlived precipitation systems, heavy rainfall, and flash floods (e.g., Akiyama 1984a,b). Recently, Wang
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et al. (2004) have studied the propagation of convective systems across mainland China using GMS
infrared brightness data. They found an eastward propagation in late spring strongly linked to the
diurnal cycle, similar to the findings of Carbone et al. (2002) who used the United States operational
radar network to document eastward propagation of convection from the Rocky Mountains.
As illustrated in Fig. 4, MCSs consist of convective and stratiform components, which vary over
the MCS life cycle. A climatology of the relative contributions of convective and stratiform
precipitation to total rainfall has been carried out by Schumacher and Houze (2003) using the TRMM
precipitation radar. Their results (Fig. 5) show a wide variation in the stratiform rain fraction over the
globe, with greatest amounts (50-60%) over the central and western Pacific and Indian Ocean. Low
stratiform rain fractions (20-30%) are observed over Africa, parts of the maritime continent, and the
Caribbean. This variability is not fully understood, but is likely related to the differing instability and
wind shear in the different locations.
In addition to regional differences in convection, significant temporal variability has been
observed within the monsoon. For example, during the active periods of the Australian summer
monsoon at Darwin, convection is weaker and exhibits maritime characteristics, whereas during the
break periods, convection is deeper, more vigorous, and has continental characteristics (Rutledge et
al. 1992). Similar variations in the structure of convection (maritime vs. continental) have been
observed as a function of wind regimes (westerly vs. easterly) over Amazonia, implying intraseasonal
variability in latent heating profiles during the South American summer monsoon (Petersen et al.
2002).

Figure 5. TRMM PR (a) total rain, (b) convective rain, (c) stratiform rain, and (d) stratiform rain fraction based
on 2.5° grid averages for 1998-2000 (Schumacher and Houze 2003).

3. Topographically Forced Local Circulations
Throughout the world’s monsoon regions, topography has a significant impact on local weather
and precipitation (Riehl 1954; Ramage 1971; Ding 1994). In Fig. 1, the heavy rainfall at the foot of
the Himalayas and adjacent to mountainous coastal regions is linked to topographic effects. Recently,
Chang et al. (2004) studied the relationship of rainfall to monsoon flow and topography over
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Indochina and the maritime continent using TRMM PR and QuikSCAT data. A map of topography
over this region along with DJF and JJA QuikSCAT winds is shown in Fig. 6. Over most of the region
there is a marked seasonal reversal of the flow. During boreal winter there is onshore flow toward
coastal mountain ranges in Viet Nam, Malaysia and along the east side of the Philippines. This
onshore flow contributes to boreal winter monsoon rainfall maxima in these regions, as seen in Fig. 7.
This figure shows DJF minus JJA TRMM PR rainfall and QuikSCAT winds. Positive (negative)
anomalies indicate maximum precipitation in boreal winter (summer). The positive anomalies along
the east coasts of Viet Nam, Malaysia, and the Philippines indicate the maximum rainfall there in
boreal winter. On the other hand, the negative anomalies off the west coasts of Myanmar, Cambodia,
and the Philippines indicate maximum rainfall there during boreal summer in association with
southwesterly monsoon flow (the reverse of that shown in Fig. 7). These results emphasize the
important role of topography on precipitation distributions in the Asian monsoon region.
Although it is not obvious from Figs. 1 or 7, much of the heavy coastal rainfall occurs just
offshore rather than over the windward slopes of the coastal ranges. This behavior has been noted and
studied for the heavy rain along the coast of western India upstream of the Western Ghats by
Grossman and Durran (1984), Smith (1985), and Ogura and Yoshizaki (1988). The modeling study of
Ogura and Yoshizaki suggests that the positioning of the heaviest rainfall just offshore is dependent
on the strong vertical wind shear (low-level westerlies and upper-level easterlies) and strong surface
fluxes over the ocean. Similar flow reversals occur during the boreal summer monsoon off Myanmar
and the west coast of the Philippines, possibly helping to explain the similar behavior in those regions.
Other possible factors for the offshore precipitation are upstream blocking of the low-level flow, landbreeze effects, and coastal frictional convergence.

Figure 6. Mean QuikSCAT wind for DJF (black) and JJA (red), and topography (m), from Chang et al. (2004).

There are a multitude of other mesoscale topographic effects in the monsoon regions of the world
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affecting local precipitation patterns. For example, flow blocking by Taiwan during the summer
monsoon often leads to a low-level jet through the Taiwan Straits northwest of the island and lee
vortices downstream, both of which can affect precipitation patterns around Taiwan (e.g., Chen and
Yu 1988; Wang and Chen 2002). Watanabe and Ogura (1987) found that flow deflection by a
mountain range contributed to extreme rainfall within the Baiu front in a 23 July 1983 storm along the
west coast of Japan. A map showing the global distribution of low-level jets is presented in Fig. 8
(Stensrud 1996). Within the tropical monsoon regions, low-level jets are observed over South
America, the Indian Ocean/Arabian Sea (the Somali jet), the Bay of Bengal, the South China Sea, and
Australia. Topography plays an important role in a number of these jets, e.g., the South American
low-level jet occurs downstream of the Andes, the Somali jet is influenced by the east African
mountains (Krishnamurti et al. 1976), etc. Many of the areas of significant MCC activity are
colocated with low-level jets, indicating the important role these jets play in transporting abundant
moisture into the convection thereby promoting large, long-lived systems (Maddox 1983; Laing and
Fritsch 2000). The South American Low-Level Jet (SALLJ; e.g., Nogues-Paegle and Mo 1997)
supplies warm, moist tropical air that fuels convection and precipitation in the subtropical plains of
South America (Saulo et al. 2000). The strength of the SALLJ appears to be modulated by ENSO
(Nieto Ferreira et al. 2003), with stronger jets and convection observed in El Niño years.

Figure 7. Differences of TRMM PR rainfall and QuikSCAT winds between boreal winter and boreal summer
(DJF minus JJA). Warm (cool) colors indicate more rainfall in boreal summer (winter). From Chang et al.
(2004).

A particularly complex topographic effect reported by Xie et al. (2003) concerns the impact of the
Annam Cordillera (the north-south mountain range on the east coast of Indochina shown in Fig. 6) on
the flow over the South China Sea. During the summer months the southwesterly monsoon flow
impinging on the Annam Cordillera creates a strong low-level jet off the South Viet Nam coast (Fig.
9). This jet leads to coastal upwelling of cool water, which in enhanced by Ekmean upwelling due to
the cyclonic curl of the wind stress on the north side of the jet. Figure 9 shows the coolest water
displaced just north of the jet axis.
The development of this cold filament in midsummer disrupts the summer warming of the South
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China Sea and causes a pronounced semiannual cycle in the SST. There is considerable interannual
variability in this cold filament – for example, it did not develop during the 1998 SCSMEX year.

Figure 8. Regions where low-level jets are known or suspected to occur with some regularity (shaded) and
where mesoscale convective complexes are know to occur frequently during the summer (open boxes). Squares
denote locations where low-level jets have been observed. From Stensrud (1996).

.
Figure 9. AVHRR 1985-1999 SST climatology (color shade in °C), along with QuikSCAT wind vectors and
stress magnitude (contours in 10-2 N m-2). From Xie et al. (2003).

4. Diurnal Cycle
The diurnal cycle of the flow and precipitation is a dominant feature of the monsoons. On the
large scale the Tibetan Plateau generates significant diurnally varying circulations, vertical motion,
and diabatic heating features (Luo and Yanai 1983; Nitta 1983; Krishnamurti and Kishtawal 2000).
On the mesoscale there are local land and sea breezes, mountain/valley circulations, and surface
heterogeneities that influence precipitation patterns over the monsoon regions of the world.
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During the 1978 Winter Monsoon Experiment (WMONEX), the diurnal cycle of convection off
the north coast of Borneo was studied using radar and sounding data. Houze et al. (1981) documented
the development of nocturnal MCSs off Borneo, arguing they were a result of low-level convergence
of the nighttime land breeze with the northeast monsoon flow (Fig. 10). The MCSs typically began as
a group of convective cells near the coastline and later expanded to a several hundred km scale
dimension with both convective and stratiform components, later dissipating after sunrise as the sea
breeze developed.

Figure 10. Schematic of the development of diurnally generated precipitation feature off the coast of Borneo
(Houze et al. 1981).

In a study of convection over Taiwan during the Taiwan Mesoscale Experiment (TAMEX),
Johnson and Bresch (1991) suggested that the land breeze flow at night was augmented by
evaporation of the previous evening’s precipitation over the interior elevated terrain. Mapes et al.
(2003) proposed that the land breeze by itself was inadequate to account for nocturnal convection that
regularly occurs offshore Columbia in the Panama Bight. He argued that thermally forced gravity
waves (produced by elevated terrain and propagating at about 15 m s-1) are an essential part of the
process, and that they produce a warm anomaly offshore during the daytime, thereby capping
convection, while a cooling is produced at night, thus allowing convection to develop. This process is
illustrated in Fig. 11.
To what extent land breezes, gravity waves, or other mechanisms play a role in the prominent
occurrence of nocturnal coastal convection (e.g., Garreaud and Wallace 1997) is not clear. During the
2004 North American Monsoon Experiment (NAME), a coastal radar and wind profiler documented
the development of late-night, early-morning convection just offshore near Mazatlan, Mexico clearly
in response to land-breeze convergence, similar to the mechanism proposed by Houze et al. (1981) for
Borneo.
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Figure 11. Illustration of the propagation of a thermally forced gravity wave by heating over elevated terrain and
the initiation of offshore nocturnal convection (Mapes et al. 2003).

Understanding the diurnal cycle of convection in coastal environments is important because so
much precipitation occurs there and global models do not properly represent the diurnal cycle of
convection (e.g., Yang and Slingo 2001). In the region of the Asian monsoon, satellite data indicate
southward propagation of precipitation systems from India over the Bay of Bengal. This propagation
is evident in a time-latitude diagram (Fig. 12) of brightness temperatures over the Bay of Bengal
(Webster et al. 2002). Precipitation systems (inferred from the cold cloud tops) can be seen
propagating all the way from the India coast near 20°N to the equator at times. Radar data from the
R/V Ron Brown in the Bay of Bengal indicate that the convection associated with the diurnal signal
has characteristics of squall line systems described in Section 2.

Figure 12. Time-latitude diagram of brightness temperatures (scale at bottom) from the European Space Agency
METEOSAT-5 from 85 to 90°E for June 1999. From Webster et al. (2002).
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Propagation tied to the diurnal cycle is also present over land in monsoon regions. Wang et al.
(2004) documented a diurnal cycle of convection over the eastern Tibetan Plateau, peaking in the late
afternoon or early evening then propagating eastward. Kousky (1980) and Molion (1987) presented
sequences of satellite images illustrating the afternoon coastal genesis and subsequent inland
propagation of squall lines in the Amazon Basin. Squall lines over West Africa propagate westward
over great distances in association with African easterly waves (see review by Houze and Betts 1981),
and a maximum in convective cloud coverage has been found to occur near or shortly after midnight
over West Africa (McGarry and Reed 1978).
5. Jets
As mentioned earlier, the topography of the monsoon regions often contributes to flow deflection
or blocking and low-level jets. The low-level jet through the Taiwan Straits is one example. Low-level
jets can also develop in response to boundary layer nocturnal cooling and an associated inertial
oscillation, as observed in the African monsoon region (Blackadar 1957) and elsewhere.
Other mechanisms that can contribute to the formation of low-level jets are the diurnal heating
cycle over sloping terrain (producing a diurnal oscillation in the low-level thermal wind), flow
blocking by terrain, shallow baroclinic zones due to surface contrasts, and isallobaric forcing in
connection with upper-level jet streaks (see review by Stensrud 1996 for a detailed discussion of these
mechanisms).
To illustrate the low-level jet (LLJ), consider the findings from SCSMEX shown below. The
mean meridional wind component over the northern South China Sea at 22°N (Fig. 13) indicates
peaks near 850 hPa at 02 and 08 L.

IOP-Mean V at 22°N

22°N

LLJ

Figure 13. (Left panel) SCSMEX sounding arrays. Meridional wind is computed along line at 22°N. (Right
panel) Meridional wind profiles at 02, 08, 14, and 20 L for period 5 May – 6 June.

The nocturnal wind maxima are indicative of an inertial oscillation. That such an oscillation is
indeed occurring is evident from Fig. 14. A clockwise turning of the wind can be seen with maximum
amplitudes at both Hong Kong and Dongsha Island at 08 L. The amplitude of the ageostrophic wind
oscillation (∼ 1 m s-1), is considerably less than the ∼5 m s-1 found over the summertime central
United States (Whiteman et al. 1997), but is not insignificant. Over the United States the nocturnal
LLJ has been linked with a nocturnal precipitation maximum in the Great Plains associated with
eastward propagation of convective systems (e.g., Wallace 1975; Carbone et al. 2002). Similar lowlevel jets and nocturnal precipitation maxima have been found over South America by Virji (1981)
and Velasco and Fritsch (1987); over southern China and Taiwan by Chen and Yu (1988) and Chen
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and Li (1995); and over Australia by Allen (1981).
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Figure 14. Diurnal wind oscillations at Hong Kong and Dongsha Island during SCSMEX.
COASTAL CONVECTION
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Figure 15. Schematic depiction of the diurnal cycle of convection over the northern South China Sea.

There appears to be a linkage between the LLJ and precipitation along the south coast of China,
although the precise mechanisms are unclear (Fig. 15). In the afternoon, the sea breeze produces an
afternoon maximum of convection over land. The 850-hPa LLJ is weakest at this time. In the
earlymorning, observations show a precipitation maximum along the coast just offshore, which may
be related to the land breeze, the gravity-wave mechanism of Mapes et al. (2003), or a combination of
both. The 850-hPa LLJ is strongest at this time and it may help to enhance the development of
convection along the coast. Once developed, the coastal convection propagates southward away from
the shore, as shown in Fig. 16, similar to propagation over the Bay of Bengal seen in Fig. 12. The
monsoon onset over the northern South China Sea (near 20°N) occurred around mid-May and is
characterized by a regular signal of southward propagation of convection (low values of IR brightness
temperature) at an approximate speed of 15 m s-1 (Fig. 16). In late-May the convection shifts
southward to the central South China Sea with a diurnal propagating signal still present, indicating
that the diurnal pattern is independent of coastal effects. Then in June the convection shifts back again
to China, and diurnal propagation persists. Work is under way using SCSMEX radar data to
understand the structure and properties of these propagating convective systems.
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Figure 16. Time-latitude plot of IR brightness temperatures averaged over the South China Sea between 110 and
120°E for 1 May to 30 June 1998.

In addition to low-level jets, meso-to-synoptic scale processes associated with upper-level jets
occur in monsoon regions. Keenan and Brody (1988) found that banded cloud structures in the
Australian Summer Monsoon are associated with secondary circulations in the equatorial entrance
region of a subtropical 200-hPa trough. Chang and Lau (1980, 1982) found linkages between the
transverse circulations associated with the East Asian jet streak and the strength of the local Hadley
circulation and northern winter monsoon. Chang and Lum (1985) found that tropical convective
activity during the northern winter monsoon can influence the strength of the midlatitude jet. This
coupling can often take the form of “tropical plumes” (McGuirk et al. 1988), which can amplify and
spread poleward as a result of convectively generated inertial instability (Mecikalski and Tripoli
1998). Blanchard et al. (1998) have identified inertial instability, often occurring on the anticyclonic
side of jet streaks, as a mechanism for the upscale development of MCSs.
6. Surface-Atmosphere Interactions
Throughout the monsoon regions of the world surface exchanges represent important components
of both the forcing of and response to the monsoon system (Ding 1994). For example, studies have
shown that strong surface sensible heat flux over the Tibetan Plateau during the spring helps set the
stage for the onset of the Asian summer monsoon by heating the upper troposphere, thereby
contributing to an eventual reversal in the north-south temperature gradient (e.g., Flohn 1968; Luo and
Yanai 1984; Li and Yanai 1996). After the summer rains begin, diabatic heating contributes further to
this reversal and the overall energetics of the monsoon circulation.
Vigorous air-sea exchanges over the Arabian Sea and Indian Ocean have significant effects on the
rainfall distribution over India as well as on the upper ocean. A prominent feature of the Indian
summer monsoon is the abrupt cooling of the Arabian Sea following the onset of strong southwesterly
flow in June. This phenomenon can be seen in Fig. 17, a time series of surface mooring data from the
west-central portion of the Arabian Sea (Rudnick et al. 1997).
The sudden onset of strong southwesterlies around June 1 is accompanied by a sharp drop in the
SST and air temperature. The SST-air temperature difference decreases to near zero after onset and
there is a period of negative downward heat fluxes, primarily due to latent heat losses from the strong
winds. The strong low-level jet over the Arabian Sea leads to a pattern of coastal upwelling (north of
the jet axis) and downwelling (south of the jet axis) wind an overall southward Ekman transport (Fig.
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18). This upwelling contributes to the Arabian Sea cooling, and it also brings nutrient-rich water to
the surface, supporting increased productivity in the upper ocean.

Figure 17. Daily averages of wind speed and direction (direction toward which wind is blowing), sea surface
and air temperatures, and net downward heat flux as measured on the northern SIO mooring (Rudnick et al.
1997).

Figure 18. Schematic cross section of the upper ocean dynamical response to the strong southwesterlies of the
Indian summer monsoon (Honjo and Weller 1997).

During the Asian winter monsoon, cold air often streams off the east coast of Asia, leading to
strong sensible heat fluxes over the bordering oceans. The boundary layer over the East China Sea
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during cold-air outbreaks was sampled during the 1975 Air Mass Transformation Experiment
(AMTEX). A visible satellite image of the cloud fields associated with a cold air outbreak over the
East China Sea is shown in Fig. 19. Narrow cloud lines are seen to expand in scale to closed cellular
patterns downstream. Surface sensible heat fluxes in these cold air outbreaks can reach 1200 W m-2
(Agee 1984), thus having a dramatic impact on the downstream circulation.

Figure 19. Aqua satellite image of cloud lines, closed cells, and vortex streets over the East China Sea on 15
January 2003 during a cold air outbreak.

Figure 20. Jan-Mar SST climatology (contours in °C) over the Yellow and East China Seas, along with (a)
bottom depth (m), (b) velocity (vectors in m s-1) and divergence (color in 10-6 s-1) of QuikSCAT wind, and (c)
TMI cloud liquid water (10-2 mm). The QuikSCAT and TMI climatologies are Jan-Mar averages for 2000-02.
From Xie (2004).

There are a number of complex mesoscale processes involving air-sea interactions during the
monsoons. A remarkable example occurs over the East China Sea during winter (Fig. 20, from Xie
2004).
As cold air streams off China in the winter, it cools the upper ocean. Shallower water cools more
than deep water, so the SST field closely matches the bathymetry (Fig. 20a). The SST field in turn
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influences the surface wind field. Warmer water enhances the vertical mixing, so stronger surface
winds are observed over warmer waters, and a pattern of surface divergence and convergence is
established (Fig. 20b). Over the offshore area of convergence there is increased cloudiness, as
indicated by the TRMM Microwave Imager (TMI) cloud liquid water shown in Fig. 20c.
Cold surges off the Asian continent were also studied during the 1978 Winter Monsoon
Experiment (WMONEX). In addition to the large-scale impacts of cold surges (Lau and Chang 1987),
there are regional impacts over the South China Sea and its surroundings. A plot of the temperature
and streamlines at 900 hPa during the cold surge of 11 December 1978 is shown in Fig. 21 (Johnson
and Zimmerman 1986). The data, obtained from aircraft dropsonde measurements, show a strong
gradient in the 900-hPa temperature and strong cold advection over the northern South China Sea. In
the 24-h period ending at 1200 UTC on 11 December, northeasterly winds accelerated over the entire
span of the South China Sea and a cooling of up to 8°C occurred near the south coast of China.

Figure 21. Streamlines and isotherms (°C) at 900 hPa at 1200 UTC on 11 December. Asterisk indicates winds at
850 hPa. Observations over water (other than from island stations) are based on aircraft dropwindsonde (WP-3D
and Electra) and flight level (Hong Kong Islander) data (Johnson and Zimmerman 1986).

7. Coastally Trapped Disturbances
The (northward) southward movement of cold air to the west (east) of mountain barriers in the
Northern Hemisphere contributes to sudden changes in local weather conditions in monsoon regions.
These disturbances often exhibit characteristics of coastally trapped gravity waves, Kelvin waves, or
Rossby waves (Skamarock et al. 1999), and their dynamics is still a subject of investigation. Douglas
and Leal (2003) have used sounding data from the west coast of Mexico to demonstrate that Gulf of
California surges during the Southwest Monsoon have characteristics of gravity currents (coincident
sharp wind shift, temperature drop, and pressure rise in the lowest km). Cold fronts moving southward
past Taiwan also exhibit properties of coastally trapped disturbances, with rapid propagation on the
east side of the mountainous island, as illustrated in Fig. 22 (Chen et al. 2002). This rapid southward
propagation along the east side of the barrier can be explained in terms of the shallow water
equations. For a north-south barrier, the meridional component of the wind is given
by − fv = − g ∂h / ∂x , where h is the free surface height. As the easterly geostrophic flow piles up
cool air along the east coast of Taiwan, ∂h / ∂x becomes negative, yielding v < 0 or a northerly
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flow. Similar effects are seen along the east coast of China during the winter monsoon as cold fronts
surge southward just along the coastline. Cold fronts passing Taiwan also display gravity current
characteristics on the west side of the island, which impacts the properties of frontal convection there
(Trier et al. 1990). Farther to the south as the cold surges move equatorward, their gravity-current
characteristics diminish and their propagation is explained more by gravity-wave dynamics (Chang et
al. 1983).

Figure 22. Locations of cold front at hourly intervals on 7-8 January 1996 (Chen et al. 2002).

8. Mesoscale Instabilities
Numerous mesoscale instabilities exist throughout the monsoon regions, many of which influence
cloud and precipitation patterns. In the boundary layer, shear-modified Rayleigh instability,
inflection-point instability, and Ekman layer instability may help explain the cloud streets and closed
cell patterns seen in Fig. 19. Kelvin-Helmholtz (vertical shear) instability is prevalent in many regions
and accounts for closely spaced (∼10 km) banded structures in precipitation systems in sheared
environments. Larger-scale banded structures in Meiyu or Baiu precipitation systems which have
some baroclinicity may be associated with conditional symmetric instability (Bennetts and Hoskins
1979) or slantwise convection (Emanuel 1983). Inertial instability has been attributed by Toyoda et al.
(1999) to explaining a series of anticyclonic vortices in a cloud band over Japan, where the instability
is envisaged as arising from the vertical transport of momentum within deep convection. Cho and
Chen (1995) have presented a theory for Meiyu frontogenesis that invokes Conditional Instability of
the Second Kind (CISK), arguing that in contrast to the traditional Ekman layer CISK theory,
boundary layer convergence is partly induced by friction and partly by latent heat release in deep
convection.
9. Summary and Recommendations for Future Research
This review has examined mesoscale processes that influence weather in the monsoon regions of
the world. Phenomena considered here are convection, topographically forced local circulations, the
diurnal cycle, jets, surface-atmosphere interactions, coastally trapped disturbances, and mesoscale
instabilities. Examples of these processes are highlighted. Despite progress in understanding the
mechanisms of monsoon mesoscale phenomena, there remain a number of outstanding problems
warranting further research, some of which are listed below:
• What determines the organization and propagation characteristics of mesoscale convective
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•
•
•
•
•
•
•
•

systems?
What are the organizational patterns and life-cycle characteristics of convective storms that
produce flash floods?
What roles do mesoscale convective vortices play in prolonged heavy rainfall in the Meiyu/Baiu
frontal zone?
What are the mechanisms by which the low-level and upper-level jets modify convective rainfall?
How does convection interact with synoptic-scale disturbances (e.g., African easterly waves,
monsoon depressions, etc.) to modify their development?
What are the mechanisms for upstream development of convection along coastlines in monsoon
regions?
What processes account for the diurnal evolution and propagation of convection over oceans?
What are the dynamics of coastally trapped disturbances in monsoon regions (e.g., Gulf of
California surges during the summer monsoon, fronts during the winter monsoon, etc.)?
How does the environmental flow affect the structure and organization of convective systems and
their associated latent heating profiles?
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II. Synoptic Processes in Monsoons (by Ding Yihui)
1. Processes Relating to Monsoon Onset
The onset of the Asian summer monsoon is a key indicator characterizing the abrupt transition
from the dry season to the rainy season and subsequent seasonal march. Numerous investigators have
studied this problem from the regional perspectives. It is to some extent difficult to obtain a unified
and consistent picture of the climatological onset dates of the Asian summer monsoon in different
regions due to differences in data, monsoon indices and definitions of monsoon onset used in these
investigations. Recently, Wang and Lin (2002) have identified two phases in the evolution process of
the Asian summer monsoon. The first phase or the onset phase begins with the rainfall surges over the
South China Sea in mid-May, which establishes a planetary-scale monsoon rainband extending from
the South Asian marginal seas (the Arabian Sea, the Bay of Bengal, and the SCS) to the subtropical
western North Pacific (WNP). The second phase of the Asian monsoon onset is characterized by the
synchronized initiation of the Indian rainy season and the Meyu/Baiu in early to mid-June. The peak
rainy seasons tend to occur primarily in three stepwise phases, in late June over the Meiyu/Baiu
regions, the northern Bay of Bengal and the vicinity of the Philippines; in late July over India and
northern China; and in mid-August over the tropical WNP (10°-22°N, 120°-160°E). The rainy season
retreats southward in East Asia during late August and early September while the Indian summer
monsoon and the WNPSM withdraws southward after mid-September. Ding (2004) has summarised
the climatological dates of the onset of the Asian summer monsoon in different tropical regions based
on various sources, with dividing the whole onset process into four stages: (1) Stage 1 (late in April or
early in May): the earliest onset is often observed in the central Indochina Peninsula late in April and
early in May, but in some cases, the onset may first begin in the southern part or the western part of
the Indochina Peninsula. (2) Stage 2 (from mid to late May): this stage is characterized by the areal
extending of the summer monsoon, advancing northward up to the Bay of Bengal and eastward down
to the SCS. (3) Stage 3 (from the first dekad to second dekad of June): this stage is well known for the
onset of the Indian summer monsoon and the arrival of the East Asian rainy season such as the Meiyu
over the Yangtze River Basin and the Baiu season in Japan. (4) Stage 4 (the first or second dekad of
July): the summer monsoon at this stage can advance up to North China, the Korean Peninsula (socalled Changma rainy season) and even North Japan.
Figure 23 presents an illustrative description of this onset process (Zhang et al., 2004). During the
first pentad of May (Figure 23(a)), the summer monsoon is established only over Sumatra. In the next
two pentads (Figures 23(b)(c)), the tropical monsoon advances up to the land bridge, first establishing
itself over the southwestern Indochina Peninsula and then expanding to the entire southern peninsula.
During the pentad of May 16-20 (Figure 23(d)), the build-up of the summer monsoon is observed over
the central Indochina Peninsula. At the same time, the onset location extends into the central and
southern SCS, accompanied by a rainfall rate of ＞5 mm day-1 over the entire SCS. In the next pentad,
onset expands quickly and almost covers the entire SCS (Figure 23(f)). On the other hand, the Asian
summer monsoon also advances northwestward to the Indian monsoon region from the nearequatorial East Indian Ocean and the Indochina Peninsula starting from mid-May (Figure 23(d)).
Earliest onset of the Asian summer monsoon in this region may be observed over the southern tip of
the Indian subcontinent. In early June (Figures 23(g) (f)), the Asian summer monsoon rapidly
advances northwestward, arriving in the central Indian subcontinent. Meanwhile, the onset over the
Arabian Sea and the western coast of the Indian subcontinents is observed, due mainly to the
enhancement of the cross-equatorial airflow off the Somali coast and the development of the onset
vortex in the central and northern Arabian Sea (Krishnmaurti et al., 1981; Ding, 1981). This date is
generally believed to be normal onset dates for the Indian summer monsoon. So, the onset of the Eastand Southeast Asian summer monsoon and the South Asian summer monsoon is closely interrelated
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in the context of the seasonal march of the Asian summer monsoon. However, the earliest onset of the
Asian summer monsoon occurs over the Indochina Peninsula and the SCS.

Figure 23. Climatological pentad-averaged precipitation rates (mm day-1) for the period from May1-5(a) to June
6-11(h) in sequence. Light and dark shadings indicate precipitation regions greater than 5mm day-1 and 10mm
day-1, respectively. The black dots represent the location of onset of the summer monsoon (Zhang et al., 2004).

Similar to the onset vortex over the Arabian Sea, a twin cyclone is often observed to develop in
the near-equatorial East Indian Ocean (near Sri Lanka) prior to the onset of the summer monsoon over
Indochina Peninsula and the South China Sea. The equatorial westerlies are accelerated and extend
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northeastward into the Indochina Peninsula and the northern SCS, thus greatly enhancing the lowlevel westerlies there. Therefore, a pre-condition of the first onset of the Indochina Peninsula and SCS
summers monsoon is the development of a twin cyclone over equatorial East Indian Ocean. The
climatological and case study both have shown that this pre-condition generally exists (Lau et al.,
1998, 2000; Zhang et al., 2001). For 13 cases of the first monsoon onset of the northern SCS out of 47
years from 1953 to 1999, the twin cyclones over the equatorial East Indian Ocean were always
observed, although their developmental processes may have some differences. Figure 24 is the
composite 850 hPa wind field for 13 cases of the first onset of the northern SCS summer monsoon,
showing the existence of the twin cyclone (C1 and C2) straddling the equator over the tropical East
Indian Ocean and significant acceleration of equatorial westerlies in this region, which can extend
northeastward up to the northern SCS.

C1

C2

Figure 24. The composite 850 hPa streamline pattern averaged for 13 cases for one pentad before the onset of
the summer monsoon over the northern SCS (a) and during the onset of the summer monsoon over the northern
SCS (b). 13 cases used for average include the following years: 1957, 1968, 1969, 1972, 1973, 1981, 1982,
1983, 1984, 1992, 1993, 1997 and 1998 (Zhang et al., 2001).

Another pre-condition for the first summer onset of Indochina Peninsula and the South China Sea
(especially northern SCS) is the southward intrusion of strong cold air accompanied by an obvious
cold front (Chang and Chen, 1995). As pointed out by Chan et al. (2000), and Ding and Liu (2001),
this process from mid-latitudes may be a triggering mechanism for the monsoon onset in the northern
SCS, especially for rapid amplification of regional precipitation and convection in these regions. This
condition is different from that of the Indian summer monsoon whose onset is basically forced by
tropical impacts. Recently, Liu et al. (2002) suggest that the southward intrusion of midlatitide frontal
systems is related to the downstream propagation of the Rossby wave excited by convective activity
in Bay of Bengal.
One important indicator characterizing the onset of the Indochina Peninsula and the SCS is the of
precipitation and convection. Based on observations made by the dual-Doppler radars deployed in the
northern SCS by the South China Sea (SCSMEX), the organized convections in the monsoon trough
were very vigorous after the onset, which often organized into meso-scale rainbands or meso-scale
convective systems (MCSs). These MCSs are closely related to the synoptic processes and systems
(Figure 25) (Ding, Li and Liu, 2004). In particular, the establishment of the low level monsoon trough
and associated wind shear line during the monsoon onset provides the favorable synoptic and dynamic
condition for formation and maintenance of MCSs. The latter will in turn create a significant feedback
effect on large-scale circulation and synoptic system in which are embedded the MCSs, through
vertical heat and moisture transport and release of latent heat. Johnson and Ciesielski (2001) have
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recently studied the characteristics of the onset of the summer monsoon over the northern SCS
utilizing observation from the May – June 1998 SCSMEX. They have shown that the onset occurred
in the northern SCS in mid-May with a rapid increase in deep convection over a week to ten-day
period, thus producing the significant vertical transports of heat and moisture. During the undisturbed
pre-onset period (May 6-12) (Figure 26), there is upper-level convergence, low-level divergence and
deep subsidence, consistent with the mostly clear skies and high values of OLR. Q1 (the apparent heat
source) is negative at all levels with values in excess of -2.5K day-1 in the upper troposphere. The
profiles of divergence and vertical motion during the onset (May 16-22) and post-onset periods (June
3-9) are dramatically different from the pre-onset period. Low-level convergence, upper-level
divergence and strong upward motion occur during both periods. Deep convergence extends to 300500 hPa, Q1 and Q2 (the apparent moisture sink) profiles are characteristic of deep convection during
these periods, with a peak heating rate of 5 K day-1 located at about 400 hPa and a considerable
separation of the two curves, suggesting more vigorous deep convection at that time. Thus, the intense
heating can led to the surface pressure in the monsoon trough further to fall down and tropical lowlevel southwesterlies to monsoon trough was enhanced. This positive feedback process is also
favorable for eastward retreat of the subtropical high out of the SCS region.

(a)

(b)
Figure 25. (a) Retrieved precipitation per ten minute from dual-Doppler Radar during May15-19 in 1998, which
was mainly resulted from meso-scale convective systems (MCS) (unit:mm hr-1); （b）850 hPa wind field sealevel pressure (unit: hPa) and TBB (unit: °C ) during May15-19 in 1998. Dashed box : the region investigated in
the northern SCS, bold black line: monsoon trough. (Ding, Li and Liu, 2004)
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The onset of the monsoon is the most anxiously awaited weather singularity in the sub-continent
as it heralds the rainy season and marks the end of the hot summer (Ding and Sikka, 2004). Over
continental India, the drama of the onset of the South Asian summer begins first across Kerala coast,
normally by 31 May (Ananthakrishnan and Soman,1988) when heavy rains lash the coastal state after
the cross equatorial low level jet (LLJ) is established across the Somali coast into near-equatorial
Arabian Sea. This phenomenon is usually accompanied by the formation of a mid-troposphere shear
zone across central Bay of Bengal to SE Arabian Sea in which may be embedded a cyclonic vortex.
The vortex may even intensify into a cyclonic storm either in the Bay of Bengal or SE Arabian Sea.
The cyclonic storm forming in the SE Arabian Sea is known as the Monsoon Onset Vortex
(Krishnamurti et al., 1981) after the event which occurred on 11 June 1979 during the Summer
MONEX year.

Figure 26. Vertical profiles of divergence (δ), vertical motion (ω), Q1, Q2 and total flux F for the undisturbed
pre-onset period (top panel), the onset convective period (middle panel), and the post-onset convective period
(bottom panel) (Johnson and Ciesielski, 2002).

The vortex is formed to the north of the LLJ, in the zone of maximum cyclonic shear in the lower
tropospheric zonal winds. In association with the northward movement of the vortex, the large scale
monsoon current also advances northward along the West Coast of India. On the average, the onset
vortex forms in nearly 50 percent of the years and in other years the onset is accompanied by either
mid-tropospheric shear line or formation of an off-shore trough along 10 to 15°N off the Kerala coast
of India with an embedded weak low pressure area. Prior to the onset the cross-equatorial flow
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increases in strength, the moisture fields builds upto the mid-tropospheric level 7 to10 days in
advance (Pearcl and Mohanty, 1984), the near-equatorial cloud band in the Arabian sea expands
eastward and the upward motion field in the troposphere near the equator enhances which eventually
moves northward with the advance of the monsoon.
Yin (1949) was the first to link the process of monsoon onset to the displacement of westerly
troughs in the circumpolar westerlies and shift of the subtropical jet (STJ) to the north of the
Himalayan periphery. Pasch (1983) examined the monsoon onset over India during 1979 from the
perspective of planetary scale circulation features and noted their gradual setting up prior to the
formation of a transient disturbance off the Kerala coast. Murrakami and Ding (1982) have opined
that the onset is related to the warming of the Eurasian region by diabetic heating. Yanai et al. (1992)
have linked the onset to the effect of the Tibetan Plateau. Thus, the onset of monsoon over India is
linked to a combination of regional and planetary scale changes over the entire Indian Ocean region.
There exists a variety in the linkages of the onset process with the seasonal developments or
transitions in the regional and planetary scales features. Lack of uniqueness among them points to the
initiation of chaotic dynamics with the formation of the weather system at Kerala coast which heralds
the onset process.
2. Frontal Dynamics
The frontal dynamics have been widely studied in relation to different structures and the life cycle
over the various regions over the world. A comprehensive review of this issue was provided by
Keyser and Shapiro (1986). One core component of frontal dynamics is the interactions between the
primary (geostrophic) and secondary (ageostrophic) circulations. In this review paper, the twodimensional theory of forced secondary circulations in the cross-front plane developed by Sawyer and
Eliassen is presented to elucidate the mechanism and feedback contributing to the evolution of upperlevel fronts in relation to their setting within baroclinic waves. Theoretical and numerical examples of
the formation of upper-level fronts in idealized two-dimensional flow are reviewed. In the threedimenssional case, the presence of along-front ageostrophic circulations superimposed upon the cross
front ageostrophic circulations treated by the two-dimensional theory is discussed in terms of gradient
wind. The relative contribution of along-front ageostrophic circulation to upper level frontogenesis is
considered in the context of the results from three-dimensional β-plane channel models of baroclinse
wave growth. The characteristics and dynamics of the coastal front along the southeast coast of the
United States have been extensively examined. The coastal front is frequently a cyclogenesis site
because it provides a narrow zone along the coast where the low-tropospheric convergence, warm-air
advection, baroblinity and cyclonic vorticity are maximized (Bosart and Lin, 1984; Doyle and
Warner, 1993). In East Asia, the coastal frontogenesis is sometimes observed (Chen and Dell’Osso,
1987).
The Meiyu/Baiu front is a unique frontal system in East Asia that occurs in the moist atmosphere
during the East-Asian summer monsoon (June 12-July 10). Many works have been devoted to their
characteristics, structures and dynamics (Ding, 1992; Chen, 2004; Ninomiya, 2004). The major Meiyu
region is located in the Yangtze and Huaihe River basins, with the rainfall amount accounting for 3050% of total summer rainfall. The Meiyu fronts occur in a high θse atmosphere. In mid-May to midJune, the axis of maximum frequency of 850hPa Meiyu front in South China and Taiwan, indicating
that the mean position of the Meiyu front, is oriented approximately in an east-west direction
extending from southern Japan to Southern China. The mean position shifts northward to Japan and
central China in the Meiyu season of the Yangtze River valley (mid-June to mid-July), as a quasistationary front with an average lifetime of 8 days (Chen, 1988).
A conceptual model of the meso-scale cloud system family in the Meiyu-Baiu front is proposed in
Figure 27 by Ninomiya (2004). In this model the cloud zone consists of a few cloud system families,
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each of which consists of two parts: a sub-synopticscale cloud system associated with a sub-synopticscale Meiyu-Baiu frontal depression (indicated by S), and a few meso-α-scale cloud systems
(indicated by α). The latter are aligned along the trailing portion of the preceding sub-synoptic-scale
cloud system. Cold lows and a midlatitude blocking ridge and the Pacific subtropical anticyclone all
have strong influences on the Meiyu-Baiu cloud systems. Rows of large and small arrows in Figure 27
indicate the 500-hPa and 850-hPa maximum wind zone becomes coupled with the shortwave trough
in the Meiyu-Baiu frontal zone under the influence of the cold low over Siberia, leading to the
development of a sub-synoptic-scale frontal depression. Subsequently, a few meso-α-scale cloud
clusters form along the trailing portion of the preceding sub-synoptic scale cloud system.
The Meiyu front affecting South China and Taiwan forms in the subtropical latitude, which is a
distinct area from that for the formation of polar front in the Meiyu season. It resembles a semitropical
disturbance with an equivalent barotropic warm core structure, a weak horizontal temperature
gradient, a rather strong horizontal wind shear, and a positive low-level potential vorticity (PV)
anomaly. Chen (2004) has summarized dynamic aspect of the Meiyu front for its early stage (South
China and Taiwan). The CISK mechanism has been suggested for the Meiyu frontogenesis through
the interaction between the PV anomaly and the convective latent heating. Some of the Meiyu fronts
observed in TAMEX were characterized by the density-current type structure at the leading edge with
a thermally direct circulation cell across the front. The frontal deformation occurs with different
propagation speeds to the east and west of the Taiwan Central Mountain Range. The acceleration of
highly ageostrophic flow of cold air in response to the building pressure gradient has been suggested
to responsible for the faster moving front to the east of Taiwan.

Figure 27. Conceptual model of the Meiyu-Baiu frontal cloud zone. (Ninomiya, 2004)

3. Topographically Influenced Circulations
The low-level vortices produced locally over the Tibetan Plateau and its sloping periphery are
unique weather systems of a sub-synoptic scale in the East Asia monsoon region. These
topographically generated or influenced circulation systems are among the most important rainbearing systems in East Asia during spring and summer (Ding, 1992). Low-level vortices have their
geographical origin in three areas: the southeastern part of the Plateau (called southwest (SW)
vortices), the main body of the Plateau (called Plateau vortices) and the northern part of the Plateau
(termed northwest (NW) vortices because of their location in the northwestern part of China) (Tao and
Ding, 1981; Ding, 1994). These vortices can produce excessive rainfall after they leave the Plateau if
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they are supplied with ample moisture and are supported by a favorable large-scale environment. The
genesis and development of these vortices, especially SW vortices, are closely related to activity of
monsoonal airflows. Therefore, they may be considered to a certain extent as the result of interaction
between the Plateau and monsoon. The Plateau vortices are obviously a weather system of a small
scale, shallow depth, weak intensity, and short life cyclone. They are generated by a particular
underlying surface. Once they move out of the Plateau, they generally dissipate rapidly due to
changed conditions of the underlying surface. The Plateau-produced mesoscale vortices are often
generated by organized mesoscale convection. During the summer, the Plateau receives shrong solar
radiation, and the overlaying atmosphere often displays strong convective instability, even under the
influence of a subsiding high pressure system. With strong solar radiation, every mountain peak acts
as an isolated heat island which triggers convection if moisture is available (Reiter and Tang, 1984). If
the convective activity persists long enough, a mesoscale cyclonic circulation can develp and, in turn,
organize cumulus convection. In this case, the air over the Plateau is often convectively unstable
( ∂θe ∂P >0) at low level (Kuo, Cheng and Anthes, 1986). A maximum of θe exists over the Plateau.
The center of the Plateau vortex corresponds very well to the maxima of θe, suggesting the warm core
structure of the Plateau vortex. The unstable air stratification may be caused by strong sensible
heating from the surface, especially over the central and western parts of the Plateau. Recent studies
(Chen and Dell’Osso, 1984; Kuo et al., 1986) suggest that both baroclinic instability and latent heat
release associated with organized convection over the Plateau might play important roles in the
generation of the Plateau vortices. A vortex often develops within an existing shearline that separates
the warm, moist monsoon flow to the south from the midlatitude colder, drier air to the north. In fact,
this Plateau-produced vortex is embedded within a sharp, short-wave trough. This vortex is also
associated with strong convective activity throughout its life cycle. Chen and Dell’Osso (1984) also
showed that the intensity of this vortex was significantly weakened when latent heat release was
removed from the model.
In general, the SW vortex is defined as a 700 hPa closed cyclonic circulation over southwestern
China, mainly over the western part of the Sichuan Basin. It is a low-level circulation system, often
only visible on 850 and 700 hPa analyses. On the surface weather map, one may often observe a
negative pressure tendency during 24 hours over the low-vortex region. In this sense, the SW vortex is
also called the SW low vortex. Most of the time, the vortex forms and dissipates without intense
development and the severe weather associated with it, because there is usually a lack of upper-level
support and moisture. But if the synoptic conditions are favorable, the SW vortex may cause severe
weather, especially heavy rainfalls. The SW vortex may provide strong orographic lifting to trigger
convection and, consequently, a large amount of rainfalls on the steep topography surrounding the
Sichuan Basin. Many cases may be exemplified, for example, the heavy rainfalls in the Sichuan Basin
on 1-14 July of 1981 which have been extensively studied by numerous meteorologists (Chen and
Dell’Osso, 1984; Kuo, Cheng and Anthes, 1986; Wang and Orlanski, 1987). This heavy rainfall took
a large toll in human life and caused much damage to property. If the SW vortex moves eastward after
its formation, it can cause heavy rainfall over the middle and lower Yangtze River Valleys. If the SW
vortex take a northward track of movement, they can bring heavy rainfall to northern China. Figure 28
is a notable example of consecutive genesis, development and eastward movement of three SW
vortices in the 1999 Meiyu season (Ding et al., 2001).
From the synoptic viewpoint, the genesis and development of the SW vortex needs to meet two
requirements: (1) the existence of a vigorous southerly airflow from the eastern slope of the Tibetan
Plateau to the Sichuan Basin. It may play a dual role in the genesis of the SW vortex. Dynamically,
this southerly wind produces “differential frictional effects”, a mechanism first discussed by Newton
(1956) in connection with Colorado cyclone formation, thus leading to the formation of a cyclonic
circulation at low level. Thermally, the southerly wind may transport abundant warm, moist air into
the eastern slope of the Plateau and the Sichuan Basin, providing the major moisture source for
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precipitation and the release of latent heat; (2) the necessary triggerning mechanism. Most of the time,
the low pressure troughs passing over the Tibetan Plateau may act as a triggering mechanism for the
SW vortex. Chang et al., (1998) has studied the development of a low-level SW vortex which was
involved its coupling with two upper-level disturbances. Both disturbance appeared later than and

(a)

500

(b)
Figure 28. (a) Distributions of daily
geopotential height and wind vector
(unit: ms-1) at 850 hPa from June 22 to
July 1, 1999; (b) same as (a), but for
daily rainfall amounts (unit: mm).
(Ding et al., 2001)
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upstream of the low-level vortex. Faster eastward movements allowed them to catch up with the lowlevel vortex and led to a strong vertical coupling and deep tropopause folding. From the regional
viewpoint, the topography of the Tibetan Plateau is extremely important. It is suggested that the
formation of the SW vortex is a consequence of the blocking effects of the mesoscale mountain range,
located at the southeastern corner of the Tibetan Plateau, on the southwesterly monsoonal flow. This
is supported by the fact that the SW vortex develops mainly within the southwesterly monsoon
current, that is strongest at the lower level during both its formation and mature stages, and that low
level cyclonic vorticity is present throughout the period that the southwesterly monsoon flows around
the Plateau. In addition, researchers have argued about the importance of cold air coming from the
north and northeast.
The development of the SW vortex is expected to depend greatly on the effect of latent heat
release, due to the fact that this vortex is usually accompanied by a large amount of rainfall and
convective activity. In order to document better the effects of strong latent heat release associated with
convection, Kuo et al. (1986) calculated mesoscale heat and moisture budget associated with a SW
vortex which resulted in a flood catastrophe in the Sichuan Basin, on 11-15 July, 1981. With weak
stability at the middle levels, latent heat release can induce strong, upward vertical motion, which in
turn enhances low-level convergence spin-up and convective cloud development, establishing a
positive feedback between the circulation of the SW vortex and the cumulus. Wang et al. (1993)
further indicate that the mesoscale vortex in the lee of the Tibetan Plateau is driven diabatically.
4. Thermally Forced Circulation
Large plateau and mountain ranges generally constitute elevated heat or cold sources. The Tibetan
Plateau, as the elevated heat sources, assumes significant thermal effects on large-scale circulation
features and diurnal cycles (Yeh et al., 1979; Luo and Yanai, 1984; He et al., 1987). The interannual
variation of heating over the Tibetan Plateau can exert an important effect on the inter-annual
variability of circulation features over the Northern Hemisphere (Liu et al., 2002). Over the Plateau
region, the winter mean pressure pattern at low level shows that high pressure systems dominate. One
may observe a closed high at 600 hPa which is basically separate from the Siberian cold high on the
long-term mean chart. Therefore, they are two independent circulation systems. This fact reflects the
prominent thermal impact of the Tibetan Plateau on the regional circulation system. In summer, there
is a closed heat low over Tibet at low level. This heat low is also independent of the heat low or
monsoon trough over India on the long-term mean 600 hPa chart. There are semi-permanent mesoscale features in the low pressure area whose impact is felt in the development of convective
precipitating systems. The layer characterized by a monsoonal wind reversal (>120 degrees between
winter and summer) is rather distinct over the Tibetan Plateau, with the thickness of the monsoon
layer greater than 4 km over the main body of the Plateau. The high elevation of the Tibetan Plateau
obviously generates a great degree of baroclinicity with its surroundings, causing a vigorous
circulation system to establish itself. The active layer of monsoonal flow may extend downstream far
from the Plateau region (up to central China).
The upper level weather system over the Plateau in summer is predominantly the Tibetan high
that is part of the huge South Asian high. The Tibetan high is of a thermal nature, with its peak
intensity, horizontal extent, and high stability at 100 hPa. It has a very great effect on the circulation
conditions in the Northern Hemisphere. In general, when the Tibetan high at 200 or 100 hPa
superposes over the high at the lower and middle level (500 hPa), the Plateau would have a dry season
or spell, whereas there would often be a rainy season or spell when the upper-level Tibetan high lies
over a low-level low. The Tibetan high is the major center of action in the Northern summer and its
formation and maintenance is to a great extent related to the effect of heat sources over Tibet and its
surrounding areas. From both climatological mean and case study (Ding et al., 1988), it has been
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found that while the Tibetan high advances northward, there is a center of high moving over IranAfghanistan and the western part of Tibet from the Arabian Peninsula and the latter has a greater
intensity and a farther northern position than the eastern one. On the long-term 200 hPa flow charts in
summer, there exist actually two huge highs over Asia, with the high center at 85-95°E being the
stronger. Recently, Zhang et al. (2002) have also indicated the bimodality of the 100 hPa South Asian
high. This result, on the one hand, indicates the fact that the Tibetan high should be viewed as one cell
out of the upper tropospheric belt of anticyclonic circulation. This cell is regionally intensified due to
the thermal effect of the Plateau. On the other hand, the thermal effect of the Tibetan Plateau on the
formation of the Tibetan high should not be overemphasized. At present, it is not clear what causes
the formation of the high center over the western part of the Iranian Plateau.
The meridional circulation over the Tibetan Plateau and its surrounding areas is closely associated
with the characteristics of the distribution of the heat source and sink over the Plateau and continental
region. In summer, the Tibetan Plateau is a huge heat source. The upward motion predominates in the
atmosphere over the plateau. The summer vertical circulation induced by the Tibetan Plateau is
clearly seen in the meridional cross-section (Figure 29a), which is significantly different from that for
the winter mean condition. On the whole, a huge monsoon meridional cell exists, with the upward
flow of its northern leg extending up to 40-50°N. The descending motion is predominantly observed
in the Southern Hemisphere. Also, it may be seen that there are two smaller meridional cells on the
northern and southern slopes of the Plateau, respectively. The northern slope only reaches 300 hPa in
the vertical extent while the southern one extends upward up to over 200 hPa. Note that these two
meridional cells only show up at the longitudinal range of the Tibetan Plateau, indicating that they
result from the heating effect of the Plateau. The meridional cross section along 92.5°E (Figure 29b)
shows that the intense ascending motion over the Plateau is accompanied by subsidence over the
Tarim Basin (40-50°N). There is also a narrow zone of weak ascent between the stronger ascending
motion over the Plateau and the vigorous ascent over Bangladesh (~20°N) which is associated with
the southwesterly monsoon. These are similar to the distribution of the mean July vertical circulation
along 90oE presented by Yeh, Gao et al. (1979) and simulated by Kuo and Qian (1981). Kuo and Qian
investigated thermal effect of the Tibetan Plateau on the diurnal variation of meteorological fields in
July (1981). They indicated that the huge diurnal variations of temperature and wind fields are mainly
caused by the Tibetan Plateau, with a large-scale vertical circulation induced which is quite similar to
a huge mountain-valley circulation. In night, the Plateau and northern and southern slopes below 300
hPa are dominated by descending motion, while it is replaced by strong ascending motion.

Figure 29. (a) The east-west vertical cross section showing the 80-day mean vectors (uD, ω) along 32.5°N (from
16 April to 4 July 1979), and (b) the north-south vertical cross-section showing the 80-day mean vectors (VD, ω)
along 92.5°E. VD(uD, VD) is the divergent part of wind vectors (He, McGinnis, Song and Yanai, 1987)
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5. Subtropical High over West-Pacific
The subtropical high is one important component of the East Asian monsoon system. To the
western flank of this high, the southeasterly or southwesterly monsoon wind (the subtropical
monsoon) often apparently develops in summer. The subtropical high over West-Pacific assumes a
marked seasonal march in respect to its position which shows up as an alternation of gradual shift and
abrupt jump. Three abrupt northward jumps may be observed, which are closely related to advance of
the major rain belt in eastern China. The first northward jump occurs in the middle or last part of June,
with the ridge line of the high moving over the region of 20-25°N. This shift indicates a northward
jump of the rain belt over the Yangtze and Huaihe River Valleys, heralding the ending of the presummer rainy season in southern China. In the early and middle part of July, the ridge line of the high
assumes second northward jump, reaching 25-30°N, starting the rainy season in the Yellow River and
Huaihe River Valleys and ending in the rainy season in the Yangtze River Valley. The third
northward jump occurs in the last part of July and early in August. This jump brings the ridge line of
the subtropical high over the region around 30°N, thus leading to the beginning of the rainy season in
northern China and the dry season in the Yangtze River Valley. At this time, the tropical easterlies or
southeasterlies (southeasterly monsoon) prevail over an extensive region along the southern and
western flanks of the subtropical high, and the ITCZ advances northward up to its seasonal
northernmost latitude, 10-15°N over the western Pacific and 15-20°N over the South China Sea,
where typhoons may frequently form. In this mid-summer season, the ridge line of the subtropical
high may occasionally reach 35-40°N on the daily weather map. During the early part of September,
the high retreats to the region to south of 25°N and then to south of 20°N in early October, starting the
transition toward winter.
Three focuses has been recently placed on research on the subtropical high: (1) the role of
seasonal change in the subtropical high in the onset of the Asian summer monsoon, (2) intraseasonal
variation of the subtropical high and its effect on weather in East Asia, and (3) formation and
maintenance mechanism of the subtropical high. Prior to the onset of the SCS summer monsoon, the
breaking of the subtropical high over the region of Bay of Bengal is often observed (Mao et al., 2003).
This change in configuration of the subtropical high during the transition season is closely related to
the development of the cyclonic circulation in this region which is due to enhancement of sensible
heating over the Indian Peninsula and latent heat over Indochina Peninsula (Wen and He, 2002). The
effect of convective heating in the monsoon cyclone over Bay of Bengal on the eastward retreat of the
subtropical high has been shown (Liu et al., 2002). The convective heating over the northern SCS and
its interaction with the monsoon trough is also a condition for the eastward retreat of the subtropical
high. The convective heating in above regions can lead to the change in the meridional temperature
gradient from the normal condition to reverse sense (colder in south and warmer in north).
The zonal shift of the main body of the subtropical high has an important effect on weather in
East Asia (Zhang and Tao, 2003). When the subtropical high has a further western position, an
anomalous anticyclone at 850 hPa develops in the tropical region in East Asia while an anomalous
cyclone develops in subtropical region, thus leading to intensification of ascending motion in Meiyu
frontal areas. In such case, major precipitation processes occur in the Yangtze River basin. When the
position of the subtropical high is farther to east, the major precipitation processes move down to the
region to south of the Yangtze River. The zonal shift of the subtropical high can also have significant
effect on summertime air temperature (Yang and Sun, 2003). They have a high positive correlation,
i.e., relatively low air temperature corresponding to a further western position of the subtropical high.
In addition, several investigators have studied the relationship between the occurrence of severe heavy
rainfall/flood in the Huaihe River Basin during Meiyu season of 2003 and the characteristics of the
subtropical high.

504

The mechanisms of formation and activity of the subtropical high is quite complicated. The
diabetic heating is believed to be a critical factor (Wu and Liu, 2003; Liu et al., 2004). The SST is
also closely related to the activity of the subtropical high (Yan and Sun, 2003).
6. Monsoon Active and Break Processes
During the peak phase of the monsoon season in India, mid-season “active-break” cycle of the
monsoon modulates the activity of monsoon rainfall and airflow. In this process, the monsoon trough
and its latititudianl oscillation play an essential role. The northward propagating of intraseasonal
oscillations (ISO) on 30-40 day scale provides the super-envelope for overlapping formation of
monsoon disturbances (Sikka et al., 1986) during the peak phase of monsoon activity. The position
and activity of the monsoon trough over the Indo-Gangetic plans, in itself, fluctuates on synoptic and
intra-seasonal scales, thus controlling cyclogenesis within it and hence the statistical rainfall
distribution. When the major rain belt is situated over central India, the condition is called one of
‘active’ monsoon and when it is highly suppressed over the same region it is called the ‘break’
monsoon. Figure 30 shows the schematic of vertical motion along the monsoon trough across the
Gangetic Plains during ‘active’ and ‘break’ monsoon conditions.

(a)

(b)
Figure 30. (a) A typical sea-level pressure pattern in which there are five weather disturbances during the active
phase of the monsoon. (b) Typical sea-level isobaric pattern over South Asia during a ‘break’ monsoon situation
with the monsoon trough lying across the foothills of Himalayas and a north-south trough along the east coast of
India. (Taken from Ding and Sikka, 2004)
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When the monsoon trough hugs the Himalayan rim, the low level easterlies disappear entirely
along the Indo-Gangetic Plains and are replaced by the W to NW flow along the periphery of the
Himalayas. Such a situation, if it last for 2 or 3 days bringing back the monsoon trough in the
Gangetic Plains, is known as the temporary oscillation of the monsoon trough or temporary ‘break’ in
the monsoon. If the sub-montane position of the trough sticks for more than 3 to 4 days, it leads to a
prolonged ‘break monsoon’ situation in which the rainfall almost ceases over most of central India,
increases at first over the foothill regions and subsequently under prolonged or persistent ‘break’
(duration more than 5 days), it even ceases across the foothill region too (Sikka, 2004, personal
communication).
Under ‘break’ monsoon conditions, it does rain heavily for about three days along the foothills of
Himalayas as most of the moisture convergence occurs in that belt and the forced ascent by orography
further augments the rainfall. As the ‘break’ monsoon persists longer and reaches its peak, rainfall
ceases even across the foothill region of the Himalayas and an organized cloud band is observed to
move steadily northward (10lat/day) from near-equatorial oceanic belt of NHET (5-100N). In a couple
of days the northward moving band approaches the North Bay of Bengal. With the southward shift of
the sub-Himalayan cloud band, the monsoon cloud band is revived along its near-normal position.
Such a sequence of events is the well known 30 to 40-day ISO of the monsoon. This is an important
singularity which first occurs in the season at the onset of the monsoon and subsequently 2 or 3 times
within a season. In different ways it controls the performance of the seasonal monsoon.
The frequency and total duration of ‘break’ monsoon episodes definitely control the sub-normal
performance of monsoon on intra-seasonal and inter-annual scales. The ‘break’ monsoon
phenomenon is reverse of the ‘active’ monsoon spell over central and northern India and the two
demonstrate the two modes of the South Asian monsoon system. Goswami and Mohan (2001),
Krishnamurthy and Shukla (2000), and Lawrence and Webster (2001) have found similarities in the
ISO and the inter-annual oscillation of the monsoon system. This is not surprising as it is due to the
dominance of the two modes (‘active’ and ‘break’) of monsoon activity in the monsoon season. The
excess and drought monsoon seasons on inter-annual basis are in some way replicate ‘active’ and
‘break’ monsoon events on intra-seasonal scale. Whether this dominance is pre-controlled by the
land-surface oceanic boundary forcing or results due to internal dynamics of the monsoon and air-sea
interactions remains still a moot question. The revival of the monsoon after a short ‘break’ (3 to 4
days) is due to the synoptic scale oscillatory character of the monsoon trough. However, the revival
after a prolonged ‘break’ is distinctly linked with the northward propagating ISO (Sikka and Gadgil,
1980). Koteswaram (1950) had alluded to the westward movement of weak low pressure systems
along 10-15°N over the Bay of Bengal as a precursor to the revival of monsoon after a prolonged
‘break’. In some years the 10-20 day westward moving ISO from the South China Sea (Krishnamurti
and Ardanuy, 1980; Lau and Chan, 1986) is also responsible for restoring the monsoon trough at nearnormal position and hence the revival of the monsoon after a moderate duration ‘break’ episode.
In East Asia, major monsoon rainy seasons such as the presummer rainy season in South China,
and Meiyu/Baiu rainy season in the Yangtze River Basin and Japan occurs during May-mid-July.
Afterwards, a break of the monsoonal rainy period occurs from late July to early August in Japan
(Chen et al., 2003). This break of different spans is also observed in South China, Central China,
Northeast China, Taiwan, and Korea (Figure 29). After the break spell, monsoon rain resumes for a
period from August to September-October. Therefore, the monsoon rainfall variation during the warm
season in East Asia is generally characterized by two active rainfall periods separated by a break spell.
It is clearly seen from Figure 29 that the Meiyu rain band, forming in early May, progresses
northward until the end of July, and diminishes between 40° and 45°N in Northeast China and Korea,
and about 40°N in Japan. The passage of the Meiyu rain band is followed by a break spell (monsoon
break) which also propagates northward. Then, the monsoon rainfall revival after the break is clearly
observed. Chen et al. (2003) has shown that the monsoon revival in East Asia is caused by a different
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mechanism associated with the development of other monsoon circulation components including the
ITCZ and weather systems in mid-latitudes. The Changma is a shorter monsoonal rainy season, with
mean Changma period being 20 days to one month long. The break in late July is very short, with the
duration of a half month. Starting from late August, the revival of the monsoon rainy period is also
observed in Figure 31. The second rain spell is not long based on the study by Chen et al. (2003). But,
Qian et al. (2002) pointed out that this precipitation surge can maintain until early September, forming
the autumn rainy season in Korea.

Figure 31. Latitudinal-time cross-sections of CMAP rainfall averaged over longitudinal zones of (a) 120°125°E, (b) 125°-130°E, and (c) 130°-140°E, and rainfall histograms of three regions: (d) Taiwan (120°-125°E,
20-25°N), (e) Korea (125°-130°E, 35°-40°N), and (f) Japan (130°-140°E, 32.5°-40°N). Different phases of
summer monsoons in three regions are indicated by active, break and revival. The contour interval of CMAP
rainfall in (a)-(c) is 1 mm day-1, while rainfall amounts larger than 5 mm day-1 are stippled by different colors
indicated by the scale shown in the lower left corner of the three upper panels. (Chen et al., 2003)

7. Tropical Easterly Jet Stream (TEJ)
The tropical easterly jet steam (TEJ) in the upper troposphere is one of the most important
components of summer monsoon systems in the Indian and East Asian monsoon regions, and also one
of the major circulation features in the tropical upper troposphere in the northern summer. Its
establishment and activity are closely associated with the seasonal change in the upper troposphere in
the Northern Hemisphere, and summer monsoon and precipitation events in South Asia and Southeast
Asia. Numerous investigators have studied the characteristics of activity and the cause of the
formation of the TEJ as well as its close relationship to the precipitation in monsoon regions
(Koteswaram, 1958; Flohn, 1964; Krishnamurti, 1978). The TEJ has its maximum intensity in the
layer of 150-100 hPa. Therefore, it is preferable to use the synoptic maps at 100 or 150 hPa to study
the behavior of the TEJ, but the 200 hPa synoptic map has been sometimes utilized due to the sparse
data sources at higher levels.
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The TEJ ahs a very high steadiness, usually attaining 96-100%. The interannual variability of the
position of the jet core is rather small. Therefore, the TEJ is an almost steady and persistent
circulation feature during the summer.
Based on the upper-level data for 1966-1975, Zheng and Guo (1982) plotted the long-term mean
maps of the TEJ. In June (not shown), the eastern part of the TEJ axis is located at about 15°N and the
western part at about 10°N, thus causing the whole axis of the TEJ to be oriented from east-northeast
to west-southwest. In July (Figure 32), the axis of the TEJ moves northward by about 5 latitudes, with
the eastern part situated at 18-20°N and the western part at 15°N. In August, the TEJ returns back to
its June position. The greatest intensity of the TEJ is observed in July, with a jet core of 35ms-1 at
15°N，80°E. The area with strong winds greater than 20ms-1 zonally extends by 100 longitudes (15125°E).

Figure 32. The long-term mean TEJ for July 1966-1975. The bold black arrow represents the axis of the TEJ;
the heavy full lines denote isotachs (Units: ms-1); the full lines isohyets (Units: mm). Shadded area denotes the
regions with rainfall amount greater than 200mm (Zheng and Guo, 1982).

Yang (1982) has studied the splitting phenomenon of the TEJ at 100 hPa and indicated that it has
two branches over the region from South Asia and Southeast Asia to the tropical western Pacific with
the northern branch located over the latitude of 10-20°N at 100 hPa, and the southern branch found
near 8°N at 150 hPa, slightly lower than the northern one. Xiao and Xie (1983) analysed the structure
of the TEJ particularly in connection with the condition of the two branches of the jet in Southeast
Asia, which is an important characteristic feature for the East Asian summer monsoon system. The
northern branch of the jet located at about 17°N at 100 hPa, with maximum wind speed greater than
20 ms-1. Therefore, the northern leg of the TEJ is higher and stronger. A very shallow layer of
westerly wind lies below the layer of the easterlies in the northern of the TEJ, whereas there is a
deeper layer of stronger westerly wind below 500 hPa for the southern leg of the TEJ.
It is worthwhile showing the mean meridional cell nearly normal to the axis of the TEJ. In the
northern part of this cell there is the very strong upward motion, while in the southern part, the air
descends, thus producing a marked negative meridional cell. The sense of this kind of the meridional
cell is in good agreement with the result obtained by Flohn (1964) for the condition of the entrance
region of the TEJ (90-130°E). He indicates that the meridional cell causes an extensive ascending
motion and convective activity over Southeast Asia and the South China Sea. The tropical
disturbances at low-level develop while they are entering the northern sector of the entrance region of
the southern branch of the TEJ. This situation is very similar to that for the westerly jet-stream at the
middle latitude.
The TEJ is one of the most important circulation features that affect the monsoon activity and
precipitation in the tropical African and Asian regions. Over the Indian monsoon region, on the one
hand, the active and break cycles of the summer monsoon, the shift of the monsoon rain belt, and the
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periodic fluctuation of the intensity of monsoonal airflows are all related to the position and change in
the intensity of the TEJ (Koteswaram, 1958). On the other hand, the activity of the TEJ is also related
to the shift of rain belts in China. In May when the TEJ begins to establish itself over the southern part
of the Indo-China Peninsula, it may have an effect on rainfalls during the pre-summer rainy season in
southern China. Its activity may also affect the onset of Meiyu over the Yangtze River Valley and the
rainy season in China. Koteswaram (1958) studied the relationship between the TEJ and the summer
precipitation over the African-Asian monsoon regions on the basis of particular years. The
precipitation patterns are different for the different quadrants of the TEJ. Roughly with 60°E taken as
the demarcation line between the entrance and exit regions of the TEJ, much precipitations are mainly
located in the left quadrant of the exit region (to the west of 60°E) and the right quadrant of the
entrance region of the TEJ (to the east of 60°E). This result is in coincidence with the patterns of the
transverse secondary circulation across the TEJ. The major rainfalls occur in the region of the
ascending motion from the equator to 30°N.
The African easterly jet is also an important component of upper-tropospheric system and the
African monsoon system. Its instability is closely related to genesis and development of low-level
tropical disturbances that can propagate westward across the tropical Atlantic, as the African tropical
waves. The typical precipitation patterns are associated with variation and location of the African
easterly jet (Also see Figure 32).
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1. Introduction
Over many monsoon regions, the primary large-scale monsoon circulations extend over adjacent
ocean regions such that they may significantly impact regional tropical cyclone formation and motion
characteristics. These impacts include spatial variation in formation locations, temporal variation in
periods of enhanced and reduced tropical cyclone activity, and variations in tropical cyclone tracks
due to dominant large-scale monsoon circulations, which provide a basis for the overall steering
current in which the a tropical cyclone may be embedded.
The importance of monsoon circulations in determining tropical cyclone characteristics is related
to the six primary environmental factors defined initially by Gray (1968, 1975) to be favorable for
tropical cyclone formation. These include (i) large values of low-level cyclonic relative vorticity, (ii) a
location that is at least a few degrees poleward of the equator, (iii) weak vertical wind shear, (iv) large
values of relative humidity in the lower and middle troposphere, (v) conditional instability throughout
a deep tropospheric layer, and (vi) sea-surface temperatures above 26oC. As defined by Gray (1975)
and summarized by McBride (1995) and Elsberry (2004), the favorable environmental conditions
apply to the monsoon environment. Gray (1975) classified factors (i), (ii), and (iii) as dynamic
contributors to tropical cyclone formation and factors (iv), (v), and (vi) as thermodynamic factors.
Furthermore, Gray (1975) demonstrated that the thermodynamic factors were often above threshold
values throughout tropical cyclone seasons but the dynamic factors can undergo large changes that
exhibit favorable and unfavorable conditions for tropical cyclone formation. Therefore, in a monsoon
environment characteristics of the dynamic conditions favorable for tropical cyclone activity are often
related to primary, large-scale monsoon circulations.
In addition to the impact of large-scale monsoon circulations on favorable conditions for tropical
cyclone formation, the slowly-varying temporal characteristics of the monsoon circulations contribute
to a variability of tropical cyclone activity. Nearly each monsoon circulation worldwide has exhibited
significant variability on intraseasonal time scales. These include the Australian summer monsoon
(Hendon and Liebmann 1990b), the South China Sea monsoon (Chen and Chen 1995), the western
North Pacific monsoon (Krishnamurti et al. 1985), the eastern North Pacific monsoon (Maloney and
Hartmann 2001), and the Indian summer monsoon (Goswami and Ajayamohan 2001). Furthermore,
Harr and Elsberry (1995) demonstrated that for the western North Pacific active (inactive) monsoon
regimes tended to be associated with active (inactive) tropical cyclone periods. Therefore, significant
intraseasonal variability in tropical cyclone characteristics may be related to large-scale monsoon
circulations.
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In this summary, the relationships among various monsoon circulations around the globe and
tropical cyclone characteristics are examined. Specifically, characteristics of the monsoon circulations
that have important impacts on tropical cyclone formation and motion are examined. This includes the
impact of the monsoon circulations on the primary environmental factors defined to be important to
tropical cyclone formation and the role of monsoon circulations in significant tropical cyclone track
characteristics. Finally, for each monsoon region the impact of intraseasonal variability in monsoon
characteristics on the temporal variability in tropical cyclone activity is examined.
2. Eastern Asia, Western North Pacific and South China Sea
Over the western North Pacific and South China Sea, more tropical cyclones form than in any
other monsoon basin (McBride 1995). Over this basin, the monsoon circulation is characterized by a
monsoon trough that exhibits significant seasonal fluctuation. In early summer, the monsoon
circulation consists of the Mei-yu front that extends from southern China to Japan. With the
establishment of the East Asian monsoon and Mei-yu front, the monsoon trough extends
southeastward from Indochina through the South China Sea and into the Philippine Sea. Poleward of
the monsoon trough is a zonally-oriented subtropical ridge.
Beyond the sea-surface temperature distribution over the western North Pacific, the location of
the monsoon trough exhibits primary control over the distribution of tropical cyclone activity over this
basin. Harr and Elsberry (1991, 1995) demonstrated that variability in low-level zonal wind
anomalies, which signify strength of the monsoon trough over the western North Pacific, have a
significant impact on the location and track characteristics of tropical cyclone activity (Fig. 1).

Figure 1. Tropical cyclone tracks associated with anomalous patterns of the low-level monsoon trough and
subtropical ridge over the western North Pacific (from Harr and Elsberry 1995).

2.1 Mean Monsoon Environment – Tropical Cyclone Formation
From a climatological perspective, the presence of a monsoon trough over the western North
Pacific contributes to dynamic conditions that are favorable for tropical cyclone activity. The
monsoon trough axis, which is typically located 5°-10° latitude poleward of the equator, is defined by
low-level equatorial westerly or southwesterly winds and subtropical easterly trade winds. This largescale environment provides a low-level environment of cyclonic vorticity (Gray 1998). In the vertical,
the deep extent of warm tropospheric air in the monsoon trough contributes to increased thickness (via
the hypsometric equation) and an anticyclonic wind circulation. Therefore, cyclonic shear that exists
at low levels transitions to anticyclonic shear at upper levels.
Beyond the enhancement of the dynamic conditions favorable for tropical cyclone activity in the
western North Pacific monsoon environment is the need for a pre-existing disturbance that contains
abundant deep convection (McBride 1995). There is a strong association between the monsoon trough
and synoptic-scale disturbances over the western North Pacific (Chen and Weng 1998). The
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longitudinal extent of synoptic-scale disturbances coincides with the longitudinal extension of the
monsoon trough (Fig. 2). During years when the monsoon trough extends (retreats) eastward
(westward), the longitudinal extent of synoptic-scale disturbances also expands (retreats) eastward
(westward).

Figure 2. (a) A time-longitude diagram of the meridional accumulation of all tropical synoptic-scale
disturbances at 2.5o longitude spacing. The contour interval is 2 occurrences per 4° lat. by 5° long. (b)
Schematic of the interannual variability in the westward-extension (EX) westward-retreat (WR) of the monsoon
trough. From Chen and Weng (1998).

Figure 3. Structure of a typical easterly wave or “tropical depression”- type disturbance over the western North
Pacific based on a regression analysis of 850 hPa winds (arrows, m s-1) and 850-hPa relative vorticity (contours,
10-5 s-1). From Sobel and Bretherton (1999).
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Liebmann and Hendon (1990) identified westward-moving, low-level, equatorial-trapped mixed
Rossby-gravity (MRG) disturbances that occurred on periods of less than six days over the central
tropical Pacific. Lau and Lau (1990) and Chang et al., (1996) examined low-level westward-moving
disturbances that also occurred on a time scale of 4-5 days. In their studies, disturbances were
observed at near-equatorial latitudes over the central Pacific and evolved to off-equatorial
northwestward-moving circulations over the Philippine Sea. Takayuba and Nitta (1993) characterized
these transformed circulations as “tropical depression” (TD)-type of disturbances (Fig. 3). Dickinson
and Molinari (2002) related a period of enhanced MRG wave activity over the western portion of the
tropical central Pacific with enhanced TD-wave activity and eventual tropical cyclone activity.

Figure 4. The evolution of equatorial MRG waves in a shallow water model that is initialized with an enhanced
monsoon trough (shading) such that zonal convergence exists over the eastern edge of the trough. From Aiyyer
and Molinari (2003).
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The transformation of a near-equatorial tropical disturbance to a TD-type is often observed to
occur in the extreme eastern edge of the monsoon trough (Briegel and Frank 1997, Holland 1995).
Takayuba and Nitta (1993) examined the change in disturbance characteristics with respect to a
change in the large-scale basic state into which the disturbance was moving. Aiyyer and Molinari
(2003) examined the evolution of MRG waves in a monsoon trough environment that is enhanced by
the MJO (Madden and Julian 1994) such that the trough has a northwest-southeast orientation with
increased low-level convergence in the eastern edge of the trough (Fig. 4). In their study, the
westward-moving equatorially-trapped MRG wave contracts as it encounters the region of low-level
convergence and a secondary wave pattern develops along the monsoon trough axis due to a wavemean flow orientation such that energy is transferred from the basic state to the wave. Kuo et al.
(2001) examined a similar basic state monsoon trough orientation on a beta plane and found that
nonlinear barotropic processes contributed to the transformation and growth of the equatorial
disturbance. In their model, cyclone development was repeated with a period of about 8 days in the
eastern end of the monsoon trough where zonal convergence existed due to the boundary of monsoon
westerly winds and trade wind easterly winds.
Based on the above observational and modeling studies, synoptic-scale disturbances in the
monsoon trough environment are often associated with equatorially-trapped waves or waves in the
easterlies that may be increasing in amplitude due to large-scale barotropic dynamics. However,
Guinn and Schubert (1993) demonstrated that a zonally elongated monsoon trough that is defined by a
zonal strip of large potential vorticity (PV) may be subject to a vortex breakdown that leads to a
pooling of PV in vortices that are connected by filaments of PV that become elongated and wrap
around the individual PV centers. The breakdown process begins when the meridional gradients of PV
on the equatorward side of the monsoon trough supports a PV wave that propagates westward relative
to the westerly flow and the meridional gradient on the poleward side supports a PV wave that moves
eastward relative to the easterly flow. The breakdown process occurs if the two counter-propagating
waves have the same phase speed relative to the earth such that they become phase-locked and
mutually grow via barotropic instability. Therefore, the internal structure of the monsoon trough may
contribute to development of pre-tropical cyclone disturbances without influence disturbances from an
external source or region.
Since synoptic-scale disturbance activity is closely tied to the variability in the monsoon trough, it
is expected that some of the variation in tropical cyclone formation will exhibits similar
characteristics as found with synoptic-scale disturbances (Chen et al. 1998). Just as the longitudinal
extent of synoptic-scale disturbances expands and contracts with the monsoon trough, the longitudinal
extent of tropical cyclone formation locations expands with the eastward extension of the monsoon
trough and contracts with the westward retreat of the monsoon trough (Fig. 5).
Further evidence of the relationship between disturbances in the monsoon trough and tropical
cyclone formation was provided by Chang et al. (1996) in which they identified periods of enhanced
northwestward-moving disturbances with the presence of one or more tropical cyclones in the
monsoon trough (Fig. 6). Note that the predominant period of the northwestward-moving disturbances
in the analysis of Chang et al. (1996) is near 8 days, which matches the time between successive
tropical cyclone formations in the eastern end of the monsoon trough in the modeling results of Kuo et
al. (2001)
Although the monsoon trough environment contributes to dynamic conditions that are favorable
for development of pre-existing disturbances that may eventually become tropical cyclones, Zehr
(1992) found that 35% of pre-existing tropical cyclone disturbances were not associated with the
monsoon trough. In many cases, the primary factor responsible for difference between a nondeveloping and developing tropical disturbance is the presence the transformation of a disturbance or
tropical cloud cluster is that the developing disturbance is in an environment of low-level cyclonic
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vorticity that is nearly twice as large as the environment of a nondeveloping disturbance (McBride
and Zehr (1981). Often the primary factors responsible for the increased low-level vorticity is
enhanced flow from cold surges in the winter hemisphere (Love 1985).

Figure 5. Interannual variability in tropical cyclone formation frequency during summer 1979-94 over (a) region
(1+2) (Eq.-30°N, 120°-150°E), (b) region (3+4) (Eq.-30°N, 150°E-180°E), (c) the difference in formation
frequency between regions (1+2) and (3+4) and (d) the longitudinal extent of the monsoon trough where EX
indicates an eastward expansion and WR indicates a westward retreat. From Chen et al. (1998).

Figure 6. Time series of the canonical mode of northwestward-moving disturbances over the monsoon trough
region of the western North Pacific during 1989 (top), 1990(middle), and 1991 (bottom). The power spectrum
for each season is plotted to the right with the two vertical lines marking the 10-day (left) and 3-day (right)
periods. Each small square plotted underneath each time series indicates that a tropical cyclone center was
present over the monsoon trough region of the western North Pacific. From Chang et al. (1996).
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An example of the transformation of synoptic-scale disturbance into a tropical cyclone was
provided by Harr et al. (1996b) based on the formation of Typhoon (TY) Robyn from a monsoon
depression (Fig. 7). In this case, enhanced bands of westerlies equatorward and easterlies poleward of
the monsoon depression center simultaneously approached the depression in conjunction with a series
of mesoscale convective systems (MCSs). During this pre-organization stage, MCS activity
contributed the shift in the center of the large depression toward active MCS activity. However, the
presence of unsaturated downdrafts contributed to the decay of individual MCSs, which prevented the
circulation from contracting around one central convective center. However, after repeated MCS
cycles, the environment became conducive to a long-lived MCS around which the circulation
organized.

Figure 7. Geostationary infrared satellite imagery of the pre-Robyn monsoon depression at indicated times
(UTC) on 1 August 1993. MCS B is a westward-moving MCS that decays and MCS C is an eastward-moving
MCS that contributes to the contraction of the monsoon depression center. From Harr et al. (1996b).

Therefore, the basic environment of the western North Pacific, South China Sea, and East China
Sea is one in which the thermodynamic factors favorable for tropical cyclone activity are nearly
satisfied continuously throughout the primary tropical cyclone season (e.g., June – October).
However, the monsoon environment contributes to enhanced dynamical factors, which include an
increase in low-level relative vorticity, reduced vertical wind shear, and presence of pre-cursor
disturbances. Variability in synoptic-scale disturbances in highly correlated with the variability in
tropical cyclone activity and several factors associated with the monsoon environment contribute to
growth of disturbances such that they may achieve tropical cyclone characteristics.
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2.2 Variations of the Monsoon Environment
2.2.1 Monsoon Gyre
Lander (1994b) defined the evolution of the monsoon trough into a large cyclonic vortex that
became nearly circular with a radius of 2500 km in the sea-level pressure field (Fig. 8). The
circulation takes on the character of a large monsoon depression such that the strongest winds are
located at large distances from the center. Convection is concentrated in a large cyclonically-curved
band that extends along the southern and eastern periphery of the circulation. Once the monsoon gyre
has formed it tends to persist for a period of weeks. Often, the convection along the eastern periphery
of the gyre is the source for many MCSs that may form into small tropical cyclones. Harr et al.
(1996a) define the formation of Tropical Storm Ofelia from MCS activity associated with an active
monsoon gyre. Lander (1994b) defines two distinct modes of a monsoon gyre life cycle. The first is
the production of a small tropical cyclone from the periphery convection to the east of the gyre center.
The second mode is the acceleration of the peripheral winds around the gyre such that the gyre itself
becomes a large tropical cyclone (Fig. 9). Chen et al. (2004) indicate that nearly 70% of western
North Pacific tropical cyclone formations are associated with a monsoon gyre, which is a much higher
percentage than defined by Lander (1994b).
2.2.2 Reverse-oriented Monsoon Trough and Mei-yu Front
Normally, the monsoon trough over the western North Pacific is oriented from the northwest over
Indochina to the southeast throughout the Philippine Sea. However, there are times when the
orientation of the monsoon trough becomes oriented from the southwest over the South China Sea to
the northeast over the subtropical western Pacific. Lander (1996) defines this as a reverse-oriented
monsoon trough (Fig. 10). Tropical cyclone formation has been observed along the reverse-oriented
monsoon trough. There is a large amount of interannual variability in the timing and persistence of
reverse monsoon troughs, which may be related to the El Nino-Southern Oscillation cycle. For
example, the tropical cyclone season of 1998, which during a cold ENSO event contained a persistent
reverse-oriented monsoon trough in which nearly all tropical cyclones formed west of 140°E
(Elsberry 2004).
During late spring, Lander (1996) associates the Mei-yu front (Fig. 11) as a reverse-oriented
monsoon trough in which tropical cyclone formation rarely occurs at low latitudes but may form at
unusually high latitudes.

Figure 8. Depiction of the sea-level pressure (contours, at intervals of 2 hPa) pattern associated with a monsoon
gyre during August 1991. The locations of tropical cyclones are defined by the shaded circles. From Lander
(1994b).
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Figure 9. Visible satellite imagery for (a) 0000 UTC 11 August 1991, and (b) 0600 UTC 18 August 1991.
Tropical cyclones are indicated as E = Ellie, TD 13 = Tropical depression 13, and G = Gladys. The 1006 hPa
isobar is indicated. From Lander (1994b).
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Figure 10. (a) Infrared satellite imagery of the cloud pattern associated with a reverse-oriented monsoon trough
on 0100 UTC 19 August 1994. (b) Sea-level pressure associated with reverse-oriented monsoon trough. The
locations of Typhoons Walt (W), Yunya (Y), Zeke (Z), and a subtropical cyclone (S.T.) are labeled. The contour
interval is 4 hPa with values below 992 hPa shaded. From Lander (1996).

Figure 11. Schematic of an active Mei-yu pattern of low-level circulation over the western North Pacific. The
dashed line marks the axis of the Mei-yu/monsoon trough. The jagged line marks subtropical ridge axis. Arrow
indicate typical low-level flow pattern. Guam is marked by the (G) and Tokyo is marked by the (T). From
Lander (1996).
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2.3 Monsoon Environment and Tropical Cyclone Motion
As suggested in Fig. 1, the monsoon trough not only has a profound influence on tropical cyclone
formation characteristics but also on subsequent track types. Carr and Elsberry (1994) have identified
tropical cyclone track characteristics in terms of synoptic patterns and regions associated with
variations of the monsoon trough. In this framework, each pattern is associated with characteristic
track types. Transitions in patterns result in changes as the specific synoptic circulations that are
defining the steering flow have changed. For example, Carr and Elsberry (1995) described the
interaction between a monsoon gyre and a tropical cyclone that results in a sudden poleward track
change (Fig. 12). The change is due to a surge of monsoon westerlies around the south and
southeastern periphery of the gyre toward the westward-moving tropical cyclone.
Each variation on the basic monsoon environment described above is associated by Carr and
Elsberry (1994) with specific synoptic patterns and regions and thus with characteristic track types.
For example, a reverse-oriented monsoon trough is characterized by northward-moving tropical
cyclones (Lander 1996). This is particularly true for tropical cyclones that form along the subtropical
portion of the reverse-oriented trough. Tropical cyclones over the South China Sea that form at the
base of the reverse-oriented trough often move northeastward. Small tropical cyclones that form along
the eastern periphery of the monsoon gyre are also associated with poleward tracks. In the analysis of
Harr and Elsberry (1995), inactive monsoon trough periods were identified when the anticyclonic
anomalies existed over the climatological monsoon trough latitudes and cyclonic anomalies existed
over the climatological latitude of the subtropical ridge. During these conditions, tropical cyclone
formation shifts poleward such that the majority of the tracks are also poleward.
Therefore, the large amount of variability in the monsoon environment over the western North
Pacific and South China Sea contributes to a large variability in tropical cyclone track characteristics.

Figure 12. Typical track changes associated with the interaction between a tropical cyclone and a monsoon gyre.
Dots indicate 6-h positions for 96 h of simulated tracks of three tropical cyclones placed at 600, 700, and 800
km east of the center of a monsoon gyre. (Adapted from Carr and Elsberry 1995).
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2.4 Temporal Variability
2.4.1 Interannual Variability
Over the western North Pacific, interannual variability in tropical cyclone activity has been
related to the effect of ENSO on the monsoon environment of the region (Lander 1994a, Dong 1988,
Chan 2000, Wang and Chan 2002). There has been no convincing evidence that ENSO impacts the
total number of tropical cyclones over the western North Pacific. However, most studies have
identified an eastward shift in tropical cyclone formation positions during El Nino years. During
strong El Nino events, Wang and Chan (2002) found a significant increase in tropical cyclone activity
over the southeast portion of the western North Pacific (Fig. 13) and a decrease in activity in the
northwest quadrant. During strong La Nina years, the opposite conditions occur such that tropical
cyclone activity is increased over the northwest quadrant and decreased over the southeast quadrant.
The impact of warm and cold ENSO years on tropical cyclone activity is related to the distribution of
sea-surface temperature anomalies (Fig. 13) and related variability in the longitudinal extent of the
monsoon trough (Chen and Weng 1998). During El Nino years, the monsoon trough extends farther
east than normal. Therefore, there is an increase in low-level shear vorticity due to anomalous
westerly winds over the southeast portion of the western North Pacific. These conditions contribute to
an increase in the dynamic conditions that favor tropical cyclone activity over the southeast quadrant
of the western North Pacific. During La Nina years, the monsoon trough retreats westward and there
is increased tropical cyclone activity over the northwest quadrant of the western North Pacific.

Figure 13. Locations of the initial positions of tropical cyclones during (a) strong El Nino years, and (b) strong
La Nina years. Sea-surface temperature anomalies are contoured (°C) with positive values shaded. From Wang
and Chan (2002).
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The shift in location of tropical cyclone activity with strong ENSO events also impacts the
average lifetime of tropical cyclones during warm events, which is longer than the average lifetime of
tropical cyclones during cold events. Also, during warm events recurving tracks occur more often
than during cold event years (Fig. 14).
Therefore, the impact of ENSO on the interannual variability of the monsoon trough over the
western North Pacific impacts the interannual variability in the location of tropical cyclone formation
and subsequent life spans and track characteristics. However, there does not seem to be significant
interannual variability in the total number of tropical cyclones that could be attributed to ENSO
(Lander 1994a).

Figure 14. Tropical cyclone tracks during (a) six strong El Nino years and (b) six strong La Nina years. From
Wang and Chan (2002).

2.4.2 Intraseasonal Variability
There have been many studies of the role of the Madden-Julian Oscillation (MJO, Madden and
Julian 1994) in the periodic organization of large-scale convection around the tropical latitudes. The
MJO is typically characterized by a global-scale wavenumber one or two feature that propagates
eastward around the globe with an approximate period of 30-60 days (Hendon and Salby 1994). The
MJO exhibits large seasonal variability (Fig. 15) and is best identified during the transition seasons of
fall and spring and the Northern Hemisphere winter (Fig. 15).
Although the primary eastward-moving signal of the MJO is weaker during the Northern
Hemisphere summer, there is a pronounced northward propagating component that impacts the
monsoon trough over the western North Pacific. Kemball-Cook and Wang (2001) identified preferred
paths of MJO-related anomalies during the Northern Hemisphere summer (Fig. 16). Numbered
sequences identify the propagation of the MJO signal during the primary monsoon primary tropical
cyclone season over the western North Pacific. Of interest to the impact on the western North Pacific
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monsoon trough is the northwestward-moving of MJO anomalies across the western North Pacific.
These circulation anomalies are related to a Rossby-wave response to the MJO-related equatorial
convection along the equator and east of New Guinea.

Figure 15. Standard deviation in outgoing longwave radiation of the diagnostically filtered MJO signal during
the (top) Southern Hemisphere summer and (bottom) Northern Hemisphere summer. From Wheeler and
Weickmann (1999).

Figure 16. A schematic of the movement of MJO-related circulations over the Indian Ocean and western North
Pacific during the Northern Hemisphere summer (from Kemball-Cook and Wang 2001).

Liebmann et al. (1994) examined the impact of the MJO on tropical disturbances over the western
North Pacific and concluded that there was an increase in tropical disturbance activity during the
passage of the active convection portion of the MJO over the western North Pacific (Fig. 17 top).
Furthermore, Liebmann et al. (1994) recognized that the ratio of typhoons to tropical depressions did
not change between periods when the active convection portion of the MJO was present and when the
inactive portion of the MJO was present (Fig. 17 bottom). Therefore, they conclude that the increase
in tropical cyclone activity during the active phase of the MJO is primarily due to the increase in
tropical disturbances, which is related to the presence of pre-cursor circulations discussed above.
Finally, Liebmann et al. (1994) found that the increase in tropical activity was not limited to the
period range of the MJO but could also be found in other period ranges (e.g. 18-27 days). Therefore,
the MJO may not explain a significant amount of the variability in the clustering of TC activity over
the western North Pacific.
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Figure 17. (top) Number of typhoons, tropical storms, and tropical depressions that occur per 100 days of
activity. The left-most bar for each parameter represents the active convection phase of the MJO. Cyclone
reports are for locations between 7°N-17°N and 60°E-180°E. (bottom) As in the top, except for the ratio of
tropical storms to tropical depressions. From Liebmann et al. (1994).

Harr et al. (2004) have examined the amount of temporal clustering of tropical cyclone activity
over the western North Pacific over intraseasonal periods. In their analysis, they applied a temporal
clustering technique (Tango 1990) to examine the significance of clustering at periods between 20 and
60 days for each June-October period of 1958-1997 (Fig. 18). Results indicate that 15 of the 40 (37%)
years contained a significant amount of clustering in these period ranges. Furthermore, the period
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range of significant clustering varied with some years exhibiting significant clustering near 45 days
(e.g., 1979) and other years exhibiting clustering near 20 days (e.g., 1990). This variability is
attributed to the relative influence of the MJO versus other features such as equatorial Rossby waves
(Harr et al. 2004).

Figure 18. A cyclical clustering index applied to tropical cyclone formations over the western North Pacific
between June-October 1958-1997. The thin horizontal line represents the 95% significance line. From Harr et
al. (2004).

Hall et al. (2001) performed a statistical study of the impact of the MJO on tropical cyclone
activity over the Southern Hemisphere monsoon region. In their study, a statistical test was performed
on the distribution of tropical cyclone occurrences with a null hypothesis that cyclones occurrence
was uniformly distributed with a fixed probability of occurrence on any given day. Harr et al. (2004)
performed a similar examination of the impact of the MJO on tropical cyclone activity over the
western North Pacific (Table 1). In their study, a singular value decomposition of 850 hPa winds and
OLR anomalies was used to identify periods when the MJO was present during June-October 19792000. Their findings indicated that the MJO signal was present approximately 33% of the time, which
compares with approximately 72% of the time over the Southern Hemisphere monsoon region (Table
1, Hall et al. 2001). Over the western North Pacific, the MJO impacts tropical cyclone activity by
increasing the frequency over the monsoon trough region during the active convective phase,
decreasing frequency out of the monsoon trough region during the active MJO phase, and increasing
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frequency out of the monsoon trough during the inactive phase of the MJO (Table 1). However, there
is not a significant reduction in tropical cyclone occurrence in the monsoon trough during the inactive
phase of the MJO. Harr et al. (2004) attribute this to the fact that tropical cyclone formation may
occur due to other forcing mechanisms such as the influence of equatorial Rossby waves. Beyond this
last point, the impact of the MJO on western North Pacific tropical cyclone activity is similar to that
found by Hall et al. (2001) for the Southern Hemisphere monsoon region. However, the reduced
period in which the MJO exists over the western North Pacific reduces the potential predictability
aspects of the MJO impact on tropical cyclone activity.

Table 1. Summary of tropical cyclone formations within four MJO categories and for periods when the MJO is
not present. Tropical cyclone activity is stratified as to whether it occurred in the monsoon trough region (Eq.20°N, 100°E-150°E) or outside of the monsoon trough region. Large bold numbers represent percentages that
exceed the 95% significance level as being significantly above or below the expected frequency of cyclones
under the null hypothesis that formation is equally likely on any given day. From Harr et al. (2004).

MJO
State

Number
of days

% of days

TC in the
monsoon trough

%

TC out of the
monsoon trough

%

None

2733

67.5

216

7.9

107

3.9

Begin
Active

295

7.3

19

6.4

11

3.7

Active

352

8.7

43

12.2

22

6.2

Begin
Inactive

306

7.6

19

6.2

16

5.2

Inactive

362

8.9

15

4.1

30

8.3

Total

4048

100

312

7.7

186

4.6

Finally, Harr et al. (2004) examine the tropical cyclone track characteristics associated with each
phase of the MJO (Fig. 19). There is no preferred track type during any phase of the MJO. However,
overall activity shifts poleward and slightly eastward as the MJO proceeds into the beginning inactive
and then inactive phases. During these phases, the orientation of tropical cyclone activity is similar to
that of a reverse-oriented monsoon trough, which might reflect the influence of the northwestwardmoving Rossby waves identified by Kemball-Cook and Wang (2001).
2.5 Summary
On average, the western North Pacific contains a larger number of tropical cyclones than any
other ocean basin. The western North Pacific also contains a well-defined monsoon circulation that
exhibits significant variability over a diverse range of space and time scales. Each mode of variability
in the monsoon circulation has significant impacts on tropical cyclone activity over the entire western
North Pacific region.
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Figure 19. Tropical cyclone tracks during four phases of the MJO during June-October 1979-2000. From Harr et
al. (2004).

3. Eastern North Pacific
3.1 Mean Circulation
One of the primary characteristics of tropical cyclone activity over the eastern North Pacific is the
large concentration of formation locations in a relatively small area west of Central America (Fig. 20).
Molinari et al. (1997) characterized tropical cyclone formation over the eastern North Pacific as an
interaction between synoptic-scale easterly waves and an intertropical convergence zone (ITCZ) that
may support a reversal in meridional basic state potential vorticity, which satisfies a necessary
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condition for instability of the mean flow. In their analysis, they examined the ability of an African
easterly wave (AEW) to remain coherent in its passage from Africa through Caribbean Sea and into
the eastern North Pacific. Although the typical AEW will weaken and lose its convection as it moves
across the Atlantic, a dynamically favorable environment may exist in the western Caribbean Sea by
which the wave may grow by extracting energy from the mean flow. Molinari et al. (1997) identified
instances of tropical cyclone formation during 1991 downstream of dynamically unstable zones in the
western Caribbean Sea and eastern North Pacific Ocean. Dickinson and Molinari (2002) argued that
the reversal in the mean meridional gradient of potential vorticity was maintained by convectivelyforced PV generation in an active ITCZ. Therefore, the basic ITCZ and monsoon flow over the
eastern North Pacific provides an environment that would be favorable for wave growth and potential
tropical cyclone formation.

Figure 20. Tropical cyclone formation locations between May-November 1979-1995. From Maloney and
Hartmann (2000).

3.2 Temporal Variability: Interannual and Intraseasonal.
There has not been much study of the impact of ENSO on the interannual variability in tropical
cyclone activity over the eastern North Pacific. However, considerable analysis has been done on the
impact of the MJO on the ITCZ over the eastern North Pacific and the subsequent effect on tropical
cyclone activity. Molinari et al. (1997), Maloney and Hartmann (2000), and Maloney and Hartmann
(2001) examined the role of the MJO in enhancing the ITCZ and creating an environment in which
wave energy is extracted from the mean flow. Maloney and Hartmann (2000) defined an MJO index
based on principal component analysis of 850 hPa zonal wind anomalies that were filtered at 20-80
days. In Phase 2, westerly wind anomalies dominate the eastern North Pacific region with a
convectively active ITCZ (Fig. 21). In Phase 6, easterly anomalies exist over the eastern North Pacific
in association with a weak ITCZ (Fig. 21). During the westerly phase, Maloney and Hartmann (2000)
found that tropical cyclone formation was twice as likely as in the easterly phase (Fig. 22).
Additionally, tropical cyclones that formed in the westerly phase achieved lower surface pressures
and higher maximum winds as they formed in an environment of enhanced cyclonic vorticity.
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Figure 21. Composite 850 hPa wind anomalies and OLR anomalies (contours) for the (top) westerly MJO phase,
and (bottom) easterly MJO phase. Positive OLR anomalies are dashed and OLR anomalies less than -15 W m-2
are shaded. Maximum wind vectors in the positive composite are 10.1 m s-1. From Maloney and Hartmann
(2001).

Therefore, the basic MJO mode of influence proceeds as an active convective MJO phase enters
the region of the eastern North Pacific ITCZ from the west with anomalous low-level westerly winds.
Enhanced convection contributes to the production of potential vorticity throughout the eastern North
Pacific and western Caribbean such that the meridional gradient of potential vorticity may become
reversed. Synoptic-scale waves that move into the dynamically unstable area from the east may grow
due to conversion of energy from the mean flow to the wave. Wave growth may then continue until
tropical cyclone formation occurs. Aiyyer and Molinari (2003) used a shallow water model to
simulate the growth of a westward-moving disturbance into an monsoon trough environment that is
enhanced with an MJO-like response. Therefore, the MJO, ITCZ, and tropical cyclone activities are
dynamically linked throughout the eastern North Pacific.

Figure 22. Number of hurricanes and tropical storms as a function of MJO phase for the eastern North Pacific
during May-Nov. 1979-95. Error bars represent 95% confidence limits. Phase 2 corresponds to the maximum
westerly phase and phase 6 corresponds to the maximum easterly phase. From Maloney and Hartmann (2000).
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4. The North Atlantic
The annual number of tropical cyclones over the North Atlantic is highly variable. Also, the North
Atlantic is the one ocean basin that has tropical cyclones but does not normally contain a monsoon
trough or ITCZ. However, composite results from McBride and Zehr (1981) did indicate that prior to
tropical cyclone formation over the North Atlantic, large-scale horizontal and vertical shear patterns
that are similar to that of a monsoon environment exists temporarily. Also, studies (Landsea and Gray
1992, Goldenberg and Shapiro 1997) have demonstrated a relationship between monsoon rains over
the Sahel region of western Africa and tropical cyclone activity over the North Atlantic.
Landsea and Gray (1992) hypothesized the significant relationship between monsoon rainfall over
the Sahel region and tropical cyclone activity was based on anomalous zonal circulations such that
either made the mean vertical shear over the Atlantic more or less favorable for tropical cyclone
formation. In dry monsoon years, and zonal circulation exists with upper-level westerlies and lowlevel easterlies, which acts to increase the climatological vertical wind shear and reduce tropical
cyclone activity (Fig, 23 bottom). Opposite conditions exist during periods of above-normal monsoon
rains and tropical cyclone activity increases over the North Atlantic (Fig. 23 top).
Because Atlantic tropical cyclone activity is highly dependent on the strength of AEWs as they
leave the western African coast, relationships between monsoon rainfall and AEW characteristics
should be examined. Thorncroft and Hodges (2001) suggest that AEWs might be stronger during wet
monsoon years, but a specific mechanism that links the two circulations has yet to be identified.

Figure 23. Schematic of the difference in hurricane activity during years with (top) above-, and (bottom) belownormal monsoon rainfall over the Sahel region of western Africa. From Landsea and Gray (1992).
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Although a significant relationship has been identified between ENSO and Atlantic tropical
cyclone activity, the specific mechanism has been related to sea-surface temperatures over the eastern
North Pacific and alteration of the vertical wind shear pattern over the central North Atlantic rather
than direct ENSO impacts on the African monsoon system. However, there is some indication from
the study of Goldenberg and Shapiro (1996) that the variability in tropical cyclone activity due to
monsoon rainfall variations is larger than that due to ENSO-related impacts.
5. North Indian Ocean
5.1 Mean Circulation
Tropical cyclone activity over the North Indian Ocean has a distinct bimodal character with
relative maxima in November and May. Therefore, the period of the Indian summer monsoon is not
usually a period of tropical cyclone activity. The relative minimum in tropical cyclone activity during
the Indian summer monsoon period has been linked to the northward movement of the primary
monsoon trough such that circulations that develop in the trough quickly track from over water to
over land.
Typically, tropical cyclone activity over the North Indian Ocean is related to monsoon
depressions. During the periphery of the summer monsoon season, monsoon depressions tend to have
longer tracks over water such that they may evolve into tropical cyclones.
5.2 Intraseasonal Variability
It has been shown by many studies (e.g., Krishnamurti et al. 1985, Goswami and Ajayamohan
2001) that the MJO exerts a large influence on the Indian monsoon system. Primarily, this influence is
in the form of meridionally propagating series of anomalous troughs and ridges that are related to
enhanced and break monsoon periods. However, since tropical cyclone formation is related to
formation of monsoon depressions over the North Indian Ocean, it is important to examine the impact
of the MJO on monsoon depression activity. Goswami et al. (2003) identified the role of the MJO in
clustering of monsoon depression activity on intraseasonal time scales. An index of intraseasonal
variability was constructed and monsoon depression activity was observed to be enhanced (Fig. 24a)
during periods of active intraseasonal variability and depression formation was reduced (Fig. 24b)
during inactive intraseasonal variability periods. The mechanism by which depression formation was
enhanced during the active phase of the MJO was increased horizontal shear vorticity associated with
enhanced low-level westerly winds in the active monsoon trough. Note that although monsoon
depression activity is enhanced during the Indian monsoon in periods of active MJO phase, the
depressions still form very near to land or over land such that evolution to tropical cyclone strength
does not usually occur.
Although there have been observations of 10-20 days periods of significant variation in the Indian
monsoon system, Goswami et al. (2003) concluded that the 30-60 day MJO was most responsible for
the temporal clustering of monsoon depression activity.
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Figure 24. Tracks of monsoon depression for the period 1954-1983 during the (a) active phase of the MJO and
(b) inactive phase of the MJO. From Goswami et al. (2003).

6. Northern Hemisphere Winter Monsoon
The Northern Hemisphere winter monsoon over the region of the South China Sea and Southeast
Asia is characterized by periodic northeasterly cold surges. During these periods, northeasterly winds
spread equatorward from the East Asian continent along the southeast edge of surface high pressure
cells. Particularly strong surges can reach the equatorial region in two days (Chang et al. 1983). As
the northeasterly wind reaches the equator, conservation of potential vorticity causes the air to turn
eastward (Fig. 25) and potentially contribute to enhancement of the Australian monsoon.
During the Northern Hemisphere Winter monsoon cyclonic shear vorticity over the southern
South China Sea contributes to the formation and maintenance of a cyclonic vortex along the western
coastline of the island of Borneo (Fig. 26). In addition to the shear vorticity, convergence that results
from the interaction of the northeast monsoon winds and the terrain of Borneo contributes to the
vortex, which is typically named the Borneo Vortex. Although the Borneo vortex is often associated
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with deep convection and large amounts of latent heat release, and upper-level divergence, the
majority of its circulation is often located over land.

Figure 25. Mean 850 hPa winds (vectors) and vorticity (contours) based on 1°x1° analyses from the Navy
Operational Global Atmospheric Prediction System (NOGAPS) for the 1999/2000 – 2001/2002 DecemberFebruary periods. Vorticity contours are such that solid is positive and the interval is 2 x 10-5 s-1. Shading
depicts surface vorticity based on 25 km resolution QuickSCAT winds (yellow is positive, green is negative).
From Chang et al. (2003).

Figure 26. Locations of 925 hPa counterclockwise circulation centers from 51 Northern Hemisphere winters
based on the NCEP/NCAR reanalysis. The first number in each box defines the frequency of circulation centers
that persisted for 96 h or more. The second number is the total number of days a center is identified. From
Chang et al. 2004.

Because of the typical location of a large portion of the Borneo vortex over land, it does not
usually exist in an environment that is favorable for development into a tropical cyclone.
Additionally, the location very near the equator is not favorable for tropical cyclone development.
However, Chang et al. (2003) have documented that the presence of a strong and long-lasting surge
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contributed to formation of a strong Borneo vortex that eventually intensified to form Typhoon Vamei
in December 2001. Chang et al. (2003) defined a cold surge index over the central South China Sea
(Fig. 27), which identified the unusually strong and persistent nature of the surge that lead to Typhoon
Vamei. In this case, the strong Borneo vortex moved over the narrow sea region between Borneo and
the Malay Peninsula, which contributed to intensification as a tropical cyclone. The interaction of the
strong and persistent surge, the terrain of Borneo and the Borneo vortex contributed to the tropical
cyclone formation at an extremely low latitude. Chang et al. (2003) estimate a 100-yr return period
for such tropical cyclone events during the Northern Hemisphere winter monsoon.

Figure 27. QuikSCAT surge index computed over the dashed box in Fig. 26 from December – February 19992002. Values greater than 10 m s-1 are shaded. From Chang et al. 2003.

During the months of October to December, the monsoon trough has shifted south of the equator
in the western Pacific but tropical cyclones still form over the western North Pacific. These are largely
associated with the equatorward surges of the northeast monsoon. After the cold high has moved off
the Asian continent, a surge of the northeasterly wind can occur, enhancing the trade winds. If such an
enhancement occurs in the presence of a pre-existing cloud cluster, it is possible that the cloud cluster
can evolve to become a tropical cyclone under the appropriate vertical wind shear conditions.
7. Southern Hemisphere – Southeast Indian Ocean and the Southwest Pacific Ocean
7.1 Mean Circulations
Over the ocean basins surrounding the Australian continent, tropical cyclone formation is closely
tied to the monsoon trough (McBride and Keenan 1982). Three major centers of tropical cyclone
activity occur over the southern Indian Ocean, off the northwest coast of Australia and over the Coral
Sea (Fig. 28). Although not defined in Fig. 28, the Gulf of Carpentaria is also a favored region for
tropical cyclone activity (McBride 1995). Furthermore, it is evident that the majority of tropical
cyclone activity begins fairly close to the Australian landmass. In fact, there is a climatological
minimum in tropical cyclone activity over the Australian monsoon region during the middle portion
of the season in late January, which is attributed to the fact that the monsoon trough axis typically lies
over land during this period (McBride 1995).
Over the southwest Pacific, the Australian monsoon trough merges with the South Pacific
Convergence Zone (SPCZ). Over this region, tropical cyclone activity is often related to westerlywind bursts (Keen 1982, Lander 1990). During these cases, strong equatorial westerly winds are
responsible for increasing large-scale cyclonic shear vorticity over equatorial latitudes of the Northern
and Southern Hemispheres. This often results in tropical cyclone formation in both hemispheres
simultaneously.
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Figure 28. Average decadal occurrence of tropical cyclones within 5o by 5o lat.-long. squares for the period July
1974-June 1996. Contour interval is 5 cyclones per decade. From Hall et al. (2001).

Recall that the dynamic conditions favorable for tropical cyclone activity require some an increase
in large-scale cyclonic vorticity in which a pre-existing disturbance may grow. Davidson and Hendon
(1989) examine increases in large-scale cyclonic vorticity over the Australian monsoon trough is
terms of a downstream development mechanism. In this scenario, cyclonic and anticyclonic vorticity
centers develop progressively eastward in the monsoon trough at a speed of near 5 m s-1 (Fig. 29).
Davidson and Hendon (1989) demonstrated that the downstream development process is consistent
with linear barotropic dynamics. Furthermore, since the monsoon trough environment is generally one
with a westerly basic state, Davidson and Hendon (1989) claim that it is susceptible to the
downstream development process. Davidson et al. (1990) examined the downstream development
hypothesis in their analysis of the formation of Tropical Cyclones Irma and Jason that occurred during
the Australian Monsoon Experiment.

Fig. 29 Time-longitude section of 850 hPa relative vorticity for the 10°-15°oS band for 16 December to 1
February 1979. Units of vorticity are 10-5s-1 and the contour interval is 0.1 x 10-4 s-1. Downstream development
episodes begin near 135°E and near 29 December, 9 January, and 25 January. From Davidson and Hendon
(1989).

Dickinson and Molinari (2000) also examined the basic state of the Australian m monsoon trough
in the framework of the potential instability implied by the reversal in sign of the meridional gradient
of potential vorticity. In their analysis, they did not observe disturbance growth, which was measured
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by variance of the 2-6 day bandpass-filtered meridional wind, over the Australian region as found
over the region of the African easterly jet. They attribute the lack of observed wave growth over the
Australian monsoon trough to a weaker reversal in the meridional gradient of potential vorticity and to
a smaller zonal scale of the Australian monsoon trough. The 3000 km length of the Australian
monsoon trough is nearly equal to the typical wavelength of easterly waves over other regions.
However, the length of the African easterly jet region is near 5000 km.
7.2 Temporal Variability
7.2.1 Interannual Variability
Nichols (1979, 1984) examined the impact of ENSO on tropical cyclone activity over the
Australian monsoon. A predictive relationship was identified by a negative correlation between the
state of ENSO during the Southern Hemisphere winter and subsequent summer tropical cyclone
activity. Therefore, the total number of cyclones during La Nina events increases relative to neutral or
El Nino years. Also, Nichols noted a shift in tropical cyclone positions that was similar to that
discussed with respect to the impact of ENSO on the western North Pacific. During an El Nino event,
tropical cyclone activity decreases near the northeast coast of Australia but increases farther to the
east. The mechanism for this shift is that anomalous warming of ocean temperatures over the central
Pacific contributes to an eastward extension of the monsoon trough.
7.2.2 Intraseasonal Variability
Because the seasonal variability of the MJO is such that its amplitude tends to be large during the
Southern Hemisphere summer, there is a broad impact of the MJO on the Australian monsoon
(Hendon and Liebmann 1990a). The MJO impacts periods of enhanced and reduced monsoon
conditions along with the onset time of the monsoon (Hendon and Liebmann 1990b).
Hall et al. (2001) performed a careful statistical analysis of the impact of the MJO on tropical
cyclone activity over the eastern and western areas of the Australian monsoon region. Based on an
index of MJO activity, they found that tropical cyclone activity significantly increased over both
regions during the active convection phase (Category B of Table 2) of the MJO. As the active
convective portion of the MJO moves eastward (Category C in Table 2), tropical cyclone activity is
significantly reduced over the western region of the monsoon trough and increased over the eastern
region. Unlike the results for the western North Pacific (Table 1), there is a significant decrease in
tropical cyclone activity when the inactive convective phase of the MJO is over the Australian
monsoon region. Hall et al. (2001) also recognized that the impact of the MJO on tropical cyclone
activity was increased during El Nino years
Table 2 Summary of tropical cyclone formations within each MJO category. N denotes the number of days for
each MJO category. Nwest indicated the number of days on which a tropical cyclone formed over the western
monsoon trough region during each MJO category. Neast indicted the corresponding value for a tropical cyclone
formation over the eastern region of the monsoon trough. Numbers in parentheses indicate the percentage daily
formation rate. Statistically significant numbers are marked with subscripts. From Hall et al. (2001).
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Beyond the influence of the MJO on tropical cyclone activity over the Australian monsoon, Hall
et al. 2001 also examined variability in track (Fig. 30). Although there were obvious influences on the
regional distribution of tropical cyclone activity, there were no impacts on track characteristics that
could be attributed to the MJO.
Finally, Hall et al. (2001) confirmed that the changes in tropical cyclone activity due to the MJO
were due to changes in the basic dynamic factors that favor tropical cyclone activity as discussed with
respect to the western North Pacific in Section 2.

Fig. 30 Tropical cyclone tracks during each phase of the MJO and periods when the MJO was not present. Phase
B (D) is defined as the period of maximum (minimum) MJO-related convective activity. From Hall et al.
(2001).
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8. Summary
In this summary, the relationships between monsoon circulations and tropical cyclones have been
examined for each major ocean basin that contains tropical cyclones. The influence of the monsoon
on tropical cyclones has been related to the basic dynamic and thermodynamic parameters that have
been identified as being important for tropical cyclone activity. Over most monsoon regions, the
impact of the monsoon is to alter the dynamic conditions such that they become more favorable for
tropical cyclone formation.
Along with the basic influence of the mean monsoon circulations over each tropical cyclone
basin, there are major interannual and intraseasonal variabilities. The primary source of interannual
variability in the framework of monsoon influences on tropical cyclone activity is ENSO. While over
intraseasonal time scales, the MJO exerts some impact on tropical cyclone activity in each monsoon
region. Because interdecadal variabilities of the monsoon have also been identified (see e.g. Chapter
12 of this volume), it is likely that such variabilities could also have impact on tropical cyclone
activities in the same region. Much more research is Based on the dynamic and thermodynamic
linkages between monsoon circulations and tropical cyclones, it is important to examine variability in
each feature with respect to the other.
This summary describes the influence of the monsoon on tropical cyclones. However, it is also
possible that the development and subsequent migration of a tropical cyclone into a region can trigger
the monsoon onset or cause a break in the monsoon there. The mechanism associated with such an
interaction between the tropical cyclone circulation and that of the monsoon is still not clear and more
studies are required.
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